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”Snow is like a very complex cake:
it needs to rise at the right temperature,
add enough water, enough air,
let it set for a certain amount of time,
keep it at a dry cool place,
warm it a little, but not too much,
and keep it cold for another week,
after aging at high humidity,
apply strong temperature gradients,
and let it bake in the warm spring sun.”
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Abstract
Snow contributes to the water supply of almost one-sixth of the world’s population
and has a strong influence on the energy balance of the earth. Snow provides water
for life but also threatens life in the form of avalanches and flooding due to snow melt.
Most of the world’s snow cover is located in remote and inaccessible regions, therefore
large-scale snow monitoring is only possible with remote sensing techniques.
In the entire electromagnetic spectrum, ranging from kilometer long radio waves
to ultrashort gamma waves, only three atmospheric spectral windows exit through
which satellites can observe the surface of the earth. Two of them, the optical and
the infrared window, are often blocked by clouds or atmospheric water vapor. Visible or infrared light, which is reflected at the snow surface, is difficult to be used
for derivation of any volumetric information of the snow pack. Active and passive
microwave systems, which operate in the radio window, have the potential to obtain
volumetric information of snow because microwaves can penetrate the snow cover.
The aim of this thesis is to determine snow properties, like snow depth,
snow anisotropy, and snow water equivalent, by analyzing phase differences of radar signals reflected from snow covered regions.
Current radar systems provide not only the backscatter intensity of an object, but
also an object-specific scattering phase. The phase contains information about object
properties as well as accurate information about the propagation delay time. In this
thesis, phase differences resulting from propagation delays are analyzed with respect
to different polarizations, observation times and observation geometries.
Based on polarimetric phase differences, a method to determine the depth of fresh
snow was developed. The copolar phase difference (CPD) obtained from radar images acquired with vertically and horizontally polarized microwaves by the satellites
TerraSAR-X and TanDEM-X were analyzed. Positive phase differences could be explained by a horizontal anisotropy in fresh snow, which results from snow settling.
As the phase difference is a volumetric property, the magnitude of the phase difference is roughly proportional to the depth of fresh snow. The validation with snow
depth measurements on the ground show that the spatial variability of the depth of
fresh snow can be determined with a resolution below 100 m with space-borne sensors
like TerraSAR-X. Cold temperatures have been found to decrease observed phase
differences due to temperature gradient metamorphism.
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The observed relation between the CPD and fresh snow, snow settling, and temperature gradient metamorphism provides a contact-less and destruction-free tool
to observe the anisotropy, which is a metamorphic state of snow. The measurable
dielectric anisotropy is directly linked to the structural anisotropy of snow which is responsible for the mechanical stability as well as the thermal conductivity of the snow
pack. This makes the anisotropy relevant for the energy balance of snow and snow
covered soil. In order to measure the anisotropy, a rigorous electromagnetic model was
developed which provides a parameter free link between three-dimensional two-point
correlation functions of the microstructure of snow, the effective permittivity tensor,
and the macroscopically measured copolar phase difference. For verification of the
model, four years of ground-based radar data, acquired by the SnowScat instrument
in Sodankylä, Finland, were analyzed with respect to the frequency and incidence
angle dependence of the copolar phase. Computer tomography data were used for
validation of the anisotropy determined from the copolar phase difference measured
by SnowScat.
The unique dataset of the currently longest time series of anisotropy measurements provides a new basis for improvement of existing snow models. Four years
of anisotropy data were used to develop and validate a thermodynamic snow model
based on meteorological input data. The model consists of three terms which describe snow settling, temperature gradient metamorphism, and relaxation based on
isotropic water vapor transport. The model was calibrated by balancing the three
terms in order to reproduce the measured anisotropy time series. The results of the
model, vertically resolved anisotropy profiles of the snow pack, were validated with
anisotropy profiles determined by computer tomography.
In comparison to the anisotropy, which determines specific properties of the snow
volume, the snow water equivalent (SWE) determines how much water is stored in
the snow pack. Differential interferometry, where the phase difference of two radar
acquisitions separated by a certain time is analyzed, is a promising tool to determine
SWE. However, temporal decorrelation of the phase signal is a major drawback of
this technique. A decorrelation time of a few days has been observed in space-borne
acquisitions from TerraSAR-X which prevents any successful SWE determination.
However, using SnowScat as a ground based radar interferometer, it was possible
for the first time to measure the accumulation of SWE during four entire winter
seasons. A multi-frequency phase unwrapping technique was used for reconstruction
of phase wraps which occurred due to intense snow precipitation. The study was
performed at exceptionally high frequencies in the X- and Ku-band and with a very
high temporal resolution of only 4 hours. The successful demonstration of differential
interferometry to determine SWE raises hope to apply the demonstrated technique
on data of future radar satellites which operate at longer repeat times of a few days
and lower frequencies of a few GHz.
Both methods, the CPD analysis as well as differential interferometry, cannot be
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applied for wet snow. Microwave penetration into wet snow is generally small and
most of the reflected energy results from scattering at the snow surface. This is
interesting for single-pass SAR interferometry, where phase differences are compared,
which are measured by two SAR-sensors which simultaneously observe the same scene
with slightly different angles. Single-pass SAR interferometry can provide accurate
surface models at a horizontal resolution of a few meters. The difference between
two digital elevation models (DEM), one obtained during snow free conditions and
one obtained during the onset of snow melt, can therefore provide direct information
about snow depth. DEM differencing was applied on TanDEM-X acquisitions from
spring and autumn and snow depths maps were obtained which agree with the snowdepth-maps provided by the Institute for Snow and Avalanche Research, SLF. A key
requirement for successful snow depth estimation is that the snow surface can be
recognized as wet. As the backscatter intensity decreases significantly during snow
melt, wet snow detection is straight forward and the total accumulated snow depth
of wet spring snow can be determined.
This thesis shows that the analysis of the phase signal contained in radar acquisitions provides a broad spectrum of information about the snow pack. The developed
method for anisotropy determination provides not only a unique opportunity to improve snow models, but also a method to globally sense the metamorphic state of
snow. The currently longest radar-derived time series of SWE measurements raise
hope to apply differential interferometry for global SWE determination of dry snow.
The shown accuracy for snow depth determination from high frequency, interferometric, single-pass SAR systems demonstrates that such systems are important missions
for monitoring changes in snow depth and ice thickness in remote alpine and polar
regions in order monitor changes of the global distribution of fresh water stored in
the form of ice or snow.
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Kurzfassung
Schnee trägt einen wichtigen Teil zur Wasserversorgung von nahezu einem Sechstel
der Weltbevölkerung bei und hat einen grossen Einfluss auf den Energiehaushalt der
Erde. Schnee bietet lebensnotwendiges Wasser aber bedroht auch Leben in Form von
Lawinen und Schmelzwasserfluten. Der Grossteil der schneebedeckten Gebiete der
Erde befindet sich in weit entfernten und schwer zugänglichen Regionen, womit es
nur mittels Fernerkundungsmethoden möglich ist Schnee über grosse Gebiete hinweg
zu beobachten.
Im gesamten elektromagnetischen Spektrum, welches von kilometerlangen Radiowellen bis hin zu ultrakurzwelligen Gammastrahlen reicht, befinden sich nur drei
Fenster im atmosphärischen Absorptionsspektrum durch welche die Erdoberfläche
mit Satelliten beobachten werden kann. Zwei davon, welche sich im Sichtbaren und
im Infrarotbereich befinden, sind oft verdeckt durch Wolken und atmosphärischen
Wasserdampf. Licht wird aber auch an der Schneeoberfläche reflektiert womit es nur
erschwert möglich ist, damit Informationen über das Schneevolumen zu gewinnen.
Aktive und passive Mikrowellensysteme, welche das astronomische Fenster der Atmosphäre nutzen, besitzen aufgrund ihres Durchdringungsvermögens von Schnee das
Potential um volumenspezifische Schneeeigenschaften zu bestimmen.
Ziel dieser Dissertation ist es, aus Phasendifferenzen von Radarsignalen, welche von schneebedeckten Gebieten reflektiert wurden, Schneeeigenschaften wie z.B. die Schneetiefe, die Anisotropie von Schnee, sowie das
Schnee-Wasser-Equivalent zu bestimmen.
Heutige Radarsysteme messen nicht nur die Rückstreuintensität von Objekten sondern auch die objekt-spezifische Streuphase. Die Streuphase enthält nicht nur objektspezifische Informationen, sondern auch extrem präzise Information über Signallaufzeiten. Phasendifferenzen können durch Beobachtung mit unterschiedlichen Polarisation ermittelt werden, aber auch durch unterschiedliche Beobachtungsgeometrien
erzeugt werden, oder aus unterschiedlichen Signallaufzeiten von Messungen zu unterschiedlichen Beobachtungszeiten resultieren.
Auf polarimetrischen Phasendifferenzen basiert eine Methode, welche zur Bestimmung der Tiefe von Neuschnee entwickelt wurde. Hierzu wurden Kopolare Phasendifferenzen (engl. CPD) aus Radaraufnahmen analysiert, welche durch die Satelliten
TerraSAR-X und TanDEM-X mit vertikal und horizontal polarisierten Mikrowellen
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aufgenommen wurde. Positive Phasendifferenzen konnten durch eine horizontale Anisotropie von Neuschnee erklärt werden, wobei die Ursache der horizontalen Anisotropie durch die Setzung von Schnee begründet wird. Die Differenz der horizontalen
und vertikalen Phase ist proportional zur Tiefe von Neuschnee, da die Phasendifferenz proportional zur Anisotropie und zur Länge des im Schnee propagierten Weges
der Mikrowellen ist. Durch Validierung von Schneetiefenmessungen im Feld konnte gezeigt werden, dass sich die Tiefe von Neuschnee mit einer Auflösung von unter 100 Metern mit weltraum-gestützten Radarsensoren wie TerraSAR-X bestimmen
lässt. Zusätzlich wurde festgestellt, dass sehr kalte Lufttemperaturen zu einer Abnahme der gemessenen Phasendifferenzen führen, da sich die Anisotropie aufgrund
von temperaturgradient-bedingtem Schneemetamorphismus verringert oder sogar ihre Orientierung umkehrt.
Der beobachtete Zusammenhang zwischen kopolarer Phase, Neuschnee, Schneesetzung und Temperaturgradientmetamorphismus (TGM) ermöglicht es, die Anisotopie
von Schnee kontaktlos und zerstörungsfrei zu beobachten. Die Anisotropie stellt dabei
einen Zustand im Umwandlungsprozess von Schnee dar. Die dielektrische Anisotropie,
welche durch Mikrowellenmessungen bestimmt werden kann, steht dabei in direktem
Zusammenhang mit der struktureller Anisotropie von Schnee, welche für die mechanische Stabilität sowie für die Wärmeleitfähigkeit von Schnee verantwortlich ist.
Aufgrund des Zusammenhangs zur thermischen Leitfähigkeit ist die Anisotropie relevant für die Energiebilanz von Schnee und von schneebedeckten Böden. Zur Messung
der Anisotropie wurde daher ein streng-physikalisches elektromagnetisches Modell
entwickelt, welches parameterfrei einen Zusammenhang zwischen dreidimensionalen
Zweipunkt-Korrelationsfunktion der Schneemikrostruktur, dem elektrischen Permittivitätstensor von Schnee, sowie der mittels Radargeräten messbaren kopolaren Phase
herstellt. Zur Verifizierung des Modells wurden Radardaten, welche über vier Jahre
hinweg mit dem bodengestützten Radargerät SSnowScatı̈n Sodankylä, Finland, aufgenommen wurden, auf die Winkel- und Frequenzabhängigkeit der Kopolaren Phase
hin untersucht. Zur Verifikation der mittels Radarmessungen bestimmten Anisotropie wurden Computertomographische Messungen des Schneevolumens verwendet, aus
welchen die Anisotropie durch Korrelationsfunktionen bestimmt wurde.
Das einzigartige Datenset, welches die aktuell längste Zeitserie von Anisotropiemessungen an Schnee darstellt, bietet eine neue Basis zur Weiterentwicklung von
existierende Schneemodellen. In diesem Sinne wurden die Anisotropiemessungen direkt zur Entwicklung und Validierung eines thermodynamischen Schneemodels verwendet, welches auf meteorologischen Inputdaten basiert. Das entwickelte Modell
besteht aus einer Differenzialgleichung mit drei Termen, welche Schneesetzung, Temperaturgradientmetamorphismus, sowie die Relaxation aufgrund von isotropem Wasserdampftransport beschreiben. Durch Gewichtung der drei Terme wurde das Modell
so kalibriert, dass es die gemessenen Anisotropie-Zeitserien reproduzieren konnte. Die
Ergebnisse des Modells, vertikal aufgelöste Anisotropieprofile, wurden mit Anisotro-
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piedaten aus computertomographischen Messungen validiert.
Verglichen mit der Anisotropie von Schnee, welche eine spezifische Eigenschaft eines beliebigen Schneevolumens beschreibt, beschreibt das Schnee-Wasser-Equivalent
(SWE), die Gesamtwassermenge, welche in der Schneedecke gespeichert ist. Eine vielversprechende Methode zur Bestimmung des SWE stellt die differenzielle Radarinterferometrie dar, bei welcher die Phasendifferenzen von zwei zu unterschiedlichen
Zeiten gemachten Radaraufnahmen verglichen werden. Leider stellt die zeitliche Dekorrelation des Phasensignals einen grossen Nachteil dieser Technik dar. Eine Dekorrelationszeit von wenigen Tagen wurde in TerraSAR-X Aufnahmen beobachtet,
was eine erfolgreiche SWE Bestimmung bisher verhindert hat. Trotzdem konnte mit
dem als Radarinterferometer verwendeten SSnowScatInstrumentes, erstmals die Akkumulation des SWE über vier Winter hinweg gemessen werden. Zur Rekonstruktion
von ”Phasewraps”, welche während intensivem Schneefall aufteten können, wurde eine Mehrfrequenz-Phasenunwrapping-Technik verwendet. Das Experiment wurde mit
einer extrem hohen zeitlichen Auflösung durchgeführt, wodurch die zeitliche Dekorrelation trotz der verwendeten aussergewöhnlich hohen Frequenzen im X- und KuBand minimal ist. Die erfolgreiche Demonstration von differenzieller Interferometrie
zur SWE-Bestimmung lässt hoffen, dass sich diese Methode auf Daten zukünftiger
Radarsatelliten anwenden lässt, welche die Erde mit einer zeitlichen Auflösung von
einigen Tagen bei Frequenzen von mehreren GHz beobachten.
Beide beschriebenen Methoden, die Analyse der kopolaren Phase sowie die differenziellen Interferometrie, sind nicht für nassen Schnee anwendbar. Die Mikrowelleneindringtiefe in nassen Schnee ist bei Frequenzen von mehreren GHz gering womit der
Grossteil der reflektierten Energie aus der Streuung an der Schneeoberfläche stammt.
Dies ist interessant für Single-pass Interferometrie, bei welcher diejenigen Phasendifferenzen verglichen werden, die von zwei SAR-Sensoren aus leicht unterschiedlichen
Winkeln gleichzeitig über dem selben Gebiet gemessen wurden. Mittels Single-pass
Interferometrie ist es somit möglich, präzise Höhenmodelle mit einer horizontalen
Auflösung von wenigen Metern zu erzeugen. Aus dem vertikale Unterschied von zwei
Höhenmodellen, wobei eines während schneefreien und eines während der Schneeschmelze aufgenommen wurde, kann damit direkt auf die Schneetiefe geschlos-sen
werden. Die Differenz zweier Höhenmodelle, welche aus TanDEM-X Aufnahmen von
Frühjahr und Herbst erzeugt wurden, ermöglichte es Schneetiefekarten zu erzeugen,
welche mit den Schneetiefekarten des Schweizer Schnee- und Lawinenforschungsinstitutes übereinstimmen. Eine Grundvorraussetzung für eine erfolgreiche Schneetiefenabschätzung ist eine erkennbar nasse Schneeoberfläche. Nassschnee ist jedoch unmittelbar aus Radaraufnahmen abzuleiten, da die Rückstreuintensität für nassen Schnee
signifikant reduziert ist.
Diese Dissertation zeigt, das die Analyse von Phasensignalen aus Radaraufnahmen ein breites Spektrum an Informationen über die Schneedecke liefern kann. Die
entwickelte Methode zur Anisotropiebestimmung bietet nicht nur eine einzigartige
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Möglichkeit um Schneemodelle zu verbessern, sondern ermöglicht es auch, einen Umwandlungszustand von Schnee global zu vermessen. Die momentan längsten gemessenen Zeitserien des Schnee-Wasser-Equivalentes machen Hoffnung darauf, dass differenzielle Radarinterferometrie verwendet werden könnte, um global das Wasserequivalent von Schnee zu bestimmen. Die gezeigte Präzision zur Schneetiefenbestimmung und zur Messung von Eisdickenänderungen mittels Radar Single-pass Interferometrie demonstriert, dass derartige Systeme wichtige Satellitenmissionen darstellen,
um Änderungen von Schnee und Eis in abgelegenen alpinen und polaren Regionen zu
beobachten. Derartige Missionen bilden einen wichtiges Instrument zur Beobachtung
von Änderungen in der räumlichen Verteilung von Trinkwasser welches in Form von
Schnee und Eis gespeichert ist.

xii

Chapter 1
Introduction
1.1 Relevance of snow monitoring
Snow contributes to the water supply of almost one-sixth of the world’s population [1].
Snow has a huge effect on the energy balance of the earth due to its high reflectivity,
its insulating effect, and by its cooling effect during snow melt. Climate models and
also satellite observations show that the global distribution of snow changes with a
changing climate [2]. For Switzerland, a mean decrease in snow depth between 30
and 90% depending on altitude is predicted within the 21st century [3]. However,
different snow models and observations show partially inconsistent results [4]. This
emphasizes the need for better snow monitoring products [5]. Snow monitoring in
populated areas is relatively simple with a sufficient grid of weather stations and
observers. The snow monitoring network of Switzerland contains about 100 observes
and the same number of automatic weather stations which measure snow parameters
on a daily period during winter. However, most of the world’s snow cover is located in
remote and inaccessible regions, therefore large-scale snow monitoring is only possible
with remote sensing techniques.

1.2 The state of the art
Current global snow monitoring product are based on optical and passive microwaves
remote sensing data which have a resolution of several hundreds of meters to kilometers [6]. Based on the MODIS sensor, fractional snow cover maps are provided on a
daily basis [7, 8]. Currently, passive microwave sensors (e.g. AMSR-E) can provide
global estimates of the snow water equivalent, and also fractional snow cover maps
with a resolution on the kilometer-scale [9–11].
Remote sensing of snow with active microwave sensors, especially with synthetic
aperture radar (SAR) satellites, gains more and more relevance due to their very
high resolution on the meter-scale, their frequency diversity and their independence
on weather and daylight. The current Sentinel-1A mission provides high resolution
SAR data in the C-Band in nearly real time for many regions of the world. The
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TerraSAR-X and TanDEM-X mission provide an even higher resolution of one to two
meter in X-band. The ALOS-2 mission provides L-band data with a resolution of a
few meters. All three sensors operate with a repeat time of 11 to 14 days.
1.2.1 Snow mapping with SAR sensors
SAR sensors provide not only a much higher resolution than optical or passive microwave sensors but do also provide a coherent phase signal for every images pixel.
Furthermore, most SAR sensors acquire radar images in multiple polarizations. The
phase signal contained in SAR images, the polarimetric information, and the backscatter signal open a wide range of applications.
Accurate mapping of wet snow possible has been used already for many years [12]
and has currently reached a close-to-operational status [13, 14].
In contrast to wet snow mapping, dry snow mapping is not straight forward. Several
polarimetric decomposition studies have been performed to detect dry snow [15, 16]
but interpretation of the data is difficult due to a large variability of the backscatter
signal with respect to depth hoar and different crystal sizes [17,18]. Most polarimetric
studies are based on the comparison of the intensity of different polarimetric channels.
Different polarimetric channels are sensitive to different scattering mechanisms which
should provide information about snow depth or the snow water equivalent (SWE).
Indeed, for very high frequencies in the Ku-band an increased backscatter signal has
been found for an increasing SWE [18, 19]. However, the strong dependence of the
backscatter signal on grain size and density makes it difficult or impossible to derive
a relation between snow depth and the backscatter signal or between snow depth and
different polarimetric ratios [20–24].
Only one study with a ground-based radar is known which shows a relation between
fresh snow and the copolar phase difference between vertically and horizontally polarized microwaves [25]. No air- or space-borne study is currently known which shows
any analysis of the copolar phase with respect to snow.
A much more powerful method to determine SWE has been suggested by [26]. For
low enough frequencies where volume scattering can be neglected, the phase delay
measured by differential interferometry has been shown to be proportional to SWE.
This method has been applied on several acquisition pairs separated by a few days
acquired in C-band [27–29]. For two air-borne acquisitions in L-Band it was even
possible to estimate SWE from a temporal difference of several months [28]. However,
long time series have never been acquired as no suitable ground- or space-borne SAR
sensors were available. Nevertheless, time series a few days long have been acquired
with ground based instruments [30].
Single pass SAR interferometry from space is a relatively young discipline and the
first mission was the Shuttle-Radar-Topography Mission (SRTM) in February 2000
[31]. Today, the TanDEM-X mission provides high resolution interferometric SAR
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data which can be used to determine accurate elevation models [32]. TanDEM-X data
are currently used for mapping of elevation changes of glacier e.g. in Patagonia [33],
or in Antarctica [34–36]. The high accuracy of interferometric SAR data should make
it possible to use the technique for snow mapping, and first results are shown in this
thesis.

1.2.2 Microscopic characterization of snow
Snow is a porous structure composed of three material phases: ice, air, and water.
Each phase fills a certain fraction of the snow volume with a uniform phase of matter.
The spatial extension over which a phase is uniform ranges from a few micrometers
to a few millimeters. The spatial distribution can be loosely referred to as granularity
or grain size.
Some macroscopic properties, like snow density, or liquid water content, can be
determined from simple ratios of the three phases. However, often an accurate description of macroscopic snow properties fails when only simple phase ratios are considered. For an accurate description, the spatial distribution of the phases needs to
be considered.
A pragmatic solution for the description of the microstructure is used by snow
hydrologist in the field to estimate grain size and crystal type. Crystal type is determined visually from the crystal shape, and grain size is determined by measuring
the maximum extension of snow crystals on a dark plate with a millimeter grid [37].
Unfortunately, the determined parameters depend on the subjective estimate of the
observer and can introduce systematic errors when used for physical modeling of snow
properties. When considering the large variety of crystal shapes [38, 39], and the fact
that observing single ice crystals on a plate do not provide any information about the
spatial orientation or the bond characteristics to neighboring ice grains, it becomes
clear that the microstructure cannot be quantified by grain size and shape obtained
by visual inspection.
Nowadays, the physically most accurate description of the microstructure is done
by means of spatial two-point correlation functions of snow samples, which are a
few centimeter large [40, 41]. When the snow samples are much larger than the
elementary representative volume [42], the correlation functions provide reasonable
statistics about the snow microstructure. The correlation functions, C(~r, ~r0 ), quantify the volume-averaged probability of finding the same phase at a certain distance
~rmeasured from a point ~r0 in the snow volume, independent on the choice of ~r0 .
In contrast to grain size and crystal type, spatial correlation functions form a physical basis to determine many macroscopic properties of heterogeneous material, e.g.
mechanical stability, thermal conductivity, gas-permeability, dielectric permittivity
or volume scattering effects of electromagnetic waves [41, 43].
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1.3 The physical basis for snow monitoring with microwaves
This thesis focuses on the interaction of microwaves with snow with the objective to
derive snow properties from the phase information contained in radar data.
Theoretically, the snow-microwave interaction could exactly be described by applying the full Maxwell equations on the three-dimensional microstructure of snow.
This would require information about the full three-dimensional structure, which can
indeed nowadays be determined by micro-computer tomography [44]. However, the
computing time would be enormous as one cubic centimeter of snow contains already
one billion (109 ) voxels which are obtained when scanning snow with the required
resolution of 10 µm. For reasonable electromagnetic modeling, volumes with a sidelength of many wavelengths need to be considered which results in volumes of several
thousands of cubic centimeters or trillion to quadrillion (109 − 1012 ) of voxels.
In order to simplify the snow-microwave interaction, spatial correlation functions
are the state of the art to quantify the spatial distribution of the three material phases,
ice, water, and air, of which the snow pack is composed. Depending on the wavelength
of the electromagnetic waves which interact with snow, various simplifications can be
applied for a successful modeling of the interaction of microwaves with snow.
The aim of the following sections is to provide an overview of which parts of the
electromagnetic spectrum can be used to observe snow by remote sensing systems, how
ice, air, and water interact with electromagnetic waves, and which simplifications can
be made to describe the snow-microwave interaction at different wavelengths. Basic
principles of radar remote sensing techniques are briefly explained as they form the
basis for the following chapters of this thesis.
1.3.1 Atmospheric windows
In the entire electromagnetic spectrum, ranging from kilometer-long radio waves to
gamma waves with wavelengths shorter than the size of atoms, only three atmospheric
windows exits through which satellites can observe the surface of the earth.
Starting at low frequencies, the free electrons of the ionosphere reflect any electromagnetic radiation below 10 MHz due to plasma oscillations. Below several hundred MHz, the ionosphere leads to significant distortions in radar images [45–47].
After passing the ionosphere, electromagnetic waves interact with the non-ionized
molecules of the lower atmosphere. Most common atmospheric gases do not have an
electric dipole moment and can therefore not interact with microwaves by rotational
resonances. Two magnetic dipole transitions of oxygen are an exception and show
absorption lines at 60 and 118 GHz [48, 49]. However, microwaves can couple to the
electric dipole moment of water vapor, and can excite rotational resonances. The
lowest resonances (at 22, 183, and 325 GHz [50–52]) are broadened by temperature
and particle collision and form the low-frequency end of the water vapor contin-
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uum [53]. The water vapor continuum range up to about 10 µm (30 THz) [54] where
atmospheric gases show only a few vibrational absorption lines [55–58] (the infrared
window). Above the infrared, in the optical window, only very narrow atomic absorption lines exist [59–61] which allows observation of the earth in the optical spectrum.
Unfortunately, both the infrared and optical window are often blocked by clouds.
Infrared radiation is strongly absorbed by liquid water [62, 63], and the refractive
index of liquid water in the visible spectrum [64] causes strong Mie-scattering. For
even higher frequencies radiation is completely absorbed by ionization of atoms in
the atmosphere.
The microwave or radio window, which is located above the ionosphere and below
the water vapor continuum, ranges from several hundred MHz to a few hundred GHz.
Microwaves transmitted through the radio window show only a limited absorption of
a few decibel (dB) per kilometer due to rain or snow fall [65] in the atmosphere.
Microwave sensors are therefore reliable and important instruments for observing the
surface of the earth from space. The radio window is also of particular interest for
remote sensing of snow because microwaves can penetrate the snow volume and can
therefore provide volumetric information about the snow pack. Both infrared and
visible light are reflected at the snow surface which makes microwaves unique to
observe volumetric effects of the snow pack.

1.4 Electromagnetic properties of snow
Microwaves are of high interest for remote sensing of snow as they pass the atmosphere almost undisturbed and can interact with the volume of the snow pack. The
physical basis for snow-microwave interaction is formed by the interaction with the
three phases of which snow is composed. Depending on wavelength the microscopic
structure can be described as an effective medium, or as an ensemble of distributed
scattering centers.
1.4.1 Dielectric properties of ice, water, and air
The pores between snow crystals are filled with air which is saturated with water
vapor. However, for microwave observation, the absorption due to water vapor in
a snow pack of a few meters depth can be neglected compared to the water vapor
contained in 10 km thick atmosphere above the snow pack. The refractive index of
water vapor saturated air in snow is n = 1.000318 [66] and can be approximated by
1.0.
Ice is a solid state body, and rotational resonances are ”frozen” because water
molecules cannot rotate freely in the crystal lattice. However, the dipoles can slowly
align to an external electric field, but the dielectric relaxation peak is far below the
microwave spectrum at 3 kHz [67, 68]. Only phonons (lattice vibrations) can absorb
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electromagnetic radiation in the infrared between 3 and 300 µm (1 THz - 100 THz).
Consequently, the imaginary part of the permittivity is small so that radio waves
below 1 GHz can penetrate several hundred of meters and even kilometers through
pure ice. The penetration depth into pure ice decreases with increasing frequency and
reaches roughly 1 m at 20 GHz [69]. The dielectric permittivity of ice shows a weak
temperature dependence and both the real and imaginary part increase slightly with
temperature [70]. The real part of the permittivity, εice = 3.18 ± 0.01, has almost
no frequency dependence between 10 MHz and 1 THz [67–69, 71]. For microwave
applications which focus on seasonal snow, the imaginary part of ice can be neglected.
However, one has to account for absorption, when frequencies of several tens of GHz
are considered, or when the penetration into deep firn on ice sheets is of relevance.
In contrast to ice, liquid water is responsible for strong absorption in snow. Water molecules can rotate in liquid water but rotational energy is dissipated by intermolecular interaction. The Debye relaxation peak for water at 0◦ C is at about
10 GHz [72–74], and is therefore located in the center of the radio window. Below
the relaxation peak, water molecules have enough time to align to the external field,
causing the very high relative permittivity of εH2 O ≈ 87. Across the relaxation peak,
the relative permittivity decays quickly to values εH2 O < 5 for frequencies of about
100 GHz [73, 75].
1.4.2 Length scales of snow
The spatial distribution of the three phases of which snow is composed (ice, water, and
air) varies on many length scales. The smallest scale is defined by the crystal edges of
dendritic snow crystals, and is located on length scales of micrometers or below [76].
Single ice grains in the snow pack, as well as the air pores, have a length scale of a
few tens of micrometer up to a few millimeters [77,78]. Different snow layers can have
a vertical thickness of millimeters to centimeters [79, 80]. The thickness of each layer
varies horizontally on length scales of a few decimeters to meters [81, 82]. The depth
of the entire snow pack varies on length scales of meters to kilometers and depends
strongly on the local topography [83–85]. In order to describe the snow-microwave
interaction, all these length-scales must be considered.
The physical length scales which are relevant for snow-microwave interaction are
defined by the wavelength λ of the interacting microwaves. For remote sensing systems, technical length-scales are given by the resolution of the observing sensor.
1.4.3 Snow as a homogeneous, effective medium
When the microstructure of snow varies on length scales much smaller than λ, snow
can be considered as an effective medium which is homogeneous, which does not
scatter radiation, and which can therefore be described by a medium with an effective
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(complex) permittivity ε.
The fact that an effective medium does not scatter electromagnetic radiation, despite consisting of millions of small scatterers, can be understood by considering the
interference pattern which results from the entire ensemble of scatterers within a cube
of side length λ. The cube volume contains (λ/d)3 scatterers of size d, where d is
the side length of a volume which is occupied by one single scatterer. As d  λ, the
scattering characteristics can be described by Rayleigh scattering [86]. The scattering
cross section for Rayleigh scattering is proportional to d6 /λ4 . If the particles scattered microwaves incoherently, the cumulative scattering efficiency of all scatterers
6
contained in the cube would be proportional to ( λd )3 · λd4 = d3 /λ, and thereby proportional to the third power of the grain size. However, as all radiation in a volume
λ3 is coherent, all scattered radiation needs to be also considered as coherent. Due
to the very large number of weakly scattering particles in the volume, the scattering
efficiency is almost homogeneously distributed within the volume. Consequently, the
scattered waves from all individual particles interfere destructively in all directions
except in the forward direction. Such forward scattering occurs for light which interacts with the atoms and molecules of heterogeneous media like glass, air, or water,
and also for microwaves of sufficiently long wavelength which interact with snow.
As long as the condition d  λ is fulfilled, snow does not scatter radiation and
can therefore be described as an effective medium. The effective permittivity for dry
snow of density ρs is given according to [87] by
(
ρs ≤ 0.4 g/cm3
1 + a1 ρs + a3 ρ3s
i
h
3
(1.1)
ε(ρs ) =
1/3
1/3
ρs > 0.4 g/cm3 .
(1 − ρρices )εh + ρρices εice
The constants are given by a1 = 1.5995 cm3 /g, a3 = 1.861 cm9 /g3 , ρice =0.917 g/cm3 ,
εh = 1.005 and εice = 3.179. The parameters have been adapted1 from [87] in order
to be valid also for snow densities up to the density of solid ice (ρs = ρice ). The
parameters of the phenomenological equation above are determined by measurements.
However, an equation which agrees within 0.7% with the above equation can be
derived based on Maxwell-Garnett-mixing rules which is shown in [89].
The imaginary part of the permittivity for dry snow is negligible for frequencies
where snow can be considered as an effective medium. According to [87] the imaginary
part is given by
p
ρs 0
ε0 (ρs ) = ε(ρs ) · K 2 ·
ε
(1.2)
ρice ice
where ε0ice is the imaginary parts of the dielectric constant of ice and K 2 is the ”squarefield factor” shown in [90, Fig. 1]. A similar function as (1.2) is suggested in [91,
1

Note the typo in [87] where the exponent 1/3 is missing for the second equation; compared also
with Eq. (10) in [88].
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Eq.(5)] and reads
ε0 (ρs ) = εice · (0.52ρs + 0.62ρ2s ).

(1.3)

All three equations are implemented in the code of the microwave emission model of
layered snow packs (MEMLS) which is available online2 . As scattering is negligible
and the absorption of dry snow is very weak, penetration depths can reach up to 10
- 20 m for ρs = 0.3 g/cm3 at 16 GHz, and can reach several hundreds of meters for
frequencies below 1 GHz.
The one-way exponential penetration depth δ is defined by Beer-Lambert’s law
I(x) = I0 e−κx = I0 e−x/δ ,

(1.4)

which describes the decay of intensity I with propagation distance x in an medium
with absorption coefficient κ. The penetration depth is the inverse of κ, and is
determined by the imaginary part n0 of the complex refractive index ñ of snow and
by the vacuum wavelength λ0 :
δ=

λ0
1
=
.
κ
4πn0

(1.5)

The complex refractive index ñ = n + in0 and the complex permittivity ε̃ = ε − iε0
are related by ε = n2 + n02 and ε0 = 2n · n0 or inversely by
sp
sp
2
02
ε +ε +ε √
ε2 + ε02 − ε
ε0
n=
≈ ε
≈ √ .
(1.6)
n0 =
2
2
2 ε
The approximations are valid for ε0  ε. Its worth noting that often ”the losstangent”, tan δε , of a medium is given. The loss-tangent is defined as the ratio
between the imaginary and real part of the permittivity, tan δε = ε0 /ε.
As soon as snow becomes wet, the absorption increases dramatically. The strong
microwave absorption of water reduces the penetration depth from many meters to
decimeters or centimeters. The parametrization of the permittivity for wet snow with
respect to volumetric water content mv is given in [87] based on mixing rules provided
by [92]. A large set of measured and modeled data are published in [92–94]. The
absorption is very sensitive to mv , consequently, the penetration depth, measured at
16 GHz, decreases to 3 m for mv = 0.01% and to 4 cm for mv = 1%. Compared to
16 GHz, the penetration depth increases by two orders of magnitude for a frequency
of 1 GHz. At 1 GHz, a penetration of 1 m is possible for a liquid water content of
mv = 5% [93]. Penetration depth are plotted for different liquid water contents over
the entire microwave spectrum according to [87] in (Fig. 5.5, Chapter 5).
2

www.iapmw.unibe.ch/research/projects/snowtools/memls.html
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1.4.4 Snow as a heterogeneous medium composed of small scatterers
When wavelengths approach about ten times the dimension of ice grains, λ ≈ 10d, the
assumption of a non-scattering medium is not valid any more, and scattering effects
must be considered. Depending on grain size this occurs between 10 and 30 GHz [95].
Like in the case of an effective medium, we visualize a cube of size λ which is filled
with ice grains of size d. Again, according to Rayleigh scattering, every ice grain
scatters some radiation in all directions. However, the larger ice grain scatters radiation more strongly due to the d6 /λ4 -dependence of Rayleigh scattering.
Furthermore,
√
3
when only N = hundreds or thousands of scatterers of size d ≈ λ/ N are contained
in the scattering volume λ3 , radiation is not scattered homogeneously in all directions anymore. Therefore, constructive interference occurs not only in the forward
direction but also backwards as well as sideways. This scattering behavior is called
volume scattering. As expected from Rayleigh-scattering, volume scattering shows a
significant dependence on grain size [96, 97].
For a very low snow density, particles in the snow pack can be considered as independent scatterers. Therefore the scattering efficiency increases with density and
particle size. However, for larger densities the spatial distribution of scattering centers
is correlated [98, 99], and the scattering efficiency decreases for ice volume fractions
above 20% [97, 99]. This non-monotonic behavior of the scattering efficiency in relation to density, but also the strong dependence on grain size, makes it difficult to
estimate snow properties from microwave signals which are scattered by a snow volume [19–22,100–104]. Enhanced scattering due to snow can be observed in time series
measured by the QuickScat mission at 13.4 GHz [105]. However no relation between
snow depth and backscatter signal could be found [106].
In scattering media, the penetration depth is not only determined by absorption
but also by volume scattering. In order to understand the scattering and absorbing
properties of snow, extinction coefficients have been calculated and many experiments
have been conducted to estimate the penetration depth into dry snow [90,98,107–109].
In order to put different microwave scattering models on a physical bases, their scattering coefficients have been reformulated with respect to spatial correlation functions
of snow structures [110]. This made it possible to link their phenomenological input
parameters with objective measurement of the three-dimensional snow structure.
1.4.5 Snow as a heterogeneous medium composed of large scatterers
When wavelengths approach the size of ice grains, λ ≈ d, scattering needs to be
described by Mie scattering instead of Rayleigh scattering [97, 98]. This is the case
for frequencies of a few hundreds of GHz. Mie scattering is mainly characterized by
forward scattering where radiation is scattered into a forward-directed cone. After
multiple scattering the propagation direction of the incident wave is completely lost.
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Also the coherence of the incident wave is lost as photons are scattered along different
scattering paths which have different lengths. For strongly scattering materials, the
propagation of electromagnetic energy in the medium can be described by photondiffusion [111, 112]. Due to strong multiple scattering, microwaves penetrate only a
few cm into dry snow [98,107]. The length of scatterings paths for multiple scattering
is limited by absorption. An 1/e-attenuation length of about 10 cm follows directly
from the complex permittivity of pure ice [69] at 200 GHz.
For even higher frequencies in the visible spectrum, geometrical scattering paths in
single ice crystals need to be considered instead of forward oriented Mie scattering.
The propagation of photons is incoherent as the coherence is lost after multiple scattering events [113]. Like in the case of very high-frequency microwaves, propagation
can be modeled by photon diffusion [111, 112]. For visible light, diffusion depths of
about 10 - 20 cm were observed [114, 115].
1.4.6 Distortion of wavefronts by the snow pack
Plane wavefronts which propagate through homogeneous media are not distorted and
the waves remain plane waves. Only the wavelength and the propagation speed change
due to the refractive index of the homogeneous material. However, media with not
perfectly smooth surfaces, with density variations, or with scattering inclusions, can
significantly distort the plane wavefronts. The interference of distorted wavefronts
results in a randomly distributed intensity pattern referred to as speckle. Speckle can
be observed for all scattering surfaces or media which are illuminated by coherent
electromagnetic radiation (speckle do not only occur in radar images, but are also
a very common phenomenon for laser light reflected from rough surfaces [116]). For
media with very strong volume scattering, wavefronts can be distorted so strongly
that both the temporal and spatial coherence of incident waves can be lost.
When considering snow as a homogeneous effective medium, wavefronts are still
distorted from the scattering properties of the underlying surface as well as by surface
modulations of the snow-air interface [117]. Wavefronts can also be distorted by
density variations within the snow. For media in which volume scattering occurs,
wave fronts are additionally distorted by wave fronts scattered in the medium. This
contribution adds to the distortion of wavefronts, which return after propagation
through homogeneous media with long-range modulations.
As the distortion of wavefronts varies spatially, the measured phase of returned
electromagnetic radiation is random and shows a uniform distribution. Speckle which
result from interference of the random wavefronts cause strong spatial modulations
of the backscattered intensity. Therefore, the backscatter intensity must be analyzed
with care, and sufficient spatial averaging is required in order to obtain statistically
significant backscatter measurements.
For methods which focus on the phase of the backscattered signal, speckle patterns
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are of high relevance. When two radar images show a similar speckle pattern, the
phase pattern of both images are correlated and the phase difference can be analyzed.
However, redistribution of snow due to wind drift, temporal density or snow depth
variations, as well as changing absorption due to different water content causes a
change of the reflected phase pattern in time. When the changes are too strong,
the phase pattern, as well as the speckle pattern, are decorrelated and cannot be
analyzed.
1.4.7 Reflections at snow layers
Electromagnetic radiation is reflected at interfaces of dielectric media which have
different refractive indices. The reflected and transmitted intensities are described
by the Fresnel equations depending on polarization and on the incidence angle measured relative to the normal vector of the interface. The signal which is returned
to a system which transmits electromagnetic radiation depends on the observation
geometry. A system which transmits radiation parallel to the surface normal receives
specular reflections from the surface as well as from discontinuities of layers below
the surface. Systems which observe the medium with a certain incidence angle do
not receive specular radiation. The specular reflections lead to a significant difference
in penetration depths when side-looking radar systems [118, 119] are compared with
nador looking radar systems [120, 121].

1.5 Microwave observation systems
The wide range of interactions of microwaves with snow, as well as the fact that
they can propagate through the atmosphere and the ionosphere almost undisturbed,
makes microwaves to an extremely valuable tool to observe snow properties without
contact and from large distances. Depending on which platform a sensor is installed,
one speaks of ground-based, air-borne, space-borne, or even animal-borne sensors.
1.5.1 Polarization
Microwaves are transversal waves and two orthogonal polarization eigenstates exist
which can be expressed in different orthogonal basis. The superposition of both orthogonal states describes the polarization state of any electromagnetic wave. Some
media, including snow and the ionosphere, show a polarization-dependent propagation speed. Furthermore, object characteristics can be derived from the polarization
state of reflected electromagnetic waves [122]. This expands the space of independent
observables from a two dimensional space (one amplitude and one phase coordinate)
to a four dimensional vector space spanned by two amplitude and two phase coordinates.
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1.5.2 Passive and active sensors
Two kind of microwave sensors exist: passive and active microwave sensors. Passive
microwave sensors, or radiometers, can measure microwave intensity but also correlations between different polarimetric channels [123, 124]. The radiation received by
radiometers originates from the thermal blackbody emission of targets and also from
radiation reflected at targets. The reflected radiation originates from natural sources
like the sun and also from clouds.
Active microwave sensors carry their own illumination source and are therefore
independent from natural sources of microwave emission. A big advantage of active
microwave sensors is that the emitted radiation can be completely characterized for
comparison with the received radiation. Therefore, the obtained signal is mainly
characterized by target-specific properties and two acquisitions taken at similar conditions contain a similar phase signal. For radiometers, the phase-correlation of two
acquisitions taken at different times is completely lost. Furthermore, the time of
transmission is known for active sensors which makes it possible to determine distances with active microwave sensors when the time delay to the received pulse is
measured. This is the basis of any radar system.
1.5.3 Radar
Radar is the acronym for radio detection and ranging. Radar instruments transmit
electromagnetic pulses, and measure the time until the echo reflected at an object
is received. The distance R to the observed object along the line of sight is called
range, and follows directly from the propagation time multiplied by the speed of light.
The radar cross section or scattering efficiency of an object determines how bright
the reflection of the object appears. Moreover, not only the backscatter intensity is
measured but also the phase of the scattered amplitude can be measured. The phase
contains information about the propagation delay as well as scattering characteristics
of the observed object.
Depending on the direction of the transmitted pulses, different applications are
possible. Weather and surveillance radars look for precipitation or flying objects
above the horizon, ground penetrating radars look vertically downwards into rock,
soil, or ice. Side-looking radars are used to observe large, distributed objects (e.g.
the surface of the earth) with a inclined viewing geometry. The line of sight distance
for side-looking radars is called slant range. The projection of the slant range on the
ground is called ground range, Rg .
The range resolution of a radar system is determined by the spectral bandwidth of
the transmitted signal, fbw [Hz]. The bandwidth determines the minimum possible
pulse length τ by the time-bandwidth product, τ · fbw ≥ 1, which is defined analogue
to Heisenberg’s uncertainty principle. The range resolution ∆r is half the pulse length
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τ · c of a time-bandwidth-limited electromagnetic pulse. The range resolution is half
the pulse length, because radar instruments measure the two-way travel time (at the
speed of light, c) to the object. Hence, the range-resolution of a radar system is given
by
∆r =

c
2 · fbw

(1.7)

For bandwidths of a few GHz a resolution of a few cm or less is achievable. To
limit the emitted power, transmitted microwave pulses are stretched by adding a
nonlinear phase to each frequency component of the emitted pulse which results in
a ”chirp pulse”. The received chirped pulses are compressed numerically by the so
called range-compression to retrieve a time-bandwidth limited range resolution (see
e.g. [125]).
A two dimensional radar image can be acquired from real aperture systems, if the
antenna is rotated to sample different viewing angles or if the antenna is shifted to
sample a transversal profile. The resolution with rotation angle or translation distance
is called azimuth resolution and is determined by the diffraction limited beam width
of the antenna.
The diffraction limit for electromagnetic waves has already been known since mid
of the 19th century. The angular resolution of any electromagnetic imaging system
is limited by the Rayleigh criterion [126]
∆θ ≈ 1.22

λ
D

(1.8)

where λ is the imaging wave length, and, according to Lord Rayleigh (1879, [126]),
D is the diameter of the aperture. For real aperture radar systems, D corresponds to
the size of the antenna, and Eq. (1.8) results in an angular resolution of a few tens of
degrees for meter-sized microwave antennas. The closest distance ∆l which two objects can have to still be distinguished by an imaging system follows by multiplication
with range R and results in the diffraction limit3 found by E. Abbe (1873) [128]
∆l ≈ 1.22

Rλ
.
D

(1.9)

∆l corresponds to the azimuth resolution of real aperture radar systems. From
Eq. (1.9) it becomes clear that ∆l increases with increasing range, hence the azimuth
resolution decreases with distance. This results in a piteous azimuth resolution of
several tens of meters at a distance of a few kilometers compared to the high range
resolution of a few centimeters achievable with real apertures radar systems.
3

The diffraction limit inspired W. Heisenberg (1930, [127]) for the development of the uncertainty
principle which also forms the mathematical basis for the range resolution of radar systems.
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1.5.4 Synthetic aperture radar
For microwave remote sensing systems, the diffraction limit was a big drawback compared to optical systems for which an aperture of 10 cm is sufficient to obtain a
resolution of a few meters from space. However, the development of high frequency
electronic devices has made it possible to synthesize an aperture of many kilometers length from the radar signals measured with one small antenna along the flight
trajectory4 of an airplane or satellite.
The required length of a synthetic aperture to obtain meter-resolution with microwaves follows directly from Eq. (1.9) and results in an aperture size of several
kilometers for space-borne radar sensors. The principle to focus the radar signal
measured by a synthetic aperture radar (SAR) is adapted from the focusing principle
of a simple glass lens.
Glass lenses focus light scattered from an object not only by refraction but also
by adding a precisely defined phase shift to each ray of light which is ”received”
by the lens. The phase delay along the cross section of a lens is proportional to
the glass thickness and results in a quadratic phase shift with the maximum phase
shift at the center of the lens. The phase shift causes all refracted light to interfere
constructively at the focal point of the lens. Just like a lens, a synthetic aperture
radar measures the phase history of scattered microwaves along the aperture (which
is a section of the flight trajectory) and adds numerically a quadratic phase shift (e.g.
Eq.10.20 in [125]) in order to focus the received microwaves by signal-processing into a
complex-valued SAR image. In contrast to photographic systems which measure only
the intensity pattern focused by a lens, the phase of the scattered signal is preserved
by the processing algorithm of SAR systems. The phase information contained in
radar images forms the basis for the following sections and chapters. The numerical
focusing done by SAR systems along the flight direction (equivalent to the azimuth
coordinate az) is called azimuth-compression.
Range- and azimuth-compressed radar images can have a spatial resolution on
length-scales of meters or less. Hence, it is possible to obtain high resolution images
covering thousands of square kilometers with air- and space-borne SAR sensors.
1.5.5 Geocoding of SAR images
For precise geolocation of pixels in a SAR image, for e.g. comparison with ground
based measurements, it can be necessary to transform geographic coordinates into
SAR coordinates or vice versa. Even for cases where SAR products are already
delivered with a course resolution geocoding grid it can be required to calculate a
more precise geocoding with respect to a specific digital elevation model. The relation
4

For earth-borne sensors, apertures of several hundreds of kilometers are synthesized by correlating
the signal of distant radio telescopes [129].
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between radar coordinates and points given in a earth-centered coordinate system is
given by the dopper-, range-, and ellipsoid- (or DEM) equation [130–133]:
2 · (~vs − (~ω × p~ )) · (~p − ~s )
λR
R2 = (~s − p~ ) · (~s − p~ )
fD =

1=

p2y
p2x
p2z
+
+
(a + h)2 (a + h)2 (b + h)2

Doppler equation

(1.10)

Range equation

(1.11)

Ellipsoid equation

(1.12)

where fD is the doppler centroid frequency, p~ is the position of the target point, ~s is
the sensor position in the orbit, ~v is the sensor velocity vector, ω
~ it the earth rotation
frequency, λ is the wavelength of the used microwaves, R is the range from the sensor
to the target, a and b are the semi-major and semi-minor axis of the earth ellipsoid,
and h is the height of point p~ above the ellipsoid. The azimuth-coordinates of a SAR
images follows from the sensor position ~s with respect to the point ~s0 which is defined
by the start time of the acquisition taking.
The three nonlinear vector equations, Eq. (1.10) - (1.12), must be solved simultaneously to obtain the range and azimuth coordinate of a radar image for a given
point on the ground, or vice versa to obtain the coordinates of a given point on the
ground when the range- and azimuth coordinate of the radar images are known. So
far no analytical solution exists, therefore the equations must be solved numerically
which can be computationally intensive and can lead to wrong solutions as multiple
solutions exist due to the quadratic form of the equations.
The equations can be simplified by transformation of the sensor coordinates into a
rotating coordinate frame such that ω
~ = 0 whereby the term (~ω × p~ ) vanishes. For
zero-doppler focused products fD must be set to zero which leads to a further simplification. The remaining equations must be solved iteratively as efficient as possible
to obtain a lookup table for transformation from SAR coordinates into geographic
coordinates. Even the usage a large lookup table need an efficient, local-gradient
search algorithm for a successful inversion.
The three equations, Eq. (1.10) - (1.12), assume that microwaves are neither refracted or delayed by the refraction index of the atmosphere, that the phase center
of the antenna is located at the sensor position, and that the orbit trajectory is a
smooth enough line. The precision of geocoding can be significantly enhanced by
a few meters by using ground control points to compensate for unknown range and
azimuth shifts of a few pixels.
1.5.6 The phase information in radar images
Each image pixel acquired by a real aperture or synthetic aperture radar contains
the information about the cumulative scattering properties of the entire ensemble of
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scatterers contained in the corresponding resolution cell on the ground. The scattering properties of every scatterer are defined by its intrinsic scattering properties,
amplitude S and phase ψS , plus an additional phase term, ψR = 4πR/λ, which
results from the different propagation lengths R between the sensor and each scatterer. As resolution cells can contain scatterers distributed over many square meters,
the complex-valued signal measured by a radar sensor, Aeiφ , is determined by the
interference of all reflected signals within this resolution cell,
X
X
Aeiφ =
Sj · eiψj =
Sj · ei(ψS,j +ψR,j )
(1.13)
j

j

According to the statistics of randomly interfering signals, the amplitudes A show
an exponential probability density function, and the phases values φ are uniformly
distributed between 0 and 2π [116].
The availability of the random, uniformly distributed phase contained in every
image pixel opens new observation techniques for all modern radar sensors. For
coherently operating radar sensors, the amplitude and phase of the transmitted signal
are precisely defined. Consequently, the received signal from an object can be defined
relative to the transmitted signal, and an object can be characterized by a complex
scattering coefficient Aeiφ . For large objects or distributed scatterers, the backscatter
characteristics are defined by the complex scattering coefficients An eiφn for every pixel
n of the scene. The complex valued image is called ”single-look complex” image
(SLC). In contrast to multi-looked images where the backscatter intensities measured
with different incidence angles, frequencies, or equivalently measured for neighboring
pixels have been incoherently averaged, no incoherent averaging is applied on SLC
images which is why the phase of the signal is preserved.
1.5.7 A comment about interferometry
Interferometry refers to a wide range of applications which all have in common that
the relative phase difference of two coherent signals is analyzed. The phase can
be analyzed by an (additive) superposition of electromagnetic waves and also by a
(multiplicative) correlation of two measured electromagnetic signals.
Before electronic devices existed to detect the electromagnetic field directly, interference pattern were already observed in diffraction patterns of light in 1660 [134]. The
same technique was used by Graham 1974 who observed the first (single-pass) radar
interferogram I by an additive superposition of radar echos, I = |A1 eiφ1 + A2 eiφ2 |,
and who used the interferogram to determine the topography of the earth [135]. Interference by superposition is still used in optics where frequencies are too high that
the electromagnetic field can be measure directly.
For radio frequencies and microwaves the electromagnetic field can be measured
directly and the phase difference ∆φ can be obtained by a (multiplicative) correlation between two signals, Iei∆φ = A1 eiφ1 · A2 e−iφ2 . The correlation is independent
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on the amplitude when the correlation is normalized by the intensity I. For radar
interferometry, multiplicative correlation functions are used as they provide a more
accurate phase information including the sign of the phase ∆φ.
In the radar context, the term ”interferometry” refers to the analysis of phase
differences measured by two sensors separated by a certain distance, the so-called
interferometric baseline. This goes back to radio astronomy where signals measured
by different antennas separated by an interferometric baseline are used to obtain a
very high angular resolution [129, 136]. However, radar interferometry can be used
as a powerful tool for deformation monitoring when phase differences measured at
different times are compared. This is called ”differential interferometry” and does
not necessarily require a spatial baseline (it actually works best with zero baseline).
Up to now, the term ”interferometric” in the radar context still refers to the analysis of phase differences of radar acquisitions acquired with a different geometry or at a
different time but not at different polarizations. However, as coherent radar systems
can measure the relative phase difference between different polarization channels, the
analysis of polarimetric phase differences corresponds to an interferometric approach
in that sense that a phase difference is obtained by a multiplicative correlation function of two scattering coefficients. This is different to polarimetric approaches where
only the sign of the scattering amplitudes is considered [137] but not the full polarimetric phase difference, or where only backscatter intensities of differently polarized
channels are analyzed.

1.5.8 Coherence between two radar acquisitions
The coherence between two radar images quantifies the similarity of the scattering
coefficients of two scenes, 1 and 2. The scattering coefficients vary if the same scene
is imaged under different conditions. Conditions can vary in time, but can also be
varied by observing the scene with a slightly different observation angle, or even by
observing the scene with a different polarization.
For the following discussion, it is important that the pixel n in both scenes covers
exactly the same resolution cell on the ground. To fulfill this condition coregistration
and resampling might be required. Small changes of imaging conditions can lead
to correlated changes of neighboring scattering coefficients in a radar scene. The
scattering coefficients are given by A1,n eiφ1,n and A2,n eiφ2,n for every pixel n in each
of the two coregistered scenes. If the imaging conditions differ for both acquisitions,
the phase difference between both acquisitions is defined by ∆φn = φ2,n − φ1,n .
The similarity of both scenes can be expressed by a complex correlation function.
The complex correlation of amplitude and phase quantifies not only the similarity
between both scenes but also provides an average value for the phase change ∆φ in
the neighborhood Ω(n) of a pixel n. The correlation is called complex coherence and
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is defined by
X

A2,k eiφ2,k · A1,k e−iφ1,k

k∈Ω(n)

γ̃ = γ · ei∆φ = s
X

k∈Ω(n)

(1.14)
 X
A22,k ·


k∈Ω(n)

A21,k

The magnitude of the coherence ranges from γ = 0...1 and is close to zero for completely uncorrelated scenes [138] and 1 for identical and noise-free scenes which differ
only by a constant phase shift.

1.6 Polarimetric phase differences
Differential propagation effects as well as information about scattering characteristics
of objects or scatterers contained in a radar scene [122] can be obtained by the analysis
of polarimetric phase differences.
The polarimetric phase difference is obtained from two radar acquisitions which
were acquired with two different polarizations but from the same location with negligible time difference. The polarimetric phase difference is defined as ∆φ = φp − φq
where φp and φq are the phase values of the complex scattering coefficients Aeiφ
measured with two polarizations p and q. Depending on the application, circular or
linear polarizations can be used. For radar acquisitions, the copolar phase difference,
∆φ = φVV − φHH , is commonly analyzed. VV stands for the radar channel which
transmitted and received vertically polarized microwaves, and HH stands for the
channel which transmitted and received horizontally polarized microwaves. A common application is the discrimination between single and double reflected signals, for
which the copolar phase differs by π due to a sign-change in the amplitude [139].
A more novel application, at least in the remote-sensing domain, is the analysis
of the copolar phase difference to determine the optical anisotropy of a transparent
medium. The sensitivity of the copolar phase difference depends on the propagation
distance ∆L in the medium, on the difference of the refractive indices nV and nH for
the vertical and horizontal polarization, and on the vacuum wavelength λ. For such
a medium, the (two-way) copolar phase is defined by
φVV − φHH = −

4π
2π
· 2∆L (nV − nH ) = − ∆L (nV − nH )
λ
λ

(1.15)

The minus-sign originates from a time-reversal of the received signal due to the
backscatter alignment convention (BSA) commonly used for monostatic radar observations (see e.g. chapter 3.1.3 in [122]).
In this thesis, copolar phase differences are extensively analyzed to monitor the
anisotropy of snow [89, 140, 141]. Results of measurements, detailed electromagnetic
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models but also a thermodynamic model to describe the evolution of the anisotropy
of snow are described in Chapter 2 - 4.

1.7 Differential interferometry
Very accurate deformation measurements can be obtained from the analysis of the
phase difference of two radar acquisitions which were acquired under exactly the same
imaging geometry but at different times [142–144].
At time t1 , the range to a point P on a surface is given by the slant range distance
R. If at time t2 the surface elevation has changed, the new range to P is given by
R(t2 ) = R(t1 )+∆R, where ∆R is the line of sight displacement which is equivalent to
the (slant-)range difference. If the scattering properties of the surface do not change
in time, and only the surface elevation changes, the received phase pattern is identical
and differs only by a constant phase shift ∆φ. The phase shift is proportional to the
ratio between ∆R and the wavelength λ.
∆φ = φ(t2 ) − φ(t1 ) =

 4π
2π 
· 2 R(t2 ) − R(t1 ) =
∆R
λ
λ

(1.16)

The sensitivity of differential interferometry is proportional to the wavelength of the
radar system and allows deformation monitoring on millimeter-length-scales per year.
The factor 2 doubles the slant range change ∆R because of the two-way propagation
length of every monostatic radar system.
The high sensitivity to small displacements ∆R can also be used to determine small
signal delays during propagation. When no elevation change occurs but a length ∆L
of the propagation path is filled with a material of refractive index n the phase
difference is given by
φ(t2 ) − φ(t1 ) =

4π
2π
· 2∆L (n − 1) =
∆L (n − 1)
λ
λ

(1.17)

As the refractive index n of seasonal snow ranges between 1.1 and 1.4, a snow depth
of a few multiples of λ is sufficient to cause a phase change of 2π [26,145]. This makes
differential interferometry to a powerful tool for the observation of small changes of
the snow volume. Results and details about differential interferometry are shown in
Chapter 5.
One drawback of differential interferometry is temporal decorrelation of the phase
signal due to changing surface properties. The surface properties can change e.g.
by growing or moving vegetation, or by a changing water content in soil or plants.
Melting snow causes an extremely fast decorrelation but also an inhomogeneous redistribution of snow can cause a significant decorrelation (see Chapter 5 and 6).
The temporal loss of coherence due to decorrelation of the phase information limits the time-difference between two acquisitions used for differential interferometry.
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Coherence loss limits also the usable frequencies because temporal decorrelation is
stronger for larger frequencies for which smaller changes in the scattering properties
are sufficient to cause significant, uncorrelated phase changes in the measured phase
pattern. Furthermore, precise orbit information is required to distinguish small displacements or propagation delays from orbit uncertainties. Even a changing water
content of the atmosphere can contribute with significant phase shifts to the measured
signal [146, 147].

1.8 Single-pass and repeat-pass interferometry
Topographic information can be obtained by observing a scene with slightly different
viewing angles. If the scene is observed by two radar sensors from slightly different
locations but at exactly the same time, the interferometric configuration is called
single-pass interferometry. If different observation angles are realized by repeated
passes of the same sensor, the technique is referred to as repeat-pass interferometry
[148].
The phase signal of repeat-pass interferometry is composed of a differential phase as
discussed in the previous section (1.7) and of a topographic phase which is discussed in
this section. For repeat pass interferometry, it is difficult to separate the topographic
phase from the differential phase which leads to significant distortions due to phase
pattern which result from deformations, atmospheric phase delays, and also from
snow cover [26]. Furthermore, coherence loss due to temporal decorrelation can make
it difficult to obtain interferograms of sufficient quality. Consequently, a much better
height accuracy can be achieved with single-pass interferometry.
Single-pass interferometry was for the first time5 demonstrated using an air-borne
platform in 1986 [149]. Today, single-pass interferometry is operationally used to
obtain digital elevation models (DEMs) with a high spatial and vertical resolution.
The first space-borne single-pass system was installed on a Space Shuttle in order
to acquire data for a high-resolution digital elevation model which covers 80% of the
earth land mass [31]. The TanDEM-X mission, which is currently operating in space,
already acquired data for a second globe spanning digital elevation model covering
the entire land mass including Antarctica [150] with a horizontal resolution of 12
meters [32, 151].
For single-pass interferometry, two radar sensors observe the same point P on the
ground at the same time but with slightly different incidence angles. Consequently,
each sensors measures a slightly different slant range R to the point P . The measured
slant range difference ∆R determines the interferometric phase which is, for two
5

This is only half-true as the first single-pass interferograms was obtained in 1973 by Graham [135].
However, Graham formed the interferogram by superposition of electromagnetic waves and not
by multiplication as it was done by Zebker in 1986 [149] and as it is done today.
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monostatic antennas, given by
∆φ =

2π
· 2∆R.
λ

(1.18)

The interferometric phase changes perpendicularly to the line of sight and provides
therefore an angular resolution perpendicular to the range resolution of radar instruments. The availability of the angular resolution, together with range and azimuth
resolution, makes it possible to determine the three-dimensional topography of the
observed scene.
The sensitivity of the interferometric phase with respect to height is determined by
the ratio of the perpendicular baseline ~b⊥ to the slant range R. A sensitivity analysis
is described in the following paragraphs.
The constrain of two monostatic radar systems as required for Eq. (1.18) to be
valid, is not always fulfilled. Interferometric radar systems like the TanDEM-X constellation, consist of one emitting antenna installed on the first satellite (master) and
two receiving antennas, one co-located with the master antenna (monostatic) and one
located at the second satellite (slave). As the slave satellite receives the radar pulse
transmitted by the master, the slave operates in a bistatic configuration.
The most general formulation of interferometric phase differences requires consideration of the full 4-antenna configuration. The general formulations allows calculation
of the topographic phase of an interferogram formed by two consecutive acquisitions,
both taken by the slave satellite in bistatic mode.
The geometry of the 4-antenna configuration is defined as follows: the phase center
~ pc , is located in the middle between the transmitting and
of the master antennas, M
receiving master antenna which are separated by the bistatic (master) baseline ~bm .
~pc , is located in
Just as for the master, the phase center of the slave antennas, S
the middle between the transmitting and receiving slave antenna, separated by the
bistatic (slave) baseline ~bs . The phase center of master and slave are separated by the
~pc = M
~ pc + ~b. The master and slave
distance ~b (interferometric baseline) such that S
configuration observes the same point P at location p~ on the ground. The (exact)
interferometric phase difference is then given by Eq.(1.18) with


1~
1~
~
~
2∆R =
|Mpc + bm − p~| + |Mpc − bm − p~|
2
2


1
1
~
~
~pc + bs − p~| + |S
~pc − bs − p~| .
− |S
(1.19)
2
2
Without loss of generality, we define the origin of a coordinate system at the phase
~ pc = ~0, which gives
center of the master configuration, M

 

1~
1~
1~
1~
~
~
2∆R =
|~p − bm | + |~p + bm | − |~p − b − bs | + |~p − b + bs | .
(1.20)
2
2
2
2
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By Taylor expansion at p~ and p~ + ~b, respectively, with respect to small bm /p and bs /p
it follows that the bistatic baselines between the transmitting and receiving antennas,
~bm and ~bs , cancel out in first order (Eq.(1.22)) and contribute only in second order
(Eq.(1.21)) to the interferometric phase difference:
( "
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λ
2p
8p4
2|~p − ~b|2
8|~p − ~b|4
 4π
· 4π
p − |~p − ~b| =
∆R
(1.22)
=
λ
λ
For estimation of synthetic interferograms based on a given DEMs, a bistatic conb2bist.
figuration must be considered when the condition 2π
 φnoise is not fulfilled.
λ p
Here, φnoise is the phase accuracy of the system, and bbist. = {bm , bs } is the separation between the transmit and receive antennas. For example, for TanDEM-X where
bs ≈ 300 m and p ≈ 600 km the quadratic terms cause an phase error of more than
10π. Therefore, it is required to estimate the topographic phase using Eq. (1.19).
It is worth to note that for a system like TanDEM-X, where the master operates
in monostatic mode (~bm = 0) and the slave operates in bistatic mode with the transmitting antenna co-located with the master (~bTDM = 21~bs ), one obtains from Eq.(1.19)
an interferometric phase difference of
∆φ =


i 2π 

2π h
(|~p| + |~p|) − |~p − ~btdm | + |~p| =
p − |~p − ~btdm | .
λ
λ

(1.23)

Obviously, Eq. (1.23) and Eq. (1.22) differ by a factor of two. In order to use the
same baseline convention for bistatic TanDEM-X acquisitions and for monostatic acquisitions, an effective baseline is defined by half the length of the geometric baseline,
~beff = 1~btdm . This convention makes Eq.(1.23) equivalent in first order with Eq. (1.22)
2
when ~btdm in Eq.(1.23) is replaced by 2~beff .
For discussion purposes and to understand qualitatively the phase-sensitivity of
radar interferometry, Eq.(1.22), which assumes that the transmitting and receiving
antennas of master and slave are co-located with the phase centers of master and
slave, is approximated in the following lines. It must be pointed out that these approximations cannot be used if a precise analysis of interferograms covering large
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areas is desired, e.g. for the calculation of a synthetic interferogram for DEM differencing, or when large incidence angle variations occur across the scene. The following
approximations are true in the neighborhood of one point located on an DEM defined
above a reference surface. For a precise analysis of DEM differences, as done later
in this thesis, all calculations must be done numerically without approximations and
with a proper choice of the coordinate system.
The slant range difference, as given in Eq.(1.22), can be written as


s
h
i
2
2
~
p + b − 2 b~p 
.
(1.24)
∆R = | p~ | − | p~ − ~b | = p 1 −
p2
A first order approximation of Eq. (1.24) is done by Taylor expansion of the square
root and neglecting terms of order O(b2 /p) and higher6 . The range-difference is then
∆R ≈

~b · p~
.
p

(1.25)

The local sensitivity of the interferometric phase, Eq. (1.18), is obtained by expansion
of Eq. (1.25) with respect to small variations p~ → p~ + δ~p
"
#
∂∆φ
4π X ∂∆R
4π ~b ~b~p
δ~p =
δpi ≈
−
· p~ δ~p.
(1.26)
∂~p
λ
∂pi
λ p p3
i={x,y,z}
|
{z
}
= (~b⊥ +~bk )/ p

The square bracket is equivalent to the sum of the perpendicular baseline ~b⊥ and the
along-track baseline ~bk normalized by range p. The perpendicular baseline is defined
as the part of the baseline ~b which is perpendicular to both the slant range vector p~
and the sensor velocity ~v . The along-track baseline bk = (~b~v ) · ~v /v 2 is defined as as
the part of the baseline ~b which is parallel to the sensor velocity ~v . The along-track
baseline can be assumed to be zero for zero-doppler processed data (e.g. coregistered
TerraSAR-X data) as well as for TanDEM-X data which is processed by bistatic
focusing [152, 153].
It follows that the phase-sensitivity with respect to a small variation δ~p is given by
∂∆φ
4π ~b⊥
4π b⊥
δ~p ≈
δ~p =
δp cos α.
∂~p
λ p
λ p

(1.27)

The scalar product ~b⊥ · δ~p causes a directional dependence of the interferometric
sensitivity. The sensitivity is determined by the angle α between the vector δ~p and
6

This first order approximation contains an almost constant offset when ~b is not parallel to p~. The
~p
(~b~
p)2
b2
offset can be approximated by considering terms O(b2 /p): ∆R ≈ b~
p − 2p + 2p3
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the baseline ~b. In contrast to differential interferometry, where the phase difference
is only sensitive to displacements parallel to slant range, the phase of single-pass
interferometry is only sensitive perpendicular to the line of sight (parallel to ~b⊥ ).
Furthermore, the spatial phase sensitivity of single-pass interferometry is reduced
by the ratio between the perpendicular baseline and the slant range distance to the
target point, b⊥ /p, compared to the phase sensitivity of differential interferometry.
To derive the phase sensitivity along DEM coordinates we introduce a coordinate
system defined by ~x parallel to ground range and ~z parallel to the surface normal of
the reference ellipsoid (note, ~z is not the normal vector of the DEM surface). The
angle θ is the incidence angle at point P enclosed by p~ and ~z, measured relative to ~z.
The components of the perpendicular baseline with respect to the coordinate system
(~x, ~z) are ~b⊥ = (b⊥,x , b⊥,z ) = b⊥ ·(cos θ, sin θ). With a simple geometric visualization
one obtains that θ = α if the reference surface is defined as a plane at point P which
is tangential to the curved earth surface.
The phase sensitivities with respect to height H above a reference surface and the
sensitivity along ground range Rg follow directly from (1.27) with δ~p = (δRg , 0) and
δ~p = (0, δH), respectively.
4π b⊥
4π b⊥,x δRg
=
cos θ · δRg
λ
p
λ p
4π b⊥,z δH
4π b⊥
δ∆φH =
=
sin θ · δH
λ
p
λ p

δ∆φRg =

(1.28)
(1.29)

These two equations describe the phase-sensitivity in local DEM coordinates. Despite the fact that Eq. (1.28) describes a ”flat-earth-phase”, and Eq. (1.29) describes
a ”phase-to-height” sensitivity, both sensitivities are not the commonly known ”flatearth-phase” and ”phase-to-height” sensitivity. The shown sensitivities are given
DEM coordinates whereas the ”commonly known phase-to-height sensitivity” is defined in radar coordinates.
In order to provide a sensitivity-analysis in radar coordinates, we define a local
radar coordinate system with its origin at point p~. The axes of the local radar
coordinate system are defined by the line of sight direction p~, and the direction η
which is defined perpendicular to slant range. The local radar coordinate system is
related to the local coordinate system of the topography by a mirror operation and
a rotation.

 



δx
cos θ − sin θ
1 0
δη
=
(1.30)
δz
sin θ
cos θ
0 −1
δR
The phase-sensitivity in the radar coordinate system can be obtained from Eq. (1.27)
by writing δ~p in terms of radar coordinates, δ~p = (δη, δR). Because δ~η = (δη, 0) is
parallel to ~b⊥ it follows that the scalar product which occurs in Eq. (1.27) does not
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depend on slant range.
~b⊥ · δ~p = b⊥ · δη

(1.31)

To obtain the phase-to-height conversion factor κz of units (rad / m) in radar
coordinates, we consider a resolution cell with fixed slant range R, and which contains
the point p~ located on an arbitrary reference surface. Now we imagine an additional
DEM defined above of the reference surface. The DEM will contain a new point at
location p~ 0 which has the same slant range than the original point p~. However, as the
point p~ 0 is located higher than p~, the point p~ 0 must be located at a ground range which
is by δx larger than the ground range of p~. This is a direct effect of the side-looking
radar imaging geometry. The shift in ground range, δx = δH/ tan θ, is determined
by the local incidence angle θ. The interferometric phase difference measured in the
resolution cell which contains p~ 0 is then given by δη = δH/ sin θ. Together with
Eq. (1.27) and (1.31) one obtains an equation to convert an interferometric phase
difference at a pixel in radar coordinates into a height differences
δ∆φH =

4π b⊥
4π b⊥ δη
=
· δH = κz · δH.
λ p
λ p sin θ

(1.32)

Equation (1.32) is the interferometric phase difference resulting from a topography
height difference at a fixed slant range p. The height of ambiguity (HoA) is the height
equivalent which corresponds to δ∆φH = 2π and is given by
HoA =

2π
λp
=
sin θ.
κz
2b⊥

(1.33)

The phase difference for a variation δ~p with an arbitrary direction in space which is
measured between two pixels with slant range difference δR is obtained by projecting
δ~p on the direction ~η as well as on the slant range direction p~. The projection on ~η
is used to obtain the phase difference, and the projection on range is used to obtain
the slant range displacement. It follows that
δη = δp · cos α and δR = δp · sin α

(1.34)

The phase difference for a range-variation δR in the direction α follows by solving
both Equations (1.34) for δη, and using the result in Eq. (1.31). It follows together
with Eq. (1.27) that phase phase difference for an arbitrary variation δ~p in the direction α which causes a range variation δR is given by
δ∆φ∆R,α =

4π b⊥ δη
4π b⊥
=
· δR
λ p
λ p tan α

(1.35)

The expression commonly referred to as ”flat-earth phase” in slant range coordinates
(with a possible slope inclination ζ towards the sensor) follows by setting α = θ − ζ:
δ∆φflat =

b⊥
4π
· δR
λ p tan(θ − ζ)
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Both equations, Eq. (1.32) and Eq. (1.36), can be found in text books about radar
interferometry, e.g. [154].

1.8.1 DEM differencing by single-pass interferometry
Single-pass interferometry provides accurate information about the topography. In
contrast to differential interferometry, the interferograms obtained by single-pass interferometry are not affected by temporal decorrelation as both acquisitions are taken
at exactly the same time during a single-pass of the sensor. This allows determination of topography changes or surface deformations by comparing two interferograms
taken at two different times t1 and t2 , even when the temporal coherence between
two corresponding acquisitions with the time interval t2 − t1 is completely lost. The
only drawback is that the phase sensitivity with respect to height changes is reduced
by the factor b⊥ /R.
There are two ways to perform DEM differencing. For small height changes of
the topography, the height change can be directly obtained from the phase difference
of two interferograms which are scaled by their corresponding baseline. For large
topographic changes the complete DEM must be determined from the interferogram
and the two DEMs must be subtracted. The first case is much simpler to perform
and is discussed first. The argumentation follows the paragraph before Eq. (1.32).
For a moment, we assume that the perpendicular baseline ~b⊥ is identical for two
interferograms acquired at time t1 and t2 . The point p~ is a point on the topographic
surface for which the first interferogram was formed. Now let’s assume that the
height of the topography increases by δH, e.g. due to (wet) snowfall. By the height
change, the second interferogram shows a phase shift relative to the phase of the first
interferogram. However, the pixel which contained point p~ in the first interferogram,
contains now a different point p~ 0 which has the same slant range R but a ground range
which is by δx = ∆H/ tan θ larger compared to the ground range of p~ in interferogram
1. This is important to remember: by calculating the phase difference between two
interferograms the height changes at different locations are compared. However, as
long as the variation in height is small over distance, |∆H(x)−∆H(x+δx)|  δx, this
is a valid approximation and the resulting DEM difference is correct. For identical
baselines b⊥ , the height difference follows directly from the phase-to-height conversion
according to equation (1.32).
Unfortunately, two interferograms are almost never acquired with the same baseline. Consequently, the phase must be converted into a height with respect to a
common reference surface. This can be any reference, e.g. the ellipsoid approximation of the earth, or the best available digital elevation model which covers the
acquired scene. It is of advantage to use the best available digital elevation model
as reference to avoid strong phase wrapping. After successful phase unwrapping, the
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height difference can be calculated from the scaled phase difference
λ
R sin θ
∆H =
4π



∆φ2 ∆φ1
−
b⊥,2
b⊥,1


=

∆φ2 ∆φ1
−
.
κz,2
κz,1

(1.37)

For mountainous regions which show a strong topography or when the viewing angle
changes significantly across the scene, it is necessary to estimate the interferometric
baselines b⊥,i and the incidence angles θ locally for every pixel in the two interferograms. Alternatively, it can be easier to estimate κz,i for every pixel of both
interferogram.
For height changes which differ significantly on short length-scales, Eq. (1.37) is a
too coarse approximation. In this case, it is necessary to obtain the full DEM by phase
unwrapping of the interferogram and subsequent geocoding from radar coordinates
to topographic coordinates to improve the reference DEM. The obtained DEM in
geographic coordinates is then used as the new reference surface which is iteratively
adapted, until the interferogram estimated from the reference surface is consistent
with the measured interferogram in radar coordinates.
Independent on which method is used, elevation changes can be determined on
height scales below meters, when large enough baselines are used. The sensitivity
of both methods are equivalent except for phase unwrapping errors which makes the
second method more difficult to apply.
In Chapter 7 of this thesis, DEM differences are used to determine the height of
wet snow and changes the elevation change of melting glaciers.
1.8.2 The critical baseline
The sensitivity of single-pass interferometry cannot be increased arbitrarily by increasing the length of the perpendicular baseline ~b⊥ . The different observation angles
required for radar interferometry cause a so called ”geometric decorrelation” [155].
For the derivation of the critical baseline b⊥,crit. we remember that the interferometric
phase changes with viewing angle, and recall what defines the phase of a single radar
pixel.
The phase defined for a single pixel of a coherent radar image is composed of the
sum of complex scattering coefficients of all scatterers contained in the corresponding
resolution cell (see Eq. (1.13)). If this resolution cell is observed under a slightly
different incidence angle, the phase difference of individual scatterers ψj,1 −ψj,2 in this
resolution cell changes with increasing incidence angle. At a certain threshold of the
incidence angle difference, the phase difference of scatterers at the far-range side of the
resolution cell show a phase difference of 2π compared to scatterers at the near-range
side of the resolution cell. The phase ramp from 0 to 2π within one resolution cell
leads to complete destructive interference of the angle-dependent scattering signal for
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homogeneously distributed scatterers in one resolution cell. Consequently, the angledependent signal is lost and the interferometric coherence is zero. What remains are
the (random) interference pattern of angle-dependent scattering amplitudes as well
as the signal of very strong scatterers (e.g. corner reflectors or persistent scatterers
on buildings). For distributed targets, where no single strong scatterer is contained
in the resolution cell, the remaining random phase pattern result in a completely
decorrelated interferogram.
To calculate the critical baseline, we define a vector ∆~p which fits exactly in one
range resolution cell and which has a length ∆p = ∆r/ sin α. The component of the
vector ∆~p parallel to slant range R is equivalent to the range-resolution ∆r defined
according to Eq. (1.7). The vector ∆~p can have any direction and can be e.g. parallel
to the topography or parallel to ground range as long as the start and the end of the
vector represent the near-range and far-range end of a range resolution cell ∆r. The
change of the interferometric phase ∆ψR = ψR1 − ψR2 along ∆~p within one resolution
cell follows directly from Eq. (1.27) and (1.13). At the critical baseline b⊥ = b⊥,crit.
the interferometric phase changes by 2π:
4π b⊥,crit.
∂∆ψR
!
∆~p ≈
∆p cos α = 2π
∂~p
λ p

(1.38)

Solving for b⊥,crit. , replacing ∆p = ∆r/ sin α with ∆r = c/(2fbw ) (see Eq.(1.7)), and
p = R leads to
b⊥,crit. =

fbw · λR tan α
λ·p
=
.
2∆p cos α
c

(1.39)

The angle α is again the angle between the vector ∆~p and the baseline ~b⊥ , and is
equivalent to the incidence angle θ, if the critical baseline for the reference plane is
calculated. The critical baseline is reduced for slopes inclined by the angle ζ towards
the radar, and is increased for slopes facing off the radar where ζ < 0. By replacing
α = θ − ζ the commonly known critical baseline (e.g. [154–156]) is obtained
fbw · λR tan(θ − ζ)
.
(1.40)
c
The critical baseline for TerraSAR-X acquisitions over flat terrain observed with
θ = 30◦ , λ = 3 cm, R = H/ cos θ = 600 km, and fbw = 150 MHz is for example 5 km.
For bistatic systems, like e.g. TanDEM-X, the factor 4π/λ must be replaced by 2π/λ
in all interferometric equations. It follows that b⊥,crit. = 10 km for TanDEM-X.
b⊥,crit. =

1.8.3 Wavenumber shift and common band filtering
The phase shift along a direction δ~p, Eq. (1.27), describes the interferometric phase
which increases linear with the length of δ~p and which has the strongest phase gradient for a direction parallel to the baseline where α = 0. The phase shift along the
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ground range of a ”flat” reference surface is the ”flat-earth phase”, Eq. (1.36), and can
be removed from the interferogram. However, a flat earth phase which occurs within
one resolution cell cannot be removed as the resolution cell is represented by a single
pixel with a single phase value in the single-look complex radar image. The remaining
phase ramp ∆ψ(R) causes a non-overlapping range spectrum for every pixel which
can causes significant decorrelation in interferograms with large baselines.
The shift in the range spectrum is derived in the following. Similar to the previous
section, we restrict an arbitrary vector ∆~p by the condition |∆p sin α| ≤ ∆r with
α = 0...180◦ by which the vector ∆~p can cover every point in one resolution cell of a
slant range length ∆r independent on its orientation α. According to Eq. (1.27), the
interferometric phase changes along ∆p by
∆ψR =

4π ~b⊥
∂ψR
∆k
∆~p =
∆ρ,
· ∆~p = ∆~k · ∆~p =
∂~p
λ p
tan
α}
|
{z
| {z }

(1.41)

∆kr

∆~k

where ∆ρ = 0...∆r, ∆~k is defined as the interferometric wave vector, and ∆kr is
the scalar interferometric wave vector along the slant range coordinate. Note that
∆kr is not the projection of ∆~k on slant range, which is zero, but the wave vector
∆~k projected on ∆~p (which is e.g. tangential to the topography) and which is then
projected into a range resolution cell of length ∆r.
According to Eq. (1.41), every scatterer in a slant range resolution cell has now a
phase shift ∆ψR depending on its range ∆ρ measured relative to the near-range side
of one resolution cell. The phase ramp ∆kr ∆ρ in range corresponds to a signal shift
in the range-spectrum which follows directly from the Fourier-shift-theorem,

F ei∆kr R · S(R) = S(k − ∆kr ),
(1.42)
where the Fourier transformation is defined as
Z ∞
S(k) = F {S(R)} =
e−ikr R S(R) dR,

(1.43)

−∞

and the wave-number shift according to Eq.(1.41) is
∆kr =

4π
b⊥
·
.
λ R tan α

(1.44)

A phase shift equivalent to the phase shift obtained in Eq. (1.41) can be obtained
if the resolution cell ∆r is illuminated with two different frequencies f1 , and f2 . The
total phase difference which is measured for scatterers on each side of the resolution
cell ∆r = c/(2fbw ) is


∆r ∆r
4π
2π
∆φ = 4π
−
=
(f2 − f1 ) ∆r =
∆f.
(1.45)
λ1
λ2
c
fbw
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∆φ from Eq. (1.45) and (1.41) can be set equal for ∆ρ = ∆r whereby the wavenumber
shift ∆kr can be expressed by a frequency shift:
4π b⊥
c
2π
!
∆f = ∆kr ∆r =
fbw
λ R tan α 2fbw

⇒

∆f =

c b⊥
.
λ R tan α

(1.46)

Obviously, the wavenumber shift due to different viewing angles corresponds to a
frequency shift of the observation system. Or equivalently, a consequence of the
wavenumber shift ∆k is that the range spectra of the two radar acquisitions, S1
and S2 , are located at different spatial frequencies k. As described in [157], the
non-overlapping parts of the spectra are the reason for geometric decorrelation in interferograms with large baselines. The coherence loss due to non-overlapping spectra
is referred to as ”geometric decorrelation” and can simply be described by
γ =1−

∆f
c b⊥
=1−
fbw
λ R tan α

(1.47)

which is equivalent with Eq. (17) in [155].
The non-overlapping parts of the spectra can be set to zero at the expense of a
lower spatial resolution but with the benefit of a higher coherence of the interferogram
[155, 157]. This filtering is called ”common-band filtering”.
For the implementation of a common-band filter one needs to take account for
oversampling. Oversampling results in an excess bandwidth at the high-frequency
end of the range spectrum. The spectral components which occur within the excess
bandwidth should be set to zero as they do not contain any signal.
Further, spectral weighting functions like e.g. Hamming windows should be removed
before the filtering is applied, otherwise ringing effects and strong side-lopes can
occur in the filtered images which can degrade the coherence. For further side-lope
suppression in the filtered data one should reconstruct a smooth spectral weighting
filter (e.g. Hamming) of a reduced bandwidth corresponding to the bandwidth of the
common-band filtered data. The center of the weighting filter needs to be shifted
according to the frequency shift. A similar shape of both filtered spectra enhances
also the coherence compared to spectra which remain as triangular shaped stumps
after barbarous common-band filtering.
Common-band filtering can be implemented topography adaptive, if the radar images are filtered in small overlapping blocks of e.g. 100×100 pixels. For a smooth
filtering overlapping blocks need to be weighted by Gabor weighting windows or triangular weighting windows when merged. The frequency shift of blocks where no
fringes are detectable must be estimated based on neighboring blocks to avoid filtering artifacts.
If the frequency shift ∆f exceeds the bandwidth fbw of the system, the measured
range spectra of both acquisitions do anymore not overlap and consequently all coherence is lost. Setting ∆f = fbw results in the critical baseline, Eq. (1.40).
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1.8.4 Interferometry: the reality
Differential interferometry was discussed in section 1.7 for the case when both acquisitions were taken under exactly the same geometric conditions. For air- and
space-borne sensors, this is generally never the case and additionally to the differential phase (Eq. 1.16) a topographic phase as described by (Eq. 1.35), plus atmospheric
phase screens (e.g. Eq. 1.17) exists in differential interferograms [146,147]. For deformation monitoring [142,144], the topographic phase can be removed from differential
interferograms when the orbit parameters are precisely known and a good enough
DEM is available. Still, atmospheric phase screens need to be filtered, ignored or
temporally averaged.
Single-pass interferometry has been discussed as a method to obtain digital elevation model from interferograms. As both acquisitions are acquired within a single-pass
of the sensor, both atmospheric delays and deformation of the earth surface cancel
out in the interferometric signal. What remains is the topographic phase. However,
the topographic phase needs to be unwrapped which is a difficult and error-prone process, especially in regions with complex topography [158–161]. In this thesis, DEM
differencing with respect to a synthetic interferogram based on an external DEM has
been found to be a promising approach to avoid, or at least to simplify, phase unwrapping. Still, precise orbit information, bistatic antenna configurations, possible
corrections for orbit uncertainties, accurate processing (double precision floating point
arithmetic!), no analytic approximations, reasonable spatial averaging and clever filtering of interferograms [162] are required to observe small topographic changes on
the meter scale or below from space.
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Abstract: The copolar phase difference (CPD) between VV and HH polarization of X-Band SAR acquisitions shows a significant dependence on the depth
of fresh snow. Phase differences of 5-15◦ 10 cm fresh snow were determined at
a frequency of 9.65 GHz by comparing spatial and temporal variations of snow
depth (SD) with the CPD. Spatial correlations were derived from snow transect
measurements during January, 2012 and TanDEM-X acquisitions. Temporal
correlations were derived from weather station data and TerraSAR-X acquisitions between December 2012 and April 2013. All measurements were done at
a test field near the city Sodankylae, Finland. To explain the observed CPD, a
model derives birefringent properties from the microstructure of snow which is
described as aligned elliptical particles. The microscopic description is based on
computer tomography observations. Different incidence angles were analyzed
in consistency with the model. The temporal evolution of the CPD was linked
to the temperature-gradient driven recrystallization process. Sudden increases
in the CPD indicate fresh snow. Slow decreases indicate the subsequent recrystallization process. The background signal of wet soil was considered and causes
a negative offset to the CPD. A quantitative determination of the depth of fresh
snow is possible, because the specific CPD per meter of snow can be estimated.
Spatial resolutions below 100×100 m are achievable with sensors like TerraSARX or TanDEM-X. This paper presents a theoretical relationship between the
microstructure of snow and the CPD and relates the CPD theoretically and
empirically to the depth of fresh snow.

2.1 Introduction
Snow height detection is still a challenging topic for remote sensing techniques. Spatially, there is a strong variability in height and stratigraphy [81, 83, 163, 164]. Snow
density varies typically seasonally [165] but depends also on climate zones [166]. On
the microscopic scale, grain size, grain form and even crystal-orientation vary with
depth and time [44, 167]. Active radar sensors, especially Synthetic Aperture Radar
(SAR) systems are of high interest, as they show a sensitivity to snow volume with a
resolution on the meter scale. Numerous works have been published using backscatter
signals at all available frequencies and polarizations. For snow, the backscatter coefficient was already measured in 1977 [168] and modeled for various frequencies, layers
and polarizations [169]. It was shown, that only very high frequencies at Ku-band or
higher have a reasonable dependence on SD or on the snow water equivalent (SWE)
of dry snow [16, 18, 23, 107, 170, 171]. Frequencies at X-Band or below, penetrate
through dry snow such that the main backscatter contributions arise from the frozen
soil below. For a transitional range between dry and wet snow (0.1% < mv < 0.5%),
the dominant backscattering can occur in the volume but for wet snow (mv > 2%)
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scattering occurs only in the top few cm of the surface [93, 172]. Water with its
high dielectric constant changes the dielectric properties of snow by orders of magnitude, resulting in a very small penetration depth caused by absorption and reflection [92, 93, 173, 174]. The effect, that backscattering from a smooth wet surface is
much lower than from rough ground was used to detect wet snow and to predict melt
water runoff [12, 175–177]. Algorithms based on the polarimetric backscatter signal
were developed and used for snow wetness and snow density determination [178,179].
The phase of the backscattered electromagnetic field, included into the analysis,
enhanced the pure imaging capability of active radar systems. Coherent decomposition methods, based on a H/A/ᾱ-analysis, can be used to classify wet and dry
snow [180–182]. Interferometric methods have opened new approaches which are
sensitive to snow cover and which are all based on the complex-valued correlation
function between two SAR-scenes, the interferometric coherence γ. Using (multipass) DInSAR techniques, the magnitude of γ at L-band was maintained between
October and April but was lost for wet snow covered areas [183]. At C- and X-band,
snowfall, snow metamorphosis and densification lead to a quick loss of γ within a few
days [184]. When γ is high enough, the phase difference caused by the signal delay
of snow can be analyzed [26, 29, 185]. However, local deformations, soil freezing, soil
moisture, atmospheric effects and even just rough soil [117] can impede a successful SD estimation [186]. The summer-winter comparison of InSAR derived digital
surface models requires high frequencies, large baselines and is only possible when
snow is wet and scattering occurs at the snow surface [187]. For dry snow, volume
scattering within the shallow seasonal snow cover is typically too low to cause any
significant volume decorrelation at frequencies below 10 GHz as it would be required
for the RVoG-model [188]. However, the depth of many meters of multi-year snow
was estimated by means of volume decorrelation [118].
Polarimetric methods which consider the copolar phase difference (CPD) between
VV and HH polarization are not applied very much despite the fact that in weather
radars the use of the CPD is known and depends on the oblate shape of snow or rain
particles [189,190]. The anisotropic structure of snow was already studied in a ground
based experiment where the CPD changed by up to 150 degree after 15 cm of fresh
snow at a frequency of 95 GHz. The author provides a theoretical model to explain
the observed CPD. The model is based on observed horizontally aligned structures
in snow samples which were taken at the experiment site [25]. The anisotropic structure of snow was confirmed in recent measurements of the Swiss Institute for Snow
and Avalanche Research SLF. The temporal evolution of the microstructure of snow
samples were analyzed by computer tomographic measurements with a resolution of
25 µm. It was found that snow changes it’s structure from horizontally to vertically
aligned ice grains [191]. The driving force for snow metamorphism is a vertical temperature gradient [167]. A general treatment to determine the anisotropy of snow
and to derive the conductivity tensor by means of second-order correlation functions
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is provided [41] with the comment, that the anisotropy has a strong effect on thermal
conductivity, but only a minor influence on dielectric properties. However, an analysis of phase-differences in the polarimetric SAR signal allows to detect these minor
changes in the dielectric tensor.
This paper derives a theoretical relationship between the microstructure of snow
and the CPD between VV and HH polarization. Observed phase differences are
theoretically and empirically related to the measured depth of fresh fallen snow. Large
sets of spatially and temporally distributed ground measurements are available from
field campaigns and weather stations. They form a good basis for comparison with
spaceborne SAR-data from the satellites TerraSAR-X and TanDEM-X. The paper is
organized as follows: Section 2.2 describes specific properties of the test site, the radar
acquisitions, the meteorological conditions and the ground data. Section 2.3 specifies
the physical properties of snow, explains reasons for CPDs and presents a theoretical
model based on the microstructure of snow. Section 2.4 shows a relationship between
fresh snow and CPD by analysis of time series data. The processing of spatially
distributed ground data is described in section 2.5 and section 2.6 contains the data
analysis and discussion of the spatially distributed results. Section 2.7 summarized
the results and gives suggestions for future experiments.

2.2 Experimental data
2.2.1 Test Site
Within the framework of the ESA Earth Explorer Mission CoReH2O, a super test
and validation site was established to conduct the Nordic Snow Radar Experiment
campaigns (NoSREx) [192]. Different snow- and permafrost related experiments were
conducted, on the ground, from air and and from space. The test site is located in
northern Finland, a few kilometers south-east from the town Sodankylae. Fig. 2.1
shows the 25 m resolution Corine Land Cover (CLC) map (2006) together with 5 m
contour lines. The dominant type of land cover are bogs and peat surrounded by
conifer and mixed forest. The 12 km2 large bog area differs by only 2 m from the
mean height of 183 m above sea level. Surrounding hills, which rise a few meter
above the bog area, are mainly covered with forest and shrub on mineral soil.
2.2.2 SAR Acquisitions
Dual-pol X-band SAR acquisitions in HH and VV polarization were taken during
two winters, 2011/2012 and 2012/2013. In the first winter, bistatic data from the
TanDEM-X formation (TDM) were acquired which provides two acquisitions per
polarization, one from each satellite, TanDEM-X (TDX) and TerraSAR-X (TSX).
The scenes were acquired using the standard stripmap mode with a resolution of
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Figure 2.1 – Land cover classification map (CLC 2006). Forest classification: cf., conifer;
bl., broad leaved; x., mixed; tr. shrub, transitional shrub; soil types: p., peat; m., mineral
soil. Contour lines with an interval of 5 m show the topography. Flags mark the location of
ground measurement stations: AWS, automatic weather station, IOA, intensive observation
area, meteo mast, meteorological mast, bog site. Meteorological data from the stations are
shown in Figs. 2.3 and 2.4.

1.4 to 2.1 m in range and 2.3 to 3.1 m in azimuth. Acquisitions from three different
orbits with different incidence angles were analyzed. Additionally, a full time series of
VV/VH-polarized TSX acquisitions with 11 days repeat time and an incidence angle
of θ = 33.8◦ was analyzed to get information about the temporal evolution of the
backscatter signal σ0 . To establish a better data basis and to verify the observed
relationship between SD and CPD during the winter 2011/2012, a full time series of
dual-pol TSX acquisitions (HH/VV) including a few TDM acquisitions were taken
during the winter 2012/2013. Additionally, a full time series of VV/VH-polarized
TSX acquisitions was acquired again. Table 2.1 shows a list of all acquisitions. The
radar backscatter image of the test site is shown for November, 2011 and January,
2012 as a false-color composition in Fig. 2.2. The images show a strong difference
in backscatter signal between peatland and forest in January which does not exist
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Figure 2.2 – False color composition with channels red=HH, green=VV, blue=—HHVV— from Nov. 4, 2011 (a) and Jan. 9, 2012 (b). The backscatter signal of the bog area
is reduced for both polarizations (HH,VV) during winter (b) compared to autumn (a) and
allows a clear separation from forests which keep a strong backscattering during winter.
The position of ground measurement stations are marked like in Figure 2.1.

in November. The difference is explained by very low backscattering from wet soil
under thin ice in January.
2.2.3 Ground Measurements
A wealth of ground measurements are available from automatic measurement stations (Fig. 2.1 shows locations). An Automatic Weather Station (AWS) measured
air temperature, SD, and other meteorological data once per minute. About 600 m
south-east is the “Intensive Observation Area” (IOA) where soil temperature and soil
moisture were measured every 10 min. Located next to the IOA, the meteorological
mast (meteo mast) measured soil and snow temperature profiles with a 10 min interval. One kilometer east of the AWS, at the “bog site”, soil temperature and SD
were measured every 10 min by an automatic weather station. Snow pit profiles were
analyzed every seven to ten days at the IOA and the bog site. For each snow profile,
snow temperature, grain size, stratigraphical measurements, snow classification, humidity and conductivity were determined. SD was measured between the IOA and
the bog site every 100 m along a 4 km long transect ”snow course” (sc) to determine
the SD on different land cover types, mainly forest and bog. SD was measured every
meter for 21 points on a forest opening close to the AWS at the ”snow variability
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Table 2.1 – List of analyzed TDM- and TSX acquisitions.
date (yyyy-mm-dd)

time

aoi θ

TDM-acquisitions, HH/VV:
2011-11-04
2012-01-03
2012-01-03
2012-01-09
2012-01-14
2012-01-14
2012-01-25
2012-02-16
2012-03-26
2012-04-28
2012-04-20

15:30h
04:47h
15:39h
15:30h
04:47h
15:39h
04:47h
15:39h
15:30h
15:30h
15:30h

32.7◦
41.5◦
39.7◦
32.7◦
41.5◦
39.7◦
41.5◦
39.7◦
32.7◦
32.7◦
32.7◦

130
32
39
130
32
39
32
39
130
130
130

asc
desc
asc
asc
desc
asc
desc
asc
asc
asc
asc

2012-10-10
2012-10-21
2012-11-01
2013-03-13
2012-03-24

15:30h
15:30h
15:30h
15:30h
15:30h

32.7◦
32.7◦
32.7◦
32.7◦
32.7◦

130
130
130
130
130

asc
asc
asc
asc
asc

15:30h

33.8◦

130 asc

04:55h
04:55h

33.8◦
33.8◦

108 desc
108 desc

TSX acquisitions, HH/VV:
2012-11-23 – 2013-06-09
(every 11 days)
TSX acquisitions, VV/VH:
2011-10-01 – 2012-05-30
2012-10-09 – 2013-06-30
(both winters every 11 days)

orbit

aoi = angle of incidence.

coarse” (svc) (for data, see Fig. 2.3). SD profiles were measured along a few kilometer
long transects with a spacing of 10 - 100 m on the peatland and in the forests which
are shown in Fig. 2.1. The profiles were acquired during 20 extended field campaigns
in the winter 2011/2012 (see table 2.2). The measurements were done by traditional
means using an aluminum pole (avalanche probe) and a hand-held GPS and with
a self-recording GPS SD probe [193]. All ground campaigns were organized by the
Finnish Meteorological Institute FMI.
Weather conditions, especially the vertical temperature gradient within the snow
volume, have an important influence on the snow structure and the recrystallization
speed of ice grains [167, 194, 195]. Therefore, weather conditions are summarized for
both winters with respect to Figs. 2.3 and 2.4:
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Figure 2.3 – Meteorological data 2011/2012: The legend indicates the data source as
described in section 2.2.3 and shown in Figure 2.1. Air temperatures were smoothed with
a 2-day Gaussian smoothing window (FWHM), soil temperature and soil moisture with
a 1-day window and SD with a 6 hour window. The not smoothed data are shown in
the background. In the topmost plot, SD values from the snow course (sc-) and the snow
variability course (svc-) are shown as small dots to give a number about the variability of
SD. Their mean values for the two land types bog and forest are shown as bullets. The
soil temperature was measured 2 cm below the surface at the IOA. The filled bullets in the
undermost graph indicate the date of the TDM acquisitions. Open bullets show the TSX
acquisition in VV/VH polarization. The incidence angle is given on the y-axis. The date
of the field campaigns is shown as diamonds.
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Table 2.2 – List of campaigns with SD transect measurements.
campaign date
(yyyy-mm-dd)
2011-12-19
2011-12-20
2012-01-09
2012-01-10
2012-01-23
2012-01-24
2012-02-07
2012-02-08
2012-02-09
2012-02-22
2012-02-23
2012-02-24
2012-02-25
2012-02-26
2012-02-29
2012-03-01
2012-03-05
2012-03-08
2012-03-23

depth samples per transect
(separated by commas)
426, 61, 62, 40
18
561, 46, 62, 46
273
83, 597, 34, 71, 46
423, 40, 25
164, 352
178, 358, 88
49, 36
440, 1293, 66, 44, 38, 115, 1221
1627, 348, 36, 8
1205
884, 2725
571, 9, 61, 61
2872, 47, 13, 857
1200, 663, 67, 51, 32, 931
55, 60
384, 51, 65
60, 63, 64, 21

mean depth
(cm) ± stddev.
25 ± 06
37 ± 14
31 ± 11
12 ± 05
34 ± 16
46 ± 08
48 ± 10
37 ± 16
47 ± 10
55 ± 21
68 ± 13
63 ± 10
53 ± 10
60 ± 13
51 ± 28
63 ± 10
57 ± 14
61 ± 12
51 ± 23

The early season of the winter 2011/2012 was characterized by very mild temperatures. Snowfall started mid of November and accumulated up to 30 - 45 cm in
January. Small temperature gradients in the snow pack caused only weak depth hoar
formation in December and preserved the original structure of fresh snow. The whole
snow volume is assumed to consist of one or more anisotropic layers which contain
horizontally elongated particles as it was shown for fresh snow [44, 167]. In the bog
area, soil freezing happened very slowly with possibly residual free water in the top
layer of the soil [192]. The mineral soil at the IOA froze already in early December.
End of January, temperatures dropped for more than two weeks below -15 ◦ C with
temperatures below -30 ◦ C for a few days, such that strong temperature gradients
of up to 45 - 80 K/m occurred within the snow pack. Consequently, a fast snow recrystallization into spherical or even vertically elongated structures can be expected.
Snowfall accumulated up to 60 - 80 cm until end of April when snow melt started and
first positive temperatures were measured during night.
The winter 2012/2013 was characterized by four major snowfalls and lower temperatures during December. The first snow melted already end of November before
air temperatures dropped down to -15 ◦ C and the soil froze. The second happened
during the first two weeks of December and the third occurred end of December. Both
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Figure 2.4 – Meteorological data 2012/2013: Most of the data is described in the caption
of Figure 2.3. The filled bullets in the undermost graph indicate the dates of the TDM
and TSX acquisitions in HH/VV polarization. Open bullets show the TSX acquisitions in
VV/VH polarization.

brought 20 cm of fresh snow. End of January 30 cm snow fell within 10 days. From
December to March, air temperatures varied between -5 and -20 ◦ C. Therefore, the
original structure of early winter snow was not preserved due to temperature gradient
driven recrystallization. The soil at the IOA was well frozen during the whole winter.
Soil temperatures at the bog site were only slightly below freezing point. During the
whole winter, the initial difference of about 12 cm in SD between the bog and the
IOA site was maintained, which suggests that the soil at the bog site was frozen and
did not cause any additional snow melt.
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2.3 Theory and model
2.3.1 Dielectric Properties of Snow
The dielectric properties of snow at 9.65 GHz vary significantly with liquid water volume fraction mv [93] such that three main scattering regimes can be identified: 1)
Wet snow (mv > 2%) can be considered as a surface, because all reflection occurs at
the snow surface due to a very low penetration. 2) Humid snow (0.1% < mv < 0.5%),
where the penetration depth δ is on the scale of the SD, acts as a good microwave
absorber [94, 173]. When enough inhomogeneities of scale d are contained, which are
not much smaller than the wavelength λ of the sensor (d ' λ), volume scattering can
occur. Inhomogeneities could be very large ice grains, ice lenses or vertical refrozen
structures. For mm-sized ice grains, absorption predominate scattering [90, 95]. 3)
Dry snow can be considered as a homogeneous, non-scattering, non-absorbing volume,
as long as no large inhomogeneities are contained. The effective dielectric constant
depends mainly on the volume ratio between ice and air and their relative permittivities [196]. Consequently, the main backscatter signal results from the underlying
ground, but is delayed by the refraction index of dry snow.
2.3.2 Polarimetry of an Anisotropic Medium Over Ground
A polarimetric SAR system uses polarized radar echoes to gain information about
the specific scattering mechanism which characterizes a certain target [122]. A coherent analysis, which considers the phase of different polarimetric channels, allows to
distinguish between several scattering mechanisms. In this paper, the CPD between
the two channels VV and HH is investigated and is defined here as
φc = φVV − φHH

(2.1)

in the backscattering alignment convention. With reference to the classical theory
of polarimetry [122], three main scattering mechanisms are classified by means of
φc [139, 197, 198]: Surface (φc = 0), dihedral (φc = π) and volume scattering where
φc is uniformly distributed between −π and π. For an arbitrary target, φc can be
described by a superposition of the three scattering mechanisms. Some authors use
an opposite sign convention and define the CPD as φHH − φVV . Others consider
only absolute values |φc |. Here, the definition (2.1) is used, mainly, to keep the
measured CPD for fresh snow positive. Co-cross-polar phase differences, for example
φVV − φVH , are not further considered as the cross-pol phase does not give insight
into the dielectrically anisotropic structure of a target.
The polarimetric signature of a surface is not affected when the surface is covered
by a homogeneous, isotropic and transparent medium. Still, some signal delay occurs
caused by the refractive index of the medium. When the covering medium has an
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anisotropic structure, the signal delay becomes polarization dependent and affects
the polarimetric analysis. The dielectric constant ε of the medium must be treated
as a dielectric tensor ε̄¯ [41]. The total (one way) CPD ∆φ after traveling through
a birefringent medium depends on the specific birefringence ∆n, the thickness l and
the vacuum wavelength λ:
∆φ = 2πl/λ · ∆n

(2.2)

This equation is only valid for homogeneous media where no volume scattering
occurs. With increasing volume scattering, the equation becomes more complex but
still serves as an upper bound for the expected phase difference of a weakly inhomogeneous medium. Additionally, the copolar coherence γc will decrease due to volume
decorrelation. The effective scattering center will move towards the upper surface
as the target is not solely defined by the surface under the transparent medium any
more. For a strongly inhomogeneous medium or if the depth of the scattering center is polarization dependent, the phase of the signal will be determined by different
scatterers for each polarization. The coherent sum of all scatterers within one SAR
resolution cell would lead to completely independent phases between VV and HH polarization and would therefore destroy the copolar coherence. In this case, the depth
of polarization dependent scattering centers can only be measured by Pol-InSAR
methods [188]. The data, which are presented in this paper, show very high coherence values γc . Therefore different depths of scattering centers can be excluded and
it is assumed that most of the scattering occurs at the underlying ground.
2.3.3 The Anisotropic Microstructure of Snow
Fresh snow accumulates as a randomly structured medium in which the scale of
heterogeneities (ice and air inclusions) are smaller than the wavelength of X-band.
The fresh snow volume is compressed by its own weight (settling). The initially
isotropic random structure transforms into a medium with an anisotropic, horizontally
aligned structure which recrystallizes gradually into an isotropic or even vertically
aligned anisotropic structure (Fig. 2.5). Aligned by gravity, snow flakes can even
deposit horizontally arranged inherently.
Computer tomographic measurements at SLF reveal, that snowflakes within a natural snow sample were indeed preferentially horizontally arranged at the begin of
their experiment with fresh snow [191]. Four weeks after the start of the experiment,
the initial structure dissolved completely and a complete recrystallization to spherical
particles occurred. After 12.5 weeks, larger spherical crystals formed with well-defined
local chain-like structures in the vertical direction [191]. The transformation process
is driven by a vertical temperature gradient: Water molecules at the top of ice grains
evaporate and deposit at the bottom of grains a few millimeters higher [167]. This
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Figure 2.5 – Snow compresses by weight immediately after deposition. A few days to
weeks later, recrystallization forms first spherical and later vertically extended ice grains,
which increase in size by time.

process forms the vertically aligned depth hoar and firn structures which were already
observed by [199].
The anisotropic structure influences the thermal conductivity, but also the dielectric properties of snow [41]. Different definitions and methods exist to determine
anisotropy parameters of a medium. The ”degree of anisotropy” is derived from
3D computer tomographic scans [200] and was used for snow structure characterization [44]. The microstructural parameter Q can be calculated from a heterogeneous
structure via two-point correlation functions [41] and is related to the aspect-ratio a/b
of spheroids (Eq. 4 in [41] and Fig. 7 in [201]). Both methods require sophisticated
equipment and analysis methods. As the thermal conductivity of snow is related
to the anisotropic structure [202], heat-conductivity measurements might give a good
approximation for the anisotropy. Referring to this paper, the polarization dependent
propagation speed of microwaves measured by CPD might provide a new method to
determine the anisotropy.
2.3.4 Model for the Dielectric Anisotropy of Snow
To derive the macroscopic dielectric properties from the microstructure of snow, the
method proposed in [203] is adopted. The author presents an electromagnetic model
based on the Maxwell Garnet theory [204] with the attempt to provide an interpretation of the polarimetric signatures of a sub-polar ice cap for different frequencies,
polarizations and incidence angles. The results show that the anisotropic nature of
firn could be a possible explanation for the observed CPD at L- and P-band. Beside
other scattering components, the model describes the complete covariance matrix
of a volume which is populated by vertically aligned (prolate) spheroidal ice grains
embedded in air. The following paragraph describes details of the model.
A single spheroidal particle can be characterized by three orthogonal dipoles, whose
lengths ax , ay and az are the axes of the spheroid along the x-, y-, and z-axis of a
fixed Cartesian coordinate system (Fig. 2.6). The horizontal-to-vertical axes ratio
ax /az defines the shape of the spheroid, assuming that ax = ay . Ratios higher than
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Figure 2.6 – Orientation of a single vertically aligned prolate particle (here, an ice grain)
in the specified Cartesian coordinate system (x, y, z) and link to the radar reference frame
(h, k, v) [203] in the back scattering alignment convention. k indicates the propagation
vector of the incident waves and ϑ the incidence angle. The shown prolate particle has a
length az and width of ax = ay and a horizontal-to-vertical-ratio ax /az smaller than one.

one refer to horizontally oriented oblates, with longer horizontal axes ax and ay than
az . Contrarily, ratios lower than 1 (az > ax , ay ) indicate vertically oriented prolates.
The special case of spherical particles is obtained for a horizontal-to-vertical ratio
equal to 1 (az =ax =ay ). By fixing a particle shape, the three depolarization factors
Ni with j ∈ {x, y, z} of a single spheroid can be computed by integration over s as
described in [196]:
Z
ax ay az ∞
ds
q
Ni =
(2.3)
2
0
(s + a2i ) Πj (s + a2j )
Considering air as a medium of permittivity εair populated by aligned spheroidal ice
particles of permittivity εice , the effective permittivity of the mixture is anisotropic.
Along the three main directions (x,y,z) it can be written as:
εice − εair
εeff, i = εair + µ · εair ·
(2.4)
εair + (1 − µ)Ni (εice − εair )
The particle volume fraction µ is based on the snow/ice density and i ∈ {x, y, z}.
The elements of the effective permittivity are projected onto the h- and v-axes of the
radar reference frame to include the dependency on the incidence angle θ (Fig. 2.6).
The refraction indices nH and nV follow from the relationship ε = n2 . Dry snow is
considered as a non-absorbing medium, therefore no imaginary parts appear in ε or
n.
n2H = εeff,H = εeff,x
n2V = εeff,V = εeff,y · cos2 θ + εeff,z · sin2 θ.
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Figure 2.7 – Modeled CPD (y-axis) for the example of a 10-cm-thick snow layer as a
function of the axial ratio of oriented, non-spherical ice grains. Snow density was set to
0.2 g/cm−3 . Fresh snow contains horizontal structures (axial ratio bigger than one) and
metamorphic snow like firn or depth hoar contains spherical or vertically aligned structures
(axial ratio less than one). Dashed lines represent the expected specific CPD for the incidence angles θaoi of the acquisitions. The inset shows the variation of the CPD depending
on snow density for horizontally aligned oblate snow particles with an axial ratio = 2.

The CPD is then obtained from Eq. (2.2) with ∆n = nH − nV , the volume thickness l
and the wavelength λ of the system. Thus, the model, which was originally developed
for L- and P-band [203], is easily transferable to other frequencies by using the appropriate value of λ and by adapting the dielectric constants in the case of dispersive
materials. The model is independent of the absolute grain size and depends only on
the axial ratio of ice grains. However, the size of the grains must be much smaller
than the wavelength to avoid internal reflections in a spheroid, which might lead to
additional phase differences [205]. According to the described model, Fig. 2.7 shows
the CPD which is expected to be measured by a radar sensor operating at a frequency
of 9.65 GHz for various incidence angles. The expected CPDs have been calculated
for the example of a 10 cm thick snow slab. The CPD is a function of the axial ratio
(horizontal-to-vertical) of oriented snow grains. Negative CPD values are predicted
for firn and metamorphic snow consisting of vertically aligned prolate grains while
positive phase values are predicted for fresh snow which contains horizontally elongated oblate particles. For higher incidence angles, the CPD increases due to two
reasons: 1) The polarization vectors of the radar are better aligned with the optical axis of the bifrigent medium. 2) For a fixed volume thickness, the propagation
path of the waves through the volume itself increases with the incidence angle. Since
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εeff, i depends also on the ice grains’ volume fraction µ, the CPD increases with snow
density (See inset of Fig. 2.7). According to the model, the CPD can be used to
determine the thickness of an optically anisotropic medium like snow if the anisotropy
is known. The anisotropy can be either estimated, modeled or measured. Measured
CPD values of 5 - 15◦ per 10 cm of fresh snow are presented in section 2.4.5 and 2.6.
2.3.5 Multilayer Model
Typically, snow is not a homogeneous single layer. Different layers can consist of completely different crystal types. To account for different layers, the specific CPD must
be calculated for every layer and the resulting phase differences must be added.Density
and water content variations, refraction, absorption and internal reflections between
different layers must be considered as well. However, for low density variations and a
cold, dry snow pack a mean specific CPD can be assumed to characterize the entire
snow pack. When considering the difference in CPD between two nearby times, only
changes of the snow pack are of interest. As snow fall and settling happens on faster
time scales (hours) than snow metamorphosis (days to weeks), the change of the CPD
can be used to determine the depth of a fresh fallen snow layer.

2.4 Time series data
2.4.1 Processing of Time Series Data
The CPD as defined in Eq. (2.1) was extracted from the polarimetric coherence which
is given as
γ̃c = γc · eiφc = p

∗
hSVV SHH
i

h|SVV |2 i · h|SHH |2 i

.

(2.5)

SVV and SHH represent the single look complex (SLC) values. An ensemble average h·i
with a 2D-Gaussian weighting kernel with a Full Width of Half Maximum (FWHM)
of 45 × 35 pixels was used, corresponding to an averaging window of 75 × 85 m.
2.4.2 Geocoding
The geocoding grid, which is contained in the TSX data set, is based on a coarse
resolution Digital Elevation Model (DEM) and shows an accuracy of ±10 m. For
a better accuracy, the stripmap-SLC products were geocoded again by solving the
range, dopper- and ellipsoid equation including a local DEM with a resolution of 2 m
and additional ground control points. The achieved geocoding accuracy was shown to
be below 3 m by comparing the simulated interferograms based on the external DEM
with interferograms calculated from TDM data. Geocoded scenes from different orbits
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matched on the pixel level with each other and confirmed the geocoding accuracy.
Backscatter values, CPD- and coherence-values were calculated in radar coordinates
and were transformed into WGS84 coordinates for comparison.
For time series analysis, the 25 m resolution CLC map (Fig. 2.1) was used to determine average values for the backscatter signal, the CPD and the magnitude of the
copolar coherences for each land cover type. Averaging was used to avoid local effects
of speckles or strong scatterers.
2.4.3 Discussion of Backscatter Signal σ0
Radar backscatter signatures extracted from TSX (VV, VH) and TDM acquisitions
(VV, HH) from the winter 2011/2012 are plotted in Fig. 2.8. A full time series of
TSX acquisitions was available, whereas only a few times were available from TDM.
For comparison, TDM data were plotted into the same graph in Fig. 2.8 which shows
σVV . Both, TSX and TDM, show very similar backscatter values despite the slightly
different incidence angles. The backscatter signal σ0 in both polarizations, VV and
HH, is typically 3-4 dB higher for forested regions and suggests the use of backscatter
signal for forest/no-forest segmentation. The cross-pol backscatter signal (VH) of
the peat area is very similar to the backscatter signal of the frozen water body and
indicates a simple scattering mechanism like surface scattering. Too few acquisitions
were available to make any assumption from the |HH|/|VV|-ratio.
For the next winter (2012/2013) two full time series of TSX acquisitions were available, one in VV and HH polarization and one in VV and VH polarization. Both had
almost the same incidence angles (32.7◦ and 33.8◦ ) and show a very similar backscatter
signal σVV as shown in Fig. 2.10.
Concerning snow accumulation, no significant trend was found in both time series.
Snow melt, in contrast, is visible end of April, 2012 and mid of April, 2013 by a strong
decrease in the backscatter signal of 3-4 dB for forest and shrub and 5-6 dB for bog
and the lake (water body). The freezing of the lake during December 2012 and early
December 2013 is also observable by an increase in backscatter signal of 4-6 dB of the
typically very low signal of open water. The lake remains frozen during snow melt
and melts 3 - 4 weeks later.
2.4.4 Copolar Phase Difference
Compared to the backscatter signal, the CPD increased significantly between November (2011) and January (2012) as shown in the time series in Fig. 2.9. The CPD
depends on land cover type. Higher effects are observed for shrub (+18◦ ) and peat
(+22◦ ) compared to forested area (+13◦ ). Although the CPDs in February and March
are still higher than in autumn or spring, they cannot be linked directly to SD. However, up to 20 cm of snow fell 3 days before the acquisitions in January with additional
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Figure 2.8 – Winter 2011/2012: Time series of the backscatter signal σ0 for typical land
cover and soil types (m. = mineral soil, p. = peat) together with SD. Data of TSX (VV,
VH) and TDM acquisitions (VV, HH) are shown together. In autumn, σ0 drops by 2-4 dB
for peat covered areas. During winter, σ0 is 4 dB higher for forested areas than for peatcovered areas. Wet snow in autumn and spring reduces σ0 by 2-5 dB. The thin black line
indicates data of a singular point at the IOA covered by sparse trees.

snow fall of 30 cm up to four weeks before. During the whole December temperatures
were between zero and -10 ◦ C such that it is presumed, that only weak and slow
temperature gradient driven recrystallization occurred. Consequently, the horizontal
structure of fresh snow has been preserved, such that positive CPDs were measured
in January. The cold temperatures between January and February (Fig. 2.3) lead
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Figure 2.9 – Winter 2011/2012: Time series of the CPD and magnitude of the co-polar
coherence. Relevant meteorological events are shaded. The CPD increases during snowfall
and returns to autumn values in spring. The co-polar coherence is higher during winter.
The low coherent values at three dates in January are from acquisitions with an incidence
angle of 41.2◦ which had a poorer data quality and resolution. Still, they showed almost
the same CPD as the other acquisitions (see also Fig.2.19). The thin black line indicates
data of a singular point at the IOA covered by sparse trees.

to a strong recrystallization, such that the CPD disappeared until mid of February.
The small increase of the CPD (+5◦ ) end of March can be linked to 15 cm of snowfall 4 days before the acquisition. After snow melt in April, peat covered areas show
negative CPDs (-5◦ ) similar to the snow free acquisition in October.
To verify the assumption, that fresh snow causes positive CPDs, a complete time
series of 21 dual-pol (VV,HH) TSX scenes were acquired during the winter 2012/2013
with a temporal resolution of 11 days. The CPD in Fig. 2.11 shows a significant increase of 4-8◦ per 10 cm of fresh snow after each of the major three snowfall events.
Shrub and peat areas show up to twice as high changes in the CPD as observed for
forested areas. The phase values decrease by time when no fresh snow is falling. In
March, 2013 temperatures stayed well below zero (Tmean = −13◦ C) and no precipitation occurred for more than four weeks (Fig. 2.4). Within the same time, the CPD
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Figure 2.10 – Winter 2012/2013: Time series of the backscatter signal σ0 for typical land
cover and soil types (m. = mineral soil, p. = peat) together with SD. Data of TSX (VV,
HH, VH) and TDM acquisitions (VV, HH) are shown together. In winter, σ0 reduces by
2-4 dB for peat-covered areas compared to autumn and spring. Forested areas show a 4 dB
higher σ0 than peat-covered areas during winter. Wet snow in autumn and spring reduces
σ0 by 2-5 dB. The thin black line indicates data of a singular point at the IOA covered by
sparse trees.

reached maximal negative values (Fig. 2.11).
Assuming, that freezing soil would cause this negative change of CPD, this would
be contradictory to the observation in the year before, where the highest positive
CPDs were observed early January during soil freezing. In the year after, soil freezing
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Figure 2.11 – Winter 2012/2013: Time series of the CPD and magnitude of the co-polar
coherence. Relevant meteorological events are shaded. The CPD increases significantly by
4-8 deg per 10 cm of fresh snow for each of the three major snowfall events (#2-#4). The
magnitude of the coherence stays constantly high after soil freezing.

happened end of November (see Fig. 2.4). At the same time, the CPD stays constantly
low at 0 ± 2◦ . Eleven days later, during the second snow fall from 4th to 15th of
December, when the soil was already frozen, the CPD changed by 5-7 deg together
with 10-15 cm of fresh snow. For snow free conditions, in October and May, only peat
covered areas show negative CPDs whereas all other land cover types show CPDs of
0 ± 2◦ .
2.4.5 Temporal Correlation with Snow Fall
For a more quantitative analysis how fresh snow affects the CPD, the change of CPD
is shown as a function of the amount of fresh snow within 11 days for different land
cover types in Fig. 2.12(a-c). As snow requires a few days for settling, only snow
which had been fallen between t - 11 days and one day before the acquisition (t 1 day) was considered for comparison with the change of the CPD between t - 11 days
and t. The CPD correlates well with the depth of fresh snow (R2 > 0.8) and shows
highest values for peat and higher values for frozen water and shrub than for forested
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Figure 2.12 – (a)-(c) Change of CPD as a function of accumulated snow within intervals
of 11 days (winter 2012/2013). Only acquisitions are considered, which were taken during
temperatures well below zero (Dec. 1, 2012 until April 11, 2013). SD values vary by up to
3 cm between the bog site and the AWS and have been averaged (SD mean) to calculate the
regression (line). Numerical results are given in table 2.3. (d) Change of CPD over mean
temperature of 11 days. Symbols distinguish periods with more (open symbols) and with
less than 5 cm of snow accumulation (∆SD) (filled symbols). The color indicates different
land cover types according to Fig. 2.1.

areas. RMS-errors are below 3◦ and 3 cm. Numerical values are shown in Table 2.3.
For forested areas, the tree canopy partially covers the ground, such that the signal
is disturbed and the CPD is lower. Areas covered by transitional shrub contain also
some sparse trees and vegetation. Note, that the CPD values measured for the ice
covered water body are very similar to the values of open peat and tr. shrub on peat.
Fig. 2.12(d) shows, that the CPD decreases by 3-9◦ /11 days for mean temperatures
between -12 and -18 ◦ C as long as no snow fall occurs. The temporal change of the
CPD shows a large spread of values for warmer temperatures, depending on whether
snow fall occurred or not. This agrees with the observation, that positive CPDs are
not caused by soil freezing but originate from fresh snow.
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Table 2.3 – Results from linear regressions: Change in CPD (∆φc ) vs. accumulated snow
within 11 days (∆SD) as shown in figure 2.12(a-c) given in degree per decimeter (deg/dm).
RMS-Errors and R2 -values are also given.

land cover type
forest on mineral soil
forest on peat
tr. shrub on mineral
tr. shrub on peat
frozen water body
peat

∆φc = m · ∆SD + c
slope m
offset c
(deg/dm)
(deg)
6.6
-4.1
8.7
-5.2
9.5
-5.9
11.7
-7.3
11.2
-7.1
15.0
-9.6

R2
0.78
0.83
0.83
0.85
0.81
0.88

RMS-Error
∆φc ∆SD
(deg) (cm)
1.9
2.9
2.2
2.5
2.4
2.5
2.6
2.2
2.9
2.6
2.8
1.8

2.5 Processing of snow transect data
Spatial correlations were calculated from snow transect measurements of the winter
2011/2012, to supplement the temporal correlations of section 2.4.5. The processing
was done as follows: A) selection of ground measurements corresponding to the date
of the SAR acquisitions, B) calculation of CPD, C) selection of valid pixels and
classification for forest/no-forest separation, D) geocoding and adapting the spatial
resolution of the ground measurements to the radar resolution and E) calculation of
correlation curves. The following subsections describe the five steps in detail. Section
F) discusses the effect of the smoothing window size.
2.5.1 Selection of Scenes and Ground Measurements
Ground campaigns were not conducted exactly at the same time as satellite-observations,
therefore a careful selection was done. As SD and structure changes with time, ground
measurements were excluded which lie too long before or after the acquisition and
which are “separated” by snow fall or melting events from the time of acquisition.
Table 2.4 shows which field campaigns were used for each TDM-acquisition.
2.5.2 Calculation of CPD
The CPD was calculated as defined in Equation 2.5. A smoothing window of 54 ×
39 pixels was used, corresponding to an averaging window of 91 × 91 m, 115 × 91 m,
and 74 × 121 m depending on the acquisitions with incidence angles of θ = 32.7◦ ,
39.7◦ and 41.5◦ . As each TDM dataset contains one TDX and one TSX acquisition, the
coherence γ̃c was calculated separately and both were averaged: √
γ̃c = 21 (γ̃c,tsx + γ̃c,tdx )
(this step is optionally, but enhances the SNR by a factor of 2). A color-coded
image with the extracted CPD values is shown in Fig. 2.13.
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Figure 2.13 – Colored-coded CPD from Jan. 9, 2012. Five SD transects from campaigns of
Jan. 9 and 10 are plotted as dots with white outlines. The dots indicate the exact location
of ground measurements. Excluded ground measurements are marked by black dots. The
white outlines are filled with the averaged SD measurements, which were color-coded by the
upper color bar. Hashed areas mask out forested areas. A cross section along the transect
with the white arrow is shown in Fig. 2.15.
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Table 2.4 – Dates of ground campaigns whose SD transect data were used for analysis
together with a TDM-scene of a specific date.
date of TDM scene
2011-11-04
2012-01-03
2012-01-09
2012-01-14
2012-01-25
2012-02-16
2012-03-26
2012-04-28
2012-05-20

closest matching campaign dates
- no snow 2012-01-09, 2012-01-10
2012-01-09, 2012-01-10
2012-01-09, 2012-01-10
2012-01-23, 2012-01-24
2012-02-22, 2012-02-23, 2012-02-24
2012-02-25, 2012-02-26
2012-03-23
- no snow - no snow -

The availability of two acquisition at exactly the same time made it possible, to
get a figure about the accuracy of the phase measurements, because the two acquisitions from the satellites TSX and TDX are independent measurements. The
root-mean-square (RMS) difference between the CPD values from the TSX and the
TDX acquisition are shown in Fig. 2.14 for different smoothing window sizes. The
RMS-accuracy for a window of 54 × 39 px as used in this study, is better than ±3 deg.
While noise decreases with more smoothing, resolution is lost. Section 2.5.6 describes
how the optimal smoothing window was found.

2.5.3 Selection of Valid Pixels
In forested areas the relationship between CPD and SD is disturbed by the vegetation
cover. Therefore, forested areas were excluded from the analysis. A simple forest/nonforest classification based on thresholding the backscatter intensity was performed.
The threshold was set to the median of the backscatter signal σ0 in dB of the scene. To
consider the speckle effects a Gaussian smoothing window of 21×16 pixels was applied
before calculating the median. The scene-specific threshold, which splits the scene
into 50% forest and 50% unvegetated areas was verified by the CLC map (Fig. 2.1).
The backscatter image from January (Fig. 2.2b) and the time series shown in Fig. 2.8
show clearly a difference in backscatter signal of 2-5 dB between forest and other
land cover type during winter. Pixels where the absolute value of the polarimetric
coherence was lower than 0.5 were not analyzed. Therefore, areas where the signal
is below the noise level and where targets contain significant volume scattering were
excluded. The masked areas are shown in Fig. 2.13 by the black single hatched areas
confined by black outlines.

57

Chapter 2 Snow Height Determination with Polarimetric Phase Differences

Figure 2.14 – RMS difference between the co-polar phase values of the two dual-pol
acquisitions contained in one TDM scene. Different lines show the RMS-phase noise for
different acquisitions. The used smoothing window of 54×39 px allows a phase measurement
with an accuracy of ±3 degree (shaded).

2.5.4 Preprocessing of Ground Measurements
SD datasets were available with thousands of samples due to a few kilometers long
transects (see table 2.2). SD was measured every 10-100 m with a hand-held GPS
with an accuracy of a few meters. The coordinates were converted into radar coordinates to compare SD with the corresponding CPDs. The location of SD samples are
shown in Fig. 2.13 as white (used) and black (excluded) dots. The snow samples of
a transect with 561 points appear as a black and white line (arrow). A cross section
along this transect is shown in Fig. 2.15. Shown are SD point samples in cm, the measured CPD in degree and the point samples, which were smoothed along the transect
with the same smoothing window as it was used to calculated the copolar coherence.
Smoothing of point samples to the same spatial resolution as of the copolar coherence
is necessary to average out SD variations below the resolution of the CPD of around
50-100 m.
The spatial resolution was adapted as follows: In cases where the spacing between point-like ground measurements was smaller than the spatial resolution of
the smoothed CPD, the ground measurements were averaged using a discrete–kernel
approach: Namely, each coordinate of a SD measurement was convolved with a 2DGaussian smoothing kernel, where the wings were clipped at 60% of maximum. When
the clipping radii of neighboring pixels were overlapping, then the SD values were calculated as a weighted average. Because almost all SD measurements have a spacing
of 100 m or less, nearly all neighboring points were averaged. The white outlines of
the transects in Fig. 2.13 are filled with the averaged SD data by using the same color
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Figure 2.15 – Measured SD (dots) and CPD (red line) along a 5 km long transect. The
solid blue line represents the averaged ground measurements. Masked forested sections are
shown as green dashed lines.

table as for the CPD, but scaled by the regression results from January 9, 2012 as
shown in Section IV.
2.5.5 Comparison with Ground Measurements
Phase values, which were located within the proximity of a ground measurement,
were analyzed. The proximity (limited by white outlines of the transects in Fig. 2.13)
is defined by the clipping edge of the discrete–kernel approximation, resulting in an
elliptical area of 65 × 47 pixels around the exact coordinate of the ground measurement. Pixels which are too close together are statistically not independent due to the
smoothing process. To avoid correlated pixels and to achieve a homogeneous sampling, points were selected, which are as close as possible to the location of a ground
measurement, but which do not have neighboring points within a distance of half the
smoothing window size. This was achieved by modeling repulsive particles (sample
points where the CPD values were extracted) on an attractive potential (location of
ground measurements) and minimizing the total energy. The extracted phase values
were plotted against the preprocessed ground data as 2D-histograms, equivalent to
a scatter plot which include the point density. A regression line was fitted to the
scatter plot. For discussion of the results, see section VI.
2.5.6 Optimal Size of Smoothing Window
Correlation parameters were evaluated for different sizes of smoothing windows. The
goodness-of-fit parameter R2 has an optimum for windows sizes between 15 × 15
and 100 × 100 px as shown in Fig. 2.16. For windows sizes below 15 × 15 px the
fluctuations of the phase dominate and degrade the correlation. Because the ground
data were averaged on the same scale as the radar acquisitions, smoothing windows
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Figure 2.16 – Effect of the size of the smoothing window on the statistics of the scatter plot
in Figure 2.17(c). Window sizes between 15 × 15 and 100 × 100 px show the best R-square
values. For details see text.

above 100 × 100 px will not only average out smaller variations of the CPD but also
variations of SD measurements. Consequently, the spread of CPD- and SD values will
decrease, such that the correlation, measured by R2 , decreases. Fig. 2.16 shows the
root-mean-square errors (RMSE) of the measured CPD values versus the estimated
CPD-values from linear regression. For a smoothing window of 54 × 39 px, the RMSE
for φc shows an accuracy of ±4◦ , which is only 1◦ above the phase-noise of the system
as shown in Fig. 2.14, 2.19 and Table 2.7. The RMSE of the inverse, the estimated SD
versus the measured SD, show an accuracy of ±5 cm. The number of samples used for
regression initially increases with window size, as shown by the black line in Fig. 2.16.
The reason is, that more space for independent samples is available on the disks,
which are determined by the smoothing kernel around the ground measurements and
which begin to form a connected surface. For windows sizes larger than 6 × 6 px, the
number of samples decreases, because not every ground measurement can be used, as
neighboring samples were averaged. Around 1000 samples were used for each scatter
plot in Figs. 2.17 and 2.20.

2.6 Analysis of snow transect data
2.6.1 Correlations With Snow Transects
Section 2.4.5 showed a correlation between the temporal variation of accumulated
fresh snow and the CPD. In this paragraph, spatial variations of early season snow
and the CPD are used to derive very similar correlations. The large number of
distributed SD measurements of the winter 2011/2012 were analyzed. Figs. 2.17(a-c)
show scatter plots between SD and CPD for the January 9 and 14, 2012 for three
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Figure 2.17 – CPD as a function of SD for different incidence angles. Regression (solid
lines) are plotted together with results based on the theoretical model (dashed lines) presented in section 2.3.3. Reasons for the y-axis intercept are described in section 2.6.2.

Table 2.5 – Regression parameters compared with modeled results for the CPD (axial-ratio
= 1.51 and free offset) as shown in figure 2.17. The 1-σ uncertainty in brackets refers to
the last given decimal place. The slope is given in degree/decimeter (deg/dm).
Acquisition
date
aoi (θ)
(mm-dd)
01-09
32.7◦
01-14
39.7◦
01-14
41.5◦

linear
slope
(deg/dm)
6.0 (1)
8.9 (2)
10.4 (2)

regression
offset
(deg)
-10.0 (3)
-17.2 (4)
-21.5 (5)

61

R

2

0.58
0.56
0.60

model
slope
offset
(deg/dm) (deg)
6.1
-10.0
9.1
-17.6
10.0
-20.5
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Table 2.6 – Regression parameters compared with modeled results for the CPD (axialratio = 1.32; free offset). The CPD of snow-free dates was subtracted and considered as
background (fig.2.18). The 1-σ uncertainty in brackets refers to the last given decimal place.
The slope is given in degree per decimeter (deg/dm).
Acquisition
date
aoi (θ)
(mm-dd)
01-09
32.7◦
01-14
39.7◦
01-14
41.5◦

linear regression
slope
offset
R2
(deg/dm)
(deg)
3.9 (3)
+1.6 (5) 0.43
5.9 (3)
-3.1 (6)
0.54
8.2 (4)
-11.7 (10) 0.69

model
slope
offset
(deg/dm) (deg)
4.2
+0.7
6.3
-4.3
6.8
-7.1

different incidence angles. The three dates were chosen, as despite the temporal
difference of five days, the meteorological and snow conditions were very similar. The
three plots have the same ground data on the x-axis but differ in slope and y-axis
intercept. Table 2.5 summarizes regression results for the three datasets. Based on
the model of section 2.3.3, CPDs were calculated for λ = 3.1 cm and the incidence
angles of the acquisitions. The snow density of 0.2 g/cm3 was based on snow pit
measurements during the campaigns. A horizontal-to-vertical size ratio of the ice
grains of 1.51 was used for all three acquisitions. The offset of the y-axis intercept
was freely chosen as the model does not include properties of an underlying ground.
The results from the model are shown in Fig. 2.17(d) and table 2.5 and were also
drawn into the graphs 2.17a-c for a better visual comparison.
The negative y-axis intercept could also be modeled by a layer of depth hoar with
vertically elongated snow grains. Snow pits at the IOA site and the bog site confirm
a 3-7 cm thick layer of depth hoar. Including a second snow layer with a constant
thickness of 10 cm and vertically elongated grains with a horizontal-to-vertical ratio of
0.43 would yield to offset values of −17.5◦ , −22◦ and −11.5◦ for the incidence angles
θ = 39.7◦ , 41.5◦ and 32.7◦ , which corresponds by ±1.5◦ to the measured and modeled
offsets given in table 2.5.

2.6.2 Snow Free Reference Phase
The observed negative offset is not necessarily a pure contribution of depth hoar.
In May, after all snow has melted, the CPD of the bog area returns to −5 ± 2 deg
which was also observed during November in the time series of Figs. 2.9 and 2.11.
Consequently, a background (reference) phase is likely and could explain the observed
negative offset. To investigate the effect of a background phase, snow-free acquisitions
were used as a reference φc, ref . Phase differences φc, rel relative to the background were
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Figure 2.18 – CPD relative to snow free acquisitions as a function of SD. The negative
offset is much smaller compared to figure 2.17. Note, that a different scaling for the y-axis
is used here.

analyzed:
φc, rel = φc − φc, ref

(2.6)

with φc, ref = 12 (φc, Nov. +φc, May ). Due to the reference phase, the noise-figure increases,
as both phases contribute independently to the phase
p error and lead, according to
error propagation laws, to an uncertainty of δφc, rel = (δφc )2 + (φc, ref )2 = 4-5 degree.
Also less data points with a sufficiently high coherence were available as only points
with |γVVHH | ≥ 0.45 in both, the snow-free reference and the scene of interest, were
selected. The obtained correlations are plotted in Fig. 2.18 and are summarized in
table 2.6. The negative offsets are much closer to zero compared to table 2.5. The
slopes of the correlation plots would results in an axial ratio of 1.32 for the ice grains.
The difference of 10 − 15 % in the size ratio compared to Fig. 2.17 can be attributed
to the higher noise and the uncertainty of the fit.
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Table 2.7 – Regression parameters from inter-orbit CPD-comparison (figure 2.19), expected
CPD-ratios between different incidence angles from the model and inter-orbit RMS noise.
09* denotes the mean value of the two acquisitions from January, 3 and 14.

acquisition (y-vs-x)
day of Jan., θ, (subfig from 2.19)
03rd (41.5◦ ) vs 03rd (39.7◦ )
09* (39.7◦ ) vs 09th (32.7◦ ), (a)
09* (41.5◦ ) vs 09th (32.7◦ ),
14th (41.5◦ ) vs 14th (39.7◦ ), (b)
14th (39.7◦ ) vs 03rd (39.7◦ ), (c)
14th (41.5◦ ) vs 03th (41.5◦ )

regression
CPDoffset
ratio
(deg)
1.06(3)
-1.3(5)
1.26(2) +0.6(2)
1.30(3) +0.3(3)
1.10(3)
-0.7(3)
1.02(3)
-2.9(4)
1.07(4)
-2.9(7)

model
CPDratio
1.09
1.49
1.63
1.09
1.00
1.00

RMSdiff.
(deg)
3.7
2.5
3.4
3.7
3.0
4.1

2.6.3 Dependence on Incidence Angle
The availability of five acquisitions within 11 days from different orbits made it possible to analyze the dependence on incidence angles. All CPD values of forest-free areas
from each two acquisitions with different incidence angles were plotted against each
other. Fig. 2.19 shows three examples as 2D-histograms. For January 3, 2012 (not
shown) and 14 (Fig. 2.19(b)) two acquisitions were available with only 13 hours time
difference. To compare with the acquisition from the 9th (θ = 32.7◦ ), the mean value of
two acquisitions from the 3rd and 14th was used (Fig. 2.19(a)). Table 2.7 summarizes
the results. Higher CPD values were measured for larger incidence angles. Compared
to the measured CPD-ratios, the model overestimates the angle-dependence by 25% .
Fig. 2.19(c) shows that the CPD decreases by 3◦ within 11 days during temperatures
around -8 ◦ C which is in agreement with Fig. 2.12(d) and could be an effect of a
weak temperature gradient driven metamorphosis or depth hoar growth. However,
minor snow fall (¡10 cm) and settling possibly affected the CPD towards the opposite
direction such that the CPD ratio stayed close to one as shown in the two last lines
of table 2.7.
Line 1 - 4 of Table 2.7 show, that the inter-orbit RMS phase errors are below
±3.7◦ . This is in good agreement with Fig. 2.14 which shows that the RMS phase
noise between the two satellites TSX and TDX is less than 3◦ . The acquisitions with
an incidence angle of 41.5◦ show around 1◦ more RMS phase-noise than the other
acquisitions which was already observed in Fig. 2.14. The higher phase noise also
explains the lower coherence values of the ”outliers” of |γVVHH | in January as shown
in Fig. 2.9.
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Figure 2.19 – (a)-(c): CPD of different acquisitions plotted against each other as 2Dhistograms (CPD in degree). solid line: regression, dashed-line: unity slope. The graphs
verify the angle-dependence of the model and checks the consistency of CPD between different incidence angles (a, b) and times (c). For (a) two acquisitions (Jan. 3 and 14) were
averaged as the acquisition of the 9th was taken almost exactly in between. (d): About
3 cm of fresh snow fell between the acquisitions from 3rd , 9th and 14th . Temperatures varied
around −8 ± 3 ◦ C with two colder days around the 9th . Vertical solid lines: dates when
snow transects were measured, dashed lines: dates of acquisitions.

2.6.4 Temporal Evolution of CPDs
The CPD as shown in the time series in Fig. 2.9 drops significantly end of January.
Fig. 2.20 shows the correlation between CPD and SD for the associated dates. Table
2.8 contains the correlation parameters. After an initial increase in January, the slope
of the correlation decreases by time. The values of the y-axis intercept drop from -5◦
to -23◦ from early to late January. The correlation is very weak mid of February and
March and disappears end of April when all CPDs are within 0 ± 3◦ .
Between January 3 and 14 settling of the snow layer causes some densification
(Fig. 2.19(d)). In consequence a stronger dependence on the particle shape is expected. The density of snow increased by 5-10%, which is confirmed by snow pit
measurements. The specific CPD (given in deg/10 cm) depends quite linear on snow
density for densities around 0.2 g/cm3 such that the CPD is also expected to increase
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Figure 2.20 – Correlation between SD and CPD for all available acquisitions from winter
2011/2012. The snow in the last graph (April) is wet and shows less phase fluctuations
than the other plots as only scattering at the snow surface occurs.

by 5-10% (inset, Fig. 2.7). Table 2.8 shows, that the specific CPD increases from
8.1 to 8.9 deg/dm (+10%) for θ = 39.7◦ and from 7.2 to 10.4 deg/dm (+44%) for
θ = 41.2◦ .
According to Fig. 2.3, there were no major snowfalls between the acquisitions from
January 14, Jan. 25 and February 16. The mean air temperature was -12 ◦ C and
dropped to -22 ◦ C between Jan. 25 and Feb. 16. The soil temperature stayed just
below the freezing point due to the isolating effect of 40 cm of snow in the bog area.
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Table 2.8 – Regression parameters of CPD vs. SD from snow transects of different campaigns. The 1-σ uncertainty (in brackets) refers to the last given decimal place. Square
brackets exclude values where the regression failed (R2 < 0.3). The slope is given in degree
per decimeter (deg/dm).
Acquisition

aoi (θ)

2012-01-03
2012-01-03
2012-01-09
2012-01-14
2012-01-14
2012-01-25
2012-02-16
2012-03-26
2012-04-28

41.5◦
39.7◦
32.7◦
41.5◦
39.7◦
41.5◦
39.7◦
32.7◦
32.7◦

slope
(deg/dm)
7.2 (3)
8.1 (2)
6.0 (1)
10.4 (2)
8.9 (2)
7.3 (2)
[2.4 ]
[3.4 ]
[-]

y-axis
(deg)
-5.2 (6)
-9.3 (5)
-10.0 (3)
-21.5 (5)
-17.2 (4)
-23.1 (7)
[-15.4]
[-12.4]
-

R2
0.41
0.52
0.58
0.60
0.56
0.43
[0.06]
[0.22]
[0.1]

mean hφc i
(deg)
2 (2)
4 (2)
0 (1)

Thus, the resulting temperature gradient dropped from 30 K/m in January to 55 K/m
and reached its maximum, when the air temperatures dropped below -30 ◦ C early
February with values up to 80 K/m. According to the thermodynamics of snow, the
strong temperature gradient in early February caused a fast recrystallization due to
water vapor transport between the snow crystals [167]. The snow crystals reorganize from horizontally elongated oblate particles to more spherical or even vertically
elongated particles like in depth hoar [167]. The timescale for a complete recrystallization cycle of snow grains is on the order of a few days for gradient values of
50 K/m which implies that the horizontally oriented oblate particles will disappear
within a few days. This would explain the fast decay of the observed CPD within 1
- 3 weeks as shown in Figs. 2.9 and 2.20 for the three acquisitions from Jan. 14, Jan.
25 and Feb.16. Keeping the metamorphosis of snow in mind and applying the model
described in section 2.3.3, the drop of the CPD can be explained: The oblate shape
of fresh snow crystals transforms to spherical and even vertically elongated particles
such that the CPDs for a single snow layers would turn from positive values to zero
or even to negative values (see Fig. 2.7). The time series from 2012/2013 show the
same effect during March (Fig.2.11).
Due to the mild temperatures close below zero in December and early January 2012,
the fresh fallen snow might have been prevented from fast recrystallization such that
positive CPDs were preserved and the SD could be determined by means of CPD
which is normally only sensitive to the depth of fresh snow.
During melt season, when the snow becomes wet and microwaves are reflected
at the surface, the CPD reaches values close to zero. The last graph in Fig. 2.20
shows much less phase noise than all other graphs as mainly scattering at the wet
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snow surface occurs. Referring to the observed CPD in the paper of [25], the phase
difference of +150◦ decayed within hours when the air temperature rose up to +12 ◦ C
during daytime such that melting was triggered immediately. Interestingly, the CPD
increased again during the evening and the next night up to 30-40◦ with negative
night temperatures and dropped close to zero after sunrise (+6 ◦ C).
2.6.5 Contribution of Soil Moisture to the CPD
Not only snow causes a CPD. Soil moisture also causes a small CPD. Positive phase
differences φ0c = φHH − φVV were modeled and measured in the range of 0 and +30◦
for incidence angles of 30◦ to 45◦ for unvegetated but rough soil at various frequencies
[206–208]. A very high standard deviation of more than 20◦ is also common due to the
rough soil. Positive phase differences were also observed by [209] with lower values
for C-Band (+11◦ ) than for L-band (+24◦ ). Note, that throughout this paper, the
opposite sign convention was used (φc = φVV − φHH ), which would result in negative
phase differences for the mentioned publications. This agrees with the negative values
of φc = −5 ± 2 deg which were measured for the snow free acquisitions. The observed
positive CPDs are therefore attributed to the anisotropic structure of fresh snow.

2.7 Summary
The CPD φc = φVV − φHH of X-band SAR acquisitions from TerraSAR-X and
TanDEM-X were analyzed and compared with SD measurements. The spatial information of a few kilometers long SD transect from the winter 2011/2012 was used
to show a spatial correlation between the depth of fresh snow and the CPD. Nine
TanDEM-X acquisitions with three different incidence angles were analyzed. For the
winter 2012/2013 a complete time series of 21 TerraSAR-X acquisitions were used
together with two time series of fixed weather stations to show a temporal correlation
between fresh snow and the CPD for different land cover types.
The spatial correlations show a dependency of 6-10◦ per 10 cm of snow which accumulated within four weeks before the acquisitions. The temporal correlations show
a dependency of 10-15 degree per 10 cm for snow which fell up to 11 days before
the acquisition. The CPD of areas with sparse or no vegetation shows a stronger
dependence on fresh snow than forested areas, where the snow is partially covered
by the tree canopy. In both years, the CPD decreased by 3-7 degree per 11 days
when no snow fall occurred and temperatures were well below zero. A faster decrease
was observed for stronger temperature gradients within the snow pack. A phase noise
analysis was done by comparing acquisitions from the two satellites and from different
orbits at similar times and various incidence angles. Between different acquisitions,
a consistency of 3.5◦ RMS for the CPD at a resolution of 54×39 pixels was found,
corresponding to a spatial resolution of 90 × 91 m.
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2.7 Summary
In this paper, positive CPDs were linked to the depth of fresh fallen snow. Slowly
decreasing CPDs are interpreted with respect to the metamorphosis of the microstructure of snow. An analysis by the Swiss Institute for Snow and Avalanche Research
(SLF) monitored the temporal recrystallization process of the ice grains in a snow
sample under a vertical temperature gradient of 50 K/m [191]. They showed, that the
ice grains change their shape within a few days to weeks from horizontally extended
oblate to vertically aligned prolate particles. The recrystallization speed depends
mainly on the temperature gradient and can happen within a few days for strong
temperature gradients.
To link the observed CPD with the microstructure of snow, a model is presented,
which derives a birefringent refractive index from the anisotropy of ice grains. Based
on the birefringence, the model is able to explain the observed CPD. The model,
which was originally developed to explain a negative CPD in firn and ice [203] could
be extended to fresh snow, because information about the horizontal structure of fresh
snow has been published [44, 191]. The model does not include a background signal
from soil, which was considered as an additional negative offset phase. The model
was tested for different incidence angles and seems to overestimates the dependence
on incidence angle by 25%. As input parameter, the anisotropy of snow is required,
whose determination is a current topic of research. Apart from sophisticated optical
[25] or computer tomography analysis [44], snow pack models [210], the thermal
conductivity [41] and the CPD itself could help to determine the anisotropy of snow.
The dependence of the CPD on fresh snow opens new possibilities to detect quantitatively snow fall which is up to now poorly or not at all covered by any of the
optical, passive or active microwave remote sensing sensors. There is a strong need
for spatially detailed snow observations for climate modeling, weather forecasts, water storage and hydrology [5,211–213]. In this paper, the presented correlations show
an RMS error of ±6 cm for SD for spatial correlation without any reference and an
RMS error of ±3 cm when changes in the CPD within 11 days are considered. The
phase noise of the TanDEM-X sensor of ± 3.5◦ would lead to an uncertainty better
than ±5 cm in agreement with estimates from temporal and spatial correlations. Different land cover types show different sensitivities with 11-15◦ /10 cm for open areas
and 7-9◦ /10 cm for forested areas. Land classification maps are available and could
be used for operational applications. The temperature gradient metamorphosis has
to be considered as it biases the CPD towards negative values. In a dense temporal
sampling of a few days a slowly varying background signal would cancel out, such
that the estimation of fresh fallen snow would have an accuracy of a few cm limited
by the phase noise. No evidence was found, that soil freezing has a strong influence
on the CPD, but this effect should be studied further. To keep a good estimate for a
coarser temporal sampling, meteorological simulations could provide air temperature
data and possibly the time of snowfall as an input for physical snow pack models to
estimate the temporal evolution of the CPD and to interpolate a coarser sampling
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rate. However, without any model - except the empirical regression - the RMS error
for SD changes was better than ±3 cm for a sampling rate of 11 days. According to
the model, the sensitivity depends linear on frequency such that higher frequencies
would allow better accuracies as long as no phase wraps occur. C-band would be at
the lower limit, which still could provides a reasonable sensitivity. Frequencies higher
than X-band have already shown to be good candidates for backscatter measurements, but within the context of this paper they would also be promising candidates
with a high sensitivity to fresh snow by measuring the CPD. The proposed method
to determine the depth of fresh snow is limited to dry snow, when microwaves can
penetrate the snow volume. It is a complementary method to wet snow detection
algorithms and could fill the gap of dry snow detection methods.
For future campaigns, experiments on all scales are suggested: Sampling a few
square kilometers large areas with a spatial resolution below 30 meters would provide
the necessary ground measurements for comparison with satellite data. It would be
of high interest to measure the alignment and anisotropy of snow grains along snow
profiles though this is a challenging task. Ground based experiments which measure
the CPD with a high temporal resolution would add good knowledge to the understanding of the interaction between snow and microwaves, as snow properties could be
sampled within the close proximity of the sensor and no extended ground campaigns
would be required. Laboratory experiment with snow samples, where the microstructure, the thermal conductivity and the polarization dependent propagation speed of
microwaves at various frequencies are measures could help, to further understand the
proposed relations between mechanical, thermodynamic and dielectric properties of
snow and could stimulate the development of new devices to measure the anisotropy
of snow.
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Chapter 3 An Electromagnetic Model for the Anisotropy of Seasonal Snow
Abstract: Snow settles under the force of gravity and recrystallizes by vertical
temperature gradients. Both effects are assumed to form oriented ice crystals
which induce an anisotropy in mechanical, thermal, and dielectric properties
of the snow pack. On microscopic scales, the anisotropy could be hitherto determined only from stereology or computer tomography of samples taken from
snow pits. In this paper we present an alternative method and show how the
anisotropy of a natural snow pack can be observed contact- and destruction-free
with polarimetric radar measurements. The copolar phase differences (CPD)
of polarized microwaves transmitted through dry snow were analyzed for four
winter seasons (2009-2013) from the SnowScat Instrument, installed at a test
site near the town of Sodankylä, Finnland. An electrodynamic model was established based on anisotropic optics and on Maxwell-Garnett-type mixing formulas to provide a link between the structural anisotropy and the measured CPD.
The anisotropy derived from the CPD were compared with in-situ anisotropy
measurements obtained by computer tomography. In addition, we show that
the CPD measurements obtained from SnowScat showed the same temporal
evolution as space-borne CPD measurements done by the satellite TerraSARX. The presented dataset provides a valuable basis for the future development
of snow models capable of including the anisotropic structure of snow.

3.1 Introduction
Deposited snow is a porous and highly metamorphic material which continuously
undergoes recrystallization processes to adapt to the external thermodynamic forcing
determined by the atmosphere and the underlying soil. The microscopic structure of
snow crystals constitutes the thermal, mechanical and electromagnetic properties of
snow. Measuring the microscopic structure is difficult and work intensive, and usually
the natural snow pack is disturbed by the snow pit required for sample taking. In this
paper we demonstrate a new technique to determine the electromagnetic anisotropy
of a natural snow pack contact- and destruction-free by means of polarimetric radar
measurements. As the macroscopic thermal and dielectric anisotropy are both related
to the microscopic anisotropy [41], our method might be an alternative to thermal
conductivity measurements, which affect the snow structure due to the applied heat
flux.
Before the introduction of micro computer-tomogrophy (µCT), microscopic data
of the snow structure was rare, and the only method to provide microscopic information about snow structure was stereology, based on cutting snow into thin sections.
Formation of anisotropic, vertical snow structures has been observed by analyzing
thin section photographs, when snow recrystallization was driven by a vertical water
vapor flux [214]. Vertical structures have been identified not only by analyzing thin
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sections of snow [199, 214] but have also been found in conjunction with anisotropic
thermal conductivities [215]. Also horizontal structures have been identified using
stereology in fresh snow [216], [92, Fig 2.15,left].
The anisotropy of snow can statistically be determined from the heterogeneous
snow matrix by spatial correlation functions [201], [40] of stereological [77, 199] or
computer tomography data [78], [41]. Today, computer tomography is a powerful
tool to observe the microstructure of snow destruction-free and with a high spatial
and even temporal resolution [44]. Characteristics of grain growth and sintering have
been observed during isothermal metamorphism [217] as well as during alternating
temperature gradients which occur on daily cycles [218]. Anisotropic structures have
been identified and the recrystallization process was observed where initially horizontally oriented ice grains recrystallized to vertical structures during exposure to
a vertical temperature gradient under laboratory conditions [44, 191, 219]. Vertical
structures have also been found in polar firn [220, 221] and vertical and horizontal
structures have been found in seasonal snow [222]. Horizontally aligned structures
have been discussed to have their origin in the settling of fresh snow [223]. Settling
is also assumed to cause the horizontal anisotropy of snow found in [78] in the intermediate stage of isothermal metamorphism since only gravity breaks the symmetry
between vertical and horizontal directions.
Even though computer tomography has shown to be an extremely valuable tool
to monitor the snow microstructure, only very small volumes of a few cm3 can be
studied in laboratories. Measuring long time series of natural snow is difficult, timeand cost-expensive.
The anisotropy of snow can also be determined on macroscopic scales by measuring
the anisotropy of the dielectric permittivity. Despite the fact that the dielectric
anisotropy is much smaller than the anisotropy of the thermal conductivity [41],
different permittivities in the vertical and horizontal direction have been found in
multi-year firn on ice sheets using open microwave resonators [224]. The anisotropies
measured with microwave resonators were also compared with data from photographic
[225] and computer tomographic analysis [226]. As the anisotropy can be measured
by polarized microwaves, it is even possible to determine the anisotropy of snow from
satellites which are equipped with polarimetric radar sensors [140].
Polarimetric radar remote sensing methods provide a contactless tool to measure
the anisotropy of snow destruction-free, and do thereby not disturb the natural snow
pack. With air- or space-borne sensors areas of many thousands of km2 can be
observed. Still, publications related to polarimetric propagation effects in deposited
snow are rare, despite the fact that a differential propagation speed in falling snow was
already noticed in 1976 for weather radars [227]. Currently, polarimetric radars are
only used to characterize the anisotropy of falling snow or rain [228–232]. However, in
1992, microwave experiments in Greenland revealed a directional propagation speed
in firn [225], caused by a vertical anisotropy. In 1996, the opposite effect was observed,
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when the phase difference between vertically (VV) and horizontally (HH) polarized
microwaves, the so called Copolar Phase Difference, CPD, measured by a groundbased radar increased after snow fall which was explained by a horizontal anisotropy
[25]. Both effects were observed in satellite time series of TerraSAR-X, where a
significant positive correlation between the CPD and the depth of fresh snow was
found, but also the opposite effect was observed, where a strong temperature gradient
in the snow pack forced the CPD towards negative values [140].
The CPD is a very sensitive observable to measure dielectric anisotropies because
signal delay differences on length-scales much smaller than the radar wavelength
(relative to the snow depth) can be measured. This interferometric approach makes
it possible to determine dielectric anisotropies with a precision down to ∆ ≈ 10−4 .
In this paper, we present an electromagnetic model to determine the mean anisotropy
of a dry snow pack from the CPD measured by polarimetric radar systems. The model
consistently builds on the description of snow microstructure in terms of spatial correlation functions. The model is applied on CPD measurements acquired during four
winter seasons from 2009 and 2013. The CPD time series obtained from polarimetric
radar measurements of the SnowScat instrument [233,234] are discussed with respect
to snow fall, snow metamorphism and melting. For three selected dates, we compare
the derived anisotropy with the anisotropy determined by computer-tomography. Further, we compare the measured time series of two winter seasons with space-borne
observations from TerraSAR-X and TanDEM-X and discuss the question, of whether
the CPD can be used to determine the depth of fresh snow.

3.2 An electromagnetic model to measure the anisotropy
with polarimetric radar systems
In this section we provide a relation between the structural anisotropy, A, the dielectric permittivity , and the Copolar Phase Difference (CPD) measured by a polarimetric, side-looking radar system. The anisotropy is defined based on correlation
functions of the microstructure of snow. Maxwell-Garnett-type mixing formulas are
then used to derive the dielectric anisotropy. Finally, we explain how the anisotropy
can be determined by measurement of the CPD with polarimetric radar systems.
3.2.1 Definition of Structural Anisotropy
We define the structural anisotropy, A, as the normalized difference between the
characteristic horizontal dimension, ax , and the characteristic vertical dimension, az ,
of the “grains” in the ice matrix:
A=

ax − az
1
(a + az )
2 x
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(3.1)

3.2 An electromagnetic model to measure the anisotropy with polarimetric radar
systems
Different choices for the length scales ax , az are possible. Recent work has mainly
used the (exponential) correlation lengths, ax = pex,x and az = pex,z , as defined in [77]
and derived from spatial correlation functions [78].
The anisotropy is defined as a normalized difference of correlation length. This
definition results in the same anisotropy magnitude for ice grains with an equal ratio of the long to the short characteristic length, independent on weather the long
characteristic length is vertically or horizontally oriented. The same magnitude is
not given, when defining the anisotropy e.g. as the vertical-to-horizontal size ratio of
ice grains A0 which is commonly used to simplify the electromagnetic modeling. The
anisotropy A0 can be converted to (3.1) by
A0 =

2−A
az
=
ax
2+A

or A =

1 − A0
.
1
0]
[1
+
A
2

(3.2)

We note that the anisotropy A0 differs from the definition in terms of the ”degree
of anisotropy” DA which is used in [44, 200]. In using DA, the absolute orientation
in space is lost since the definition is based on the ratio of the largest and smallest
eigenvalues of the mean intersection length (MIL) tensor. The anisotropy A0 (defined
as  in [201] or A(lc ) in [219]) can be further related to the anisotropy-parameter Q
used in [219] by the definition in [41, Eq. 4].
In the following we define the coordinate axes such, that z is parallel to the normal
vector of the earth surface and the x− and y− plane is parallel to the flat earth
surface. We restrict our model to flat terrain and do not consider shear stress or
temperature gradients not parallel to gravity, which can both occur on steep terrain.
3.2.2 Relative permittivity as a function of anisotropic inclusions
The CPD measured by polarimetric radar systems depends on the difference of the
dielectric permittivity eff measured in the x− and z−direction. The aim of this
subsection is to establish an link between the effective permittivities εeff,i for i ∈
{x, y, z} and the structural anisotropy A.
The theory is based on an empirical extension of the classical Maxwell-Garnett
mixing formulas for aligned mixtures of ice inclusions in a host medium of air [196].
To motivate the necessity of the empirical extension we briefly revisit the application
of Maxwell–Garnett mixing formulas in the isotropic case. For isotropic snow (A = 0)
the permittivity εeff,i must agree with measurements of ε for isotropic snow. However,
the relative permittivity, εeff, MG , calculated by the Maxwell-Garnett formula underestimates the measured permittivity [88] and it was found, that εeff, MG is equivalent
with the lower Hashin-Shtrikman bound [235, 236]. The upper Hashin-Shtrikman
bound is equivalent with the ”inverse” Maxwell-Garnett formula, εeff, MG, inv , which
models air inclusions in a host medium of ice [235]. Therefore it is preferable to combine both bounds in a reasonable way to determine εeff . We found that the following
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weighted average agrees with [87, Eq.(45 and 46)]1 within less than ±0.7%
εeff = (εeff, MG + εeff, MG, inv · fvol εice ) /(1 + fvol εice ).

(3.3)

The ice volume fraction fvol relates the density of snow ρ with the volumetric mass
density of air and ice by
ρ = fvol · ρice + (1 − fvol ) · ρair ≈ fvol · ρice .

(3.4)

The relative permittivity of pure ice in the microwave regime, εice = 3.17±0.02, shows
a weak temperature dependence [69–71, 237]. According to the Maxwell-Garnett
theory for isotropic mixtures [196], εeff, MG is given by
εeff, MG = εair + 3fvol εair

εice − εair
εice + 2εair − fvol (εice − εair )

(3.5)

with the relative permittivity of air, εair = 1. The ”inverse” Maxwell-Garnett result,
εeff, MG, inv , follows by swapping εair and εice in Eq. (3.5) and replacing fvol by 1 − fvol
[235]. Note that the Maxwell-Garnett theory is a mean-field theory and is only
valid as long as the inclusions are much smaller than the wavelength of the radar
√
in the medium (ax , ay , az  λ/ εeff ), so that scattering in the snow volume can be
neglected.
For non-spherical inclusions, Eq. (3.5) has to be adapted, which was done in [196]
by introducing depolarization factors, Ni , for aligned ellipsoidal inclusions. As settling and temperature gradient metamorphism act in the z-direction, we model the
elliptical inclusions as oblate or prolate spheroids which are aligned along the z-axis.
According to [196] the permittivity of an anisotropic mixture for each spatial dimension i ∈ x, y, z is given by
εeff, MG, i = εair + fvol εair

εice − εair
εair + (1 − fvol )Ni (εice − εair )

(3.6a)

The ”inverse” Maxwell-Garnett form of Eq. (3.6a) reads
εeff, MG, inv, i = εice + (1 − fvol )εice

εair − εice
.
εice + fvol Ni (εair − εice )

(3.6b)

Both equations are used in Eq. (3.3) to calculated the effective anisotropic relative
permittivities εeff,x , εeff,y and εeff,z for snow. Results for the permittivity and the
deviation from the isotropic case are shown in Fig. 3.1.
1

Note, that Eq.(46) in [87] has been adapted to produce correct results for pure ice (ν = 1). The
adapted factors are εh = 1.005 and εs = 3.171/3
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Figure 3.1 – Left: Relative permittivity εeff of snow calculated for isotropic (A = 0) snow,
vertically oriented (A = -0.5) and horizontally oriented (A = +0.5) inclusions calculated by
the weighted Maxwell-Garnett formula (MGw), Eq.(3.3). The dots indicate the empirical
function given in [87, Eq.(46)]. Right: the dielectric anisotropy ∆ε = εeff,x − εeff,z as a
function of ice volume fraction fvol and anisotropy A according to Eq.(3.3).

The depolarization factors Ni are assumed to be equivalent for both equations
(3.6a and 3.6b) and are given according to [196] for ellipsoidal inclusions with the
dimensions ax , ay , az by
Z
ds
ax ay az ∞
q
.
(3.7)
Ni =
2
0
(s + a2i ) (s + a2x )(s + a2y )(s + a2z )
The dimensions ax = ay define the diameter of the spheroids and az is their vertical
length. Note, that [196] used the ellipsoids’ semi-axis. However, the depolarization
factors do not depend on the absolute size of inclusions and are invariant under
rescaling ai → λai for arbitrary λ. Consequently, it is possible to parametrize the
depolarization factors directly by the anisotropy A0 , which can easily be verified by
substituting s in (3.7) with the dimensionless quantity u = s/a2x . Ni is then given by
Z
du
A0 ∞
p
(3.8)
Ni =
2 0 (u + δA0 (i, z)) (u + 1)2 · (u + A02 )
with δA0 (i, z) = 1 for i ∈ x, y and δA0 (i, z) = A02 for i = z. Closed form expressions for
both integrals are given in [196]. The depolarization factors satisfy Nx + Ny + Nz = 1
for any ellipsoid [196]. For spherical inclusions all three depolarization factors are
Ni = 1/3 and Eq. (3.6a) is equivalent with Eq. (3.5).
Although ice grains show a much more complex structure than simple ellipsoids,
the model of ellipsoids is realistic enough for the transverse isotropic symmetry of the
dielectric tensor ε. This becomes more obvious from the exact series expansion of the
dielectric tensor for arbitrary anisotropic microstructures, which can be expressed in
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terms of spatial correlation functions [238]. In Appendix 3.6, we show that under the
less restrictive assumption of a transverse isotropic two-point correlation function, the
truncation of the exact expression [238, Eq. (16)] at second order exactly leads to the
Maxwell-Garnett result (3.6a) in which the depolarization factors Ni are expressed in
terms of the anisotropy parameter Q as given in [41] via Ni = Q for i = x, y and Nz =
1 − 2Q. This implies that the present dielectric model and the thermal conductivity
model from [41] are based on exactly the same microstructural parameters.

3.2.3 Anisotropy measured by radar systems
In the previous section, we derived the anisotropic effective permittivity εeff,i of snow
from spatially anisotropic ice crystals. In this section, we calculated the Copolar
Phase Difference (CPD) between orthogonally polarized microwaves, which is expected to be measured by a polarimetric radar system when observing an anisotropic
snow pack. Only side-looking polarimetric radar systems like real or synthetic aperture radar systems are suitable for measuring the anisotropy of snow, whereas nadirlooking radar systems like ground penetrating radars are not. A requirement to
measure the anisotropy is that the two orthogonal polarized microwaves are delayed
by different components of the dielectric tensor ε. The sensitivity to the anisotropy
increases linearly with frequency. However, the radar system must operate at a low
enough frequency (several GHz) such that microwaves can penetrate dry snow with
negligible scattering or absorption losses [108], [145, Fig.5].
The dielectric anisotropy can precisely be measured with the CPD, because the
CPD can be determined with a precision of a few degree (fraction of one wavelength)
relative to the total phase delay of many wavelengths which is accumulated during
propagation through the snow pack [26, Eq. (5)], and [145, Eq. (14)]. For example,
for 1 m deep snow of density ρ = 0.25 g · cm−3 a dielectric anisotropy x − z = 10−4
causes a CPD of 1◦ relative to the total phase delay of 5700◦ measured at a radar
frequency of 10 GHz and a radar incidence angle of 40◦ .
In oder to derive the CPD, the wave propagation through snow is formulated as
done for uniaxial crystals in terms of anisotropic optics [239]. The refractive indices
of uniaxial crystals are defined by their symmetry. Gravity and the direction of the
water vapor flux break the isotropic symmetry in the vertical direction, therefore the
optical axis is given by the z-axis.
According to anisotropic optics, we define the refractive index in the z-direction as
the extraordinary refractive index ne . The extraordinary refractive index, ne , differs
from the ordinary refractive indices, no , defined in the (x-,y-) plane (Fig. 3.2). The
refractive indices are related to the relative permittivity defined in Eq. (3.3) together
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with Eq. (3.6a) and (3.6b) by
n2o = εeff,x = εeff,y

(3.9a)

n2e

(3.9b)

= εeff,z .

The anisotropy of snow can only then determined with polarimetric radar systems
when microwaves are transmitted with a large enough incidence angle θ0 with respect
to the optical axis (Fig. 3.2). The polarizations of a radar system are defined with
respect to the propagation vector ~k of the incident beam and the horizon of the
earth. The H-polarization is defined to be parallel to the horizon (here: parallel
to y) while the V-polarization is perpendicular to H and the propagation vector
~k (Fig. 3.2) and is therefore not parallel to z. In the refraction geometry used in
optics, the H-polarization corresponds to the wave, which is polarized perpendicular
to the incidence plane (defined by ~k and the snow surface normal vector ~n) while
the V-wave is polarized parallel to the incidence plane. The H-polarized wave is
only affected by the ordinary refractive index no . However, for side-looking radar
systems the incidence angle θ0 can never reach 90◦ , therefore the electric field of
the V-polarization will always have one component along the optical axis z and one
component perpendicular to it, along x. For the V-polarization, the refractive index
nV depends on the propagation angle θV in the medium and can be described by the
index ellipsoid [239]
cos2 θV sin2 θV
1
=
+
.
n2V (θV )
n2o
n2e

(3.10)

The refractive indices for the H- and V- polarized wave are2
nH = no

(3.11a)

no ne
.
nV (θV ) = p
2
2
ne cos θV + n2o sin2 θV

(3.11b)

The refraction at the air-snow interface is described by Snell’s law which for the
H-polarization is
nair sin θ0 = nH sin θH .

(3.12a)

For the V-polarization, the refractive index nV depends on θV , which in turn depends
on nV . The modified Snell’s law
nair sin θ0 = nV (θV ) sin θV
2

(3.12b)

Note, that in [140] a different equation is given, which is equivalent with Eq. (3.10) for small
anisotropies. The equation for n2V (θV ) in [140] follows from Eq. (3.10) by writing n2o =  − δ and
n2i =  + δ and applying a first order Taylor expansion, neglecting terms O(δ 2 /2 ).
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Figure 3.2 – A electromagnetic wave (H or V polarized) is transmitted in ~k direction
with respect to the radar coordinate system (H, k, V ) and with an incidence angle θ0 with
respect to the snow surface. The received wave is described in the same coordinate system
(Backscatter Alignment Convention, BSA) leading to a sign-change in the copolar phase
difference as the received wave propagates opposite to ~k. The electric field of the H-polarized
wave is perpendicular to the optical axis and sees the ordinary refractive index no (therefore
called the ”ordinary wave”). The electric field of the V-polarized wave has a component
parallel to the optical axes and is affected by the extraordinary refractive index ne (the
”extraordinary wave”). For horizontally aligned anisotropies (A > 0) the extraordinary
wave travels faster (ne < no ) while for vertical anisotropies the ordinary wave is faster
(no < ne ). As refraction differs for both waves, the optical distance measured from a
common wave front differs to the same point P on the ground. The layers are shown
as expected for fresh snow on top of old snow. The layer of fresh snow with density ρ1 ,
thickness ∆z1 contains horizontal structures of anisotropy A > 0. Below is a thick layer
of old snow with temperature gradient morphism affected vertical ice grains (A < 0). The
theory in this paper is true for any random layering of densities and anisotropies due to
Snell’s Law as long as absorption or volume scattering are negligible.
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has therefore to be solved simultaneously with Eq. (3.11b). It follows that
s
nV (θV ) =

n2o



n2o
+ 1 − 2 n2air sin2 θ0 .
ne

(3.13)

Eq. 3.13 can be used in Eq. (3.12b) to calculate the angle θV . Note, that θV is only
implicitly contained in Eq. (3.13) by θ0 and Snell’s law (3.12b). It is important to
mention that for a birefringent medium, θV does no longer describe the direction of
propagation of an optical beam (which does the Poynting-Vector), but instead the
direction which is perpendicular to the wave fronts (the wave vector ~k). As we are
interested in the retardation of wave fronts, we use θV which determines the direction
of ~k in the birefringent medium. For multi-layer systems of N anisotropic layers,
which all have the optical axis parallel to the z-axis, Eq. (3.12a and 3.12b) are still
true at every layer as Snell’s law holds at each layer-interface ni sin θi = nj sin θj for
arbitrary i, j ∈ 0...N .
The difference in propagation delay between both polarizations can now be calculated. Fig. 3.2 shows the geometry of a multilayer system where each layer j can have
a different anisotropy Aj and density ρj . The layers are numbered from top (1) to
~ ~r) = E~0 ei(ωt−~k0~r) with the
bottom (N ). Two sinusoidal plane waves, described by E(t,
same frequency ν = ω/(2π) are transmitted to the snow surface under an incidence
angle θ0 . For a fixed time t, the phase difference measured along a distance r is given
by φ = ~k · ~r, where the magnitude of the wave vector k = 2πn
in the medium is
λ0
defined by the refractive index n and the vacuum wavelength λ0 . The two paths for
the ordinary (H) and extraordinary (V) waves which connect a common wave front,
and a point P at the snow-soil interface are shown in Fig. 3.2. The two-way phase
difference along this path is given by
φCPD = φVV − φHH

(3.14)

which correspond to the measured copolar phase difference (CPD) between the VV
and HH channel of a radar system. The two letters corresponds to the polarization of
the transmitting (V and H) and receiving (V and H) channel. For monostatic radar
systems, the same coordinate system (H, k, V ) is used for transmission and reception
of the microwave signal, which is called ”Back-Scatter Alignment” convention, BSA.
Due to the BSA, the physically expected phase difference φ0CPD is related to the
phase difference measured in the BSA coordinate system by φCPD = (−1)φ0CPD . With
respect to Fig. 3.2, the polarimetric propagation delay and consequently the CPD is
given by the phase accumulated during the propagation through the snow pack plus
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an offset in air
φ0CPD

=2

=2

N
X

∆φe,j

−2

N
X

∆φo,j

j=1

j=1

N
X
kV,j ∆zj

N
X
kH,j ∆zj

j=1

cos θV,j

−2

j=1

cos θH,j

− 2φair
− 2φair .

(3.15)

The in-air phase difference φair = k0 Lair depends on the sum of horizontal displaceP
ments
∆xe,j − ∆xo,j and is given by
φair = k0 · sin θ0

N
X

∆zj (tan θV,j − tan θH,j ) .

(3.16)

j=1

The ordinary and extraordinary wave vectors are given by
kH =

2πnH
λ0

and kV =

2πnV
.
λ0

(3.17)

Eq. (3.15) can be rearranged and combined with Eq. (3.16 and 3.17) and it follows
that the CPD can be formulated in the BSA convention by
φCPD

N
4π X
= (−1)
∆zj · ∆ζ(ρj , Aj , θ0 ).
λ0 j=1

(3.18)

The contributions of individual layers of thickness ∆z are given by the relative path
length difference
q
q
2
2
∆ζ(ρ, A, θ0 ) = nV − sin θ0 − n2H − sin2 θ0 .
(3.19)
The relative path length difference defines the optical path length difference relative to the thickness ∆Z of an anisotropic medium observed under a surface incidence angle θ0 . The refractive indices nV and nH are defined for each individual
layer by Eq. (3.11a) and Eq (3.13) using the effective permittivity from Eq. (3.9a) and
Eq. (3.9a), which was derived in section 3.2.2, from snow density ρ and anisotropy A.
The horizontal structures in settled fresh snow causes a faster propagation speed
for the VV polarization than for HH. Consequently, HH will have a larger phase
delay than VV at the receiving antenna. This results in a positive(!) copolar phase
difference φVV − φHH , due to a sign-change because of the BSA.
The relative path length difference, ∆ζ, increases with incidence angle (Fig. 3.3,
left) and with increasing densities below 0.2 g/cm3 (Fig. 3.3, right). When the snow
density increases beyond 0.3 g/cm3 , refraction reduces the alignment of the V-polarization
with respect to the optical axis and consequently ∆ζ decreases (Fig. 3.3, right). Also,
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Figure 3.3 – The relative path length difference ∆ζ (Eq. 3.19) over incidence angle,
θ0 , (left) and snow density, ρ, (right) for snow with horizontally aligned oblate ice grains
(A = +0.2).

above a density of about ρ = 0.55, the dielectric contrast εx − εz decreases (Fig. 3.1,
right) such that ∆ζ vanishes at ρ = ρice where no air inclusions are present anymore.
A broad maximum of ∆ζ is observed for densities between 0.2 and 0.4 g/cm3 (Fig. 3.3,
right), where almost no density dependence exists.
In contrast to the non-invertible density dependence of ∆ζ, ∆ζ depends very monotonically on anisotropy A for all densities and incidence angles (Fig. 3.4, left and
right).
When we use Eq. (3.18) to calculate the CPD, we get about 5 - 10% lower values
compared to the theory in [140] where refraction was not included. Refraction leads to
a decreasing z-component of the V-polarization, consequently the birefringent effect
is reduced as well. Using the weighted average of the two Hashin-Shtrikman bounds
to calculate eff leads to an additional decrease by up to 30% for higher snow densities.
For firn with ρ = 0.4 g/cm3 , ∆ε = +0.05, as observed in [224], we would expect
φCPD = 70◦ per meter and a vertical anisotropy A = −0.37 (A0 = 1.4). In [140]
a CPD of 6 − 15◦ /10 cm of fresh snow was measured at 32.7◦ and 9.65 GHz, which
would correspond to a horizontal anisotropy between A = +0.2 and +0.5 (A0−1 = 1.2
and 1.7). Similar anisotropy values have been observed in [44, 199].
3.2.4 Generalization for scattering multilayer systems
Eq. (3.18) is valid for a multi-layer system, where scattering and absorption are negligible in or between different snow layers. In the present work, we solely concentrate
on non-scattering and non-absorptive media for which all scattered energy returns
from the bottom of the multi-layer snow system.
For multi-layer systems like snow with very large ice grains, e.g. deep multi-year
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Figure 3.4 – The relative path length difference, ∆ζ, (Eq. 3.19) over anisotropy for
different snow densities but fixed incidence angle, θ0 = 30◦ , (left) and different incidence
angles but fixed snow density, ρ = 0.25 g/cm3 , (right).

firn on glaciers, but also for wet and consequently absorbing snow, the location of
the main scattering center is hard to define and depends strongly on the scattering
properties of the snow volume. In the following we briefly outline how Eq. (3.18) must
be generalized when scattering of different layers needs to be included.
In order to generalize our model for media where volume scattering cannot be
neglected, we define –possibly complex– amplitude scattering factors µj for each layer
boundary. The phasor eiφ1 which results from the CPD of the first layer contributes
with µj to the total phase difference. The reflection from the second layer accumulates
the CPD of the first and of second layer, so that the second phasor is given by ei(φ1 +φ2 )
and so on. The total phase difference is then
φCPD = µ1 · eiφ1 + µ2 · ei(φ1 +φ2 ) + ...
=

N
X
j=1

µj

j
Y

eiφj .

(3.20)

k=1

For homogeneously scattering and/or absorbing volumes, |µj | would decrease exponentially, whereas µj can be quite heterogeneous for ice layers which occur e.g. in the
percolation zone of glaciers [240]. In such cases, assumptions must be made for the
penetration depth or the penetration depth must be determined independently.

3.3 Experimental data
The collection of the dataset, which was analyzed for this paper, was supported by the
framework of the Nordic Snow Radar Experiment (NoSREx) campaigns [241]. The
NoSREx campaigns consisted of extensive field measurements and various active and
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passive microwave measurements at a test site near the city Sodankylä in northern
Finland. The test, shown in Fig. 3.5, is an almost level forest clearing surrounded
by boreal forest, and is covered by very low taiga-type vegetation on mineral soil.
The snow depth which covered the test site during winter was quite homogeneously
distributed.
3.3.1 Microwave measurements
The radar data, which were analyzed according to the theory described in section
3.2, were acquired by the SnowScat Instrument (SSI), which was installed on the test
site. The SSI is shown in the inset of Fig. 3.5.
SnowScat is a fully polarimetric, coherent, continuous-wave stepped-frequency, real
aperture radar and operates between 9.2 and 17.8 GHz [233,234]. It was originally developed and built for snow backscatter measurements within the ESA ESTEC project
KuScat, contract No. 42000 20716/07/NL/EL. Both antennas of the instrument can
transmit and receive in horizontal (H) and vertical (V) polarization.
The test site contained two sectors for which measurements were repeated every
four hours. The sectors were scanned in azimuth-subsectors of 6◦ by rotating the
antennas around the vertical axis (az). The scan was done for each of the four
nominal incidence angles (θ0 = 30◦ , 40◦ , 50◦ , and 60◦ ) resulting in 17 × 4 acquisitions
for sector 1 and 5 × 4 acquisitions for sector 2. Each subsector was measured in
all four polarization combinations pol ∈ VV, HH, VH, HV. A detailed description
showing the acquisition geometry, antenna patterns and the polarimetric backscatter
signal from the two sectors can be found in [145].
3.3.2 Meteorological measurements
Several instruments were installed at the test site which automatically measured
meteorological data. Fig. 3.5 shows the location of different sensors. Snow depth
and air temperature were measured by the sensor SDTA1. Soil temperature and soil
moisture were measured by two sensors named SMT. An automatic weather station
(AWS), located 500 m north of the SSI measured snow depth, air temperature, and
other meteorological parameters.
3.3.3 snow measurements
Snow density was manually measured in the snow pit once per week. Snow density was
also calculated from snow depth measured by SDTA1 and from SWE measurements.
SWE was obtained from the SSI during dry snow conditions, and from measurements
of the Gamma Water Instrument, GWI, during wet snow conditions. Details for SWE
determination can be found in [145].
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Figure 3.5 – The radar data and meteorological measurements were acquired at the shown
test site near the town of Sodankylae, Finland. The SnowScat Instrument, SSI, is shown
in the inset and was mounted on a 9-m high tower. The reference target (sphere) used for
calibration can be located behind a tree. The SSI scanned sector 1 and 2 with different
azimuth and incidence angles. Meteorological sensors are named as follows: SDTA1: Snow
depth and air temperature; SMT: Soil moisture and soil temperature; AWS: Automatic
weather station. CT-1, CT-2 and CT-3, are the locations of snow profiles analyzed by
computer tomography. Snow density was measured in the snow pit and was also derived
from SWE determined by the SSI as described in [145].

The micro structure of vertical snow profiles was determined at three sites, CT-1
on 21.12.2011, CT-2 on 01.03.2012, and CT-3 on 28.02.2013. The location of the
sites are shown in Fig. 3.5. Samples covering the entire depth of the profiles were
taken, and were later analyzed by computer tomography at the Institute for Snow
and Avalanche Research SLF in Switzerland.
An analysis of the µCT data, which we used here to determine the anisotropy,
was already published with respect to other snow structure parameters in [82]. Here
we briefly summarize the methodology of the casting and processing procedure. For
analysis by means of µCT, the snow samples had to be cast for transportation from
Finland to the cold lab at SLF, Switzerland. The snow samples were cast using
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Diethly-Phthalate (DEP) in order to preserve the snow structure.
The casting procedure as well as an accuracy analysis of cast and not-cast samples
are described in [242]. In the cold lab, the samples were scanned with a nominal
resolution (voxel size) ranging from 10 µm for new snow to 20 µm for depth hoar.
The size of the evaluated volumes to calculate the correlation functions ranged from
67 mm3 (512 × 512 × 256 voxel with 10 µm voxelsize for CT-1 and CT-2) to 917 mm3
(512×512×600 voxel with 18 µm voxel size for CT-3). The representative elementary
volume (REV) required to derive reliably density estimates from CT measurements
was found to be between 2 and 4 mm3 [42].
The 3D-gray-scale images, which resulted from the scans, were filtered using a
Gaussian filter (sigma = 1 voxel, filter kernel support = 2 voxel). The smoothed
images were then segmented into binary images. For snow/air segmentation, the
intensity threshold was chosen at the minimum between the DEP peak and the air
peak in the histograms of the gray-scale images.
3.3.4 Processing the SnowScat data and CPD retrival
The frequency-domain raw data, measured by the SSI, were windowed to select a specific frequency band of 2 GHz bandwidth which was then focused into the single-lookcomplex (SLC) format (details in [145]). The pixels of an SLC acquisition represent
the complex-valued backscatter amplitude profiles Spol (r, θ0 , az) along range r. The
phase of the complex signal contains information about the signal propagation delay.
The uncalibrated CPD was calculated from the complex-valued, copolar coherence
defined as
∗
i
hSVV · SHH
.
γVV,HH · eiφCPD (θ0 , az) = p
h|SVV |2 i · h|SHH |2 i

(3.21)

The ensemble averages of about 150 - 300 pixels in the range r of the antenna footprint
are indicated by h·i, and ∗ is the complex conjugation. The magnitude of the coherence, γVV,HH , is a measure for volume scattering and ranges ideally between 0 (only
volume scattering) and 1 (only surface scattering). However, the coherence is reduced
by system noise and rough surfaces. The phase of the coherence, φCPD = φVV − φHH ,
is the CPD as defined in Eq. (3.14).
For noise and speckle reduction, the copolar coherence obtained from individual
azimuth-subsectors was averaged.
3.3.5 SnowScat calibration
For this study, we calibrated the measured CPD with two metal targets. The primary
calibration target was a metallic sphere with a diameter of 25 cm mounted on a
wooden pole for the duration of the experiment. The sphere can be located in Fig. 3.5
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next to the SSI. A secondary target, a metallic plate was located behind trees close
to sector 2 in Fig. 3.5). A third calibration target, a dihedral reflector, was installed
during the setup phase of the experiment.
The CPD measured from a sphere or plate must be zero due to the symmetry of
the targets. The CPD measured for a dihedral reflector must be 180◦ . The dihedral
reflector was measured once, on 09.12.2009, to verify the processing sequence of the
SnowScat raw data. The sphere was used as a reference during the whole duration
of the experiment. The plate was installed from Oct, 2011 until June, 2013 and was
used to validate the calibration done with the sphere.
The measured radar signal was calibrated by an internal calibration loop of the SSI
to compensated system drifts. However, some polarization dependent signal delay still
originated from the connectors of the antenna feeding cables and from the antennas
themselves due to the polarization-dependent beam-pattern.
In order to calibrate external offsets or drifts, the CPD was calibrated with the
metallic sphere. The correct pointing direction to locate the sphere was determined
with a precision of ±0.5◦ by 2D-scans in elevation and azimuth. The 2D-scans showed
that the systematic error of the CPD, caused by imprecise alignment, is less than
±10◦ .
The CPD of the sphere, measured every four hours, was used as reference, CPDREF ,
and was subtracted from the uncalibrated snow measurements, CPDuncal. , to obtain
calibrated results:
CPDcal. (f ) = CPDuncal. (f ) − CPDREF (f ).

(3.22)

Phase unwrapping was performed for the uncalibrated CPD and the reference CPD,
when necessary.
The reference, CPDREF , was obtained as follows: Time series CPDREF (t) were
obtained for 21 different frequencies in order to sampled the entire frequency spectrum
of the instrument. The time series were smoothed with a median filter of 4 days which
preserved jumps in the signal. After temporal filtering, for each acquisition time, a
4-th order polynomial was fitted over the frequency spectrum to provide some noise
reduction in the frequency domain.
The reference data are shown for each of the four seasons in Fig. 3.6. The solid
black line shows the (frequency-dependent) reference, CPDREF , for f = 13.5 GHz.
Individual measurements of the sphere as well as from the metallic plate are shown
as dark and light gray solid dots below the black line.
In the third season, between 18.11.2011 and 20.01.2012, the pointing direction
(elevation angle) to the sphere was misaligned by 2◦ . Therefore, the reference CPD
was corrected by a frequency dependent offset to keep the CPD continuous at the
start end of the misalignment period.
Deviation of the raw-data of the sphere from the reference, ∆CPD = CPD(f ) −
CPDREF (f ), are shown in the lower panels for each season. The deviations are shown
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Figure 3.6 – The CPD was calibrated using the sphere as a reference target. The upper
panels show the reference CPDREF (f ) at f =13.5 GHz (solid line) together with individual
CPD measurements for the sphere and the plate (light and dark gray dots). The CPD
of the metallic plate agrees within the standard deviation with the measurements for the
sphere and CPDREF . Deviations were found for season 3 due to a misalignment of the SSI
to the sphere, and for November 2012, possibly due to snow cover of the metallic plate.
The lower panels show the deviation, ∆CPD = CPDmeasured (f ) − CPDREF (f ), of individual
measurements for all measured frequencies f = 10 − 17 GHz. The deviation at a frequency
of 13.5 GHz is shown as black dots. The standard deviation (RMSE) of ∆CPD for the
whole frequency spectrum is given below the legend of the lower panel.
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as dots for each of the 21 analyzed frequencies between 10 and 17 GHz. The rootmean-square-error, RMSE, was below 4◦ for the full frequency spectrum and is given
for each seasons next to the graph. The error of CPDREF (f ), which includes systematic and statistic errors, is estimated to be below 15◦ .
3.3.6 Selecting valid acquisitions
Acquisitions which seemed to be invalid were removed before the analysis. Acquisitions were classified as invalid if the CPD or the Radar Cross Section (RCS) of the
reference targets deviated to far from the expected values or if the temporal trend
of the sphere and the plate-target were not in agreement. In the two seasons before 18.11.2011, where the plate target was not installed yet, the sphere showed very
stable results therefore the data was considered as valid. For sector 2, which was
located between trees, some subsectors at the left and right hand side were disturbed
by trees [145, Fig. 3] and were therefore excluded from the analysis.

3.4 Analysis
3.4.1 Time series of CPD
We analyzed four seasons of CPD time series and discussed the results with respect
to meteorological data and with respect to measurements of the snow pack. From the
measured CPD and snow depth, we determined the temporal evolution of the average
anisotropy. The resulting anisotropies were then compared with data from computer
tomography.
The measured meteorological data are shown in the upper three panels of Fig. 3.7
- 3.10. Shown are the meteorological parameters snow depth (sensor SDAT1), airand soil temperature (sensor SDAT1 and SMT) as well as soil moisture (SMT) and
snow density. The snow density was determined by dividing SWE, as determined in
( [145]), by the snow depth measured by the sensor SDAT1. The snow density was
verified by manual measurements from the snow pit.
The polarimetric radar measurements are shown in the lower panels of Fig. 3.7 3.10. The CPD (φVV − φHH ) measured by the SSI is plotted for different incidence
angles, θ0 , and frequencies, f . The lowest panel shows the co-polar coherence γVV,HH .
The dark gray shading in Fig. 3.7 - 3.10 indicates the period of snow melt in April
and May. Snow free conditions are indicated by a light gray shading in autumn
and May/June. In the following paragraphs we summarize the main characteristics
observed during the four winter season.
A common characteristic which was found in all four seasons was a rising CPD
during snow fall. The CPD reached its maximum typically a few days after snowfall
ended. During periods of cold temperatures without much fresh snow, the CPD
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decreased gradually as long as temperatures were well below 0◦ C . During snow
melt, the CPD was close to zero as no penetration in the snow pack is possible. Soil
moisture correlates well with snow melt, but does not show any influence on the CPD
during winter, even when the soil was not frozen in early winter.
The copolar coherence, γVV,HH , is shown for the highest incidence angle (θ0 =
60◦ ) where it is most sensitive to volume scattering. During dry snow conditions,
γVV,HH ranges from 0.4 to 0.7 (depending on frequency). Only at 16.8 GHz at 60◦
the coherence was found to be lower during winter (≈ 0.4) compared to snow free
conditions (γVV,HH ≈ 0.5...0.6), which indicates some weak scattering in the snow
volume. The highest values of γVV,HH = 0.7...0.8 were measured during snow melt,
where the microwave penetration depth is very weak (a few cm) and scattering occurs
at the snow surface. After all snow has melted, the coherence decreased to ≈ 0.5...0.6
and some volume scattering occurs at the low vegetation.
The four analyzed winter seasons showed quite different snow conditions. Specific
properties for each season are summarized in the following four paragraphs according
to [192, p. 49] together with an interpretation of the measured CPD time series.
The winter of 2009-2010 was characterized by mild temperatures until mid of December which caused a delayed freezing of the soil compared to average years. Snow
accumulation happened gradually and the mild temperatures lead to densities of
0.2 g/cm3 in early winter. Due to warm temperatures, depth hoar was largely absent
and melt-refreeze events caused the formation of a crust at the bottom of the snow
pack. Later in winter, two major snow fall events occurred. The first was during early
February. The second occurred during the night from 2nd to 3rd of March, where
a fast rise in temperatures together with 20 mm precipitation caused strong settling.
Consequently an abrupt increase in the copolar phase was observed.
The winter of 2010-2011 was characterized by very cold temperatures and relatively
thin snow cover. The strong temperature gradients lead to a distinct layer of depth
hoar. The slightly negative CPD in December indicates a weak vertical anisotropy in
the snow pack. From January until March, the CPD increased with snow fall but was
disrupted by a period of very cold temperatures during February which decreased the
CPD.
The winter of 2011-2012 was characterized by initially exceptionally mild temperatures and late but intense snow fall during December. The weak temperature gradient
from mid December until mid January caused almost no recrystallization into vertical
structures. Therefore, a thick layer of horizontally oriented settled fresh snow was
preserved and a maximum CPD of 135◦ was observed at 7th of January, 9 days after
20 cm of fresh snow. Almost no depth hoar was observed due to the insulating effect
of the thick snow pack. The extremely large phase differences disappeared relatively
quickly during very cold air temperatures between −15 and −35 ◦ C in the second half
of January and early February and the CPD even changed sign, so that a minimum
CPD of −30◦ was observed at 9th of February. After various snowfall events, the
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Figure 3.7 – Winter season 2009-2010. Top three panels: Meteorological data measured
by the sensors SDAT1 and SMT; snow density as described in section 3.4.1. Bottom: CPD
and copolar coherence measured by the SSI for different incidence angles and frequencies.

negative phase differences disappeared. At April 12th, the snow surface melted and
refroze afterwards. A significant drop in the copolar coherence (Fig. 3.9) indicates
increased volume scattering or even residual melt water in the snow pack. During the
time around 12th of April, when the snow surface was wet snow, the CPD dropped
for a few days to zero.
The winter of 2012-2013 was again characterized by very mild temperatures but
early and heavy snowfall during November, followed by three additional major snowfall events, which caused a very clear peak-like signal in the CPD. In February, after
the last heavy snow fall, a CPD of more than +100◦ was reached. From March until
mid April, no snow fall was present and low temperatures caused a strong recrystallization for 6 weeks, after which a minimum CPD of -60◦ was observed, before snow
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Figure 3.8 – Winter season 2010-2011. Meteorological and radar as shown in Fig. 3.7 and
described in section 3.4.1.

melt set in and the CPD jumped to zero due to a very small microwave penetration
into wet snow.
3.4.2 Estimation of the average anisotropy of snow
The developed electromagnetic model from section 3.2 is free of fit-parameter. Therefore, the measured copolar phase, CPDmeas. , can be inverted to estimate the average
anisotropy of the snow pack, Aavg .
Measuring the mean anisotropy is possible, because the CPD shows only a weak
dependence on density, at least for densities of seasonal snow [166]. Between densities
of 0.15 and 0.4 g/cm3 , the CPD varies by less than 20% as shown by Fig. 3.3(a). For
the analysis in this section, we assumed that the observed snow consists of a single
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Figure 3.9 – Winter season 2011-2012. Meteorological and radar as shown in Fig. 3.7 and
described in section 3.4.1.

layer with constant anisotropy Aavg . Snow depth and density were determined as
described in section 3.4.1 and shown in Fig. 3.7 - Fig. 3.10.
The processing chain to determine the anisotropy is shown in the block diagram in
Fig. 3.11. The anisotropy Aest (θ0 , f ) was estimated for each of the incidence angles
θ0 and for each of the 16 different frequencies f independently. The permittivity
was calculated from the estimated anisotropy and the ice volume fraction fvol as
described in section 3.2.2. The permittivity was then used in the birefringent snow
model (section 3.2.3) together with snow depth SD = ∆Z to estimate CPDest (θ0 , f ).
The anisotropy Aest (θ0 , f ) was iterated (dashed line in the block diagram, Fig. 3.11)
until the difference between estimated and measured CPD was minimized.
The estimated anisotropies Aest (θ0 , f ) at different frequencies were averaged to
obtain Aavg together with the standard deviation. The results are shown in Fig. 3.12.
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Figure 3.10 – Winter season 2012-2013. Meteorological and radar as shown in Fig. 3.7 and
described in section 3.4.1.

The average standard deviation of σA ≈ 0.005 is well below the range of the anisotropy
between −0.05 and +0.2. The standard deviation varies with snow depth and is shown
as a gray bar below the anisotropy.
3.4.3 Incidence angle and frequency dependence
The larger the incidence angle, the better are the vertically polarized microwaves
aligned with the optical axis of anisotropic snow. The CPD must therefore increase
with increasing incidence angle. This can be observed in the middle panel of Figs. 3.7
- 3.10 which show the time series of the CPD measured for different incidence angles.
The electromagnetic model presented in section 3.2 predicts a nonlinear incidence
angle dependence due to refraction in the snow pack (Fig. 3.3). To verify the non-
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Figure 3.11 – Processing chain used to determine the average anisotropy of the snow
pack, Aavg . The average anisotropy can iteratively be estimated from the measured CPD, if
snow depth (SD) and the ice volume fraction fvol are known. We calculated the anisotropy
independent for all incidence angles, θ0 , and frequencies, f , and averaged then the results.

linear incidence angle dependence, we selected five dates spread over the four winter
seasons to cover the maximum available range of CPDs. For each date we used the
measured snow density, ρ, and the derived anisotropy, Aavg , to model the expected
incidence angle dependence. A comparison of modeled and measured incidence angle
dependence is shown in Fig. 3.13(left) for the five selected dates.
The CPD is modeled to be proportional to the depth of a snow pack which is
transparent for microwaves. The deeper the snow and the higher the frequency, the
more wavelengths ”fit” into the snow volume and the higher the expected phase
difference. Eq. (3.18) shows that the CPD depends linearly on frequency (∝ λ−1 ).
Larger CPD values for higher frequencies were already found in the 2nd-last panel
of Fig. 3.7 - 3.10, where CPD time series are plotted for three different frequencies
(f = 10.2, 13.5 and 16.8 GHz). For a more quantitative insight, we plotted the
CPD measured for 16 different frequencies in Fig. 3.13(right). The CPD was plotted
for the same five dates shown in Fig. 3.13(left). As expected, the CPD shows an
approximately linear dependence on frequency.
In order to get a better quantitative measure, how well the electromagnetic model
fits to the measured data, we did a statistical analysis and compared the expected
phase difference, CPDmodel (Aavg (t), θ0 , f ), according to Eq. (3.18), with the measured
phase difference, CPDmeas. (t, θ0 , f ). The mean deviation, as well as the standard
deviation of CPDmodel − CPDmeas. , were calculated from all acquisitions acquired
during dry snow conditions, for each θ0 and f .
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Figure 3.12 – Average anisotropy of the snow pack, Aavg , determined during dry snow
conditions for the winter seasons from 2009 - 2013. The anisotropy was derived from
the CPD, measured by the SSI. The standard deviation of Aavg calculated for different
frequencies and incidence angles is shown as the time-varying gray bar below the anisotropy.
The dark gray shading indicates the period of snow melt, the light-gray colors snow free
conditions. The dashed vertical lines show the times when the anisotropy was measured by
computer tomography (CT-1, CT-2, CT-3).

The mean deviation is plotted over frequency and for each incidence angles in
Fig. 3.14. The error bars indicate the standard deviation. The mean deviation is
about ±4◦ (black dots in Fig. 3.14) and is almost always within the standard deviation
(error bars). Only for θ = 60◦ and f > 14 GHz, we measure larger deviation up to
+8◦ . Fig. 3.14 shows that neither large deviations from the expected incidence angle
dependence nor large deviations from the linear frequency dependence were found.
The deviations of measured CPD from the modeled CPD are within the estimated
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Figure 3.13 – Left: Incidence angle dependence of measured CPD vs. modeled dependence.
Right: Frequency dependence of measured CPD vs. expected linear dependence.

Figure 3.14 – Deviation of measured and modeled CPD for different frequencies f and
incidence angles θ0 . Dots show the mean deviation CPDmeas. - CPDmodeled of all data
acquired during dry snow conditions, the error bars are the standard-deviation calculated
for about 5600 acquisitions.

calibration accuracy of ±15◦ .
As measured and modeled data agree within a few degree, we conclude that our
electromagnetic model is able to explain the the observed CPD by considering snow
as an optically anisotropic medium. The linear dependence on frequency confirms
our further assumption that the CPD is a volumetric property of snow.
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Figure 3.15 – Two samples from the profile CT-1 (21.12.2011) taken at a depth of 12 cm
(left) and 24 cm (right) above ground. Horizontal structures can be identified in both
images. The average anisotropy derived for the two samples are ACT, avg = 0.26 (left) and
0.16 (right). The vertically resolved anisotropy, ACT , determined every 2 mm depth by
means of µCT, are plotted in Fig. 3.17(top left) for both samples as blue dots.

3.4.4 Validation with computer tomography
In this section we compared the average anisotropy obtained from the CPD measured
by SnowScat, Aavg , with anisotropy measurements, ACT , done by micro computer
tomography (µCT). The dates, when the samples for computer tomography analysis
were taken from the three snow pits, CT-1, CT-2, and CT-3, are indicated in Fig. 3.9
and Fig. 3.10, and also in Fig. 3.12 as dashed vertical lines.
The binary 3D images, which were obtained by computer tomography from the
snow samples as described in section 3.3.3, the correlation functions were calculated
according to [78] and the respective correlation lengths, pex,x , pex,y , and pex,z , were
derived as shown in [77]. Four examples of snow samples of about 2 cm height are
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Figure 3.16 – Two samples from the profile CT-2 profile (01.03.2012). The left profile,
taken at a depth of 5 cm, shows old recrystallized snow (depth hoar) with vertical structures
(ACT, avg = −0.24). The profile on the right, taken 50 cm above ground, shows horizontal
structures (ACT, avg = 0.35) of fresh settled snow which fell two weeks before the sample
was taken. The vertically resolved anisotropy, ACT , determined every 2-5 mm depth by
means of µCT, are plotted in Fig. 3.17(top right) for both samples as blue dots.

shown in Fig. 3.15 and 3.16.
The anisotropy determined by computer tomography, ACT , is defined analogue
to Eq.(3.1). Due to the symmetry in the x- and y−direction, pex,x and pex,y were
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averaged:
(pex,x + pex,y ) − 2pex,z
.
ACT =  1
(p
+ pex,y ) + pex,z
2 ex,x

(3.23)

The anisotropy was determined with a vertical resolution of 1 - 2 mm, depending
on snow grain size, for the entire snow profile. The obtained anisotropy profiles
are shown in Fig. 3.17. For comparison, we added horizontal lines, which show the
average anisotropy, Aavg, CT , determined from computer tomography and the average
anisotropy, Aavg , as determined for Fig. 3.12 by means of the CPD measured by the
SSI.
For the first two profiles, CT-1 and CT-2, the difference in anisotropy is remarkably
small and agrees within values of +0.008 and -0.004, or +4% and -8%. However, for
the third profile, CT-3, a larger difference of +0.08 was observed. The difference
might originate from a very sparse sampling of the top snow layers (see Fig 3.17,
bottom left), as taking samples was difficult due to soft fresh snow. No samples
could be taken from the top 4 cm. We can exclude limited penetration as a reason
for the difference, despite warm temperatures a few days before, because the copolar
coherence (Fig. 3.10) and the temporal coherence [145, Fig. 19] did not show any
anomaly. However, we can not exclude the fact, that the assumption of oriented
spheroids in our model is a too strong assumption for the very dendritic shape of
fresh fluffy snow.
The vertical structure of the anisotropy profiles agrees our expectation regarding the meteorological conditions as described in the caption of Fig. 3.17. In the
anisotropy profiles we find vertical structures in the older snow layers, as we expect it
from snow recrystallized by temperature gradient metamorphism. In contrast to the
old layers, the top layers show horizontally aligned structures as we expect it to be
the case for fresh snow. The fact, that fresh snow is related to horizontal structures
and therefore to a positive CPD, makes it possible to use the CPD for detection of
fresh snow.
3.4.5 Correlation between fresh snow and a positive CPD
Fresh snow has been shown to be responsible for an increasingly positive anisotropy
[78] which results in an increase of the CPD. This makes it possible to use a change in
CPD to detect fresh snow as done in [140] using satellite data. However, the CPD does
not increase simultaneously with the accumulation of fresh snow, but increases with
a time-lag τ as the snow first has to settle until an increased CPD can be observed.
Further, the CPD decreases during periods of cold temperatures due to temperature
gradient metamorphism. Therefore an increase of the CPD is not expected to be
exactly proportional to an increase in snow depth.
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Figure 3.17 – Vertical profiles of the anisotropy, ACT , determined from computer tomography. For comparison, we plotted in each graph horizontal lines which show the
depth-averaged anisotropies, Aavg, CT together with the average anisotropy, Aavg, CPD , determined from the radar data (Fig. 3.12). Top-left: The profile CT-1 shows homogeneously
distributed positive anisotropies which result from heavy snow fall during mild temperatures in December 2011 (Fig. 3.9). Top-right: The profile CT-2 shows a thick layer with
vertical structures of recrystallized snow in the lower 35 cm of the snow pack. In the upper
35 cm are horizontal structures visible which result from fresh snow fall mid of February
2012 (see Fig. 3.9). Bottom-left: Alternating snow fall and cold temperatures lead to an
almost linearly increasing anisotropy in end of February 2013 (see Fig. 3.10).

In this section we analyze the correlation between fresh snow and a change in CPD.
The correlation is defined as

R = corr CPD(t + τ ) − CPD(t + τ − ∆t),
SD(t)

−

SD(t

− ∆t) ,

(3.24)

where R is the Pearson-correlation coefficient. The time ∆t is the time difference
between two measurements and corresponds e.g. to the repeat time of satellite acquisitions. The sampling interval needs to be large enough in order to give fresh snow
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some time for settling. However, the sampling time should not be too large, as minor
snow fall events might be missed, and also snow metamorphosis will reduce measured
values of the positive CPD changes which are typical for fresh snow.
The scatter plot in Fig. 3.18(top) shows the correlation between the amount of fresh
snow within 12 days and the corresponding change in CPD measured with a time-lag
of 3.5 days. The scatter plot is shown for the best correlation, R = 0.75, which was
found for different values of ∆T and τ . The correlation coefficient R is shown for all
tested values of ∆t and τ in the contour plot of Fig. 3.18(top right). The red cross
marks the pair with the hightest correlation coefficient.
The range of optimal sampling interval, ∆T , needed in order to determine the
depth of fresh snow from ∆CPD can be derived from the contour plot shown in
Fig. 3.18. The plot shows, that the optimal ∆T is between 9 - 15 days. We analyzed
all frequencies and incidence angles and the best correlation coefficients, which ranged
between 0.65 and 0.75, were always found for ∆T = 11 ± 3 days and a time-lag of
τ = 3.0 ± 0.5 days.
The optimal sampling interval ∆T matches the 11 day orbit repeat time of TerraSARX. Using time series of TerraSAR-X, a CPD change of +10 to +15◦ per 10 cm of fresh
was observed at 9.65 GHz at an incidence angle of 33◦ [140]. From these results we
would expect that the CPD changes by 40 - 60◦ at the central frequency of the SSI
of 13.5 GHz at θ0 = 60◦ . Here we observed a change in CPD of 38◦ per 10 cm of fresh
snow at 13.5 GHz which fits well with respect to the uncertainty R = 0.74 of Fig. 3.18
(top left).
The availability of accurate time series of the SWE measurements published in [145]
made it possible to check if a correlation exists between ∆SWE and ∆CPD. The lower
two graphs of Fig. 3.18 show an example for the correlation. The best correlations
(R ≈ 0.65...0.8) were found for a sampling interval of ∆T = 10 ± 3 days with a timelag of τ = 2.2 ± 0.3 days. The correlation with ∆SWE was slightly better compared
to the correlation with ∆SD.
3.4.6 Comparison with satellite data
The CPD observed by the ground-based SnowScat instrument could also be measured
from space with the satellite TerraSAR-X (TSX) as shown in [140]. Fig. 3.19 compares
the measured phase differences for the two seasons 2011 - 2012 and 2012 - 2013. The
space-borne measurements show the same trends as the ground based measurements.
However, the phase differences observed by TSX are about a factor 2 smaller than
the CPD measured with the SSI (scatter plot in Fig. 3.19). The reason is very likely,
that the TSX data were obtained from large open areas. In the large areas about 30%
less snow depth was measured, probably due to a stronger wind exposition compared
to the forest clearing, where the SSI was located. Wind might also be a reason
for disturbed snow settling. The lower snow depth and the stronger wind exposition
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Figure 3.18 – Left: Correlation between ∆CPD and a change in snow depth ∆SD (top)
and ∆SWE (bottom) within a sampling interval of ∆T =12 and 13 days. The time when the
CPD difference was obtained was shifted by τ = 3.5 days (top) and τ = 2.2 days (bottom)
vs. the time when the snow depth difference ∆SD was obtained, because the maximum CPD
was always observed when fresh snow has already settled. Right: Correlation coefficients R
for different pairs of ∆T and τ shown as contour plots. The pair with the highest correlation
coefficient is marked by a red cross.

might explain, why smaller phase differences were measured. Some residual vegetation
and trees, which showed a CPD close to zero, and which were contained in the large
areas observed by TSX, also decreased the measured CPD due to spatial averaging.
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Figure 3.19 – CPD measured by TerraSAR-X at θ = 33◦ , 40◦ , and 41◦ in comparison with
measurements of the SnowScat instrument (f = 9.65 GHz, interpolated to θ = 33◦ ). The
measurements with TSX were done on open areas, where about 30% less snow depth was
measured, compared to the test site of the SSI.

3.4.7 Effect of Underlying Soil
Sector 2, as shown in Fig. 3.5, was covered with an metallic mesh by August 2011 to
isolate purely snow specific radar signatures from effects of the underlying soil. In
the winter 2011/2012 strong ice build up on the mesh causing high backscattering.
However, we did not observe any affect to the CPD. To prevent the build up of
an ice crust in the next season, the mesh was cleared from ice on Dec 10th, 2012.
The removal of the ice crust in the season 2012/2013 did again not much affect the
measured CPD, and no large differences between the soil sector and the mesh-sector
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Figure 3.20 – Comparison of the CPD measured on the two sectors of the test site. Sector 2
was located between trees behind the SnowScat experiment and was covered with a metallic
mesh during the last two seasons of the experiment (after Aug. 2011). Generally, the CPD
on Sector 2 evolves very similar to Sector 1 and does not show large deviations.

were found. We could speculate, that a slightly larger CPDs measured between
January and April 2013 might indicate the missing of a layer of vertical oriented
depth hoar crystals, but the deviation could also originate from slightly different snow
conditions of the two sectors. Still, the good agreement between the measurements
of the soil sector and the measurements from the metallic mesh confirms again that
the measured CPD is almost purely a signal resulting from the snow pack.

3.5 Conclusions
In this paper, we demonstrated a technique for monitoring the anisotropy of snow
contact-less and destruction-free. The anisotropy was determined by analyzing copolar phase differences (CPD) of ground based and also of space borne radar acquisitions. A theoretical framework was provided, which describes the anisotropy as vertically aligned, oblate or prolate spheroidal ice grains. Maxwell-Garnett type mixing
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formulas were then applied to determine the effective permittivity tensor to describe
the birefringent properties of snow. To ensure a unified microstructure characterization with previous work, we have shown that this model based on identical spheroidal
inclusions is identical to a more general approach to the effective permittivity tensor
based on correlation functions. Using the permittivity tensor, which determines the
birefringence of snow, we calculated the wave propagation according to anisotropic
optics. The propagation delay difference of orthogonally polarized microwaves was
measured by the CPD which was then used to determine the structural anisotropy of
snow.
Four years of polarimetric radar data acquired by the SnowScat Instrument, installed at a test site near the town of Sodankylae, Finland were analyzed. The
temporal evolution of the anisotropy could be observed and the anisotropy, ranging
between -0.05 and +0.25, could be determined with a standard deviation of 0.005.
Copolar phase differences ranging from -30 to +135◦ were measured for 50 - 60 cm
deep snow at a frequency of 13.5 GHz. The electromagnetic model was tested at
different frequencies between 10 and 17 GHz, and for different incidence angles between 30 and 60◦ in order to analyze deviations from measured data. Only small
deviation of 5-10◦ were found and the expected linear frequency dependence could be
confirmed. The linear frequency dependence verifies our assumption that the CPD is
a volumetric property of snow determined by its structural anisotropy.
The estimated anisotropies were validated by micro-computed tomography (µCT)
measurements for which the anisotropy was determined from two-point correlation
functions for three dates. The depth-averaged anisotropy of two of the µCT-derived
anisotropy profiles agreed within 4 and 8% with our measurements. For one sample
we found a larger deviation of which origin could only be hypothesized to result from
missing snow samples or from too coarse assumptions of the Maxwell-Garnett mixing
formulas.
We further investigated the potential of how a changing CPD can be used to detect
fresh snow and the accumulation of SWE. A weak correlation was found and an
optimal acquisition interval of 8 − 15 days was determined to detect the depth of
fresh snow. It was observed that the evolution of the CPD shows a delay of about
2−3 days compared to the evolution of snow depth, which indicates an average settling
time of a few days.
The results obtained from ground based measurements were compared with space
borne acquisitions by TerraSAR-X which showed the same trend of the CPD. However, the CPD observed by TerraSAR-X was about a factor of two smaller than the
measurements done by SnowScat. A reason could be the higher snow accumulation
on the forest clearing where the SnowScat instrument was located. Stronger wind
exposition and the existence of some vegetation for the areas observed by TSX are
assumed to be a reason for the smaller measured CPD values.
The possibility to observe the anisotropy of the snow pack by remote sensing tech-
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niques opens a wide field of applications. Detection of fresh snow was already discussed in the previous section. Determination of the thickness of a firn layer on
glaciers might be possible, when correct assumption for the anisotropy and the scattering properties of firn are made and when frequencies which penetrate deep enough
into firn are used.
Another interesting application is using CPD measurements as a proxy for the
thermal conductivity of the snow pack. As the dielectric anisotropy can be exactly
related to the anisotropy employed for parametrization of the thermal conductivity
[41] it seems to be possible to derive a proxy for the thermal conductivity of the
snow pack by means of radar measurements, together with a reasonable assumption
about the mean density. Thereby, the anisotropy reflects an average, metamorphic
state of the snow pack since increasing vertical structures are mainly caused by depth
hoar formation. This is particularly interesting for for permafrost regions, where
large vertical structures often arise from high temperature gradients in the thin snow
pack in early-winter. Depth hoar, with its large ice crystals and low snow density
close to vegetation and soil in turn, is not only important for the survival of many
rodents [243] but also very important in understanding the backscattering signal from
snow [244].
The large observation time spanning four winter seasons with a sampling interval of
four hours builds a unique data source to study the evolution of the anisotropy of snow.
The data and the demonstrated measurement technique might lead to improved snow
models, in order to gain a deeper insight into the growth mechanisms of anisotropic
snow crystals. Understanding the microscopic anisotropy of snow enhances the understanding of macroscopic anisotropic properties such as thermal conductivity, mechanical stability and electromagnetic properties. The developed method to measure
snow anisotropy, its good agreement with ground-based µCT measurements, and the
fair agreement with satellite-based radar measurement, provide a unique opportunity
to improve snow models, and globally sense the metamorphic state of the snow pack.

3.6 Appendix: Re-derivation of Maxwell–Garnett via
correlation functions
In [238] an exact series expansion of the dielectric permittivity of arbitrary anisotropic
two-phase materials was derived and related to the n-point correlation functions of
the material. If the series is truncated at n = 2 the final result [238, Eq. 16] can
be solved for the diagonal components, εeff,i , i = x, y, z, of the effective permittivity
tensor which can be written in the form
εeff,i = εq + εq φp

(εp − εq )
h
i
.
εq + (1 − φp ) 13 − 3φUpiφq (εp − εq )
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3.7 Acknowledgments
Here the permittivities and volume fractions of the two phases which compose the
microstructure are denoted by εp , εq and φp , φq , respectively. The quantities Ui in
(3.25) are related to integrals over the two-point correlation function C(r) as defined
in [41, Eq. 1]. In the lowest order of frequency f , contributions from scattering in
the effective permittivity can be neglected (cf. [238, Eq. C3,C4]). Then the Ui have
vanishing imaginary part and are given by


Z
3
3
3 1
2
d r 3 −1 + sin θ C(r)
(3.26)
Ux = Uy =
4π R3
r
2
Z

3
1
Uz =
d3 r 3 −1 + 3 cos2 θ C(r)
(3.27)
4π R3
r
Here r = |r| is the magnitude of r and θ denotes the angle between the vertical z-axis
and r.
If the microstructure is (statistically) transversly isotropic, it is reasonable to assume a “spheroidal symmetry” of the correlation function, viz C(r) = C(r/σ(θ) with
σ(θ) = 2ax [1 − (1 − a2x /a2z ) cos2 θ]1/2 as used in [41]. Under this assumption, the
singular integrals in (3.26) can be calculated as shown in [201]. The results can be
inserted into the square brackets in (3.25) leading to


1
Ux
−
= Q
(3.28)
3 3φp φq


Uz
1
−
= 1 − 2Q
(3.29)
3 3φp φq
where the anisotropy parameter Q is defined in [41, Eq. 4] or [43, Eq. 17.30/17.31].
Using the definition of depolarization factors from [43, Eq. 17.25], noting their relation
to Q from [43, Eq. 17.29] on one hand, and their equivalence to the definition of Ni
from (3.8) on the other hand we end up with
εeff,i = εq + εq φp

(εp − εq )
.
εq + (1 − φp )Ni (εp − εq )

(3.30)

We note here that [43, Eq. 17.25] contains a typo. Specifying p to be the ice phase
and q to be the air phase in (3.30), gives εq = εair , εp = εice , φp = fvol in the notation
from Sec. 3.2.2, and thus (3.28) coincides with the Maxwell–Garnett result Eq. 3.6a.
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Abstract: Snow metamorphism is driven by settling under the force of gravity and by recrystallization, which is often caused by a strong vertical temperature gradient. Both effects are known to form oriented ice crystals which
induce an anisotropy in the mechanical, thermal, and dielectric properties of
snow. The anisotropy can be determined microscopically by means of correlation functions applied on images from stereology or computer tomography.
Macroscopically, the anisotropy can be determined by measuring the thermal
conductivity, which, however, affects the snow structure due to the applied
heat flux. Up to now, modeling the anisotropy was difficult due to a lack of
temporally resolved reference data. A new technique based on polarimetric
radar measurements provides contact- and destruction-free measurements of
the depth averaged anisotropy of a dry snow pack. Anisotropy time series with
a temporal resolution of four hours were acquired during four winter seasons
(2009-2013) at a test site near the town of Sodankylä, Finland. In this paper,
we use the anisotropy data and propose a thermodynamical model to describe
the temporal evolution of the anisotropy for single- and multilayer snow systems. Free parameters of the model were calibrated with the provided dataset
of anisotropy time series. Results of the model were validated with vertical
profiles of anisotropy measurements done by computer tomography.

4.1 Introduction
Deposited snow is a porous and highly metamorphic material which undergoes a
constant recrystallization process to adapt to the external, thermodynamic forcing
determined by the atmosphere and the underlying soil. The microscopic structure
of snow crystals constitutes the thermal and mechanical, but also diffusive and permeable, as well as electromagnetic properties of snow [41]. Therefore, understanding
the microscopic changes of the snow pack is of fundamental importance in describing
and understanding the macroscopic properties of snow.
The vertical temperature gradient and gravity break the isotropic symmetry of the
snow and are closely related to grain size growth. Grain size growth has been observed
in laboratories already for more than 50 years [245–247] and thermal conductivity
measurements have been conducted for more than a century [248–250]. Depending
on grain size or type, the thermal conductivity can change by an order of magnitude
at the same snow density [251]. In order to understand the growth of ice grains,
several models have been developed to describe the metamorphism of dry snow based
on the flux of water vapor [252–254] and the water vapor flux between ice grains has
been discussed as a reason for the mass transfer in the snow pack [195, 255]. Indeed,
microscopic data stereology of thin sections of snow showed large grain growth rates
in snow subjected to strong temperature gradients [255, 256]. The vertical water
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vapor flux has been identified to cause the formation of anisotropic, vertical snow
structures [214]. Vertical structures have not only been identified in thin sections of
snow [199,214] but have also been related to anisotropic thermal conductivities [215].
Also horizontal structures have been identified using stereology in fresh snow [216],
[92, Fig 2.15].
The size and anisotropy of ice grains can statistically be quantified by analyzing the
shape of spatial correlation functions applied on the heterogeneous snow matrix [201],
[40] which can be observed by stereology [77, 199] or by computer tomography [41].
Today, the microstructure of snow can be observed by micro computer tomography
(µCT), a powerful tool to create three-dimensional images of snow destruction-free,
and with a high spatial and even temporal resolution [44]. Grain size growth and
sintering have been observed during isothermal metamorphism [217] as well as during alternating temperature gradients which occur on daily cycles [218]. Anisotropic
structures have been identified and the recrystallization process from an initially horizontal to a vertical orientation was observed during exposure to vertical temperature
gradients under laboratory conditions [44, 191, 219]. Vertical structures have also
been found in polar firn [220, 221] and vertical and horizontal structures have been
found in seasonal snow [222]. In order to understand the recrystallization process,
the mass transfer in the vertical direction has been directly observed [167] and a
link between observed anisotropic structures and the thermal conductivity could be
established [41, 202, 219, 257, 258]. Snow settling has been discussed as a reason for
the horizontally aligned anisotropy of fresh snow [223]. Since gravity was the only
mechanism that broke the symmetry in an experiment where horizontal anisotropies
were found during isothermal conditions, snow settling is assumed to be the origin of
the horizontal anisotropies [78].
In this paper, we present a thermodynamical model which describes the temporal
evolution of the anisotropy measured with a polarimetric radar system during four
winter seasons (2009 - 2013). As input data, the thermodynamic model uses meteorological measurements to simulate the anisotropy of seasonal snow with vertical
resolution. The simulated anisotropy profiles were compared with computer tomography measurements obtained for three dates during the time of the experiment.

4.2 A thermodynamical model for the anisotropy
4.2.1 Definition: anisotropy
We define the anisotropy, A, as the normalized difference between the horizontal dimension, ax , and the vertical dimension, az , of ice grains. Equivalently the anisotropy
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can be defined by the vertical-to-horizontal size ratio of ice grains, A0 = az /ax :
A=

1 − A0
ax − az
=
,
1
1
(a + az )
[1 + A0 ]
2 x
2

or A0 =

2−A
.
2+A

(4.1)

As the size-difference is normalized by the mean grain size, spatial correlation coefficients [77] can also be used in place of the grain size diameters, ax and az .
We defined the anisotropy as a normalized difference because then positive and
negative anisotropies are weighted equally, which is important for statistical averaging. Further, the absolute values of the anisotropy needs to be the same, independent
on the orientation of the anisotropy, when modeling the dissolving of anisotropies
during isothermal snow metamorphism.
In the following we define the coordinate axes such, that gravity and the vertical
water vapor flux act along the z-axis, defined as the normal vector to the earth surface,
and the x − y-plane is parallel to the snow-soil interface. We restrict our model to flat
terrain and do not consider shear stress or temperature gradients being not parallel
to gravity, which can both occur on steep terrain.
4.2.2 Anisotropy driven by snow metamorphosis
Two processes have been identified which break the isotropic symmetry of randomly oriented snow, and which form anisotropic structures: Gravitational settling
of snow [78, 223], which is responsible for the formation of horizontal structures,
and temperature gradient metamorphism [44, 167, 219], which forms vertical structures. Another process, which acts during isothermal conditions, dissolves existing
anisotropies by equi-temperature or isothermal metamorphism [41, 217].
The temporal change of the anisotropy A, here defined as the change rate, ∂A/∂t,
is modeled depending on the three processes as follows:
∂A
= −α1 · Ȧstrain − α2 · |Jv | − α3 · A · Dvs ρv .
∂t

(4.2)

The first term, −α1 · Ȧstrain > 0, can be obtained from the strain-rate or compaction
rate of the settling snow pack as follows: when a snow structure described by S(z)
compacts by a factor λ < 1 in the direction of gravity during the time ∆t, the
compressed structure can be described by S(z/λ), and the correlation length, az ,
is reduced to λaz . Therefore, the anisotropy A0 will be reduced to λ · A0 and the
anisotropy A(t) increases to
2 + A(t) − λ[2 − A(t)]
.
A(λ, t + ∆t) = 1 
2
+
A(t)
+
λ[2
−
A(t)]
2

(4.3)

The (linear) strain of the snow structure is defined by e = (λ(t) · az − az )/az and
the strain rate, or viscous deformation rate, by ε̇ = ∂λ/∂t. The logarithmic strain
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or true strain ε follows by time-integration of ε̇ and is related to the linear strain by
ε = ln(1 + e). The time-derivative of the anisotropy A0 (t) follows by ∂A0 /∂t = ε̇ · A0 ,
and the time-derivative of the anisotropy, as defined in Eq. (4.1), is given by
Ȧstrain



∂A ∂A0
1 2
∂A
=
= ε̇ 1 − A .
=
∂t
∂A0 ∂t
4

(4.4)

The strain rate, ε̇ < 0, is much larger for fresh snow and ranges from ε̇ ≈ −10−4 s−1
for snow with a low density to ε̇ ≈ −10−7 s−1 for old snow with a higher density [259].
The coupling factor α1 < 1 scales the anisotropy created by settling because it is
assumed, that microscopic sliding and fracturing of snow crystals causes a deviation
from the one-to-one proportionality between anisotropy and compression as it would
be the case for elastic foam.
The second term of Eq. (4.2), −α2 · |Jv | < 0, is proportional to the magnitude of
the vertical water vapor flux, Jv , and describes temperature gradient metamorphism
which leads to vertical anisotropies (A < 0). Vertical water vapor diffusion has been
identified to be the driving force for temperature gradient metamorphism [167], and
it has been shown that snow transforms into the vertical structures found in firn and
on ice sheets [224, 225] when a vertical temperature gradient is applied to the snow
pack [44,191,219]. The absolute value |Jv | is used, as the growth of vertical structures
does not depend on the direction of the temperature gradient. The direction is usually
negative but can be positive in spring, when the snow surface is warmer than the
underlying snow pack.
The coupling-factor α2 > 0 determines the coupling-strength between the vertical
vapor flux, Jv , and the growth-rate of vertical structures and is here determined
empirically based on time series of measured anisotropies (see section 4.5.2).
Alternating temperature gradients which change sign on a daily period do not
increase the anisotropy [218] and are therefore not considered. For modeling, we
excluded alternating temperature gradients by averaging temperature gradients over
24 hours.
The third term, −α3 · A · Dvs ρv , acts as a relaxation process and dissolves existing anisotropies. It accounts for isotropic water vapor diffusion during equi-thermal
metamorphism and leads to isotropically growing ice crystals [78, 217]. This term is
proportional to the magnitude of the anisotropy, A, but has the opposite sign (-),
therefore it always drives the anisotropy towards zero. This term also acts as a limitation because anisotropies do not grow without bounds when exposed to a constant
temperature gradient, but saturate at a certain limit [219, 260].
The two last terms, which describe temperature gradient metamorphism and relaxation, are parametrized by the vertical water vapor flux, Jv , and the water vapor
mass density, ρv (T ) [kg · m−3 ]. The water vapor density, ρv , can be described in terms
of the water vapor pressure, pS (T ), which is saturated in the pores between the ice
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crystals [261]. Density and pressure are related by the equation for ideal gases,
ρv (T ) = pS (T )/(RV T ),

(4.5)

where RV = R/Mw = 461 J · kg−1 K−1 is the specific gas constant for water vapor,
Mw = 0.018 kg · mol−1 is the molar mass of water and R = 8.314 J · mol−1 K−1 is the
universal gas constant. The water vapor saturation pressure, pS (T ), described by the
Clausius-Clapeyron-Equation, can be approximated by


(4.6)
pS (T ) ≈ p0S · exp L/RV T0−1 − T −1 )
with the latent heat of ice sublimation L = 2.8 MJ/kg and the Triple-point pressure
p0S = 611.73 Pa and Triple-point temperature T0S = 273.16 K of water.
The vertical water vapor mass flux Jv [kg · m−2 s−1 ] is determined by Fick’s law
applied to ρv (T ) and seems to be almost independent on grain size [167, Fig.11].
The vertical water vapor mass flux can be written in terms of temperature T and
temperature gradient ∂T
according to [210]:
∂z
Jv (T,

∂T
∂ρv
∂ρv (T ) ∂T
) = −Dvs
= −Dvs
∂z
∂z
∂T ∂z


L
1 ∂T
= −Dvs · ρv (T ) ·
−
Rv T 2 T ∂z

(4.7)
(4.8)

The effective diffusion constant for water vapor in snow, Dvs , is close to the one in
air [262] and ranges between 1 and 10·10−5 m2 · s−1 [263,264]. We assumed a constant
diffusion constant, Dvs = 2 · 10−5 m2 · s−1 .
At low air temperatures, temperature gradient metamorphism is stronger near the
soil where temperatures are close to zero. Although Eq. (4.8) depends linearly on
the temperature gradient, it decreases at least exponentially with temperature. For
example, vapor diffusion and recrystallization are about a factor of 4 stronger near
the soil, when the soil has a temperature of 0◦ C compared to a temperature of -20◦ C
close to the snow surface. The high water vapor pressure and the long recrystallization
time of the oldest snow layers leads therefore to the formation of large depth hoar
crystals found at the snow-soil transition.
The asymptotic anisotropy modeled for old snow layers, for which settling is negligible, is determined on the ratio of two last terms of Eq. (4.2). The ratio is mainly
determined by the local temperature gradient, ∂T /∂z, given by external temperatures
and the thermal conductivity of the snow pack. The thermal conductivity, in turn,
depends on snow density, grain size and shape [251], but also on the anisotropy [41].
Consequently, depending how the thermal conductivity is modeled, different asymptotic anisotropies will be obtained for old layers of recrystallized snow.
In order to model the vertically resolved anisotropy, we use the program SNOWPACK [210, 259, 265] which does not consider the anisotropy of snow. However,
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SNOWPACK provides the required input parameters (ε̇, T, ∇T ) needed to solve
Eq. (4.2). To keep the model simple enough, we used the temperature and temperature gradients provided by SNOWPACK and discuss later deviations from results
measured by computer tomography.
The parametrization of SNOWPACK requires high quality data of air- and soil
temperature, precipitation or snow depth and of the solar radiation balance. Further,
verification of such complex snow models, which provide information of individual
snow layers, is difficult [266] and requires a detailed vertical sampling of snow to
access the microscopic snow structure.
Remote-sensing methods based on radar instruments provide currently only coarse
resolution data about the snowpack [267, 268] or data averaged over the entire snow
depth [89]. To provide a model which describes the evolution of the average anisotropy
of the snow pack, we simplified the developed model in the next section to simulate
the evolution of the depth-averaged anisotropy of seasonal snow based on a limited
set of input parameters.
4.2.3 A single-layer model to describe the average anisotropy
The aim of this section is deriving a simplified snow model which describes the depthaveraged (mean) anisotropy Aavg of the snow pack. Analogous to Eq. (4.2), the evolution of the average anisotropy can be written as
∂Aavg
= −αA · Ȧstrain,avg − αB · |Jv,avg |
∂t
− αC · Aavg · Dvs ρv,avg .

(4.9)

Here, we neglected the weak anisotropy dependence of the settling term (Eq. (4.4))
which is justified for small enough anisotropies |A|2  1. The three remaining terms
are adapted to describe the depth-averaged anisotropy resulting from snow settling,
temperature gradient metamorphism and relaxation from anisotropic to isotropic ice
grains.
The first term, −αA · Ȧstrain,avg , again describes the effect of snow settling. The
major snow settling happens within a few days after snowfall [259], therefore settling
is parametrized by the amount of fresh snow. The depth of fresh snow per time
QSD (t), which settles after deposition, is determined by the amount of precipitation
per time Q [mm · h−1 ]. Precipitation triggers therefore a strain rate which decreases
within a few days after snowfall. The strain rate of fresh snow is modeled by the
normalized exponential function
ε̇(t) = −H(t) ·

1
exp(−t/τ ),
τ

(4.10)

where H(t) is the Heaviside step function and τ models the settling time. As the
strain rate |ε̇| decreases with increasing snow density, the settling effect of old snow
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is negligible compared to more dominant effects like temperature gradient metamorphism. Settling of old snow due to increasing air temperatures or solar radiation, as
implemented in SNOWPACK, is also neglected in the single-layer model.
Settling of fresh snow is weaker during cold temperatures as the falling ice crystals
are smaller and more plate-like during very low air temperatures [39]. Further, the
deposited snow will settle less, as the viscous deformation rate of snow is temperature
dependent [269]. Therefore, we added a temperature dependent weighting term where
TC and cT are fitting factors.
π
1  −1
tan [(Tair − TC ) · cT ] +
(4.11)
QSD = Q ·
π
2
The strain rate of fresh snow layers can now be modeled by convolving Eq. (4.11)
with Eq. (4.10). However, as we want to estimate the average strain rate of the
total snow pack, Ȧstrain,avg , we need to estimate the ratio of fresh snow to old snow.
Therefore, we weight Ȧstrain,avg with the snow water equivalent, SWE [mm], of already
an existing snow pack. The average strain rate of the snow pack after weighting reads
Z +∞
1
QSD (t)ε̇(t0 − t)dt0 .
(4.12)
Ȧstrain,avg ≈
max{SWE(t), SWE0 } −∞
The term max{SWE(t), SWE0 } is used to avoid divergence of the strain rate as it
would occur for the first snow which falls on bare soil. We did not found much
difference when using snow depth, SD , instead of SWE in Eq. (4.12) despite a different
scaling factor αA .
The second term in Eq. (4.9), −αB ·Jv,avg , describes the depth-averaged temperature
gradient metamorphism and is obtained by averaging the water vapor flux Jv with
respect to snow depth
Z SD
1
∂ρv
−Dvs
dz
(4.13)
Jv,avg =
SD 0
∂z
Dvs
≈−
ρv (Tsurf ) − ρv (Tsoil ) .
(4.14)
SD
Jv,avg increases with an increasing temperature difference between soil and snow surface, but saturates for very low air temperatures and does therefore not increase
linearly with decreasing air temperatures.
The relaxation term, −αC · Aavg · Dvs ρv,avg , is proportional to the depth-averaged
local water vapor pressure ρv given in Eq. (4.5):
Z SD
1
ρv,avg =
ρv (T (z))dz
(4.15)
SD 0
The negative sign of the relaxation terms drives the anisotropy always towards zero,
independent on the orientation of Aavg .
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The required input parameters for the simplified model are snow depth, precipitation and air- and soil temperature. SWE can be estimated from precipitation or can
be replaced by snow depth when αA is adapted accordingly. Results of the simplified
model are shown in section 4.5.1 together with the empirical factors αA , αB and αC
and the settling parameters τ, TC , cT . The free parameters of the model were adjusted
by minimizing the differences between predicted and measured anisotropies. Results
are given in Table 4.1.

4.3 Field data
Both models were parametrized with meteorological data which were acquired at a
test site shown in Fig. 4.1. The test site is located near the town of Sodankylä in
northern Finland. The field measurements were supported by the Nordic Snow
Radar Experiment (NoSREx), ESA ESTEC contract 22671/09/NL/JA/ef [241] The
radar measurements, which were used to calibrate the models, were acquired with
the SnowScat instrument, which was developed and built in order to analyze the
backscatter response of snow within the ESA ESTEC project KuScat Contract No.
42000 20716/07/NL/EL.
4.3.1 Meteorological measurements
At the test site shown in Fig. 4.1, several instruments were installed for automatic
measurement of meteorological data. Some of the measured data are shown in Fig. 4.2
- 4.5.
Snow depth and air temperature were measured by the sensor SDTA1. Soil moisture and temperature were measured by the sensors SMT. Snow depth, air temperature, precipitation, wind velocity, relative humidity, cloud cover and other meteorological parameters were measured 500 m north of the test site by an automatic
weather station (AWS). Temperature profiles of the snow pack were measured every
10 cm along a vertical profile together with snow depth and air temperature by the
meteorological mast (MeteoMast) 100 m east of the test site. Snow density, SWE and
grain size were manually determined in the snow pit.
Snow depth and air temperature were measured by more than one sensor (SDTA1,
AWS, MeteoMast), but some of the data series contained gaps for short periods. As
the measurements of the three sensors were very similar, the data were averaged when
data from more than one sensor were available. Due to this redundancy, we obtained
complete time series of snow depth and air temperature.
Snow water equivalent (SWE) was measured by the SnowScat instrument during
dry snow conditions. SWE during snow melt was determined by the Gamma Water
Instrument (GWI) which was calibrated by manual SWE measurements from the
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Figure 4.1 – The meteorological and radar measurements were acquired at the shown test
site near the town of Sodankylae, Finland. The SnowScat instrument was used to measured
the anisotropy as well as the snow-water equivalent, SWE [145]. SWE was also manually
measured, together with snow density, in the snow pit. Snow depth and air temperature
were measured by the sensor SDTA1. Soil moisture and soil temperature by the sensor
SMT. An automatic weather station (AWS) measured precipitation, wind speed and other
meteorological parameters 500 m north of the test site. The solar radiation balance was
measured on a tower close to the AWS. Vertical anisotropy profiles were determined by
computer tomography from three snow profiles, taken at CT-1, CT-2 and CT-3. Vertical
temperatures profiles were measured at every 10 cm depth at the MeteoMast, located 100 m
east of the test site.

snow pit. Details about the SWE measurements from SnowScat and the GWI are
published in [145]).
The four winter seasons showed significant differences in snow depth and grain size,
air temperature, and the time when snow accumulation started. A characterization
of the winter conditions is given by [192, p. 49]. The winter conditions are discussed
with respect to the measured polarimetric phase difference and the derived anisotropy
in [89].
The solar radiation data (incoming long wave radiation, incoming short wave, and
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reflected short wave), required to parametrize the software SNOWPACK, were measured by sensors on a tower next to the AWS. As some of the sensors were changes in
August 2012, the radiation time series needed some recalibration to provide consistent time series. The data were recalibrated by scaling the data so that the averaged
radiation before August 2012 had the same values as after 2012. The incoming short
wave radiation before 2012 was scaled to 96% and the reflected short wave to 121%.
After scaling, short data gaps up to 12 days were interpolated by the Gaussian average (FWHM = 1 day, kernel size = 12 days) of neighboring data points. Larger gaps
were interpolated by the daily values obtained from averaging the seasonal radiation
data of five years.
4.3.2 Anisotropy determined by polarimetric radar measurements
The method to determine the anisotropy from polarimetric radar data is described
in detail in [89]. Here we briefly summarize the method.
Microwaves with a sufficiently long wavelength penetrate the snow pack with negligible scattering losses and accumulate a signal delay due to the refractive index of
snow. When the snow pack has an anisotropic structure, the signal delay depends on
polarization. The average anisotropy of the snow pack, Aavg, meas. , can therefore be
determined by comparing the signal delay of perpendicular polarized microwaves.
The signal delay difference can precisely be measured when the phase difference
between the two orthogonally polarized microwaves, the CPD, is analyzed. This
makes it possible to determine Aavg, meas. with an accuracy of a few percent. Four years
of anisotropy measurements were used for model-calibration in this paper. The lowest
panels of Fig. 4.2 - 4.5 show time series of the measured anisotropy, Aavg, meas. . About
5600 anisotropy measurements with a temporal resolution of 4 hours are available
from the four winter seasons 2009 - 2013.
4.3.3 Anisotropy determined by computer tomography
For verification of different experiments with active and passive microwaves sensors
conducted during the NoSREx campaign, samples from vertical profiles of the entire
snow pack were taken for a later analysis by means of micro computer tomography
(µCT). The profiles were taken from the three locations, CT-1, CT-2 and CT-3
(Fig. 4.1) on the dates 21.12.2011, 01.03.2012, and on 28.02.2013. The snow samples
were analyzed at the Institute for Snow and Avalanche Research SLF in Switzerland.
For this paper, the µCT data were analyzed with respect to the structural anisotropy
of snow. An analysis of the µCT data with respect to other structural snow parameters has already been published in [82]. Here we briefly summarize the methodology
of casting the samples and processing of the µCT-data. For analysis by means of
µCT, the snow samples had to be cast for transportation from Finland to the cold
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lab at SLF, Switzerland. The snow samples were cast using Diethly-Phthalate (DEP)
as described in [242]. In the cold lab, the samples were scanned with a nominal resolution (voxel size) ranging from 10 µm for new snow to 20 µm for depth hoar. The
3D-gray-scale images, which resulted from the scans, were filtered using a Gaussian
filter (sigma = 1 voxel, filter kernel size = 2 voxel). The smoothed images were then
segmented into binary images. For snow/air segmentation, the intensity threshold
was chosen at the minimum between the DEP peak and the air peak in the histograms of the gray-scale images. From the binary images correlation functions were
calculated according to [78] and the respective correlation lengths, pex,x , pex,y , and
pex,z , were derived as described by [77]. Examples of the analyzed snow samples are
shown in [89].
The anisotropy determined by computer tomography, ACT , is defined analogue to
Eq.(4.1); due to the symmetry in the x-y-plane, pex,x and pex,y were averaged:
ACT =

(pex,x + pex,y ) − 2pex,z
.
1
(p
+ pex,y ) + pex,z
2 ex,x

(4.16)

The anisotropy, ACT , was determined at every 1 - 2 mm depth for each of the entire
vertical snow profile. The CT data contained some gaps of a few mm when the
samples were not overlapping or sample taking was not possible due to very soft fresh
snow.

4.4 Model parametrization and calibration
The meteorological data were used for parametrization of both the single layer model
as well as SNOWPACK. Free parameters of both the single-layer models and of
the multi-layer model which uses the output of SNOWPACK, were determined by
comparing the modeled anisotropy with the anisotropy time series obtained from the
polarimetric radar measurements done by the SnowScat instrument.
4.4.1 Parametrization of the single-layer model
The meteorological input data used to parametrize the single layer model, defined by
Eq. (4.9), are shown in the upper three panels of Fig. 4.2 - 4.5. The meteorological
data determine the first two forcing terms of Eq. (4.9), which control the impact of
fresh snow and temperature gradients on the evolution of the modeled anisotropy.
The values of the forcing terms are shown in the middle panels of Fig. 4.2 - 4.5. The
first term is determined by precipitation, and the accumulated precipitation, SWE or
snow depth, and estimates the settling rate of fresh snow (blue line, ”fresh snow”).
The second term is driven by air- and soil temperature and also by snow depth and
models temperature gradient metamorphism, TGM (red line, ”TGM”). The relation
between the settling term and precipitation as well as the relation between the TGM
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Figure 4.2 – Winter season 2009 - 2010. The measured meteorological input data (top four
panels) are used to determine the two forcing terms of Eq. (4.9), fresh snow settling, and
temperature gradient metamorphism (TGM). The third term, relaxation, is proportional
to the modeled anisotropy,Aavg, model , but has to opposite sign. The anisotropy measured
with the SnowScat instrument is shown in the last panel as black dots. σA, avg, meas. is the
1-σ uncertainty of Aavg, meas. . The time of snow melt is shaded in gray.

term and the temperature gradient becomes visible when comparing the plots for
precipitation and temperature gradient with the two forcing terms in Fig. 4.2 - 4.5.
The third term models the dissolving of large anisotropies which are far off thermodynamic equilibrium when no settling or temperature gradient is present. This term
is called ”relaxation” term (black line, panel 5) and is proportional to the negative
of the modeled anisotropy but also depends on the water vapor pressure determined
by the average snow temperature.
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Figure 4.3 – Winter season 2010 - 2011. Meteorological measurements, forcing terms, and
anisotropy data are explain in Fig. 4.2.

4.4.2 Calibration of the single-layer model
The forcing terms are balanced by the three coefficients, αA , αB , and αC , introduced in
Eq. (4.9). These three parameters were iterated together with the secondary parameters, TC , cT , τ , and SWE0 (or SD0 ), until the modeled anisotropy Aavg,model (t) (green
line, last panel of Fig. 4.2 - 4.5) converged to the measured anisotropy, Aavg,meas. (t)
(black dots, last panel of Fig. 4.2 - 4.5). In order to avoid local minima, we randomly
sampled the parameter space to find the global minimum. After the iteration had
converged, seven optimal parameters were obtained. Table 4.1 shows the numerical
values for three different realizations of the model. The Pearson correlation coefficient R and the root-mean-square-error (RMSE) between measured and modeled
anisotropy is given below the values of the determined parameters.
The ratio of the values αA and SWE0 in the first and second column (”Value1 ”,
”Value2 ”) of Table 4.1 compared to the third column ”Value3 ” corresponds to the
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Figure 4.4 – Winter season 2011-2012. Meteorological measurements, forcing terms, and
anisotropy data are explain in Fig. 4.2.

average snow density, because precipitation was normalized by snow depth in the
third column. The temperature dependence of fresh snow settling seems to be not
significant because the parameter set of the first and second column generates similar
results. The Pearson-R correlation coefficient and the RMSE were calculated from
all data where the snow was dry and snow depth was more than 20 cm. Anisotropy
values determined from a too thin snow cover contained a higher uncertainty and
were therefore excluded.
4.4.3 Parametrization of the multi-layer model
In order to model the vertical distribution of the anisotropy, the model described
in section 4.2.2 can be combined with any multi-layer snow model which provide
the required input parameters, T , ∇T , and ε̇, for each snow layer. The software
SNOWPACK provides these parameters. Therefore we used the snow profiles modeled
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Figure 4.5 – Winter season 2012 - 2013. Meteorological measurements, forcing terms, and
anisotropy data are explain in Fig. 4.2.

by SNOWPACK as input for Eq. (4.2).
SNOWPACK was parametrized by snow depth, precipitation, air and soil temperature, relative humidity, wind speed and solar radiation data measured by the sensors
described in section 4.3.1. Snow depth, air and soil temperature are shown in Fig. 4.2
- 4.5; wind speed, relative humidity and the radiation data are not shown.
The used solar radiation data (long wave incoming, short wave incoming, short
wave reflected) were measured on a tower 500 m north of the test site next to the
AWS. The test site shown in Fig. 4.1 was surrounded by trees; therefore we expected
less incoming short wave radiation compared to what was measured on top of the
tower. The reflected short wave radiation, which was measured in the hemisphere
below the tower, was affected by absorption on trees in the measured hemisphere.
Therefore, the radiation reflected at the snow surface at the test-site is expected to
be higher compared to the data measured on the tower. The incoming long wave
radiation is expected to be very similar for both sites, as long wave radiation results
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Table 4.1 – Values of free parameters determined for different realizations of the singlelayer model. Value1 : precipitation normalized by SWE. Value2 : precipitation normalized
by SWE but temperature dependence (Eq. 4.11) ignored. Value3 : precipitation normalized
by SD.
Parameter
αA
αB
αC
τ
TC
cT
SWE0 (SD0 )
Pearson-R
RMSE, Aavg

Value1
1.22
0.86
24.9
5.35
17.7
-19.0
61
0.88
0.023

Value2
1.00
0.92
22.1
6.08
49
0.86
0.026

Value3
6.98
0.98
27.2
6.17
25.8
-18.8
315
0.87
0.024

Unit
m2 · kg−1
m· kg−1
days
K−1
◦
C
mm

mainly from diffuse reflected radiation from cloud cover.
To correct for the different measurement conditions, we scaled the radiation data
such that snow depth and the internal snow temperature modeled by SNOWPACK,
which was forced by precipitation, were in best agreement with the measured data for
snow depth and the internal snow temperature. The long wave incoming radiation
data was scaled to 97%, the short wave incoming to 70% and the short wave reflected
to 79%. After the scaled parameters have been found, we run SNOWPACK again,
this time by forcing it with snow height instead of precipitation data. We noticed that
during periods of very cold air temperatures the snow temperatures modeled for the
middle and upper snow layers were significantly larger than the snow temperatures
measured by the MeteoMast. This resulted in weaker modeled temperature gradients
in the lower snow layers compared to field measurements.
The data from the snow profiles generated by SNOWPACK, (T , ∇T , and ε̇), were
then used in equation Eq. (4.2) to simulate the anisotropy for each layer of the entire
modeled snow pack.
Linking the output of SNOWPACK with our multi-layer model required consideration of two boundary conditions. For the first boundary, the anisotropy of new layers
of fresh snow was set to Aini , which is a free parameter of the model and describes the
initial anisotropy of the snow pack. Aini is expected to be positive, as each fresh snow
layer has already settled during accumulation. Further, we assumed that snow flakes
align already slightly horizontally by gravity at the time of deposition. A few observations support this assumption, because dendrites were only found with horizontal
orientation in [78] and [92, Fig. 2.15].
A second boundary condition occurs, when SNOWPACK merged two layers, because the layers were considered to be similar enough and the thickness of two snow
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Table 4.2 – Values of the free parameters determined for the multi-layer, Eq. (4.2).
Parameter
α1
α2
α3
Aini
Pearson-R
RMSE, Aavg

Meaning
snow settling
TGM
relaxation
A of fresh snow
correlation coeff.

Value
0.27
0.49
6.88
0.17
0.85
0.035

Unit
m2 · kg−1
m· kg−1
-

layers fell below a certain threshold. To keep track of the anisotropy evolution for each
snow layer, we wrote an algorithm which detected merged layers and which averaged
the simulated anisotropy of the two merged layers for the resulting single layer.
4.4.4 Calibration of the multi-layer model
The multi-layer model in combination with SNOWPACK provides density and anisotropy
for every snow layer. This makes it possible to consider the density- and anisotropy
profile when calculating the propagation of electromagnetic waves through the snow
pack. In order to account for the layered structure, we apply the Maxwell-Garnett
theory described in [89] and calculate the dielectric permittivity for each single snow
layer. Using the permittivity, layer thickness and radar incidence angle, we calculate
the copolar phase difference, CPD, for the entire snow pack as described by Eq. (18)
in [89]. The CPD can directly be measured with a polarimetric radar system. Time
series of measured CPD data are shown in Fig. 7 - 10 in [89].
For calibration of the multi-layer model, the three parameters, α1 , α2 , and α3 , were
adjusted and the anisotropy was simulated iteratively until the difference in CPD was
minimized for all four years of data simultaneously. The resulting three parameters,
which minimized the difference of measured and modeled CPD are shown in Table
4.2.
The correlation coefficient R found for the correlation between modeled and measured average anisotropy is slightly lower compared to the single-layer model. The
reason could be the reduced set of free parameters or because the uncertainty of the
modeled data is higher due to the interpolated gaps in the radiation data.
4.4.5 Discussion of parameters
In this section we compare the free parameters of both models and provide a first
interpretation of the obtained values.
The anisotropy Aini , which is used to define the anisotropy of fresh snow in the
multi-layer model, is expected to be slightly larger than zero. Depending on model
parametrization, we found values which ranged between 0.1 and 0.2.
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After deposition, snow compacts by its own weight. Using SNOWPACK, settling
rates of −1...−5·10−6 s−1 were modeled within 3 to 5 days after snowfall. In the singlelayer model, settling is parametrized by the (exponential) settling time constant τ =
5...6 days (Eq. (4.10, and Table 4.1). From Eq. (4.10) one obtains an initial settling
rate ε̇ ≈ 2 · 10−6 s−1 . As expected, settling rate and settling time of both models are
similar.
Using SNOWPACK, a total compaction of fresh snow of a factor λ−1 = 3...4 was
modeled which corresponds to a linear strain of e = −0.66... − 0.75. The total strain
of the single-layer model follows from time integration of Eq. (4.10) from which a
(logarithmic or true) strain of 1 results, corresponds to a slightly weaker linear strain
of e = −0.63 or a compaction of λ−1 = 2.7.
The parameters α1 and αA describe how much the anisotropy increases due to
settling. In the multi-layer model, the parameter α1 is expected to be smaller than 1,
and describes, which fraction of the settling rate increases the anisotropy. According
to Eq.(4.4), the values of 0.27 indicates, that only a fraction of 27% of the viscous
deformation rate creates horizontal anisotropies. Depending on parametrization of
the multi-layer model, α1 ranged between 0.2 and 0.35. The total anisotropy, obtained
after settling without any recrystallization, can be obtained from Eq. (4.3) with the
total compaction rate λ = 31 ... 14 , the ratio α1 = 0.2..0.35, and the initial anisotropy
Aini , and results in a horizontal anisotropy of 0.25...0.45. This result can be compared
with results from laboratory experiments of snow metamorphism during isothermal
metamorphism [78]. In that experiment, structural correlation lengths were found,
which were about a factor of 2 longer in the horizontal direction compared to the
z-axis, and which correspond to a similar anisotropy of A = +0.3.
The parameter αA weights an integral quantity in the single layer model and describes, how much anisotropy is in total created after snow has completely settled.
From the value αA = 1.0...1.2 and a total compaction of λ−1 = 2.7 follows according
to Eq. (4.3) an anisotropy of +0.9. This seems to be a significant overestimation and
might result from a compensation of the larger TGM term in the single-layer model.
The parameters αB and α2 contain information, how much recrystallization is required to create a certain anisotropy. This can be understood by considering an ice
grain of mass m which occupies the volume fraction fvol of a Wigener-Seitz-cell of
height l and base area F . The mass of the ice grain is then given by m = ρice fvol lF .
When the ice grain of mass m evaporates in the time t∗ through the area F with a
flux density Jv , then we can define the number of evaporated ice grains per time by
the inverse of t∗ which is given by
α20
1
=
· Jv
t∗
ρice fvol l

(4.17)

The fraction on the right of the equal sign is equivalent to α2 (or αB ), and α20 =
α2 · ρice fvol l is the fraction of recrystallized ice grains of height l which contribute to
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a vertical anisotropy. For the two values of α2 , and αB , we obtain α20 = 8%, and
0
αB
= 16% for fvol = 0.2 and l = 1 mm. The values should be taken as a rough
approximation, because the values for density and the height of a Wigner-Seitz-cell
are also rough approximations based on density measurements and the average grain
size of 1-2 mm modeled by SNOWPACK.
The parameter α2 is slightly lower compared to αB . A reason might be that the
larger αB is compensated by αA which is also larger in the single-layer model compared to the multi-layer model. Another reason might be, that SNOWPACK modeled
nonlinear temperature gradients which caused a faster temperature gradient metamorphism in the top layers and a weaker in the bottom layers compared to the linear
temperature gradient in the single-layer model.
The parameter α3 , which weights the relaxation term, is only about 25% of αC .
The reason is that the anisotropy values simulated for each layer by the multi-layer
model are about a factor 3 - 4 larger compared to the total, averaged anisotropy.
Because the relaxation term is proportional to A, the larger anisotropies modeled
for individual layers decay much faster than the modeled average anisotropy of the
single-layer model.
The temperature dependence for the settling term in the single layer model, described by TC and cT (Value1 , Table 4.1), is more a cut-off at cold temperatures than
a smooth transition. Therefore we run the single-layer model without considering
Eq. 4.11 by setting QSD = Q. The resulting values for the free parameters (Value2 ,
Table 4.1) were similar to the parameter-set which considered a temperature dependence (Value1 , Table 4.1).

4.5 Results
4.5.1 Results of the single layer model
The anisotropy of the calibrated single-layer model, Aavg,model , deviates with an RMSE
of 0.023 from the measured anisotropy Aavg, meas. which ranges between -0.05 and
+0.2. The linear Pearson correlation coefficient between the modeled and measured
anisotropy was R = 0.88.
For the simplicity of the model, the modeled anisotropy follows impressively well
the measured anisotropy. Impressively, because the model uses only meteorological
input parameters and considers the snow pack as a homogeneous single layer, which is
a very course approximation of a real snow pack. However, the average anisotropy can
be defined for any multi-layer snow system and can easily be measured by polarimetric
radar systems.
The temporal evolution of the modeled anisotropy shows almost all features of
the measured anisotropy (Fig. 4.2 - 4.5, lowest panel) and captures well snow fall
and periods where strong temperature gradients caused a fast recrystallization into
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vertical structures. However, the single-layer model underestimates the anisotropy
in early March 2010 and also in March 2011. A reason could be that we ignored
snow settling caused by the warm air temperatures measured in early March 2010
and 2011.
Another reason for deviations found in February 2012 and 2013 might be that we did
not consider grain size. As small ice grains require less mass flux for recrystallization
compared to larger ice structures, small ice grains recrystallize faster [167]. Indeed,
the grain sizes, measured at the test site during February 2012, were about 10-20%
smaller compared to the grain sizes measured in February 2013 [270].
The deviation found early April 2013 are discussed with respect to strong temperature gradients near the snow surface in the next section. It seems, that the deviation
results from the approximation of a linear temperature gradients in the single-layer
model.
Despite the discussed deviations, the fact that we are able to model the temporal
evolution of the average anisotropy for four very different winter seasons with the same
set of parameters gives us confidence that we gained a good understanding, that snow
settling and temperature gradient metamorphism are the responsible mechanisms
which causes the growth of anisotropic snow structures.
4.5.2 Results of the multi-layer model applied on SNOWPACK
The anisotropy of snow is determined by the history of thermodynamic conditions
to which each snow layer was exposed. Consequently, different snow layers show a
different anisotropy. As fresh snow falls on top of old snow layers, we expect that
seasonal snow shows a transition from horizontal structures near the snow surface to
vertical structures at the bottom of the snow pack.
The results of the multi-layer model applied on the output profiles of SNOWPACK
are shown in Fig. 4.6 and 4.7. The anisotropy is color coded. The corresponding
time series of the measured average anisotropy, Aavg, meas. , and the depth-averaged
anisotropy, Aavg, model , of the simulated profiles are plotted below the vertically resolved anisotropy profiles. The transition from a horizontal anisotropy of the fresh
snow layers which are still compacting to older snow layers which have experienced already strong recrystallizations is visible as the transition from red and yellow to blue.
The three vertical dashed lines indicate the date when µCT profiles are obtained in
a snow pit.
In the first and second season, snow fall started gradually and first 10 - 20 cm of
fresh snow recrystallized quickly due to strong temperature gradients. In the third
season, snow fall started later as usual, but during one month 50 cm of snow accumulated while air temperatures were very mild. As settling dominated temperature
gradient metamorphism, the entire snow pack showed horizontal anisotropies until
mid January. In the last season, after three or four major snow fall events, almost no
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Figure 4.6 – Color profiles: vertically resolved anisotropy for 2009 - 2011, modeled by
Eq. (4.2) applied on snow profiles simulated with SNOWPACK. The dashed vertical lines
indicate the time when snow profiles were analyzed by µCT. Bottom: depth-averaged
anisotropy of the model compared with anisotropy measurements done with the SnowScat instrument.

precipitation occurred in March and April 2013, while temperature gradients caused
recrystallization of the entire snow pack into vertical structures. Even the upper
snow layers showed a significant vertical anisotropy which was not found in other
years where snowfall happened more frequently.
During snow melt, horizontal structures were modeled but could not be verified,
because no anisotropy measurements were possible by means of polarized microwaves
due to a limited penetration depth. When water is present in the snow pack, meltmetamorphism occurs which is not considered in our model. Therefore, the modeled

132

4.5 Results

Figure 4.7 – Color profiles: vertically resolved anisotropy for 2011 - 2013, modeled by
Eq. (4.2) applied on snow profiles simulated with SNOWPACK. The dashed vertical lines
indicate the time when snow profiles were analyzed by µCT. Bottom: depth-averaged
anisotropy of the model compared with anisotropy measurements done with the SnowScat instrument.

data during snow melt in April and May must be considered as speculative.
The comparison of the modeled and measured average anisotropy is generally good
(pearson−R = 0.85) and captures well all features of the measured data. However, for
some periods, systematic deviations were found. We think, that one reason might be
that SNOWPACK modeled generally stronger temperature gradients near the snow
surface and warmer temperatures for middle snow layers as is was measured by the
MeteoMast. Another reason could be, that we ignored any grain-size dependence of
the model and that the fine-grain size layers near the snow surface recrystallize faster
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than expected by the model.
From mid January to mid February 2012, a long period of very cold temperatures
caused strong recrystallization. However, our model was not able to capture the fast
recrystallization end of January and early February 2012 and generates too large
anisotropies mid of February, where an average anisotropy of -0.05 was measured.
Field measurements show, that in the early winter 2011/2012 finer grain sizes were
observed compared to other winter seasons [270]. In contrast to the discussed winter
season, our model was able to accurately simulate the recrystallization period from
February to mid April 2013, where recrystallization happened slower compared to the
previous season.
Missing radiation data which were reconstructed might be another reason for uncertainties of the modeled results. The short-wave reflection-data was reconstructed
from the short-wave incoming radiation between Nov. 2011 and March 2012. The
long wave incoming radiation data was reconstructed from Sept. to Dec. 2012. In
both periods, deviations were found.
Both, the single-layer and multi-layer model, have in common, that temperature
gradient metamorphism is modeled by temperature and temperature gradient. However, precipitation and settling are modeled differently. The single layer model is
parametrized by the measured precipitation, but SNOWPACK was set to derive fresh
snow from measured snow depth data. In the single layer model, the settling behavior
of fresh snow was parametrized by a simple time dependence. SNOWPACK models
the settling rate based on the viscosity, which relates stress and strain rates and takes
snow grain size and shape as well as temperature into account, and also considers settling of old snow due to rising air temperatures. Despite the differences, both models
could simulate the time dependence of the average anisotropy in good agreement
with the average anisotropy measured by means of polarimetric radar acquisitions.
Whereas simplicity is an advantage of the simple-layer model, the multi-layer model
less free parameters (4 instead of 5 or 7) and provides vertically resolved anisotropy
profiles which are compared with µCT data in the next section.
4.5.3 Validation with computer tomography
For validation of the results of both, the multi-layer and single-layer model, we compared the simulated anisotropy with anisotropy measurements done by computer
tomography. Sample preparation and processing of the CT-data is described in section 4.3.3. The three dates, when samples were taken at the test site are shown in
Fig. 4.6 and 4.7, and also in Figs. 4.2 - 4.5, as black vertical dashed lines. The results
of the computer-tomography measurements are shown together with measured radar
data and modeled results in Fig. 4.8. For comparison with the radar data as well as
with the results from the single-layer model, the anisotropy determined by computer
tomography, ACT , was averaged to obtain the depth-averaged anisotropy Aavg, CT .
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Figure 4.8 – Vertical profiles of the anisotropy, ACT , determined from computer tomography measurements. The modeled, vertically resolved, anisotropy, Amulti-layer , follows the
measurements, but gives too high values near the soil surface. For comparison, the measured depth-averaged anisotropies are shown as horizontal lines: computed from CT-data
(gray), and measured by polarimetric radar measurements (dashed, black). The results
of the single-layer model, Aavg, single-layer and also the average of the multi-layer model,
Aavg, multi-layer , are shown as colored ticks on the right of each graph. The snow depth measured during sample-taking for the CT-measurements is plotted as a vertical dashed black
line.

The average anisotropy measured with the polarimetric radar, Aavg, radar , agree
within a few percent with the average of the CT-data for the profiles CT-1 and CT2. The discrepancy for CT-3 is already discussed with respect to the problem of
sample-taking for very soft fresh snow in [89].
The results of the single-layer model, Aavg, single-layer , agree with Aavg, CT for CT1 and 2 within 3% or ∆A = +0.005 and +0.001, but deviate from the anisotropy
measured for CT-3 by 0.04. The comparison with Aavg, radar shows similar deviations
of -0.002 (-1%) and +0.005 (+11%) for CT-1 and 2 and -0.04 for CT-3.
The average anisotropy calculated from the multi-layer model, Aavg, multi-layer , deviates by 0.05 (29%) and 0.03 (47%) from Aavg, CT for CT-1 and -2, and by 0.07 from
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from CT-3. No percentages are given for the comparison with Aavg, CT of CT-3, because they would be extremely large due as the anisotropy Aavg, CT = −0.02 is very
close to zero.
All deviations found for the average anisotropy of the three profiles are smaller
than 0.05 (0.07 for CT-3). Compared to the range A = −0.1... + 0.3 of the simulated
and measured average anisotropy values sets the maximum error to a few ten percent.
Considering this with respect to the definition of the anisotropy, which is defined as
the normalized difference of the horizontal and vertical axis of snow crystals makes
this result remarkable.
The vertically resolved anisotropy measurements from computer tomography make
it possible to compare the simulated anisotropy profiles from the multi-layer model
with measured data. The simulated profiles of the anisotropy, Amulti-layer , are shown
as blue lines in Fig. 4.8. The simulated profiles are able to reproduce the measured
anisotropy profiles, ACT , shown as gray dots. The simulated anisotropy profiles are in
the same range as the scattered data points which represent the measured data, ACT .
Further, the modeled vertical distribution of the anisotropy agrees with the trend of
the measured data.
The largest deviations were found for the anisotropies of older snow layers near the
bottom of the snow pack, where the modeled anisotropy is less negative as the measured data suggest. The comparison of vertical snow temperature profiles measured at
the meteorological mast (Fig. 4.1) with simulated snow temperatures showed, that the
snow temperature simulated by SNOWPACK was often too high for lower snow layers,
despite the fact that the bottom temperature agreed with measured soil temperatures.
This resulted in temperature gradients which were estimated to be to low at the bottom. Consequently, the temperature-gradient dependent term of Eq. 4.2 was smaller
than expected from the measured temperature gradients. Therefore, we think, that
our model produced too low (too less vertical oriented) anisotropies in the lower snow
layers. Another reason could be, that the grain size dependence of metamorphism
was not considered in the presented data or that temperature gradient metamorphism
is stronger for vertical anisotropies compared to horizontal anisotropies as the crystal
orientation of metamorphic snow is less random than the one of fresh snow [271].
Alternative version of the multi-layer model, where either the relaxation term or
both, relaxation and the TGM-term, were weighted by the inverse grain size to account for faster recrystallization of small ice grains, did produce similar results as
shown in Fig. 4.6, 4.7, and Fig. 4.8. However, as the horizontal anisotropy of the topsnow layers decayed much faster, the magnitude of the anisotropies of both, the top
and bottom layers, were lower and agreed slightly worse with the measured CT data
shown in Fig. 4.8.
Another alternative version which we tested, is based on the work of [271]. They
proposed that the growth direction of snow crystals does not only depend on the
direction of the temperature gradient but also on the crystal orientation of existing
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crystals. The crystal orientation refers to the crystallographic orientation of crystals
and should not be confused with the orientation of the structural anisotropy which is
the focus of our paper. Crystals for which the dominant growth axis is more aligned
with the direction of the temperature gradient grow faster than crystals which axis is
randomly aligned. In [271] it is assumed, that the crystal orientation of fresh snow is
generally random, therefore they point out that a slower growth rate for fresh snow
is expected compared to old recrystallized snow where the dominant growth axis are
already aligned with the temperature gradient. An indication for this behavior can
be found when considering the growth of correlation lengths shown in Fig. 6 in the
publication of [219]. Nevertheless, more work is required to confirm this assumption.
We obtained slightly better agreements between measured and modeled anisotropy
time series as well as between the CT profiles and the modeled anisotropy profiles,
when we enhanced the TGM growth rate for vertical structures by a factor of 1.5 2.5.
The simulated vertical anisotropy profiles shown in Fig. 4.8 are not smooth curves
but show relatively large anisotropy fluctuations between different snow layers, especially near the surface. The fluctuations result from different settling rates of snow
which fell during different meteorological conditions. Fluctuations can not only be
found in the modeled data (Fig. 4.6 and 4.7), but also in the anisotropy profiles derived from the CT measurements. The fluctuations in the CT data do not result
from noise, as the representative elementary volume (REV) required for a statistically significant analysis was chosen well above the critical threshold. The analyzed
sample volume per data point ranged from 67 mm3 (512 × 512 × 256 voxel with 10 µm
voxel size for CT-1 and CT-2) to 917 mm3 (512 × 512 × 600 voxel with 18 µm voxel
size for CT-3). The representative elementary volume (REV) required to derive reliably estimates from CT measurements was found to be between 2 and 4 mm3 [42]
for density measurements. Both, measurements and simulations suggest, that there
are significant variations of the anisotropy within a few mm of the snow height. Such
fluctuations are known from density variations of different snow layers [79].

4.6 Conclusions
In this paper, a thermodynamic model was developed in order to describe the temporal evolution of the anisotropy of the snow pack. In the model, the evolution
of the anisotropy is determined by three contributions: snow settling leads to horizontal anisotropies, temperature gradient metamorphism causes growth of vertical
anisotropies and isotropic diffusion of water vapor dissolving existing anisotropies.
The three contributions are balanced by free parameters which were calibrated by
minimizing the difference between the modeled anisotropy and anisotropy measurements done every four hours during four winter seasons.
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The developed model consists of a multi-layer version which uses the snow profiles
simulated with the software SNOWPACK as input data. The multi-layer model was
simplified to obtain a single-layer model which does not require additional software
but can be parametrized by precipitation, air- and soil temperature. The modeled
(average) anisotropy of the snow pack ranged between -0.05 and and +0.2 and agrees
with an RMSE of 0.023 (single layer) and 0.035 (multi layer) with anisotropy measurements obtained from polarimetric radar acquisitions.
The free parameters of the models were discussed and we found, that the horizontal
anisotropy corresponds to only 20 - 30% of the total snow compaction.
The vertical anisotropy profiles generated with the multi-layer model were compared with anisotropy data obtained from computer tomography by means of spatial
correlation functions. For the three available profiles, the modeled was able to simulate the magnitude as well as the vertical distribution of measured anisotropies
which ranged between ±0.4. Both, the simulated as well as the measured anisotropy
profiles showed fluctuations of about ±0.1 which result from the different thermodynamic histories of individual snow layers and which are unlikely to originated from
measurement uncertainties.
The large observation time spanning four winter seasons with a sampling interval
of four hours builds an unique data source to study the evolution of the anisotropy
of snow. We think, that the developed model and the determined parameters are relevant for future consideration of the anisotropy in snow models. With the long time
series and the developed model we gained a deeper insight into the growth mechanisms of anisotropic snow crystal. The model not only enhances the understanding
of macroscopic anisotropic properties like thermal conductivity, mechanical stability
and electromagnetic properties, but confirms that the anisotropy measured by means
of polarimetric radar systems can not only be measured but can also be modeled
with a thermodynamic snow model which describes the temporal evolution of the
anisotropy of the snow.
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2 GAMMA Remote Sensing AG, Gümligen CH-3073, Switzerland.
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Abstract: Large scale mapping of snow water equivalent (SWE) is a longlasting request in many scientific and economical fields. Active and passive
microwave remote sensing methods are explored, as local methods cannot be
generalized due to the spatial inhomogeneity of the snow pack. Microwaves
interact with snow by absorption, scattering and refraction. For dry snow of a
few meters depth and frequencies below 20 GHz absorption and scattering in
the snow volume are negligible compared with the backscattered energy from
the underlying ground. The signal delay caused by refraction can be measured
with differential radar interferometry, but phase wrapping errors and temporal
decorrelation must be considered. We demonstrate that large ∆SWE can be accurately determined from dense time series of differential interferograms at Xand Ku-band by temporal integration. Lost phase cycles are reconstructed with
a two-frequency approach. Temporal decorrelation is minimized by a temporal
resolution of 4 hours. A linear function between ∆SWE and phase difference is
derived which deviates only a few percent from the exact solution and which
depends negligibly on snow density and stratigraphy. ∆SWE retrieved from
observations of the SnowScat instrument were validated against observed SWE
from different reference instruments, installed at a test site near the town of
Sodankylä, Finland. An accuracy below ±6 mm SWE was achieved at frequencies of 10 GHz and 16 GHz for up to 200 mm of ∆SWE. An exceptionally high
temporal coherence was observed for up to 30 days for dry snow, whereas for
wet snow it decayed within hours.

5.1 Introduction
Snow water equivalent (SWE) is an elementary input parameter for glacier mass
balance estimates and hydrological runoff models. Determination of SWE over large
areas using satellite remote sensing remains challenging, and current satellite-based
methodologies [9] are on par with land surface model estimates driven by atmospheric
reanalysis data [272]. SWE is defined as the depth of water which would be obtained,
if all ice contained in the snow pack were melted:
1
SWE =
ρw

Z

Zs

ρs (z) dz.

(5.1)

0

According to Eq. (5.1) SWE can be determined in situ and destructively by measuring
snow depth Zs and the depth dependent density ρs (z) relative to the volumetric mass
density of water ρw . The snow density, which is measured in the field by weighing
a defined snow volume, is approximated by ρs (z) = ρice · fv (z), the product of the
volumetric mass density ρice and the ice volume fraction fv (z).
In situ methods to determine SWE non-destructively are often based on sensors
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buried below the snow pack and which measure pressure, gamma radiation or acoustic
signal delays [273–275].
In contrast to in situ methods, remote sensing techniques allow coverage of large
areas. Not only airborne methods based on the absorption of gamma radiation [276–
279] but also passive space-borne sensors based on the microwave emission of the snow
pack [9, 10, 280] have a coarse spatial resolution on the kilometer-scale. Nevertheless,
passive microwave sensors represent the current state-of-the-art of SWE retrieval
methods; these sensors are applied operationally to generate daily estimates of SWE
[9, 10].
For high resolution SWE mapping, Synthetic Aperture Radar (SAR) sensors with
a resolution on the meter-scale are interesting candidates. Differential SAR interferometry (D-InSAR) has evolved into a common tool to detect small surface elevation
changes over large areas with a vertical accuracy of a few millimeters [142, 144]. This
accuracy is achievable by measuring the signal delay relative to the radar wavelength.
Snow also causes a signal delay which can be measured by differential interferometry. For dry snow (T < 0◦ C, no liquid water content present), the main energy is
reflected at the snow-ground interface. However the reflected signal is delayed by the
snow volume due to its refractive index, which, in turn, depends on snow density.
It has been shown in literature that the measured phase difference is proportional
and very sensitive to small changes ∆SWE [26]. Unfortunately, the need of at least
two acquisitions separated by a temporal baseline makes D-InSAR techniques susceptible to atmospheric disturbances and loss of coherence [183, 184]. Even when
the coherence is high enough, so that the phase difference related to snow can be
analyzed, local deformations caused by soil freezing [186], atmospheric effects [147]
and even just rough soil covered by a transparent dielectric layer [117] can impede
a successful SWE estimation. Furthermore, the high sensitivity to SWE can cause
phase wrapping problems as a ∆SWE of 3.3 cm corresponds to a full phase cycle
at C-Band [26]. Despite these problems, research about successful SWE estimation
has been published. Rott et al. [28] applied airborne data at L-band from October
and February and retrieved SWE values matching measured snow depth data from
weather stations in the region, using snow free corner reflectors as a phase reference.
At C-Band, the autumn-winter coherence was lost, but a change in SWE after snowfall could be detected, by comparing two ERS acquisitions separated by 6 days [28].
Limited by a rapid loss of coherence, D-InSAR applications for snow focus on shortterm effects like the detection of wind-drift patterns affecting the mass-distribution
of snow [27, 29]. To overcome the phase-wrapping problem, delta-k methods have
been suggested [281, 282]. However, these are still affected by coherence loss due to
a large temporal baseline. Having a large set of SAR acquisitions available, small
baseline subset techniques (SBAS) have been developed to get a high temporal and
spatial resolution for deformation monitoring [283]. For regions with a very high
temporal decorrelation, like snow- or wetland-covered areas, SBAS techniques have
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been refined to small temporal baseline subsets (STBAS) to minimize the temporal
decorrelation [284, 285]. Short time series of retrieved ∆SWE have been reported
using ground based acquisitions at C-band with a temporal baseline of 14 min [286].
In this paper we present a method to derive ∆SWE over entire winter seasons from
dense time series of coherent radar acquisitions. The method is based on differential interferometry which applies to both real aperture and synthetic aperture radar
systems. A two frequency approach is used to reconstruct lost phase cycles from
phase-wrapping. Decorrelation is minimized by a fast sampling interval of the used
radar acquisitions. The presented method is insensitive to short term phase fluctuations, as these are removed by integrating the phase difference over time. We show
that the integrated phase difference depends almost linearly on ∆SWE and is almost
independent on snow density and stratigraphy. Thanks to the linear dependence,
the integrated phase difference can be accurately inverted to obtain ∆SWE. The
proposed method is demonstrated and validated by measurements of the SnowScat
instrument, a terrestrial real aperture radar system. Time series ∆SWE(t) determined over four winter seasons were validated against observed SWE from different
reference instruments on the ground.

5.2 Instrument and Experiment
The method to integrate differential interferograms, as described later in this paper, was applied on radar acquisitions collected by the SnowScat instrument. The
data were acquired at a test site near the town of Sodankylä in northern Finland between October 2009 and May 2013. The SnowScat instrument was developed and built in order to analyze the backscatter response of snow within the
ESA ESTEC project KuScat Contract No. 42000 20716/07/NL/EL. Results obtained from the SnowScat instrument were validated with field measurements, supported by the Nordic Snow Radar Experiment (NoSREx), ESA ESTEC contract
22671/09/NL/JA/ef which formed a part of the phase-A studies for the CoReH2 O
mission [287].
5.2.1 SnowScat: Instrument Description and Experimental Setup
The SnowScat instrument was manufactured as a fully polarimetric, coherent, continuouswave stepped-frequency radar by GAMMA Remote Sensing AG [234, 288]. Mounted
on a 9 m high tower, the system can rotate around a vertical axis (azimuth) and can
change the elevation angle θ (schematically shown in Fig. 5.1). Technical specifications of the instrument are given in Table 5.1. The instrument calibration, done once
per campaign, consisted of the instrument characterization in an anechoic chamber
and an additional characterization in the field. A calibration loop, made of an attenuator which connects the antenna feeding cables, is used to correct for internal system
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Figure 5.1 – The instrument with two horn antennas can rotate around the vertical axis
(azimuth) and can illuminate different elevation angles θ.

drifts and gain variations. A metallic sphere with a diameter of 25 cm was used as an
external reference target to verify the instrument performance during the whole time
of the experiment. A second reference target, a metallic plate, was used from Oct,
2011 until June, 2013. During the acquisition period of four years, the exact antenna
position was changed by a few mm due to system maintenance.
5.2.2 Data Acquisitions and Test Site Description
A measurement sequence was run every four hours autonomously by the instrument
based on a preprogrammed acquisition schedule plan. One measurement sequence
started with an acquisition of the reference target (sphere), then a scan of both sectors
of the test site with different azimuth and elevation angles and ended with another
acquisition of the reference target. Both sectors are shown in Fig. 5.2 together with
the position of the reference sphere.
As shown in Fig. 5.3, the two sectors were divided into subsectors of 6◦ according to
the beam width of the instrument. Each subsector was measured with four different
elevation angles θ from 30◦ to 60◦ . All data were acquired in full polarization mode
(HH, VV, VH, HV).
The backscatter signal, averaged over all available acquisitions during the dry snow
period of winter 2012/2013 is shown in Fig. 5.3(left) as a polar plot. Some subsectors of sector 2 (θ = 40...60◦ for az = -142◦ ...-148◦ as well as -166◦ ) were disturbed
by trees, especially at lower frequencies where the beam width was larger. These
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Table 5.1 – Technical specifications of the SnowScat instrument
frequency range
polarizations
band width
frequency resolution
slant range resolution
slant range pixel spacing
antenna height H
incidence angle θ
azimuth angle az
temperature range
antenna footprint
(FWHM, -3 dB)
azimuth beam width
(FWHM, -3 dB)
elevation beam width
(FWHM, -3 dB)

9.2 - 17.8 GHz
quad pol (switched mechanically)
8.6 GHz
3.072 MHz
3 cm (full bw + hamming window)
15 cm (2 GHz hamming window)
17.4 mm
9.6 m above ground
used: 30◦ ... 60◦ (max: -40◦ ... 110◦ )
-180◦ ... 180◦
-40◦ C ... +40◦ C (stabilized to +25◦ C )
1.5 m at θ = 30◦ , 13.5 GHz
5 m at θ = 60◦ , 13.5 GHz
10.7◦ (VV), 7.7◦ (HH) at 10.2 GHz
6.7◦ (VV), 5.2◦ (HH) at 16.8 GHz
7.7◦ (VV), 10.7◦ (HH) at 10.2 GHz
5.2◦ (VV), 6.7◦ (HH) at 16.8 GHz

subsectors were excluded from the analysis. The trees are also visible in the shaded
relief obtained from terrestrial 3D-laser scans (Fig. 5.3(right)).
Both sectors of the test site contain mineral soil covered by low lichen, moss, heather
and some tree stumps. During the whole time of the experiment, sector 1, the ”soil
sector”, remained in its natural state. On 23-08-2011, Sector 2 was was smoothed,
filled with sand, and covered by a metallic mesh. The mesh shielded the underlying
soil in order to isolate purely snow-specific effects.
5.2.3 Meteorological Instruments
Several meteorological instruments were installed at the test site (Fig. 5.2). An automatic weather station (AWS), located 500 m north of the SnowScat instrument,
measured snow depth, air temperature, wind speed, precipitation and other meteorological parameters once per minute. In a snow pit near the instrument, SWE and
snow density were measured manually at least once per week. The Gamma Water
Instrument (GWI), an experimental instrument to measure SWE, was located close
to the snow pit about 10 m from sector 1. The GWI determined SWE by absorption
of gamma radiation in the snow pack from a radiation source below the snow cover.
Daily mean values were calculated to obtain statistically significant results from the
gamma counts. The daily mean values were calibrated with manual SWE measurements from the snow pit. Additionally to the GWI, SWE was also determined from
the accumulated precipitation measured by the AWS. Owing to the spatial distance
between both instruments, the AWS data showed some systematic deviation from
the GWI data. SWE derived from the SnowScat instrument was in best accordance
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Figure 5.2 – The SnowScat instrument was mounted on a 9 m high tower to scan the two
sectors every 4 hours. The reference target (sphere) can be located just behind a tree; the
other reference target (metallic plate) is hidden behind the trees close to sector 2. The GWI
and the snow pit are located about 10 m from sector 1. The AWS is located 500 m north of
the test site. Some passive microwave sensors are located on a lower tower at the bottom
of the image.

with SWE measured by the AWS and GWI, when the data of both instruments were
combined into a synthetic reference (for details see last paragraph of section 5.6.1).
5.2.4 SnowScat as an Interferometer
The original main purpose of the SnowScat instrument was to analyze the backscatter
properties of snow. However, this section demonstrates that the instrument, which
was constructed as a coherently operating radar, can also be used for interferometric
measurements. The long-term phase drifts and daily phase fluctuations are small
enough to keep the measurement error of SWE well below 6 mm as it is shown below.
To determine the phase stability of the system, the range variations ∆r = R(t) −
Rref between the reference sphere and the instrument were analyzed by differential
interferometry. A fixed reference distance Rref measured from the instrument to
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Figure 5.3 – Left: average backscatter signal for the winter 2012-2013 at 13.5 GHz (bw =
4.4 GHz) shown in the Lexicographic representation (RGB = (HH, XX, VV)). Both sectors
were scanned with four different elevation angles θ. For each θ, the antenna pattern appears
as a concentric circle. The sectors are defined by their azimuth-angles. The reference targets
are visible at az = 107◦ (sphere) and az = 132◦ (plate) as white dots at near range (10.2 m
and 11.8 m). Sector 2 shows some backscattering from trees (az = -142◦ , 148◦ and -166◦ ).
Right: shaded relief computed from terrestrial laser scanner data (08-10-2010). The left
site of sector 1 is about 1 m higher than sector 2. The grid indicates the range and azimuth
coordinate system of the instrument. Ellipses show the -3 dB antenna footprint at 9.2 GHz
(white) and 17.8 GHz (black).

the sphere was defined for each measurement period, defined as the time between
two maintenance events. During maintenance, Rref changed by a few mm to cm
(Tab. 5.2), when the instrument was remounted or cleared from snow. Between two
maintenance events, the range to the sphere R(t) deviated less than ∆R = 5 mm from
Rref (Fig. 5.4, black line. Tab. 5.2 shows numerical results).
A range displacement ∆r causes an error in SWE estimation. To estimate this
error the following formulation is provided: A refractive medium with permittivity 
√
and thickness ∆z would increase the optical path length by ∆r = ∆z(  − 1). For
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Table 5.2 – Reference distance Rref between sphere and SnowScat instrument; The Root
mean square error (RMSE) and maximum error for |R(t) − Rref | are listed.
Measurement period
29-10-2009 - 19-03-2010
19-03-2010 - 02-07-2010
28-09-2010 - 16-06-2011
18-11-2011 - 19-01-2012
19-01-2012 - 18-06-2012
27-09-2012 - 19-10-2012
16-11-2012 - 30-01-2013
30-01-2013 - 28-02-2013
28-02-2013 - 21-05-2013

Rref (cm)
1006.7
1005.1
1015.0
1023.6
1024.3
1024.6
1024.2
1023.1
1022.7

RMSE (mm)
0.8
1.1
1.4
1.0
1.6
0.9
0.8
0.6
0.5

max err.(mm)
2.4
3.0
3.9
2.8
4.4
3.3
1.8
2.6
1.6

snow, with a homogeneous density, this term can be rewritten using Eq.(5.1) as
∆r = ∆SWE ·

ρw √
(  − 1),
ρs

(5.2)

√
where the factor ρw /ρs · (  − 1) can by approximated by 0.82 ± 0.04 (see Eq. 5.3).
Consequently, a range uncertainty ∆r of 5 mm would correspond to an uncertainty
of ∆SWE = ∆r/0.82 ≈ 6 mm.
The range-variations derived from differential interferometry were also compared
with range-variations, determined by analyzing the backscatter signal. Thanks to the
large bandwidth of the system (bw =8.6 GHz) it was possible to focus the signal with
a range resolution of 17 mm. At this resolution, the peak position in the backscatter
signal of the sphere was determined with sub-pixel accuracy. The results differ from
the results obtained by differential interferometry less than 1.5 mm (black vs. gray
line in Fig. 5.4). From the difference of 1.5 mm between the interferometric and the
backscatter analysis we conclude a long-term phase stability less than 1.5 mm/(2λ) ≈
12◦ (using the central frequency of 13.5 GHz). The short-term drifts ±5 mm are
attributed to movements of both the instrument tower and the mast of the reference
sphere.
Between March and September, the distance to the reference target showed daily
variations of 3-4 mm (gray vertical lines in the background of Fig. 5.4)). The distance
to the target was typically a few mm larger in the morning hours. The same variations
were also observed for the secondary reference target, the metallic plate (data not
shown). The daily variations appear when air temperatures are close to or above the
temperature of the heat sink. As the daily variations are periodic, they do not affect
the long-term stability of the phase and do therefore not affect the accuracy of SWE
estimation.
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Figure 5.4 – Range variations R(t) − Rref between the SnowScat instrument and the reference target (sphere) measured by differential interferometry (black line) and by identifying
the peak in the backscatter signal of the sphere (gray line). Both lines show daily averages.
Vertical lines separate measurement periods between maintenance events (e.g. remounting
the instrument). Rref. for each period is given in Table 5.2. The raw data from individual interferometric measurements (thin gray lines in the background) show daily variations
during spring season.

5.3 Physical Properties of Snow
5.3.1 Microwave Interaction with Snow
The relevant processes of snow-microwave interaction depend on both the macroscopic
snow permittivity and the internal snow structures larger than a few millimeters.
The macroscopic, relative permittivity ε =  − j00 is determined by sub-wavelength
structures of the snow volume. Dry snow can be described as a mixture of ice and
air, whereas wet snow contains additionally a certain fraction of liquid water [196].
The real part  determines the signal delay and is composed of the permittivities of
ice and air. Both permittivities have almost no frequency dependence between 10 MHz
and 100 GHz [68,69,71,289]. In this range,  depends only – slightly nonlinearly – on
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Figure 5.5 – Left: real part of permittivity  versus snow density ρs . Right: frequencydependence of penetration depth δ at ρs = 0.3 g/cm3 for different volumetric water contents
mv (solid lines) and grain sizes (dashed) defined by the exponential correlation coefficient
pex (mm). The optical grain diameter D0 is about an order of magnitude larger: pex ≈
0.16...0.4D0 [77]. The dotted lines indicates a penetration depth of 2 m. The frequency
range in which the SnowScat instrument operates, is shaded in gray.

the snow density ρs (Fig. 5.5(left)) and can be expressed [88] as
(
ρs ≤ 0.4 g/cm3
1 + a1 ρs + a3 ρ3s
h
i
3
(ρs ) =
1/3
1/3
(1 − ρρices )h + ρρices s
ρs > 0.4 g/cm3 .

(5.3)

The constants are given by a1 = 1.5995 cm3 /g, a3 = 1.861 cm9 /g3 , ρice =0.917 g/cm3 ,
h = 1.005 and ice = 3.179 (adapted from [87]).
The imaginary part 00 determines the penetration depth and specifies if snow appears transparent, absorbing or just as a reflecting surface. In an absorbing medium,
the penetration depth δ is defined by Beer-Lambert’s law I(x) = I0 e−x/δ which describes the decay of intensity I with propagation distance x. The absorption is very
sensitive to the liquid water content mv [88], so that δ decreases to 3 m for mv = 0.01%
and to 4 cm for mv = 1% at 16 GHz. Compared to 16 GHz, the penetration depth
increases by two orders of magnitude at 1 GHz. For dry snow the absorption is very
weak, resulting in penetration depths of 10 - 20 m for ρs = 0.3 g/cm3 at 16 GHz and
can reach several hundreds of meters for frequencies below 1 GHz. The penetration
depth over frequency is plotted for different water contents in Fig. 5.5(right), according to the Microwave Emission Model of Layered Snowpacks (MEMLS, [87, 90]). In
order to apply our method on the data of the SnowScat instrument operating between 9.2 and 17.8 GHz penetration and consequently dry snow with mv < 0.01% is
required.
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Volume scattering, which would decrease the penetration depth, can be neglected,
as long as dielectric inhomogeneities (ice lenses and pipes, density variations) contained in the snow volume are much smaller than the radar wavelength. The dashed
lines in Fig. 5.5(right) show the penetration depth due to volume scattering for different snow grain sizes. The optical grain diameter D0 is related to the exponential
correlation coefficient pex ≈ 0.16...0.4D0 as shown in [77] and is equivalent to pec used
in MEMLS [87]. The largest values of pex ≈ 0.3 mm were observed for depth hoar [77].
Ice inclusions on the cm-scale, depth hoar or clumpy snow fallen from vegetation are
assumed to be the main sources for surface or volume scattering at frequencies below
20 GHz.
5.3.2 Snow Density
The propagation speed of microwaves in dry snow depends on snow density. The
density ρs as used in Eq. (5.1) and (5.3) was defined by the product of ice volume
fraction fv and ice density ρice . Note, that ρs approximates the volumetric mass
density of snow ρsnow = ρice · fv + ρair · (1 − fv ) by neglecting the density of air ρair .
Snow density which is measured in the field by weighing results in ρ0s = fv · (ρice − ρair )
due to the buoyancy in air and approximates consequently ρsnow as well. However,
both approximations deviate less that 0.002 g/cm3 from ρsnow . Hence, they do not
affect SWE measurements significantly.
For fresh snow, the density ranges between 0.03 and 0.12 g/cm3 [290, 291]. The
density increases by settling and metamorphosis with time, so that densities of 0.2
to 0.5 g/cm3 are commonly observed at the end of a winter season [165,166,259,292].
Seasonal snow almost never exceeds the critical density ρcrit. = 0.55 g/cm3 , in which
ice grains are arranged in a random-closed packed structure [293,294]. Only deep firn
on glaciers and ice sheets reaches the pore-closing density of 0.83 g/cm3 by sintering
and diffusion. The density 0.917 g/cm3 of solid ice is obtained by high pressure [294,
295]. In the snow pit at the test site, a snow density of 0.1 g/cm3 was measured in early
winter, which increased to 0.3 g/cm3 shortly before snow melt. Snow density is never
completely homogeneous but varies horizontally and vertically [81, 296]. Horizontal
variations on the meter-scale can be addressed by the high spatial resolution of an
active microwave sensor, whereas vertical variations are addressed in subsection 5.4.7
in this paper.

5.4 Method
This section describes a method to determine the water equivalent of an accumulating
dry snow pack from time series of differential interferograms. The method is based
on the work of [26], but extends it with a linear relation between phase delay and
∆SWE which - contrary to previous publications - does not depend on snow density.
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In contrast to Guneriussen et al. [26], who considered how snow affects InSAR based
elevation models, our method is optimized to determine large ∆SWE from time series
of differential interferograms.
The temporal integration of differential interferograms avoids the problem of phase
wrapping, minimizes decorrelation and can measure phase differences of many hundred radians. The method is insensitive to orbit uncertainties and atmospheric disturbances, therefore it is well suited for air- and space-borne sensors. The method
is limited to dry snow, as a sufficiently low liquid water content is required that microwaves can still penetrate the snow volume. Further, the radar wavelength must be
significantly larger than the snow grain size or other inhomogeneities or inclusions in
the snow pack so that volume scattering can be neglected. Although the presented
method is easier to apply for lower frequencies, the temporal resolution of the SnowScat instrument of only 4 hours allowed us to apply this method even at 16 GHz. The
successful application of this methods demonstrates not only a new method to determine accurately large ∆SWE but also shows that volume scattering can still be
neglected at such high frequencies at 16 GHz.
In the following subsection, we describe the general method how to take advantage
of a series of differential interferograms to determine the total phase-delay induced by
a dry snow pack and discuss how the method can be applied for space-borne sensors.
Then, we extend the basic method with a multi-frequency approach to reconstruct
lost phase cycles which occur at high radar frequencies and for large ∆SWE. We
show that ∆SWE is an almost linear function of phase difference, and analyze the
relevant approximations with respect to snow density and incidence angle. We finish
this section by extending the method to a snow pack with an arbitrary number of
layers.
5.4.1 Integration of the Differential Phase
The integration of phase differences obtained from a time-series of differential interferograms makes it possible to separate phase fluctuations which are not correlated
in time, from phase drifts which increase or decrease significantly in time.
Definition 1: Let φsignal (t) be a phase signal which increases over time, reaches values
of many radians and is not wrapped (not given by modulo 2π).
Definition 2: Let φfluct. (t) be a phase fluctuation which fluctuates by a few radians
around zero.
The total phase signal is then given as
φ(t) = φsignal (t) + φfluct. (t).

(5.4)

With differential interferometry, the absolute phase difference cannot be determined.
Only the relative phase difference modulo 2π is measurable. When two measurements
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are available, one at t = t0 and one at t = t1 , the measured phase difference would be
φ(t1 , t0 ) = [ (φsignal + φfluct. ) (t1 )
− (φsignal + φfluct. ) (t0 ) ]

mod 2π.

(5.5)

As a result of the modulo operation, the information φsignal is now covered by the
unknown fluctuation φfluct. and cannot be retrieved from φ(t1 , t0 ). However, with an
infinitely dense sampling in time, the difference (5.5) takes the form of a differential
dφ, which makes it possible to retrieve the unwrapped phase signal by integrating the
differential phase with respect to time:
Z

φ1

Z

t1

dφ =

φ(t1 , t0 ) =
φ0

t0

d
(φsignal + φfluct. ) (t)
dt

= φsignal (t1 , t0 ) + φfluct. (t1 , t0 ).

(5.6)

Phase wraps are hence avoided and the original signal φsignal (t) can be extracted.
By definition of the two signals, the signal-to-noise ratio increases for an increasing
total phase difference, as the sum of fluctuations does not increase due to their mean
value around zero. In a realistic case, an infinitely dense sampling will be replaced
by a discrete sampling with an interval of ∆t = ti+1 − ti . As long as both the signal
φsignal (t) and the fluctuations φfluct. behave continuously in time and vary slow enough
that no phase wraps occur, the condition
|(φsignal + φfluct. ) (ti+1 ) − (φsignal + φfluct. ) (ti )| < π

(5.7)

is fulfilled. This condition is required, as the phase difference φ(ti+1 ) − φ(ti ) can
only be determined between ±π by applying the two-argument variant of the arctangent on the complex-valued interferometric coherence. For high radar frequencies
and heavy snowfall between two acquisitions this condition can be violated which
results in phase-wrapping errors. As we show in subsection C, this condition can be
circumvented, and lost phase cycles can be recovered by applying a multi-frequency
approach.
As long as condition (5.7) is fulfilled or lost phase cycles can be recovered, Eq. (5.6)
can be replaced by
φ(tN , t0 ) =
=

i=N
X

(φsignal + φfluct. ) (ti+1 ) − (φsignal + φfluct. ) (ti )

i=0

= φsignal (tN , t0 ) + φfluct. (tN , t0 )
which is applicable for acquisitions done with a finite sampling interval.
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5.4.2 Coherence considerations
A key requirement for the method is, that the interferometric coherence is maintained
between two succeeding acquisitions. If the coherence is lost, two consecutive time
series have to be joined which are connected by an incoherent gap where the phase
difference is lost. Even when the missing phase difference is set to zero, phase noise
from the adjacent interferograms before and after the incoherent gap does not cancel
out, as it would be the case for a completely coherent time series. Too many incoherent
gaps will therefore degrade the overall signal-to-noise ratio.
A main reason for coherence loss of snow-covered terrain is a change of liquid water
content in the snow volume due to positive temperatures, melting or rain. Coherence
loss during temperatures below zero can be observed when strong winds lead to a
redistribution of snow. Both effects, melting and redistribution, cause a change in
SWE. Coherence loss at constant SWE might be observable when e.g. weak layers
in the snow structure collapse by gravity or external forces. Also vegetation above
the snow cover can influences the coherence , when plants deform by the weight of
snow or just by wind. Consequently, interpolating incoherent gaps by zero or nonzero
phase values has to be done carefully to avoid additional errors in SWE estimation.
In order to minimize the loss of coherence while retaining the sensitivity to small
changes in SWE, the radar frequency and the temporal resolution must be chosen
appropriately. High frequencies allow an accurate retrieval of ∆SWE but are very
sensitive to wet snow and phase wrapping errors which can arise from a too low
temporal sampling rate. With lower frequencies, the coherence decays slower, liquid
water has a less limiting effect on the penetration depth and phase-wrapping errors
are less likely. Still, SWE retrieval is less accurate due to longer wavelengths. The
optimal radar frequency and sampling interval have to be chosen according to the
expected air temperatures and according to the expected amount of snowfall between
two acquisitions.
5.4.3 Initial phase value φ(t0 )
With the described method it is only possible to determine a time series of phase
differences φ(t, t0 ) starting at time t0 which is then used to determine ∆SWE(t, t0 ).
For the determination of the total SWE(t), the first acquisition must be done before
the first snowfall and coherence should never be lost. However, quite often winter
starts with a mix of warm and cold temperatures, leading to some accumulation of
wet snow which freezes when temperatures drop constantly below zero. As wet snow
leads to a strong decrease in coherence, our methods works best for regions which are
covered only with dry snow. In order to capture this initial accumulation of wet snow,
low enough radar frequencies must be used which are less sensitive to the liquid water
content of snow so that coherence is maintained during the early winter precipitation.
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For higher frequencies, an assumption has to be made to estimate the initial quantity SWE(t0 ) to determine the total SWE(t) = ∆SWE(t, t0 ) + SWE(t0 ). A wrong
assumption about SWE(t0 ) adds an additional error source to the method. However,
often early winter snow melts and contributes not or only little to the winter snow
pack.

5.4.4 Application on air- and space-borne sensors
For single-frequency systems, Eq. (5.7) is very restrictive and is only easy to fulfill
for ground-based instruments with a high temporal resolution or low enough frequencies. For air- and space borne systems, reference points (corner reflectors or other
permanent scatterers not affected by snow or even large enough snow free surfaces
like low mountain valleys) are necessary to reduce orbit uncertainties, system drifts
and atmospheric delays below ±π. Phase errors larger than ±π are acceptable if they
increase continuously with distance from a reference point (as it is e.g. the case for
atmospheric or ionospheric delays) to allow spatial phase unwrapping. Phase errors
fulfilling Definition 2 averaged out compared to the signal of interest which increases
in time (Definition 1).
Unfortunately, systematic phase errors resulting e.g. from imprecise digital elevation models do not fulfill Definition 2 and mix with the signal of interest φsignal . How4πB⊥
ever, the phase error due to topography (height sensitivity given by dφ/dz = λR
sin θ
[156]) can be kept small if the interferometric baseline B⊥ is much smaller than the
product λ · R of radar wavelength and distance R to the target. Soil deformation
on the order of mm would bias the snow signal by a few mm but can be neglected
according to equation (5.2).
Coherence loss and lost phase cycles are currently the major drawbacks for the
application of differential interferometry on air- and space-borne acquisitions. We
analyzed time series of differential interferograms taken by the satellite TerraSAR-X
at 9.65 GHz over snow-covered terrain and observed a strong coherence loss within
the repeat time of 11 days. The phase differences at X-band wraps from π to −π
already at a change in SWE below 9 mm, which is possible to happen within 11 days.
However, a less sensitive method has been suggested to estimate the depth of fresh
snow by using polarimetric phase differences [140]. Further, a reduction of the radar
frequency to 1 GHz makes phase-wrapping very unlikely as phase-wraps occur not
until a ∆SWE of more than 80 mm. Therefore, air- and space-borne systems are
suited to apply our method when low enough frequencies are used. Low frequency
systems with high repeat times like TanDEM-L [297] are promising candidates.
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Figure 5.6 – A displacement, measured with two different frequencies (fj and fk ) by
differential interferometry, is represented by a phase tuple (ψj ,ψk ). Phases which exceed
±π (gray) are wrapped into a square between ±π. As long as the phase tuples (φj , φk )
which belong to different multiples of 2π do not occupy the same space between ±π, lost
phase cycles can be recovered.

5.4.5 Multi-frequency / Delta-k Extension
For frequencies of several GHz, the probability of phase-wrapping caused by large
changes in SWE increases. In this subsection, we describe how lost phase cycles can
be recovered with a multi-frequency approach to circumvent the limiting condition of
Eq. 5.7. The approach applies for radar sensors which either have a sufficiently large
bandwidth or which operate in at least two different frequency bands. This approach
is closely related to delta-k and multi-frequency methods to determine the absolute
phase of a SAR interferogram [281, 298, 299].
Let ∆L be an optical path delay of the signal. Let fj and fk be the center frequencies of the two frequency bands with j, k = 1...N with N being the total number of
available frequency bands. For the j-th frequency band, the resulting phase difference is then given by ψj = 2π∆L/λj which can exceed 2π for delays larger than the
wavelength λj . As the two-argument variant of the arctangent returns only values
between ±π the measured phase differences φj and φk for two different frequency
bands are related to the total phase differences ψj and ψk by
∆L
λj
∆L
ψk = φk + m · 2π = 2π
λk
ψj = φj + n · 2π = 2π

(5.9)
(5.10)

with two integer numbers n, m ∈ Z. The frequency ratio fj /fk must not be a too
simple fraction a/b (with not too small integers a, b ∈ N) as otherwise phase-tuples
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Figure 5.7 – The phase delay due to snow can be calculated from the optical path length
difference ∆R = nsnow ∆Rs − ∆Ra . The microwaves propagate the distance ∆Rs (solid line)
in snow with the permittivity (ρ) = n2snow and the distance ∆Ra (dashed) in air. The
resulting phase difference is given in Eq. (5.14). The absolute distance Rs = Ra from the
sensor to the common wavefront, cancels out in the difference.

(φj , φk ) are mapped on each other by phase wrapping in the space between −π and
π (Fig. 5.6) for different unwrapped phase values (ψj , ψk ). To avoid ambiguous
mapping, the relative difference of two frequencies 12 |fj − fk |/|fj + fk | must be larger
than the relative phase noise φnoise /(2π). The unwrapped phase values (ψj , ψk ) can
be determined by solving
|(φj + n · 2π) −

fj
(φk + m · 2π)| ≤ φnoise
fk

(5.11)

for the two integer numbers n, m which are closest to zero. For a noise-free system,
φnoise would be zero. In a realistic system, φnoise corresponds to the expected phase
noise which depends on the magnitude of the coherence and the system. Solving
Eq. (5.11) corresponds to finding a line parametrized by ψk (ψj ) for a two-frequency
system in a 2D-space. When more frequencies are available, the line ψk (ψj1 , ..., ψjN −1 )
will be defined in an N-dimensional space which has the advantage that phase-tuples
(φ1 , ..., φN ) are much less likely to be mapped onto each other which simplifies the
determination of the integer tuples (n, m, ...) and the determination of absolute phase
values.
5.4.6 Proportionality of the Differential Phase and ∆SWE
This section shows that there is a nearly linear dependence between ∆SWE and
the signal delay, measured by the differential phase ∆Φ. The signal delay can be
derived from the geometry as illustrated in Fig. 5.7. Let P be a point on the ground
which is covered with snow of a height ∆Zs . After traveling the distance Rs from the
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sensor, an optical beam with plane wave fronts will be refracted at point Q to reach
point P after propagating a distance ∆Rs in snow with permittivity . For snow free
conditions, after traveling Ra = Rs from the sensor, the optical beam will pass the
point Q0 without refraction, and will reach point P after propagating the distance
∆Ra in air. The difference ∆R in the optical path length which describes the delay
due to snow relative to snow free conditions, is given by
√
(5.12)
∆R = (Rs +  · ∆Rs ) − (Ra + ∆Ra ).
Replacing first ∆Rs = ∆Zs / cos θs , ∆Ra = ∆Rs cos(θ − θs ) and applying the cosine
√
addition theorem and rewriting then sin θ = n sinpθs by Snell’s law (n =  being the
refractive index of snow) and replacing cos θs = 1 − sin2 θs leads to


sin θ sin θs − n
∆R = −∆Zs cos θ +
cos θs


p
= −∆Zs cos θ −  − sin2 θ .
(5.13)
The same path delay results when the depth of an already existing snow cover changes
by a positive or negative ∆Zs due to snow redistribution or snowfall and the underlying layers remain unchanged. In both cases, the resulting two-way phase difference
∆Φs = 2 · 2π ∆R
is given by
λ


p
2
(5.14)
∆Φs = −2ki ∆Zs cos θ −  − sin θ .
{z
}
|
=: ξ(θ,ρs )

The incoming radar beam vector is defined by ki = 2π
with λ being the central
λ
wavelength of the radar. The radar incidence angle with respect to the snow surface
is given by θ. The same expression was derived by [26, Eq. (6)] and was approximated
for the special case of ERS acquisitions and not too high snow densities [26, Eq. (8)].
Here, we analyze the linearity of the term ξ(θ, ρs ) to derive a more general, still simple
and invertible linear function ∆Φs (∆SWE).
The snow density dependent term ξ(θ, ρs ) shows an almost linear dependence on
ρs (Fig. 5.8(left)). However a good series expansion of the square root fails due
to a limited convergence radius of the Taylor series, consequently ξ can only be
approximated for small ρs and θ. For ρs < 0.4 g/cm3 , with respect to Eq. (5.3), the
factor ξ can be rewritten as
!
r
3
a
ρ
+
a
ρ
1 s
3 s
ξ 0 (θ, ρs ) = cos θ 1 − 1 +
.
(5.15)
cos2 θ
To first order of ρs and for small θ, Eq. (5.15) can be approximated by
a1 ρ s
.
ξ 0 (θ, ρs ) = −
.
2 cos θ
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Figure 5.8 – Left: the expression ξ(θ, ρs ) as defined in Eq. (5.14) has an almost linear
dependence on snow density for a wide range of incidence angles θ. Right: comparison of
ξ(θ, ρs ) (solid lines) with the approximation ξ 00 (θ, ρs ) (dashed lines) for α = 1 and different
densities over incidence angle.

The expression ξ 0 deviates significantly for larger snow densities from ξ as defined in
Eq. (5.14). However, it can be shown numerically that Eq. (5.16) can be replaced by
a very similar expression which is valid for all possible densities of snow and ice and
a wide range of incidence angles and which deviates only by a few percent from the
exact expression ξ. It is given by
ξ 00 (θ, ρs ) := −


α
1.59 + θ5/2 · ρs /ρw .
2

(5.17)

The factor 1.59 was determined empirically but coincides with a1 in Eq. 5.3 when
approximating Eq.(5.14) for low densities and small incidence angles.
For a fixed α = 1, the approximation ξ 00 deviates from the exact solution ξ by a
few percent at large θ and ρs [Fig. 5.8(right)]. To compensate for this deviation, an
optimal α was determined by minimizing the RMSE of |ξ − ξ 00 | within the considered
range of snow densities, 0 ≤ ρs ≤ ρmax , and for a fixed θ. Fig. 5.9(left) shows the
optimal values for α. The optimal α is very close to 1 for common incidence angles
(< 50◦ ). Interestingly, the nonlinear form of ξ compensates the nonlinear dependence
of (ρs ) so that ξ 00 , using αopt , deviates not more than 3% RMS from the exact solution
ξ for all snow densities and incidence angles θ < 50◦ [Fig. 5.9(right)]. For a fixed
α = 1 and θ < 50◦ the maximum error |ξ − ξ 00 |/ξ is below 10%. For the SnowScat
experiment with ρs < 0.4 cm3 , θ ≤ 65◦ and using αopt an error below 7% is expected.
For the special case of ERS data (θ = 23◦ ) and snow of very low density (α = 1.02)
ξ 00 (θ, ρs ) converges to the factor 0.87·ρs which was obtained by [26].
A linear relation between the differential phase ∆Φs and ∆SWE is now obtained
by replacing ξ with ξ 00 in Eq. (5.14) and writing Eq.(5.1) as ∆SWE = ∆Zs · ρs /ρw
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Figure 5.9 – Left: the optimal value of α, used in equation in Eq. (5.17) to minimize the
RMSE of |ξ 00 − ξ|, depends on incidence angle and the maximum expected snow density
ρs ≤ ρmax . Right: using the optimal value αopt , the RMSE of |ξ 00 − ξ| is below 3% for
incidence angles < 50◦ (black contours). For a fixed α = 1, the maximum error is below
10% for θ < 50◦ but increases significantly for larger incidence angles (gray contours).

with a constant snow density ρs and snow depth ∆Zs .
∆Φs = 2ki ·


α
1.59 + θ5/2 · ∆SWE.
2

(5.18)

The sensitivity analysis (Fig. 5.9) shows that this approximation is valid for a wide
range of incidence angles and densities.
5.4.7 Effect of Layered Snow Pack
Equation (5.14) and its approximation (5.18) were derived under the assumption that
the density of snow is constant. This section extents the description to a multi-layer
snow pack with different densities as it is typically found in nature.
The geometry of a multi-layer system is shown in Fig. 5.10. An electromagnetic
wave starting from the point Q1 on the common wave front is refracted at each layer
boundary until it reaches the point P on the ground. The snow-free reference path
(straight line connecting Q0 on the common wave front and P ) can be split into parallel
sections ∆Ra,j (dashed) with the same total length. The sections ∆Ra,j correspond
to the snow free optical path which would have a single layer in the geometry of Fig.
5.7. By summing the optical path-differences for each layer, ∆Rtot is given as
∆Rtot

N
X
=
(∆Rs,j − ∆Ra,j ).
j=1
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Figure 5.10 – The phase delay for a multi-layer system is given by the sum of individual
delays per layer. The individual delays are described by Eq. (5.14) using  = (ρj ) for each
specific layer j, but keeping θ as the radar incidence at the snow surface. The density ρj
does not necessarily have to increase towards the ground.

The delay caused by each layer can be described directly by Eq. (5.14). The propagation angle in the first layer of snow is given by the radar incidence angle θ and
Snell’s law nair sin θ = n1 sin θ1 . The incidence angle in the next layer is given by the
refraction indices of the first and second layer by n1 sin θ1 = n2 sin θ2 and so on, so
that the propagation angle of the j-th layer can be calculated with respect to the
original radar incidence angle θ by
nair sin θ = nj sin θj .

(5.20)

Eq. (5.14) describes the phase difference measured from a common wave front to the
target, once measured perpendicular to the wavefront (free space path, Q0 P in Fig.
5.7) and once under the propagation angle in the medium with dielectric constant 
(path in snow, Q...P in Fig.5.7). This principle applies at each wavefront 1...N in a
layered medium (Fig. 5.10). For each layer, the free space path is given by Q0j Qj+1
and the path in snow by Qj Qj+1 . It follows that the total expected phase difference
for N layers can be expressed as


N
q
X
2
∆Φs = −2ki
∆Zs,j cos θ − j − sin θ .
(5.21)
j=1

Approximation (5.17) can also be applied here, as θ is the radar incidence angle which
does not depend on layers. Writing terms which do not depend on j in front of the
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sum, Eq. (5.21) can be rewritten as
N
 X
α
1.59 + θ5/2 ·
∆Zs,j · ρs,j /ρw
2
j=1

α
= 2ki 1.59 + θ5/2 · ∆SWE
2

∆Φs = 2ki

(5.22)

which is equivalent with Eq. (5.18). Hence, assuming that Eq.(5.17) is valid, there
is a linear relation between ∆SWE and the differential phase ∆Φs for a natural snow
pack which consists of an arbitrary number of layers with different densities.
Due to the slight nonlinear dependence of Eq. (5.14) on ρs , different values ∆Φs are
expected when the total ∆SWE is kept constant, but layers with different densities
ρs,j are assumed. To estimate the expected fluctuations, ∆Φs was calculated for a
system of 10 snow layers with a random density distribution and a random thickness
distribution. The layer thickness was uniformly distributed and normalized to get a
constant ∆SWE. The densities ρs,j were normal distributed between 0.01 and ρmax ,
where ρmax < ρice is the maximal expected snow density which could occur in the
simulated, layered snow pack. The relative standard deviation σ∆Φ /h∆Φi for the
ensemble of 10 random layers with constant ∆SWE was found to be below 4% for all
snow densities and θ < 50◦ (Fig. 5.11(left)). The relative RMSE between the exact
solution for a multi-layer model (Eq.(5.21)) and the approximation for a fixed α = 1
(Eq.(5.22)) is below 6% for θ < 50◦ (Fig. 5.11(right)). For the SnowScat experiment
an additional, statistical error below 7% can be expected, due to different densities
in a multi-layer system.
Concluding the theory, the analysis of the systematic errors for a single layer and the
statistically distributed errors for a multilayer model showed that Eq. (5.22) is a valid
approximation which allows to determine ∆SWE with an accuracy of a few percent.
For an optimal α and common incidence angles < 50◦ , thep
total error can be estimated
by summing the errors of Fig. 5.9(right) and 5.11(left): (3%)2 + (6%)2 ≈ 7%. For
a fixed α = 1, the total error
p can be estimated summing the errors of 5.9(right),
(6%)2 + (4%)2 + (6%)2 ≈ 9%. For √
the SnowScat using
5.11(left) and 5.11(right):
an optimal α and incidence angles up to 65◦ a maximum error of 7%2 + 7%2 ≈ 10%
can be expected.

161

Chapter 5 Snow Water Equivalent Measured by Differential Interferometry

Figure 5.11 – Left: relative standard-deviation σ∆Φ /h∆Φi of the differential phase with
respect to a system of 10 layers with a fixed, total ∆SWE but random thickness and density.
The density of each layer was choosen between 0 and ρmax . Right: relative RMSE between
∆Φs from the exact solution Eq. (5.21) and the approximation Eq. (5.22) for α = 1 (fixed)
for the system of 10 layers.

5.5 Data Processing
∆SWE was determined by processing raw data of the Snow-Scat instrument into
differential interferograms which where then analyzed with the method described
above.. The required processing steps to determine ∆SWE are described in the
following subsections.
5.5.1 Raw Data to Single Look Complex
For each azimuth- and elevation angle, the SnowScat instrument scanned the full
frequency bandwidth, resulting in 2800 IQ-value pairs, one pair per frequency step.
Each pair represents the amplitude and phase measured by the receiving antenna with
respect to an internal oscillator. The full measured spectrum was windowed with a
Hamming window of bandwidth bw to select a center frequency f . The bandwidth
bw is defined as the Full-Width-of-Half-Maximum (FWHM) of the Hamming window.
The resulting frequency-domain-signal was converted into time-domain by an energypreserving Fourier transform, obeying Parseval’s identity. The time-domain signal
S(r) was windowed to valid ranges r between 10 and 29 m, corresponding to the first
ground reflection at nadir and a far range reflection at about θ = 70◦ . In order to
compensate the decreasing backscatter intensity in range, the amplitude S(r) was
multiplied by r2 . The antenna pattern was not corrected, as it acts as a natural
weighting function for the signal-to-noise ratio. As for the interferometric processing
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only the phase of the signal is of interest, no normalized radar cross section signal σ0
(NRCS) was processed. Each time-domain signal S(r) measured at time t represents
a one-dimensional SLC acquisition. Time-series of SLC acquisitions S(r, t) were used
in the interferometric processing.
5.5.2 Interferometric Processing
Differential interferograms were formed from the complex coherence γ = |γ| expiφ
between each pair of acquisitions measured at t1 and t2 > t1 . The coherence was
calculated as
Pr=r1
∗
r=r0 S(r, t2 ) · S(r, t1 )
(5.23)
γ (t2 , t1 ) = q P
.
 Pr=r1
r=r1
2
2 ·
|S(r,
t
)|
|S(r,
t
)|
1
2
r=r0
r=r0
For two consecutive acquisitions measured at time ti+1 and ti , the differential phase
is given by φ = φ(ti+1 ) − φ(ti ). Time series of differential phases were used for
summation according to Eq. (5.8). From this equation, the total phase difference
∆Φs = φ(t, t0 ) was obtained for a given time t (= tN ) during the winter with respect
to a reference acquisition at time t0 when the dry snow period started.
The size of the coherence window was adapted for two cases: a) in order to cover the
antenna footprint of 1 to 6 m, a window size of 60 to 300 pixels was used (depending
on incidence angle), and b) in order to create spatially high resolution maps, a window
size of 20 pixels, corresponding to 35 cm slant-range resolution, was used.
Coregistration can be required if the backscatter-patterns S(r) of both acquisitions
are displaced with respect to each other, either by sensor displacement or by a signal
delay caused by snow. For interferograms with a temporal baseline of ∆t = 4 h,
no coregistration was required. For larger temporal baselines, coregistration was
required when heavy snowfall occurred between two acquisitions. For ∆t > 30 days,
coregistration failed partially due to complete decorrelation.
To minimize decorrelation, a temporal baseline of 4 h was used to calculate ∆Φs
and to determine ∆SWE. While the coherence magnitude |γ| was always very close
to one for dry snow, it was highly reduced during periods of wet snow. Therefore,
the reference acquisition was chosen in November when temperatures dropped below
zero and the coherence showed stable values close to one. ∆Φs was summed until
April/May, when snow melt caused a sudden loss of the coherence (|γ| ≈ 0.4), and
no reliable phase differences could be obtained any more (a detailed analysis of the
coherence is given in section 5.6.5 and F).
The phase differences of acquisition pairs with γ < cmin were excluded and set
to zero. During periods of dry snow, the coherence was always above 0.9, so that
the threshold set to cmin = 0.5 did not affect the calculation of ∆SWE. However,
∆SWE estimates during wet snow periods in November and April were improved by
a threshold of 0.5. For data with larger temporal baselines a carefully selected lower
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threshold is required to exclude wrong phase differences. A too high threshold would
exclude valid acquisitions and ∆SWE would be underestimated whereas a too low
threshold would introduce additional phase errors.
5.5.3 Determination of SWE
After calculating ∆Φs by phase integration, the total phase difference was converted
into ∆SWE according to Eq. (5.18):
∆SWE(t, t0 ) =

∆Φs (t, t0 )
α · ki (1.59 + θ5/2 )

(5.24)

The parameter α was chosen according to the incidence angle θ and for ρmax < 0.3
according to Fig. 5.9(left). For the time-series analysis, the elevation angle θ from the
instrument settings was used, as only the mean differential phase within the antenna
footprint was determined. In order to compare the obtained ∆SWE with terrestrial
laser-scanner data, the incidence angle was calculated for each range sample with
respect to the system geometry. The free-space wave vector ki = 2π
follows from the
λ
selected central frequency f .
The frequency-range of 9-17 GHz in which the SnowScat instrument operates involves two additional complications: Loss of coherence during periods of wet snow as
well as phase-wrapping during periods of intense snow fall. Lost phase cycles were
reconstructed with the two frequency-approach described in section 5.4.5. Coherence
loss appeared in early winter until the time t0 when the dry snow period started. The
loss of coherence made it impossible to determine the initial SWE(t0 ) which accumulated before the time t0 and froze afterwards. Therefore, SWE(t0 ) was estimated
from the GWI and added to ∆SWE(t, t0 ) obtained from Eq. (5.24) to determine the
total SWE(t).

5.6 Results and Discussion
Time series ∆SWE(t) were derived at central frequencies of 10.2 GHz and 16.8 GHz.
Both time series were validated with ground measurements and were compared with
each other. Using the two-frequency approach as well as a polarimetric analysis, we
show that dry snow is still transparent at 16 GHz. In the last two subsections, the
temporal evolution of the coherence as well as the coherence decay for different snow
conditions is discussed.
5.6.1 Time Series of SWE over four Winter Seasons
∆SWE(t) derived from the SnowScat instrument (SSI) was compared with SWE
measurements obtained from the automatic weather station (AWS), the gamma water
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Figure 5.12 – SWE derived for sector 1 compared to measurements of the GWI, the AWS
and the snow pit. The SnowScat data (ensemble of gray lines) was processed using a twofrequency approach with 10.2 GHz and 12.5 GHz and a bandwidth of 2 GHz. The coherence
threshold was set to 0.5. The time t0 , when SWE(t0 ) was set, is indicated by a dashed gray
line in Nov. or early Dec. In April, a second vertical dashed line indicates the onset of snow
melt.

instrument (GWI) and manual SWE measurement from the snow pit. All available
data from the SSI, four years for sector 1 and three years for sector 2, were processed.
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Figure 5.13 – SWE derived for sector 2 compared to other instruments. Same processing
settings as in Fig. 5.12 (f1 = 10.2 GHz, f2 = 12.5 GHz). Sector 2 is surrounded by trees,
therefore a few mm less SWE compared to sector 1 is expected. At 12-12-2012 the mesh was
cleared from snow. SWE(t0 ) was set to 10 mm instead of 0 mm for better visual comparison
in Dec. 2012.

Time series ∆SWE(t, t0 ) were calculated separately for each azimuth- and elevationsubsector of sector 1 and 2 according to Eq. (5.24). Phase differences exceeding ±π
were recovered with the dual frequency approach described in subsection5.4.5. The
individual time series of each subsector are shown together as an ensemble of gray
lines in the background of Fig. 5.12 and 5.13. The time t0 of the reference acquisition,
at which each time series ∆SWE(t, t0 ) started, is indicated for each year by a vertical
dashed line in November or early December. The initial value SWE(t0 ), which was
estimated from the GWI, is given for each year above a horizontal gray line. A second
vertical dashed line indicates the onset of snow melt in April.
The results of sector 1 obtained at 10.2 GHz (plus 12.5 GHz to recover lost phase
cycles) follow accurately the values obtained from the GWI, the AWS and the snow-
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pit measurements during the dry snow period (Fig. 5.12). Within each winter,
∆SWE(t, t0 ) reaches values between 150 and 250 mm. In autumn, 15 to 71 mm of
wet snow accumulated until t0 , and which could not be measured at the frequency
spectrum of the instrument due to a limited penetration depth. After the onset of
snow melt in early April, the time series show unreliable results, again due to a very
limited penetration depth. Compared to sector 1, sector 2 was covered with about
20 mm less SWE (Fig. 5.13). As sector 2 is located between trees, some precipitation
was presumably screened by surrounding trees. In the last season of the experiment,
sector 2 was manually cleaned from snow on Dec. 12, 2012. For a better visual comparison, SWE(t) was therefore set to 10 mm for all instruments in December when
the snow was removed (lower panel of Fig. 5.13).
Systematic deviations were found between SWE(t) obtained from the SSI and SWE
obtained from the AWS (dashed black line in Fig. 5.12 and 5.13). While the AWS
precipitation data deviates significantly (up to 40 mm) from the SSI data on time
scales longer than weeks, the short-term signal of the AWS increases quite parallel to
the SSI data. In contrast to the AWS, SWE(t) follows accurately the long-term trend
of the GWI signal, which is unfortunately quite noisy on timescales below weeks
(max. deviation up to ±30 mm SWE). As the AWS is located about 500 m north
of the SnowScat instrument, the systematic deviations can be partly attributed to
spatially varying precipitation.
In a more quantitative comparison, SWE values determined for all subsectors of
sector 1 from SSI data were correlated with SWE values determined from AWS and
GWI data during dry snow periods (Fig. 5.14, upper left and right). As already
observed in the time-series, the GWI data is more noisy, whereas the AWS shows systematic deviations. To benefit from both the accurate short-term measurements of
the AWS and from the long term stability of the GWI, a synthetic reference SWEREF
was calculated by combining the low frequency spectrum of the GWI (low pass filtered, time constant τ >14 days) and the high-frequency spectrum of the AWS (high
pass filtered, time constant τ <14 days). SWEREF correlates significantly better with
SWESSI . Compared to the GWI or AWS data, the RMSE is reduced from 8.1 mm
and 14.1 mm to 5.4 mm (Fig. 5.14(lower left)). The relative mean deviation RMD,
which is a measure for the relative accuracy of the method, is given by


|SWESSI − SWEinstr. |
(5.25)
RMDSWEmin = mean 1
/2(SWESSI + SWEinstr. )
and was calculated for each validation instrument instr. = ∈ {AWS, GWI, REF} and
for SWE > SWEmin = 10 mm. For SWE between 10 and 220 mm, an RMD of only
4.5% was found when the SSI data was compared with the synthetic reference. When
increasing the frequency to 16.8 GHz (plus 14.5 GHz to recover lost phase cycles)
neither the RMSE nor the RMD change significantly (Fig. 5.14(lower right)). The
fact that the results at 10.2 GHz are almost identical to the results computed at
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Figure 5.14 – SWE derived from SnowScat instrument (SSI) using a dual-frequency approach compared with three different sources. Upper left: SSI vs. SWE derived from
the GWI by nuclear absorption measurements; upper right: SSI vs. accumulated precipitation from the AWS; lower left: SSI vs. SWE calculated from a synthetic reference
REF which combined the AWS and GWI signal spectrally; lower right: SSI operating at
16.8 GHz(+14.5 GHz) vs. SWE from the synthetic reference REF.

16.8 GHz shows that the method works for X- and even for Ku-band radar systems
and that volume scattering for the dry taiga snow found at test site can still be
neglected at frequencies up to 16.8 GHz.
5.6.2 Two-frequency Extension
The multi-frequency approach of section 5.4.5 improves the computation of ∆SWE
significantly. During heavy snowfall, the phase difference measured by the SSI exceeded ±π within 4 h frequently. Fig. 5.15 shows scatter plots of measured phase
differences φi+1 − φi for the two frequency pairs used to compute ∆SWE(t). Phase
differences which did not require the reconstruction of lost phase cycles are shown
as gray dots between ±π inside the black squares of Fig. 5.15). Black dots between
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Figure 5.15 – The differential phase φi+1 − φi between two acquisitions separated by 4 h
can exceeds ±π. Left: at 10.2 GHz only a few phase wraps occur. Right: at 16.8 GHz
a significant part of phase values are larger than ±π so that a two-frequency approach is
required to derive the correct differential phase.

±π (inside the square) represent phase differences, for which phase cycles were lost.
These phase differences were identified and unwrapped by solving Eq. (5.11). Not
more than one phase cycle was lost for any phase difference. The unwrapped phase
differences are shown as black dots outside of the square in Fig. 5.15. While at
10.2 GHz only a few phase differences exceeded π, already a significant fraction of the
phase differences measured at 16.8 GHz required unwrapping.
A direct comparison of the dual- and single-frequency approach is shown in Fig.
5.16. In contrast to the dual-frequency where SWE(t) agrees within 4 mm RMSE
(and a maximum error of 14 mm), phase wraps cause a significant underestimation
at 16.8 GHz in the single frequency approach where the RMSE increases to 11 mm
(and the maximum error to 68 mm). The direct comparison of the results for both
frequencies confirms the conclusion of the previous subsection that volume scattering
is still largely negligible at 16.8 GHz, at least for the typical taiga snow pack observed
in Sodankylä. The agreeing results show that the scattering center was located at
the snow-ground interface for both frequencies.
5.6.3 Polarization Dependence
The agreement between validation data and SWE derived by differential interferometry (Fig. 5.14) is a strong indication that volume scattering is minimal at 10 and
even at 16 GHz. For volume scattering, a polarization-dependent scattering center
was suggested which is located above the ground [188]. If the scattering-center of
one of the polarizations VV, HH, or VH were not at the snow-ground interface, the
integrated phase difference and consequently the estimated SWE would be polariza-
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Figure 5.16 – Correlation of SWE computed at different frequencies for dry snow with a
dual frequency approach (left). The agreement with an RMSE of only 4 mm SWE between
both frequencies is a strong indicator, that volume scattering is still negligible at 16.8 GHz.
In the single frequency approach (right), phase wraps cause a significant underestimation
of SWE at 16.8 GHz compared to 10.2 GHz.

Figure 5.17 – Correlation of SWE computed for different polarizations at 16.2 GHz with
a dual-frequency approach (16.2 + 14.5 GHz). Left: the results at VV and HH polarization
agree within 3.7 mm RMSE. Right: at cross-pol (VH) SWE is minimally underestimated
by 2% compared to VV.
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tion dependent. In our analysis, no difference in SWE was found between VV and
HH polarization (Fig. 5.17(left)). Compared to VV, 2% less SWE were derived for
the VH polarization (Fig. 5.17(right)). The difference of 2% was found for all four
combinations of (VV and HH) with (VH and HV). For the difference, no frequency
dependence was found and SWE derived from the VH polarization was also 2% lower
at 10.2 GHz.
Large crystals of depth hoar at the snow-soil interface might be an explanation for
the observed difference. Polarimetric phase differences φVV − φHH of a few degree
which were found to be proportional to the depth of fresh fallen snow [140], are
too small to have an influence on SWE estimation, as phase difference of up to 240
radians were measured in this paper. The observation that the scattering center is
the snow-ground interface for every polarization, agrees with the previous conclusion
that volume scattering of dry snow can still be neglected at 16 GHz.
5.6.4 Comparison of SWE with Laser Scans
Despite the fact that snow depth (SD) does not necessarily correlate with SWE, SD
derived from a terrestrial laser scanner (TLS) was compared with SWE computed
from the SnowScat instrument. The snow depth difference ∆SD was computed from
differencing elevation models measured by the TLS at two different times. The SWE
difference (∆SWE) was determined by integrating phase differences, starting from
the time of the first TLS acquisition until the acquisition date of the second one. For
cases, when the first snow fall occurred after the first acquisition, integration was
started just before the first snow accumulated to avoid phase noise originating from
wet soil or melting snow.
As expected, ∆SWE correlates very weakly with ∆SD (scatter plots in Fig. 5.18).
Nevertheless, some patterns still match in the 2D-plots for ∆SWE and ∆SD which
are shown in the first and second column of Fig. 5.18.
In the first row the correlation is very weak. Snow temperatures were well below zero so that ∆SWE was not affected by a limited penetration. However, ∆SD
was affected by snow settling during the time of almost three months between the
acquisitions which reduced the correlation.
In the second row the correlation over two months time difference seems to be
higher. However, a large difference was found between the two sectors. On sector
1, From January to March 2011, 5 cm less snow accumulated but ∆SWE was a few
mm higher compared to sector 2 (second scatter plot in Fig. 5.18). Lower values of
∆SD in the far-range of sector 1 suggest a stronger snow settling compared to the
near-range which can be understood by a longer sun exposition. Air temperatures
barely below zero and webcam images support this assumption.
For the third and fourth row of Fig. 5.18, ∆SWE was affected by wet snow in
October 2010 and November 2011 and SWE retrieval was not very reliable due to a
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Figure 5.18 – Snow depth difference ∆SD compared with ∆SWE from the SnowScat
instrument. The dates of the laser scanner acquisitions to calculate ∆SD are given above
the plots. First column: Difference ∆SWE in radar coordinates. Second column: Snow
depth difference ∆SD, converted into radar coordinates. Third column: scatter plots of
∆SWE vs. ∆SD. For the three lower rows, SnowScat data for both sectors (sect. 1 and
sect. 2) were available. The scatter plots contain data from both sectors: sector 1 (black
dots) and sector 2 (gray dots).
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very low coherence. Nevertheless, a weak correlation was found between Oct. 2011
and Dec. 2011 (last row). For the last two rows of Fig. 5.18 ∆SD and ∆SWE
were 5 cm and 10 mm smaller for sector 2, probably due to surrounding trees which
absorbed some precipitation.
The low correlation shows that no direct relation between snow depth and SWE
exists, even on very small spatial scales of a few meter. Especially during winter,
the comparison of height information does not correspond to ∆SWE as snow settling
causes a change in snow height, even when SWE does not change.
5.6.5 Temporal Decorrelation of Multipass Coherence
Temporal decorrelation and wet snow are the main limiting factors for a successful
determination and integration of differential phases. In this subsection, time series
of the multi-pass coherence γ [S(t1 ), S(t1 − ∆t)] between two consecutive acquisitions
with a temporal difference of ∆t = 4 h are discussed with respect to meteorological
conditions, especially snow drift. The time series of coherence are shown in Fig. 5.19
together with meteorological data for four winter seasons.
During periods of dry snow (limited by the vertical dashed lines in Fig. 5.19),
the magnitude of the coherence remained very high |γ| > 0.994. As the dry snow
was still transparent at 10 - 16 GHz, the coherence was primarily determined by soil
properties. Soil temperature but also soil moisture were quite constant, due to the
temperature insulating effect of snow. Further, vegetation which was fixed within
the snow volume could not move and did therefore not affect the coherence. After
snow melt set in and air temperatures rose above zero, the coherence decayed within
hours to values of 0.3 - 0.7 and stayed low until all snow had melted. At the end of
May, when the soil was snow free, |γ| increased to values of 0.7 - 0.994, but never
reached values as high as during the dry snow period. During snow free conditions,
soil moisture and vegetation affected by wind altered the scattering properties of soil,
consequently the coherence was reduced.
While generally the coherence was very high in the dry-snow period, a few events
still caused a significant coherence loss during winter. The most interesting event
occurred during the night from 2nd to 3rd of March, 2010. Within a few hours, the
average coherence dropped continuously from 0.999 to 0.6 and increased afterwards
continuously to 0.999 again. The coherence did not decrease simultaneously for all
subsectors, but dropped at patches with different range and azimuth values at different times. 15-20 mm SWE accumulated one day before the event. Wind gust up to
15 m/s were observed by the AWS during the event. Pictures from a webcam which
captured the test site every 15 minutes showed the development of sastrugi and confirmed significant snow drift. Similar events, where snow drift reduced the coherence
happened at 27-01-2010, 16-12-2010 and 02-01-2012. Almost no coherence loss was
observed for strong winds after the snow has settled already.
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A man-made coherence reduction was observed at 01-03-2013 when a trench was
dug into sector 1. The trench was visible as a very local coherence loss in the near
range of the instrument. Heavy snow fall without wind drift reduced also the coherence, as an increasing signal delay caused small shifts between acquisitions leading
to a weak misregistration of consecutive scenes. Wet snow falling ontop of dry snow
caused a major coherence loss between 11-04-2012 and 16-04-2012. Interestingly, after subsequent refreezing the coherence recovered completely before snow melt finally
set in end of April.
Compared to air- or space-borne acquisitions, it is surprising that the coherence
was very high during winter. While a strong coherence loss is known for wet snow
[183, 184], we show that the coherence can be very high for dry snow. A reason could
be that at the test site the vegetation was completely covered and fixed by the snow
volume and consequently it could not be moved by wind or be bent under the weight
of snow. For air- or space borne acquisitions the coherence will decay much faster also
for dry snow as vegetation which is protruding from the snow will be moved slightly
in its position due to weather conditions and the weight of snow and will therefore
reduce the coherence.
5.6.6 Decay of Multipass Coherence
The large amount of acquisitions allowed us a detailed insight into how the coherence
decayed in time. The coherence decay was analyzed for each of the three characteristic periods during the experiment: dry snow, snow melt and no snow. Statistical
properties of the coherence γ(t, t−∆t) between two acquisitions separated by the time
∆t were determined. For each acquisition at time t, γ was calculated for 50 randomly
selected acquisitions with ∆t ranging between 4 h and 60 days. Several ten-thousands
of acquisition pairs were evaluated for each of the three periods.
During the dry snow period, the coherence decayed almost linearly from 1 to 0.7
within 20 to 30 days and decayed faster for higher frequencies (Fig. 5.20). As already
observed in the previous section, the coherence during snow melt was very low (mean
between 0.25 and 0.4, Fig. 5.21(left)), and decayed faster than the shortest time
interval (4 h) between two consecutive acquisitions. As shown in Fig. 5.21(right) for
snow free conditions, the coherence decayed within 5 to 7 days below 0.7, but stayed
significantly higher (mean between 0.4 and 0.6) compared to snow melt. Comparing
snow free and dry snow conditions, the coherence shows larger values for a dry snow
pack.
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Figure 5.19 – Meteorological data and temporal coherence (∆t = 4 h) of consecutive
acquisitions (sector 1) during the four seasons of the experiment. Air temperature (2 m
above ground), snow depth, the 6-h mean wind speed and the 6-h maximum wind gust
speed were measured by the AWS. Two vertical dashed lines delimit the dry snow period.
The coherence magnitude |γ| was calculated for f = 10.2 GHz, bw = 2 GHz, θ = 30◦ ,
azimuth subsectors were averaged. To facilitate the identification of small coherence losses
during the dry-snow period, the y-axis was piecewise linearly scaled. Horizontal break lines
at |γ| = 0.994 and 0.95 separate different linear scales. A third gray dashed line indicates
the coherence threshold of |γ| = 0.5 which was used to determine SWE(t).
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Figure 5.20 – Coherence decay shown as 2D histogram for a temporal baseline ∆t from 0
to 60 days between two acquisitions. The coherence decay is shown for 10.2 GHz (left) and
16.8 GHz (right). All acquisitions were coregistered to each other to compensate range-shifts
due to a snow related signal delay.

Figure 5.21 – Coherence decay during snow melt (left) and snow free conditions (right) at
10.2 GHz for ∆t between 0 and 25 days. During snow melt, the coherence decayed within
less than four hours (mid. April - mid. May) to values below 0.5. In the summer season,
the coherence shows a large variety of values but is generally lower compared to dry snow
conditions (Fig. 5.20).
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5.7 Conclusions
We developed a method to derive ∆SWE from time series of differential interferograms and extended the SWE dependent phase delay, originally calculated by [26]
to all realistic densities of snow and also to inhomogeneous, layered snow packs. A
sensitivity analysis with respect to snow density and incidence angle showed a very
weak dependence on snow density. Phase wraps which occurred due to heavy snow
accumulation between two acquisitions were reconstructed with a two-frequency approach.
The method was successfully demonstrated by determining ∆SWE up to 200 mm
from data of the SnowScat instrument at frequencies between 10 and 16 GHz, obtained
from dry taiga snow in northern Finland. The results agree within an RMSE of ±5
to 15 mm SWE with validation measurements, depending on which validation data
set/instrument was used.
Results obtained at 10 GHz agree within 4 mm SWE with results at 16 GHz. The
agreement between both frequencies is a strong indication that volume scattering in
dry taiga-type snow, as it was present at the test site, can still be neglected at 16 GHz.
SWE data determined at different polarizations agreed within 2-3% and supports the
observation that the main scattering center is located at the soil-snow interface.
The coherence decay was analyzed in detail. During periods of dry snow, a very
high coherence was maintained which decayed within 20 - 30 days. For wet snow, the
coherence decayed in less than 4 h. For dry snow, the coherence was exceptionally
stable, as all vegetation was covered by the snow volume and was not affected by
weather. When considering air- or space-borne SAR acquisitions, vegetation above
the snow will cause decorrelation, as the load of snow on vegetation will quickly change
with meteorological conditions, causing a fast rearrangement of scatterers, resulting
in a fast coherence decay. Consequently, the method, which relies on differential
interferograms, is better suited to regions with low vegetation covered by snow.
With our method applied at frequencies above 10 GHz we showed that large ∆SWE
of dry snow can be accurately determined for regions with long periods of cold temperatures. The method might also be suitable for regions with partially wet snow like
alpine regions, when lower frequencies are used which can penetrate wet snow and
which are less sensitive to temporal decorrelation and phase wrapping. A radar system with a high repeat time operating at low frequencies might be best suited for the
proposed method. At lower frequencies, it might even be possible to determine the
total SWE(t) including the first layer of wet early winter snow. The optimal frequency
has to be determined by a trade-off between high accuracy from short wavelengths
and an increasing robustness at low frequencies with respect to penetration into wet
snow and loss of coherence. Using snow free reference points on the ground and fast
repeat cycles, future space-borne SAR sensors should be able to use the proposed
method to determine SWE(t).
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Chapter 6
Coherence Loss by Snow in X-band Differential
SAR Interferometry
6.1 Introduction
Temporal coherence between two radar scenes is indispensable for the determine
changes of the snow water equivalent (SWE) by means of differential interferometry [26]. For the determination of SWE during an entire winter season, the coherence
must be obtained between the large majority of consecutive acquisitions [145], as
otherwise atmospheric phase delays introduce large errors which make SWE determination impossible. Atmospheric phase delays can be compensated if stable reference
points, e.g. coherent or permanent scatterers, exist, and if the signal from the reference points is not delayed by snow cover. In contrast to atmospheric delays, a loss of
coherence cannot be retrieved or corrected.
Only a few publications exist which show systematic analyses of coherence losses
over snow covered terrain. Two kinds of temporal decorrelation effects are important
for snow covered terrain. For dry snow which can can considered as a transparent
effective medium (cf. Section 1.4.3) only changes in snow depth or density cause a
temporal decorrelation, e.g. due to wind redistribution of snow or gravity induced
settling.
Using ERS data (C-Band) during the 3-day orbit repeat cycle period, very high
coherence values (γ > 0.98) were observed over dry snow during [29]. Also for 6 days,
the coherence was large enough to obtain changes in SWE by means of differential
interferometry [28]. High coherence values (γ ≈ 0.8...0.9) for ERS within 3-day were
also observed by [300] for dry snow. In a ground based experiment at C-Band, which
was conducted parallel to the ERS acquisitions, the coherence was almost one for dry
snow (γ ≈ 1.0 for ∆T = 30 min). Experiments performed at C-Band with a ground
based radar showed that the coherence for dry snow remains very high and decayed
from 1 to 0.85 within 24 hours [301]. Experiments during mainly dry snow conditions
at C-band with possible refreezing around noon showed that the coherence stayed for
over 2.5 days above 0.5 for 95% of the evaluated pixels [30]. At S-band, more than
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99% of pixels showed a coherence above 0.5 after 2.5 days [30].
Interestingly, a faster decay of the coherence was observed for snow free conditions
compared to dry snow conditions [300]. This was also observed in [145] (section 5.6 in
this thesis) and is explained by the fact that vegetation is fixed by a surrounding dry
snow volume, whereas the vegetation can move by wind, and can change its water
content by rain or solar radiation.
For wet snow, the temporally changing distribution of the water content as well
as melting and refreezing cause a strong and quickly changing spatial distribution
of the complex permittivity, and consequently a fast change of the reflected phase
pattern. Therefore, the coherence for wet snow is quickly lost. The first coherence
loss for wet snow was observed by [183] in L-Band data acquired by SIR-C, where the
coherence between April (wet snow) and October (no snow) was completely lost. In
ERS 1/2-Tandem time series with a repeat interval of 1 day, a strong coherence loss
(γ ≈ 0.4...0.6) was observed during refreezing snow conditions [300]. In the ground
based experiment conducted at the same time at C-Band, the coherence decreased
quickly during surface melt (γ ≈ 0.5...0.8 for ∆T = 20 min) and decreased even faster
when the entire snow pack was wet (γ ≈ 0.2...0.6 for ∆T = 20 min).
The aim of this study is to evaluate the potential of TerraSAR-X time series for
SWE estimation by means of differential interferometry.

6.2 Formation of differential interferograms for TerraSAR-X
Large stacks of differential interferograms were evaluated to obtain a statistically
significant analysis of the average coherence over snow covered terrain from TerraSARX (TSX) acquisitions.
The TSX acquisitions were coregistered and resampled by with a self-written interferometry processor for coregistration, geocoding, and topographic phase removal
from single- and multi-pass interferograms. The topographic phase was calculated
based on orbit-parameters provided with the TSX-acquisitions and by using the
SwissALTI3D digital elevation model provided by SwissTopo (Source: Swiss Federal
Office of Topography). The topographic phase was removed before the differential
interferogram was calculated.
The interferometric pairs were checked for their perpendicular baseline to avoid
geometric decorrelation. The orbits of TerraSAR-X, and also TanDEM-X, are defined
within a tube of 250 m diameter [302]. The calculated baselines were found to agree
within this definitions and were found to vary between ±250 m.
The coherence was calculated using a Gaussian coherence window with a fullwidth-of-half-maximum (FWHM) of 9 px. Depending on analysis a histogram of the
coherence was calculated either for the entire scene or for a specific subset of the
scene to characterize different landscapes.
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6.3 Evaluation of seasonal coherence statistics
6.2.1 Test sites
Two test sites were evaluated. The first site ”Swiss Alps” covers the Bernese Alps
in Switzerland, which contain the entire Aletsch region, as well as valleys around
Grindelwald in the north, and the Rhone valley in the south. The region contains
difficult terrain with steep mountains ranging between 600 and over 4000 m altitude.
The second test site ”Sodanyklä” covers almost flat terrain with some rolling hills in
northern Finland and is located near the town of Sodankylä. The terrain is covered
by a mosaic of sparse conifer-dominated forests, open/forested bogs and some small
lakes [241].
For the Swiss Alps a set of 122 TerraSAR-X and TanDEM-X scenes acquired between 2008 and 2015 were evaluated and interferograms were formed with temporal
baselines between 11 and 110 days. This resulted in totally 573 evaluated interferograms. For the Sodanyklä region, a total of 82 acquisitions were evaluated resulting
in 413 interferograms with temporal baselines between 11 and 77 days.

6.3 Evaluation of seasonal coherence statistics
For the Swiss Alps a subset of all interferograms was selected which were acquired
with a temporal baseline of ∆t =11 days. The interferograms were sorted by the
day of the year, DoY (t + ∆t/2), of the average acquisition time t + ∆t/2 of the
two acquisition which formed the interferogram. All coherence histogram acquired
within a certain two weekly period were averaged. From the averaged histograms,
the coherence thresholds, γpc , were obtained which splits the histogram into quarters.
γpc is chosen such that every quarter contains these 25% of all pixels which have a
certain range of coherence (e.g. the lower 25%).
Mathematically, the coherence values which split the histograms are defined as follows: let ht,t+∆t (γ) be the histogram of the coherence γ [I(t, t + δt)] obtained from the
interferogram I composed of two acquisitions at time t and t + ∆t with ∆t =11 days.
All histograms for which t fulfulls the condition T ≤ DoY (t + ∆t/2) < T + ∆T with
∆T =14 days were averaged:
X

havg,T (γ) =
h γ [I(t, t + ∆t)]
(6.1)
t | T ≤DoY (t+∆t/2)<T +∆T

A normalized cumulative probability density function, pc = 0...100%, is used to
define the coherence thresholds, γpc , which split the average histogram havg,T (γ) into
quarters. pc is defined as
Z 1
Z γpc
pc =
havg,T (γ) dγ
havg,T (γ) dγ
(6.2)
0

0

The coherence limits are obtained by solving Eq. (6.2) with respect to γpc for pc =
25%, 50%, and 75%.
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Figure 6.1 – Coherence thresholds of different pixel classes over alpine terrain plotted over
the year. The coherence is very low during the winter (γ < 0.2) and less than 25% of pixels
(red) have a coherence larger than 0.2. During summer, 25% of the scene shows a coherence
larger than 0.3. Still, the average coherence (median: blue) is low during the entire year.
The number of evaluated interferograms for each data point is shown in the bar-plot.

6.3.1 Coherence statistics over alpine terrain
Figure 6.1 shows the seasonal trend of the coherence over alpine terrain. Plotted are
coherence thresholds which split the coherence histograms into the the lower 25%
(black), the median coherence (blue), the upper 25% (red), and the topmost 5%
of pixels with the highest coherence (gray). During summer a higher coherence is
obtained compared to winter but the coherence is still low (γ < 0.3) for the majority
(75%) of all pixels. Nevertheless, more than 25% of pixels show a coherence larger
than 0.3 and even 5% of pixels show a coherence larger than 0.6. This makes e.g.
deformation monitoring using differential interferometry possible by using TerraSARX acquisitions during summer. However, during winter, only the top 5% of pixels show
a coherence higher than 0.3, which makes the application of differential interferometry
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Figure 6.2 – Coherence thresholds for different pixel classes covering an open alpine
meadow (Belalp above Brig) plotted over the year. The coherence shows a similar trend as
Fig. 6.1 but the coherence is higher during summer because no glaciers, shadows or forest
are contained in the evaluated subscene.

impossible to determine changes of the snow water equivalent.
Figure 6.1 shows the coherence over a large area of about 1000 km2 . The analyzed
scene covers regions which generally show a very low coherence like glaciers, forests, or
even layover and radar shadow areas. An analysis of an open alpine meadow is shown
in Figure 6.2. The median coherence is significantly higher during summer (γ50% = 0.3
compared to γ50% < 0.2 in Fig. 6.1). During winter, when the area is covered with
snow, the coherence is below 0.25 for 95% of all pixels. An interesting ”outlier” can
be found of November in Fig. 6.2 where despite averaging of 3 histograms 25% of
pixels show a coherence higher than 0.4. The year 2011 was exceptionally warm and
dry [303]. Precipitation was extremely low in November 2015 and no snow cover was
observed up to 2500 m altitude [304]. The dry and snow free conditions caused an
exceptionally high coherence for a single interferogram. The interferogram in shown
in the left of Figure 6.3.
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Figure 6.3 – Three differential interferograms acquired by TerraSAR-X over the Swiss
Alps covering the Aletsch region. All interferograms were taken with a temporal baseline
of 11 days but show a very different coherence, depending on the meteorological conditions.
Left: During extremely dry autumn days in November 2011 neither precipitation fell nor
glaciers melted [304]. Middle: During warm and dry days early August 2012 rocks and
meadows in high alpine regions show a reasonable coherence, whereas the coherence for
glaciated regions and also for valleys covered with green vegetation is very low. Right:
during winter, wind drift, snowfall, and wet snow in the valleys caused a complete loss of
the coherence expect for the city Brig in the upper right of the images and some rocky
mountain slopes. In the upper left of all three images fringes are visible which could not be
removed as the SwissALTI3D elevation model does not cover regions in Italy.

184

6.3 Evaluation of seasonal coherence statistics

Figure 6.4 – Coherence thresholds for different pixel classes in northern Finland plotted
over the year. As the Finish winters are generally cold, dry snow is dominant between
November and March which results in a higher coherence compared to snow melt. Snow
melt starts in April until end of May (very low coherence). Despite large areas are covered
by sparse forests, the coherence is significantly higher during winter compared to Fig. 6.1.
Unfortunately no acquisitions were available during summer.

6.3.2 Coherence statistics over northern Finland
As a comparison to alpine regions the coherence was also analyzed over the wider area
around Sodankylä. The seasonal coherence is plotted in Figure 6.4. The coherence
shows the opposite behavior compared to Fig. 6.1 and is generally higher during
winter (γ > 0.2 for about 70% of pixels). During winter (Nov - March) the snow
is completely dry and microwave can penetrate the snow cover, which is not more
than 1 meter thick. This results in a higher coherence during winter compared to
alpine terrain, where snow melts in the valley while wind drift causes a strong snow
redistribution in higher mountains. Still, the average coherence remains small during
winter over the entire scene. Snow melt happens usually between April and end of
May which can clearly be recognized by the lower coherence during this period.
The scenes analyzed for Fig. 6.4 covered about 40% forests which reduced the co-
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Figure 6.5 – Coherence thresholds for different pixel classes of an open bog area in northern
Finland. As the Finish winters are generally cold, dry snow is dominant between November
and March which results in a higher coherence compared to snow melt. Snow melt starts
in April until end of May (very low coherence). After snow melt, the coherence is similar
compared to dry snow conditions.

herence. For a coherence analysis over an open area a large bog of about 1.5×2.5 km
size was selected. The temporal trends of different coherence thresholds are plotted
in Figure 6.5. The coherence over the open area is higher than 0.3 for about 50%
of pixels during dry snow conditions. Snow melt is again visible by a sharp drop of
the coherence in April until end of May. For snow free conditions in June, the coherence is still lower compared to dry snow conditions. The coherence between October
and December is lower compared to the later winter between January and March.
During January until March often periods of very cold and dry weather persist in
Sodankylä which explains the higher coherence in later winter.
Figure 6.6 shows typical interferograms of the region Sodankylä during different
snow meteorological conditions. During snow fall open areas show distinct phase
differences compared to forested areas where the coherence is very low due to a moving
vegetation (2nd image from left). The opposite coherence pattern are observed during
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Figure 6.6 – For differential interferograms acquired by TerraSAR-X over the region of
Sodankylä. All interferograms were taken with a baseline of ∆t = 11 days but at different
periods of the year. Left: Snow free conditions end of October 2011. Second from left:
During (dry) snowfall between two acquisitions, some coherence is preserved in open areas
not covered by forests. Third from left: During dry snow conditions without precipitation,
where open areas were covered by 50 − 80 cm snow at end of March 2013, the coherence
reached the maximum value within 3 years of coherence time series. The topography was
removed from the interferograms with a high resolution digital elevation model which covered most of the scene. Only at the top and bottom parts some residual topographic fringes
are visible.

snow melt (4th image from the left), where the coherence over snow covered areas
decayed quickly while some residual coherence was sustained by vegetation.
For snow fee conditions the differential phase pattern appears almost flat over the
entire scene (except for topographic effects at the top). This is different in the third
scene shown in Figure 6.6 where locally defined phase pattern appear over open areas.
As no precipitation fell in the period between 23.03.2013 and 03.04.2013 the phase
pattern are assumed to result from a changing SWE due to redistributed snow caused
by wind.
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Figure 6.7 – Decay of coherence over time for different land cover types. The data points
are obtained from averaged coherence histograms of differential interferograms with a temporal baseline ∆t. The solid and dashed lines are exponential fits to the measured data
points.

6.4 Coherence decay over time
The large set of available acquisitions made of possible to determine the average
coherence decay over time. For this analysis, the coherence histograms of all available
interferograms which had the same temporal baseline ∆t were averaged,

havg,∆t (γ) =

X


h γ [I(t1 , t2 )] .

(6.3)

!

t2 −t1 =∆t

Coherence thresholds were determined for the averaged histograms as defined by
Equation (6.2). The obtained coherence thresholds are plotted over the temporal
baseline of the evaluated interferograms, ∆t, in Figure 6.7. Between 40 and more than
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80 histograms were averaged for the determination havg,∆t (γ) for of every temporal
baseline ranging from 11 to 110 days. An exponential decay function
γ(∆t) = γ0 · exp (−∆t/τ ) + γbias

(6.4)

was fitted to the obtained coherence thresholds. The decay time τ is given in Figure
6.7 for each coherence threshold γpc . The exponential function function describes the
decay of the coherence excellently. However, the extrapolation of the coherence decay
function to ∆t = 0 underestimates the coherence which is obtained from TanDEM-X
interferograms which have zero temporal baseline. Obviously, the coherence decays
faster within the first eleven days compared to the following decay of the coherence.
Interestingly, the coherence decay time τ is larger for the alpines areas compared to
the analyzed areas in Finland. This might results from the larger number of exposed
rocks which act as stable scatterers and the lower alpine vegetation in the Swiss Alps.
In Finland the entire scene is covered by organic material like bogs and peat, covered
by vegetation with a large fraction of forests.

6.5 Conclusions
The analysis of multi-pass interferograms formed by TerraSAR-X acquisitions shows
that the coherence is generally very low for snow covered terrain. This makes it
very difficult or even impossible to determine the snow water equivalent by means of
differential interferometry from TerraSAR-X times series.
Nevertheless, for a few dates in Finland where the snow was completely dry and
no fresh snow fall occurred between two acquisitions, good differential interferograms
could be obtained. Even differential interferograms which were formed with significant
snow fall between both acquisitions showed a reasonable coherence, at least for open
areas which were not covered by forests.
For Finland, where the snow pack was dry during the entire winter, the coherence
was higher for snow covered terrain compared to snow free terrain. This effect was
also observed by [145] and [300] and is explained by the fact that vegetation cannot
move when it is embedded in the snow pack. During summer, larger changes of the
moisture content as well as a changing orientation of the vegetation by wind causes
a faster decorrelation time.
Exponential decorrelation time constant between 8 and 22 days were observed.
However, as the coherence at zero time difference (measured e.g. by TanDEM-X) is
not one but ranges between 0.6 and 0.8, and because the coherence seems to decay
faster within first few days after the first acquisition, the coherence observed after 11
days in X-band is quite low and ranges between 0.2 and 0.4. Formation of continuous
time series of differential interferograms is therefore hard to achieve for snow covered
terrain.
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Chapter 7
Snow Depth Determination by Single Pass
Interferometry
7.1 Introduction
Single pass interferometry opens new opportunities to obtain information from snow
covered terrain. Single pass interferometry can have a significant advantage compared to repeat pass interferometry which might not be applicable due to the strong
temporal decorrelation, especially during snow melt where the temporal coherence
decays extremely fast [30, 145, 300]. Furthermore no residual phase screens due to
atmospheric delays or even due to a temporally different snow cover can cause errors
in the derived digital elevation models [26, 30, 145].
The elevation models derived from single pass interferometry represent a surface
from which most of the backscatter energy is returned. For frequencies in X-band
where the TanDEM-X mission operates, the penetration depth into soil is a few
centimeters and therefore negligible. Depending on the water content of vegetation,
either the surface below plants, a surface within the plants or even at the top of the
plants is measured. Whereas for dry sand the penetration depth is only a few tens
of centimeters [305], for dry snow a significant penetration depth is observed which
can reach several meters at frequencies around 10 GHz [93, 94, 108, 145] which leads
uncertainties in SAR derived elevation models over ice [119, 306]. Still, when the
differences are large enough or assumptions about the penetration depth are made,
Single pass SAR interferometry shows a large potential for mapping of elevation
changes of glacier as it has been demonstrated e.g. for Patagonia [33], or Antarctica
[34–36].
In contrast to the deep penetration into dry snow, the penetration depth of microwaves in wet snow is very small at 10 GHz, and a liquid water content of 0.5% is
sufficient to reduce the penetration depth below 10 cm [87,93,94]. This makes it possible, to measure the elevation of a wet snow surface with single-pass interferometry.
Wet snow can also easily be detected as the backscattered intensity of microwaves
decreases significantly during snow melt [12, 13, 176, 177, 300, 307]. This makes it
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theoretically possible to detect elevation differences of wet snow with single pass
interferometry. Up to now is was assumed that the sensitivity of single-pass interferometry is still to low to detect small elevation changes of meters or less. The nominal
vertical accuracy of 2 m of the TanDEM-X digital elevation model [32] seems to be too
low to detect the depth of a seasonal snow pack. However, as shown in this chapter,
the relative accuracy of TanDEM-X interferograms is sufficient to detect the depth
of seasonal snow during with baselines smaller than 300 m during snow melt.

7.2 Dataset
A dataset of 77 dual-pol TanDEM-X acquisitions acquired over the Aletsch region of
the Swiss Alps was used for this study. The topography contained in the scene covers
large topographic height differences, ranging from 600 m to more than 4000 m above
sea level. The interferometric baselines were generally small (between 0 and 150 m)
but larger baselines ranging up to 1040 m are also available since January 2015.
The high-precision elevation model ”SwissAlti3D” provided by SwissTopo1 was
used as a reference for the interferometric processing and for removing the topographic
phase. The SwissAlti3D is updated at least every six years with lidar data and data
from photographic stereo correlation. The vertical precision is ±0.5 m below 2000 m
and 1-3 m above.

7.3 Processing for interferometric DEM differencing
DEM differencing using single pass interferometry can be difficult for complex topography in mountainous regions. Phase unwrapping of the interferometric phase pattern
can be complicated or error-prone if the interferograms shows many discontinuities
due to mountain ridges, radar shadow and layover. To simplify phase unwrapping as
much as possible, a synthetic interferogram was calculated based on the SwissAlti3D
elevation model. The phase of the synthetic interferograms was then subtracted (by
a complex multiplication with the coherence) from the interferograms obtained from
the TanDEM-X acquisitions. Figure 7.1 shows a comparison of a simulated and a
measured interferograms. From both interferograms the ”flat earth phase” was already removed. Here, the reference phase (”flat earth phase”) is defined with respect
to the ellipsoid approximation of the earth not a flat tangential plane. Dark areas
in the right image of Figure 7.1 correspond to areas with low coherence or areas in
radar shadows.
The TanDEM-X data were available in two polarizations, therefore an interferogram was calculated for both polarizations separately and the resulting coherence
was averaged. Due to the small baselines, a spatial window of 11×11 px was used
1

Source: Swiss Federal Office of Topography
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Figure 7.1 – Two interferograms from the Swiss Alps ranging between 600 m and more
than 4000 m above sea level. Left: Simulated interferogram based on the SwissAlti3D digital
elevation model and the orbit parameters of TanDEM-X. Right: Measured interferogram
obtained from a TanDEM-X acquisition from 23.09.2011, acquired with an effective perpendicular baseline of B⊥ =17 m. Dark areas show regions with a low coherence, mainly
resulting from radar shadow.

to calculate the interferometric coherence. Despite the fact that the HH and VV
polarization are not completely independent, averaging helped for noise-reduction of
the interferograms.
In a next step, the topographic phase, shown on the left side of Figure 7.1 was removed from the interferogram. To ensure that the simulated interferogram matches
the measured interferogram, both interferograms were coregistered with each other.
Coregistration was done by minimizing the residual fringes which remained after
subtraction of the simulated interferogram from the measured interferogram. The
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Figure 7.2 – Left: Residual phase difference of a TanDEM-X interferogram (23.09.2011)
after the topographic phase has been removed. The residual phase still shows a linear
phase ramp across the scene. Right: The average coherence obtained from a time series
of differential interferograms over the same areas was used to determine stable scatterers
(red dots) in order to remove the linear ramp and to fix the measured phase difference to
a common reference.

pixel-shift required to minimize the residual fringes was converted into lat-lon coordinates and the reference DEM was shifted accordingly until the difference between
the measured and simulated interferogram was minimized. The required shift was
minimal and corresponds to a spatial translation of about 10 m.
Figure 7.2 shows on the left side the interferogram obtained by TanDEM-X with
the topographic phase removed. In the upper left corner of the image, fringes are
still visible across the border to Italy because the SwissAlti3D does only provide
height information within Switzerland. Fringes remained also in layover areas where
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the interferometric phase consists of a superposition of the overlayed regions. The
topographic phase was only calculated for the range-samples with a smaller ground
range, therefore the topography could not be entirely be removed from layover regions.
The residual phase after topography removal shows a phase ramp in range of a
several degrees per 10 km. The phase ramp originates either from orbit uncertainties
or from synchronization errors [32]. The phase ramp, which corresponds to a height
shift of about 30 m per 10 km was removed in a first step by fitting and subtraction
of a linear plane to the phase ramp. This, however, results in an almost constant,
but unknown relative height difference with respect to reference topography.
7.3.1 Fixing the interferometric phase to a common reference
For comparison with other interferograms, the interferometric phase difference needed
to be fixed to zero for points which did not show any temporal variations. To fix the
interferometric phase, permanent scatterers were selected (red dots in 7.2, right; a
magnification of a small areas is shown in the inset). The permanent scatterers
were determined by the average multi-pass coherence of a large stack of coregistered
interferograms. Three stacks were used which contained the average coherence of 11
for one, and 31 for the other two stacks of multi-pass interferograms.
The averaged coherence obtained from 11 acquisitions during summer 2011 is shown
color-coded in Figure 7.2(right). The average coherence of ice covered regions is almost zero whereas vegetation and snow free rocks in the higher Alps show a multipass
coherence of about 0.5 . Vegetation covered regions in the valley show very low coherence. The points with the highest coherence are often buildings which are visible
as small bright dots (inset of Figure 7.2(right)).
For selection of spatially distributed permanent scatterers, the entire scene was divided into small blocks of 200×200 pixels. For each block the pixels with the highest
coherence were selected, if the coherence was higher than a certain threshold. Coherence thresholds between 0.7 and 0.9 were used. The red dots in Figure 7.2(right))
show the location of the permanent scatterers which were used to fix the interferometric phase to a common reference. Here, the assumption is made, that the scatterers
are located on the ground. To remove scatterers which are located e.g. on the roof of
building, scatterers for which the interferometric phase exceeded a threshold of ±30◦
were rejected. A plane surface was then fitted to the phase values of the remaining
scatterers and the fitted phase ramp was finally subtracted from the interferometric
phase.
The remaining interferometric phase was converted into height differences according
to Eq. (1.32). The residual phase difference describes topographic height deviations
between the reference digital elevation model (SwissAlti3D) and the height determined by TanDEM-X. This allows e.g. observation of temporal changes of the ice
thickness of glaciers.
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Figure 7.3 – Height difference between the SwissAlti3D and the elevation derived from
TanDEM-X acquisitions from 2011 until 2014. An ice loss of about 3 - 5 meters per year is
visible for the glaciated areas by the increasingly yellow and red color. Forests heights of 15
- 20 m are shown in light blue. Beff is the effective baseline of the TanDEM-X formation.
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7.4 The ice loss of Aletsch glacier
The height difference relative to the SwissAlti3D is shown for the entire region of the
Aletsch glacier for four consecutive years (summer 2011 until summer 2014) in Figure
7.3. Height differences are color-coded, yellow and red are elevations which are lower
than the reference and blue are elevations higher than the reference. The coloration
ranging from light yellow (-10 m) to orange and red (-25 m) shows an approximate ice
loss of about 3 − 4 m per year. The blue color indicates a forest height of about 15 m
which does not change in time. Forest heights are visible because the SwissAlti3D is
a elevation model which does not contain information about the height of vegetation.
7.4.1 Time series of elevation difference
The large number of processed TanDEM-X acquisitions made it possible to obtain
a time series of the elevation loss of the ice of Aletsch Glacier. An area of about
700×700 m meters, located 1 km south of Konkordiaplatz on an altitude of 2700 m,
was selected to obtain the average elevation loss as well as the standard deviation of
height differences within this area. The standard deviation contains the snow and
ice depth variability within the selected area as well as system noise which leads to
an increasing height error for short interferometric baselines. Interferograms which
were taken with a baseline less than 10 m were not considered in the analysis. For
interpretation of the elevation difference time series and for wet snow detection, the
backscatter signal (VV) was averaged over the described area.
The elevation loss as well as the backscatter signal for the selected area are shown
in Figure 7.4. An elevation loss of almost 15 m within four years is shown in the
upper plot. The dashed line is a linear fit to the data and shows a height loss of 3.6 m
per year. This corresponds to similar values which were measured using the ICESat
mission [308]. The TanDEM-X data show a seasonal variation with a strong decrease
during summer. However, during winter the elevation does not increase as expected
from the increase in snow height. The height seems even to decrease slightly in early
winter.
The analysis of the backscatter signal shows the reason why the elevation does not
increase during winter. The backscatter signal is higher during winter compared to
the few acquisitions during summer but shows an abrupt decrease each year in May
and June. The decrease of the backscatter signal is a common indicator for a wet
snow surface at the beginning of every snow melt season. Interestingly, the height
signal increases each year as soon as snow melt sets in. The height increase results
from the much smaller microwave penetration depth into wet snow compared to the
dry winter snow. Each year a height increase of 2 − 4 m can be recognized in Figure
7.4.
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Figure 7.4 – Height difference between the SwissAlti3D and the elevation derived from
TanDEM-X acquisitions. The backscatter signal in the lower panel shows distinct dips
during snow melt. Both data were were determined for an area at 2700 m altitude located
1 km south of the confluence of five glaciers at Konkordiaplatz.

7.5 Snow depth estimation
The comparison of two TanDEM-X acquisitions allows determination of snow depth
when the snow cover is wet. Two methods to determine snow depth are demonstrated
in the following two subsections.
7.5.1 Snow depth estimation by a changing penetration depth
The transparency of dry snow at X-band, and the very small penetration depth of
wet snow at the same frequency, make it possible to determine snow depth from the
elevation difference of two TanDEM-X interferograms which were taken just before
and just after the snow surface got wet. Figure 7.5 shows the height difference of two
acquisitions taken on 06.04.2013 and 17.04.2013 in comparison with the snow depth
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Figure 7.5 – Snow depth across the Aletsch region of Switzerland. Left: Snow depth
derived with two TanDEM-X acquisitions just before and after snow melt; right: Snow
depth map based on meteorological simulation of the Swis Snow and Avalanche Research
Institute, SLF.

map from the Swiss Snow and Avalanche Research Institute, SLF. The perpendicular
baselines of the two TanDEM-X acquisitions were 112 and 117 m.
The snow depth map provided by SLF is based on a meteorological model calibrated
by numerous weather stations which measured snow depth. The spatial resolution
of the provided maps is 1 km. The Snow depth map derived from TanDEM-X data
has a resolution of about 50×50 m. The large-scale pattern of the snow distribution
of both images is similar. Both show that valleys at lower altitudes are free of snow.
However, the snow depth map from SLF shows that the entire mountain ranges above
3000 m are covered by more than 4 m of snow. This is not very realistic considering

199

Chapter 7 Snow Depth Determination by Single Pass Interferometry

Figure 7.6 – Snow depth across the Aletsch region of Switzerland. Left: Snow depth
derived with two TanDEM-X acquisitions one during snowmelt and end of July when most
of the snow was melted; right: Snow depth map based on meteorological simulation of the
Swis Snow and Avalanche Research Institute, SLF.

the strong spatial variability of snow depth in steep and wind exposed mountainous
terrain. Most snow deposits on flat glaciers after it has been blown off by wind from
the surrounding mountains. Indeed, a deeper snow depth is observed on glaciers in
the snow depth map derived by TanDEM-X compared to the surrounding mountains.
Still, one should keep in mind that at higher elevations the snow pack might still be
dry and therefore not detectable by TanDEM-X. The zero-degree temperature level
was at about 3000 m and the avalanched bulletin mentioned the risk of wet snow
avalanches on south-facing slopes below 3000 m, and for north-facing slopes below
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2500 m. This confirms that most snow in the observed scene was wet.
7.5.2 Snow depth estimation by summer-winter comparison
A more straight-forward approach to determine the depth of snow using single-pass
interferometry is the comparison of two elevation models where one was obtained during summer and the other during snow melt. Figure 7.6 shows the elevation difference
of two acquisitions from 02.06.2012 and 27.07.2012 acquired with perpendicular baselines of only 62 and 66 m. The first acquisition was taken during snow melt whereas
the second acquisition was taken after most of the snow has melted.
The snow depth obtained by TanDEM-X shows very similar pattern and values as
the the snow depth map provided by SLF. However, the snow depth on the tongue of
Aletsch glaciers seems to be deeper compared to higher elevations. This points out
a problem for snow depth determination when an elevation from summer is used as
reference. The ice melt during summer biases the obtained snow depth which makes
snow depth estimation on glaciers difficult. The problem can be solved by using an
elevation model which was acquired in early autumn at a date after which ice melt is
negligible.

7.6 Conclusions
In this chapter two method for snow depth estimation using single pass SAR interferometry were demonstrated. Both method require a successful detection of wet snow
which is possible by the analysis of the backscattered radar signal. The first method
uses the changing penetration depth between dry snow and wet snow to determine
snow depth. The second method uses a reference elevation model acquired during
summer to determine the depth of snow during snow melt. Both methods can be
used to determine the depth of seasonal snow. However, each method has its own
drawbacks. The first method can only be applied when it can be ensured that the
snow pack was entirely dry for the first acquisition (which can be difficult), and that
the snow surface was wet enough to limit the penetration depth to a few centimeters
over the entire scene. The second method can contain a significant bias for the snow
depth determined on glaciers if the snow free reference acquisition was taken too
early during summer. The bias results from ice which has melted after the reference
acquisition was taken.
The drawback of both methods can be avoided if the reference acquisition is taken
in late summer or early autumn to avoid a bias due to ice melt. For high enough
frequencies the restriction to wet snow can even be lifted as frequencies of several tens
of GHz snow a very limited penetration depth also into dry snow. A high frequency
single-pass interferometry mission would therefore be of high relevance for snow depth
estimation. The proposed mission concept of a single pass Ka-band system called
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”Signal” might fulfill this conditions to make snow depth monitoring during the entire
year possible [309]. As shown in [145], microwaves can still penetrate more than a
meter into snow at Ku-band, therefore it is favorable to use at least Ka-band for a
radar mission to determine the depth of snow.
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Summary
Within this thesis, phase differences obtained from real- and synthetic aperture radar
acquisitions were analyzed with the aim to determine different properties of a seasonal
snow pack. The following findings have been made:
Polarimetric phase differences between vertically and horizontally polarized microwaves (copolar phase differences, CPD) were analyzed with respect to the depth
of fresh snow. A relation to the total snow depth could be obtained from TerraSAR-X
data for early winter after a month of intense snow fall at relatively mild temperatures. For data of two entires winter seasons an increase of the CPD by 10◦ per 10 cm
of snow has been found for TerraSAR-X data.
For verification and for a deeper analysis of the copolar phase differences obtained
from satellite data, four years of radar acquisitions of the ground-based radar instrument SnowScat were evaluated. The temporal trend of the ground borne acquisitions
agreed with the CPD obtained from satellite data. The comparison of ground-based
measurements over soil with measurements over a metallic mesh showed that the
measured CPD originate almost completely from the snow volume and that the CPD
is not an effect of the underlying soil. An analysis of the frequency and angular
dependence of the measured copolar phase differences showed that the origin of the
measured signal can be explained by an anisotropy of the dielectric permittivity tensor of the snow pack. The dielectric permittivity tensor has been derived based on
Maxwell-Garnett type mixing formulas. It has further been shown that the MaxwellGarnett mixing formulas are equivalent with a truncation of the exact series expansion
of the dielectric permittivity of arbitrary anisotropic two-phase materials. Two different physical theories have thereby been unified. Both theories predict a relation
between the dielectric anisotropy of snow and the structural anisotropy of the ice
crystals contained in the snow pack. The comparison of the anisotropy determined
by polarimetric phase difference with the anisotropy derived from spatial correlation
functions of computer tomography data confirmed this prediction.
A unique dataset of anisotropy measurements with a resolution of 4 hours over a
time span of four years has been obtained from ground-based radar measurements.
The dataset was used to calibrate a thermodynamic snow model which is able to
reproduce the measured anisotropy time-series solely based on meteorological input
data. The thermodynamic model was developed on the basis of current knowledge
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about snow metamorphism. For input data, the developed model uses settling rates,
temperatures, and temperature gradients which have been simulated based on meteorological data by the software SNOWPACK. Current snow models do not provide
any information about the anisotropy of snow. The developed model can therefore
be considered as a further development of an existing snow model. In combination
with SNOWPACK, the model produces vertical profiles of the anisotropy of snow.
The simulated profiles have been validated by computer tomography data obtained
from the field.
The snow water equivalent (SWE) of seasonal snow has been determined by differential interferometry. An existing relation between SWE and the temporal phase
difference measured by differential interferometry has been refined by a more accurate
approximation which is valid not only for low snow densities but for snow densities
up to solid ice. A simple multi-frequency method has been developed to reconstruct
phase-wraps which can occur during periods of heavy snow fall. Differential phase
differences were integrated over time and the currently longest times series of SWE
measurements by means of differential interferometry could be obtained. The time
series cover the entire dry-snow period of four consecutive winter seasons. SWE has
been determined with exceptionally high frequencies between 10 and 17 GHz. Almost
no effect of volume scattering was observed for one meter of fine-grained Finish snow.
A coherence analysis of the multi-pass coherence has been done for ground-based
as well as for space-borne radar data using the instrument SnowScat as well as the
satellites TerraSAR-X and TanDEM-X. An exceptionally slow coherence decay has
been found for ground-based measurements using SnowScat for which the coherence
(at 10 and 17 GHz) remained above 0.5 for more than 30 to 60 days during dry snow
conditions. As the antenna footprint of the SnowScat instrument covers only a few
square meters which were covered very homogeneously with dry snow, this long coherence times indicate that it is not the recrystallizing snow volume which causes
a coherence decay. A faster coherence decay during snow free conditions compared
to dry snow conditions confirms this observation. In contrast to the extremely long
coherence times for dry snow, the coherence measured by SnowScat decayed within
hours during snow melt.
The coherence decay of TerraSAR-X acquisitions over alpine terrain showed, that
already after 11 days the coherence is almost completely lost (below 0.2). This indicates that it is not the snow volume but local snow melt and redistribution of snow
by wind which causes the strong coherence loss. It was found, that the multi-pass
coherence is significantly lower during winter for alpine terrain compared to summer.
However, for flat terrain in north Finland, which was covered by a mix of sparse
boreal forest and open land, the highest coherence was observed in later winter during very cold temperatures without precipitation and where the soil was covered by
about 1 meter of snow. Lower coherence values were observed in June after snow
melt and in autumn during snow free conditions as well during snow fall. The lowest
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coherence values were observed during snowmelt. This is also an indication that the
main coherence loss results from redistribution and local melting of snow and not a
changing microstructure of the snow volume.
Single-pass interferometry has been used to determine the ice-loss of Aletsch glacier
as well as for determination of the snow depth during snow melt. For Aletsch glacier
a height loss of 3.6 m per year has been observed between the year 2011 and 2015
which was found to be in agreement with literature data.
Two methods for snow depth determination using single-pass interferometry have
been demonstrated. The first method utilizes the effect of a changing penetration
depth at the onset of snow melt. Snow depth has been determined by the height
difference obtained by two interferograms where the first one was acquired just before
snow melt and the second one during snow melt. The second method used the height
difference between two acquisitions where the first was taken during summer and the
second during snow melt. Both methods showed similar results expect for glaciated
areas where the second method showed a bias in the snow depth determined on glaciers
due to ice melt during summer. It has been found that a perpendicular baseline of
less than 100 m can be used to determine the depth of seasonal snow when reference
points are available to fix the interferometric phase.
7.6.1 Limitations
Polarimetric phase difference have been shown to be a powerful too determine the
anisotropy of snow. However, the sensitivity for anisotropy determination depends on
the system frequency as well as on snow depth. The optimal frequency to determine
the anisotropy is determined at the lower end by the instrument precision for phase
measurements. At the upper end, frequencies are limited by volume scattering effects
which cause a reduced penetration of microwaves into snow. Depending on snow
depth, the optimal frequency range is located between 10 and 20 GHz. The method
is also limited to dry snow where microwaves can penetrate the snow pack with very
weak absorption. For side-looking radar system, the method provides only the average
anisotropy of a snow pack. The anisotropy of individual layers cannot be measured
by the method.
For fresh snow detection, an approximation for the anisotropy of fresh snow is
required. As the anisotropy increases by settling and decreases by a vertical temperature gradient, a short enough repeat time is required to derive the depth of fresh
snow from the measured copolar phase difference. A repeat pass time between of 7
and 15 days was found to be sufficient.
The developed model to predict the anisotropy of snow depends on accurate meteorological data and requires at least hourly measurements of the solar radiation
balance, of precipitation or snow depth, and of the air- and soil temperature. The developed model depends on temperature and temperature gradients simulated by the
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software SNOWPACK. However, SNOWPACK does not (yet) consider an anisotropic
thermal conductivity which needs to be looped back from the developed model into
the code of SNOWPACK in order to obtain self-consistent results for the anisotropy
and the anisotropic thermal conductivity.
Differential Interferometry for SWE determination can only be used for dry snow,
too, as the refractive index of wet snow changes significantly the measured phase
difference. The method of SWE estimation by summing the phase differences of consecutive interferograms relies on the fact that the coherence between two acquisitions
is maintained. This might be a drawback for regions where snow shows regular meltrefreeze cycles. Differential interferometry is also limited by volume scattering as well
as by system noise. The usable frequency spectrum ranges up to about 15 − 20 GHz.
Despite the fact that the methods was demonstrated at exceptionally high frequencies,
lower frequencies of a few GHz are favorable. At lower frequencies, phase wrapping
due to intense snow fall is less likely. Furthermore, the temporal coherence is also
less sensitive the small-scale changes which allows acquiring data with longer time
intervals. Lower frequencies make the method also less sensitive melt-refreeze cycles
as well as to a limited liquid water content in the snow pack. The method was successfully demonstrated for a ground based instrument at a fixed location. In order
to apply the method on data from space-borne sensors, reference point are currently
required to reduce atmospheric phase screens and orbit uncertainties. However, for
sensors where the orbit position can be estimation with cm-precision, both phase errors due to imprecise orbit information as well as atmospheric phase screens average
out by the temporal sum of phase differences. This makes the method applicable for
space borne sensors without reference points.
Single pass interferometry for snow depth determination is currently limited to wet
snow as dry snow shows a penetration depth of several meters at X-band frequencies.
The method depends therefore strongly on a correct detection of snow melt. Today,
wet snow detection is a well developed technique for SAR systems and does not generate large complications. However, a short enough repeat time is currently required
to capture snow melt early enough before most of the snow has melted. For glaciated
areas the estimated snow depth can be biased by ice melt if the reference acquisition
was taken during summer. A good choice of the date for the reference acquisitions in
autumn after ice melt is therefore required.

Conclusion
The possibility to determine the anisotropy of snow from space, and the relation
between fresh snow, snow settling, and temperature gradient metamorphism opens a
new scientific field for radar remote sensing of snow.
The relation between the copolar phase and the depth of fresh snow could e.g.
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be of interest to estimate the required effort for snow clearance of transportation
routes. The risk of dry snow avalanches also increases with the depth of fresh fallen
snow. Furthermore, the measurable dielectric anisotropy is directly linked to the
structural anisotropy of snow which determines the mechanical stability but also
the thermal conductivity of snow. This makes the anisotropy relevant for avalanche
research as well as for the energy budged of snow covered soil. The anisotropy is
therefore a parameter which can influence the near-surface soil temperature which is
of importance for many animals as well as plants in subarctic climate zones.
The chance to measure the evolution of the anisotropy without disturbing the snow
pack makes it possible to perform reference experiments which are needed to improve
future snow models. Current snow models do not consider the anisotropy of snow
despite a significant influence of the anisotropy on the thermal conductivity. A first
successful attempt to model the anisotropy has been made within this thesis.
The development of a thermodynamic snow model which can reproduce the measured anisotropies has led to a deeper understanding of the origin of the anisotropy of
snow. The anisotropy could be linked to vertical temperature gradients in the snow
pack and to settling of fresh snow.
The demonstration of the currently longest time series of very precise SWE estimations using differential interferometry shows that this method can be applied to
monitor SWE over an entire winter season. However, the analysis of the coherence
decay for X-band acquisitions with a repeat time of 11 days shows also that it is very
unlikely that this method can work for such high frequencies as used by TerraSAR-X.
However, the time series show the possible precision and raise hope that future SAR
sensors which operate at a frequency of a few GHz and which have a repeat time of
several days might be good candidates for SWE estimation over large areas, especially
in regions which are covered by dry snow.
In contrast to glacier mass balance estimation from single-pass interferometry,
which currently reaches a certain level of maturity, snow depth estimation by singlepass interferometry has been demonstrated for the first time successfully within this
thesis. However, snow depth could only be determined for wet snow. It has been
shown that the snow depth of dry snow cannot be determined by single-pass interferometry due to a penetration of several meters at X-band frequencies. This indicates
that SAR systems which operate at frequencies of several tens of GHz are required
to determine the depth of dry snow by means of single-pass interferometry.

Outlook
Time series of satellite measurements providing copolar phase differences over snow
covered regions might lead to a new tool to determine not only the amount of fresh
snow but also to estimate the total snow depth. It is expected that the estimation

207

Summary and Conclusion
of fresh snow can be significantly improved, if time series measurements of the copolar phase differences are combined with a thermodynamic model which considers the
temperature gradient metamorphism in order to correct for decreasing phase values
which result from recrystallization of the snow pack. Furthermore, it should be possible to obtain the total snow depth by cumulation of the determined fresh snow depth
obtained from time series of the copolar phase.
Still, it might be possible that a more powerful application can obtained from
the copolar phase difference. The copolar phase allows determination of the average
anisotropy of snow on global scales. The relation between the thermal conductivity
of snow and the copolar phase difference might lead to improved estimations for the
energy balance of snow covered regions and has therefore an impact on the global
climate.
The possibility to measure the anisotropy of snow might also have an impact on
very local scales. Monitoring the anisotropy from remote locations without the need
or even risk to access the snow which is under observation might lead to a tool for
discrimination of different snow structures. Wind blown snow, for example, consists
of broken ice crystals and has therefor a very different microstructure compared to
unbroken snow flakes which entangle themselves by their complex dendritic structure.
The different microstructure makes wind blown snow far less stable which results in
sometimes hardly detectable volumes of snow which can easily be triggered in the
form of avalanches. Currently the anisotropy of wind blown snow is assumed to be
isotropic due to randomly oriented crystals and should be distinguishable from settled
snow which shows a horizontal anisotropy. Future experiments might reveal if it is
possible to detect wind blown snow and if it is possible to use the copolar phase to
detect avalanche-loaded mountain slopes.
Future SAR sensors which operate with a high repeat time of a few days and
which operate at frequencies below X-band might be very interesting candidates for
operational monitoring of SWE by means of differential interferometry. Sentinel 1A
together with Sentinel 1B operating in C-band with a repeat pass time of only 6 days
might be hot candidates to test the method. Also ALOS-2 which operates at L-Band
with a repeat time of 12 days is a promising candidate. The TanDEM-L mission with
a repeat pass of only 7 days might also provide data which is of high interest for SWE
determination by means of differential interferometry.
Space borne single-pass interferometry of satellites flying in formation does already
provide accurate information information about the topography of the earth and of
ice sheets. For frequencies of several tens of GHz, penetration depths of a few cm are
expected for dry snow which allows an accurate determination of the snow surface.
Future single-pass systems, like e.g. the proposed mission ”SIGNAL”, which operate
at very high frequencies at Ka-band or above are therefore very interesting candidates
to determine the depth of seasonal snow independent on its water content by means
of interferometric DEM differencing.
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Scientific contributions
The entire thesis and also about 99% of the contained papers were written by myself. The following list specifies who provided the used datasets and which co-authors
wrote which parts of the papers:

Chapter 2: Leinss et al., 2014. Snow Height Determination by Polarimetric Phase
Differences in X-Band SAR Data, published at IEEE Journal of Selected Topic of
Remote Sensing, vol.7, no.9.
- All meteorological data and snow depth measurements were acquired by people
from the Finish Meteorological Institute, FMI. The datasets were provided by
Juha Lemmetyinen.
- The electromagnetic model presented in Section III is based on the MaxwellGarnett mixing rules and was described by Giuseppe Parrella.
- Figure 6 and the data for Figure 7 were provided by Giuseppe Parrella.
- All TerraSAR-X and TanDEM-X acquisitions were provided by DLR.

Chapter 3: Leinss et al., 2015. Anisotropy of Seasonal Snow measured by Polarimetric Phase Differences in Radar Time Series, submitted to The Cryosphere,
tc-2015-181-discussion.
- All meteorological data and snow pit measurements shown in Fig. 7 - 10 as well
as the pictures shown in Fig. 5 were acquired by the staff of the Finish Meteorological Institute, FMI. The datasets were provided by Juha Lemmetyinen.
- Juha Lemmetyinen and Anna Konto from FMI answered numerous questions
about details of the field experiements.
- The snow samples which were used to determine the anisotropy of snow by
computer tomography were taken by Martin Proksch an Martin Schneebeli from
SLF, Davos, Switzerland.
- The snow samples were analyzed by means of spatial correlation functions by
Henning Löwe from SLF.
- The fact that the Maxwell-Garnett theory is equivalent with a truncation of
the exact series expansion of the dielectric permittivity of arbitrary anisotropic
two-phase materials [238] has been established by Henning Löwe. He wrote
Appendix A as well as the last paragraph of section 2.2.

209

Summary and Conclusion
- Andreas Wiesmann from Gamma Remote Sensing provided support and technical details about the SnowScat instrument.
- All TerraSAR-X and TanDEM-X acquisitions were provided by DLR.

Chapter 4: Leinss et al., 2015. A Thermodynamical Model to Describe the
Anisotropy of Seasonal Snow, manuscript for submission to The Cryosphere.
- All meteorological data shown in Fig. 2 - 5 as well as the pictures shown in Fig.
1 were acquired by people from the Finish Meteorological Institute, FMI.
- Anna Konto provided the radiation balance measurements required to run
SNOWPACK.
- Juha Lemmetyinen and Anna Konto from FMI answered numerous questions
about details of the field experiements.
- The snow samples which were used to determine the anisotropy of snow by
computer tomography were taken by Martin Proksch an Martin Schneebeli from
SLF.
- The snow samples were analyzed by means of spatial correlation functions by
Henning Löwe from SLF.
- Andreas Wiesmann from Gamma Remote Sensing provided support and technical details about the SnowScat instrument.

Chapter 5: Leinss et al., 2015. Snow Water Equivalent of Dry Snow Measured by
Differential Interferometry, published at IEEE Journal of Selected Topic of Remote
Sensing, vol.8, no.8.
- All SWE measurements from the snow pit, the GWI and the automatic weather
station shown in Fig. 12 and 13, the meteorological data shown in Fig. 19 as
well as the pictures shown in Fig. 2 were acquired by people from the Finish
Meteorological Institute, FMI.
- Andreas Wiesmann from Gamma Remote Sensing provided support and technical details about the SnowScat instrument.
- Juha Lemmetyinen answered numerous questions about details of the field experiements.
- The laser scanner data used for Figure 18 were provided by the Finnish Geodetic Institute FGI.
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Chapter 6: Snow Induced Coherence Loss in TerraSAR-X Differential Interferometry
- All TerraSAR-X and TanDEM-X acquisitions were provided by DLR.

Chapter 7: Snow Depth Determination by Single Pass Interferometry
- All TanDEM-X acquisitions were provided by DLR.
- The SwissAlti3D digital elevation model was provided by the Swiss Federal
Office of Topography.
- The snow depth maps shown for comparison in Fig.7.5 and 7.6 were provided
by SLF.
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[66] J. M. Rüeger, “Refractive index formulae for radio waves,” Integration of techniques
and corrections to achieve accurate engineering, pp. 19–26, 2002.
[67] U. P. Johari, “The spectrum of ice,” Contemporary Physics, vol. 22, no. 6, pp.
613–642, 1981.
[68] S. G. Warren, “Optical constants of ice from the ultraviolet to the microwave,” Appl.
Opt., vol. 23, no. 8, pp. 1206–1225, Apr 1984.
[69] S. G. Warren and R. E. Brandt, “Optical constants of ice from the ultraviolet to the
microwave: A revised compilation,” Journal of Geophysical Research: Atmospheres,
vol. 113, no. D14, pp. 1–10, 2008.
[70] C. Mätzler and U. Wegmüller, “Dielectric properties of freshwater ice at microwave
frequencies,” Journal of Physics D: Applied Physics, vol. 20, no. 12, p. 1623, 1987.

218

Bibliography
[71] P. Bohleber, N. Wagner, and O. Eisen, “Permittivity of ice at radio frequencies: Part
II. Artificial and natural polycrystalline ice,” Cold Regions Science and Technology,
vol. 83-84, no. 0, pp. 13 – 19, 2012.
[72] R. Buchner, J. Barthel, and J. Stauber, “The dielectric relaxation of water between
0◦ C and 35◦ C,” Chemical Physics Letters, vol. 306, no. 1-2, pp. 57 – 63, 1999.
[73] W. Ellison, K. Lamkaouchi, and J.-M. Moreau, “Water: a dielectric reference,”
Journal of Molecular Liquids, vol. 68, no. 2 - 3, pp. 171 – 279, 1996.
[74] U. Kaatze, “Complex permittivity of water as a function of frequency and
temperature,” Journal of Chemical & Engineering Data, vol. 34, no. 4, pp. 371–374,
1989.
[75] M. Chaplin. (2012) Dielectric losses of water in the GHz regime.
[76] W. P. Wergin, A. Rango, and E. F. Erbe, “Observations of snow crystals using
low-temperature scanning electron microscopy,” Scanning, vol. 17, no. 1, pp. 41–50,
1995.
[77] C. Mätzler, “Relation between grain-size and correlation length of snow,” Journal of
Glaciology, vol. 48, no. 162, pp. 461–466, 2002.
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