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Der Zauberlehrling
Hat der alte Hexenmeister
sich doch einmal wegbegeben!
Und nun sollen seine Geister
auch nach meinem Willen leben.
Seine Wort und Werke
merkt ich und den Brauch,
und mit Geistesstärke
tu ich Wunder auch.
Walle! walle
Manche Strecke,
da, zum Zwecke,
Wasser fließe
und mit reichem, vollem Schwalle
zu dem Bade sich ergieße.
Und nun komm, du alter Besen!
Nimm die schlechten Lumpenhüllen;
bist schon lange Knecht gewesen:
nun erfülle meinen Willen!
Auf zwei Beinen stehe,
oben sei ein Kopf,
eile nun und gehe
mit dem Wassertopf!
Walle! walle
manche Strecke,
daß, zum Zwecke,
Wasser fließe
und mit reichem, vollem Schwalle
zu dem Bade sich ergieße.
Seht, er läuft zum Ufer nieder,
Wahrlich! ist schon an dem Flusse,
und mit Blitzesschnelle wieder
ist er hier mit raschem Gusse.
Schon zum zweiten Male!
Wie das Becken schwillt!
Wie sich jede Schale
voll mit Wasser füllt!
Stehe! stehe!
denn wir haben
deiner Gaben
vollgemessen! Ach, ich merk es! Wehe! wehe!
Hab ich doch das Wort vergessen!
Ach, das Wort, worauf am Ende
er das wird, was er gewesen.
Ach, er läuft und bringt behende!
Wärst du doch der alte Besen!
Immer neue Güsse
bringt er schnell herein,
Ach! und hundert Flüsse
stürzen auf mich ein.

Nein, nicht länger
kann ichs lassen;
will ihn fassen.
Das ist Tücke!
Ach! nun wird mir immer bänger!
Welche Mine! welche Blicke!
O du Ausgeburt der Hölle!
Soll das ganze Haus ersaufen?
Seh ich über jede Schwelle
doch schon Wasserströme laufen.
Ein verruchter Besen,
der nicht hören will!
Stock, der du gewesen,
steh doch wieder still!
Willst am Ende
gar nicht lassen?
Will dich fassen,
will dich halten
und das alte Holz behende
mit dem scharfen Beile spalten.
Seht da kommt er schleppend wieder!
Wie ich mich nur auf dich werfe,
gleich, o Kobold, liegst du nieder;
krachend trifft die glatte Schärfe.
Wahrlich, brav getroffen!
Seht, er ist entzwei!
Und nun kann ich hoffen,
und ich atme frei!
Wehe! wehe!
Beide Teile
stehn in Eile
schon als Knechte
völlig fertig in die Höhe!
Helft mir, ach! ihr hohen Mächte!
Und sie laufen! Naß und nässer
wirds im Saal und auf den Stufen.
Welch entsetzliches Gewässer!
Herr und Meister! hör mich rufen! Ach, da kommt der Meister!
Herr, die Not ist groß!
Die ich rief, die Geister
werd ich nun nicht los.
”In die Ecke,
Besen, Besen!
Seids gewesen.
Denn als Geister
ruft euch nur zu diesem Zwecke,
erst hervor der alte Meister.”

Johann Wolfgang von Goethe

Abstract
The stratospheric ozone layer is crucial in protecting the Earth’s surface against harmful
erythemal UV radiation, supports the tropospheric oxidation capacity through stratospheretroposphere exchange, and affects through its heating the atmospheric dynamics on the synoptic
scale. Numerous anthropogenic and natural forcings affect the stratospheric ozone layer on different time-scales. The largest impact refers to the rising halogen concentrations throughout the
20th century. Due to successful political sanctions halogen emissions could be vastly decreased.
However, a full recovery of the ozone layer is not expected until the middle of the 21st century,
depending on the development of other forcings. Both stratospheric cooling due to emissions
of greenhouse gases and increases in stratospheric water vapour as observed in the last decades
contribute to further ozone (O3 ) depletion in the polar regions due to enhanced formation of polar stratospheric clouds (PSC). In contrast, in middle and low latitudes the stratospheric cooling
is expected to slow O3 depleting reactions and hence to lead to an enhancement of the ozone
layer. Furthermore, large volcanic eruptions lead to substantial O3 depletion due to the increase
of stratospheric sulphate aerosols. Chemistry climate models (CCM) are indispensable tools to
study the radiative, dynamic and chemical interactions in the stratosphere. In this thesis the
continuous forcing of increasing methane (CH4 ) concentrations – the second most important anthropogenic greenhouse gas – and the impact of volcanic or anthropogenic stratospheric aerosol
increase on the stratosphere are analysed by means of the CCM SOCOL.
CH4 concentrations have more than doubled since pre-industrial times. Using SOCOL steady
state experiments with pre-industrial, present-day and potential future methane concentrations
are carried out to investigate the linearity of the chemical and dynamical effects of CH4 increase
on the stratosphere. The oxidation of CH4 leads to an increase of stratospheric water vapour,
which further increases the radiative forcing at the surface and affects the ozone layer. While
stratospheric water vapour due to CH4 oxidation is linearly increasing with CH4 concentration,
the effects on the ozone layer show non-linear behaviour. This is due to several mechanisms:
the reaction of CH4 with chlorine radicals decreases the concentration of reactive chlorines and
enhances middle stratospheric O3 concentrations; however, at very high CH4 concentrations
the resulting O3 increase is slowed due to the high concentrations of hydroxyl radicals; at high
latitudes the CH4 induced H2 O increase leads to pronounced O3 destruction during spring
caused by enhanced PSC formation. Conversely, the influence of rising CH4 concentrations
on stratospheric dynamics is small, at least when applying past or potential future changes of
CH4 concentrations, i.e. between 0.7 and 2.7 ppmv CH4 . Time slice simulations of 75 years
by SOCOL with these mixing ratios indicate that the meridional gradient of radiative heating
rates caused by CH4 -induced chemical changes represent a too small radiative forcing to induce
statistically significant changes in stratospheric dynamics.
Ensemble simulations utilising 100 year transient runs with SOCOL including all important
climate forcings of the 20th century suggest that the CH4 lifetime varied by more than 10 %
during the last century. In the last decade CH4 lifetime decreased due to higher tropospheric
concentrations of water vapour and O3 , caused as a combined effect of a warming and more
humid climate and a persistent poor, emission-related global air quality. This decrease in CH4
lifetime may have contributed to the stagnation of atmospheric CH4 concentrations observed in
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the past decade. The growth rates of CH4 remain not well understood due to high uncertainties
in CH4 source and sink terms. Since 2007 CH4 concentrations appear to be rising again, but
statistical significance of this latest development is still unclear.
If the anthropogenically emitted greenhouse gases will continue to rise in an uncontrolled
manner, just as they have done in the past decades, we will have to face environmental and
socio-economic problems of presently still inconceivable dimensions. Therefore significant emission reductions must be initiated very soon. As potential support measures, that might extend
the grace period for politically prudential reactions, various ideas for geoengineering are currently being discussed. One such measure could be established through an artificial increase
in stratospheric aerosol concentrations in order to change the atmosphere’s radiation balance.
This is motivated by observations of strong volcanic eruptions injecting sulphate aerosols into
the stratosphere leading to enhanced reflection of incoming shortwave radiation and thus resulting in tropospheric cooling. However, such a geoengineering measure is presently still a largely
unexplored idea that could lead to dangerous side effects. Therefore it is of utmost importance
to analyse and model all presently conceivable relevant aspects and through such research to
discover presently still unknown side effects. To this end, the first question to answer is, how
good are our models in modelling volcanic eruptions on atmosphere and climate?
Large volcanic eruptions introduce a strong forcing on stratospheric chemistry and dynamics. For instance the eruption of Mt. Pinatubo in 1991 emitted roughly 20 Mt of SO2 into the
stratosphere, which introduced a global cooling at the surface. At the same time the stratospheric aerosols absorb longwave radiation and heat the lower stratosphere. So far this heating
is overestimated in state-of-the-art CCMs. In this thesis the Mt. Pinatubo eruption is modelled
with the AER 2D aerosol model and SOCOL. The simulations refer to injections of 14–26 Mt
SO2 into the lower tropical stratosphere. The calculated optical properties and the surface area
density of the aerosols serve as input for SOCOL. Extensive comparisons with observations reveal high uncertainties in the whole modelling process. Only a few measurements are available
in the tropics in the first months after the eruption, which is a region, where the models show
largest uncertainties.
This lets us conclude that current models do not allow to sufficiently quantify the consequences of geoengineering on aerosol radiative and chemical processes, utilising enhanced stratospheric aerosols. However, the models can help to sharpen our perception of possible feedback
processes. Sensitivity runs with AER and SOCOL reveal, that with continuous emissions of SO2
in the tropical lower stratosphere sulphate aerosols tend to grow to larger sizes than observed
after volcanic eruptions. The growth of aerosol particles depends on non-linear processes: the
more sulphur is emitted, the faster the particles grow. Large aerosol particles scatter less efficiently and absorb more strongly than smaller particles. Therefore, regarding geoengineering
experiments, larger amounts of sulphur would be needed than previously thought: first due to
the smaller albedo effect, and second because the residence time of sulphate aerosols is reduced,
due to enhanced sedimentation. Another drawback of generating large particles is the danger
that these particles sediment and heat the tropical tropopause, which might lead to an increase
in stratospheric water vapour and influences the radiative and chemical properties of the entire
stratosphere. Furthermore, the ozone layer would be affected substantially. Especially at high
latitudes and in the area of the main aerosol cloud the potential O3 loss is alarming.

Zusammenfassung
Die Ozonschicht in der Stratosphäre besitzt die lebenswichtige Eigenschaft, dass sie uns vor
schädlicher UV-Strahlung schützt. Ausserdem unterstützt sie die Oxidationskapazität der Troposphäre durch Stratosphären-Troposphären-Transport und beeinflusst durch Heizung die Dynamik der Stratosphäre. Die Ozonschicht wird durch diverse natürliche und anthropogene Faktoren auf verschiedenen Zeitskalen beeinflusst. Im 20. Jahrhundert hatte der erhöhte Ausstoss
von Halogenen zu den grössten Veränderungen geführt. Dank erfolgreichen politischen Massnahmen konnten die Emissionen stark reduziert werden, mit einer gänzlichen Erholung der
Ozonschicht kann jedoch erst in etwa einem halben Jahrhundert gerechnet werden. Sowohl die
Abkühlung der Stratosphäre, durch verstärkte Treibhausgasemissionen, als auch die Zunahme
des stratosphärischen Wasserdampfs (H2 O), die in den letzten Dekaden beobachtet wurde, beinflusst die Stratosphäre und die Ozonschicht. Die dadurch vermehrte Bildung von polaren
Stratosphärenwolken (PSCs) führen zu verstärktem Ozonabbau in hohen Breiten. Demgegenüber werden in den mittleren und niedrigen Breiten die O3 Abbauzyklen durch die Abkühlung
der Treibhausgase verlangsamt, was zu einer Zunahme der O3 Konzentrationen in diesen Regionen führt. Die Ozonschicht wird zusätzlich durch starke Vulkanausbrüche beeinflusst, denn die
verstärkte Bildung von stratosphärischen Schwefelaerosolen führen zu einem Abbau der Ozonschicht. Globale Klima-Chemie-Modelle (engl. chemistry climate models, CCMs) sind sehr gut
geeignet, um chemische, dynamische und strahlungsrelevante Einflüsse und Rückkopplungen in
der Stratosphäre zu untersuchen. In dieser Arbeit werden mit Hilfe des CCMs SOCOL zwei verschiedene Einflüsse auf die Chemie und die Dynamik der Stratosphäre untersucht: einerseits der
Einfluss der Zunahme von Methan (CH4 ) – dem zweit wichtigsten anthropogenen Treibhausgas
– und andererseits der Einfluss von erhöhten stratosphärischen Schwefelaerosolkonzentrationen,
wie sie nach Vulkanausbrüchen beobachtet werden.
Seit vorindustrieller Zeit haben sich die CH4 -Konzentrationen mehr als verdoppelt. In dieser
Arbeit werden mit SOCOL sogenannte Zeitscheiben Experimente mit vorindustriellen, heutigen,
und möglichen zukünftigen CH4 -Konzentrationen gerechnet. Die Oxidation von CH4 führt zu
einer Zunahme von stratosphärischem Wasserdampf, wodurch der Treibhauseffekt verstärkt wird
und die Ozonschicht beeinflusst wird. Der Anstieg von stratosphärischem H2 O ist linear zum
Anstieg von CH4 , hingegen die Ozonschicht wird durch einen Anstieg von CH4 nicht linear
beeinflusst. Die Nichtlinearität kommt durch verschiedene Mechanismen zu Stande. Die Reaktion von CH4 mit Chlorradikalen führt in der mittleren Stratosphäre zu einer Zunahme von
O3 . Jedoch verliert diese Reaktion an Bedeutung bei sehr hohen CH4 -Konzentrationen durch
die erhöhten Hydroxyl (OH)-Konzentrationen. Ausserdem hat die Zunahme von CH4 in den
hohen Breiten im Frühling eine erhöhte PSC-Bildung und dadurch einen verstärkten O3 Abbau
zur Folge. Hingegen die stratopshärische Dynamik wird durch den Anstieg von vorindustriellen
zu möglichen zukünftigen CH4 -Konzentrationen (0.7–2.7 ppmv) nicht stark beeinflusst. Mit
SOCOL gerechnete Zeitscheiben Experimente über 75 Jahre zeigen, dass die Veränderung der
meridionalen Gradienten in den stratosphärischen Heizraten, die durch chemische Einflüsse des
CH4 Anstiegs ausgelöst wurden, einen zu kleinen Einfluss darstellen um die stratosphärische
Dynamik statistisch signifikant zu verändern.
Transiente Modellsimulationen des gesamten 20. Jahrhunderts mit SOCOL zeigen, dass in
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dieser Zeitperiode die Lebensdauer von CH4 um 10 % variierte. In der ersten Hälfte das Jahrhunderts stieg die Lebensdauer, da steigende Kohlenmonoxid (CO) und CH4 -Konzentrationen eine
Abnahme in den OH-Konzentrationen bewirkten. Seit den 60er-Jahren hat die Lebendsdauer
von CH4 jedoch abgenommen, trotz des weiteren CH4 und CO Anstiegs in dieser Zeit. Denn die
wärmere und dadurch feuchtere Troposphäre, sowie die verstärkte Emission von O3 bildenden
Vorläufersubstanzen, haben zu einer Zunahme in troposphärischem O3 und H2 O geführt. Diese
Abnahme der Lebensdauer könnte auch zu einer Abflachung der CH4 -Wachstumsrate in den
letzten Dekaden beigetragen haben. Die Änderungen in den CH4 -Wachstumsraten sind wegen
den grossen Unsicherheiten in der Quantifizierung der CH4 -Quell- und Senkterme heute noch
schlecht verstanden. Nach einem Stagnieren der CH4 -Konzentrationen in den letzten Jahren
scheinen die Konzentrationen seit 2007 wieder zu steigen, die statistische Signifikanz dieser Entwicklung wird sich aber erst in Zukunft zeigen.
Falls die Treibhausgase in Zukunft weiter unkontrolliert ansteigen wie in den letzten Dekaden,
werden wir schon in wenigen Jahrzehnten mit beträchtlichen Umwelt- und sozioökonomischen
Problemen konfrontiert werden. Es müssen sofort substantielle Reduktionen der Treibhausgase erfolgen, damit gravierende klimatische Folgen verhindert werden können. Befürchtungen,
dass die Reduktionen nicht erreicht werden können oder nicht genügen werden, führen nun
verstärkt zu Diskussionen, ob die Erdoberfläche durch andere – sogenannte geotechnische –
Massnahmen gekühlt werden könnte. Beispielsweise könnten, wie bei einem Vulkanausbruch,
die stratosphärischen Schwefelaerosolkonzentrationen erhöht werden. Die Schwefelaerosole reflektieren einen Teil der Sonneneinstrahlung und führen dadurch zu einer Abkühlung an der
Erdoberfläche. Ein solches geotechnisches Experiment könnte jedoch zahlreiche negative Nebeneffekte auslösen. Deshalb ist es äusserst wichtig, alle relevanten Prozesse zu analysieren und auf
bisher noch unbekannte Nebeneffekte zu untersuchen. Als Erstes muss die Frage beantwortet
werden, wie gut unsere Modelle die klimatischen Folgen von Vulkanausbrüchen abbilden können.
Starke Vulkanausbrüche haben einen grossen Einfluss auf die Stratosphäre. Durch den
Ausbruch des Mt. Pinatubo im Juni 1991 wurden rund 20 Mt SO2 in die Stratosphäre emittiert, was durch den damit verbundenen enormen Anstieg der stratosphärischen Aerosole zu
einer Abkühlung der Erdoberfläche von 0.5 K führte. Schwefelaerosole absorbieren zudem langwellige Strahlung und erwärmen so die unteren Stratosphäre. Diese Erwärmung wird durch
die meisten CCMs überschätzt. In dieser Arbeit wird mit dem AER 2D-Aerosolmodell und
SOCOL die Mt. Pinatubo-Eruption simuliert. Aufgrund lückenhafter Beobachtungsdaten über
den Tropen und Modelldefiziten ist die Auswirkung auf die Temperatur mit grossen Unsicherheiten behaftet. Die Effekte eines solchen geotechnischen Experiments können daher zurzeit
nicht befriedigend quantifiziert werden. Modellsimulationen helfen jedoch Rückkoppelungen
und Linearitäten einzelner involvierter Prozesse besser zu verstehen. Sensitivitätsexperimente
mit SOCOL und dem AER-Modell zeigen, dass mit kontinuierlichen SO2 Emissionen in die
untere tropische Stratosphäre, die gebildeten Sulfataerosole stärker anwachsen, als dies nach
Vulkanausbrüchen beobachtet wurde. Grössere Partikel streuen weniger effizient kurzwellige
Strahlung als kleinere Partikel, was dazu führt, dass grössere Mengen an Schwefel gebraucht
werden, als bisher gedacht wurde. Da einerseits der Albedoeffekt der Aerosole schwächer ist
und andererseits viel Masse durch Sedimentation und Auswaschung verloren geht. Eine weitere
Gefahr entsteht, wenn die Aerosole in die Tropopausenregion sedimentieren und diese erwärmen.
Dies hätte eine deutlich feuchtere Stratosphäre zur Folge, was die Chemie und die Dynamik der
gesamten Stratosphäre beeinflussen würde. Insbesondere in hohen Breiten und in Gebieten mit
besonders starken Aerosolkonzentrationen müsste für einen solchen geotechnischen Eingriff mit
einem starken O3 Abbau gerechnet werden.
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Chapter 1

Introduction
Human interest in understanding climate is as old as human society. People asked questions like: What is the reason for this fertile year with moderate precipitation or for that
drought year without a rain drop? Almost as old is the question, whether humans can
actually influence climate. In a broader context not only year-to-year climate variability is of interest but also the long-time climate changes - ranging from perturbations in
paleo-climatological time scales to the recent anthropogenic climate warming.
While in ancient times most answers on these questions came from legends and religious
myths, nowadays physical, chemical and biological concepts are used to explain Earth’s
climate. It was a long way from the ”flat Earth model” – to the ”Greek geocentric
model” – to the ”heliocentric model” – to today’s conception of the Earth and its climate.
Helpful tools for explanations of climate phenomena are a wide range of climate models. In
atmospheric climate science simple models, like for example a zero-dimensional radiative
balance model, and complex models, like fully coupled three-dimensional climate models,
are most valuable to study important climate features. Individual simple processes in
climate can be efficiently explained by simple models. For example the greenhouse gas
effect can be simulated easily with a zero-dimensional radiative balance model. However,
when feedback processes are taken into consideration, more complex models are needed.
A high level of complexity is reached with a fully coupled three-dimensional atmosphericocean circulation model, including chemistry and carbon cycle. The disadvantage of such
complex models is the need of huge computational power. An additional complication is,
that with increasing model complexity the model results are more and more difficult to
be interpreted. Researchers are faced with the challenging task to find an adequate model
for their specific research question.
No matter how complex a model is, it is only an image of the reality. Assumptions and
simplifications have to be made. Parameterizations are used and climate models are tuned
to replicate observations. It is thus important to maintain a variety of different models
with different numerical fundaments. This helps to minimise the danger to produce one
single climate model, which is maybe perfect to describe one climatic state, but fails when
some boundary conditions are changed. Therefore it makes sense to constantly improve
individual models and validate them with respect to their response to different forcings.
In this study we work with the chemistry climate model (CCM) SOCOL (SOlar Climate Ozone Links), a three-dimensional model with coupled radiation, transport (dynamics) and chemistry. CCMs are most suitable for research questions, where effects on and
by chemistry plays a key role (e.g. the influence factors on stratospheric ozone (O3 )).
Here, two main climatic forcings are studied with SOCOL: (a) eruption of large volcanoes
and (b) the rise of atmospheric methane concentrations. Both boundary condition are
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analysed with a focus on stratospheric changes.
The model descriptions can be found in Chapter 2. Specific analysis on the SOCOL
model performance with respect to the radiative transfer code in modelling stratospheric
aerosol scattering are covered in Chapter 3.
Volcanic eruptions can develop such forces that their explosions inject huge mass of
ashes and gases into the troposphere and even as high as the stratosphere. The volcanic
ashes lead to a strong regional forcing, but are washed out within days. Contrary to that
the emitted gaseous species can induce much longer changes in the atmosphere and lead
to strong climate signals. This works through the production of stratospheric sulphate
aerosols which are built out of the injected sulphur from the eruption (in form of sulphur
dioxide). The aerosols which are transported with the residual stratospheric circulation,
cause a global reduction of incoming shortwave radiation at the Earth’s surface during 1-3
years (e.g. Robock , 2000). In the lower stratosphere the aerosols absorb infrared radiation
and hence lead to a pronounced warming. Large volcanic eruptions impose a strong
forcing on the climate system and challenges the skill of climate models in reproducing
the main processes realistically.
The last large volcanic eruption with global impact on climate was the Mt. Pinatubo
eruption in June 1991 in the Philippines, which led to a decrease in global surface temperature of 0.5 K (Lacis and Mishchenko, 1995). There are still high uncertainties in
modelling Mt. Pinatubo eruption, arising from measurement gaps and errors as well
as from modelling deficiencies. The discussion on these uncertainties can be found in
Chapter 4.
Since pre-industrial times humans have had a strong impact on climate, whose pathway pre-dominantly occurred via emissions of greenhouse gases. The consequences are
projected to be severe calling for immediate global actions to counteract rising GHG levels. However, even if anthropogenic greenhouse gas emissions would stop immediately,
climate warming would still be prevailing for another 100 years, due to the inertia in
the system (Forster et al., 2007). Mitigation scenarios therefore have to be addressed.
Recently geoengineering ideas have attracted more and more attention in scientific and
public society. Are there technical measures to prevent us from dangerous consequences
of climate warming? One of these ideas is the emission of sulphur into the stratosphere
to mimic a volcanic eruption and cool the Earth’s surface. In Chapter 5 the question is
addressed, whether we are ready to model all important effects and potential dangerous
side effects of such a project.
The second most important (anthropogenically emitted) greenhouse gas is CH4 .
Roughly 20% of the total radiative forcing caused by human activity since pre-industrial
times is attributed to CH4 increase (Solomon et al., 2007). The main reasons for the
steep increase of CH4 in the last century (CH4 concentrations almost doubled) are enhanced emissions by agriculture, industry and waste management. Compared to other
atmospheric trace gases CH4 has a relatively long lifetime, however, its lifetime is more
than 10 times smaller than the lifetime of carbon dioxide. The major sink of CH4 is the
reaction with the hydroxyl radical (OH). The oxidation of CH4 influences OH and O3 concentrations and hence changes the atmospheric oxidation capacity, which has important
implications on the concentrations of atmospheric pollutants. The lifetime of CH4 was
changing during the 20th century because of changing OH concentrations. Predictions on
how CH4 lifetime will change in the future are important, as this has final implications
on the radiative forcing at the Earth’s surface. In Chapter 7 the change of CH4 lifetime
in a past and future climate is examined.
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In the stratosphere CH4 is an important source of water vapour (e.g.
Wuebbles and Hayhoe, 2002). The increased stratospheric water vapour leads to additional positive radiative forcing at the surface (roughly 4 % of the total radiative forcing),
as water vapour is the strongest greenhouse gas (e.g. Forster et al., 2007). Furthermore
CH4 influences stratospheric O3 concentrations, which is of high interest due to the ability of stratospheric O3 shielding us from ultraviolet radiation and due to its radiative
properties. The radiative forcing of water vapour, O3 and CH4 in the stratosphere is not
homogeneously distributed, leading to different temperature gradients and consequently
changing stratospheric dynamics. In Chapter 6 the changes in stratospheric chemical
composition, with focus a on O3 changes, are outlined and effects on stratospheric dynamics are discussed.

Chapter 2

Model description and data
In this chapter the main tools used within the thesis are detailed. First the chemistry climate model (CCM) SOCOL is presented. It is a three-dimensional model with coupled radiation, dynamics and chemistry. CCMs are indispensable tools for studying various kinds
of feedback processes between the stratospheric and tropospheric system. Second the AER
(Atmospheric and Environmental Research Incorporation) two-dimensional aerosol model
with sophisticated micro-physics schemes and well developed sulphate aerosol description
is outlined. A short description of the radiative transfer software ”LibRadtran” is completing this chapter.

2.1

Chemistry climate model SOCOL

The CCM SOCOL (SOlar Climate Ozone Links) was mainly developed to study solar influences on the stratosphere within a collaboration of ETH Zurich, PMOD/WRC (Physical and Meteorological Observatory / World Radiation Center) Davos and MPI Hamburg
(Egorova et al., 2005). The dynamical and radiative part of the model consists of the
General Circulation Model (GCM) MA-ECHAM4 (Middle Atmosphere version of the European Center/Hamburg Model 4 General Circulation Model) (Manzini and McFarlane,
1998). The chemistry is based on a modified version of the UIUC (University of Illinois at
Urbana-Champaign) Chemistry Transport Model (CTM) MEZON (Model for the Evaluation of oZONe trends) (Rozanov et al., 2001, 1999; Egorova et al., 2001, 2003). The GCM
MA-ECHAM4 is a spectral model with T21, T30, T42 and T106 horizontal truncation.
SOCOL is based on T30, resulting in a horizontal grid spacing of about 3.75◦ , yielding a
horizontal resolution of roughly 6◦ (670 km at the equator). Chemistry, radiation and all
parametrizations in SOCOL are calculated in grid space. The conversion from spectral
to grid space is done by fast-fourier and legendre transformation. ECHAM is based on a
hybrid σ-p coordinate system (the lower most levels follow the model topography). The
currend version has an upper lid at 0.01 hPa (about 80 km) and 39 levels, resulting in
a vertical resolution of 0.1–1.5 km in the troposphere, 1.5–2.5 km in the stratosphere and
3–9 km in the mesosphere. A semi-implicit time stepping scheme with weak filter is used
with a time step of 15 min for dynamical processes and physical process parametrizations and a time step of 2 hours for radiative transfer calculations and chemistry. The
gravity wave source spectrum of the Doppler spread parameterization has been modified
according to Manzini et al. (1997).
The radiation scheme of MA-ECHAM4 is originally based on ECMWF (European
Centre for Medium-Range Weather Forecast) radiation code (Fouquart and Bonnel, 1980;
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Table 2.1: Spectral bands in ECHAM4 for shortwave and longwave radiation.

band
1
2
3
4
5
6
7
8

wavelength in µ m
0.25–0.68
0.68–4.0
5.32–6.89665
28.57–50.0
12.5–20.0
8.0–9.009
10.3–12.5
9.009–10.309
20.0–28.57
3.549–5.32
6.89655–8.0

spectral region in cm−1
14706–40000
2500–14706
200–350
1450–1880
500–800
800–970
1110–1250
970–1110
350–500
1250–1450
1880–2820

absorption bands
O3 H2 O
O3 H2 O CO2 CH4 N2 O
rotation and vibration bands
of H2 O
15 µm band of CO2
atmospheric window
9.6 µm band of O3
25 µm window region
H2 O wing of rotation
vibration band

Morcrette, 1991). The radiation is treated with 8 spectral bands: one band in the shortwave and visible, one band in NIR and 6 bands in the longwave (see Table 2.1). In the first
two spectral bands (250 nm–4 µm) scattering and absorption by aerosols, absorption by
water vapour (H2 O), ozone (O3 ), and carbon dioxide (CO2 ), as well as Rayleigh scattering
and scattering by clouds is considered. The longwave bands (band 3–8) allow for absorption and emission by clouds, water vapour, O3 , CO2 , methane (CH4 ), nitrous oxide (N2 O)
and the chlorofluorocarbons CFC-11 (CCl3 F) and CFC-12(CCl2 F2 ). In addition, due to
its vertical extension well into the mesosphere, SOCOL accounts for absorption processes
of radiation with wavelength < 250 nm: O3 in the Hartley band (200–310 nm), O2 in the
Schumann-Runge continuum (175–200 nm) and O2 in the Lyman-α line (121.6 nm) (by
parameterizations based on Strobel (1978)).
The chemical part of SOCOL treats 41 chemical species from the oxygen, hydrogen,
nitrogen, carbon, chlorine and bromine groups, which are involved in 118 gas-phase reactions, 33 photolysis reactions and 16 heterogeneous reactions on/in sulphate aerosol and
polar stratospheric cloud (PSC) particles. The chemical solver is based on the implicit
iterative Newton-Raphson scheme. The reaction coefficients are taken from Sander et al.
(2000). The photolysis calculations cover the spectral region 120-750 nm, including
Schumann-Runge continuum and Lyman–α line and is divided into 73 spectral intervals. Every (chemical) time step the photolysis rates are calculated using a look-up-table
(Rozanov et al., 1999).
The chemical species are transported by a hybrid numerical advection scheme
(Zubov et al., 1999), driven by wind fields from ECHAM4: in the vertical transport is
performed with the Prather scheme (Prather , 1986) and in the horizontal with a semilagrangian scheme (Williamson and Rasch, 1989). Due to its flux form the Prather scheme
is strictly mass conservative, whereas the semi-lagrangian scheme isn’t. To balance potential artificial mass losses and increases after the horizontal transport step, corrections are applied using so-called mass fixers. SOCOL uses a mass fixer described by
(Williamson and Rasch, 1989), which leads to large corrections in regions with steep horizontal gradients in the transported tracer fields.
Several validations of the original SOCOL version 1.1 have been performed
(Egorova et al., 2005; Austin et al., 2003, 2007; Eyring et al., 2006; Fischer et al., 2008b).

2.2. AER TWO-DIMENSIONAL MODEL OF SULPHATE AEROSOL
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They revealed a good overall performance but serious deficiencies in modelling stratospheric chlorine content and stratospheric water vapour distribution. Recent major revisions were successful in improving these issues (Schraner et al., 2008; Schraner, 2008;
Fischer et al., 2008a; Fischer, 2008).
SOCOL version 2.0 includes a more sophisticated way to treat halogen chemistry:
ozone depleting substances (ODS) are no longer summed up to three families but instead
calculated separately. 19 new substances and 13 photolysis reactions, 14 reactions with
oxygen radical (O(1 D)) and 8 reactions with hydroxyl radical (OH) were added to the
model.
Further improvements could be achieved by changes of the mass fixer within the chemical semi-lagrangian transport scheme. As mentioned above the mass fixer make the largest
corrections when a tracer field shows steep horizontal gradients which might lead to lead
to unphysical redistribution of transported species with artificial depletion in some regions
and accumulation in other regions. In the stratosphere steep gradients occur for instance
near the polar vortex edge, which acts as a horizontal transport barrier. Schraner et al.
(2008) revealed that such transport barriers are connected to anomalously low concentrations at polar latitudes, which were documented by Eyring et al. (2006). In order to
improve this model feature a new mass fixing scheme based on family concept is introduced. Schraner et al. (2008) show that with the newly introduced family-based mass
fixing for nitrogen, chlorine and bromine species the overall performance is improved. For
O3 , where meridional gradients occur as well and a family concept cannot be applied,
the mass fixing is restricted to 40◦ S and 40◦ N. This is justified by the observation that
transport errors in O3 are mostly occurring at (sub-)tropical latitudes. Consequently the
errors can no longer be transported to higher latitudes. A major improvement could be
obtained concerning stratospheric water vapour. Stratospheric water vapour concentrations were fairly overestimated by SOCOL v1.1. The new sedimentation of uppermost
cirrus cloud particles could improve the stratospheric water vapour concentrations. Due
to a cold bias in the tropical tropopause the stratospheric water vapour is now only slightly
underestimated (Schraner et al., 2008; Schraner, 2008).

2.2

AER two-dimensional model of sulphate aerosol

The two-dimensional sulphate aerosol model developed at AER (Atmospheric and Environmental Research Incorporation, Lexington, MA, U.S.A.) is used here to model
Mt. Pinatubo eruption and to study geoengineering by injection of sulphur into the stratosphere. For validation of the model against observations see Weisenstein et al. (1997,
1998); Thomason and Peter (2006); Weisenstein et al. (2007). The model includes the
following sulphur species: SO2 , OCS, DMS, H2 S, and CS2 . Thereby SO2 and OCS are
the major significant gas species in terms of sulphur input into the stratosphere. For
the Mt. Pinatubo eruption and the geoengineering studies the sulphur is brought into
the stratosphere in form of SO2 . The model uses pre-calculated values of OH and other
oxidants, along with pre-calculated photolysis rates, derived from a model calculation
with standard stratospheric chemistry (Weisenstein et al., 1997). Reaction rates are according to Sander et al. (2000) and in our studies OH climatologies are adapted from
von Kuhlmann et al. (2003).
Sulphuric acid aerosols (H2 SO4 /H2 O) are calculated on the global domain from the
surface to 60 km with 1.2 km vertical resolution. The horizontal resolution is 9.5◦ . The
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model accounts for significant recycling of gaseous H2 SO4 into SOx (=S+SO+SO2 +SO3 )
in the upper stratosphere via photolysis. The sulphate aerosols are treated as liquid
binary solution droplets (or ternary solution droplets in polar regions). Their exact composition is directly derived from the surrounding temperature and humidity. The size
distribution (with 40 size bins spanning the range 0.4 nm - 3.2 µm) of aerosol particles
is defined by micro-physical processes as nucleation, condensation, evaporation, coagulation, sedimentation and (tropospheric) washout. Resolving the size distribution of aerosol
particles is crucial for predicting the correct sedimentation rate and hence the lifetime of
stratospheric particles. In the AER model aerosol particles are formed via homogeneous
nucleation. Nucleation theories and experimental observations of nucleation rates often
differ by several orders of magnitude, but the resulting uncertainty does generally not represent a problem because coagulation readily adjusts number densities when nucleation
rates are large (Weisenstein et al., 2007). Near the tropical tropopause the nucleation
rate is often close to the kinetic limit, which results in a aerosol population almost insensitive to the assumed nucleation rate. The AER 2-D aerosol model reproduces the main
nucleation areas which are to be found near the tropical tropopause and in polar regions
(Weisenstein et al., 2007).
Gas-phase species and aerosol particles are transported along with the residual circulation and by horizontal and vertical diffusion. Transport parameters (residual circulation
and eddy diffusion) are based on Fleming et al. (1999) and are calculated from observed
O3 , water vapour, zonal wind, and temperature for climatological and transient conditions. Wave driving by planetary and gravity waves is included as well. The diabatic
heating rates are computed following Rosenfield et al. (1994) and the calculation of horizontal diffusion coefficients follow Randel and Garcia (1994).

2.3

Radiative transfer software LibRadtran

LibRadtran is a software package including several codes for atmospheric radiative transfer calculations (Mayer and Kylling, 2005). It may be used to compute radiances, irradiances and actinic fluxes in the solar and terrestrial part of the spectrum. The model was
originally developed for ultra violet (UV) radiation, but was then extended to longer wavelengths. The main model within LibRadtran is uvspec. The so-called correlated-k approximation is used for the radiative calculation, it is the most accurate band parameterization
Lacis and Oinas (1991); Yang et al. (2000). In this study, for calculating in the UV (200–
680 nm) and longwave (4.5–1· 104 µm), we make use of the correlated-k algorithm based
on parameterizations by Fu Fu (1992). In the near infra red (NIR) range (680-4000 nm)
we use a pseudo-spectral calculations based on LOWTRAN (Pierluissi and Peng, 1985),
which is adopted from the radiative transfer model SBDART (Ricchiazzi et al., 1998).
This model is based on line-by-line calculations that are degraded to 20 cm−1 resolution,
yielding 5 nm resolution in the visible and 200 nm in the thermal infrared. The fractional
transmission is expressed by only three exponential functions which generally results in
good computational economy compared to line-by-line calculations but may also show
deficiencies.

Chapter 3

Heating of the lower stratosphere
caused by scattering of the solar
near infrared irradiance by sulphate
aerosols
After large volcanic eruptions in the tropics stratospheric sulphate aerosol concentration
increase remarkably. Stratospheric aerosols influence the radiation budged by increasing
Earth’s albedo and consequentially Earth’s surface cools. In the stratosphere the absorption of longwave radiation and the scattering of shortwave radiation by the aerosol
layer causes heating. State of the art climate models overestimate the corresponding
stratospheric heating (e.g. Eyring et al., 2006). Possible reasons for the overestimation
are a) discrepancies in the description of optical properties of stratospheric aerosols, b)
problems within the radiation transfer calculations or c) missing processes, for instance in
the dynamical feedback. In this study we address b) by comparing the scattering of solar
NIR radiation by sulphate aerosols calculated with MA-ECHAM4, MA-ECHAM5 and the
radiative transfer model uvspec from the LibRadtran software package. Stenchikov et al.
(1998) showed that absorption of solar near infrared (NIR) radiation contributes remarkably to the heating of the lower stratosphere. Model improvements of MA-ECHAM5
described by Thomas (2008) reduced the lower stratospheric net heating due to enhanced
stratospheric aerosol concentration. However, the clear-sky radiative heating due to scattering of NIR compared to uvspec is still overestimated by the ECHAM models and
furthermore a model deficiency was found within the radiative transfer parameterization.
The calculated heating rates by the ECHAM models in the stratosphere are smaller the
more clouds are present in the troposphere. This feature contradicts all physical explanations: Since the ECHAM models clearly separate between solar and terrestrial radiation
source, the radiative heating by solar NIR in the stratosphere should increase with cloudiness, as the clouds reflect NIR back to the stratosphere.

3.1

Introduction

The most important greenhouse gases H2 O, CO2 , O3 , CH4 and N2 O exhibit absorption
bands in the NIR. During non-volcanic times the contribution of absorption of NIR by
trace gases to the total heating rate in the stratosphere is marginal. Stenchikov et al.
(1998), however, pointed out that the enhanced stratospheric aerosol concentration in the

10

CHAPTER 3. HEATING LOWER STRATOSPHERE BY NIR SCATTERING

stratosphere after volcanic eruptions could lead to a strong increase in radiative heating
by NIR absorption. This is partly due to absorption of NIR by the aerosols and partly due
to aerosol scattering, prolonging the pathway of the photons and hence leading to more
NIR absorption by trace gases. Here we focus only on the heating due to the scattering
of NIR radiation by the stratospheric aerosols. Scattering is a physical process where a
photon hits a particle and is subsequently re-radiated, whereas the photon can be emitted
in all directions. Photons can be scattered by aerosol particles and air molecules. The
intensity of the scattering is determined by the wavelength of the radiation and the size
of the particles or molecules. The single scattering albedo ω describes the ratio of the
extinction by scattering to the total extinction.
ω=

ks
ks
= ,
ks + ka
k

(3.1)

where ks is the scattering coefficient, ka is the absorption coefficient and k is the total
extinction coefficient. Scattering by air molecules can be described by Rayleigh scattering
(Nicolet, 1984), scattering by aerosols can be described by Mie theory (Mie, 1908). The
total extinction coefficient by an aerosol layer at a particular wavelength is described by:
Z ∞
dn(r)
dr,
(3.2)
k(λ) =
πr 2 QE (λ, r, R)
dr
0
where r is the aerosol radius, n is the number density of aerosols with the radius r and
QE is the efficiency factor for attenuation of radiation at wavelength λ by a particle with
radius r and refraction index R. Within the aerosol layer the NIR radiation is multiple
scattered by aerosols and air particles. The prolongation of the radiation path increases
the fraction of the radiation absorbed by air molecules. As the emission is not changed
by introducing scattering by aerosols in NIR this leads to local heating.
Ha > H,

(3.3)

where Ha is the heating rate in the stratosphere due to scattering of NIR radiation with
stratospheric aerosols included and H is the heating rate without stratospheric aerosol.
The amplitude of the heating depends on the amount of NIR radiation passing through
the stratosphere. For a constant radiation source (e.g. no sun variability), the total NIR
radiation in the stratosphere only changes if the albedo of the troposphere or the surface
variates, for instance if the cloud fraction is alternated.

3.2
3.2.1

Model description
Radiative transfer software LibRadtran

LibRadtran is a software package to calculate radiative transfer in the atmosphere
(Mayer and Kylling, 2005). The main tool is the uvspec model, it may be used to compute radiance, irradiance, actinic fluxes and heating rates in the solar and terrestrial
part of the spectrum. In this study we use uvspec as a reference model for calculating heating rates in the NIR. The version we use is based on the SBDART radiative
transfer model (Ricchiazzi et al., 1998) which was developed for LOWTRAN band model
(Pierluissi and Peng, 1985). See Section 2.3 for further explanations.

3.2. MODEL DESCRIPTION

3.2.2
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GCM MA-ECHAM4 and MA-ECHAM5

We use a modified Middle Atmosphere version of the European Center/Hamburg Model 4
General Circulation Model (MA-ECHAM4) (Manzini and McFarlane, 1998) and the Middle Atmosphere version of the European Center/Hamburg Model 5 General Circulation
Model MA-ECHAM5 v4.0 (Roeckner et al., 2003, 2004). The radiation transfer code in
the ECHAM models is originally based on ECMWF radiation code (Fouquart and Bonnel,
1980; Morcrette, 1991). In the ultraviolet, visible and NIR scattering and absorption by
aerosols and clouds, absorption by H2 O, O3 , and CO2 and Rayleigh scattering is considered. The SW scheme uses the Eddington approximation for the integration over the
zenith and azimuth angles and the Delta-Eddington approximation for the reflectivity of
a layer Roeckner et al. (2003). See Section 2.1 for further descriptions on MA-ECHAM4.
The improvements of the shortwave (SW) radiative transfer parameterization scheme documented by Thomas (2008), namely the inclusion of the multiple reflection and the aerosol
gas interaction is included in both model versions (description follows in Section 3.2.3).
We updated the radiative transfer code accordingly in MA-ECHAM4. After the correction the only differences between the parameterizations of the shortwave radiation of
this MA-ECHAM4 and MA-ECHAM5 versions is the spectral resolution. The NIR is
represented by one single band in MA-ECHAM4 and by 3 bands in MA-ECHAM5 (see
Table 3.1).
Table 3.1: Spectral bands in MA-ECHAM4 and MA-ECHAM5 for shortwave radiation. (The
sun is the only source of irradiance for these bands. The terrestrial radiation is treated by other
bands spanning the infrared spectrum.)

model
MA-ECHAM4
MA-ECHAM5

3.2.3

band
1
2
1
2
3
4
5
6

wavelength in nm
250–680
680–4000
185–250
250–440
440–690
690–1190
1190–2380
2380–4000

spectral region in cm−1
14706–40000
2500–14706
40000–54054
22727–40000
14493–22727
8403–14493
4202–8403
2500–4202

absorber
O3 , H2 O
O3 , H2 O, CO2
O3
O3 , CO2
H2 O, O3 , CO2
H2 O, CO2
H2 O, CO2
H2 O, O3 , CO2

Corrections of the shortwave radiation code of MAECHAM5 and MA-ECHAM4

Thomas (2008) identified in a former version of MA-ECHAM5 (v3.0) that the SW heating
rate increase due to the presence of stratospheric aerosols in the stratosphere was overestimated remarkably. This motivated a profound study of the SW parameterizations in the
radiation code, which revealed following shortcomings Thomas (2008): the combination
of the optical properties of the atmospheric particles was wrong, delta transformation was
too many times applied in a row, the multiple reflection effects and interactions between
aerosol scattering and gaseous absorption in the shortwave was not included and a simplified two stream approximation instead of a more complex approximation for Rayleigh and
aerosol scattering could introduce errors. All this features were also present in the original MA-ECHAM4 version, except for the treatment of multiple scattering in the clear-sky
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Change in short wave heating rates due to code modification
aerosol, all bands
aerosol, band 1 (250-680 nm)
aerosol, band 2 (680-4000 nm)
no aerosol, all bands

Fig. 3.1: Changes in SW heating rates due
to corrections in the radiative transfer code in
MA-ECHAM4 at the equator in January 1992.
The corrections are namely the combination of
optical properties of atmospheric particles and
the avoidance of multiple Delta transformation.
The optical properties are retrieved from gapfilled SAGE II data set (Thomason and Peter,
2006) (see Chapter 4, SA1.8 1).

part, which was included in MA-ECHAM4.

Combination of the optical properties and multiple use of Delta transformation
Thomas (2008) encountered that the combination of the optical properties (optical depth
τ , the single scattering albedo ω and the asymmetry parameter g) of atmospheric particles
were wrongly combined in the model code of MA-ECHAM5 and MA-ECHAM4. The
correct way to combine the optical depth τ of clouds, aerosols and Rayleigh scattering of
gases is as following:
X
τ=
τi ,
(3.4)
i

where τi are the individual optical depths. The total single scattering albedo ω is the
average of the individual single scattering albedos ωi weighted by the optical depth of the
individual particles τi :
P
i τi · ωi
ω= P
.
(3.5)
i τi

The total asymmetry parameter g is given by:

P
i τi · ωi · gi
g= P
.
i τi · ωi

(3.6)

The calculation of the radiative transfer by the code of Fouquart and Bonnel (1980)
takes the use of so-called delta transformation of the optical properties, the transformed

3.2. MODEL DESCRIPTION
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Fig. 3.2: Solar heating rate anomalies (K/d) for August 1991 as in (a) Stenchikov et al. (1998)
(calculated by MA-ECHAM4) (b) simulations with original MA-ECHAM v5.3 and (c) corrected
MA-ECHAM v5.3 radiative code as described in Section 3.2.3 (Figure from Thomas (2008)).

parameters τ ′ , ω ′ and g ′ are defined as following:
τ ′ = τ · (1 − ω · g 2 ),
ω(1 − g 2 )
,
ω′ =
(1 − ω · g 2 )
g
g′ =
.
(1 + g)

(3.7)
(3.8)
(3.9)

Erroneously the delta transformation was applied two or three times in a row in the
model.
The multiple usage of delta transformation and the combination of the atmospheric
particles properties were corrected in both models. The absolute SW heating rates decreased by roughly 1% due to these changes (see Figure 3.1). In the region with the
maximum stratospheric aerosol concentration (20 km) the relative decrease in SW heating decreased and above the most dense aerosol layer the relative decrease increased.
However, the impact on the lower stratospheric heating due to aerosols is only marginally
affected by these changes.

Introduction of multiple scattering in clear-sky calculations
After volcanic eruptions, the multiple scattering of SW radiation (including NIR) and
the interaction between aerosol scattering and gaseous absorption become important. In
MA-ECHAM5 the radiative transfer of the cloudy and the clear-sky part is calculated
separately. The multiple reflection between the layers was only incorporated in the part
of the calculation, whereas the clear-sky part takes only single reflection into account.
This neglect is no longer justified if the stratospheric aerosol concentration is anomalously
high. Once the multiple reflection was added to the clear-sky part, the SW heating rates
improved tremendously for MA-ECHAM5 simulations. The solar heating rates anomalies
due to stratospheric aerosol were reduced by a factor 2 (see Figure 3.2). This problem
did not appear in MA-ECHAM4 SW radiation code, as the clear-sky and cloudy part are
treated identically, therefore the multiple scattering was already included in the clear-sky
part.
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Simplified two stream approximation versus Delta Eddington approximation
For the most cases the use of the simplified two stream approximation for the radiative
transfer calculation for Rayleigh and aerosol scattering, which was implemented in MAECHAM5 v3.0 and MA-ECHAM4, is justified Coakley and Chylek (1975). The advantage
of this method is the reduction in computing time, compared to other methods. However,
after the eruption of huge volcanoes this approximation is no longer advisable. Thomas
(2008) showed that for optical depths higher than 0.1-0.2 the simple two stream approximation leads to significant errors. An alternative is the use of the more accurate Delta
Eddington approximations, which was introduced in MA-ECHAM5 by Thomas (2008).
For the Mt. Pinatubo eruption in 1991 the maximal optical depths were still in the range
where the use of the simplified two stream approximation is still reasonable and hence
this change was not applied to MA-ECHAM4, where still the simplified two stream approximation is used. However, for simulations with higher concentrations of stratospheric
sulphate aerosols the simplified two stream approximation should by changed by the more
accurate Delta Eddington approximation.

3.3

Experimental setup

The corrections in the MA-ECHAM4 SW radiation code as described in Section 3.2.3 did
not improve the overestimation of the lower stratospheric warming after Mt. Pinatubo
eruption. Therefore the performance of the SW radiation transfer in MA-ECHAM4 and
MA-ECHAM5 was further studied. The experimental setup of the tests applied to the
SW radiation code is described in this section.
Most NIR radiation is emitted by the sun and only a small fraction by the Earth. In the
following discussion we consider NIR coming from the sun only. The heating rate in the
spectral interval spanned by band 2 for MA-ECHAM4 and bands 4–6 for MA-ECHAM5
are compared with uvspec calculations. We introduce an idealised stratospheric aerosol
distribution, with the fictitious characteristics of being totally transparent, except for
NIR. Single scattering albedo is set to 1, hence no radiation is absorbed, the asymmetry
factor is set to 0.5 and the aerosol extinction coefficients are set as shown in Table 3.2.
The extinction coefficients vary with altitude but is constant in horizontal direction. The
maximum is localised at about 20 km altitude with an amplitude of 0.01 km−1 . In order
to allow a meaningful comparison between the models, the aerosol optical properties are
constant for the whole NIR wavelength range (680 nm ≤ λ ≤ 4 µm).

We consider three cases of cloudiness in the troposphere: a) without clouds (clearsky), b) with clouds as modelled by ECHAM (all-sky) and c) fully covered with clouds
(overcast). Figure 3.3 shows schematically the pathways of NIR for the 6 considered
cases, which differ by their cloudiness and their aerosol loadings. The boundary conditions
for the three models are not fully identical, namely the trace gas concentrations are not
exactly the same. The global mean surface albedo for MA-ECHAM4 is 0.26 and for MAECHAM5 0.28. At the equator the mean surface albedo for all models ranges between
0.08 and 0.09. In this study, however, a qualitative comparison of the performance of the
three models is examined, and the slight differences in the boundary conditions do not
matter.

3.4. NIR HEATING RATES CALCULATED BY UVSPEC
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a
H

b
Ha

0.151 K/day
0.190 K/day
0.170 K/day

stratospheric aerosols

0.296 K/day
0.318 K/day
0.176 K/day

earth surface

earth surface

c

d

Hc

Hac

0.169 K/day
0.178 K/day

stratospheric aerosols

0.234 K/day
0.223 K/day
clouds

clouds

earth surface

earth surface

f

e
Ho

Hao

0.158 K/day
0.167 K/day
0.200 K/day

stratospheric aerosols

0.166 K/day
0.179 K/day
0.205 K/day
clouds

clouds

earth surface

earth surface

Fig. 3.3: Schematic NIR radiation paths for different scenarios: a) clear-sky, b) clear-sky +
stratospheric aerosols, c) all-sky, d) all-sky + stratospheric aerosols, e) overcast, f) overcast +
stratospheric aerosols. The daily mean NIR heating rates in the tropics averaged for 100-10 hPa
calculated by MA-ECHAM4 (first number), MA-ECHAM5 (second number) and uvspec (third
number) are also shown.

3.4

NIR heating rates calculated by uvspec

Figure 3.4 a shows daily mean NIR heating rates at the equator in January calculated by
uvspec. Maximum NIR heating rates are located at 30 km altitude. Introducing low level
clouds increases the NIR heating rates in the stratosphere, since the albedo of the clouds
is larger than the albedo of the Earth surface. The pathways of NIR in the stratosphere is
enlarged, therefore introducing clouds (below the aerosol layer) leads to increased heating
rates:
Hao > Ha

(3.10)
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model
level
25–27
22–24
20–21
18–19
16–17

height
in km
10–15
15–19
19–22
22–26
26–29

Table 3.2: Idealistic stratospheric
aerosol extinction coefficients in the
stratosphere for NIR (wavelength:
680 nm ≤ λ ≤ 4 µm) used in the experimental setup.

extinction coefficient
in km−1
0.0001
0.005
0.01
0.005
0.0001
(b)

(a)

clear-sky
overcast
clear-sky H2O=1pptv

clear-sky
overcast
clear-sky H2O=1pptv

Fig. 3.4: Daily mean NIR heating rates calculated with uvspec for an idealistic NIR scatterer
at the equator in January, for clear-sky and overcast condition, and for clear-sky conditions with
H2 O mixing ratio = 1 pptv. a) NIR heating rates; bold (thin) lines with (without) stratospheric
aerosols. b) Difference of NIR heating rates with minus without stratospheric aerosols.

Ho > H

(3.11)

where Hao denotes the stratospheric NIR heating rates for overcast conditions with
aerosols, Ha for clear-sky with aerosols, Ho for overcast without aerosols, respectively.
The thicker the cloud the more NIR radiation is reflected by the clouds.
Figure 3.4 b shows that heating due to NIR scattering by stratospheric aerosols calculated by uvspec is less then 0.01 K/day. Above 20 km the heating due to stratospheric
aerosols is larger for clear-sky than for overcast situation:
Ha − H > Hao − Ho

(3.12)

This can be explained by the fact that the relative increase in scattered NIR by adding
stratospheric aerosols is much higher for clear-sky then for all-sky (cloudy and clear-sky
part) conditions. The surface albedo at the equator is very low (0.08-0.09), therefore
for clear-sky conditions a very low fraction of the NIR emitted by the sun is reflected
to the stratosphere. But if clouds are present a much larger fraction of NIR is reflected
to the stratosphere, which results in a stronger relative heating rates increase caused by
stratospheric aerosols, even if the absolute radiative heating is larger for all-sky conditions.

3.5. COMPARISON OF MA-ECHAM4 AND MA-ECHAM5 NIR HEATING RATE
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About half of the NIR radiative heating in the lower and middle stratosphere (100–
10 hPa) is caused by the absorption by CO2 . Absorption by water vapour accounts for
13 % of the total heating by NIR in the stratosphere. Other important contributors to
the radiative heating are O3 (about a quarter of the total heating), O2 (about 12 %) and
CH4 (about 5 %). As expected the partitioning is almost the same for aerosol free and
aerosol loaded stratosphere (see Table 3.3).

3.5

Comparison of MA-ECHAM4
ECHAM5 NIR heating rate

3.5.1

and

MA-

Heating rates without stratospheric aerosols

Figure 3.5 a and d show that the absolute NIR heating rates for aerosol free conditions
calculated by the ECHAM models is comparable to those calculated by uvspec keeping in
mind that the underlying temperature field and the trace gas concentration is not exactly
the same. MA-ECHAM4 shows maximal heating rates in NIR of 0.2 K/days at 30 km
altitude. For MA-ECHAM5 the maximal heating rate is located 5 km higher and with
an amplitude of 0.3 K/day. Astonishingly MA-ECHAM5 calculates larger heating rates
for clear-sky conditions than for all-sky or overcast conditions in the whole stratosphere,
which contradicts Equation 3.10. MA-ECHAM4, however, shows consistent radiative
heating, provided that no stratospheric aerosols are present.

3.5.2

Heating rates with stratospheric aerosols

In contrast to uvspec the ECHAM models calculate a tremendous increase of radiative
heating if stratospheric aerosols are present (see Figure 3.5 b, c, e, f). At 22 km the heating
rates more than double for clear-sky condition with respect to the experiment without
aerosols. For overcast conditions the increase in heating rates looks more realistic: daily
mean NIR heating rates increase for overcast condition by 5 % for MA-ECHAM4, by 7 %
for MA-ECHAM5 and by 2 % for uvspec (see Table 3.4).
Figure 3.6 a and b show the net heating rates due to stratospheric aerosols calculated
by MA-ECHAM5 as a function of latitudes (at 131◦ E) and longitudes (at the equator)
Table 3.3: Daily mean heating rates in the lower and middle stratosphere (100–10 hPa) with
and without stratospheric aerosols calculated by uvspec. Forth column shows fraction of radiative
heating caused by the missing species.

Model realisation

without aerosol

with aerosol

clear-sky
overcast
clear-sky
clear-sky
clear-sky
clear-sky
clear-sky
clear-sky

0.170
0.200
0.0916
0.131
0.148
0.149
0.162
0.169

0.176
0.205
0.0963
0.135
0.153
0.154
0.168
0.176

no
no
no
no
no
no

CO2
O3
H2 O
O2
CH4
NO2

contribution
of missing species

45%
23%
13%
12%
4%
0.1%
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(a)

(b)

(d)

(e)

(c)

clear-sky
overcast
clear-sky H2O=1pptv
all-sky

(f)
clear-sky
overcast
clear-sky H2O=1pptv
all-sky

Fig. 3.5: NIR heating rate calculated with MA-ECHAM4 (a, b, c) and MA-ECHAM5 (d, e, f)
for clear-sky, all-sky and overcast conditions, and for clear-sky conditions with H2 O mixing ratio
= 1 pptv. a, d: NIR heating rates without stratospheric aerosols. b, e NIR heating rates with
stratospheric aerosols. c, f: Difference of NIR heating rates with minus without stratospheric
aerosols.

and different latitudes respectively. The overestimation of the heating rate caused by
additional scattering in the NIR for clear-sky condition is present at all longitudes and
latitudes. There is an almost constant offset between clear-sky and overcast heating rates.
The all-sky heating rates depending on the fraction covered by clouds lies in between. The
excessively heating for clear-sky conditions disappears if the water vapour concentration
is set to very low values, hence H2 O is responsible for the increased absorption of NIR
and the consecutive heating, which is not the case for the reference model uvspec. With
very low H2 O concentrations the averaged stratospheric heating rate due to stratospheric
aerosols is reduced down to 10 % for MA-ECHAM4 and 6 % for MA-ECHAM5 (Table 3.4).
Table 3.4: Daily mean heating rate increase in percent due to stratospheric aerosols near the
equator, average over 100–10 hPa.

Model

clear-sky

all-sky

overcast

MA-ECHAM4
MA-ECHAM5
uvspec

96
67
4

38
25

5
7
2

clear-sky
H2 O = 1 pptv
10
6
3

3.6. DISCUSSION AND CONCLUSIONS
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(b)

(a)

clear-sky
overcast
all-sky
cloud fraction

clear-sky
overcast
all-sky
cloud fraction

Fig. 3.6: Net heating rate due to stratospheric aerosols and maximal cloud fraction (a) at 131◦
E and (b) at equator at 50 hPa. The right y–axis displays the maximal cloud fraction in the
column for all-sky conditions.

3.6

Discussion and Conclusions

Strong volcanic eruptions lead to strong increase of sulphate aerosols in the stratosphere.
As a consequence the lower stratosphere is heated by absorption of longwave radiation.
Stenchikov et al. (1998) showed that the absorption and scattering of NIR radiation contributes remarkably to the total heating rate increase. The resulting effect on lower stratospheric temperature is overestimated by SOCOL and many other CCMs. The heating
rates of SOCOL are calculated by the GCM part MA-ECHAM4. The SW parameterization within MA-ECHAM4 are similar to GCM MA-ECHAM5. Thomas (2008) could
reduce the overestimation of lower stratospheric heating after volcanic eruptions by correcting the SW parameterization in the radiative transfer code of MA-ECHAM5. The
major improvement was reached by introducing multiple scattering in the clear-sky calculation of the SW radiation code, which is implemented in MA-ECHAM4. The remaining
corrections had only minor influence on the SW heating rates in MA-ECHAM4. As the
correction of MA-ECHAM4 according to the findings of Thomas (2008) could not improve
the overestimation of the temperature signal in the lower stratosphere further analysis of
the SW radiation code in both models were done.
Radiative heating calculations by the MA-ECHAM4 and MA-ECHAM5 in the near
infrared (NIR) with and without stratospheric aerosols for different cloudiness are compared with calculations by the radiative transfer model uvspec. The absolute NIR heating
rates for stratospheric aerosol free conditions is comparable for all three models, taking
into account that the boundary conditions are not fully identical for the three models.
However, MA-ECHAM5 calculates higher NIR heating rates for clear-sky than for all-sky
conditions, which must by caused by a model flaw. MA-ECHAM4 and uvspec do not
show this unphysical behaviour. If stratospheric aerosols are present both ECHAM models overestimate NIR heating due to aerosol scattering by far. The increase in heating
rate is about 20 times higher than the reference model uvspec suggests. For overcast conditions the additional heating by aerosol scattering is more similar for the models, there
the ECHAM models overestimate the effect by a factor of 2-3.5 with respect to uvspec.
Since the albedo increases with the presence of clouds, more NIR – emitted by the
sun – is reflected back to the stratosphere. Thus, the NIR heating rates in the stratosphere
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should be larger for all-sky conditions than for clear-sky conditions. Yet, the absolute MAECHAM4/MA-ECHAM5 heating rates in the lower stratosphere decrease, if clouds are
present in the troposphere. This can not be explained by physical laws and must be due
to a model deficiency. The main part of the erroneous heating for clear-sky conditions is
caused by the absorption of NIR radiation by water vapour molecules. Applications of
ECHAM4 and ECHAM5 for studies of the aerosol effects on radiation fields should be
performed with extreme caution.

Chapter 4

Uncertainties in modelling the 1991
Mt. Pinatubo eruption
Mt. Pinatubo eruption in June 1991 is the best documented volcanic eruption with large
impact on climate. In this chapter the uncertainties in the observation measurements
and modelling of Mt. Pinatubo eruption with the AER (Atmospheric and Environmental
Research Incorporation) two-dimensional model and the chemistry climate model (CCM)
SOCOL are discussed. The main focus within this thesis is on changes in the stratosphere,
in this chapter the pronounced heating of the lower stratosphere caused by longwave
absorption due to increased stratospheric aerosols is highlighted.

4.1

Introduction

Major volcanic eruptions in the tropics can influence the global climate on the scale of
months to years. An extreme example is the eruption of Tambora, which led to a year
without summer in 1816 (e.g. Oppenheimer, 2003). The most recent large tropical volcanic
eruption was the Mt. Pinatubo eruption in June 1991 in the Philippines (15◦ N). Unlike
other major volcanic eruptions in the 20th century (Santa Maria in 1902, Agung in 1963,
Mount St. Helens in 1980 and El Chichon in 1982) Mt. Pinatubo has been relatively well
characterised by observations. Several satellite, balloon-born and ground based measurements are available during this period (Bluth et al., 1992; Labitzke and McCormick , 1992;
McCormick , 1992; Stowe et al., 1992; Thomason, 1992; Minnis et al., 1993; Sato et al.,
1993; Antuna et al., 2002). However, the peak of the stratospheric aerosol cloud was
still only scarcely observed because the observational net-work is best established in the
northern hemisphere and less dense in the tropics and southern hemisphere, where a large
part of the sulphate was transported. An additional problem is that for some instruments
measuring in the shortwave the lower stratosphere was opaque. For instance during the
first year after Mt. Pinatubo eruption SAGE II measured above about 23 km altitude at
wavelengths of 1 µm and shorter. Lower down the atmosphere was opaque for shortwave
radiation. The gaps in the SAGE satellite measurements and the lack of ground based
measurements in the tropics make it difficult to create a consistent global stratospheric
aerosol data set for the last decades. (Thomason and Peter , 2006) provide a ”gap-filled”
data set spanning the period 1979-2004 using SAGE data amended by measurements from
Lidar ground stations. However, the quality of this data set in the most perturbed periods
is mediocre, in particular in the topics.
In general stratospheric aerosol enhances the albedo of the Earth and consequently
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reduces the shortwave radiation arriving at the surface thus leading to a cooling at the
surface. Conversely, the lower stratosphere is heated due to enhanced absorption of shortwave and longwave radiation (e.g. Stenchikov et al., 1998; Robock , 2000). The sulphate
aerosols in the lower stratosphere serve as additional reaction surface for heterogeneous
reactions which could lead to enhanced ozone destroying processes due to changes in
the active chlorine partitioning. Furthermore the heating of the lower stratosphere enhances the reaction speed of many ozone destroying reactions. As a consequence after
the Mt. Pinatubo eruption a depletion in stratospheric ozone was observed (e.g. Solomon,
1999).

4.1.1

Stratospheric aerosol properties

Sulphur comes mainly in the form of carbonyl sulphide (COS) into the stratosphere, which
is stable under tropospheric conditions. COS is emitted by oceans (after DMS oxidation),
by industrial processes and by biomass burning. In the stratosphere COS is photolysed
(or reacts with a single oxygen radical or to a lesser degree also with OH).
j

COS
COS + hν −→
CO + S
COS + O −→ CO + SO

(4.1)
(4.2)

The atomic sulphur reacts immediately with molecular oxygen, and the produced sulphur
monoxide reacts again with O2 .
kS+O

S + O2 −→2 SO + O

(4.3)

SO + O2 −→ 2 SO2 + O

(4.4)

kSO+O

In addition, during large volcanic eruptions hydrogen sulphide (H2 S) and large amounts
of sulphur dioxide (SO2 ) can reach the stratosphere before oxidation in the troposphere
takes place. In the stratosphere SO2 reacts with OH to build HSO3 :
SO2 + OH + M

kSO2 +OH

−→

HSO3 + M

(4.5)

HSO3 reacts with O2 (Calvert and Stockwell, 1983):
HSO3 + O2

kHSO3 +O2

−→

SO3 + HO2

(4.6)

Finally sulphur trioxide can react with water vapour to form sulphuric acid:
SO3 + 2H2 O

kSO3 +H2 O

−→

H2 SO4 + H2 O

(4.7)

Together with water sulphuric acid (H2 SO4 ) is the most important component of
stratospheric aerosols. In general, after the production of large amounts of volcanogenic
H2 SO4 in the lower stratosphere, sulphate aerosols are sub-saturated with respect to
H2 SO4 , hence H2 SO4 tends to condensate on pre-existing aerosols, preferring the largest
aerosol droplets. But under conditions of extreme H2 SO4 concentrations in a fresh volcanic
plume homogeneous and heterogeneous aerosol formation can occur (Turco et al., 1982).
Temperature and pressure influence the water vapour pressure of the aqueous H2 SO4
droplets and hence their equilibrium concentration. When the ambient temperature drops
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the water vapour pressure decreases and more water is taken up from the aerosol and the
H2 SO4 weight percent (wt%) decreases. Therefore the cold regions of the stratosphere,
namely the winter poles and the tropical tropopause, show low sulphate weight fraction
(40-50 %) in contrast to the rest of the stratosphere which shows values between 70 and
80 % (e.g. Hoffman and Rosen, 1983; Steele and Hamill , 1983).
During background conditions the mode radius of the aerosol distribution lies between
0.05–0.07 µm (Steele and Hamill , 1983). After volcanic eruptions additionally to the small
mode of ∼0.07 µm one or two larger modes are observed (Deshler et al., 1992; Thomason,
1992).
Stratospheric aerosol particles are of special importance due to three reasons, first
they serve as a reaction surface for heterogeneous reactions, second they can are a prerequisite for polar stratospheric cloud (PCS) formation and third they radiatively affect
stratospheric temperatures and dynamics.
Stratospheric aerosols absorb infrared radiation and scatter UV and visible irradiance.
The scattering and absorption depends on the size of the particle and the wavelength of
the incoming radiation. According to the Mie theory (Mie, 1908) the physical relationship
between both can be expressed by α a dimensionless size parameter:
α=

2πr
.
λ

(4.8)

The extinction is the sum of scattering and absorption and is often characterised with the
extinction coefficient (see also Equation 3.2):
Z rmax
2πr 2
QE (R, α)N(r)dr,
(4.9)
k(λ) =
4
0
where rmax is the upper limit of the radius of the particle population with the number
size distribution N(r) as a function of radius r. The extinction efficiency QE (R, α) is a
function of the refractive index R and the size parameter α.
The refractive index R(λ) can be described by a wavelength dependent complex function:
R(λ) = n(λ) + ia(λ),
(4.10)
where n(λ) defines the refraction and the scattering of light passing through a medium
and a(λ) defines the absorption. The refractive index of the aerosol depends on the weight
fraction of condensed H2 SO4 in the aerosol.

4.1.2

Motivation and outline

Current generation chemistry climate models (CCMs) generally overestimate the heating in the lower stratosphere compared to ECMWF 40 Year Re-analysis data (ERA-40,
Uppala et al., 2005) (Eyring et al., 2006). Figure 4.1 shows the global monthly mean temperature anomalies at 50 hPa from 1960 to 2004 calculated by CCMs that participated
in CCMVal (Chemistry-Climate Model Validation Activity for SPARC1 ). SOCOL v1.0
(yellow line) calculated the largest stratospheric temperature increase after Mt. Pinatubo
eruption. Possible reasons for this strong overestimation are shortcomings in the stratospheric aerosol data sets, failures of the radiative transfer calculations or missing processes
in the model. In this chapter the uncertainty involved in modelling volcanic eruptions
1

http://www.pa.op.dlr.de/CCMVal/
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Fig. 4.1: Global mean monthly mean temperature anomalies at 50 hPa calculated by CCMs
and observed by ERA-40 re-analyses and Radiosonde Atmospheric Temperature Products for
Assessing Climate (RATPAC) climatology (Free et al., 2005). The temperature anomalies are
calculated with respect to a mean reference period between 1980 and 1989 using 3-month averages. A linear temperature trend in K/decade using model data between 1980 and 1999 is given
next to the name of each participating model (from Eyring et al., 2006). Model references and
description of volcanic forcing in Table 4.1.

in general and in the individual modelling steps is discussed. In Section 4.2 several
measurement data sets are described and the method of building a homogeneous data
set of stratospheric aerosol optical properties is described. Furthermore the setups of
the AER (Atmospheric and Environmental Research, Inc., Lexington, MA, U.S.A.) 2D
aerosol model and CCM SOCOL are specified. In Section 4.3 the total amount of sulphur
injected to the stratosphere (Section 4.3.1), the size distribution of the formed sulphate
aerosol (Section 4.3.2) and the optical properties derived from stratospheric aerosol data
sets are validated and compared with model results (Section 4.3.3). In Section 4.3.4 to
4.3.6 the effect on net shortwave flux at the top of the atmosphere and the radiative heating in the lower stratosphere is discussed, followed by conclusions and a short outlook
(Section 4.4).

4.2
4.2.1

Methodology
Stratospheric aerosol measurements

The properties of stratospheric aerosol can be measured by instruments positioned on
satellites, fixed ground based sites or carried by balloons or aircraft. For a review on
stratospheric aerosol measurements see for example Thomason and Peter (2006). Many
satellite instruments measure the attenuation of light, for instance SAGE instruments
measure the occultation of sun light by the aerosol in the path between the sun and the
instrument. The occultation is a direct function of extinction. But also the backscatter
sondes measure the fraction of the emitted light reflected (more precisely backscattered)
by the particles; and from the backscattered light the extinction can be estimated.
One single measurement can only capture one feature of the aerosol properties, extinc-
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Table 4.1: Volcanic forcing of different CCMs. Modified from Table 2 in Eyring et al. (2006):
Models not including direct volcanic forcing are not displayed in this table.
Model
AMTRAC
(Austin et al.,
2007;
Austin and Wilson,
2006)
CCSRNIES
(Akiyoshi et al.,
2004;
Kurokawa et al., 2005)
CMAM
(Beagley et al.,
1997;
de Grandpré et al.,
2000)
E39C (Dameris et al., 2005,
2006)
MAECHAM4CHEM
(Bloom, et al.,
2005;
Stolarski et al., 2006)
MRI (Shibata and Deushi ,
2005; Shibata et al., 2005)
SOCOL vs.1
(Egorova et al.,
2005;
Rozanov et al., 2005)
ULAQ (Pitari et al., 2002)
UMETRAC (Austin, 2002;
Austin and Butchart , 2003;
Struthers et al., 2004)
SOCOL vs.2
(Schraner et al., 2008)

Chemical effects of
volcanoes (SADs)
G. Stenchikov (personal
communication, 2005)

Direct radiative effects of
volcanoes
calculated on line with climate model radiation scheme

D. Considine (personal
communication, 2005)

calculated on line using
aerosol data from Sato et al.
(1993)
calculated on line with climate model radiation scheme

D. Considine (personal
communication, 2005)
Jackman et al. (1996)
Jackman et al. (1996)

D. Considine (personal
communication, 2005)
Thomason and Peter
(2006)
D. Considine (personal
communication, 2005)
D. Considine (personal
communication, 2005)
1)
Thomason and Peter
(2006) 2) D. Weisenstein (personal communication)

precalculated
rates Kirchner
precalculated
rates Kirchner

net
et al.
net
et al.

heating
(1999)
heating
(1999)

calculated on line from optical
depth and eff. radius based on
data set of Sato et al. (1993)
calculated
on
line
using
aerosol
data
from
(Thomason and Peter , 2006)
calculated on line Pitari
(1993)
precalculated heating rates
(G. Stenchikov, personal communication, 2005)
1) calculated on line using
aerosol
data
from
Thomason and Peter (2006)
2) calculated on line using aerosol data from D.
Weisenstein

tion for instance, but the temporal and spatial coverage differs for most of the measurements. Therefore it is very difficult to compare different measurements and to produce
a consistent long term record of stratospheric aerosol properties. Surface area density
(SAD) and optical properties like extinction, single scattering albedo and asymmetry factor of stratospheric aerosols are essential to model the climate impact of large volcanic
eruptions.
4.2.1.1

Satellite measurements

Stratospheric aerosol measurements by satellite give important information on the spatial
distribution of the aerosols, which is the biggest advantage of satellite measurements
because their spatial coverage cannot be reached by any other type of measurements. The
most important satellites that measured the enhanced stratospheric aerosol level following
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Mt. Pinatubo eruption are introduced in the following paragraphs (see Table 4.2 for an
overview).
The Stratospheric Aerosol and Gas Experiments (SAM II, SAGE I, SAGE II
and SAGE III) from NASA measure extinction in the visible and near infra red since
1978. Data from these instruments were used in many studies to examine stratospheric
aerosol trends (e.g. Thomason et al., 1997a; Bingen et al., 2004a,b) or for the creation
of surface area density data set (e.g. Thomason et al., 1997b). The instruments measure
the transmission of sunlight through the atmosphere during sunrise or sunset at different tangential altitudes (from 0.5–40 km in geographical height). Per day 28–30 such
measurements are taken at nearly the same latitude. Above ∼35 km the temperature
becomes so high that the aerosols completely evaporate and the extinction becomes too
low to be measured. During background conditions termination is frequently reached in
the troposphere due to clouds whereas during large volcanic eruptions termination can
occur due to ash and stratospheric aerosols. For instance after Mt. Pinatubo eruption
SAGE II could not measure below 23 km for several months.
SAGE II measured aerosol extinctions at wavelength from 386 to 1020 nm, of which
the channel at 1020 nm shows the best signal-to-noise ratio. For the SAGE I the processing procedure uses a four channel algorithm (Chu and McCormick , 1979). For SAGE II
the processing procedure has undergone a series of improvements. The newest version
uses a revision of the SAGE II version 5.96 species separation processing algorithm developed by SPARC (Harris and Phillips, 1998). Descriptions of the algorithm changes that
occurred with the release of 6.0 in June 2000 and 6.1 in October 2001 are described in
(Thomason et al., 2001). The recently released version 6.2 has an improved water vapour
product but the aerosol products are essentially unchanged. Compared to older processing
algorithms of SAGE II this more recent data set shows higher extinctions at 1020 nm.
The Halogen Occultation Experiment (HALOE) was on board of the Upper
Atmosphere Research Satellite (UARS) and also used solar occultation technique to
measure profiles of solar attenuation through the atmosphere during sunset and sunrise (Russell et al., 1993). UARS was launched in September 1991 and measured until
2005. The satellite measurements cover nearly the whole globe (80◦ S-80◦ N). HALOE
measures gas mixing ratios of HF, HCl, CH4 , NO, NO2 , H2 O and O3 . Aerosol extinction
from 2.45–5.26 µm are retrieved by subtracting these gas measurements (Hervig et al.,
1995). The signal to noise ratio is best during volcanic eruptions. Given that UARS was
launched few months after Mt. Pinatubo eruption complicates the data interpretation,
because the increased stratospheric aerosol concentration contaminated absorption and
degraded solar tracking. Therefore the radiometer channel may have had errors in the
range of 20–30%. HALOE is able to detect extinctions from 2· 10−6 km−1 to 10−2 km−1
(Thomason and Peter , 2006).
The Cryogenic Limb Array Etalon Spectrometer (CLAES) also on board of
UARS measured concentrations of O3 , CH4 , H2 O, NO, NO2 , N2 O, N2 O5 , HNO2 , ClONO2 ,
CFCs, temperature and aerosol absorption in the infrared (5.3-12.8 µm). The instrument
consists of a telescope with an infrared spectrometer and solid state detectors. The instrument was cryogenically cooled and could only measure until all of the cryogen evaporated,
which was the case after 19 months (Roche et al., 1993).
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Table 4.2: Satellite measurements of stratospheric aerosol extinction

Instrument
(satellite)
SAM II
(Nimbus-7)
SAGE I
(AEM)
SAGE II
(ERBS)
HALOE
(UARS)
CLAES
(UARS)
ISAMS
(UARS)
AVHRR
(POES/
NOAA-11)
ERBE
(ERBS/
NOAA-9,
NOAA-10)

Time coverage
10.1978–
12.1993
2.1979–
11.1981
10.1984–
10.2005
10.1991–
12.2005
10.19915.1993
10.1991–
7.1992
6.1987-now/
11.1988–
6.2004
10.1984-now

Geographic
coverage
64–83◦S and
64–83◦N
80◦ S–80◦ N

450, 1000 nm

80◦ S–80◦ N

386, 448, 452, 600, 935, 1020 nm

80◦ S– 80◦ N

2.45, 3.40, 3.46, 5.26 µm

34◦ N– 80◦ S/
34◦ S–80◦ N
80◦ S–80◦ N

7 channels from 5.3–12.8 µm

90◦ S–90◦ N

67.5◦ S–
67.5◦ N/
global

Wave length
1000 nm

4.51, 5.28, 6.23, 6.76, 7.43, 7.81,
8.09, 10.00, 11.40, 12.10, 16.30 µm
0.58-0.68, 0.724-1.10, 3.55-3.93,
10.3-11.3 and 11.5-12.5 µm,
global albedo, fluxes, and solar incidence

The Improved Stratospheric and Mesospheric Sounder (ISAMS) on board of
UARS is an infrared limb scanning instrument (infrared spectroradiometer) and provides
measurements of CO2 , CO, CH4 , NO, N2 O, NO2 and H2 O concentrations and aerosol extinctions in the infrared (Grainger et al., 1993; Lambert et al., 1993; Taylor et al., 1993).
ISAMS was able to measure directly after Mt. Pinatubo eruption when SAGE II was
”blind” below 23 km altitude. Lambert et al. (1996) validated ISAMS extinctions at
12.11 µm and 6.20 µm. The internal comparison shows that 12.11 µm retrievals are
better than 20% at 46 hPa. The amplitude is lower than that measured by CLAES
at 12.66 µm. However, compared to extinctions retrieved from balloon measurements in
Laramie (Wyoming) the extinction at 12.11 µm and 6.20 µm at 41◦ N measured by ISAMS
are mostly larger, especially above 40 km altitude. The shape of the aerosol distribution
compares well with SAGE II 1.02 µm measurements.

Advanced Very High Resolution Radiometer (AVHRR) is an instrument of the
National Oceanic and Atmospheric Administration (NOAA). The AVHRR instruments
are on board of Polar-orbiting Operational Environmental Satellites (POES) starting with
TIROS-N in 1978 (later: NOAA-6, 8, NOAA-7, 9, 11, 12,15, 16 and 14 POES Satellites).
The instrument was developed to investigate clouds, land-water boundaries, snow and
ice extent, ice or snow melt inception, day and night cloud distribution, temperatures
of radiating surfaces, and sea surface temperature, through passively measured visible,
near infrared and thermal infrared spectral radiation bands. Within the Global Aerosol
Climatology Project (GACP) a consistent aerosol optical depth data set from 1983 to
2006 is retrieved from AVHRR measurements (Geogdzhayev et al., 2004).
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Earth Radiation Budget Experiment (ERBE) measurements were collected from
three satellites (ERBS, NOAA-9, NOAA-10). The objective was to measure global albedo,
radiative fluxes, and solar incidence. The ERBE instruments on board the NOAA-9 and
NOAA-10 satellites provide global spatial coverage. ERBS has scanning and non-scanning
instruments, the non-scanning have a lower spatial but a higher temporal resolution. The
scanning instruments provide coverage between 67◦ N-67◦ S and the non-scanning instruments provide coverage between 60◦ N-60◦ S. The ERBE data set was recently reprocessed
(Wielicki et al., 2002; Wong et al., 2006), yielding a top of the atmosphere positive short
wave anomaly in the range of 5 to 10 W/m2 after the Mt. Pinatubo eruption.
NOAA TIROS Observational Vertical Sounder (TOVS) observations started
in 1978 and comprise three passive vertical sounder radiometers. One of the instruments is the HIRS-2 with 19 channels in the infrared band and one in the visible band.
Pierangelo et al. (2004) analysed four channels (at 4.0 µm, 8.3 µm, 11.1 µm and 14 µm) on
the aerosol optical depth after Mt. Pinatubo eruption. The maximum in aerosol optical
depths in the tropics was reached in August 1991. They found 0.03 optical depths at
4.0 µm, 0.055 at 8.3 µm and 0.02 at 11.1 µm. They further analysed channel at 12.1 µm
for comparison with ISAMS at 12.1 µm and found quite good agreement between both
data sets.
4.2.1.2

Lidar measurements

A Lidar (Light Detection And Ranging) is a remote sensing instrument like a radar (Radio Detection And Ranging) but using optical wavelengths instead. Lidars send short
single pulses of laser energy, and measure the time and amplitude of the returned signal.
Out of this information the position and the absorption and scattering properties of air,
aerosol and clouds can be retrieved. Most lidar instruments use single wavelength systems,
typically in the range of 300 nm to 1000 nm. Lidars are able to measure Rayleigh scattering, Mie scattering, Raman scattering, resonance scattering, fluorescence and absorption
(Measures, 1984). The conversion from the backscattering signal to the aerosol properties
needs a-priori assumptions such as particle shape, chemical composition and the atmospheric density profile. Theoretically the refractive index, the phase (liquid/solid) and
the size distribution can be retrieved through lidar signal inversion. However, the results
must be considered with caution, as many a priori assumptions that go into the inversion
tend to simplify the aerosol properties, which is also true for satellites.
Most operational lidar measurements are located in the northern hemisphere. The
nearest stations to the equator are Mauna Loa in Hawaii (19.54◦N, 155.58◦W), Camagüey in Cuba (21.40◦ N, 77.92◦ E) and Saõ José dos Campos in Brazil (23.2◦ S, 45.9◦ W).
Mauna Loa and Camagüey are most suited to describe the stratospheric aerosols after the
Mt. Pinatubo eruption, as they are more often located underneath the tropical pipe and
hence the main stratospheric aerosol cloud. Mauna Loa lidar measurements began 1974
with a ruby laser emitting at 694 nm (with errors in the integrated backscatter in the
range of 30%), 1994 a new lidar with 532 nm (with errors in the range of 6%) and 1064 nm
was established. In Camagüey a Nd:YAG laser emitting at 532 nm is used. In this study
we use a composite of the lidar measurements in Mauna Loa and Camagüey (L. Thomason
personal communication; Antuna et al., 2002, 2003). Additionally to the station based
lidar measurements flight campaigns with lidars on board have been undertaken. In this
study we compare a flight campaign during 21st , 24th , 26th of May 1992, which spans a
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Fig. 4.2: Data set
generation of stratospheric aerosol optical properties (extinction ǫ, single scattering albedo ω and
asymmetry factor g)
for gap-filled stratospheric aerosol data
set based on SAGE II
(SA) as described in
Section 4.2.2.1.

(Mie, 1908, Biermann et al., 2000)

CCM SOCOL

latitude range from 32.5◦ S to 47.5◦ N (L. Thomason personal communication).
4.2.1.3

Optical particle counter

Balloon borne optical particle counter (OPC) measurements are performed in Laramie,
Wyoming [41◦ N, 106◦ W] since 1971 (Rosen, 1964; Deshler et al., 1992). By measuring
forward scattering and using Mie theory (Mie, 1908) the size distribution of the aerosol can
be deduced. The instrument was improved during the last decades and today condensation
nuclei (CN) with radius r > 0.01 µm and aerosol with radii r from 0.15 µm to 10 µm in 12
size ranges from the surface to 30 km altitude are detectable. Measurement uncertainty
is mainly due to the pulse width broadening of the photo multiplier tube response for a
constant optical input (about ± 10% at 0.15 and 0.25 µm).

4.2.2

Generation of spatially and temporally extended data sets

SAM II and SAGE I-II are the satellite instruments with the highest temporal coverage
(1978–today). Except for the poles the spatial coverage of the measurements is nearly
global. Hence this data has been used to generate a consistent data set over the whole
satellite period (e.g. Bingen et al., 2004a,b; Thomason, 1991; Thomason et al., 1997a;
Sato et al., 1993; Thomason and Peter , 2006). However, there are some temporal and
spacial gaps in these measurements, for instance after Mt. Pinatubo eruption due to saturation. Satellite measurements at longer wavelength and lidar measurements are used
to fill data gaps and improve the formation of global stratospheric aerosol data sets. In
this study we compare optical properties retrieved from a gap-filled SAGE II data set,
described in Schraner (2008) (hereafter referred to SA) with the data set widely used
in different CCMs described in Stenchikov et al. (1998) (called ST98 hereafter), which is
also based on SAGE II and lidar measurements but also on UARS (CLAES and ISAMS)
data. The retrieval method used to derive both data sets differ significantly as described
in the subsequent sections.
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4.2.2.1

Gap-filled stratospheric aerosol data set based on SAGE II (SA)

SA is based on aerosol extinction measurements of SAGE II at 1020 nm as described
in Thomason and Peter (2006). The measurement gaps in the SAGE II measurements,
mainly caused by saturation directly after the Mt. Pinatubo eruption, were filled with
lidar measurements at Mauna Loa in Hawaii, at Camagüey in Cuba, at Hampton, Virgina in USA and with backscatter sonde measurements form Lauder, New Zealand. The
gap-filling in the tropical region is problematic, since there are no lidar stations there.
Thomason and Peter (2006) used Mauna Loa (19.54◦N) and Camagüey (21.4◦ N) for this
region, as they were frequently below the main aerosol cloud. The lidar measurements
have been converted to 1020 nm (SAGE II wavelength) (Antuna et al., 2003). However,
due to the fact that the main aerosol cloud was not always located above the two lidar
stations an erroneous seasonality of the aerosol amount could be in the data set compiled
by (Thomason and Peter , 2006).
During quiescent times the size distribution of stratospheric aerosol is well captured
by a simple unimodal lognormal distribution. However after volcanic eruptions a second
or third mode is observed, consequently a bimodal (or trimodal) lognormal distribution
fits better (Deshler et al., 1992). For simplicity and because of the patchy measurement
data many studies nevertheless use unimodal lognormal distributions (e.g. Kinnison et al.,
1994; Stenchikov et al., 1998; Thomason and Peter , 2006).
The lognormal size distribution is described by the total number of particles (N0 ), the
width of the distribution (standard deviation σ) and the mode radius (rm ):
− 12

»

ln2 (r/rm )
ln2 σ

–

dN(r)
e
= N0 √
,
dr
2πr ln2 σ

(4.11)

where N(r) is the number concentration of particles with the radius r. When the
surface area density (SAD) of the aerosol is known the total aerosol number density N0
can be calculated out of SAD and the mode radius (rm ):
N0 =

SAD
.
2 e2 ln(σ)2
4πrm

(4.12)

Thomason et al. (1997b) found the following relationship between 1000 nm extinction
and the SAD:

for k < 4 · 10−3
 425 · k0.68
0.875
SAD =
1223 · k
for 4 · 10−3 < k < 2 · 10−2
(4.13)

2000 · k
for 2 · 10−2 < k

where k is the extinction coefficient at 1000 nm in km−1 and SAD is in µm2 /cm−3 .
This relationship is based on the assumption that the wavelength dependence of the
extinction is stable for different aerosol extinctions. This assumption is justified for most
cases. However, after the Mt. Pinatubo eruption this relationship differs significantly in
the northern midlatitudes in the lower stratosphere from the real SAD. This deviation is
caused by conjunction of small aerosol size and large extinction after the injection of large
amounts of small aerosol following the eruption (Thomason and Peter , 2006, Chapter 4,
pp. 138 ff). Unfortunately there are no aerosol size distribution measurements in the
tropics during that time, for example using the OPC. But it is conceivable that due
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Fig. 4.3:
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by Stenchikov et al.
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to changes in the size distribution in post-volcanic times this relationship can lead to
significant errors.
Similarly to the SAD the effective radius ref f can be retrieved from the extinction at
1000 nm as following:

for 1 · 10−5 < k < 3.0 · 10−4
 0.0303 · [ln(k) + 11.515] + 0.16
ref f =
0.15 · exp(0.04916 · [ln(k) + 11.513]2 )
for 3.0 · 10−4 < k < 1.8 · 10−3

0.55
for 1.8 · 10−3 < k
(4.14)
−1
where k is the extinction coefficient at 1000 nm in km and ref f is in µm. The standard
deviation is in the range of 0.05 µm, however from time to time large outliers occur. The
mode radius rm can be expressed by using following relationship with the effective radius:
5

2

rm = ref f e− 2 ln

(σ)

.

(4.15)

In Equation 4.11 the width of the distribution, σ, is so far still undefined. The extinction is very sensitive to σ. For the same aerosol mass if σ is small there are fewer
but bigger particles and vice versa for large σ there are more but smaller particles. This
effects the radiative properties of the aerosol layer: smaller particles scatter more shortwave radiation and absorb less longwave radiation than larger particles (e.g. Rasch et al.,
2008). Schraner et al. (2008) prescribed σ to 1.8, which is a mean value for the last few
decades. However, after volcanic eruptions σ can differ substantially from this value.
For the radiative transfer calculation extinction, single scattering albedo and asymmetry factor of the aerosols are needed. They are calculated according to Mie theory (Mie,
1908) using refractive indices measured by Biermann et al. (2000) for a 70 % sulphuric
acid solution, which is a mean value.
In Figure 4.3 the generation of the aerosol optical property data set SA1.8 1 is shown
schematically. Due to the fixed distribution width σ and the H2 SO4 wt% the extinction at
1.02 µm derived from the Mie calculation does not exactly correspond with the SAGE II
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extinction measurement at 1.02 µm. They would only agree fully if the perfect size distribution was chosen, which is not possible with a unimodal lognormal distribution and
unknown σ.
4.2.2.2

Description of optical stratospheric aerosol data set proposed by
Stenchikov et al. (1998) and used by CCMVal

ST98 used effective radii retrieved from CLAES and ISAMS extinction measurements
proposed by Grainger et al. (1995) and Lambert et al. (1997). They assumed a H2 SO4
wt% of 70 % and used a fixed distribution width. In a first step they calculated the
extinction for a number density of one particle per cm3 and in a second step, they scaled
the number density to fit the extinction at 1.02 µm with SAGE II measurements. They
changed the distribution width iteratively and found that the distribution width of 1.25
matched best with CLAES optical depth at 2.6 µm (see Figure 4.3).
ST98 and SA calculation methods differ mainly in three points:
1. ST98 includes information of optical depth in the longwave from ISAMS and CLAES
(for the retrieval of ref f and estimation of σ).
2. SA uses SAGE II surface area density in order to reproduce the total mass of sulphur
but ST98 adjusts the aerosol mass (defined by N0 ) such that extinction at 1 µm fits
with SAGE measurements.
3. In addition to methodological differences the SAGE II data set at wavelength
1020 nm differs as well: ST98 used an older version of SAGE II measurements (Russell et al., 1996) whereas SA used the revised SAGE II measurements
(Thomason and Peter , 2006, Chapter 4).
4.2.2.3

Sensitivity tests on size distribution parameters

The width of the aerosol size distribution as derived from the SAGE II data at VIS and
NIR wavelengths play a crucial role for the resulting extinction of the aerosol distribution
in the far infrared, and hence for its absorptive heating. Therefore the SA optical aerosol
property data set has been reproduced with σ equal to 1.2 and 2.4 (besides the originally
chosen value of 1.8). A further uncertainty within both SA and ST98 is the surface area
density and the resulting total sulphate aerosol mass. In order to study the sensitivity on
the total mass of sulphur injected to the stratosphere we introduce a ”mass-uncertaintyfactor” (mf actor ), which is multiplied with the surface area density. We produce data sets
with half and double of the sulphur mass (see Table 4.3 for all calculated scenarios). In
Section 4.3 the extinction corresponding to these scenarios are discussed. Additional to
these scenarios based on gap-filled SAGE II data set the aerosol size distribution after
Mt. Pinatubo eruption is modelled with AER 2D model, as described in the next section.
sigma
1.2
1.8
2.4

mf actor = 0.5 mf actor = 1.
SA1.2 05
SA1.2 1
SA1.8 05
SA1.8 1
SA2.4 05
SA2.4 1

mf actor = 2.
SA1.2 2
SA1.8 2
SA2.4 2

Table 4.3: Stratospheric aerosol
data sets retrieved from the gapfilled SAGE II data set (Schraner ,
2008), for different sigma and
mass-uncertainty-factors.
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Fig. 4.4: Vertical distribution of S injection
in Mt S from 5◦ S to 14◦ N per vertical layer,
for AER scenarios PIN7, PIN8.5, PIN10 and
PIN13.

4.2.3

Modelling Mt. Pinatubo with AER 2D model

The AER two-dimensional aerosol model was developed at Atmospheric and Environmental Research, Inc. (Lexington, MA, U.S.A.) and in the recent years maintained and
applied by Debra Weisenstein (e.g. Weisenstein et al., 2007). See Chapter 2, Section 2.2
for AER model description. In the frame work of the Assessment of Stratospheric Aerosol
Properties (ASAP) by SPARC (Stratospheric Processes and their Role in Climate) AER
model simulations have been validated with observations and other model simulations
(Thomason and Peter , 2006; Weisenstein et al., 2007). The AER model ranked in this
validation among the best models for stratospheric aerosols in quiescent or volcanically
perturbed times. Based on the analysis of Mt. Pinatubo simulation (Pin10 ASAP) they
conclude that the model performs well under volcanic conditions, which confirms, that
the growth and removal of sulphate aerosols is realistically reproduced. In simulation
Pin10 ASAP the injection of the entire mass was placed in the lower stratosphere on
July 15th 1991. The injection region reached vertically from 16 to 29 km altitude and
meridionally from 5◦ S to 14◦ N (Figure 4.4).
The transport parameters (residual circulation and eddy diffusion) are from climatological means (Fleming et al., 1999). In the troposphere aerosol particles and gas-phase
species were washed out below 10 km with washout rates from (5d)−1 near the surface to
(30d)−1 near 10 km, this means all particles – depending on their location – are removed
all 5–30 days from the troposphere (below 10 km). Comparisons with lidar data from
stations in Mauna Loa and Camagüey and from air born measurements (data description
in Section 4.2.1.2) shows that Pin10 ASAP overestimates the extinction near the equator during the first few month after the eruption (Figure 4.5). The extinctions in the
tropopause region are up to a factor 6 too high compared with lidar data. Within this
section we discuss different modification of the boundary conditions and the model code,
which were done in order to improve the simulation of Mt. Pinatubo with the AER model
(all scenarios are described in Table 4.4).
Changes in the injection region
The injection region in PIN10 ASAP is remarkably large (5◦ S to 14◦ N). We did a sensitivity test with a more restrictive area: 20 Mt SO2 were injected to one single grid cell,
centred at 9.5◦ N at 22 km altitude (PIN10 P). The shrinking of the injection region leads
to faster formation and growth of sulphate aerosol particles. This leads to larger extinction peaks in the lower stratosphere (Figure 4.7 b and 4.5 b). An additional consequence
of the fast growth of the particles is a shortening of the residence time in the stratosphere
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Table 4.4: AER model simulations of Mt. Pinatubo eruption in 1991 and specification of
sensitivity tests.

Scenario
name
PIN10 P

SO2
input
(Mt)
20

PIN10 P tw

20

PIN10 P cw

20

PIN10 ASAP 20
PIN10 w

20

PIN10 cw

20

PIN10 t

20

PIN10

20

PIN10 w40

20

PIN10 coag

20

PIN10 cond

20

PIN10 narrow 20
PIN7

14

PIN8.5

17

PIN13

26

injection
area
9.5◦ N,
22 km
9.5◦ N,
22 km
9.5◦ N,
22 km
5◦ S-14◦ N,
16–29 km
5◦ S-14◦ N,
16–29 km
5◦ S-14◦ N,
16–29 km
5◦ S-14◦ N,
16–29 km
5◦ S-14◦ N,
16–29 km
5◦ S-14◦ N,
16–29 km
5◦ S-14◦ N,
16–29 km
5◦ S-14◦ N,
16–29 km
5◦ S-14◦ N,
18–25 km
5◦ S-14◦ N,
16–29 km
5◦ S-14◦ N,
16–29 km
5◦ S-14◦ N,
16–29 km

transport
boundary
conditions
climatology
(1978–2002)
transient

washout

new
climatology
(1978–2002)
climatology
(1978–2002)
climatology
(1978–2002)
new
climatology
(1978–2002)
transient

< 16 km

transient

< 16 km

transient

< 16 km

transient

< 16 km

transient

< 16 km

transient

< 16 km

transient

< 16 km

transient

< 16 km

transient

< 16 km

special
scenario

< 10 km
< 16 km

< 10 km
< 16 km
< 16 km

< 10 km

tropopause:
v=40 d−1
coagulation
div. by 10
condensation
div. by 10

and faster washout compared to PIN10 ASAP. One year after the eruption the lidar measurements show much larger backscattering ratios in the whole tropical and subtropical
area than PIN10 P (Figure 4.6 b).
Introduction of washout from 10 km altitude to the tropopause
The tropospheric washout of sulphate aerosols has been improved in the model with
respect to PIN10 ASAP. Between 10 km altitude up to the tropopause a washout rate
of (40 d)−1 has been additionally introduced (PIN10 w40). As a result in the upper
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Fig. 4.5: Backscattering ratio at 532 nm in May 1992 measured by lidar on an airplane and
calculated with Mie theory from AER scenarios (a, c) and extinction at 1 µm from June 1991
to end of 1993 around 20◦ N measurement composite of lidar in Mauna Loa and Camaguey and
derived from AER scenarios. See Section 4.2.2 for description of extinction calculation from
aerosol size distribution and Section 4.2.1.2 for description of data sets.

troposphere the aerosol concentration decreases. However, the changes in the extinction
are small. Hence, a stronger washout rate of (30 d)−1 is applied (PIN10 w), but still the
effect is not very large (compare PIN10 ASAP and PIN10 w in Figure 4.5 a).

Change in transport parameter calculation
The calculation of the 2D wind field and eddy diffusion coefficients has been improved in
PIN10 cw. This change has a large impact on aerosol size distribution. The amount of
sulphate aerosol in the lower stratosphere decreased significantly. As a result the altitude
with maximal extinction is now rather well captured by the AER model (see Figure 4.5
a). In addition the total extinction in the tropical region during the first months after
the eruption could by reduced substantially.
Further improvement could be achieved by introducing transient circulation parameters instead of climatological values. After the Mt. Pinatubo eruption the circulation in
the stratosphere changed due to heating of the tropical lower stratosphere (e.g. Robock ,
2000). In PIN10 ASAP stratospheric dynamics was forced by a climatology (1978-2002),
hence dynamical changes due to the eruption were not considered. In scenario PIN10 t
and PIN10 the transport boundary conditions are changing with time according to the
real dynamics.
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Fig. 4.6: Backscattering ratio in May 1992 measured by lidar on a plane (Thomason pers.
communication) and backscattering ratio derived from AER scenarios (contour spacing =1).

Sensitivity of micro-physical processes in the model
Further sensitivity tests have been done to investigate the contribution of condensation
and coagulation on the formation of large particles. In scenario PIN10 cond the condensation rate has been reduced by a factor 10. The effect on extinction is hardly detectable.
Hence the growth of the aerosol particles is not sensitive to the condensation rate. Else
wise changes in the coagulation rate introduce significant changes to the aerosol distri-
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bution in the whole stratosphere. In scenario PIN10 coag the coagulation rate has been
divided by factor 10.
a)

d)

g)

Lidar (air borne)

b)

AER20_P

c)

AER20_P_tw

AER20_ASAP

e)

AER14

f)

AER17

AER26

i)

AER20_coag

AER20

h)

Fig. 4.7: Extinction at 1 µm measurement composite of Mauna Loa and Camaguey (20◦ N) and
extinction derived from AER simulations at 18◦ N from June 1991 to December 1993. Contour
lines are at 1 · 10−5 , 5 · 10−5 1 · 10−4 , 5 · 10−4 , 1 · 10−3 , 5 · 10−3 , 0.01, 0.02 and 0.05 km−1

As a result the aerosol do grow slower and sedimentation of the particles is reduced.
Therefore the whole aerosol cloud is moved up, the location of the maximum extinction
is situated 3–4 km higher than for PIN10. Furthermore the residence time of aerosols in
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the stratosphere is increased. During the first year after the eruption in the tropics at
20 km the extinction of PIN10 coag compares well to the lidar measurements, but above
25 km the extinction is overestimated by far. A sensitivity run with reduced length of the
micro-physical time step showed little impact on the aerosol size distribution (not shown).

Sensitivity to OH concentrations
OH concentrations are a key factor in terms of the reaction speed to convert OH to H2 SO4
(Reaction 4.5). However, sensitivity test with different OH concentration as boundary
condition for the AER model do not show a large impact to the aerosol distribution
after Mt. Pinatubo eruption. The OH climatology by Notholt et al. (2005) showed in
the stratosphere 20–30% larger values in the tropics and smaller values in the spring
hemisphere than the standard climatology (von Kuhlmann et al., 2003) . However, the
position of the aerosol cloud and the amplitude of the extinction was not significantly
changed due to the change in OH concentrations.

Scenarios with different amounts of SO2 injections
The numerous estimations of the total sulphur emission by Mt. Pinatubo eruption in 1991
range between 8 and 26 Mt SO2 (see Section 4.3.1). In order to account on this uncertainty
several scenarios with different amounts of SO2 injections were performed. In comparison
with the original PIN10 ASAP the AER simulation could be improved remarkably.

4.2.4

Radiative transfer calculation

uvspec is a radiative transfer model within the software package LibRadtran
(Mayer and Kylling, 2005). For further description of the model see Section 2.3. With
uvspec heating rates are calculated using as input the extinction, single scattering albedo
and asymmetry factor as used by SA and ST98 and as derived from the AER model.
The calculations were performed for clear-sky and overcast conditions. The overcast conditions is defined by two clouds at different levels: one low-level cloud extending from
1.5–4.5 km with a liquid water content of 1 g/m3 and ref f = 10 µm and one ice cloud
extending from 9.5–10.5 km with liquid water content of 0.005 g/m3 and ref f = 20 µm.

4.2.5

Chemistry climate model SOCOL

CCM SOCOL v.2 is used to calculated the impact of Mt. Pinatubo eruption on lower
stratospheric temperatures (for a model description see Section 2.1). Except for the description of stratospheric aerosols, the boundary conditions are taken as in Fischer (2008).
The stratospheric aerosol data sets used for the SOCOL scenarios are described in this
Section and discussed in Section 4.3.3. The radiative transfer calculations within SOCOL
are performed by the dynamic component of SOCOL, that is the general circulation model
ECHAM4. The model runs cover the time period from January 1991 to December 1999.
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PIN7
PIN8.5
PIN10
PIN13
SAGE/2
SAGE
SAGE*2

4.3
4.3.1

Fig. 4.8: Total mass of sulphur (S) in
the condensed phase (above 200 hPa) for
time period after Mt. Pinatubo eruption, calculated from SAD and ref f retrieved from
gap-filled SAGE II (Thomason et al., 1997a;
Thomason and Peter , 2006) and from AER
model calculation with 14, 17, 20, and 26 Mt
SO2 injection.

Results
Total sulphur mass injected into the stratosphere

Many estimations of the total sulphur mass injected into the stratosphere after the
Mt. Pinatubo eruption can be found in the literature (see Table 4.5 for an overview).
There are mainly two methods used in these studies: some estimations are based on
direct SO2 measurements and the other estimations are based on stratospheric aerosol
extinction measurements. The second indirect method first estimates the aerosol mass
and after extrapolates to the initial sulphur injection.
The first initial sulphur mass estimation using direct SO2 measurements was
performed by Bluth et al. (1992), they analysed the SO2 measured by TOMS satellite and
extrapolated the global SO2 mass to 17–26 Mt. In a more recent study the TOMS data
were re-analysed by Guo et al. (2004), they estimate the total SO2 mass of 15 ± 3 Mt.
They further argued, that 3–4 Mt have to be added to this estimation, because TOMS is
insensitive to H2 SO4 , which was formed from the very beginning, hence the total injected
mass of SO2 for TOMS would be 18 ± 4 Mt. In the same study TOVS data (on TIROS
Television Infrared Observation Satellite) was analysed, yielding 19 ± 4 Mt SO2 injection,
which compares well to TOMS measurements. Another sulphur mass estimation was
performed by Read et al. (1993) using Microwave Limb Sounder Experiment (MLS) on
UARS. MLS measured SO2 concentration of about 15 ppbv at an altitude of around 26 km
100 days after the eruption. With a 33 day e-folding decay time an initial SO2 injection
of 17 Mt is needed to explain the 15 ppb in November 1992. The lowest sulphur mass
estimation based on SO2 measurements was proposed by McPeters (1993) using SBUV/2
measurements. They estimates an initial injection of 12–15 MT SO2 . SBUV/2 on NOAA11 measured 8.4 Mt SO2 on July 1st , and 4.1 Mt on July 17th . They inferred an e-folding
time of about 24 days for the conversion of SO2 to aerosol. McPeters (1993) argues that
SBUV/2 SO2 measurements are much more accurate than TOMS measurements, which
overestimated SO2 mass by about 50 %. However, the advantage of TOMS over SBUV/2
is the better spatial and temporal coverage.
Sulphur mass estimations derived from aerosol extinction measurements
have been performed using ISAMS, AVHRR and SAGE II measurements. In a first step
the size distribution of the stratospheric aerosols has to be deduced from single extinction
measurements. Assumptions on the shape of the distribution have to be made. In a second
step the total sulphur mass is calculated from the total aerosol mass assuming some H2 SO4
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Table 4.5: Studies on total mass of SO2 injected to the stratosphere. ma is the estimated
aerosol mass.

Instrument
TOMS
TOMS
TOVS
MLS
SBUV
AVHRR
ISAMS
SAGE II
Backscat.
sondes
SA1.8 1
SA1.8 05
SA1.8 2
PIN7
PIN8.5
PIN10
PIN13

Quantity
SO2
SO2
SO2
SO2
SO2
extinction
at 0.5 µm
extinction
at 12.1 µm
extinction
at 1.02 µm
extinction
extinction
at 1.02 µm
extinction
at 1.02 µm
extinction
at 1.02 µm
SO2
SO2
SO2
SO2

Initial SO2
mass (Mt)
20 ± 6
18 ± 4
19 ± 4
17
12–15
13.6

SO2 oxidation
e-folding time (d)
35 ± 11
25 ± 5
23 ± 5
33
24 ± 5

Reference
Bluth et al. (1992)
Guo et al. (2004)
Guo et al. (2004)
Read et al. (1993)
McPeters (1993)
Stowe et al. (1992)

7.4–13.6
(ma =19–26 )
7.8–15.7
(ma =20–30)
18–24

Lambert et al. (1993)

15.3

this work

7.7

this work

30.6

this work

14
17
20
26

McCormick (1992)
Rosen et al. (1992)

this
this
this
this

work
work
work
work

weight fraction. In general these estimations are lower than the estimations based on
direct SO2 measurements. For instance Stowe et al. (1992) estimated the initial sulphur
injection to be 13.6 Mt using AVHRR measurements. AVHRR measured a maximum
optical depth of 0.31 at 0.5 µm. They assumed Junge size distribution and H2 SO4 weight
fraction of 0.75. Another estimation is made by Lambert et al. (1993), they estimated
the global aerosol mass loading of 19–26 Mt from November 1992 to April 1992 and of
15–21 Mt in July 1992. They analysed ISAMS extinction at 12.1 µm and calculated the
aerosol mass by using the relationship between absorption coefficient and aerosol density
derived from Mie theory. They further assumed that all SO2 oxidised to H2 SO4 and that
the aerosol had a H2 SO4 wt% between 59–77 %. This yields an initial sulphur injection of
7.4–13.6 Mt. Analysis of SAGE II extinctions leads to similar total sulphur estimations as
for ISAMS analysis. McCormick (1992) estimated a initial aerosol mass of 20–30 Mt using
SAGE II extinction at 1020 nm. With a weight fraction of 59–77 % the initial sulphur mass
was 7.8–15.7 Mt. Besides satellite measurements, sulphate aerosol mass can be estimated
by balloon borne backscattering sonde measurements. Rosen et al. (1992) extrapolated
from data in the vortex edge in March 1992 the global aerosol mass to be 18–24 Mt.
Based on all these studies Mt. Pinatubo eruption injected 7.4–26 Mt of SO2 into
the stratosphere, with a most likely injection of 17-20 Mt (Thomason and Peter , 2006).
Figure 4.8 shows the time evolution of total sulphur for AER model results above 200 hPa.
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Fig. 4.9: Differential number density dN/dlogr as a function of aerosol radius at the equator
(5 ◦ S–5 ◦ N) at 60 hPa (first row) and in the northern midlatitudes (35 ◦ N–45 ◦ N) at 100 hPa
(second row) retrieved from gap-filled SAGE II measurements (SA) and calculated with AER
model. For 0.5, 1 and 1.5 years after Mt. Pinatubo eruption. Solid black line shows OPC
measurements at Laramie, Wyoming (41◦ N).

Additionally the figure depicts the total sulphur mass of the SA scenarios based on the
SAD retrieved from SAGE II Thomason et al. (1997a). SA1.8 1 corresponds to a maximum sulphur loading in the stratosphere of 7.7 Mt (15.3 Mt SO2 ). This is in the upper
range of estimations by McCormick (1992). SA1.8 05, per definition, has half of the initial sulphur mass (3.8 Mt) and SA1.8 2 the double (15.3 MT). SA(sigma) 05 captures the
lower boundary of sulphur injection estimations discussed above. SA(sigma) 2, however,
lies 4 Mt above the highest estimation based on satellite studies.
Not all SO2 injected to the stratosphere is directly converted to H2 SO4 and integrated
into stratospheric aerosol. From the initial 26 Mt SO2 emitted in scenario PIN13 only
22.8 Mt were present in the stratospheric aerosol when the maximum aerosol mass is
reached (after few month). Hence 12 % of the initially emitted sulphur is either in the gas
phase as H2 SO4 at this moment or was removed from the stratosphere by sedimentation
to the troposphere (and then washed out). For PIN7 only 4 % of the initially emitted
sulphur was not in the condensed phase when the maximal stratospheric aerosol mass
was reached. The total aerosol mass of SA1.8 1 matches best with PIN8.5. However,
PIN8.5 has a shorter residence time than SA1.8 1. AER model shows in general shorter
residence times than suggested by SAGE II.
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Fig. 4.10: a) Effective radius, b) mode radius and c) number density at the equator (5◦ S-5◦ N)
in May 1992.

4.3.2

Aerosol size distribution

The OPC measurements in Laramie, Wyoming (41◦ N) provide valuable information
about the size distribution of the stratospheric aerosols after Mt. Pinatubo eruption
(Deshler et al., 1992). Figure 4.9 shows the differential number density dN/dlogr retrieved from SA and AER model runs for the equator (a,b,c) and for the midlatitudes
(d,e,f with OPC measurement).
dN
r.
(4.16)
dr
Clearly visible in the OPC measurements is the bimodal size distribution, which is
often observed after volcanic eruptions. Half a year after the eruption the mode radius
of the smaller mode is 0.013 µm (σ=1.38) and rm of the larger mode is 0.43 µm (σ=1.35)
(Figure 4.9d).
The size distribution retrieved from the gap-filled SAGE II data set is far from the
OPC measurements, because of the assumption of a unimodal lognormal distribution.
In principle it would be possible to describe the large mode of the distribution with a
unimodal distribution, the distribution width σ=1.8 is too large for the large mode. As
a result SA1.8 1 overestimates the number of particles with radius larger than 1 µm and
underestimates particles with radius smaller than 0.1 µm. In June 1992 the SA1.8 1 mode
radius of the larger mode is comparable to one retrieved from OPC measurements, but in
January 1992 and 1993 SA1.8 1 mode radius is higher than the OPC mode radius, hence
the amount of large particles is even more overestimated. The AER model describes the
large mode fairly well, however the mode radius of the smaller mode is strongly underestimated and sigma is overestimated. For the local stratospheric heating the discrepancy
on the small mode will only have a marginal effect, as the main heating comes from absorption by the larger particles. However, for the scattering of shortwave radiation these
deviations could play a more important role.
The effective radii retrieved from SAGE II measurements (Thomason and Peter , 2006,
Chapter 4) are very similar to effective radii retrieved from UARS (Stenchikov et al., 1998)
(see Figure 4.10). However the much smaller sigma of 1.25 used for ST98 than for SA1.8 1
leads to major difference in mode radius and consequently the whole size distribution.
dN/dlogr ≡ ln(10)
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Fig. 4.11: Zonal mean total optical thickness in VIS (0.55µm) from January 1993 to December
1996, (a) at the equator (5◦ S-5◦ N) and (b) in midlatitudes (30-40◦ N) for SA1.8 1, SA1.2 05,
ST98, PIN10 and PIN7. Black solid line is the optical depth at 550 nm retrieved from AVHRR,
reduced by the tropospheric extinction (average from 1995 to 2000). Lower solid line is multiplied
by correction factor 0.84 as proposed by Russell et al. (1996)

(Russell et al., 1996, Figure 4) compared effective radii derived from a variety of measurements and shows that few months after the eruption the ref f increased to about
0.5 µm but the uncertainty ranged from 0.4–1 µm.

4.3.3

Aerosol extinction

Extinction is one of the key parameters to define the radiative effect of aerosols. In this
section we compare extinction measurements by several (satellite) instruments with the
ST98, SA1.8 1, SA1.2 05 data sets and the AER model results.

4.3.3.1

Aerosol extinction of shortwave radiation

Here we define short wave radiation spanning in the ultraviolet (UV), visible (VIS) and
near infra red (NIR). Changes in UV and VIS by the stratospheric aerosol lead to cooling of
the Earth’s surface. NIR absorption and scattering by stratospheric aerosol contribute together with longwave absorption to the aerosol-induced heating of the lower stratosphere.
In the shortwave range we compare our data sets with SAGE II extinction measurements
at 525 nm and 1020 nm (Thomason and Peter , 2006) and with AVHRR measurements.
In Figure 4.11 the time evolution of total optical thickness in the shortwave (0.55 µm) is
shown. According to AVHRR measurements ST98 underestimate the total optical thickness in the shortwave in the tropics during the first half year by about 30 %. SA1.8 1
compares well with AVHRR measurements at 550 nm. The AER model runs on the other
hand overestimate the shortwave optical thickness at the equator: the scenario with 20
Mt SO2 input (PIN10) is almost 3 times as high as AVHRR measurements. PIN7, with
only 14 Mt SO2 input, has twice as high maximal optical thickness than AVHRR. After
approximately one year
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Fig. 4.12: Zonal mean extinction from June 1991 to June 1993 for 550 nm, 1 µm, 5.1 µm,
10 µm and 12.6 µm. Left column at the equator (5◦ S–5◦ N) at 40 hPa, right column at northern
midlatitudes (30–40◦ N) at 70 hPa. Vertical lines show error bars of measurements when available.
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Fig. 4.13: Zonal mean extinction in May 1992 at 550 nm, 1 µm, 5.1 µm, 10 µm and 12.6 µm.
a–e) at the equator (5◦ S-5◦ N) and f–i) at northern midlatitudes (30-40◦ N). Horizontal lines show
error bars of measurements.

after the eruption AER model results, SA1.8 1 and ST98 compare well with AVHRR.
Russell et al. (1996) showed that AVHRR overestimated the optical depth from July to
December 1991 and should be multiplied by factor 0.84. They further note, that SAGE II
as extrapolated by Thomason et al. (1997b) underestimates in the same period the optical
depth in the tropical region.
Compared to the few SAGE II measurements during the first year after the eruption
SA1.8 1 and ST98 underestimate and AER model overestimates extinction in the lower
stratosphere, like AVHRR suggests. In Figure 4.12 a+c the extinction at 550 nm and 1 µm
in the tropics for SA and AER model runs is shown and compared to SAGE II extinction
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Fig. 4.14: Zonal mean extinction in January 1993. a–e) at the equator (5◦ S-5◦ N) and f–i) at
northern midlatitudes (30-40◦ N).

measurements at 525 nm and 1020 nm. Few months after the eruption (August 1991) the
extinction at 550 nm and 1020 nm retrieved from SA1.8 1 and ST98 are less than half
as measured directly by SAGE II. The AER model on the other side calculates much
higher extinctions. In August 1991 PIN10 extinctions at 550 nm reached their maximum
with 0.11 km−1 , which is almost three times more than measured by SAGE II. Even with
7 Mt less sulphur injection the extinctions are still three times higher than SAGE II
measurements.
As stated above no SAGE II measurements could be retrieved from September 1991
to March 1992 at 40 hPa. In Figure 4.12 c the missing values for SAGE II measurements
at 1020 nm were filled with lidar measurements (Thomason and Peter , 2006). It is most
unlikely that the extinction dropped from August to September 1991 from 0.046 to 0.026.
This implies that the gap-filling with lidar station measurements did underestimate the
real extinction at the equator. Which can be explained by the fact that the lidar station
probably did not measure below the densest part of the stratospheric aerosol cloud. The
amount of sulphate aerosols was larger in the southern hemisphere than in the northern hemisphere and the lidar stations are in about 2000 km distance from the equator.
ST98 extinction at 1020 nm are congruent with the SAGE II measurements described
in Russell et al. (1996), because their method enforces it. SA1.8 1 is not congruent with
SAGE II measurements, as only the effective radius is taken into account and the choice
of sigma influences the extinction substantially. During the first two years after the eruption SA1.8 1 and ST98 show almost the same total optical depth in SW in the tropics
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(Figure 4.11) but at 40 hPa ST98 shows always lower extinctions than SA1.8 1. This can
be explained by different vertical distribution of the aerosol mass.
Figures 4.13 and 4.14 show the vertical extinction profiles for May 1992 and January
1993. Additional profiles for December 1991 can be found in the appendix C (Figure C.5).
The vertical extension of the sulphur mass is much more concentrated for the SA data sets
compared to ST98. The maximum in extinction is larger in SA1.8 1 than in ST98, but
ST98 shows much higher extinctions above 25 km and below 19 km. This compensation
is an important finding, leading to similar total optical depth for ST98 and SA1.8 1, but
for the wrong reason. The reason for the difference in vertical mass distribution is the
difference of the SAGE II retrieval algorithm used in both studies. The updated SAGE II
extinctions at 1020 nm used in SA (Thomason and Peter , 2006, Chapter 4) draw a more
precise structure of the aerosol distribution than the older version of 1020 nm SAGE II
extinctions (Russell et al., 1996). In May 1992 the maximum lies at 21–23 km altitude
and half a year later in January 1993 slightly below 20 km (Figure 4.14). In May 1992 the
amplitude of the peak in SW extinction is still overestimated, regardless the good match
of total optical depth compared to AVHRR.
In the northern midlatitudes the discrepancy between measurements and the modelled
data sets is much lower compared to the tropics. The total optical depth in the shortwave
is reasonable for SA1.8 1, ST98 and PIN10 compared to AVHRR (Figure 4.11). However,
the maximum amplitude of the extinction in the lower stratosphere is overestimated by
SA1.8 1, PIN10 and ST98 (Figure 4.12 b, c). SA1.2 05 with half the mass of SA1.8 1
is slightly underestimating the extinction at all altitudes and over the whole period.
The maximum extinction of SA1.8 1 is located at 19–20 km, however ST98 extinction
maximum is much lower at 17 km approximately (Figure 4.13 f, g). From this follows,
that ST98 has much higher extinctions from 12–20 km compared to SA1.8 1.
The maximum extinction of PIN10 is at 18–19 km, and of PIN7 is a bit higher at 19–20
km, at the same altitude as SA1.8 1. Below the maximum all AER model runs simulate
too much aerosol mass during the first year after the eruption. However starting from
January 1993 in the tropics and in the midlatitudes the shape and the amplitude of the
extinction calculated with the AER model agree good with observations (Figure 4.14).
4.3.3.2

Aerosol extinction of longwave radiation

The extinction of longwave radiation is of central importance for the aerosol-induced
heating of the lower stratosphere. We compare it with HALOE (5.26 µm) and ISAMS
measurements at 5.28 µm, 10 µm, 12.1 µm. In the tropics the longwave extinction of
SA1.8 1 at 40 hPa is by more than a factor of 3 larger than ST98 during the first year after
the eruption. HALOE measurements at 5.26 µm and ISAMS measurements at 12.1 µm lie
between SA1.8 1 and ST98. The total optical thickness measured by HALOE is smaller
than predicted by any scenario calculation (see Figure 4.15). ISAMS measurements at
5.28 µm and 10 µm are larger than SA1.8 1 (Figure 4.12 and 4.13), however, the error
bars are huge. The peak in extinction (at 50 hPa) is in January 1993 still overestimated
by SA1.8 1 and underestimated by ST98, compared to HALOE (Figure 4.14 c). The
amplitude of the maximal extinctions of SA1.2 05 are comparable to ST98. However the
vertical profile differs substantially.
During the first year in the tropics the extinction of PIN10 and PIN7 in the longwave is
as in the shortwave much higher than in all other data sets (factor 4-6). However, in May
1992 the longwave extinction is already substantially reduced and is even smaller than in
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Fig. 4.15: Zonal mean total optical thickness from SW to LW range a) in January 1992 and
b) in May 1992 at the equator.
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Fig. 4.16: Anomalies in net shortwave fluxes at the top-of-the-atmosphere with respect to
climatology from 1994–1996. (a) Global mean for clear-sky condition, (b) global mean for
all-sky condition and (c) at the equator (20◦ S–20◦ N) with solid black line the deseasonalized
anomalies in ERBE measurements (with respect to 1985–1989) (Wong et al., 2006).

SA1.8 1 (Figure 4.13 c,d). In January 1993 AER agrees well with HALOE measurements
(Figure 4.14 c,f).
In the extra tropics PIN10 and SA are more consistent with the measurements. But
PIN10 still overestimates the extinction compared to HALOE during the first year and
SA1.8 1 is during the whole period higher than the measurements.
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Net shortwave fluxes at top-of-the-atmosphere

The global net shortwave (SW) fluxes at the top of the atmosphere increased due to
Mt. Pinatubo eruption, as more SW radiation was reflected back to space. Figure 4.16
shows the anomalies in shortwave fluxes at the top-of-the-atmosphere calculated with
CCM SOCOL. For clear-sky condition a global change of maximal 3 W/m2 was calculated
for SA1.8 1, for all-sky condition the relative impact on the shortwave budget was reduced
to 2.5 W/m2 . All AER model scenarios showed larger changes of the shortwave flux, for
PIN13 the shortwave flux increased by 6 W/m2 for clear-sky condition and 5 W/m2 for
all-sky condition. In Figure 4.16e the shortwave fluxes for the tropics (20◦S–20◦ N) are
compared with ERBE measurements. PIN13 matches best with ERBE measurements.

4.3.5

Heating rates

Figure 4.17 shows the heating rates due to stratospheric aerosol as prescribed from AER
model runs, SA1.2 05 and SA1.8 1 in the tropics for January 1992 (for May 1992 and
January 1993 see Appendix Figure C.1, C.2 and C.3). The heating rates are calculated
with uvspec. The first row shows heating rates for clear-sky conditions and the second
row for overcast conditions. For the clear-sky condition the maximal SW heating occurs
at 25–27 km, the maximal LW heating is at 21–24 km for AER simulation and at 23–
26 km for SA1.8 1 and SA1.2 05. The difference in the position of the maximum is due
to the different radiation source: the SW radiation source is the sun and LW radiation
source is the Earth. The maximal net heating due to stratospheric aerosol in the lower
stratosphere for clear-sky condition is about 0.9 K/d for SA1.8 1, and 1.4 K/d for PIN10.
In the same panels the heating rates calculated by ECHAM4 are shown (dashed lines).
The peak in maximal heating in the shortwave is lower down for the AER model runs. And
the amplitude of SW heating is overestimated by ECHAM4 in comparison with uvspec.
However, in the LW ECHAM4 underestimates the radiative heating by about 30%. This
results in a total underestimation of the net radiative heating of 15–30% by ECHAM4.
The net heating rate is remarkably reduced during overcast conditions (Figure 4.17
d-f). uvspec calculates net heating rates increase of 0.4 K/d for SA1.8 1 and 0.65 K/d
for PIN10 due to stratospheric aerosols. The absolute SW heating rates increase when
clouds are introduced in the troposphere, however, the relative contribution of SW heating by the aerosol decreases slightly. The LW radiative heating is strongly reduced when
clouds are present in the troposphere. Clouds have a lower emission temperature than
the ground, hence less LW radiation reaches the stratosphere. Above 25 km the stratospheric aerosols even lead to LW cooling, if clouds are present, because the aerosol emit
more thermal radiation than they absorb from the layers below. ECHAM4 calculations
for all-sky conditions (clouds as calculated by the model) yield a net heating rate increase
for PIN10 by 0.75 K/d and for SA1.8 1 by 0.5 K/d. The radiative heating in the NIR
decreased due to introduction of clouds. This erroneous feature is discussed in Chapter 3. For all-sky condition CCMVal (2008) proposes 0.3 K/d net heating rate, based on
stratospheric aerosol data set as described by Stenchikov et al. (1998) but with updated
SAGE II measurements (personal communication Gera Stenchikov). This is more than
0.1 K/d lower than the net heating rate change coming from SA1.8 1 as calculated with
ECHAM4.
For clear-sky condition the additional radiative heating due to absorption of terrestrial
radiation (4.5–35 µm) is five times higher than the radiative heating due to absorption of
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PIN7 (SOCOL)
PIN10 (SOCOL)

(d)

SA1.8_1
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Fig. 4.17: Net heating rates due to stratospheric aerosols at the equator in January 1992
for AER model runs, SA1.8 1 and SA1.2 05 calculated with uvspec and ECHAM4 (dashed
lines). First row for clear-sky condition, second row for all-sky condition (for SOCOL clouds
as generated by ECHAM4). a,d) radiative heating due to absorption and scattering of solar
radiation (250–4000 nm), b,e) radiative heating due to absorption of terrestrial radiation (4.5–
35 nm), c,f) net radiative heating (solar and terrestrial radiation). Blue solid curve in c and d
is overcast heating rates as proposed by CCMVal (2008).

solar radiation (250–4000 nm). But for all-sky the contribution of LW heating is reduced
and hence the ratio between SW and LW contribution to the net heating rate changes from
1:5 to 1:2 in the tropics. This is in good agreement with Ramachandran et al. (2000) who
propose NIR to be one third of the total radiative heating. ST98 attributed half of the
radiative heating to SW and half to LW radiative heating. However, the cloud properties
are certainly not identical in all these studies. As the amount and position of the clouds
has a large impact on the net heating rates it is difficult to compare these results.
In the midlatitudes the reduction in radiative LW heating due to clouds is even more
pronounced than in the tropics. The net LW heating rates is reduced by more than a
factor 10 if clouds are present in the troposphere. Which is surprising, as the clouds in
the tropics are higher and hence colder than in the higher latitudes. The contribution of
NIR absorption to the net heating is more important in the midlatitudes. The net heating
rates of SA1.8 1, CCMVal and PIN7 agree better at 35◦ N than at the equator.
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Fig. 4.18: Same as Figure 4.17 but for 35◦ N instead over the equator.

4.3.6

Temperature effect

Labitzke and McCormick (1992) showed that the temperature at 30–50 hPa increased
by about 3–4 K near the equator in September and October 1991 due to Mt. Pinatubo
eruption. The same range of temperature increase is suggested by the European Reanalysis Projects ERA-40 and ERA interim of the European Centre for Medium-Range
Weather Forecasts (ECMWF) for the tropics (20◦ S–20◦ N) at 50 hPa (see Figure 4.19 a)
(Uppala et al., 2005). On a global scale ERA interim temperatures at 50 hPa increased
by about 2 K. All SOCOL simulations overestimate the lower stratospheric warming, especially in the tropics (see Figure 4.19). PIN10 calculates a temperature increase of more
than 8 K in early 1992 in the tropics at 60 hPa, at the 40 hPa level the temperature is
2 K lower (i.e 6 K), hence still almost twice as high as found by Labitzke and McCormick
(1992) . PIN7 shows a more moderate (5–6 K at 50 hPa) but still much too high warming in the tropics especially for 1992. The temperature increase of PIN7 at 50 hPa is
comparable with SA1.8 1 in the tropics.
The global mean temperature increase at 50 hPa for PIN7 is comparable to the ERA
interim signal. However, the maximum in PIN7 is reached in February 1992 and in ERA
interim already in October 1991. SA1.8 1 shows a even later maximum, in December 1993
the maximum heating in the tropics is reached. For the first half year the temperatures
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Fig. 4.19: Zonal mean temperature anomalies a) at 50 hPa for tropics (20◦ S–20◦ N), b) global
mean at 50 hPa, c) at 100 hPa for the tropics and d) global mean at 100 hPa. All anomalies are
plotted with respect to 1995-1999.

as predicted by SA1.8 1 compare well to ERA interim.
In Figure 4.20 the vertical profile of the temperature change in 1992 with respect
to the climatological mean from 1995-1999 are shown. The maximum of the heating
is located at 19–20 km. In the tropics PIN10 showed an increase of 6 K and SA1.8 1
and PIN7 an increase of nearly 5 K. All of the SOCOL simulations overestimate the
tropical temperature signal in the lower stratosphere by more than 2 K. The global mean
temperature signal deviates less from the ERA interm data: PIN7 underestimates the
global temperature increase in the lower stratosphere by roughly 0.5 K and PIN10 and
SA1.8 1 overestimate the global temperature increase by 0.5 K.
At the tropical tropopause no heating was observed by ERA interim after Mt. Pinatubo
eruption. However SA1.8 1, PIN10 and PIN7 show heating of the tropical tropopause by
1-2 K (Figure 4.19 c). Increase of stratospheric water vapour after volcanic eruptions
was suggested by Oltmans et al. (2000) analysing 1982 eruption of El Chichón and by
Joshi and Shine (2003) analysing Mt. Pinatubo eruption. Joshi and Shine (2003) found
a temperature increase by 1 K at the troposphere analysing 5 ensembles calculated with
Intermediate General Circulation Model (IGCM) and detrended NCEP reanalysis tem-
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Fig. 4.20: Annual zonal mean temperature anomalies in 1992 averaged a) from 20◦ N–50◦ N, b)
from 20◦ S–20◦ N and c) globally with respect to 1995-1999 calculated with SOCOL and ERA
interim.

perature fields. In their calculation without chemistry the stratospheric water vapour
increased by 10 %. They further argued that the positive trend in stratospheric water
vapour of about 1 % per year (Rosenlof et al., 2001) could be explained partly due to
continuous warming of the tropical tropopause by volcanic eruptions. HALOE temperature analysis suggest no large increase in stratospheric water vapour Randel et al. (2004).
Fueglistaler and Haynes (2005) suggest that the tropical tropopause temperature increase
in ERA40 data from 1991 to 1993 is mainly due to QBO and El Niño. It is difficult to
extract the volcanic signal on the temperature near the tropopause, because Mt. Pinatubo
coincided with El Niño, which tends to warm the tropical tropopause.

4.4

Conclusion

In this study we discussed uncertainties involved in modelling the volcanic eruption of
Mt. Pinatubo in 1991. We validated the optical properties data sets of stratospheric
aerosol, based on measurements and model calculations. We focused on the lower stratospheric heating and found that calculations with CCM SOCOL yield too high temperature
increases in the lower stratosphere compared to ERA interim. We identify the following
reasons for the considerable uncertainties involved in the individual modelling steps, most
of which are likely to contribute to the overestimation of the temperature signal:
• First of all the uncertainties in the measurements are notable. The estimation of the total mass of sulphur added to the stratosphere by the eruption of
Mt. Pinatubo ranges from 4–13 Mt S. Even if the spatial and temporal coverage of
the observations are good compared to earlier volcanic eruptions, the early peak
period of the aerosol cloud has been remained difficult to observe. This is due to
termination of the satellite measurements caused by too dense aerosol layer for some
satellite instruments. At the same time ground based measurements in the tropics
are rare. UARS instruments, like ISAMS, provide helpful additional information at
longer wavelength for this period, but the measurement uncertainties of ISAMS are
large.
• In this study we compare extinction in the whole spectral range by stratospheric
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aerosol, and calculate the corresponding stratospheric heating following two studies,
Stenchikov et al. (1998) (ST98) and Schraner et al. (2008) (SA1.8 1). Both data
sets are based on SAGE II measurements, ST98 additionally on CLAES and ISAMS
measurements. The measurement gaps in SAGE II in the tropics shortly after the
eruption have been filled with information from lidar measurements. In comparison
with AVHRR measurements the gap-filling with lidar data underestimated the total
optical depth in the SW (due to errors in the particle distribution function and
despite the SO2 loading estimated from AVHRR being lower than estimates from
SA).
• Further uncertainties emerge when the aerosol size distribution is derived. Assumptions on the shape of the distribution have to be made. ST98 and SA1.8 1 use
unimodal log-normal distributions with σ equal to 1.25 and 1.8 respectively. The
advantage of using a unimodal log-normal distribution is its simplicity, which is
required to approach the problem given the little information on the whole aerosol
distribution. The disadvantage of this method is, that the ”real” aerosol size distribution after a volcanic eruption resembles more a bimodal log-normal distribution.
The choice of the distribution width σ has a large influence on the optical properties
of the aerosol layer. The larger mode of the size distribution is better captured with
a small σ. The standard calculation of SA1.8 1 is therefore repeated with σ 1.2 and
2.4 (SA1.2 1, SA2.4 1).
• Uncertainties in the optical properties follow from the uncertainties in the
aerosol size distribution, whereas the uncertainty in the weight fraction of H2 SO4
contributes less to the total uncertainty. Compared to measurements, SA1.8 1 and
ST98 underestimate and the AER model highly overestimates the extinction in the
tropics during the first year after Mt. Pinatubo eruption. In the extra-tropics the
agreement between model and measurements is much better. However, SA1.8 1
tends to overestimate and ST98 tends to underestimate the LW extinction. This is
due to the different choice of σ. ST98 data is produced by adjusting the number
density in order to reproduce the extinction in the near infrared, this leads to low
aerosol masses (half as much as SA1.8 1) and to too low extinction in the far infrared. Compared to SA1.8 1, SA1.2 1 matches better in the LW, however the SW
extinction is overestimated and contrariwise SA2.4 1 matches better in the SW but
overestimates the LW extinction even more than SA1.8 1. Hence we conclude, that
it is not feasible to create a stratospheric aerosol data set based on unimodal lognormal distribution to match extinction in longwave and shortwave, because either
the extinction in the shortwave matches or the extinction in the longwave matches
but not both (this also applies for ST98). However, it is important to get reasonable
extinctions in the shortwave and the longwave because the they are either needed for
the radiative forcing at the ground (SW) or the heating of the lower stratosphere.
• When modelling the Pinatubo eruption with AER 2-D aerosol model uncertainties arise due to unknown boundary conditions, e.g. concerning the total amount
and altitude distribution of sulphur injected into the stratosphere. Scenarios with
7–13 Mt S injections were calculated and compared to measurements. The AER
model is able to reproduce the characteristic bimodal size distribution. However,
during the first year after the eruption the extinction is overestimated by AER
model with respect to satellite measurements in all wavelength regimes. After one
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year the agreement between AER model results and measurements becomes increasingly better.
• A potential source of errors can arise from the radiative transfer calculation.
Here we compared heating rates calculated by ECHAM4 (within CCM SOCOL)
with heating rates calculated by uvspec (LibRadtran). The net heating rate increase due to stratospheric aerosol calculated by ECHAM4 are 10–20% smaller
than calculated by uvspec. The heating rates proposed by CCMVal (2008) based
on Stenchikov et al. (1998) are smaller than any scenario that we investigated, and
are most likely too small.
• The heating rate can not be directly converted to temperature response. With
CCM SOCOL the climatic impact of Mt. Pinatubo eruption including dynamical
responses and chemical feedbacks on ozone is modelled. CCM SOCOL overestimates
the lower stratospheric temperature increase by a factor 2-3 in the tropics compared
to ECMWF interim temperatures. In the first year after the eruption SA1.8 1
underestimated the extinction in the tropics, yet the fact that the temperature
signal is still overestimated suggests that either there is a deficiency in the radiative
transfer calculation or there is a missing process in the model. However, compared to
the reference model uvspec SOCOL even underestimates the local heating rates. A
possible explanation of the exaggerated temperature increase could be the too low
updraft, caused by local heating in the tropical lower stratosphere, consequently
the cooling due to adiabatic uplift would be underestimated. Another possible
explanation could be a bias in the ECHAM4 cloud scheme as the LW heating rates
in the lower stratosphere highly depend on the cloud fraction. See Chapter 3 for a
discussion on the inconsistency of NIR scattering by stratospheric aerosols regarding
clear-sky and all-sky calculations by ECHAM4 and ECHAM5.

4.4.1

Outlook

The validation of the stratospheric aerosol extinction with measurements should be further
elaborated. Comparison with more extinction measurements like satellite measurements
(CLAES and TOVS) as well as lidar measurements could reveal more insights. Further
data analysis is needed to prove that the extinction in the tropics in the shortwave is underestimated by SA1.8 1 and ST98 during the first year after the eruption of Mt. Pinatubo,
as comparisons with AVHRR suggest. Some satellite measurements contradict each other,
for instance HALOE and ISAMS measurements in the lower stratosphere in the tropics.
More detailed analysis to reveal the reasons for this discrepancies should be undertaken.
This study shows the limitations of unimodal log-normal distribution to describe the
aerosol population. It is difficult to improve the modelling of the aerosol size distribution,
as there is only little information on its structure. Possibly better results could be achieved
by using a bimodal lognormal distribution and use fixed distribution width as observed in
Laramie, Wyoming, and then fixing the effective radius of the smaller mode. The effective
radius of the larger mode could be gained from SAGE II extinctions for example, and the
number density of both modes could be adjusted according to extinction measurements
in the shortwave and longwave range. However, little is known about the ”real” size
distribution in the densest part of the stratospheric aerosol cloud. It could be possible
that it differs substantially from the size distribution in the extra-tropics, which are known
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through measurements at in Laramie, Wyoming (41◦ N). This calls to be prepared to
perform measurements with the OPC when the next major tropical volcano erupts.
In the present work the boundary conditions of the AER aerosol model wer improved
substantially (see Section 4.2.3), however the extinction in the tropics is still substantially
overestimated. This could have several reasons, first the boundary conditions are not
exactly known, second there is no dynamical feedback in the model, third there are limitations due to only having two dimensions and third there could be deficiencies in the
micro-physical processes. Further effort should be made to improve the model performance. In a next step the aerosol model could be coupled with a global climate model.
Because the missing feedback of chemistry and dynamics on aerosol formation and transformation could be a source of additional errors.
The scattering and absorption of NIR radiation and the absorption of LW radiation is
responsible for the lower stratospheric heating. ECHAM4 shows a deficiency in the NIR
radiative transfer calculation, when stratospheric aerosols are present (Section 3). In the
LW ECHAM4 calculates 30 % lower heating rates than uvspec. Better insight could by
gained from a comparison with a line-by-line radiative transfer calculation, for instance
with MODTRAN (Abreu and Anderson, 1996).
The speculation that the uplift in the lower stratosphere due to aerosol heating might
be underestimated, should be further investigated. More detailed analysis of the dynamical changes in the tropical lower stratosphere should be undertaken.
The performance of the ECHAM4 cloud scheme should be analysed, as it might contribute to the overestimation of the temperature increase in the lower stratosphere after
Mt. Pinatubo eruption.
Would we in near future be better prepared than today for measuring all necessary
quantities to constrain the climate impact of a volcanic eruption of the same magnitude
as Mt. Pinatubo in 1991? Most valuable would be information about the particle size
distribution in the main aerosol cloud. Detailed temperature and vertical motion measurements in the tropical region would improve the understanding and help to validate our
models and improve our understanding of the radiative, dynamical and chemical effects.
Furthermore, a denser network of tropical lidar measurements would be of use.

Chapter 5

Stratospheric sulphate dioxide
injections: Geoengineering side
effects
Stratospheric sulphuric acid aerosols increase the Earth albedo, counteracting the global
warming caused by the recent greenhouse gas increase. In this chapter artificially produced
stratospheric aerosols are modelled with the AER 2D aerosol model and the effects on
the radiation balance, the stratospheric chemistry and dynamics are addressed using the
chemistry climate model SOCOL. We show that large uncertainties exist in calculating the
resulting radiative forcings and chemical effects of these particles, revealing particularly
large sensitivity on the size of the generated particles.

5.1

Introduction

Surface temperatures are highly influenced by greenhouse gases absorbing outgoing long
wave radiation. Continuing anthropogenic greenhouse gas emissions may lead in future to dangerous climate warming in terms of rising sea level and mass extinction (e.g.
Hansen et al., 2006; Solomon et al., 2007). Part of the past and present global warming
due to enhanced greenhouse gases may be masked by the direct and the indirect aerosol
effect (Ramanathan et al., 2001; Wild et al., 2005; Pinker et al., 2005; Norris and Wild ,
2007; Mishchenko and Geogdzhayev , 2007). Albeit recently improved understanding of
the impact of aerosols on the radiative budged - particularly for the direct effect - major
uncertainties remain. The radiative forcing by direct aerosol effect is today estimated
to be -0.5 ± 0.4 W/m2 and by indirect effect -0.7 (-0.3 to -1.8) W/m2 (Solomon et al.,
2007). Because of health reasons aerosol concentrations were reduced in western countries and will hopefully continuously be reduced in future. Consequently the warming by
greenhouse gases are expected to be larger in future.
Anthropogenic greenhouse gas emissions must inevitably be reduced now and in near
future in order to curb further greenhouse gas accumulation. But will we introduce this
necessary measure sufficiently fast to guarantee tolerable climate conditions on Earth?
Considering today’s political advancement on this issue, Crutzen (2006) suggested to reconsider geoengineering ideas of Budyko (1977) and enhance Earth albedo by increasing
sulphur aerosol concentration in the atmosphere. This option should be seen as an emergency scenario if political strategies fail and consequences of global warming threaten to
become intolerable.
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During major low-latitude volcanic eruptions significant amounts of sulphur are blown
into the stratosphere. The aqueous sulphuric acid aerosols resulting from sulphur dioxide
(SO2 ) oxidation and sulphuric acid (H2 SO4 ) condensation reflect a part of the shortwave radiation. The subsequent cooling of the Earth surface after volcanic eruptions is
know for a long time (e.g. Franklin, 1784; Stommel and Stommel, 1983). The eruption
of Mt. Pinatubo 1991 injected a very large, but also uncertain amount of 7.4–26 Mt SO2
into the stratosphere (Chapter 4). Hansen et al. (1992), assuming the stratospheric sulphur loading to be 6 Mt six month after the eruption, calculated a radiative forcing of
-4.5 W/m2 . Crutzen (2006) suggests that 1–2 Mt/a of sulphur could compensate future
clean air act measures, and that 5–6 Mt/a of sulphur could compensate doubling of carbon dioxide (CO2 ). Blowing sulphur into the stratosphere instead of the troposphere is
favourable, because much smaller amounts of sulphur are needed as consequence of the
long lifetime of sulphuric acid aerosols in the stratosphere of about 2 years (Robock , 2000),
thereby keeping health and environmental issues at a minimum.
Geoengineering ideas in science are so far largely unexplored and highly controversial
topic (Crutzen, 2006; Cicerone, 2006; Lawrence, 2006; MacCracken, 2006; Kiehl , 2006;
Bengtsson, 2006). Besides ethical concerns that might emerge the potentially detrimental
feedbacks on the ozone layer, on the cleansing capacity of the atmosphere and on atmospheric dynamics need to be investigated in detail before geoengineering ideas could enter
a regime of serious consideration. Also, only detailed investigation enables us to discover
potential, presently still unknown or inconceivable side effects. Furthermore, some problems caused by the anthropogenic greenhouse gas emission, like the acidification of the
oceans due to increasing CO2 concentration, is ignored when applying such a manipulation. In the end the implementation of a geoengineering project is a political decision,
but science should be ready to answer the scientific questions and quantify the involved
risks. Along these lines (Cicerone, 2006) suggested that geoengineering options should be
investigated, but that at the same time a moratorium should be put in place in order to
prohibit misapplications.

5.1.1

Summary of related studies in the literature

The presence of enhanced concentration of stratospheric sulphate aerosols after volcanic
eruptions, leads to more heterogeneous reactions. As a result active nitrogen species
are depleted and the chlorine catalysed ozone destruction cycles are enhanced (Solomon,
1999). This leads to depletion of the total ozone (O3 ) column after volcanic eruptions.
This is mainly due to the following heterogeneous reaction on sulphate aerosols, namely
the hydrolysis of dinitrogen pentoxide (N2 O5 ):
HET

N2 O5 (g) + H2 O(c) → 2HNO3 (c)

(5.1)

where g denotes a gaseous species and c species in the condensed (aerosol) phase. Except
under very cold polar conditions the dissolved nitric acid (HNO3 ) in the aerosol will
repartition again to the gas phase. In any case the HNO3 is relatively stable and as
a result the gas phase is depleted of active nitrogen. More detailed discussions on the
chemical effects after volcanic eruptions follow in Section 5.8.
In the recent two years, following Crutzen’s thought-provoking impulse, some studies
regarding geoengineering approaches to cool the Earth by diminishment of solar radiation
appeared in literature. Matthews and Caldeira (2007) analysed with a global climate
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Fig. 5.1: Annual rate of temperature change at the surface calculated
by a carbon climate model for IPCC
A2 emission scenario (Forster et al.,
2007) (red), constant geoengineering (blue) and geoengineering failing
in 2025 (green), 2050 (orange) and
2075 (purple). Dashed lines show results for runs with doubled climate
sensitivity (Matthews and Caldeira,
2007).

model with coupled carbon cycle the effect of reduced solar forcing on the climate system.
They point out, that the advantage of such a geoengineering method is the promptness
with which the surface cooling could be achieved. In their opinion this advantage could
become important, if fast action were required after the climate change aftermath reached
an alarming severeness. However, if the geoengineering were to be stopped or were to fail
the consequences would be even more severe than if no geoengineering actions had been
taken at all. An abrupt stop of a once established geoengineering activity would lead
to a very rapid warming. The warming after a failure of geoengineering could be up to
20 times faster than without geoengineering (see Figure 5.1), because CO2 concentration
would stay very high and the climate would react fast to its greenhouse gas forcing. This
means, that if we start geoengineering by managing incoming solar radiation, we could
be forced to continue the project for a very long time. Matthews and Caldeira (2007)
showed further that even if most of the temperature change due to CO2 forcing could
be compensated by geoengineering, the precipitation change could not be changed as a
consequence less precipitation in the tropics would be expected.
Caldeira and Wood (2008) discuss geoengineering by reduction of the incoming solar
radiation with the help of small particles placed in space or the atmosphere. They show
highly idealised model runs with two reduction scenarios of incoming sunlight at the top
of the atmosphere: In one scenario the insolation over the northern polar regions was reduced and in the other on the entire Earth was shaded. They use the National Center for
Atmospheric Research (NCAR) Community Atmosphere Model (v. 3.1). In their simulation they do not consider any side effects the different particles might have. They conclude
that with ”user-defined” reduction of incoming solar radiation the surface temperature
could be changed such, that the warming by green-house gases could be compensated.
In terms of precipitation their findings contradict those of Matthews and Caldeira (2007),
as they state that precipitation changes due to climate change could by minimised by
geoengineering.
More detailed model studies in terms of defining the particles which increase Earth’s
albedo were undertaken by Rasch et al. (2008). The performed model runs with a coupled
Atmosphere Ocean General Circulation Model (AOGCM) variant of the NCAR Community Atmosphere Model (CAM3) with SO2 injections in the tropical lower stratosphere.
They prescribe the aerosol size distribution and transport the aerosol bulk. In order to
capture the whole range of possible size distribution they used size distributions with
large and small particles. The size distribution for the small particle population is typical
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Fig. 5.2: Temporal evolution of
the potential for the Antarctic
activation of chlorine for background aerosol concentration or for
geoengineering aerosol concentration with small and large particles
(Tilmes et al., 2008).

for non-volcanic times and is described by a lognormal distribution with effective radius
of 0.17 µm and a distribution width of 2.03. The large particle populations has an effective radius of 0.43 µm and 1.25 distribution width. They assumed the sulphate weight
fraction of the aerosol to be 0.75. They showed that the effect on the surface cooling
depends strongly on the size of the particles. Small particles are more efficient scatterer
of shortwave radiation. With 2 Mt/a sulphur emission the doubling of CO2 could not be
compensated with large particles but would be over compensated with small particles.
They further note, that possibly enhanced troposphere-stratosphere transport in a future
climate might require higher amounts of sulphur injections.
The disadvantage of the smaller particles, which lead to stronger surface cooling, is
that they have proportional larger surface area density and hence lead to stronger O3
depletion in the lower stratosphere (Tilmes et al., 2008). Tilmes et al. (2008) studied the
effect on polar O3 due to increased sulphate aerosol concentration, and considered two
kinds of aerosol distributions: small particles with background size distribution based on
Rasch et al. (2008) and injection of 1.5 Tg S per year (which is according to Rasch et al.
(2008) needed for the compensation of CO2 doubling) and larger particles specified by
the observed SAD for 1992 divided by 2. As suggested by Figure 5.2 the potential for the
activation of chlorine in the south polar region due to enhanced heterogeneous reactions
is strongly increased, almost twice as large as for similar injection with larger particles.
Tilmes et al. (2008) conclude that due to geoengineering sulphate aerosols the recovery of
Antarctic ozone hole could be delayed by as much as 15 years if the aerosol particles are
large and 30 years if the particles are small. In the Arctic the variability of the strength
of the polar vortex is larger and only during cold winters significant loss due to enhanced
sulphate aerosols are expected.
So far no micro-physical modelling studies on a continuous injection of sulphur into the
stratosphere exist. An enhanced continuous supply of H2 SO4 could influence the particle
size distribution and lead to radiative and chemical effects other than expected from
extrapolation from volcanic eruptions. Tilmes et al. (2008) showed that even with future
lower halogen concentrations the O3 loss in the polar regions could be significant due to
enhanced heterogeneous processes. However, they did not study dynamical changes in the
stratosphere and the resulting effects on O3 . After volcanic eruptions a strengthening of
the polar vortex is observed (Kodera, 1994), which would further increase polar O3 loss.
The comprehensive analysis of the radiative, chemical and dynamical effects in the
stratosphere with a micro-physical aerosol model and a global chemistry climate model
in the present study makes an important contribution to the general understanding of

5.2. EXPERIMENTAL SETUP AND MODEL DESCRIPTION

scenario
GEO0
GEO1
GEO2
GEO5
GEO10
GEO5nC
GEO5nR
GEO5trans

S input
0
1 Mt/a
2 Mt/a
5 Mt/a
10 Mt/a
5 Mt/a
5 Mt/a
5 Mt/a

special features

no chemical feedback
no radiative feedback
transient circulation
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Table 5.1: Geoengineering scenarios with different annual SO2
emissions (expressed as Mt S/a)
at 20 km at the equator, additionally GEO5trans scenario
with transient dynamical boundary conditions (1978-2004), in
GEO5nC the chemical feedback
of stratospheric aerosol is deactivated in SOCOL and in GEO5nR
the radiative feedback of the
aerosols are deactivated.

geoengineering experiment with injections of sulphur into the lower stratosphere, revealing
several side effects on chemistry and dynamics in the stratosphere that are likely to occur.

5.2

Experimental setup and model description

We designed a set of experiments with different stratospheric sulphur loadings. With the
zonal mean AER 2-D aerosol model (Weisenstein et al., 1997, 1998, 2007) we calculated
aerosol distributions with the injection of 0, 1, 2, 5 and 10 Mt/a sulphur in the lower
tropical stratosphere. For a detailed model description see Section 2.2. The sulphur
was continuously injected in form of SO2 in a box centred at the equator in 20 km
altitude (5◦ S to 5◦ N and 19.4 to 20.6 km). The transport parameters in the model are
prescribed using climatological analyses (Fleming et al., 1999). The experiments where
integrated until steady state was reached (8–10 years). Mt. Pinatubo eruption in 1991
strongly influenced stratospheric dynamics. In order to test the sensitivity to changing
stratospheric transport, an additional sensitivity run with transport parameters changing
transiently from 1978 to 2004 with 5 Mt/a sulphur emission per year has been performed
(named GEO5trans).
Out of the calculated aerosol size distribution the optical properties (as extinction, single scattering albedo and asymmetry factor) are calculated using Mie theory (Mie, 1908).
The H2 SO4 weight fraction is calculated with the AER model and for the temperature,
the same boundary conditions as in the AER model are used. The refraction indices are
taken from laboratory measurements by Biermann et al. (2000).
Zonal mean extinction, single scattering albedo, asymmetry factor and surface area
density serve as input for the global chemistry climate model SOCOLv2.0 (Schraner et al.,
2008). See Section 2.1 for detailed model description. As the zonal transport of aerosols
in the stratosphere is quite fast, the simplification of a constant zonal aerosol forcing is
justified. Time slice experiments with 0 (base), 1, 2, 5, and 10 Mt/a stratospheric sulphur
input per year are discussed in this study (for nomenclature see Table 5.1). Additional
to these simulation with model radiation and chemistry responding to the stratospheric
aerosols, two more sensitivity runs with 5 Mt yearly S emission with either not responding radiation or not responding chemistry are performed (GEO5nR and GEO5nC). The
boundary conditions of the model runs are similar to present day climate: Today’s O3
depleting substances (ODS) and greenhouse gas emissions are taken, which are based on
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scenario

Table 5.2: Lifetime
of SO2 with respect to
reaction with OH in the
tropics
(30◦ S-30◦ N).
Temperature and OH
concentration (annual
and zonal mean) from
SOCOL scenarios.

GEO0
GEO1
GEO2
GEO5
GEO10
GEO0
GEO1
GEO2
GEO5
GEO10

altitude
in hPa
40
40
40
40
40
63
63
63
63
63

temperature
in K
212.9
213.3
213.7
214.4
215.3
197.9
198.7
199.8
202.7
206.3

OH in
pptv
0.43
0.47
0.48
0.51
0.55
0.19
0.21
0.22
0.24
0.26

lifetime
in weeks
5.4
5.0
4.8
4.6
4.2
5.78
5.17
4.95
4.62
4.22

dev. from
base
-8%
-11%
-16%
-22%
-11%
-14%
-20%
-27%

in situ measurements of Climate Monitoring and Diagnostics Laboratory (CMDL)1 . The
sea surface temperatures and sea ice distribution climatology averaged from 1995 to 2004
from Atmospheric Model Intercomparison Project II (AMIP II) serve as further boundary
condition.

5.3

Sulphate aerosol formation

The sulphur is injected into the stratosphere in form of SO2 , which is subsquently oxidised to H2 SO4 (see Section 4.1.1). The limiting reaction step within the reaction chain
of forming H2 SO4 is the reaction of SO2 with a hydroxyl radical (OH) (Reaction 4.5).
This reaction depends on temperature, pressure and OH concentration. For background
conditions at 40 hPa the lifetime of SO2 with regard to reaction with OH is 5.4 weeks
and at 63 hPa 5.78 weeks (see Table 5.2) . If temperature increases due to heating by
stratospheric aerosols, the lifetime of SO2 decreases. On the other hand the enhanced OH
concentrations are influenced as well by SO2 and the later formed sulphur aerosols. First
Reaction 4.5, second the observed O3 loss after volcanic eruptions and third the decrease
in actinic flux lead to a decrease of OH. On the other hand the increase of stratospheric
water vapour (H2 O) due to higher tropopause temperatures, as predicted by the models,
results in increased OH production plus the reduction in active nitrogen leads to decreased
HNO3 production rates and hence less OH is depleted. In the SOCOL simulations the
increased OH production due to enhanced stratospheric H2 O is the dominating process,
as a consequence OH concentration increase with rising formation of sulphate aerosols
(see Table 5.2). These dynamical/chemical feedbacks are not implemented in the AER
model. Hence, the H2 SO4 generation is presumably faster in reality than in the AER
model.
The formed H2 SO4 can either stay in the gas phase, nucleate and form a new aerosol or
condense on a pre-existing aerosol. In the next paragraphs different processes important
for aerosol formation and growth are discussed.

5.3.1

Nucleation and Condensation

The nucleation is a binary homogeneous process where small H2 SO4 /H2 O particles are
formed. These particles subsequently coagulate to form a stable bimodal aerosol size dis1

http://www.cmdl.noaa.gov/ccg and http://www.cmdl.noaa.gov/hats
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tribution. During non-volcanic times the nucleation occurs only in the coldest regions of
the stratosphere, which are the tropical tropopause region and the polar winter stratosphere (Thomason and Peter , 2006, Chapter 1, p.8). The AER model reproduces very
well these nucleation regions (see Figure 5.4 a). After large volcanic eruptions, however,
nucleation occurs as well in other regions where H2 SO4 concentration are especially high,
namely the injection region of the SO2 (Figure 5.4 d).
The growth rate of an individual aerosol droplet due to condensation of H2 SO4 can be
approximated by following formula (adapted from Seinfeld and Pandis, 1998, p.801):
dN
= 4πD ′ r(n∞ − neq ),
dt
D
,
D′ =
1 + 4D
rv

(5.2)
(5.3)

where N is the number of H2 SO4 molecules in the aerosol droplet. Hence, the change in
the number of H2 SO4 molecules in the droplet is proportional to the diffusivity of H2 SO4
in air, the particle radius r and the gradient of H2 SO4 in the ambient air and close to the
particle (n∞ − neq ). Here, n∞ is the number density of H2 SO4 far from the particle (in
cm−3 ) and neq (=nvap
H2 SO4 ) is the equilibrium number density of H2 SO4 directly above the
′
droplet surface. D is the modified diffusion coefficient (in cm2 /s). For big particles D ′ is
approximately equal to the normal diffusion coefficient of H2 SO4 in air (D) but for small
particles the thermal velocity and the size of the particle influence D ′ , the continuum
regime. Conversely, when particles are smaller than the mean free path for molecular
collisions in air, the second term in the denominator of Equation 5.2 dominates. The
mean thermal velocity can be calculated as follows:
r
8kT
v̄ =
,
(5.4)
πm
with k the Boltzmann constant (1.38·10−23JK−1 ) and m the mass of the diffusing molecule.
The diffusion coefficient of water in air (for temperatures between -40 and 40◦ C) can be
calculated as following:
 1.94  
cm2 T
p0
DH2 O ≈ 0.2
,
(5.5)
s
T0
p
with p0 = 1013.25 hPa and T0 = 273.14 K. For typical conditions at 20 km at the equator
(T =205 K, p=50 hPa) D is equal to 2.5 cm2 /s. The diffusion coefficient of H2 SO4 can be
estimated from DH2 O , weighted by the molecular mass of H2 SO4 (mH2 SO4 ):
r
mH2 O
cm2
DH2 SO4 ≈ DH2 O ·
≈1
.
(5.6)
mH2 SO4
s
The depletion of H2 SO4 molecules in the air is directly linked with the growth of the
particles:

dn∞
dN
= −np
= 4πnp D ′ r(n∞ − neq ),
(5.7)
dt
dt
where np is the number density of sulphate aerosol particles (cm−3 ). With the assumption
that neq is constant with time, the characteristic time scale for the H2 SO4 concentration
to relax from super-saturation to equilibrium concentration (neq ) is:
τ=

1
.
4 · π · D ′ · r · np

(5.8)
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aerosol
population
mode
nucleation
background
volcanic
extra large

radius
(µm)

D′
(cm2 /s)

0.0007
0.07
0.4
1

3.5 · 10−4
0.034
0.17
0.34

number
density
(cm−3 )
104
10
10
1

lifetime

4 days
9 hours
20 min
40 min

Table 5.3:
Characteristic time scale of
condensation of H2 SO4
relaxing to equilibrium
concentration in presence of aqueous sulphuric acid aerosols, for
temperature of 205 K
at 50 hPa altitude. D ′
is the modified diffusion
coefficient of H2 SO4 .

In volcanically quiescent periods the background aerosol distribution can be described fairly well with a unimodal log-normal distribution with typical mode radius
r1 ∼0.07 µm and number density N1 ∼10 cm−3 , this mode is called the background
mode (Thomason and Peter , 2006, Chapter 1, p.7). Shortly after the SO2 injection into
the stratosphere, there are two main aerosol size distribution modes: the background
mode and the nucleation mode. The nucleation mode is well represented by mode radius
of r2 ∼0.0007 µm and N2 ∼104 cm−3 . The condensation on larger particles is much faster,
than on smaller particles, due to the larger surface density of the background particles.
According to Equation 5.8 H2 SO4 needs about 0.3 days to condense on the background
aerosol, but 4 days to condense on freshly formed aerosols (see Table 5.3). After some
time, when particles grew to a typical post-eruptive size, for instance to 0.4 µm with 10
particles per cm3 , condensation becomes very fast. Already after 20 minutes the supersaturation of H2 SO4 relaxes to equilibrium concentration due to condensation on the 0.4 µm
aerosol particles.

5.3.2

Coagulation

Aerosol particles in the atmosphere may collide due to their Brownian motion and form
together a new bigger particle, they coagulate. The coagulation rate is highest, when
particles with large difference in size meet. This is the case for the geoengineering situation, because the very small population contributes the mobility required for efficient
coagulation, whereas the very large population contributes the target surface for collision.
Let us consider again two particle popuations: the nucleation and the background mode.
The radius of the freshly produced aerosols due to SO2 injections (nucleation mode) is a
factor 100 smaller than the background aerosol radius.
The depletion of particles in the nucleation mode, N2 , due to thermal coagulation on
particles in the background mode, N1 , can be described as follows (Seinfeld and Pandis,
1998, p.662):
1
dN2
= −(K12 N1 + K22 N2 )N2 = − N2 .
dt
τ

(5.9)

Typical values for the coagulation coefficients are K12 ∼10−6 cm3 s−1 and K22 ∼10−9
cm3 s−1 (Seinfeld and Pandis, 1998, Figure 12.5, p.662). Hence the typical time scale for
the coagulation of these aerosol particles is:
τ=

1
1
≈
≈ 0.5 d. (5.10)
−1
−1
3
K12 N1 + K22 N2
10−6 cm s · 10cm−3 + 10−9cm3 s · 104 cm−3
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In 0.5 days 104 cm−3 aerosols with r2 = 0.0007 µm coagulate with 10 cm−3 aerosol with
r1 =0.07 µm (or with themselves, but in that case eventually also ending up in the large
mode). With this process it takes 500 days for a aerosol particle with radius r1 =0.1 µm
to double its volume and 3·104 days to grow to a particle with 0.4 µm radius.

5.3.3

Transport and sedimentation

The aerosols are transported along with the Brewer-Dobson circulation (Brewer, 1949;
Dobson, 1956). A large fraction of the sulphate aerosol mass is trapped in the tropical
region and is eventually transported through the leaks of the tropical pipe to the midlatitudes (Plumb, 1996). The resulting transport to the extra-tropics is clearly visible in
observations and model studies (Hamill et al., 1997). If the aerosol rises to the upper
stratosphere the aerosol experience shrinking and evaporation close to 35 km. When the
air subsides again near the winter poles, temperature drops and due to nucleation new
particles are formed and condensation lets the particle size increase. Particles that exist
for a long time period may grow large enough to sediment to the tropopause and reach
eventually the troposphere. The main removal process of sulphate aerosols in the atmosphere is the washout in the troposphere. According to Hamill et al. (1997) about 1/4
of the stratospheric aerosols are removed in the polar vortices due to downward motion
and transport to the troposphere, the remaining 3/4 are mainly removed by downward
motion in the midlatitudes.
During volcanically quiescent times the removal of sulphate due to sedimentation of
stratospheric aerosols is a very slow process, because of the small aerosol size. However,
during times with high stratospheric sulphate concentrations particles are larger and sedimentation becomes more important.
If the vertical updraft of an air mass is smaller than the settling velocity of a particle
contained in the air, the particle loses height. The movement of a particle relative to
the air mass is influenced by the gravitational force and the drag force introduced by the
ambient air. We assume that the inertial forces on a single aerosol are smaller than the
viscous forces (Reynolds Number Re ≤ 0.1). Hence the terminal settling velocity of a
spherical particle can be calculated according to Stokes’ Law (Seinfeld and Pandis, 1998,
p.466):

v=

2ρp gr 2Cc
9µ

(5.11)

with ρp the mass density of sulphate aerosol, g the gravitational acceleration, µ the viscosity of the air (in kg m−1 s−1 ). Cc is the slip correction factor, which has to be applied
when the particle diameter is in the same range as the mean free path, for a particle
with 1 µm radius Cc can be approximated with 1. Hence for 1 µm sulphate aerosol particle in the lower stratosphere with a typical density of 1600 kg/m3 (T = 204 K, hence
µ = 1.36 · 10−5 kg m−1 s−1 ) the terminal settling velocity is:
v≈

2 · 1600kg/m3 · 8.91m/s2 · (10−6 m)2
≈ 0.9m/h,
9 · 1.36 · 10−5 Pa/s

(5.12)

and scales roughly with the square of the particle radius. For a particle with 0.5 µm the
sedimentation velocity is 0.2 m/h. The annual mean updraft in the AER of the climatology
of dynamical fields at 20 km is about 0.01 cm/s or 0.4 m/h. However, in 1992 the updraft
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(a)

(b)

GEO0
GEO1
GEO2
GEO5
GEO10
PIN10

(c)

GEO0
GEO1
GEO2
GEO5
GEO10
PIN10

GEO0
GEO1
GEO2
GEO5
GEO10
PIN10

Fig. 5.3: Monthly mean differential number density dN/dlogr in cm−3 for 0, 1, 2, 5 and 10
Mt/a sulphur injection into the lower stratosphere in January after reaching equilibrium (GEO0GEO10), and monthly mean aerosol size distribution in January 1992 for PIN10 at 39, 55 and
90 hPa at the equator.

at 20 km ranged between 0.01 and 0.04 cm/s (0.4–1 m/h). Hence particles with 1 µm
radius sediment faster than the upwelling and depending on the dynamical conditions
even particles with 0.5 µm can lose height. However, near the tropical tropopause the
updraft is higher and as a consequence the particle could be trapped there. In 1992 the
updraft at 100 hPa ranged between 0.01 and 0.04 m/s (0.4–1.4 m/h).

5.4

Size distribution of stratospheric aerosols after
sulphur injections

The geoengineering case differs mostly from the volcanic case due to the continuous emission of sulphur rather than one single sulphur injection by a volcanic eruption. Therefore
with the same amount of sulphur in the stratosphere a different size distribution is expected.
For the background concentration of stratospheric aerosols (GEO0) AER model calculates in the lower tropical stratosphere a lognormal shaped distribution with mode radius
between 0.03–0.05 µm and 10 particles per cm3 (see Figure 5.3). With increasing emission of SO2 the distribution loses its unimodal lognormal distribution. The more SO2 is
emitted the larger the mode radius. For smaller SO2 injections the nucleation mode is
more pronounced, the number density of particles in the nucleation mode at 55 hPa at the
equator of GEO1 is 3 orders of magnitude larger than of GEO10. For moderate SO2 injections nucleation mode is still well elaborated, however, as soon as there are large amounts
of SO2 the nucleation mode is much smaller. This could be caused be two processes: the
freshly built H2 SO4 is directly condensed on large aerosols and/or the nucleation mode is
strongly depleted because of fast coagulation with large particles. As a consequence the
aerosol particle grow much faster the more SO2 is injected.
In Chapter 4 AER simulations of the Mt. Pinatubo eruption in 1991 are discussed, here
we compare the geoengineering scenarios with a the particular Pinatubo scenario, where in
June 1991 10 Mt sulphur is injected to the lower stratosphere (see Section 4.2.3: scenario
PIN10). If all SO2 is emitted at the same time the nucleation mode in the injection region
is only important in the beginning. Afterwards nucleation occurs only in the background
nucleation regions, the tropical tropopause and the polar vortex region. In Figure 5.3
the size distribution of the geoengineering scenarios and PIN10 in January is compared.
PIN10 has in January 1992 more sulphur in the stratosphere than any geoengineering

5.5. SULPHUR IN THE CONDENSED PHASE

67

(a)

(b)

(c)

(d)

(e)

(f)

Fig. 5.4: Monthly mean aerosol concentration in particles per cm3 for 0, 1, 2, 5 and 10 Mt/a
sulphur injection into the lower stratosphere at the equator in January. a) GEO0 for all aerosols
with all radii (contour lines: 0.5, 1, 5, 10, 50, 100, 1000 cm−3 ), b) GEO1 for aerosol with radius
larger than 1 µm (contour lines: 0.001, 0.01, 0.1, 0.5, 1 cm−3 ), c) GEO2 (r>1 µm), d) GEO5
all r, e) GEO5 (r>1 µm) and f) GEO10 (r>1 µm).

scenario (see Section 5.5). However, the mode radius of PIN10 in the tropical lower
stratosphere is lower than for GEO5 of GEO10. Hence the continuous injection of SO2
supports the formation of large particles, especially in the injection region.
The concentration of large particles is enhanced in the injection region and below.
In Figure 5.4 the number density of particles with larger radius than 1 µm is shown.
Near and below the injection region GEO10 has roughly 1 particle per cm3 and GEO5
has roughly 0.5 particle per cm3 with radius larger than 1 µm (Figure 5.4 e,f). The fact
that the region below the injection region is enriched by large particles illustrates the
sedimentation of the particles. Below 20 km, down to the tropopause, the concentration
of large aerosol particles is enhanced in all simulations.

5.5

Sulphur in the condensed phase

The non-linear growth of the sulphate aerosol with increasing SO2 concentration and the
resulting sedimentation of the large aerosol particles leads to strong depletion of the sulphate. Figure 5.5 shows the amount of sulphur in the condensed phase after the simulation
reached equilibrium. Of the yearly emitted 10 Mt S in scenario GEO10 only roughly 6 Mt
S stay in the atmosphere (40% depletion of S). In contrast for smaller SO2 injections the
S is accumulated in the atmosphere. For example with a yearly emission of 1 Mt S in
equilibrium 1.4 Mt S are in the stratosphere, because the lifetime for stratospheric aerosol
removal is longer than one year. For GEO2 the removal of sulphate aerosol has the same
magnitude as the sulphate aerosol formation. The loss in GEO10 and GEO5 is strong
compared to PIN10, which 6 months after the injection of 10 Mt S still contained 8 Mt S
in the atmosphere.
The dynamic boundary conditions influence the amount of S staying in the atmosphere.
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Fig. 5.5: Total amount of atmospheric sulphate in condensed phase.
Y-axis is the yearly injected sulphur in the stratosphere (0, 1, 2, 5
and 10 Mt/a; GEO0-GEO10) and
X-axis is the total amount of sulphur in sulphate aerosols. Straight
line shows values, if all injected
sulphur would be incorporated into
the aerosols (background=0.1 Mt S).
Grey plus signs show annual mean
sulphur mass for AER runs with dynamical boundary conditions from
1978 to 2004 (AER5trans).

scenario
GEO1
GEO2
GEO5
GEO10
Robock08∗
(2.5 Mt/a)
Robock08∗
(5 Mt/a)

clear-sky SW flux
change (W/m2 )
-0.78 ± 0.10
-1.16 ± 0.11
-1.81 ± 0.09
-2.67 ± 0.11

all-sky SW flux
change (W/m2 )
-0.37 ± 0.42
-0.78 ± 0.38
-1.06 ± 0.31
-1.68 ± 0.42
-1.8
-3.6

Table 5.4: Change in global net
SW flux at the surface due to geoengineering in comparison with
GEO0. Caluclated by SOCOL
for clear-sky and all-sky conditions.
Additionally listed are
SW downward flux changes due
to geoengineering as proposed by
Robock et al. (2008)∗ .

This is shown by scenario GEO5trans, the total amount of S changing dynamical boundary
conditions (grey plus signs in Figure 5.5). GEO5, with circulation like in 1992, has the
largest S mass (condensed in aerosols) compared to the different years of GEO5trans. This
comes most likely from the enhanced updraft in the tropics in 1992, as a consequence the
particles do not sediment so fast down to the troposphere.

5.6

Radiative Forcing due to geoengineering

In Figure 5.6 the annual zonal mean net surface clear-sky SW flux changes calculated by
SOCOL are shown for the different geoengineering scenarios. The largest changes occur
in the tropics as the largest part of the aerosol mass is located in this region. The global
mean clear-sky SW flux change by GEO2 (with respect to GEO0) is -1.2 W/m2 which is
in the same range as todays RF due to direct and indirect aerosol effects (Forster et al.,
2007). GEO5 (GEO10) leads to a global mean clear-sky SW flux change of -1.8 W/m2
(-2.7 W/m2 ). Mainly due to the non-linear loss by gravitational sedimentation with increasing S loading, the SW flux change does not increase linearly with S injection.
In the presence of clouds the SW flux change (all-sky) is smaller than for clear-sky
condition (Table 5.4). GEO10 shows a net all-sky SW flux change of 1.7±0.4 W/m2 compared to GEO0. This flux is approximately equal to the radiative forcing introduced by
geoengineering (when changes in the LW budget are neglected). Assuming a climate sen-
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Fig. 5.6: Annual global mean shortwave (SW) flux at the Earth’s surface (all sky) due to geoengineering scenarios GEO1, GEO2, GEO5,
GEO10.

sitivity of 0.4-0.6 K W/m2 (Boer et al., 2007) the global mean temperature would decrease
by -(0.2-1.2 K).
Robock et al. (2008) calculated a linear increase in SW flux change with increasing S
injections: according to their simulation a 2.5 Mt/a S injection yields a global reduction
of downward SW radiation at the surface of -1.8 W/m2 . They assume an effective radius
of 0.30-0.35 µm (which is most probably underestimated) and therefore the gravitational
loss is very small.
Changes in stratospheric H2 O and O3 also influence the temperature change at the
surface. With increasing S injections stratospheric H2 O increases, leading to an increased
positive LW radiative forcing at the surface. The stratospheric H2 O in GEO10 increases
by roughly 1.5 ppmv (Figure 5.8). Forster and Shine (2002) showed that an increase of
1 ppmv H2 O above 10 hPa leads to RF of 0.3 W/m2 , which means that the cooling achieved
by the increased albedo is reduced significantly. However, the loss in stratospheric O3 at
the same time decreases the greenhouse gas forcing. Detailed radiative forcing calculation
are beyond the scope of this thesis and should be addressed in the future.

5.7

Radiative Heating due to aerosols: effect on the
tropical tropopause

The most pronounced heating by the aerosol is located at 20 km, the altitude of the
injection. The heating is possibly overestimated due model deficiencies or unsatisfying
description of the boundary conditions in the AER model and SOCOL (as discussed in
Chapter 2, 3 and 4). Therefore, the following discussions (for example the heating of
the tropopause) represent sensibility tests and do most likely overestimate the absolute
effect. However, there is an almost linear relation ship between aerosol extinction and
temperature effect. With the range of different sulphur emission scenarios a broad range
of possible effects can be covered.
All AER scenarios show an increased level of stratospheric aerosols near the tropical tropopause due to injection of SO2 at 20 km. This results in heating of the tropical tropopause region, mainly due to absorption of longwave radiation. The tropical
tropopause region is one of the coldest region in troposphere and stratosphere, and is
often defined by the location of the coldest point in the vertical temperature profile. The
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a) ann (60°S-90°S)

b) ann (30°N-30°N)

c) ann (60°N-90°N)

temperature (K)

temperature (K)

d) ann (90°S-90°N)

GEO1
GEO2
GEO5
GEO10
GEO5nR
GEO5nC

temperature (K)

temperature (K)

Fig. 5.7: Annual zonal mean temperature changes in a) south polar region (60◦ -90◦ S), b)
tropics (30◦ S-30◦ N) c) north polar region (60◦ -90◦ N) and d) global mean. Plus sign indicate
significant differences from GEO0 on the 95 confidence interval (using t-test).

air in the tropical tropopause region is consequently especially dry. Tropospheric air enters the stratosphere in the tropics (Holton et al., 1995). Due to the cold and dry tropical
tropopause and only little water vapour is transported to the stratosphere. The water
vapour mixing ratio at the tropical tropopause is called the water vapour entry mixing
ratio [H2 O]e (e.g. Fueglistaler and Haynes, 2005). This transport from the troposphere
and the oxidation of CH4 are the main water vapour sources of the stratosphere.
The more sulphate aerosol are present in the tropical tropopause region, the larger is
the resulting heating. The tropopause in GEO10 is 2.8 K warmer than in the base run
(GEO0) (see Figure 5.8). With half the mass of SO2 emission (GEO5) the temperature
rise at the tropopause is less then half as high, namely 1.3 K. With the same amount of
SO2 injection, but without chemical feedback of the aerosols (GEO5nC), the temperature
increase would be 0.4 K larger than for GEO5. Because in scenario GEO5 the O3 decrease,
due to enhanced heterogeneous reactions, cools the tropical tropopause. Therefore the
cold point temperature for GEO5nR is 0.3 K lower than for the base run.
Based on numerical fit on laboratory measurements the water vapour pressure of ice
(in Pa) for temperatures at the tropical tropopause (T in >110 K ) can be calculated as
follows (Murphy and Koop, 2005):
pice = e9.550426−

5723.265
+3.53068ln(T )−0.00728332·T
T

(5.13)

This relation ship between temperature and water vapour defines [H2 O]e . For GEO5
[H2 O]e increases by 0.7 ppmv and for GEO10 [H2 O]e increases by 1.5 ppmv. Hence for each
K temperature increase the stratospheric water vapour increases by roughly 0.5 ppmv. As
the stratospheric H2 O concentrations depends on minimum temperature in the profile the
annual mean H2 O concentration interpolated at 90 hPa are smaller than the corresponding
temperatures at this altitude would suggest.
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Temperature and water vapour at 90 hPa, EQ

Fig. 5.8: Heating of the tropical
tropopause and resulting increase in
stratospheric water vapour due to
injections of sulphur in the lower
stratosphere. X-axis is the cold
point temperature at the tropical
tropopauseand the y-axis is the water vapour concentration at 90 hPa.

5.8

Chemical response due to stratospheric aerosol
increase

All geoengineering scenarios lead to reduction of the total O3 column (see Figure 5.9 and
Table 5.5). For GEO10 the annual global mean decrease in total O3 column is 5.3% and
for GEO5 4.5%. The most pronounced depletion occurs at the equator and at the North
and South Pole. In GEO5 5% of the total O3 column near the equator is depleted, about
3% are consequence of the lower stratospheric warming (GEO5nC) and 2% are due to
enhanced heterogeneous reactions on sulphate aerosols. In the polar region the natural
variability of O3 concentration is large (see Figure 5.9 b) and heterogeneous reactions
become even more important.
In order to understand the chemical response due to sulphate aerosol increase, changes
in the heterogeneous chemistry and the resulting halogen, nitrate and hydrogen catalysed
O3 destruction cycles must be analysed.
(a)

(b)
total ozone column change in % (1000 hPa)

total ozone column change in DU (1000 hPa)

Fig. 5.9: Change in annual zonal mean total O3 column (TOTOZ) due to injection of SO2
in the lower stratosphere. a) TOTOZ change in percent, dotted line is the global mean. b)
TOTOZ change in dobson units, dashed lines are the standard deviation.
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scenario
GEO1
GEO2
GEO5
GEO10
GEO5nR
GEO5nC

5.8.1

TOTOZ change in %
-2.3
-3.1
-4.5
-5.3
-3.2
-1.0

in DU
-6.9
-9.4
-13.5
-15.9
-9.7
-2.9

Table 5.5: Global mean total
O3 column change due to sulphur
injections into the lower stratosphere.

Changes in the heterogeneous chemistry

Heterogeneous reaction take place on surfaces or inside small particles, like sulphate
aerosols or polar stratospheric clouds (PSCs). The heterogeneous reactions are normally
much faster than homogeneous reactions. Therefore in regions with high concentration
of PSCs (e.g. in the polar vortex) or sulphate aerosols (e.g. after volcanic eruptions)
the heterogeneous reaction play a highly important role and can not be neglected
(Solomon et al., 1986). In the polar region the PSC concentration increased significantly
for GEO2, GEO5 and GEO10. For GEO10 the PSC concentration increased by 10–100%.
However, especially near the North Pole the natural variability is large. On PSCs several
heterogeneous reaction lead to conversion of stable species (so called reservoir species) to
reactive species, which eventually drive O3 destruction.
These reactive species are halogens, nitrates and hydrogens and are usually summed
up in families, for instance the reactive nitrates form the NOx family:
[NOx ] = [NO] + [NO2 ].

(5.14)

For the stratosphere the reactive nitrates are often defined as:
[NOz ] = [N] + [NO] + [NO2 ] + [NO3 ] + 2[N2 O5 ] + [HNO4 ].

(5.15)

The HOx family includes all reactive hydrogen (odd hydrogens):
[HOx ] = [H] + [OH] + [HO2 ].

(5.16)

The family of reactive chlorines, the ClOx family, is defined as:
[ClOx ] = [Cl] + [ClO] + [HOCl] + 2[Cl2 ] + 2[Cl2 O2 ] + [BrCl].

(5.17)

Besides the chlorines, the bromines are other halogens relevant for O3 destruction. The
reactive bromines are included in the BrOx family:
[BrOx ] = [Br] + [BrO] + [HOBr] + [BrCl].

(5.18)

All these reactive family members can be involved in O3 destroying processes. The main
destruction cycles are described and analysed in the following Section 5.8.2. The O3
destruction cycles can be stopped, if the reactive species mentioned above react with each
other and build the so called reservoir species. The most important reservoir species are
formed by following termolecular reactions:
ClO + NO2 + M → ClONO2 + M
BrO + NO2 + M → BrONO2 + M
OH + NO2 + M → HNO3 + M
NO2 + NO3 + M → N2 O5 + M

(5.19)
(5.20)
(5.21)
(5.22)
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d)

GEO1
GEO2
GEO5
GEO10
GEO5nR
GEO5nC
-1.5 -1 -0.5 0 0.5 1. 1.5
NOx (ppbv)

HOx (pptv)

ClOx (pptv)

BrOx (pptv)

Fig. 5.10: Annual zonal mean changes in HOx , NOx , ClOx and BrOx in the tropics (30◦ S-30◦ N)
with respect to GEO0.
a) SON (60°S-90°S)

b) ann (30°N-30°N)

c) JFM (60°N-90°N)

d) ann (90°S-90°N)

GEO1
GEO2
GEO5
GEO10
GEO5nR
GEO5nC

O3 (ppmv)

O3 (ppmv)

O3 (ppmv)

O3 (ppmv)

Fig. 5.11: Zonal mean O3 changes with respect to GEO0 a) in south polar region (60◦ -90◦ S)
from September to November, b) in tropics (30◦ S-30◦ N) as annual mean, c) in north polar region
(60◦ -90◦ N) for January to March and d) as annual global mean.

The building of these reservoir species stops the catalytic O3 destruction. However,
on particle surfaces the reservoir species can react much faster than in the gas phase, and
reform reactive species. Following reaction take place on PSCs and aerosol:

ClONO2 (g) + HCl(s) → Cl2 (g) + HNO3 (s)

HET

(5.23)

ClONO2 (g) + H2 O(s) → HOCl(g) + HNO3 (s)

HET

(5.24)

HOCl(g) + HCl(s) → Cl2 (g) + H2 O(s)

HET

(5.25)
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BrONO2 (g) + HCl(s) → BrCl(g) + HNO3 (s)

HET

(5.26)

BrONO2 (g) + H2 O(s) → HOBr(g) + HNO3 (s)

HET

(5.27)

HET

HOBr(g) + HCl(s) → BrCl(g) + H2 O(s)

(5.28)

The effect of these reaction is the conversion of stable halogen reservoir species ClONO2 ,
HCl and BrONO2 into less stable species Cl2 , HOCl, HOBr and BrCl, which can be easily
photolysed. Another effect is the conversion of ClONO2 to HNO3 . HNO3 is dissolved in
the PSC particle and is only freed when the particle evaporates. This leads to a depletion
of reactive nitrogen, called denoxification. If the PSC particles grow large enough to
sediment, the nitrogen dissolved in the particle is irreversibly lost to lower layers, possibly
the troposphere. This process is called denitrification. Hence the increase of PSCs leads
to reduction of NOx and to increase of ClOx and BrOx .
Another heterogeneous reaction, the N2 O5 hydrolysis, takes place on sulphate aerosol
particles:
HET

N2 O5 (g) + H2 O(s) → 2HNO3 (s)

(5.1)

This reaction leads like the Reaction 5.23, 5.24, 5.26 and 5.27 to denoxification and possibly denitrification. Consequently the ClOx and BrOx cycle get more powerful, because the
formation of the reservoir species ClONO2 and BrONO2 is reduced (Reaction 5.19, 5.20).
In Figure 5.10 the reduction in NOx and the increase in ClOx and BrOx in the tropics is
shown. HOx concentration increase in the whole atmosphere, due to temperature increase
at the tropical tropopause (Section 5.7).

5.8.2

Changes in the O3 destruction cycles

In Figure 5.11 the zonal mean O3 concentration in the tropics, in the polar regions and
as global mean is shown. In the tropics the most pronounced O3 loss occurs between 20
and 28 km altitude.
At this altitude the catalytic destruction cycles involving ClOx are most important
(e.g. Brasseur and Solomon, 2005, p.416). Near 20 km the following cycle the ClOx /HOx
cycle is especially important:
ClOx cycle 1 (Brasseur and Solomon, 2005, p.405):
Cl + O3 → ClO + O2

(5.29)

d

33
ClO + HO2 →
HOCl + O2
HOCl + hν → OH + Cl

a6

OH + O3 → HO2 + O2

(λ < 370 nm)

(5.30)
(5.31)
(5.32)

Net: 2 O3 + hν → 3 O2
The rate limiting reaction within this cycle is Reaction5.30. For GEO5 this reaction
increased for some regions by more than 300% and at 22 km by about 100%. This can
be explained by increase in ClOx and HOx concentration in the lower stratosphere.
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Another important O3 destruction cycle is ClOx cycle 2 (Stolarski and Cicerone,
1974; Molina and Rowland , 1974):
Cl + O3 → ClO + O2
d3

ClO + O → Cl + O2

(5.33)
(5.34)

Net: O3 + O → 2 O2
The ClOx cycle 2 is enhanced from 10 to 30 km altitude. However, this cycle is most
effective in the upper stratosphere and there the ClOx concentrations are reduced, as a
consequence the cycle is less effective in the upper stratosphere. Above 35 km approximately the ClOx concentrations are reduced due to enhanced reaction with HOx and
building of the reservoir species HCl:
Cl + HO2 → HCl + O2
Cl + H2 O2 → HCl + HO2
ClO + OH → HCl + O2

(5.35)
(5.36)
(5.37)

Reaction 5.37 has a stronger efficiency (93–95%) to form Cl with the other possible reaction channel:
ClO + OH → Cl + HO2
(5.38)
There are two other important ClOx cycles involving reactions with ClO:
ClOx cycle 3 (Molina and Molina, 1987):
2 (Cl + O3 → ClO + O2 )
ClO + ClO + M → Cl2 O2 + M
JCl

O

2 2
2 Cl + O2
Cl2 O2 + hν →

(5.33)
(5.39)
(5.40)

Net: 2 O3 + hν → 3 O2
ClOx cycle 4:
2 (Cl + O3 → ClO + O2 )
d48

ClO + ClO → Cl2 + O2
Cl2 + hν → 2 Cl

(5.33)
(5.41)
(5.42)

Net: 2 O3 + hν → 3 O2
These two ClOx cycles are normally most important in the region where PSCs occur.
Because in these regions the ClO concentrations are high due to heterogeneous reactions
and subsequent photolysis of HOCl (Section 5.8.1). But, because of the increased stratospheric aerosols in the whole lower stratosphere these cycles become important in other
regions as well. The rate limiting reaction in ClOx cycle 3 is Reaction 5.40, between 10
and 25 km its turnover and hence the destruction of O3 more than doubled for GEO5.
The same is true for ClOx cycle 4 with the rate limiting Reaction 5.41. ClOx cycle 3 and
4 contribute to the additional O3 loss in the polar region.
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The HOx concentration in the whole stratosphere increased and therefore all HOx
catalysed O3 destruction cycle increased. HOx catalysed O3 destruction is important
above 45 km and below 20 km. For the destruction in the upper atmosphere two cycles
are responsible:
HOx cycle 1 (Nicolet, 1970):
a

(5.43)
(5.44)

a

(5.45)

OH + O →5 H + O2
H + O2 + M → HO2 + M
HO2 + O →7 OH + O2

Net: 2 O → O2
HOx cycle 2:
a

(5.43)

a2

(5.46)

OH + O →5 H + O2

H + O3 → OH + O2

Net: O3 + O → 2 O2
HOx cycle 2 is the more important one. The increased O3 destruction due to these
two cycles leads to O3 decrease above 45 km (Figure 5.11). Below 30 km HOx cycle 3
becomes important:
a

(5.32)

a6b

(5.47)

OH + O3 →6 O2 + HO2

HO2 + O3 → 2O2 + OH
Net: 2 O3 → 3 O2

The most important BrOx destruction cycles are like ClOx cycle 3 and 4 most active
in regions with a large concentration of surfaces for heterogeneous reactions.
BrOx cycle 1:
2 (Br + O3 → BrO + O2 )

(5.48)

e6

BrO + BrO → 2 Br + O2

(5.49)

Net: 2 O3 → 3 O2
The concentrations of BrO are very small, however, the BrOx cycles are highly effective
in destroying O3 . The rate limiting reaction of BrOx cycle 1 is Reaction 5.49. In the polar
regions this reaction was 50% faster for GEO5 than for GEO0. In the tropics, where this
reaction is less important, the reaction is 10–20% faster. More important than BrOx cycle
1 is the BrOx /ClOx cycle:
Br + O3 → BrO + O2
Cl + O3 → ClO + O2

(5.48)
(5.29)

e

5c
BrCl + O2
BrO + ClO →
BrCl + hν → Br + Cl

Net: 2 O3 + hν → 3 O2

(λ < 540 nm)

(5.50)
(5.51)
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This reaction cycle contributes to the O3 hole generation. In the south polar lower stratosphere the BrOx /ClOx cycle can contribute more the 50% of the O3 loss. Enhanced level
of stratospheric aerosol lead to pronounced increase of this reaction cycle. In the tropics
this destruction cycle becomes important, which is not usual for non-volcanic times. And
in the region with high concentrations of PSCs (polar vortex) the destruction rate more
than doubles for GEO5. The BrOx /ClOx cycle contributes together with the HOx
cycle to most of the O3 loss in the lower stratosphere.
In the upper stratosphere there is another BrOx cycle, but its contribution to the
total O3 destruction is marginal (Brasseur and Solomon, 2005):
BrOx cycle 2:
Br + O3 → BrO + O2
e

3
Br + O2
BrO + O →

(5.48)
(5.52)

Net: O3 + O → 2 O2
Due to denoxification and denitrification the NOx catalysed O3 destruction cycles are
weakened. The most important NOx cycle was described by Crutzen (1970):
NOx cycle 1:
NO + O3 → NO2 + O2

(5.53)

3
NO2 + O →
NO + O2

(5.54)

b

Net: O3 + O → 2 O2
NOx cycle 1 is responsible for 50% of the O3 destruction from 30–40 km altitude
(Brasseur and Solomon, 2005, p.416). In GEO5 the turnover of NOx cycle 1 decreased
by 10–50%. Consequently in the middle stratosphere O3 increases. Another NOx cycle is
active in the lower stratosphere:
NOx cycle 2:
NO + O3 → NO2 + O2
NO2 + O3 → NO3 + O2
JNO

b

NO3 + hν →3 NO + O2

(5.53)
(5.55)
(5.56)

Net: 2 O3 + hν → 3 O2
NOx cycle 2 is like NOx cycle 1 reduced by 10–60% (GEO5). However, NOx cycle 2
only contributes 10–20% to the O3 destruction in the lower stratosphere. As a consequence
the increase of O3 due to the slow down of NOx cycle 2 is over compensated by increased
HOx , ClOx and BrOx cycles.
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Dynamical Response: changes of the zonal wind
structure

The O3 distribution in the stratosphere is not only influenced by chemical processes but
also by dynamical processes. For instance the Brewer-Dobson circulation leads to transport of O3 rich air from the tropics towards the poles, whereby the transport to the winter
pole is most important (Brewer, 1949; Dobson, 1956). And the Polar Night Jet (characterised by a steep gradient in temperature and zonal wind, positioned near the winter pole)
acts as a barrier for the transport from midlatitudes to the poles (Guenther and Dameris,
1995).
In the stratosphere the zonal wind is strongly linked with the latitudinal temperature
gradient:
δug
R δT
f
=−
(5.57)
δz
H δy
with f the vertical component of the earth rotation, ug the geostrophic zonal wind, T the
temperature, R the ideal gas constant for air (8.31 JK−1 mol−1 ) and H the scale height.
Hence a meridional temperature gradient enforces a vertical shear in the geostrophic zonal
wind field. From Equation 5.57 follows that the larger the temperature gradient is, the
stronger the vertical shear of the geostrophic wind and the faster the zonal wind get. On
the summer hemisphere the positive temperature gradient leads to easterly flow and in the
winter hemisphere the negative temperature gradient leads to westerly flow. Many modelling studies showed an intensification of the polar vortex after large volcanic eruptions
(Stenchikov et al., 1998; Graf et al., 1993, 1995; Ottera, 2008; Ramaswamy et al., 1996).
They explain the intensification by a more pronounced heating of the tropics, which leads
to a stronger temperature gradient.
The strong heating of the lower stratosphere happens in all geoengineering scenarios
and for the high emission scenarios is even much more pronounced than ever measured
in reality. Hence in all scenarios the meridional temperature gradient in the lower stratosphere increases and consequently the zonal wind increases near the winter pole. The
temperature gradient is even more increased due to O3 loss near the winter poles due to
heterogeneous reactions. However, at higher altitudes the zonal wind in the polar vortex
region is rather decreased due to geoengineering. For instance above 40 hPa in JFM near
the North Pole and in APJ (and partly JAS) between 20 and 50◦ S (Figure 5.14 e, f, g).
As well the easterlies in the summer hemisphere in the upper and middle stratosphere are
decelerated. This is due to the decreased temperature gradient in the middle stratosphere,
because the polar regions above 30 km are warming (Figure 5.13).
In the north polar region the natural variability of the strength of the polar vortex
is much higher than in the south polar region. This leads to higher variability in the O3
concentrations as well (see Figure 5.12). For three of 15 springs the O3 concentration at
150 hPa in the north polar region for scenario GEO10 decreased by factor 2 with respect
to the base run. In the same period GEO5 shows as well two negative excursion. The
preceding winters showed especially strong polar vortices with cold temperatures and
strong zonal winds. Year 17 of GEO5nC was the year with the strongest north polar
vortex, leading to especially cold temperatures within the vortex. However, as the heterogeneous chemistry on sulphate aerosols was disabled for this run, no O3 depletion was
visible in the model realisation. In the south polar region at 150 hPa less variability in the
strength of the polar vortex leads to less variability in O3 . Starting form September until
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Fig. 5.12: Zonal mean O3 near the North Pole (60◦ –90◦ N) (right column) and South Pole (60◦ –
90◦ S) (left column) at 150 hPa: a/c) mean seasonal cycle (two cylces plotted) b/d) monthly
time serie for year 5–20.

February the scenarios with enhanced sulphate aerosol concentration (and heterogeneous
chemistry) show a more pronounced O3 depletion than during the other months.
In the upper stratosphere CH4 and N2 O concentration increased significantly (Figure E.2 and E.2). CH4 increased by 5 to 15% for GEO1 to GEO10 with respect to GEO0
and N2 O from 5 to 30% for GEO1 to GEO10. The stratospheric N2 O and CH4 concentrations depend on the tropospheric input, both species are excellent tracer for transport in
the middle stratosphere Brasseur and Solomon (2005). The significant increase in these
species point to a acceleration of tropical up-welling and possibly an increase of the residual circulation. GEO5nR does not show such an intense change in stratospheric CH4 or
N2 O concentrations, this supports the thesis that the lower stratospheric heating in the
tropics changes the residual circulation. The increased uplifting in the tropical stratosphere leads to enhanced transport of O3 rich air to higher altitudes, which intensifies the
positive O3 anomaly at 30–40 km. The up-welling leads in addition to adiabatic cooling
in the tropical stratosphere above 30 km. It is likely that the enhanced down-welling at
higher latitudes leads to warming in these regions. These changes lead to the v-shape of
the warming anomaly in the stratosphere, with pronounced heating of the lower tropical
stratosphere, heating of the middle stratosphere in the extra-tropics and heating of the
upper stratosphere in the polar regions.
The lower stratosphere in the midlatitudes is influenced by the jetstream (tropopause
jet) at 30◦ -40◦ in the southern and northern hemisphere at around 200 hPa. Except
for a small deceleration in JFM the tropopause jets are not significantly influence by
the geoengineering study GEO5 (Figure 5.14). This can be explained by the fact, that
the jetstreams are driven by the meridional temperature gradients in the troposphere.
However, for GEO10 a significant pole-wards shift of the jetstream during the winter
month was found. A similar effect was found by Stenchikov et al. (2006): IPCC AR4
models (GCMs) showed a northwards shift of the jetstream after large volcanic eruptions.
This may be linked to a change in the North Atlantic Oscillation (NAO) and leads to a
shift in the winter storm tracks over Europe.
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Fig. 5.13: Zonal mean temperature for GEO5 in JFM, APJ, JAS, OND, absolute values (a-d)
and anomalies with respect to GEO0 (year 5-30). Hatched regions show statistically significant
regions.
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e)

Zonal wind change GEO5 -GEO0 (Jan-Mar)
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Fig. 5.14: Zonal mean zonal wind for GEO5 in JFM, APJ, JAS, OND, absolute values (a-d)
and anomalies with respect to GEO0 (year 5-30). Hatched regions show statistically significant
regions (on 95% confidence interval).
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A strong polar vortex occurs often simultaneously with a low pressure anomaly at
500 hPa over Greenland and low pressure anomalies over North America, Europe, and
East Asia (Perlwitz and Graf , 1995; Kodera et al., 1996). A typical surface air temperature pattern is linked with these anomalies. (Perlwitz and Graf , 1995) call this pattern the baroclinic mode, and is similar to NAO (Hurrell, 1995)T or Arctic Oscillation
(AO) (Thompson and Wallace, 1998, 2000; Thompson et al., 2000). Observations and
model simulation show enhanced positive phases of AO and NAO for the winters following large low-latitude volcanic eruptions (e.g. Groisman, 1992; Robock and Mao, 1992,
1995; Graf et al., 1993; Kirchner et al., 1999; Stenchikov et al., 2006). These dynamical
feedbacks are responsible for the winter warming in northern high latitudes, observed after large volcanic eruptions (e.g. Robock and Mao, 1995). Stenchikov et al. (2006) showed
that present GCMs (within IPCC AR4) tend to underestimate the AO response, which
may be due to the coarse resolution in the stratosphere or due to missing O3 response.
Ramaswamy et al. (1996) showed that O3 depletion in the lower stratosphere further enhanced the pole-to-equator gradient which leads to strengthening of the polar vortex. The
analysis of the change in NAO or AO is beyond the scope of this study and will be done
in future.

The equatorial region in the stratosphere and mesosphere is influenced by the QuasiBiennial Oscillation (QBO), which leads to a reversal of the zonal wind direction all 22-34
month (Baldwin et al., 2001). The QBO is forced by Kelvin, Rossby and gravity waves,
which are created due to convection in the tropics. These waves eventually propagate
upward, dissipate in the mesosphere and the downward propagating energy leads to the
change in zonal wind. Near the equator the atmosphere is no longer in geostrophic equilibrium, because the coriolis parameters get very small there. The ageostrophic component
leads to a secondary circulation with lifting or sinking air masses (Reed , 1965). The
ageostrophic component of the QBO east phase diverge horizontally at the equator and
introduces a rising motion from below. Which intensifies the upward transport of O3 and
to adiabatic cooling. The consequence are anomalously cold temperatures and stronger
transport of O3 rich air to higher altitudes (Tung and Yang, 1994). On the contrary QBO
west phases are linked with warm lower stratospheric tropical temperatures and reduced
O3 transport to higher latitudes.

SOCOL is not able to reproduce naturally the QBO, but optionally the QBO can
be nudged with observations (Schraner, 2008). However, for this study we renounced to
nudge the QBO in order to have a dynamic responsive system. The temperature signal in
the lower stratosphere due to volcanic eruptions can be influenced by QBO. Thomas et al.
(2008) showed that simulations with ECHAM5 and nudged QBO east phase, like was observed, differ from simulations with nudged QBO west phase, in terms of the temperature
field in the lower stratosphere and at the surface for tropics and subtropics.

In the region, where the QBO is active, SOCOL always shows easterlies. In all geoengineering scenarios these easterlies are decelerated significantly from 70-30 hPa and
accelerated around 10 hPa (Figure 5.14). During some months the easterly flow around
2 hPa is again decelerated.
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Conclusion

With the AER 2-D aerosol model geoengineering studies with continuous 1, 2, 5 and
10 Mt/a sulphur injection into the lower stratosphere were performed. This sulphur is
emitted in the form of SO2 . The most important process for the growth of the sulphate
aerosol particles is the condensation of H2 SO4 on pre-existing sulphate aerosols. The
size distribution of the sulphate aerosols is subject to non-linear processes. For large
injections of SO2 some sulphate aerosol particles grow to such sizes that they sediment
to lower altitudes and eventually reach the troposphere, where they are rapidly washed
out. This results in a non-linear relationship between sulphur loss from the stratosphere
and SO2 emission. Hence the required amount of sulphur increases disproportionately if
stronger effects are desired.
The formation of large aerosol particles with high emission rates of sulphur have important consequences for the radiative properties of the aerosols. On the one hand, given
a fixed emitted sulphur mass, the larger the particles the smaller the resulting albedo
change and, hence, the less the surface cooling. On the other hand, given a fixed emitted
sulphur mass, the larger the particles the stronger is the local heating in the stratosphere
caused by an enhanced absorption of longwave radiation. Rasch et al. (2008) already
mentioned the importance of the aerosol particles size on radiative effects, as for instance
the enhancing Earth’s albedo. Even if in principle the geoengineering idea works, there
are huge uncertainties involved in only calculating an adequate amount of sulphur to be
emitted. Our model study shows that in order to compensate CO2 more than 10 Mt/a
sulphur emissions are needed. The cause of such large needs is based on the formation
of large aerosol particles, which sediment more easily and reflect less SW radiation than
smaller particles (with the same amount of total sulphur).
One further complication of the formation of large particles is the enrichment of the
sulphate aerosol concentration near the tropopause, due to sedimentation form above.
After Mt. Pinatubo eruption (and for the geoengineering scenarios) the AER model predicts enhanced aerosol concentration near the tropical troposphere. This leads to radiative heating of the tropical tropopause and consequently to increased stratospheric water
vapour. Based on observation and different model simulations, it is not clear whether after
Mt. Pinatubo the stratospheric water vapour concentration increased (Joshi and Shine,
2003; Oltmans et al., 2000; Stenchikov et al., 2006). Hence it is possible that AER model
overestimates the aerosol concentration near the tropical tropopause.
The most important change in the stratosphere is the heating of the lower stratosphere,
especially in the tropical region. Modelling Mt. Pinatubo with AER and CCM SOCOL
tends to overestimate the lower stratospheric heating (Chapter 4). However, even if
the absolute amplitude is overestimated, the range of sulphate emissions in this study
(from 1–10 Mt/a) permits to study the sensitivities of forcings with a large range of
amplitude. CCM SOCOL shows enhanced lifting in the tropical stratosphere due to
lower stratospheric heating and subsequent expansion of the air masses. As a result the
Brewer-Dobson circulation is intensified and leads to adiabatic cooling in the tropics above
35 km and adiabatic warming in the region of the down welling branch of the residual
circulation. Furthermore larger amounts of O3 rich air are transported in the tropical
region to higher altitudes and the positive O3 anomaly at 30–40 hPa is intensified.
The meridional temperature gradient in the lower stratosphere increase due to more
pronounced heating of the tropical regions. As a consequence the polar vortex is intensified. This leads to more frequent PSC formation and increased polar O3 loss, especially
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in the southern lower stratosphere. But also in lower latitudes the O3 loss due to heterogeneous reactions is increased. Denoxification and possibly denitrification deplete NOx
concentration in the lower and middle stratosphere. As a result the bromine and chlorine
catalytic O3 destruction cycles gain more importance, because the formation of reservoir
species as ClONO2 and BrONO2 is restrained. Furthermore due to increased stratospheric
water vapour HOx concentration increase and lead to increased O3 destruction in the lower
and upper stratosphere. Near the main aerosol cloud (in the tropical lower stratosphere)
the intense warming leads to further acceleration of the O3 destruction cycles. In the
tropical middle stratosphere O3 concentration increase due to reduction of NOx catalytic
destruction cycle (which is most important at this altitude) and due to increased tropical
up-welling.
The total O3 column is mostly affected in the tropical and polar region. For GEO10
5.3% of the global total O3 column is depleted. For GEO5 4.5% of the global total O3
column is depleted, 2/5 of the O3 loss in the lower tropical stratosphere could be explained
by enhanced heterogeneous reactions and 3/5 by the lower stratospheric heating. In the
polar regions the combination of intensification of the polar vortices and the increase in
stratospheric aerosols lead to pronounced O3 loss. Annual mean south polar O3 decreased
by more than 15% for GEO10 and more than 10% for GEO5. Only one third of the south
polar O3 decrease is reached when dynamical effects are not included (GEO5nR), and
the combination of strengthening of the polar vortex and the enhanced heterogeneous
reactions on sulphate aerosol lead to the intense O3 depletion. Hence the prolongation
of the south polar O3 hole would be a presumable a factor 3 larger than estimated by
Tilmes et al. (2008).
The radiative heating due to stratospheric aerosol have a big impact on stratospheric
dynamics and O3 change. Therefore it is highly important to get realistic heating rates
for these scenarios. Temperature changes near the tropopause have a big impact on
the whole stratosphere. Due to its effect on stratospheric water vapour concentrations.
Model validation, by comparing model runs of the 1991 Mt. Pinatubo eruption with
observations, reveals that the temperature increase in the tropopause region is probably
overestimated by our models (see Section 4.3.6). The question remains open, whether
the stratosphere is getting wetter after large volcanic eruptions, or in this case due to
geoengineering projects. The increased stratospheric water vapour does not only affect
the O3 layer but also induce further warming due to greenhouse effect. For GEO10 the
water vapour above 10 hPa increased by more than 1 ppmv, which led to 0.6 W/m2 RF
at the surface. Hence, the total RF at the surface decreases to 3.4 W/m2 for GEO10 and
is not enough to compensate RF due to doubling of CO2 .

5.10.1

Outlook

As extensively discussed in this study formation of small aerosol particles would be advantageous in terms of surface cooling. But, how do we get small particles? In this
study scenarios with constant emissions of SO2 within a limited area in the tropical lower
stratosphere have been discussed. As a consequence the H2 SO4 concentrations in the injection region are constantly high and lead through condensation rapidly to production of
large particles. Therefore injections in different regions with multiple temporal pulses per
year might be a positive alternative to the scenarios discussed here. In addition smaller
amounts of sulphur would be needed, because of the reduction of loss through sedimentation. However, the O3 loss would be enhanced if one succeeds in producing small particles
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instead of large particles Tilmes et al. (2008). Further model calculations with distinct
injections regions could answer the question, if actually smaller particles can be produced
and quantify the effect on total O3 loss.
In order to study the effect of this geoengineering experiments in the troposphere and
as well improve the modelling of the stratosphere a responsive ocean would be needed.
Steady state experiments with SOCOL using sea surface temperatures from the past
corresponding to years with similar radiative forcing as in the geoengineered simulation,
could be a promising alternative. Preliminary sensitivity tests show that the effect on
the stratosphere due to colder ocean temperature is only marginally changed. However,
the surface temperatures are mainly defined by the ocean temperature and hence the
tropospheric climatic effects change significantly. Further work in this direction would
improve the model abilities to capture changes in climate.
It could be shown that the polar vortices in the lower stratosphere intensified, however,
if has to be analysed in future whether this leads to a downward propagation and a change
in NAO phases as described by several authors (e.g. Robock , 2000; Stenchikov et al., 2006).
If more NAO positive phases are introduced by geoengineering a high latitude winter
warming could be the result and endanger the wished cooling effect.
Furthermore, tests with different phases of QBO would further improve the modelling
of the stratospheric dynamics and consequently as well the O3 response due to geoengineering.
There are still huge uncertainties in modelling the effect of volcanic eruptions (as
discussed in Chapter 4), geoengineering with a constant stratospheric sulphur source
implies further uncertainties. An important challange for future research in this field is the
improvement of both the aerosol models and the chemistry climate model. Considering
the large range of possible side effects and the uncertainty involved in the individual
modelling steps, it is not advisable to consider geoengineering through sulphur emission
in the stratosphere presently as a possible option to counteract global warming.

Chapter 6

Impact of increasing methane
concentrations on the stratosphere
Anthropogenically emitted methane (CH4 ) causes about 20% of the total radiative forcing
caused by human activity (Solomon et al., 2007). After carbon dioxide CH4 is the most
important anthropogenic greenhouse gas. In addition to its direct effect as a greenhouse
gas, methane has several indirect effects on climate. CH4 influences the abundance of
the most important tropospheric oxidant the hydroxyl radical (OH). Consequently, the
abundance of tropospheric ozone (O3 ) and the lifetime of several other chemical species
are affected. In the stratosphere CH4 is an important water vapour source. Both, CH4
and water vapour influence the stratospheric O3 . The radiative forcing is not constant in
meridional direction, this could lead to changes in the temperature gradient and subsequent changes in stratospheric dynamics. In this chapter the effect of CH4 increase on the
stratospheric chemistry and stratospheric dynamics is analysed with chemistry climate
model SOCOL. First a general introduction on the abundance and importance of CH4
in the atmosphere is given, then follows a more specialised introduction to the research
question. After the description of the method, follows the discussion of the model results
with focus on changes on stratospheric chemistry and dynamics. In the last section the
conclusions are presented, followed by an outlook.

6.1

Introduction

Ice core measurements show that pre-industrial CH4 concentration varied between 300
and 750 ppbv (Petit et al., 1999). In the last 200 years the CH4 concentrations more
than doubled and reached today 1785 ppbv (Figure 6.1). The growth rate of CH4 shows
a high variability in the past, and is still not well understood. The CH4 growth rate
increased strongly since pre-industrial times but in the last two decades the growth rate
declined again (e.g. Cunnold et al., 2002). The reduction in the CH4 growth rate has
been suggested to be a consequence of source stabilisation and the approach of the global
CH4 budget towards steady state (Dlugokencky et al., 1998, 2003). However, since 2007
atmospheric CH4 concentrations are rising again (Rigby et al., 2008). The most recent
increase in CH4 could be due to increased CH4 emission from wetlands in the Arctic
and/or from the fast industrialisation in Asia and subsequent increase of CH4 emissions.
Large volcanic eruptions can influence also the CH4 growth rates. In 1991 NOAA
measurements show an increase of CH4 growth rates, which is possibly due to reduced
OH production caused by reduction of the actinic flux after the eruption of Mt. Pinatubo
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Fig. 6.1: Recent methane concentrations and trends. (a) Time series
of global CH4 abundance mole fraction (in ppbv) derived from surface
sites operated by NOAA/GMD (blue
lines) and AGAGE (red lines). The
thinner lines show the CH4 global averages and the thicker lines are the
deseasonalized global average CH4
concentrations from both networks.
(b) Annual growth rate (ppb yr−1 ) in
global atmospheric CH4 abundance
from 1984 through the end of 2007
(NOAA/GMD, blue), and from 1988
to the end of 2005 (AGAGE, red).

in June 1991 (Dlugokencky et al., 1996). The subsequent cooling of Earth’s surface due to
increased albedo could be the reason for the strong decrease of CH4 growth rate in 1992
(Dlugokencky et al., 1994; Wang et al., 2004). The increased growth rate around 1998
could be linked to the warm climate caused by El Niño (Kasischke and Bruhwiler, 2002)
and by enhanced biomass burning (Forster et al., 2007).

6.1.1

Methane sources

About 35% of the atmospheric CH4 sources are of natural origin. Most of the natural
CH4 is emitted by wetlands (70–80%) and is produced by bacteria. About 65% of today’s atmospheric CH4 is anthropogenic, and about 40–50% of the anthropogenic sources
are related to agricultural activity (ruminants, rice cultivation). The remaining 50–60%
of the anthropogenic emitted CH4 is coming from energy production, biomass burning,
waste and landfills (see Table 6.1). The estimation of global CH4 range between 503
and 610 Tg CH4 per year (Denman et al., 2007), hence the uncertainty is in the range
of 20%. Meirink et al. (2008) argue for instance that today’s tropical CH4 emissions are
underestimated by far.
There are three methods to estimate the CH4 emission rates: first the extrapolation
from direct flux measurements, second the calculation of the emissions by process based
modelling (bottom-up approach) and third by inverse modelling (top-down approach).
All three methods do involve difficulties and uncertainties. For instance, direct flux measurements are scarce, and the bottom-up approach leads to uncertainty because of large
spatial and temporal variations of CH4 fluxes. The top-down method struggles with inadequate observation network densities, despite numerous measurements including aircraft
and satellite observations (Xiao et al., 2004; Frankenberg et al., 2005, 2006). Furthermore model deficiencies (as insufficiently described topography and meteorology) add to
the uncertainty (Mikaloff Fletcher et al., 2004a,b; Chen and Prinn, 2006). CH4 isotopes
help to constrain the CH4 budgets, but measurements are limited (Bergamaschi et al.,
2000; Lassey et al., 2000; Mikaloff Fletcher et al., 2004a,b).
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Table 6.1: Best estimates of sources and sinks of atmospheric CH4 in Tg CH4 /year (Adapted
from Denman et al., 2007). (1) Includes natural gas emissions. (2) Includes emissions from
landfills and wastes. (3) Biofuel is included under industry.

Reference

Wuebbles
and Hayhoe
(2002)

Reference year
Natural sources
Wetlands
Termites
Ocean
Hydrates
Geological sources
Wildfires
Anthropogenic
sources
Energy
Coal mining
Gas, oil, industry
Landfills and waste
Ruminants
Rice agriculture
Biomass burning
Total sources
Total Sinks
Soils
Tropospheric OH
Stratospheric loss

6.1.2

145
100
20
4
5
14
2
358

Wang
et al.
(2004)
1994
200
176
20

Mikaloff
Fletcher
et al.(2004)
1999
260
231
29

Chen and
Prinn
(2006)
1996–2001
168
145
23

350

428

30
52
35
91
54
88
610
577
30
507
40

48 (1)
36

Denman
et al.
(2007)
2000–2004

4

307
77

46
60
61
81
60
50
503
515
30
445
40

49
83
57
41
507
492
34
428
30

189 (2)
112
43 (3)
596

582
581
30
511
40

Methane sinks

Most atmospheric CH4 is destroyed in the troposphere by reaction with hydroxyl radical
(90%), 5% are lost by dry soil deposition and only 5% are oxidised in the stratosphere
(Gettelman et al., 1997; Wuebbles and Hayhoe, 2002). The uncertainty of the sink by
tropospheric OH reaction is ± 103 Tg(CH4 ) yr−1 (20%), for stratospheric loss it is ± 8
Tg(CH4 ) yr−1 (20%) and for soil oxidation it is ± 15 Tg(CH4 ) yr−1 (50%) (Denman et al.,
2007). Precipitation is a major contributor to the high uncertainty in soil oxidation
strength. CH4 oxidation strongly depends on soil gas diffusivity, which is a function of
soil bulk density and soil moisture content (e.g. Del Grosso et al., 2000). Furthermore
the activity of CH4 metabolising bacteria (methanotrophs) are strongly influenced by soil
moisture. The soil oxidation shows only a marginal temperature effect (Ridgwell et al.,
1999). According to these sink terms the abundance of OH in the troposphere defines
mostly the atmospheric lifetime of CH4 . Forster et al. (2007) estimate a global atmospheric CH4 lifetime of 8.7 ± 1.3 years. Increasing CH4 abundance in future possibly
lead to a longer lifetime for CH4 (Prather et al., 1995; Schimel et al., 1996; Forster et al.,
2007), because CH4 is itself an important player for the OH balance. However, the increased of tropospheric water vapour concentrations decrease the lifetime of CH4 . See
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Chapter 7 for more detailed discussion on CH4 lifetime dependence on increasing CH4
concentrations.

6.1.3

Future methane concentrations

It is difficult to predict future CH4 concentrations, because the changes in CH4 growth
rates are not well understood and the uncertainties in source and sink terms are considerable. Rigby et al. (2008) argue that the recent increase in CH4 can not be explained
by changes in CH4 sink by reaction with OH, but is rather due to enhanced emissions
of CH4 . Because the CH4 increase occurred simultaneously in both hemispheres. If a
decrease in OH would be the driving force, the CH4 increase would be stronger in the
northern hemisphere than in the southern hemisphere. Hence future CH4 concentrations
will depend strongly on anthropogenic emissions. For different CH4 emission scenarios
IPCC (Solomon et al., 2007) predicts CH4 concentrations in 2100 to be in a range from
1600–3700 ppbv. However, CH4 concentration also response to climate change. For instance CH4 emissions from wetlands are likely to increase in a warmer and wetter climate
(Shindell et al., 2004). Additional CH4 increases could be caused by permafrost melting
and subsequent increased CH4 emissions from northern peatlands. Gedney et al. (2004)
estimated that global anthropospheric radiative forcing would increase by 3.5–5% only
due to increasing wetland emissions, caused by changes in soil temperature and water
table depth.

6.1.4

Direct impact of methane increase on climate

In today’s atmosphere, on a per-molecule basis CH4 is a much stronger greenhouse gas
than carbon dioxide (CO2 ). But CH4 concentrations are roughly 200-times smaller than
CO2 concentrations, which is partly caused by the much shorter lifetime of CH4 . CH4
absorbs mostly in its 7.66 µm (1306 cm−1 ) absorption band, which is in the so-called
atmospheric window, which is the spectral range where water vapour is only scarcely
absorbing. As a result the troposphere is warmed and the stratosphere is cooled by
increase of CH4 . The anthropospheric radiative forcing due to rising CH4 concentration
is estimated to be 0.48± 5 W/m2 in 2005 with respect to 1750. This is 20–30% of the
total net anthropogenic radiative forcing (Forster et al., 2007).

6.1.5

Indirect impact of methane increase on climate

Additionally to its direct radiative effect, CH4 affects the oxidation capacity of the atmosphere through its chemical reactions and thus affects climate indirectly: In the troposphere CH4 reacts with OH to produce methyl radicals (CH3 ), which are readily oxidised
further to yield formaldehyde (CH2 O) then carbon monoxide (CO) and finally CO2 (the
whole CH4 oxidation cycle is described in Section 7.1.2).
In the troposphere the increase of CH4 concentration leads in presence of nitrogen
to a net production of O3 (Wuebbles and Hayhoe, 2002). In strongly polluted areas with
intense O3 production OH concentration increase. But for most cases OH concentration
decrease due to CH4 increase (Grossmann, 2008; Lienhard, 2008). Due to its oxidation
potential, OH is an important molecule in the atmosphere, which allows decomposition
of many atmospheric pollutants. Tropospheric O3 – also a strong oxidant – harms human
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health if present in high concentrations. Hence changes in tropospheric OH and O3 are
important with respect to health issues, in Chapter 7 these changes are further discussed.
In the stratosphere the production of H2 O by CH4 oxidation is an important chemical
effect. Depending on the ambient conditions the so-called chemical yield factor β is
varying, it describes the production of H2 O by oxidation of CH4 (Letexier et al., 1988):
β=

∆[H2 O]
∆[CH4 ]

(6.1)

In the middle stratosphere β is 1.975 ± 0.03 (Zöger et al., 1999), because at this altitudes
some hydrogen originally bound in CH4 can be transformed to single hydrogen (H).
Water vapour plays an important role in the stratosphere, first because its importance
as greenhouse gas and second because it serves as source gas for the production of
hydrogens (HOx , Equation 5.16) which catalyse O3 destruction (Evans et al., 1998;
Dvortsov and Solomon, 2001). In addition, an increase of H2 O in the polar regions could
enhances polar O3 depletion, because of the introduced decrease in the temperature
threshold for polar stratospheric cloud (PSC) formation (WMO , 2007). Changing
stratospheric CH4 concentrations influence as well the abundance of reactive chlorine
(ClOx , Equation 5.17) by the reaction of CH4 with chlorine radical (Cl) (Reaction 6.4)
and possibly the active nitrogens (NOx , Equation 5.15). This has repercussions for the
O3 destruction cycles (e.g. Solomon, 1999).
In the last century stratospheric H2 O concentrations increased significantly.
Rosenlof et al. (2001) detected from analysing 9 different water vapour data sets an
increase of 1% (0.045 ppmv) per year from 1950 to 2000. However, this trend has
been challanged recently (e.g. Fueglistaler and Haynes, 2005). Forster and Shine (2002)
showed that an increase of 1 ppmv stratospheric H2 O leads to a radiative forcing of
0.63 W/m2 , this increase in stratospheric H2 O was almost reached within two decades.
Stratospheric H2 O is mainly controlled by two processes, one is the oxidation of CH4 and
the other one is the transport of H2 O through the tropical tropopause. The temperature
minimum at the tropical tropopause defines the water vapour entry mixing ration
([H2 O]e ) (e.g. Fueglistaler and Haynes, 2005; Fueglistaler et al., 2005). Several studies
tried to quantify the relative importance of these two effects on the stratospheric H2 O
increase and the resulting effect of radiative forcing (Rosenlof , 2002; Hansen et al., 2005;
Tian and Chipperfield, 2006; Rohs et al., 2006; Myhre et al., 2007). Rosenlof (2002)
argued that in the upper stratosphere one third of the radiative forcing from stratospheric
H2 O increase is due to CH4 increase, based on analysis of satellite measurements by
HALOE. However, Tian and Chipperfield (2006) state that the increase of H2 O in the
upper stratosphere is mainly due to CH4 increase, but in the lower stratosphere the
increase is possibly driven by dynamical changes like changes in the Brewer-Dobson circulation. Myhre et al. (2007) attribute 15–20% of the radiative forcing due to stratospheric
H2 O increase to enhanced CH4 oxidation. More detailed analysis by Rohs et al. (2006)
attribute 25–34% of the H2 O forcing to CH4 increase. It is important to note, that the
absorbers have a strong meridional gradient. Thus, changing absorber concentrations will
result in changes of the meridional temperature gradient. Myhre et al. (2007) pointed
out that the radiative forcing by H2 O absorption due to increased production from CH4
oxidation differs in its spacial impact from the forcing through [H2 O]e increase. The
radiative forcing caused by increased [H2 O]e is strongest in the lower polar stratosphere,
but the forcing introduced by H2 O increased due to CH4 oxidation is smaller and its
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Fig. 6.2: Schematic picture of relevant processes in the atmosphere
with respect to CH4 increase. All
couplings shown here are implemented in CCM SOCOL, with exception of the sea surface temperatures,
which are fixed by climatological values.
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maximum is at 40–60 km in the high latitudes.
Changes in the meridional gradient of absorbers influences the stratospheric circulation. An increased temperature gradient intensifies the Polar Night Jet. The propagation
of up-welling planetary waves from the troposphere could be influenced by changes in
the zonal wind speed in the stratosphere. The changes in stratospheric wave propagation could eventually feedback on tropospheric dynamics and could for instance influence the Arctic Oscillation (AO) (Thompson and Wallace, 1998). The possibility that
stratospheric circulation changes may influence the tropospheric circulation is an important issue in present stratosphere-related scientific discussions (e.g. Baldwin et al., 2003;
Thompson et al., 2005; Baldwin et al., 2007; Kuroda, 2008).

6.1.6

Objectives

None of the above mentioned studies include extensive chemistry feedbacks. In this study
we focus on the changes introduced by rising CH4 concentration on H2 O and O3 concentration and the resulting impact on the stratospheric temperature and dynamics. For a
summary of the expected feedbacks within the climate system due to increase of CH4 see
Figure 6.2. In a transient climate with multiple forcings changing at the same time, it
is difficult to disentangle the individual effects. This is further complicated by the numerous couplings in the stratosphere of chemical, dynamical and radiative processes and
interactions with the troposphere. Therefore, steady-state experiments performed with
climate models, where only one forcing is changed at the time, can help tremendously
in understanding the climate system. Within this work following questions are analysed
with time slice experiments forced by different atmospheric CH4 concentrations:
• Which are the main consequences for the stratospheric climate due to the rise in
CH4 concentrations?
• Which effects are linear and which are not linear?
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• How large is the contribution of the radiative effect compared to the chemical effect?
• Do the changes in stratospheric absorbers (H2 O, O3 and CH4 ) have a significant
effect on the stratospheric circulation?
• If the stratospheric circulation is changed significantly, does this feedback on tropospheric climate?

6.2

Model setup

We use a modified version of CCM SOCOL v2.0 to run steady state experiments with
tropospheric CH4 concentrations of 0.7 (LCH4), 1.7 (MCH4) and 2.7 ppmv (HCH4) and
integrated them for 100 model years. Except for CH4 concentrations the boundary conditions were set to values of 1975, with moderate greenhouse gas and low halogen concentrations. For sea surface temperature and sea ice distribution a climatology of the years
1965–1985 is taken.
SOCOL v2.0 is described in Section 2.1. The model version used here differs from
SOCOL v2.0 in three points: a) the family-based mass fixer after the semi-lagrangian
transport step of chemical species is not included, but the default mass fixer is applied, b)
the mass fixer for O3 is applied to the whole globe and not restricted to the tropics and
subtropics and c) the chemical effect on H2 O concentrations feedbacks on the radiation
from the top of the model to 220 hPa and not only down to 100 hPa (see Schraner et al.
(2008) for further explanations). The here described model runs were performed before
v2.0 was fully implemented. However, sensitivity tests showed that point a and b do not
significantly change the relative difference between the three simulations (LCH4, MCH4
and HCH4). The third change (c) permits to study the chemical and radiative effect of
H2 O in the lower polar stratosphere introduced by CH4 increase. The first 25 years of the
time slice experiments did not go into the analysis, but are used as model spin-up.

6.3

Results

6.3.1

Chemical influence of CH4 increase

As already mentioned above the main sink of atmospheric CH4 is its reaction with OH in
the troposphere. In Figure 6.3 the CH4 destruction turnover by reaction with OH, with
singular oxygen (O(1 D)), chlorine radical (Cl) and by photolysis is shown, as calculated
with SOCOL for MCH4. In the stratosphere the reaction of CH4 with O(1 D) is as fast
as the reaction with OH. In the mesosphere the photolysis of CH4 is the dominant sink
Table 6.2: Relative contribution of individual CH4 sinks to the total CH4 loss above 100 hPa

CH4
CH4
CH4
CH4
CH4
CH4

sink reaction
+ hν → H + CH3
+ Cl → HCl + CH3
+ OH → H2 O + CH3
+ O(1 D) → OH + CH3
+ O(1 D) → CH2 O + H2

LCH4
2%
18%
35%
40%
4%

MCH4
2%
13%
41%
40%
4%

HCH4
2%
11%
44%
39%
4%
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Fig. 6.3: Zonal mean, annual mean methane destruction rates for a) southern polar regions, b) tropics
and c) northern polar region. Calculated with SOCOL for CH4 concentrations of 1.7 ppmv. Black
plus signs show total CH4
destruction rates.
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of CH4 . The reaction of CH4 with Cl is important for the formation of chlorine reservoir
species hydrogen chloride (HCl). In Table 6.2 the relative contribution of the different sink
terms in the stratosphere is displayed. With increasing CH4 concentration the relative
contribution to total CH4 loss by the reaction with OH increases and by the reaction with
Cl decreases. The other sink terms increase linearly with increasing CH4 concentrations.
As CH4 enters the stratosphere through the tropical troposphere and is transported
with the residual circulation towards the winter poles, the tropics have higher CH4 concentrations than the polar regions. The opposite is true for the stratospheric H2 O increase
due to enhanced CH4 concentration. In upward and poleward direction – together with
the increase in age of air – H2 O concentration increases (see Figure 6.4 a). Hence in the
tropical lower stratosphere the H2 O concentrations are only marginally changed by CH4
increase. But in the upper stratosphere an mesosphere and in the middle stratosphere
near the poles H2 O increased by roughly 2 ppmv due to increase of 1 ppmv CH4 (Figure 6.4 a and 6.6 a). As a consequence HOx (Equation 5.16) concentration increase due
to reaction of H2 O with O(1 D):
H2 O + O(1 D) → 2OH

(6.2)

HCl + OH → Cl + H2 O

(6.3)

Cl + HO2 → HCl + O2
Cl + H2 O2 → HCl + HO2
ClO + OH → HCl + O2
Cl + CH4 → HCl + CH3
Cl + CH2 O → HCl + HCO

(5.35)
(5.36)
(5.37)
(6.4)
(6.5)

Dvortsov and Solomon (2001) showed that due to stratospheric H2 O increase the reactive chlorine species ClOx (Equation 5.17) increase. They explain it with an increased
depletion of the reservoir species HCl by following reaction:
However, if the water vapour increases only due to CH4 increase – as in our study – the
reactions which form HCl win over HCl depleting reactions. Therefore, ClOx concentration decrease with rising CH4 concentration, as can be seen in Figure 6.7 c. Following
reactions of Cl with HOx , CH4 and formaldehyde (CH2 O) enhance the formation of HCl:
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Fig. 6.4: Annual zonal mean water vapour and ozone change due to CH4 increase from 0.7 ppmv
(LCH4) to 2.7 ppmv (HCH4). Contour lines show changes in percent and hatched regions indicate statistically significant differences between LCH4 and HCH4 on a 95% confidence interval.
a)

Change in temperature JFM (future- past)

b)

Change in temperature AMJ (future- past)

c)

Change in temperature JAS (future- past)

d)

Change in temperature OND (future- past)

Fig. 6.5: Zonal mean temperature change due to CH4 increase from 0.7 ppmv (LCH4) to
2.7 ppmv (HCH4), seasonal average for a) January–March, b) April–June, c) July–September
and d) October-December.

In scenario HCH4 (2.7 ppmv CH4 ) HCl increases by 5–10% with respect to MCH4
(1.7 ppmv CH4 ). Whereas Reaction 6.4 contributes most to HCl production.
The model simulations show that the reservoir species nitric acid (HNO3 ) and hydrogen
bromide (HBr) of the the NOx BrOx family (Equation 5.18) are also increased due to
enhanced reactions with HOx :
OH + NO2 + M→HNO3 + M

(6.6)
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Fig. 6.6: Annual zonal mean H2 O, O3 and OH change in the tropics due to CH4 increase from
1.7 ppmv (MCH4) to 2.7 ppmv (HCH4) (dotted line) and decrease to 0.7 ppmv (LCH4) (full
line). Plus signs show statistically significant changes with respect to 95% confidence interval.

HO2 + Br + M→HBr + O2

(6.7)

HBr increases from MCH4 to HCH4 by 5–10% in the whole stratosphere and HNO3
increases most pronounced near 30 km altitude in high latitudes (by 0.2 ppbv from MCH4
to HCH4) and above 30 km still by 5–10%. In Figure 6.7 the changes in NOx , ClOx
and BrOx concentrations are shown. The changes in ClOx and BrOx are similar for all
latitudes, therefore only tropical changes are shown. NOx concentrations in the tropics
above 25 km are not significantly changed (Figure 6.7 b), but in the high latitudes NOx
concentrations are significantly reduced due to CH4 increase (Figure 6.7 a).
In the upper stratosphere O3 destruction cycles catalysed by HOx are the dominant
sink of O3 . The increase of HOx in the upper stratosphere leads to intensification of HOx
cycle 1 and 2 (see Section 5.8.2). Between 40 and 50 km altitude ClOx cycle 2 is also
important for the O3 budget in the upper stratosphere. The rate limiting Reaction 5.34
within this cycle is reduced by 10-20% for HCH4 with respect to MCH4:
d

ClO + O →3 Cl + O2

(5.34)

Nevertheless the contribution of the enhanced HOx cycles are more important for the
O3 change in the upper stratosphere. From MCH4 to HCH4 O3 was reduced by 5–10%
above 45 km (Figure 6.6).
In the middle stratosphere several processes influence the O3 concentrations. The
most important destruction cycle at 30–40 km is NOx cycle 1. At this altitude the turnover
by Reaction 5.54, the rate limiting reaction in this cycle, is not changed significantly.
b

3
NO2 + O →
NO + O2

(5.54)

In the high latitudes the ratio NOx /HNO3 decreased significantly, but the turnover
rate by NOx cycle 1 is not reduced significantly on a 95% confidence interval. Changes
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Fig. 6.7: Zonal mean change NOx , ClOx and BrOx in the northern high latitudes (a) and in
the tropics (b,c,d) for LCH4 – MCH4 (full line) and for HCH4 – MCH4 (dotted line).

in ClOx in the middle stratosphere have a stronger influence on O3 concentrations. ClOx
cycle 2 contributes second most to the O3 destruction in the middle atmosphere. Its
turnover rate is decreased by 10–20% and contributes most to the O3 increase between
30 and 40 km altitude. ClOx cycle 1 is decreased in the low latitudes below 30 km and
contributes as well as BrOx cycle 2 to the O3 increase in the middle atmosphere. However,
the contribution of BrOx cycle 2 to the total O3 loss is relatively small.
In the lower stratosphere HOx cycle 3 becomes important. The increase in this
destruction cycle leads to the minimum in O3 increases in the tropics around 20 km.
However, in the lower stratosphere the O3 production catalysed by hydrocarbons (CH4 and
CH2 O) and NOx leads to a total increase of O3 in the lower stratosphere (see Section 7.1.2).
In the higher latitudes the ClOx cycle 1 increased significantly. The turnover rate
of the rate limiting Reaction 5.30 increased between 60–90◦S from 100–10 hPa by up to
100%, due to larger HOx concentrations:
d

33
ClO + HO2 →
HOCl + O2

(5.30)

In the polar vortex region in spring the acceleration of several halogen catalysed
destruction cycles induce O3 loss. For example ClOx cycle 3 and 4, which are generally reduced by CH4 increase, intensify in the polar vortex in spring. The rate limiting
Reaction 5.40 and 5.41 of these destruction cycles increase significantly:
JCl

O

2 2
Cl2 O2 + hν →
2 Cl + O2

d48

ClO + ClO → Cl2 + O2

(5.40)
(5.41)

The intensification of these cycles is due to increase in polar stratospheric clouds
(PSC) and subsequent denoxification (see Section 5.8.1). PSC formation increased
(statistically) significantly in spring in the northern and southern polar vortex (up to
100% for MCH4 – LCH4). The increased PSC formation can be caused by increased
H2 O concentrations and /or by decreased polar temperatures, which could be caused by
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intensification of the polar vortex.
An additional effect on the O3 destruction and production has the temperature
change. The decrease in stratospheric temperature slows down most O3 destruction
cycles, hence this supports the O3 increase in most regions of the stratosphere, except
for the polar regions. Integrated over all altitudes O3 increases due to CH4 increase. The
global mean total O3 column increases from LCH4 to MCH4 by 3% and from MCH4 to
HCH4 by 2%.
As can be seen from Figure 6.4 and 6.6 the change in stratospheric water vapour due
to CH4 increase is to a high degree a linear process. Hence, for a future climate it is
expected that the chemical yield factor β will not be changed strongly. However, most of
the other chemical process are not linearly increasing with increasing CH4 concentrations
(Figure 6.7, 6.6). This non-linearity is most likely due to a shift in the relative contribution
of the CH4 sink terms. With increasing CH4 concentration relatively more CH4 in the
stratosphere is destroyed by reaction with OH (Reaction 7.3) and relatively less by reaction
with Cl (Reaction 6.4). The impact on tropospheric and stratospheric O3 is roughly 50%
stronger for MCH4 – LCH4 than for HCH4 – MCH4.

6.3.2

Changes in temperature and zonal wind distribution

The main forcing on temperature due to CH4 increase is the warming of the troposphere
and cooling of the stratosphere. The cooling effect in the stratosphere is most prominent
above 50 km. At 60 hPa the global mean temperatures of HCH4 are 5 K lower than for
LCH4. Stratospheric cooling is due to longwave radiation emitted by CO2 , O3 , H2 O and
CH4 molecules (in sequence of their importance (e.g. London, 1980)). The change in
H2 O leads to stronger cooling of the polar regions. According to Myhre et al. (2007) the
maximum cooling due to H2 O increase by CH4 oxidation is at high latitudes between 40
and 60 km altitude. The direct radiative forcing due to CH4 change shows the opposite
effect: namely the lower latitudes cool stronger than the high latitudes. O3 leads to
warming of the stratosphere, because the emission of longwave radiation is outperformed
by shortwave absorption. Hence with increasing CH4 concentrations most parts of the
stratosphere gets warmed by O3 increase, but the upper most stratosphere and the
mesosphere is cooled due to decrease in O3 .
In the summer hemisphere the polar regions are warmer than in the tropics,
this leads to a positive temperature gradient in polewards direction and results in
easterly zonal wind flow. Due to CH4 increase in the southern hemisphere the positive
temperature gradient is reduced slightly. However the effect on the easterlies is marginal,
only a small significant deceleration near the subtropics in the mesopause region is
shown by the model runs (Figure 6.8a, d). The northern hemisphere shows the opposite
development, the tropical and midlatitudes cool stronger than the polar regions, as a
result the positive temperature gradient is intensified and consequently the easterlies in
summer are intensified (Figure 6.8 b, c).
The winter hemisphere is characterised by the polar vortex with strong westerlies,
which is due the negative temperature gradient in poleward direction and forced by wave
driving originating in the troposphere. An intensification of the temperature gradient
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Fig. 6.8: Zonal mean zonal wind change due to methane increase from 0.7 ppmv (LCH4) to
2.7 ppmv (HCH4) seasonal average for a) January–March, b) April–June, c) July–September
and d) October-December.

between high and low latitudes leads to intensification of the polar vortex. In the southern hemisphere in winter the polar region cool stronger than the midlatitudes and also
the tropics. As a result the polar vortex is slightly intensified, however, the statistically
significant intensification is relatively small in amplitude and extension. The lower stratosphere did not change significantly due to the forcing. In the northern hemisphere the
intensification of the temperature gradient and the signal in zonal wind is even less clear.
There are indications, that the polar vortex is intensified in some years, however, the
intensification is not statistically significant. Which can be partly attributed to the high
natural variability in the northern polar vortex.
From this follows that even with 75 years of steady-state simulations the increase of
2 ppmv CH4 introduces such a small forcing to the meridional temperature gradient, that
hardly any substantial changes in the zonal wind distribution are visible. However, we
have to keep in mind, that the feedback on sea surface temperature is not considered
in this study and increasing sea surface temperature could indeed lead to changes in
stratospheric dynamics (e.g. Hardiman et al., 2007).

6.4

Conclusion

Time slice experiments with following atmospheric CH4 concentrations are analysed in
this study: 0.7 ppmv (LCH4), 1.7 ppmv (MCH4) and 2.7 ppmv (HCH4) CH4 . The largest
impact of CH4 increase on climate is caused by the greenhouse gas forcing by CH4 . As a
result the troposphere is warming and the stratosphere is cooling. However, additional
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to this direct effect, increase in CH4 leads to several indirect effects due to influences on
stratospheric chemical composition. One important impact is the increase of stratospheric
H2 O, which is produced by CH4 oxidation. The chemical yield factor β for the conversion
of CH4 to H2 O is of equal magnitude for changes from LCH4 to MCH4 as for MCH4 to
HCH4. Hence for future changes in CH4 a linear increase in stratospheric H2 O is expected.
Another important effect is the change of tropospheric and stratospheric O3 . Above
40 km O3 decreases due to intensified HOx catalysed O3 destruction cycle. In the middle
stratosphere O3 increases due to reduction of ClOx catalysed O3 destruction. The
ClOx /HCl ratio decreased due to enhanced formation of HCl by reaction of CH4 with
Cl. This effect is larger than the decrease in HCl by reaction with OH. In the lower
stratosphere and the troposphere O3 increases due to enhanced CH4 oxidation cycle.
Altogether the total O3 column increases due to CH4 emissions. From LCH4 to MCH4
the global mean total O3 increased by 3%, this yields an increase rate of 0.3% per decade.
Dvortsov and Solomon (2001) calculated a decrease of total O3 in the midlatitudes
by 0.3% per decade due to stratospheric water vapour increase, however they did not
consider influence of CH4 on O3 . Hence including both effects on O3 , by the increase in
[H2 O]e and by the increase in CH4 , could level each other of in terms of a global signal.
However, in the polar regions both effects lead to O3 destruction during spring, because
of increasing PSC formation.
With increasing CH4 concentrations the radiative balance in the stratosphere is influenced by changes in the absorber concentrations of CH4 , H2 O and O3 . The forcing by
these absorbers is not constant in meridional direction. CH4 cools more in the tropics,
H2 O cools more in high latitudes and O3 warms most the summer hemisphere. There
are indications that the Polar Vortex is slightly strengthened by the intensification of
the meridional temperature gradient between high and low latitudes in winter. However,
the introduced forcing seams to be too small to show substantial statistically significant
changes in the stratospheric dynamics - even with 75 year long integration. Especially in
the lower stratosphere no significant changes in stratospheric dynamics could be identified. Hence the effect on the stratospheric dynamics is a third order effect and a potential
feedback from the changes in the stratospheric dynamics to the tropospheric dynamics is
hardly possible to detect from these simulations.

6.4.1

Ongoing work and outlook

The coupling between troposphere and stratosphere is a strongly discussed topic in today
atmospheric science (e.g. Baldwin et al., 2007). The many feedback processes within
stratospheric chemistry, stratospheric dynamics and forcings from the troposphere make
it difficult to identify the main coupling processes. In order to disentangle the impact of
the various forcings, we did several sensitivity test, where single forcings were changed.
For instance we increased CH4 concentrations like in simulation HCH4, but we applied
in the stratosphere the radiative forcing of O3 from a climatology of a simulation MCH4
(with lower CH4 concentrations). The comparison between this simulation and MCH4
should show us the radiative of stratospheric O3 chances introduced by CH4 increase on
the climate system. In similar way H2 O and CH4 radiative impact could be studied for the
stratosphere, but also for the troposphere. This should help us to specify to which extent
the stratospheric dynamics is influenced by radiative changes in the stratosphere itself
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and to which extend by changes in the troposphere. Preliminary results show that the
division of the climate system into two compartments (above and below the tropopause)
have to be made with great caution. The tropopause region is very sensitive to changes in
the radiative forcing due to absorbing species. In all runs performed with climatological
prescription of the absorbing tracers in the tropopause region led to unrealistic heating of
the lower stratosphere with an amplitude of 2 K. So far we could not find a adequate procedure to overcome unwished effects on the radiation, which is possibly due to inaccurate
prescription of the absorber masses in the experiment. Further tests should show, whether
dividing the climate system into two compartments is a meaning full approach to disentangle radiative, chemical and dynamical effects due to one forcing with several feedbacks.
In this study only a qualitative analysis due to changes of CH4 , O3 and H2 O on the
stratospheric heating and cooling rates could be done, by analysing the distribution of
the absorbing species and the temperature field. With a radiative transfer model heating
rates could be calculated in order to quantify the total and individual contribution of
these parameters. This would help to disentangle temperature effects such as introduced
by absorption by trace cases and such as introduced by transport and following diabatic
cooling of heating. Furthermore changes in the meridional gradients in heating rates due
to individual absorbers could be identify and would help to understand the individual
and total forcing on the temperature distribution.
An interesting question with respect to the use of steady state experiments is: How
reliable are findings from steady state runs for the transient changing atmosphere? Could
it be, that the nature of transient and constant forcings are so different, that findings from
steady state experiments can not be applied for the understanding of transient forcings?
Some feedbacks within the climate system could be different for transient and steady state
experiments. Comparisons of transient and steady state experiments with respect to one
forcing could provide helpful answers to this question.
In this study almost no significant changes in the stratospheric circulation due to
CH4 increase could be shown. Would longer time integrations lead to a clearer signal
in the change of the polar vortex? If yes, would 200 years of one climate simulation
be equivalent to 10 times 20 year long simulations? How can the impact of relatively
small forcings (e.g. introduced by increasing CH4 concentrations) on climate variables
with high natural variability (e.g. the strength of the polar vortex) be captured from
statistical point of view?

Chapter 7

Lifetime of methane - from the past
to the future
Methane (CH4 ) is the second most important anthropogenic greenhouse gas (GHG). Contrary to other atmospheric species, little is still known about sources and sinks of CH4 and
hence its lifetime. In order to estimate the radiative forcing of CH4 in the future improved
knowledge on its lifetime is essential. In this chapter the variability of CH4 lifetime during
the 20th century is analysed with transient CCM SOCOL calculations. Furthermore the
sensitivity upon CH4 concentrations is studied with steady state SOCOL runs.

7.1

Introduction

The global atmospheric lifetime of CH4 is presently believed to be 8.7 ± 1.3 years
(Forster et al., 2007). It is mainly defined by the abundance of hydroxyl radical (OH).
Due to its powerful oxidation capacity turning atmospheric pollutants into less harmful
species, the abundance of OH is crucial in terms of ecological damage. Furthermore, tropospheric OH is a key species in the process of producing ozone (O3 ), which is the third
most important anthropogenic GHG. The main sink for OH is the reaction with carbon
monoxide (CO) and the reaction with CH4 . Hence the abundance of CH4 itself influences
its own lifetime. This and other feedback processes complicate the calculation of CH4
lifetime.
Pre-industrial atmospheric CH4 concentrations ranged between 300 and 700 ppbv
(Petit et al., 1999). During interglacial periods CH4 levels were higher than during glacial
periods, mainly due to increased CH4 emission from wetlands during the warm phases. On
the long-term scale climate in the 20th century is predominantly driven by anthropogenic
changes, such as increasing methane levels. On top of that, short-term variability, both
naturally (e.g. ENSO, volcanic eruptions) and anthropogenically (e.g. biomass burning),
is contributing to the observed climate variability on global and regional scale. In this
chapter the change of CH4 lifetime for different climatic conditions is investigated.

7.1.1

Definition of lifetime and perturbation time

The ”global atmospheric lifetime” (τglobal ) is defined as the characteristic time required to turn over the global atmospheric burden of a chemical species. It is calculated by dividing the total burden of a species (Tg) by the mean global loss rate (Tg/y)
(Ehhalt et al., 2001, Chapter 4) and is identical to the ”turnover time”. Only for few
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gases the atmospheric lifetime is constant in time and space. One example is the noble
gas radon whose lifetime is exactly the time needed for an initial burden to decay to its
e-folding burden. However, for the vast majority of atmospheric gases the lifetime varies
in space and time. Hence, τglobal can only be represented as an averaged value over the
globe. The spatial and temporal variation of the lifetime can be caused by temperature
dependence or dependence on trace gases concentrations, which are inhomogeneously distributed in the atmosphere. The lifetime of some gases even depends on the abundance of
the gases itself (for instance the lifetime of CH4 is defined by the abundance of OH, but
at the same time influences OH concentrations). Such feedback processes make it difficult
to define a meaningful lifetime for CH4 . Therefore the ”perturbation time” (τpert ) was
introduced, which is the characteristic time to reach equilibrium after a perturbation and
in contrast to τglobal includes all feedback processes (Ehhalt et al., 2001, Chapter 4). For
CH4 the feedback processes tend to prolong its lifetime, consequently τpert is longer than
τglobal . For small perturbations the perturbation lifetime τpert can be derived from the
global atmospheric lifetime τglobal as follows:
τpert =

τglobal
,
1−f

(7.1)

where f is the sensitivity coefficient, defined as:
f=

d ln(τglobal )
,
d ln(B)

(7.2)

where B is the burden of the species. Based on model studies with CTMs the τpert of CH4
is estimated to be 12 years (Ehhalt et al., 2001, Chapter 4).
Table 7.1: Global atmospheric lifetime (τglobal ) of methane (in years for 1990s) calculated by
different chemistry transport models (CTMs) (Ehhalt et al., 2001, and references therein) and
Chemistry Climate Model (CCM) SOCOL (scenario MCH4 with 1.7 ppmv CH4 , see Section 7.2).

IASB
8.1

7.1.2

KNMI
9.8

MPIC
8.5

UCI
9.0

UIOO
6.5

UKMO
8.3

ULAQ
13.8

SOCOL
8.4

Chemical processes

Most of atmospheric CH4 (around 90 %) is destroyed within the tropical boundary layer
by reaction with OH. Additionally 5% are removed in the stratosphere by reaction with
OH, singular oxygen (O(1 D)) and chlorine radical (Cl). In the mesosphere the photolysis
of CH4 is the dominant sink of CH4 , however, on a global view this sink is negligible (see
Section 6.3.1).
Figure 7.1 shows all relevant reactions within the CH4 oxidation chain. Important
from an environmental perspective is the influence of increased CH4 concentrations on O3
and OH.
Ozone production:
In the troposphere O3 is produced by photochemical oxidation of CO, CH4 and higher
hydrocarbons (RH) in the presence of NOx . Thereby NOx works as a catalyser and
whereas CO, CH4 and RH represent the ”fuel” for the O3 production. Especially in
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Fig. 7.1: Overview of relevant reaction for the oxidation of CH4 to CO2

polluted regions with high NOx concentration tropospheric O3 can increase tremendously
when CH4 is added. The reaction with OH initiate the oxidation chain of CH4 , CO and
RH. As a result HO2 is formed:
OH + CH4 →2 CH3 + H2 O
CH3 + O2 + M → CH3 O2 + M

k

(7.3)
(7.4)

OH + RH →2 RO2 + H2 O

+O

(7.5)

k

(7.6)
(7.7)

OH + CO →1 H + CO2
H + O2 + M → HO2 + M

If NOx concentrations are high, reactions of NO with CH3 O2 and HO2 can subsequently
follow.
CH3 O2 + NO →3 CH3 O + NO2
CH3 O + O2 → CH2 O + HO2

k

(7.8)
(7.9)

HO2 + NO →4 OH + NO2

k

(7.10)

In the presence of sunlight the formed NO2 is readily photolysed leading to oxygen
radicals. In a fast reaction with O2 , O3 :
NO2 + hν → NO + O

j1

(7.11)

O2 + O + M →5 O3 + M

k

(7.12)

Ozone destruction:
During daytime the conversion of O3 to O (and back Reaction 7.13) is very fast. Therefore
it makes sense to introduce the Ox - family containing the species O and O3 . Similarly
the HOx family is defined as OH + HO2 and the NOx family as NO and NO2 .
j2

O3 + hν → O(1 D) + O2

(7.13)
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The main tropospheric Ox sinks are the reaction of O3 with HO2 , the reaction of O(1 D)
with H2 O and dry deposition of O3 (Seinfeld and Pandis, 1998).
k

(7.14)

k

(7.15)

k

(6.6)
(7.16)

O(1 D) + H2 O →6 2OH
HO2 + O3 →7 OH + 2O2
OH + NO2 + M →8 HNO3 + M

The level of NOx concentrations and hence the dominance of either Reaction 7.10 or
7.15 decides whether O3 is produced or destroyed with increasing CH4 concentrations.
Furthermore the production of nitric acid (HNO3 ) plays a key role in the removal of NOx
radicals and hence the decrease of catalysed Ox production as described above.
k

OH + NO2 + M →8 HNO3 + M

(6.6)

HOx production:
The main source of OH is the reaction of H2 O with O(1 D) (Reaction 7.14) as well as the
photolysis of formaldehyde (CH2 O) higher aldehydes (RO2 ) and carbonyls (RCO3 ).
j3

(7.17)

k

(7.18)

CH2 O + hν → H + HCO
CHO + O2 →9 HO2 + CO
OH destruction:

The main sink of OH in the troposphere is the reaction with CO and CH4 . The educts
of this reaction is HO2 , which can be easily converted back to OH with involvement of
NO or O3 . Hence CO and CH4 do not deplete HOx concentration but change the fraction
between OH and HO2 concentrations. Major sinks for HOx is the production of peroxides,
nitric acid (HNO3 ) and PAN in presence of higher hydrocarbons.
10
HO2 + HO2 →
H2 O2 + O2

k

(7.19)

11
RO2 + HO2 →
ROOH + O2

k

(7.20)

k12

(7.21)

RCO3 + NO2 + M → PAN + M

The HOx balance based on the reactions above can be written as (adapted from
Sillman et al. (1990)):
a [O3 ] + b1 [RH] + b2 [OH] [RH] = 2k10 [HO2 ]2 + 2k11 [RO2 ] [HO2 ] + k8 [OH] [NO2 ] (7.22)
where a [O3 ] is the OH production by Reaction 7.13 and 7.14, b1 [RH] is the HOx
production due to photolysis of aldehydes and b2 [RH] [RH] is the source from CH2 O and
carbonyls minus the sink by PAN formation. Furthermore the fraction between OH and
HO2 concentrations can be written as:
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[OH]
k4 [NO]
=
,
[HO2 ]
k1 [CO] + k2 [CH4 ] + kx [RH]

(7.23)

where kx is the weighted rate of the reaction of hydrocarbons (higher than CH4 ) with
OH. We can now simplify Reaction 7.22 and 7.23 by looking at two different atmospheric
regimes, namely one with low and one with high NOx concentration.
In the high NOx regime the dominant HOx sink is the formation of HNO3 (the
formation of peroxides can be neglected). The OH concentration is then defined by the
following relationship:
a [O3 ] + b1 [RH]
[OH] =
.
(7.24)
k8 [NO2 ] − b2 [RH]
The O3 production is proportional to the oxidation of CO and hydrocarbons:
P[O3 ] ∝ [OH](k1 [CO] + k2 [CH4 ] + kx [RH]).

(7.25)

Thus,
P[O3 ] ∝

(a [O3 ] + b1 [RH])(k1 [CO] + k2 [CH4 ] + kx [RH])
.
k8 [NO2 ] − b2 [RH]

(7.26)

With increasing hydrocarbons OH concentration and O3 production increases in the high
NOx regime. Yet, adding more NOx to the system leads to a decrease of HOx by forming
HNO3 .
In the low NOx regime HNO3 formation can be neglected and the main sinks are
the formation of peroxides:
a [O3 ] + b1 [RH] = 2k10 [HO2 ]2 + 2k11 [RO2 ] [HO2 ] .
Neglecting all higher hydrocarbons than CH4 :
s
a [O3 ] + b3 [CH2 O]
k4 [NO]
[OH] =
,
2k10
k1 [CO] + k2 [CH4 ]
and
P[O3 ] ∝

s

a [O3 ] + b3 [CH2 O]
k4 [NO] ,
2k10

(7.27)

(7.28)

(7.29)

where b3 [CH2 O] represents the total HO2 production by Reaction 7.17 and 7.18. In the
low NOx regime OH concentration are positively (negatively) correlated with CH4 and CO
(NOx ) levels. O3 production is also enhanced with increasing NOx concentrations, and not
highly dependent on changing hydrocarbons. Sillman et al. (1990) defines the high NOx
regime with values of > 4 ppbv and the low NOx regime with values of < 2 ppbv. Using a
chemistry box model Sillman et al. (1990) showed, that in rural regions (low NOx regime)
O3 production correlate with NOx but depend only slightly on hydrocarbons, whereas in
urban areas O3 production depend on both NOx and hydrocarbons.
Many studies in the past investigated the dependence of O3 production on
NOx and hydrocarbons in the past and in the future (e.g. Sillman et al., 1990;
Finlayson-Pitts and Pitts, 2000; Forster et al., 2007; Dentener et al., 2005). Globally
the increase of NOx , CO and hydrocarbons (including CH4 ) during the last century resulted in elevated tropospheric O3 levels and were responsible for a radiative forcing of
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Bousquet et al, 2005
Prinnet al. 2001

2

Fig. 7.2: Global mean OH concentration inferred from CH3 CCl3
measurements by Bousquet et al.
(2005); Krol and Lelieveld (2003);
Prinn et al. (2001). Figure adapted
from Bousquet et al. (2005)
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0.35 (-0.1, +0.3) W/m2 (Forster et al., 2007). However, the change of the oxidation capacity was not yet modelled with a chemistry climate model (CCM) for the whole 20th
century.
In this chapter the development of oxidation capacity of the atmosphere and the
change in CH4 lifetime in the 20th century is studied with CCM SOCOL. Long-term and
short-term variability is discussed.

7.2
7.2.1

Methods
OH measurements

Measuring OH directly is a particularly difficult task. However, OH concentrations can
be retrieved from trace gases which have well-known sources and as primary sink the reaction with OH, for example methyl chloroform (CH3 CCl3 ). For regional studies 14 CO can
be used as well, which is primarily produced by cosmic rays (Lowe and Allan, 2002).
The mean tropospheric concentration of OH is 106 molecules per cm3 , derived from
methyl chloroform (Prinn et al., 2001; Krol and Lelieveld, 2003) and 14 CO concentrations
(Quay et al., 2000). Prinn et al. (2001), inferring OH concentrations with a 2-D model
from methyl chloroform measurements by AGAGE (Advanced Global Atmospheric Gases
Experiment network), pointed out that OH levels grew from 1979 to 1989 and declined
from 1989 to 2000. Krol and Lelieveld (2003) and Bousquet et al. (2005) showed the same
qualitative behaviour of OH using a 3D-model (see Figure 7.2). (Prinn et al., 2005) revealed that OH levels reached the minimum in 1998 and increased there after again, in
2003 OH concentration were at the same level as in 1979.

Global CH4 mass (total & troposphere)

CH4 mass in Tg

a)

global atmospheric CH4 lifetime

e)

CH4 lifetime - climatological monthly mean

b)

CH4 destruction attribution (stratosphere)

d)

global stratospheric CH4 lifetime

f)

stratospheric CH4 lifetime - clim. monthly mean

lifetime in years

lifetime in years

lifetime in years

lifetime in years

c)
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Fig. 7.3: a) Annual global mean CH4 mass in Tg for surface to 0.01 hPa (total) and surface to
100 hPa (troposphere). b) Fraction of total CH4 destruction by reaction with OH, Cl and O(1 D).
c,d) Annual global mean CH4 lifetime (c: total and troposphere, d: stratosphere). e,f) Monthly
variation of CH4 lifetime with respect to monthly climatology from 1901-1999. Grey bars show
El Niño years and black vertical lines show large volcanic eruptions (see Figure caption 7.4).

7.2.2

Chemistry climate model SOCOL

For this study we use CCM SOCOL v2.0 (see Section 2.1). We analyse 9 transient ensemble members across the 20th century described in Fischer (2008) and Fischer et al.
(2008b). The runs include a wide range of transient natural and anthropogenic forcings.
With these run the change in CH4 lifetime in the 20th century can be analysed. Additionally steady-state experiments with constant forcings except for changing CH4 concentrations were used to study the impact of changing CH4 concentration on CH4 lifetime:
Three time slice experiments with pre-industrial (0.7 ppmv, LCH4), present (1.7 ppmv,
MCH4) and possible future (2.7 ppmv, HCH4) CH4 concentrations were performed (see
Section 6.2). The remaining boundary conditions of these time slice experiments were set
to values of 1975, with moderate GHG and low halogen concentrations.

7.2.3

Chemistry boxmodel from Mainz

In order to further isolate the chemical impact of the increased CH4 concentration on
CH4 lifetime, we use a one dimensional chemistry boxmodel which was developed at Max
Planck Institute in Mainz (Crutzen et al., 1992) (called CBMM thereafter). The model includes 32 species, about 80 gas phase and 24 photolysis reactions. The reactions rates were
updated according to JPL (Sander et al., 2006). Photolysis rates are calculated with ”Tropospheric Ultraviolet and Visible Radiation Model” (TUV 4.2) (Madronich and Flocke,
1998; Tie et al., 2003). Only one heterogeneous reaction is taken into account: the hy-
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drolysis of N2 O5 . Which is reasonable because we only considered tropospheric cases.
Reactions with organic carbons and halogens are not considered in this study. In particular, we do not include higher hydrocarbons than CH4 and its oxidation products. In
order to calculate the changing lifetime of CH4 in a function of CH4 concentration we
performed calculations at 240 hPa and 1000 hPa in the extra tropics (37◦ N) during spring
(Grossmann, 2008; Lienhard , 2008). We initialised the model with the following initial
concentrations: 65 ppbv O3 , 30 ppbv CO, 0.3 ppmv to 100 ppmv CH4 and 0.3 ppmv to
100 ppmv NO. Four background atmospheric cases were considered: a) cold and dry, b)
cold and wet, c) warm and dry and d) warm and wet climate (see Figure 7.7). We integrated the chemical reactions for 10 days. At the beginning of the model run all NOy
is concentrated in NO, which is distributed to the different NOy species within roughly
3-5 days (not shown). The CBMM does not contain washout processes; hence after some
time water soluble species like HNO3 , HNO4 , H2 O2 and CH3 O2 NO2 would unnaturally
accumulate. 10 days integration time was elected because it is enough time for the model
spin up and at the same time is short enough to prevent unrealistic accumulation of water
soluble species.

7.3
7.3.1

Results
Change in CH4 lifetime during the 20th century

In the 20th century CH4 concentrations increased from 880 ppbv to 1.76 ppmv. The total
atmospheric CH4 burden is shown in Figure 7.3a. From 1900 to 1960 CH4 increased
linearly (0.88–1.26 ppmv) but accelerated in the period 1960-1990. In the last decade of
the 20th century the growth rate of CH4 levelled off. The τglobal of CH4 calculated by
SOCOL for the 20th century range between 8 and 9 years, and hence varies by about 10 %
(see Figure 7.3 c). As SOCOL does not include higher hydrocarbons than methane (and
its oxidation products), the CH4 lifetime is most likely overestimated. It is expected that
the presence of non-methane hydrocarbons would decrease the abundance of OH.
The CH4 lifetime in the 20th century does not follow the CH4 burden trend. The
lifetime ascended in the first half of the century, peaked in the 1970s and decreased
thereafter. During the first 60 years global mean CH4 concentrations at 850 hPa raised
by 36 % and CO concentration by 57 % (see Table 7.3). Except in high polluted areas
this would lead to decreased OH concentrations. However, the increase of water vapour
caused by temperature rise and the increase of O3 , due to enhanced emissions of ozone
precursors and NOx , tend to increase OH concentration again (see Figure 7.4). In the
transient model runs the OH depletion by reaction with CH4 and CO is larger than OH
production due to H2 O and O3 increase. This leads to global OH decrease by 7 % during
that time. As a result CH4 lifetime is prolonged by about 6 %. However, in the steadystate experiments the decrease in CH4 lifetime for a similar rise in CH4 concentration
is much larger. OH concentration are 24 % higher for MCH4 (1.7 ppmv) than for LCH4
(0.7 ppmv) and the lifetime is enhanced by 33 % (see Table 7.2 and 7.3).
Since the 1960s the GHG forcing intensified markedly. As a consequence the OH
production by increasing H2 O concentration was intensified as well. Therefore in the
lower troposphere OH producing and destroying processes are equally strong (Figure 7.4).
However, in the upper troposphere the OH producing processes prevail and hence OH
concentration rose. At 250 hPa H2 O (OH) concentration rose by 7 % (3 %) (see Figure 7.5.
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Fig. 7.4: Global annual mean a) CH4 , b) O3 , c) OH, d) H2 O, e) HO2 , f) NOx (NO + NO2 ), g)
HNO3 concentrations and h) temperature at 850 hPa. Grey bars show El Niño years as defined
by Japan Meteorological Agency (JMA: a El Niño year is defined when for 6 consecutive months
the 5-month running mean of SST anomalies over the tropical Pacific (4◦ S-4◦ N, 150◦ W-90◦ W)
is higher than 0.5◦ C). Black vertical lines show large volcanic eruptions (1963 Agung, Bali; 1980
Mount St. Helene, USA; 1983 El Chichon, Mexico; 1991 Mt. Pinatubo, Philippines). Thin black
lines show values of ensemble members and grey thick line is the ensemble mean.
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Fig. 7.5: As Figure 7.4 but at 250 hPa.

This leads to nearly stable CH4 lifetime from the 1960s to the 1970s and a slight decrease
in the 1980s and 1990s.
In the stratosphere OH concentrations rose during the whole century, which is mainly
a consequence of rising stratospheric water vapour, the latter being a result of warmer
cold point temperatures and intensified CH4 oxidation. However, in the stratosphere CH4
lifetime is also influenced to a large degree by reaction with O(1 D) and starting from
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Fig. 7.6: As Figure 7.4 but at 40 hPa.

the 1960s with Cl. In Figure 7.3 b the relative contribution of the stratospheric CH4
sinks during the last century is shown. At the beginning of the century CH4 reaction
with Cl accounted only for 5 % of the total CH4 loss in the stratosphere. But since the
1960s the stratospheric chlorine loading increased tremendously due to anthropogenic
chlorofluorocarbons (CFCs) and hydrochloroflourocarbons (HCFCs) emissions. Therefor
in the late 1990s the contribution of Cl on stratospheric CH4 decomposition was increased
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Table 7.2: Chemical lifetime of methane in years regarding reaction with OH, O(1 D) and Cl
for time slice scenarios with 0.7, 1.7 and 2.7 ppmv tropospheric CH4 concentration.

Scenario
Troposphere
Stratosphere
Total

LCH4 (0.7 ppmv)
6.1
11.8
6.3

MCH4 (1.7 ppmv)
8.2
11.9
8.4

HCH4 (2.7 ppmv)
9.9
11.4
10.0

to 25 %. Hence increasing OH and Cl concentrations in the stratosphere led to a strong
decrease of stratospheric lifetime. At 40 hPa the lifetime of CH4 decreased in the period
of the 1960s to 1990s from 12 years to 10 years.
Table 7.3: Change in global mean CH4 , O3 , CO, H2 O, NOx (NO2 +NO), OH, HO2 concentration at 850 hPa, 250 hPa and 40 hPa and atmospheric CH4 lifetime in percent for a) troposphere,
b) total atmosphere, c) stratosphere. Ensemble mean of transient SOCOL runs and differences
of steady-state runs is shown.

Scenario
transient (1910–1960)
transient (1960–1999)
transient (1910–1999)
MCH4 – LCH4
HCH4 – MCH4

CH4
36
39
89
143
59

O3
21
23
49
33
17

CO
57
37
115
61
35

Scenario
transient (1910–1960)
transient (1960–1999)
transient (1910–1999)
MCH4 – LCH4
HCH4 – MCH4

CH4
37
38
90
143
59

O3
8
12
21
18
10

CO
57
36
113
85
42

Scenario
transient (1910–1960)
transient (1960–1999)
transient (1910–1999)
MCH4 – LCH4
HCH4 – MCH4

CH4
34
40
88
143
58

O3
-1
-3
-4
1
1

CO
36
50
104
79
37

7.3.2

850 hPa
H2 O
4
1
5
0.3
0.2
250 hPa
H2 O
9
7
17
0.8
0.6
40 hPa
H2 O
10
7
18
10
8

NOx
98
87
270
-23
-12

OH
-7
-1
-7
-24
-15

HO2
17
16
36
28
14

τCH4 a)
5.7
1.1
6.9
32
21

NOx
-2
29
26
-12
-8

OH
-7
3
-4
-16
-12

HO2
33
22
62
56
26

τCH4 b)
6.3
-1
5.2
33
19

NOx
-19
14
-7
-1
-9

OH
11
10
22
14
11

HO2
35
-11
20
19
14

τCH4 c)
-6.8
-15
-21
0.8
-4.2

Future CH4 lifetime

After stagnation in the last decade CH4 concentration are again rising since 2007. The
change in CH4 lifetime will play an important role on the radiative forcing in the future.
The time slice experiments show that CH4 lifetime increases non-linearly but steadily with
increasing CH4 concentrations. From LCH4 to MCH4 (0.7 – 1.7 ppmv) the CH4 lifetime
increased by 33 %, however, at a slower pace (19 %) from MCH4 to HCH4 (1.7 – 2.7 ppmv)
(see Table 7.2). In order to test whether this non-linearities are affected by chemistry,
sensitivity experiments with CBMM are run. In Figure 7.7 the effect of rising CH4 on

7.3. RESULTS

Methane lifetime in years (1000 hPa warm + wet)

5

10−7

3

−8

10

NOx volume mixing ratio

1

10−9
1

10−10

5

7

9

10−11

b)

−8

10

0.2

10−9
10−10
10−11

1.4

a)

10−6
10−5
CH4 volume mixing ratio

10−12
10−7

10−4

0.6

0.2

1

10−12
10−7

1.8

1.0

Methane lifetime in years (1000 hPa cold + dry)

3

NOx volume mixing ratio

10−7

115

10−6
10−5
CH4 volume mixing ratio

10−4

4

64

c)

32

10−8

16

−9

10

16

10−10

32

32

10−11

64

Methane lifetime in years (240 hPa warm + wet)

d)

8
4

−9

10

10−10

10−11

8

4

8
16

32

NOx volume mixing ratio

10

Methane lifetime in years (240 hPa cold + dry)

NOx volume mixing ratio

−8

28

1

10−12
10−7

10−6
10−5
CH4 volume mixing ratio

10−4

10−12
10−7

10−6
10−5
CH4 volume mixing ratio

10−4

Fig. 7.7: Lifetime of methane in years calculated by CBMM at 1000 hPa and in the Midlatitudes
during spring at 1000 hPa for a) 290 K and 1.3 % H2 O, b) 300 K and 3.4 % H2 O and at 240 hPa
for c) 219 K and 80 ppmv H2 O, d) 229 K and 300 ppmv H2 O. Adapted from Lienhard (2008).

CH4 lifetime as a function of NOx concentration is shown. CBMM calculations show, that
except for high NOx concentration, CH4 lifetime increases with rising CH4 concentrations
(see Figure 7.7). Only when NOx levels reach a certain threshold the opposite occurs. At
1000 hPa the critical NOx concentration is about 2 ppbv NOx . At 240 hPa the threshold is
at about 0.5 ppbv NOx , which is about 50 times higher than today’s NOx concentrations
at this altitude. It is unlikely that such high concentrations are reached and therefore it
is expected that in future at 250 hPa CH4 increase would lead to CH4 lifetime increase.
With increasing CH4 concentrations the growth in CH4 lifetime is slowed down, especially in the upper troposphere. This can be explained by methyl peroxy radical (CH3 O2 )
reacting with NO2 , which forms methyl peroxy nitrate (CH3 O2 NO2 ).
k

12
CH3 O2 + NO2 + M →
CH3 O2 NO2 + M

(7.30)

CH3 O2 NO2 is stable in the upper troposphere but unstable in the lower troposphere
because of thermal decay. In addition the formation of the reservoir gas peroxy nitric acid
(HNO4 ) plays an important role at this altitude. The effect of the enhanced formation of
CH3 O2 NO2 and HNO4 is a depletion in NOx . Therefore HO2 increasingly reacts with itself
(Reaction 7.19) rather than with NO (Reaction 7.10). As a consequence HOx decrease and
the lifetime of CH4 is reduced. However, in the lower troposphere most CH4 is destroyed
and at these altitudes CH4 lifetime increases stronger. So far the influence of CH4 rise on
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CH4 lifetime was only discussed for constant atmospheric conditions. In a future climate
tropospheric temperature and even more important H2 O concentrations are expected to
be higher. At 250 hPa an four times increase of H2 O could lead to a decrease of CH4
lifetime by a factor 4 (Figure 7.7). Hence, it is very likely that in a future climate H2 O
concentrations will affect CH4 lifetime to a larger degree.

7.3.3

Short-term variability in CH4 lifetime

The boundary conditions of the transient runs do not have included any year-to-year
variability ( emissions do steadily grow within the whole century) (Fischer et al., 2008b).
Therefore all short time variability in the CH4 lifetime is due to model internal variability
and feedbacks with other climate factors.
Large volcanic eruptions near the tropics lead to reduced actinic flux, as short
wave radiation from the sun is scattered in the stratosphere by sulphate aerosols, and
in the troposphere absorbed by ash and SO2 . The Mt. Pinatubo eruption in June 1991
in the Philippines injected about 7.4–26 Mt SO2 into the stratosphere (see Chapter 4,
Section 4.3.1). Immediately after the eruption most of the UV radiation from the sun was
effectively blocked by SO2 absorption in the tropics. After one month most of the SO2 was
transformed to H2 SO4 which subsequently condensed on pre-existing particles or nucleated
as new stratospheric aerosol particles. There was a significant global reduction in short
wave radiation for 1-2 years by the scattering of stratospheric aerosols. Dlugokencky et al.
(1996) calculated the UV actinic flux to be decreased by about 12 % directly after the
eruption, and about 5 % half year later. In late 1991 and during 1992 an increase in
CH4 and CO growth rates was observed (Dlugokencky et al., 1994; Novelli et al., 1994).
SOCOL includes stratospheric aerosols but not SO2 and ash particles. Hence a smaller
signal in OH is expected than in reality, especially for the early phase after the eruption.
Furthermore the decrease of CH4 emission by wetlands due to the cooling of the surface
after the eruption is not included in the boundary conditions used by SOCOL. About
0.5-1 year after the eruption of Mt. Pinatubo, El Chichon and St. Helens a small increase
in global atmospheric CH4 lifetime is visible in the transient runs, followed by a more
pronounced decrease probably due to an El Niño event (see below). In the transient runs
one year after the eruption, the prolongation of the CH4 lifetime caused by the increased
temperature and the resulting increase of water vapour is larger than the shortening of
CH4 lifetime due to less shortwave radiation and less tropospheric O3 . SOCOL model
runs for the Pinatubo scenarios (described in Chapter 4) show no significant decrease in
CH4 lifetime. However, in the stratosphere a clear volcanic signal is visible. The lower
stratosphere is heated by the stratospheric aerosols, consequently the tropical cold-point
temperatures rise and more H2 O is transported from the troposphere to the stratosphere.
In Chapter 4 it is shown that the lower stratospheric warming is overestimated by the
model, which results in an overestimated moistening of the stratosphere as well. Additional to the this effect, after volcanic eruption more chlorine is activated and hence the
destruction of CH4 is further enhanced.
The period between the 1920s and the 1950s was a very quiet period in terms of volcanic eruptions, followed by a very active period with large eruptions of Agung, El Chichon
and Mt. Pinatubo (1963-1995). The transient SOCOL runs were forced by the stratospheric aerosol data set provided by the Goddard Institute for Space Studies (GISS)
(Sato et al., 1993). This data set shows a clear jump in 1960: The background levels
of stratospheric aerosols increased from zero (March 1960) to increased levels (Septem-
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ber 1960) in optical thickness. Consequently the increased surface area density led to
the enhanced formation of HNO3 and decrease in NOx (NO + NO2 ). The global mean
NOx /NOy ratio at 40 hPa was reduced by 50% at the same time ClOx /Cly ratio almost
doubled. The stratospheric aerosol loading from 1960–1963 may be overestimated as there
was no major volcanic eruption during this time (only in 1963 the Agung eruption injected large masses of sulphur into the stratosphere and the aerosol loading before 1960
was most probably underestimated). This leads to an artificial jump in the NOx /NOy
ratio with a signal down to the upper troposphere.
The El Niño Southern Oscillation (ENSO) has a strong impact on the interannual
variability in the tropics and through tele-connections extra-tropics are influenced as well.
The largest part of CH4 is destroyed by reaction with OH in the tropical lower troposphere.
Hence, changes in temperature, H2 O and O3 concentrations in the tropics have a strong
influence on CH4 lifetime. 1998 was the warmest year in the 1990s due to a strong
El Niño event. In this year the CH4 growth rate was especially high (see Figure 6.1 ).
Dlugokencky et al. (2001) argued that enhanced CH4 emissions due to higher temperatures
and increased CO emissions (due to fires caused by droughts) could be the reason for the
increased growth rate. Furthermore with warmer temperatures higher CH4 emissions from
rice agriculture is likely (Khalil et al., 1998). And additionally there was increased boreal
biomass burning in 1998 Kasischke and Bruhwiler (2002).
In the transient SOCOL runs these forcings are not included. Hence only the effect of
El Niño on CH4 lifetime caused by changes in the CH4 sinks can be analysed. The transient
model runs show a clear signal in the CH4 lifetime with El Niño events. In the El Niño
years 1982/1983, 1992/1993 and 1997/1998 OH concentrations are anomalously high and
CH4 lifetime correspondingly low. The La Niña year 1989 shows a prolongation of CH4
lifetime. OH concentrations are low during El Niño phases and consequently the CH4
lifetime is increased (see Figure 7.3). The increased OH concentration can be explained
by increased water vapour due to temperature increase in the tropics. Furthermore the
reaction of CH4 with OH is temperature dependant (for each K temperature increase the
reaction gets about 2 % faster) which further shortens the CH4 lifetime. However, not
all processes are included in SOCOL, for instance CH4 and CO emissions do not show
interannual variability but are increasing constantly in the model (i.e. they do not show
a major increase in 1998). Therefore in reality the lifetime decrease during El Niño could
be even stronger. However, the increase of CH4 emissions seem to be more dominant than
CH4 sinks, as the growth rates are rising.

7.4

Conclusions

During the 20th century CH4 concentrations increased tremendously. We analysed the
change in CH4 lifetime during this period with chemistry climate model SOCOL. The
atmospheric global lifetime of CH4 is defined by the abundance of OH. Until the 1970s the
tropospheric OH concentrations decreased continuously. As a consequence CH4 lifetime
increased by roughly 10 %. The decrease in OH concentration was due to increasing
CH4 and CO concentrations, but was damped by increasing H2 O and O3 concentrations.
Time slice experiments show that CH4 lifetime increase would have been much more
pronounced if changing CH4 concentrations would have been the only factor. The CH4
lifetime increased by more than 30 % due to the increase of CH4 concentration from preindustrial to present values.
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Since the 1970s OH concentrations stabilised according to our simulations, this resulted in a stagnation of the CH4 lifetime in the lower troposphere. However, in the
upper troposphere CH4 concentrations decreased since the 1970s. The reason for the increase in OH is the warmer and therefore wetter troposphere. In addition tropospheric
O3 concentrations increased strongly, which also enhances OH production. In the stratosphere the lifetime of CH4 decreased continuously, due to rising OH and Cl concentrations.
Stratospheric water vapour increased in the 20th century due to increasing oxidation of
CH4 and due to a warmer tropical tropopause, which enhanced the H2 O entry mixing
ration.
H2 O concentration increased more pronounced, due to a warmer climate. Furthermore increasing NOx concentrations led to enhanced O3 production. Therefore the OH
production outperformed the OH destruction and the CH4 lifetime in the upper troposphere was shortening since 1970s. In the lower troposphere OH production balances OH
destruction but in the stratosphere CH4 lifetime decreased continuously during the whole
century. Due to rising stratospheric water vapour, which is mainly caused by enhanced
CH4 oxidation.
Besides the long-term trend in CH4 lifetime, there is as a pronounced short-term
variability. After large volcanic eruptions changes in CH4 growth rate were observed.
However, the model is not able to reproduce them due to missing SO2 absorption in the
model and due to the fact that short-term changes in CH4 emission rates are not included
in the model. In the stratosphere the model predicts a shortening of CH4 lifetimes after volcanic eruptions, which is caused by increased stratospheric water vapour (due to
higher temperatures at the tropical tropopause) and by increased Cl concentrations (due
to denoxification). However, the model overestimates the lower stratospheric heating and
therefore the lifetime decrease is most probably overestimated. SOCOL shows high correlation of CH4 lifetime with ENSO. The rise in tropospheric water vapour concentration
and the warmer temperatures are responsible for CH4 lifetime decrease during strong El
Niño events. However, some important effects (as the emission changes of CH4 and CO)
caused by El Niño events are not well represented in the model.
Sensitivity tests with SOCOL and CBMM showed that with rising CH4 concentration
the lifetime of CH4 will be prolonged, except for high polluted areas. If CH4 concentrations
would rise from 1.7 to 2.7 ppmv the CH4 lifetime would be prolonged by 20 %. This
would lead to an intensification of the radiative forcing due to CH4 . However, there
are several feedback processes and other influences that damp the prolongation of CH4
lifetime. For example the greenhouse effect heats Earth’s surface and the troposphere,
as a consequence the water vapour content rises, which results in more OH production
and faster decomposition of CH4 . Another negative feedback is the increased formation
of reservoir species, like H2 O2 or HNO4 and CH3 O2 NO2 (in the upper troposphere).
Therefore CH4 lifetime will most likely not be extended dramatically in future.

Chapter 8

Conclusions
The most important chemical species in the middle atmosphere is O3 . The stratospheric
O3 layer does not only influence strongly the temperature and dynamics of the stratosphere
but also protects us from harmful ultra violet radiation. Interaction of radiative, chemical
and dynamical processes define the constitution of the O3 layer. Chemistry climate models
(CCM) are especially useful to study changes in the stratosphere, because additional
to general circulation model (GCM) part they include chemistry coupling. In the 20th
century the stratosphere was affected by several strong forcings. For instance the emission
of halogens induced massive O3 destruction globally and led to the formation of the ozone
hole in the Antarctic spring. Within this work we analyse two other forcings, which
also influence the O3 layer. One is the increasing forcing by the greenhouse gas CH4
and another one is the increase of stratospheric sulphate aerosols, which are extensively
formed after volcanic eruptions.
In June 1991 the volcano Mt. Pinatubo erupted in the Philippines and introduced large
amounts of SO2 into the stratosphere. It is the best recorded volcanic eruption of this
magnitude so far. Numerous satellite, balloon, plane and ground based measurements
were gathered. However, despite the diverse measurements, many important details of
the stratospheric sulphate aerosol cloud, which was formed after the eruption were not
captured by them. Especially the most dense aerosol cloud, which was formed in the
tropics during the first 6 months after the eruption, was scarcely measured. This results in high uncertainties of the optical thickness and the aerosol size distribution and
complicates the formation of a realistic three dimensional stratospheric aerosol data sets,
containing optical and chemical properties, which is needed as input for global modelling.
The comparisons of extinction data sets based on satellite measurements as described by
Stenchikov et al. (1998) (ST98) and by Schraner (2008) (SA1.8 1) show that the data
sets underestimate the extinction of the main aerosol cloud during the first months after
the eruption. One year after the eruption SA1.8 1 rather overestimates and ST98 underestimates the extinction. The differences between ST98 and SA1.8 1 have two main
reasons, one is the smaller distribution width (σ) applied by ST98 (σ=1.25) compared
to SA1.8 1 (σ=1.8) and the other reason is the method how the number density of the
sulphate aerosols is defined. ST98 adjusts aerosol number density in such a manner that
the extinction at 1 µm matches with SAGE II extinction measurements. SA1.8 1 on the
other hand uses aerosol number density consistent with surface area density derived from
SAGE II extinction measurements (Thomason et al., 1997a). This leads to more realistic
aerosol mass for SA1.8 1 than for ST98, however, it also leads to overestimation of the
extinction in the longwave by SA1.8 1. Sensitivity tests with different size distribution
width and a different aerosol masses (in the range of the measurement uncertainty) show
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that by using a unimodal lognormal distribution with fixed distribution width it is not
possible to generate aerosol size distributions which could fully reproduce the observed
extinctions. Often either extinctions in the shortwave or extinctions in the longwave
could be reproduced. For a more detailed size distribution, for instance a more accurate
two modal lognormal size distribution, the gathered measurement data is not extensively
enough. This emphasises the importance of elaborated, temporal and spacial extended
measurements in future.
Mt. Pinatubo eruption was additionally modelled with AER 2D aerosol model. The
model performance could be improved substantially by introducing washout in the uppermost troposphere, transient circulation drive and improved transport boundary conditions. However, there are still major deviations from measurements in the tropics in
the first few month after the eruption. According to AVHRR measurements AER model
overestimates the extinction in the shortwave in the tropics shortly after the eruption
by a factor of 2–3. The main aerosol cloud in the model is transported too slowly to
higher latitudes and the mode radius of the aerosol size distribution is rather too large in
the equatorial region. However 6 months after the eruption the AER model reproduces
reasonable extinctions compared to observations.
The optical property data sets retrieved from measurement data SA1.8 1 and from
AER model serve as the input for CCM SOCOL. The simulations show an underestimation of the negative shortwave forcing at the surface according to ERBE but an overestimation of the lower stratospheric heating maxima in the tropics. This is surprising
as the extinction in SA1.8 1 is underestimated for the peak aerosol cloud. Comparisons
with the radiative transfers software LibRadtran showed, that after improvements of the
spectral weighting of scattering and absorption of aerosols in the NIR, the net clear sky
heating rates for wavelengths smaller than 4 µm match well with ECHAM4 (GCM part
of SOCOL) heating rates. However, heating rates higher than 4 µm are underestimated
by ECHAM4 by 10–20%.
There are three possible reasons for the overestimation of the lower stratospheric
temperature increase in the tropics.
1. The heating could be caused by a model flaw. Tests with prescribed scattering in
the NIR revealed inconsistencies between all-sky and clear-sky NIR heating rates in
ECHAM4 and ECHAM5 (see Chapter 3).
2. Possibly SOCOL misses to describe important dynamical processes in the lower
stratosphere introduced by the volcanic forcing. For instance if the tropical upwelling is not sufficiently large the diabatic cooling could be underestimated. This
could as well be a problem for other CCMs, as most of the CCMs overestimate the
lower stratospheric heating (Eyring et al., 2006).
3. Discrepancies in the ECHAM4 cloud modelling could lead to overestimation of longwave radiation in the stratosphere coming in the troposphere. Strong bias in cloud
cover could change the lower stratospheric warming as clear-sky and all-sky heating
rates in ECHAM4 due to stratospheric aerosol forcing differ by a factor of 4.
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The inability to model the impact of large volcanic eruptions on the lower stratosphere
leads to the conclusion that we are not yet ready to quantify (and maybe even partly identify) all consequences of a geoengineered increase of stratospheric sulphate aerosols as for
example proposed by Crutzen (2006). However, we can try to model such geoengineering
scenarios as best as we can and take the results as sensitivity studies to analyse possible
feedback processes and non-linearities. But quantitative results should be considered with
great caution.
We performed sensitivity runs with the AER aerosol model, with yearly injections of
1, 2, 5 and 10 Mt sulphur into the lower tropical stratosphere in form of SO2 . From the
obtained aerosol size distribution we calculated optical properties according to Mie theory
and used them as input for SOCOL. The model results show that high non-linearities have
to be expected from such scenarios. For instance large continuous injections of SO2 lead
to unproportional growth of the aerosol particles, producing aerosol size distributions
with larger mode radii than modelled or observed after Mt. Pinatubo eruption. This has
substantial repercussions on their climate forcing. One potential danger is that particles
grow to such a degree that they sediment to lower altitudes and eventually reach the
troposphere. If they reach the troposphere, they are readily washed out, as a consequence
the residence time of sulphur in the stratosphere is reduced remarkably and higher loadings
of sulphur injections are needed than previously thought. Worse still, if the particles do
not sediment to the troposphere, but are trapped in the tropopause region, which is
possible due to the strong up-winds in this region. As a result the tropical tropopause
region would be heated. Another important drawback of the formation of large particle
is, than they absorb more longwave and scatter less shortwave radiation than many small
particles with the same sulphur mass (Rasch et al., 2008). This effect and the additional
radiative forcing by increasing stratospheric water vapour reduces the total surface cooling
effect.
To illustrate this process with a modelling example: Of the 10 Mt sulphur injected
yearly in simulation GEO10 only 6 Mt are incorporated into stratospheric sulphate
aerosols, the most of the remaining part is lost due to sedimentation and tropospheric
washout. The aerosol concentration at the tropical tropopause region is enhanced significantly resulting in an increase of almost 3 K of the cold point tropopause temperature and
leading to roughly 1.5 ppmv stratospheric water vapour increase. Large particles absorb
stronger in the longwave and scatter less shortwave radiation than small particles. Therefore only a net surface radiative forcing of -3.4 W/m2 could be achieved by a remarkable
yearly sulphur emission of 10 Mt. This is still not enough to compensate the doubling of
CO2 concentrations.
An additional complication is the induced O3 loss caused by intensified HOx and ClOx
catalysed destruction cycles. ClOx concentrations increase due to enhanced heterogeneous
reactions on sulphate aerosols and PSCs which reduce the NOx concentration and hence
decrease the formation of chlorine-nitrogen reservoir species. For GEO10 the annual global
mean total ozone column is reduced by more than 5%. The most severe O3 loss occurs
in the polar regions, in the Antarctic the annual mean total ozone column is reduced by
15%.
Furthermore significant changes in the stratospheric dynamics, as the intensification of
the polar vortex, are shown by the model simulations. This could lead to winter warmings
in northern high latitudes (Robock , 2000). Considering the large range of possible side
effects and the uncertainty involved in the modelling it is not advisable at the moment to
consider geoengineering through sulphur emission in the stratosphere as a possible option
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to counteract global warming.
Increased water vapour concentrations are also a key topic in the second climate
forcing studied with SOCOL: the increase of methane concentrations and its impact on the
stratosphere. 75 years of steady state experiments with tropospheric 0.7 ppmv (LCH4),
1.7 ppmv (MCH4) and 2.7 ppmv (HCH4) CH4 concentrations are analysed. The main
impact of increasing CH4 concentrations is the warming of the troposphere and the cooling
of the stratosphere, however there are many indirect forcings introduced by chemical and
dynamical processes.
The stratospheric chemical constitution is significantly changed by increasing CH4
concentrations. In the upper stratosphere H2 O concentrations rise roughly by 2 ppmv due
to the increase of 1 ppmv CH4 . As a consequence HOx concentrations rise and lead to
O3 loss in the upper stratosphere. But in the middle and lower stratosphere O3 increases
due to the reduction of ClOx catalytic O3 destruction and increased hydrocarbon induced
O3 production. However, in the polar regions O3 is reduced in spring, due to increase of
PSCs, which is due to higher H2 O concentrations and lower temperatures.
The production of stratospheric water vapour by CH4 oxidation is a linear process,
hence in a future climate the chemical yield factor β will most likely not change substantially. However, middle and lower stratospheric O3 is not linearly increasing with
increasing CH4 concentrations. The reaction of CH4 with Cl loses of importance and the
reaction of CH4 with OH gains importance with increasing CH4 concentrations, as stratospheric HOx concentrations are higher. As a consequence the ClOx /Cly ratio gets smaller
and O3 loss is slowed down. Therefore the increase of the annual global mean O3 column
from LCH4 to MCH4 is higher (3%) than from MCH4 to HCH4 (2%). Considering that
it took roughly 100 years for CH4 concentrations to increase by 1 ppmv, this yields in
0.3% total O3 increase per decade from LCH4 to MCH4, which is representative for the
20th century. However, in our simulations the halogen concentrations were fixed to the
concentrations in 1975. Therefore in the 2/3 of the century (with lower Cly concentrations) the O3 increase due to CH4 increase was smaller and after 1975 the increase was
probably stronger. Dvortsov and Solomon (2001) pointed out that due to stratospheric
water vapour increase since the 1980s the total O3 column in the midlatitudes decreased
by 0.3% per decade (without taking the influence of CH4 into account). Hence the O3
increase introduced by CH4 could counterbalance the O3 loss caused by increased water
vapour entry mixing ratio.
The radiative forcing implied by changes in stratospheric CH4 , O3 and H2 O is not
uniform in space and time. As a consequence temperature gradients, which drive the
zonal wind strength, are influenced. However, the imposed forcing by the change in
stratospheric absorbers is most likely too small to see a statistically significant change in
stratospheric dynamics. Consequently no feedbacks on tropospheric dynamics could be
found.
Hence the chemical changes have a stronger impact on the stratosphere than dynamical
changes introduced by heating rate gradients. However, even more important are possibly
the changes in the tropospheric chemistry, because the increase of tropospheric O3 and
the decrease of tropospheric OH are important in terms of air pollution. Furthermore
tropospheric OH concentrations define the lifetime of CH4 . We analysed 100 year simulations of the 20th century by SOCOL and found that methane lifetime varied during this
period by more than 10%. In the first half of the century CH4 lifetime increased because
increasing CO and CH4 concentration led to a decrease of OH. However, since the 1960s
the increasing tropospheric water vapour and O3 concentrations and the resulting OH
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production increase led to a stabilisation of CH4 lifetime. This could have contributed to
the stagnation of atmospheric CH4 concentrations in the last decades. It would be highly
interesting to analyse 100 year simulations with a model containing more sophisticated
tropospheric chemistry. Because SOCOL does not include higher hydrocarbons than CH4
and its oxidation products and therefore misses the impact of the increase of organic
carbons on OH concentrations. It is important to analyse and quantify the changes in
CH4 lifetime, because with increasing lifetime the same amount of CH4 emissions causes
a stronger radiative forcing.

Appendix A

NIR actinic flux in lower
stratosphere
In the presence of volcanic aerosols in the stratosphere the temperature increases due to
increased absorption and scattering of near infra red (NIR) and longwave radiation. In
Chapter 3 the heating of the lower stratosphere by NIR aerosol scattering is discussed.
In this chapter we discuss the reason why the radiative heating increase due to solar NIR
scatterd by stratospheric aerosol is more pronounced for clear-sky than for cloudy-sky
condition (Equation 3.12).
We consider a simplified situation with an uniform aerosol layer of reflectivity α2 , an
uniform cloud layer of reflectivity α1 and an Earth’s surface albedo of αg (see Figure A.1).
In this study we only consider scattering of NIR radiation and neglect the absorption.
Therefore the transmissivity of one layer is equal to 1 minus the reflectivity.
The increase in heating rates in the aerosol layer is proportional to the absorber amount
a and the actinic NIR flux F:
H ∝ a · F = a(Fup + Fdown ).

(A.1)

The actinic flux F consists of the flux from layers above Fdown and the flux form the
layers below Fup . Fdown pointing to the aerosol layer is equal to the solar NIR flux S. Fup
for the aerosol layer depends on the transmissivity of the aerosol layer, the cloud layer and
Earth’s albedo. Equation A.2 shows Fup for clear-sky, non-aerosol condition, Equation A.3
shows Faup for clear-sky, aerosol condition, Equation A.4 shows Foup for cloudy-sky, nonaerosol condition and Equation A.5 shows Fup
ao for cloudy-sky, non-aerosol condition.
Fup
Fup a
Fup o
Fup ao

= αg S,
= (1 − α2 )αg S,
= (α1 + αg (1 − α1 )2 )S,
= (1 − α2 )(α1 + αg (1 − α1 )2 )S.

(A.2)
(A.3)
(A.4)
(A.5)

Fup decreases when stratospheric aerosol are present, as more radiation is reflected by
the aerosol layer and Fup increases when clouds are present:
up
up
Fup
F > Fup a .
o > Fao >

(A.6)
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S

α 1 (1 − α 2 ) S

α2S

α g (1 − α 1 ) 2 (1 − α 2 ) 2 S
aerosol layer

(1 − α 2 ) S

Fig. A.1: Schematic view of shortwave radiative balance with clouds
(layer 1) and aerosols (layer 2). α1 is
the reflectivity of the cloud layer, α2
is the reflectivity of the aerosol layer
and αg is the Earth’s albedo. S is the
shortwave acitnic flux from the sun.
We assume perfect scattering aerosol
and cloud layer, therefore the transmissivity is equal to 1 minus the reflectivity. Bold arrows show Fup for
the aerosol layer.

α 1 (1 − α 2 ) S

α g (1 − α 1 ) 2 (1 − α 2 ) S

cloud layer

(1 − α 1 )(1 − α 2 ) S

α g (1 − α 1 )(1 − α 2 ) S

(1 − α g )(1 − α 1 )(1 − α 2 ) S

Earth’s surface

The absolute decrease of Fup when stratospheric aerosols are introduced is smaller for
clear-sky condition than for cloudy-sky condition.
Fup a − Fup = −α2 αg S,
Fup ao − Fup o = −α2 (α1 + αg (1 − α1 )2 )S,
Fup ao − Fup o < Fup a − Fup .

(A.7)
(A.8)
(A.9)

Therefore the absolute increase of heating rates due to stratospheric aerosol is larger
for clear-sky condition than for cloudy-sky condition:
Ha − H > Hao − Ho .

(3.12)

Appendix B

Radiative heating due to aerosol
absorption and scattering in the
near-infrared: Change of optical
parameter calculation
The presence of stratospheric aerosol leads to local heating due to the direct absorption
of NIR radiation by the aerosol and due to enhanced scattering of near infrared (NIR)
radiation and subsequent absorption by air molecules. The latter, the prolongation of
optical path due to scattering by the aerosol is the more important contribution to the
net heating. Water vapour molecules (H2 O) and ozone molecules (O3 ) absorb radiation
in the NIR, they show absorption bands between 2.5 and 3 µm (Figure B.1). Therefore
the NIR radiation coming from the sun is reduced in these wavelength (see Figure B.1a
for the solar irradiance reaching 15 km altitude in the NIR spectral range). If the optical
path of the photons within this wavelength range is enlarged, the absorption by H2 O and
O3 will be enhanced respectively.
After volcanic eruption the heating rates in the NIR have been strongly overestimated
by ECHAM4 compared to the reference model uvspec (see Figure 3.4 and 3.5). A possible
explanation for this is the coarse resolution of spectral intervals in the radiation code. The
more spectral bands a radiative transfer model contains, the more accurate the calculation
of transmissivities and reflectivities is. But at the same time more computational power is
needed. Hence the number of spectral bands is a trade-off between model performance and
model accuracy. In ECHAM4 only one spectral band for the treatment of the NIR, ranging
form 0.6 to 4 µm, is used. Sulphate aerosol are almost pure scatterer from 0.6–2.5 µm
and from 3–4 µm they absorb about 80% of the incoming radiation (see Figure B.2).
Hence in ECHAM4 the whole NIR range, with quite different aerosol optical properties,
is expresses with only one value for extinction, single scattering albedo and asymmetry
factor.
To account for the different intensities of radiation within the spectral band, the
optical properties are weighted by the incoming radiation. Originally the irradiance in
the shortwave (SW) range was approximated by Planck’s law assuming the source of the
radiation, the sun, being a black body (respectively for the longwave radiation the black
body radiation of the Earth is taken as radiation source) (Schraner et al., 2008). Due
to the pronounced absorption by the H2 O molecules in NIR the approximation using
Planck’s law is no longer valid. Therefore the aerosol absorption coefficient ka is weighted
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a)

b)

Solar flux at 15 km

wavelength in µm

H2O and O3 absorption

wavelength in µm

Fig. B.1: a) Solar irradiance at 15 km in the NIR calculated with uvspec and b) absorption of solar radiation by H2 O and O3 in the NIR (source HITRAN web-page http://cfawww.harvard.edu/hitran/updates.html)) .
a)

b)

c)

Fig. B.2: a) Absorption, b) single scattering albedo and c) asymmetry factor at 20 km altitude for January 1992. Aerosol size distribution taken from Stenchikov et al. (1998) (ST98),
Schraner et al. (2008) (SA1.8 1) and deviations form SA1.8 1 (explanation see Chapter 4).

by the solar flux:
ka =

P4µm

0.6µm ka ,i ·Ii
P4µm
0.6µm Ii

(B.1)

with ka,i the absorption coefficients for each infinite wavelength range and Ii the solar
flux of the corresponding wavelength range. The scattering coefficient ks is additionally
weighted with the molecular absorption by H2 O and O3 :
P4µm
0.6µm ks ,i ·Ii · am ,i
ks = P4µm
(B.2)
0.6µm Ii · am ,i
where ks,i are the scattering coefficients for each infinite wavelength range and am ,i is
the molecular absorption by H2 O and O3 of the corresponding wavelength range. The
molecular absorption was calculated using concentrations of 5 ppmv for H2 O and 1 ppmv
for O3 .
The extinction coefficient of the aerosol is the sum of the scattering and absorption
coefficient:
k = ks + ka
(B.3)
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uvspec, clear-sky
ECHAM4 Plank, cloudy-sky
ECHAM4 Plank, clear-sky
ECHAM4 weighted, cloudy-sky
ECHAM4 weighted, clear-sky

Fig. B.3: Shortwave heating rate
anomalies due to stratospheric aerosol,
calculated with ECHAM4 (coloured
lines) and uvspec (black line). The
aerosol size distribution as calculated
from gap-filled SAGE II data set
(SA1.8 1) for January 1992 at the
equator is used.
Blue and green
lines used optical properties in NIR
weighted with the black body spectrum as described in Schraner et al.
(2008), red lines use optical properties in NIR weighted with solar flux
at tropopause and absorption by H2 O
and O3 .

And the single scattering albedo for the NIR range is:
ω=

ks
ks + ka

(B.4)

Table B.1: Change in aerosol optical properties in NIR due to different weighting of the
individual infinite spectral ranges within the NIR band.

optical property
extinction (km−1 )
single scattering albedo
asymmetry factor

Planck’s law weighting
0.0161
0.995
0.731

Absorption based weighting
0.00525
0.967
0.736

For volcanic situation the optical properties in the NIR changed remarkably due to
the new weighting. In January 1992 the extinction retrieved from gap-filled SAGE II data
set (SA1.8 1, see Chapter 4 Section 4.2.2) at the equator at 50 hPa decreased by factor
3 (from 0.016 km−1 to 0.0025 km−1 ). The single scattering albedo increased by 3% from
0.995 to 0.967 (see Table B.1).
The effect on the SW heating rates due to the new weighting is shown in Figure B.3.
The SW heating rate spans the spectral range from ultra violet to NIR (0.25–4 µm) and
could by reduced by factor 3 due to the weighting described with equation B.1 to B.4.
The ECHAM4 SW heating rate for clear-sky condition shows now the same amplitude as
the one calculated with the reference model uvspec (see Section 2.3 and 3.2.1). The SW
heating rate for cloudy-sky condition could be reduced from 0.22 to 0.18 K/day.

Appendix C

Modelling Mt. Pinatubo eruption:
Additional material
In this appendix additional graphs corresponding to Chapter 4 are shown:
• Heating rate profiles May 1992 (EQ)
• Heating rate profiles May 1992 (35◦ N)
• Heating rates January 1993 (EQ, 35◦ N)
• Zonal mean extinction from June 1991 to June 1993 (EQ, 60 hPa and 35◦ N), 40 hPa)
• Zonal mean extinction profiles in December 1991 (EQ and 35◦ N)

132

APPENDIX C. MODELLING PINATUBO: ADDITIONAL MATERIAL

(b)
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Fig. C.1: Net clear-sky heating rates due to stratospheric aerosols at the equator in May
1992 for AER model runs, SA1.8 1 and SA1.2 05 calculated with uvspec. First line for clearsky condition, second line for overcast condition. a,c) radiative heating due to absorption and
scattering of solar radiation (250–4000 nm), b,d) radiative heating due to absorption of terrestrial radiation (4.5–35 nm). Blue solid curve in c and d is overcast heating rates as proposed
by CCMVAl (http://www.pa.op.dlr.de/CCMVal/Forcings/CCMVal Forcings WMO2010.html,
Stenchikov pers. communication).
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Fig. C.2: Like Figure C.1 but for 35◦ N.
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Fig. C.3: Clear-sky net heating rates due to stratospheric aerosols in January 1993 at the
equator (a,b,c) and at 35◦ N (d,e,f) AER model runs, SA1.8 1 and SA1.2 05 calculated with
uvspec. For further explanaition see caption of Figure 4.17
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Fig. C.4: Zonal mean extinction from June 1991 to June 1993. First column at EQ (5◦ S–5◦ N)
at 60 hPa, second column at northern midlatitudes (30–40◦ N) at 40 hPa.
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Fig. C.5: Zonal mean extinction in December 1991. a–e) at EQ (5◦ S-5◦ N) and f–i) at northern
midlatitudes (30-40◦ N).

Appendix D

Ozone destruction and production
cycles
In the following the rate limiting reactions of the O3 production and destruction cycles are
listed and the resultant O3 balance equation is shown. The O3 destruction cycles are described in section 5.8.2. The reactions are named like reaction turnover rates implemeted
in SOCOLv.2 (Schraner, 2008).

D.1

Ozone production cylces:
OZP RODO2 :
OZP RODCO :
OZP RODCH4 :

D.2

JO

2
O2 + hν −→
2O

(D.1)

a26

(D.2)

c5

(D.3)
(D.4)

HO2 + NO −→ NO2 OH

CH3 O2 + NO −→ CH3 O2 + NO2

Ozone destruction cylces:

Canibalistic:
1
O + O + M −→
O2 + M

k

(D.5)

OZDEST O6 :

3
O + O3 −→
2O2

k

(D.6)
(D.7)

OZDEST H9 :

2
H + O3 −→
OH + O2

OZDEST T 22 :

HOx cylce:

OZDEST H2 :
OZDEST H3 :
OZDEST H6 :
OZDEST H5 :

a

(D.8)

a5

(D.9)

a6

OH + O3 −→ HO2 + O2

(D.10)

a6b

(D.11)

a7

(D.12)
(D.13)

OH + O −→ H + O2

HO2 + O3 −→ OH + 2O2
HO2 + O −→ OH + O2
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NOx cylce:
OZDEST N6 :
OZDEST N15 :

b

3
NO2 + O −→
NO + O2

JNO

b

(D.14)

NO3 + hν −→3 NO + O2

(D.15)
(D.16)

d

(D.17)

d33

(D.18)

ClOx cycle:
OZDEST C5 :
OZDEST C11 :

3
ClO + O −→
Cl + O2

ClO + HO2 −→ HOCl + O2
JCl

O

OZDEST C15 :

2 2
Cl2 O2 + hν −→
2Cl + O2

(D.19)

OZDEST C15A :

48
ClO + ClO −→
Cl2 + O2

(D.20)
(D.21)

d

BrOx cycles:
OZDEST B08 :
OZDEST B06 :
OZDEST B13 :
OZDEST B11 :

e

(D.22)

e3

(D.23)

e15

(D.24)

e6

(D.25)
(D.26)

5c
BrO + ClO −→
BrCl + O2

BrO + O −→ Br + O2

BrO + HO2 −→ HOBr + O2

BrO + BrO −→ 2Br + O2

δ(Oy )
+ ∇ · Φ(Oy ) + 2k1(M)(O)2 + 2k3 (O)(O3)
δt
+ a2 (H)(O3) + a5 (OH)(O) + a7 (HO2)(O)
+ a6 (OH)(O3) + a6b (HO2)(O3 )
+ 2b3 (NO2 )(O) + 2d3 (ClO)(O)
+ 2e3 (BrO)(O) + d33 (ClO(HO2)
+ e15 (BrO)(HO2) + 2JCl2 O2 (Cl2 O2 )
+ 2d48 (ClO)2 + 2e6 (BrO)2
+ 2e5c (BrO)(ClO) + 2JN O3 b (NO3 )
= 2JO2 (O2) + a26 (HO2 )(NO)
+ c5 (CH3 O2 )(NO)

Appendix E

Geo-engineering side effects:
Additional material
In this appendix additional graphs corresponding to Chapter 5 are shown:
• Vertical profiles of CH4 changes due to geoengineering
• Vertical profiles of N2 O changes due to geoengineering
• Zonal mean annual total ozone changes due to geoengineering
• Zonal mean annual ozone and temperature changes due to geoengineering

GEO1
GEO2
GEO5
GEO10
GEO5nR
GEO5nC

Fig. E.1: Annual zonal mean CH4 anomalies for south polar region a), tropics b) and north
polar region c) with respect to base scenario (GEO0).
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GEO1
GEO2
GEO5
GEO10
GEO5nR
GEO5nC

Fig. E.2: Annual zonal mean N2 O anomalies for south polar region a), tropics b) and north
polar region c) with respect to base scenario (GEO0).

normal aerosol
no aerosol
low SST
no radiation
no chemistry
low strat. H2O
no sedimentation
low halogens

Fig. E.3: Annual mean total ozone change with respect to an annual injection of 5 Mt/a
sulphur using the version of the AER 2D aerosol model applied in the Thomason and Peter
(2006) ( AER20 ASAP see Section 4.2.3). All scenarios are calculated according to this AER
model version and are forced by a annual injections of 5 Mt/a sulphur (except for ”no aerosol”,
which is forced by background sulphur emissions). ”Low SST” refers to sea surface temperatures
mean of 1900-1930 as an approximation of a lowering of SSTs on average by 1 K resulting from
steady-state geoengineering application; ”low strat. H2 O” refers to on average 1.4 ppmv less
H2 O; ”no sedimentation” refers to sedimentation turned off in the AER aerosol model.
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(a)

(d)

(b)

(e)

(c)

(f)

Fig. E.4: Annual zonal mean anomalies of temperature and ozone for GEO5nR, GEO5nC and
GEO5 (with respect to GEO0 (year 5-30)). Hatched regions show statistically significant regions
on 95% confidence intervall.
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