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Abstract
Warm conveyor belts (WCBs) are dynamically and physically important airstreams in
midlatitude cyclones. They ascend within approximately two days from the boundary
layer to the upper troposphere ahead of the surface cold front, and thereby transport
large quantities of heat, moisture and trace substances upward and toward the poles.
The rapid ascent leads to the formation of warm, mixed-phase and ice clouds and
strong precipitation. These intense cloud-diabatic processes have a profound impact
on the tropospheric potential vorticity (PV) distribution, and thereby on the dynamics
of the synoptic-scale and large-scale flow. In the early phase of the WCB ascent, below
the diabatic heating maximum, PV production results in the formation of a strong lowlevel positive PV anomaly. In the upper troposphere diabatic PV reduction generates
negative PV anomalies in the WCB outflow, which can interact with the extratropical
waveguide and influence the downstream flow evolution.
In this thesis the role of WCBs for the weather and climate system is investigated under
different aspects. The goal is to characterize the vertical cloud structure of WCBs in
satellite observations and reanalysis data, and to quantify the effect of WCB-related
moist diabatic processes on cyclone intensification and extreme events.
In the first part of the thesis the role of WCBs and their associated positive low-level
PV anomalies is investigated for extratropical cyclones in Northern Hemisphere (NH)
winter, using ERA-Interim and composite techniques. The Spearman correlation coefficient of 0.68 implies a moderate to strong correlation between cyclone intensification
and WCB strength. Hereby, cyclone intensification is quantified by the normalized
maximum 24-h central sea level pressure (SLP) deepening and WCB strength by the
WCB air mass associated with the cyclone’s 24-h period of strongest deepening. Explosively intensifying cyclones typically have strong WCBs and pronounced WCBrelated PV production in the cyclone center; they are associated with a WCB of type
W2, which ascends close to the cyclone center. Cyclones with similar WCB strength
but weak intensification are either diabatic Rossby waves, which do not interact with
an upper-level disturbance, or cyclones where much of the WCB-related PV production occurs far from the cyclone center and thereby does not contribute strongly to
cyclone deepening (WCB of type W1, which ascends mainly along the cold front). The
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category of explosively intensifying cyclones with weak WCBs is inhomogeneous but
often characterized by a very low tropopause or latent heating independent of WCBs.
These findings reveal that (i) diabatic PV production in WCBs is essential for the intensification of many explosive cyclones, (ii) the importance of WCBs for cyclone development strongly depends on the location of the PV production relative to the cyclone
center, and (iii) a minority of explosive cyclones is not associated with WCBs.
In the second part the ERA-Interim-based WCB climatology is combined with satellite observations from the CloudSat radar and the CALIPSO lidar to investigate in NH
winter the vertical cloud structure of WCBs during the inflow, ascent and outflow, and
to evaluate the representation of WCBs in the reanalysis data set. Based on case studies and climatological investigations it is shown that (i) WCB air masses are often part
of vertically extended, strongly precipitating clouds, (ii) ERA-Interim represents the
broad structure of WCB-related clouds relatively well, (iii) embedded convection can
occur above the inflow and during the ascent, which is typically not captured by ERAInterim, (iv) ice clouds often extend above the WCB outflow level, indicating in situ
cirrus formation in response to the strong WCB-related lifting, and (v) the representation of the ice water content within WCBs in ERA-Interim is relatively good in the
ice clouds, but poor in the mixed-phase clouds as a result of the simplified diagnostic
relationships for snow and mixed-phase clouds in ERA-Interim.
The last part of the thesis examines the meteorological processes leading to an extreme
Arctic warm event at the turn of the year 2015/2016. Strong WCB activity associated
with an intense Icelandic low contributed to the diabatic amplification of a downstream ridge and the formation of a strong, persistent blocking anticyclone extending
from central Europe to the North Pole. An intense poleward upper-level jet established along the western side of the blocking. Below the blocking a pronounced westeast SLP gradient developed between the Icelandic low and the high-pressure center
over Scandinavia. The SLP gradient was in turn accompanied by an exceptionally intense poleward low-level jet that transported warm air to the North Pole. Air masses
from three different source regions contributed to the warm event, and they were characterized by different processes prior to arriving in the Arctic: (i) cold, polar air masses
that were heated by surface fluxes during a cold air outbreak, (ii) warm, subtropical air masses that were continuously cooled during their poleward transport, and
(iii) midlatitude air masses originating in the upper troposphere, which were heated
adiabatically during their strong descent. The findings reveal that the Arctic warm
event resulted from the superposition of several exceptional synoptic-scale phenomena, whereby diabatic processes in the WCB outflow played a key role for allowing the
warm air to reach the North Pole. This corroborates the results from previous studies
that WCBs are essential for the formation of high impact weather events.

Zusammenfassung
In aussertropischen Zyklonen bilden sogenannte Warmluft-Förderbänder (“warm
conveyor belts”, WCBs) dynamisch und physikalisch wichtige Luftströmungen. Sie
steigen innerhalb von ungefähr zwei Tagen an der Vorderseite von Kaltfronten von der
Grenzschicht in die obere Troposphäre auf und transportieren dabei grosse Mengen an
Wärme, Feuchtigkeit und Spurenstoffen aufwärts und in Richtung der Pole. Während
des Aufstiegs entstehen Warmphasen-, Mischphasen- und Eisphasenwolken und starke Niederschläge. Die intensiven diabatischen Prozesse, welche in den Wolken stattfinden, haben eine starke Auswirkung auf die troposphärische Verteilung der potentiellen Vortizität (PV), und damit auf die synoptisch- und grossskalige Strömung. In der
frühen Aufstiegsphase des WCB, unterhalb des diabatischen Heizmaximums, führt
PV-Produktion zur Entstehung einer starken positiven PV-Anomalie. In der Tropopausenregion, im oberen Teil des WCB, entsteht durch diabatische PV-Reduktion eine
negative PV-Anomalie. Diese kann mit der Strömung der mittleren Breiten wechselwirken und deren Entwicklung stromabwärts beeinflussen.
In dieser Doktorarbeit wird die Rolle der WCBs für das Wetter- und das Klimasystem
unter verschiedenen Gesichtspunkten untersucht. Die Ziel ist, die vertikale Wolkenstruktur der WCBs in Satellitenbeobachtungen und Reanalyse-Daten zu charakterisieren und den Einfluss von feucht-diabatischen Prozessen in WCBs auf die Zyklonenintensivierung sowie auf Extremereignisse zu quantifizieren.
Der erste Teil der Arbeit untersucht mit Hilfe von ERA-Interim-Reanalysen und
Komposit-Techniken den Einfluss von WCBs und der dazugehörigen positiven
PV-Anomalien auf aussertropische Zyklonen im nordhemisphärischen Winter. Der
Spearman-Korrelationskoeffizient von 0.68 deutet auf eine moderate bis hohe Korrelation zwischen Zyklonenintensivierung und Stärke des WCB hin. Dabei wird die Zyklonenintensivierung durch die normalisierte maximale Vertiefung des Kerndrucks
auf Meeresniveau innerhalb von 24 Stunden ausgedrückt, und die dazugehörige
Stärke des WCB entspricht der WCB-Luftmasse, welche während den 24 Stunden der
maximalen Zyklonenvertiefung vorhanden ist. Zyklonen, die sich explosiv intensivieren, haben typischerweise starke WCBs und eine ausgeprägte dazugehörige PVProduktion im Zyklonenzentrum; sie besitzen einen WCB vom Typ W2, welcher in der
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Nähe des Zentrums aufsteigt. Zyklonen mit einem ähnlich starken WCB, aber schwacher Intensivierung, sind entweder diabatische Rossby-Wellen, welche nicht mit einer
Störung in der oberen Troposphäre wechselwirken, oder Zyklonen, in welchen ein
Grossteil der PV-Produktion im Zusammenhang mit WCBs fernab des Zentrums auftritt und damit weniger stark zur Zyklonenintensivierung beiträgt (d.h. WCBs vom
Typ W1, welche hauptsächlich an der Kaltfront aufsteigen). Die Kategorie der Zyklonen, welche sich explosiv intensivieren und einen schwachen WCB haben, ist inhomogen, aber oft mit einer tiefen Tropopause oder mit latenter Wärmefreisetzung
unabhängig von WCBs verbunden. Diese Ergebnisse zeigen, dass (i) diabatische PVProduktion in WCBs für die Intensivierung vieler explosiver Zyklonen eine wesentliche Rolle spielt, (ii) die Bedeutung von WCBs für die Zyklonenentwicklung stark
davon abhängt, wo relativ zum Zyklonenzentrum die PV-Produktion stattfindet, und
(iii) eine Minderheit der explosiven Zyklonen nicht mit WCBs im Zusammenhang
steht.
Im zweiten Teil der Arbeit wird die auf ERA-Interim basierende WCB-Klimatologie
mit Satellitenbeobachtungen des CloudSat-Radars und des CALIPSO-Lidars kombiniert, um im nordhemisphärischen Winter die vertikale Wolkenstruktur der WCBs
vor, während und nach dem Aufstieg zu untersuchen und die Darstellung der WCBs
in ERA-Interim auszuwerten. Mit Hilfe von Fallstudien und klimatologischen Untersuchungen wird gezeigt, dass (i) WCBs oft Teil hochreichender Wolken mit starkem
Niederschlag sind, (ii) ERA-Interim die grossräumige Wolkenstruktur der WCBs relativ gut darstellt, (iii) eingebettete Konvektion vor und während des WCB-Aufstiegs
oberhalb der WCB-Luftmassen vorkommen kann, was von ERA-Interim normalerweise nicht erfasst wird, (iv) sich Eiswolken oft über die WCB-Obergrenze erstrecken,
was darauf hinweist, dass sie sich lokal (in situ) formten, als sie durch den stark aufsteigenden WCB angehoben wurden, und (v) in ERA-Interim die Darstellung des Eiswassergehaltes in WCBs in den Eisphasenwolken relativ gut ist, wohingegen sie in
den Mischphasenwolken aufgrund der vereinfachten diagnostischen Beziehungen für
Schnee und Mischphasenwolken im Modell schwach ist.
Der letzte Teil der Arbeit analysiert die meteorologischen Prozesse, welche Ende
Dezember 2015 und Anfang Januar 2016 zu aussergewöhnlich hohen Temperaturen in der Arktis geführt haben. Starke WCB-Aktivität in Verbindung mit einem intensiven Islandtief trug zur diabatischen Erweiterung des stromabwärts gelegenen
Höhenrückens bei. Dies führte zur Bildung einer starken, langlebigen, blockierenden
Antizyklone in der oberen Troposphäre, welche sich von Zentraleuropa bis zum Nordpol erstreckte. Eine intensive, polwärts gerichtete Windströmung bildete sich in der
oberen Troposphäre entlang der Westseite der blockierenden Antizyklone. Darunter
entwickelte sich ein starker, von West nach Ost ausgerichteter Bodendruckgradient
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zwischen dem Islandtief und dem Hochdruckzentrum über Skandinavien. Der Bodendruckgradient ging wiederum einher mit einer aussergewöhnlich starken, polwärts
gerichteten Windströmung in der unteren Troposphäre, welche warme Luft zum
Nordpol transportierte. Luftmassen aus drei verschiedenen Herkunftsgebieten trugen
zum Warmereignis bei, und sie durchliefen verschiedene Prozesse, bevor sie die Arktis erreichten: (i) kalte, polare Luftmassen, welche während eines Kaltluftausbruchs
durch Wärmeflüsse aufgeheizt wurden, (ii) warme, subtropische Luftmassen, welche
während ihres Transports in Richtung Nordpol kontinuierlich abgekühlt wurden, und
(iii) Luftmassen der mittleren Breiten aus der oberen Troposphäre, welche während
ihres starken Abstiegs adiabatisch aufgewärmt wurden. Die Ergebnisse zeigen, dass
die vorübergehende Erwärmung in der Arktis das Resultat einer Überlagerung von
mehreren aussergewöhnlichen Ereignissen war, wobei diabatische PV-Reduktion im
oberen Bereich des WCB eine wesentliche Rolle spielte, damit die warmen Luftmassen den Nordpol erreichen konnten. Dies bestätigt die Ergebnisse früherer Studien,
dass WCBs für die Entstehung von Extremereignissen von zentraler Bedeutung sind.

Chapter 1
Introduction
Extratropical cyclones are key components of the global climate system. They strongly
influence daily weather throughout the midlatitudes and are often linked to extreme
events like heavy precipitation and intense wind (e.g., Wernli et al., 2002; Pfahl and
Wernli, 2012b). They are typically associated with well-defined moist ascending
airstreams referred to as warm conveyor belts (WCBs; e.g., Harrold, 1973; Carlson,
1980). WCBs are responsible for most of the cloud and precipitation formation and
poleward energy transport in extratropical cyclones (Browning, 1990), and thereby
they play a crucial role for the hydrological cycle and the Earth’s energy balance.
WCBs are also essential from a dynamical point of view. The intense cloud-diabatic
processes within the ascending airstreams lead to potential vorticity (PV) modifications in the lower and upper troposphere, which can have a profound impact on the
evolution of the synoptic- and large-scale flow (e.g., Wernli and Davies, 1997). Recent studies have shown that forecast errors in numerical weather prediction can be
related to an inaccurate representation of WCBs and the associated diabatic processes
(e.g., Gray et al., 2014; Madonna et al., 2015). Many of the complex dynamical and
physical processes occurring in WCBs have not yet been investigated in detail. In order to advance the understanding of WCBs and their role for the weather and climate
system, this thesis aims to characterize the vertical cloud structure of WCBs in satellite observations and reanalysis data, and to quantify the effect of diabatic processes
in WCBs on cyclone intensification and extreme events. The following paragraphs
provide a historical overview of extratropical cyclone research from a Lagrangian perspective, and then highlight the main properties of WCBs and the importance of these
airstreams for atmospheric dynamics.

Parts of this Chapter have been published in Binder et al. (2016).
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Figure 1.1: Schematic illustration of the meteorological processes leading to a U.S.
snow storm in 1836, as visualized by Loomis (1841). The confluence of cold northwesterly and warm south-easterly air currents results in a lifting of the warm moist
air above the colder air, which gives rise to precipitation.

1.1

Airflows in extratropical cyclones

The formation, development and three-dimensional structure of extratropical cyclones
have been the subject of meteorological research for at least two centuries. Two distinct
approaches have commonly been used to observe and analyze the flow within these
systems: the Eulerian framework, which describes the flow evolution at a fixed position, and the Lagrangian framework, which follows trajectories of specific air parcels
in space and time. The Eulerian framework is suitable from an observational perspective and has therefore been used most often. The Lagrangian specification is a more
cumbersome observational frame and mathematically more complicated. However,
the Lagrangian specification is often physically more meaningful and has proven invaluable to understand the complex four-dimensional flow and the associated cloud
and precipitation patterns within extratropical cyclones (e.g., Carlson, 1980; Browning,
1990; Wernli and Davies, 1997; Wernli, 1997).
The study of extratropical cyclones from a Lagrangian perspective goes back at least
to the 19th century (see historical reviews by Kutzbach, 1979; Wernli, 1995), when me-

Figure 1.2: Confluence of polar
(blue) and tropical (brown) air
currents and formation of cyclonic
vortices in the storm model of
Fitzroy (1863). The black arrows
indicate the average direction of
motion of the two currents.
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Figure 1.3:

Schematic illustra-

tion of the thermal theory of cyclones. (bottom) Horizontal representation and (top) vertical cross
section through the cyclone center (C) along the line A–B. The
solid lines represent isobars and
the arrows the motion of the air
masses. The warmest air and lowest pressure occur along the vertical axis of the cyclone (dashed line
in the cross section). The circulation is cyclonic below and anticyclonic above the dotted line. From
Kutzbach (1979).

teorological processes were typically characterized in terms of air currents, air masses
and airstreams. Dove (1841) described the formation of midlatitude cyclones by a mechanical “conflict” between two distinct air currents, a warm and humid equatorial
current and a cold and dry polar current. Similarly, Loomis (1841) investigated a snow
storm in the United States and concluded that the heavy precipitation was caused by
the lifting of a warm tropical current above a cold polar current (Fig. 1.1). Based on
the analysis of synoptic maps, Fitzroy (1863) developed a storm model where he visualized the confluence of warm and cold air currents in cyclonic vortices (Fig. 1.2).
Air currents also played a role in the thermal theory of cyclones, which emerged in
the mid- to late 19th century as one of the first conceptual models of extratropical cyclones (Kutzbach, 1979). The theory was mainly based on the work of the American
meteorologist James Pollard Espy, who speculated that the main energy source of extratropical cyclones is the release of latent heat during condensation of water vapor in
moist ascending air currents within a symmetric vortex (Fig. 1.3).
Around the turn of the 19th century an increasingly dense network of surface observations, and the availability of a few upper-level observations, provided evidence for the
asymmetric nature of temperature, clouds and precipitation in extratropical cyclones,
and stressed the importance of the three-dimensional cyclone structure. Based on a
large observational dataset of cloud motions at different altitudes, Bigelow (1902) described counterflowing cold descending airstreams to the west, and warm ascending

4
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Figure 1.4: Structure of the developing cyclone in the Norwegian
cyclone model. Shown are the motion of warm and cold air masses
at the surface and the precipitation
distribution in a horizontal projection (middle), and the cloud and
precipitation distribution in vertical sections taken to the north
(top) and south (bottom) of the cyclone center. From Bjerknes and
Solberg (1922).

airstreams to the east of the cyclone center, respectively. Shaw (1903) and Shaw and
Lempfert (1906) carried out the first calculations of surface trajectories. They deduced
convergence and divergence lines in different areas of the cyclone and corroborated
the presence of distinct moist ascending, precipitation producing and dry descending
airstreams.
The Lagrangian concepts of the counteracting air currents were also taken up by the
Bergen School of meteorology and incorporated into the classical Norwegian polarfront model (Bjerknes and Solberg, 1922). The model explains the evolution of cyclones by the growth of instabilities along the polar front, a boundary between cold
polar and warm subtropical air masses. Figure 1.4, taken from Bjerknes and Solberg
(1922), shows streamlines of the motion of the warm and cold air masses in an idealized cyclone, and vertical sections of the cloud and precipitation distribution to the
north and south of the cyclone center. Despite the three-dimensional depiction, the
model was mainly based on surface observations, and only little information was
available on the upper-level structure of cyclones.
With the advent of upper-air observing networks, Rossby et al. (1937) and Namias
(1939) pioneered the concept of isentropic analyses in a system-relative frame of
reference to track and analyze the movement of characteristic airstream patterns in
synoptic-scale weather systems. Thereby, the flow is visualized by displaying either a
parameter assumed to be conserved, for example specific humidity, or streamlines assuming a steady state of the system, on dry or moist isentropic surfaces. Based on the
first method, Namias (1939) schematically illustrated the presence of moist ascending airstreams of tropical origin in the eastern part of an occluded cyclone, and dry
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Figure 1.5: Schematic illustration of the conveyor belt model based on Browning and
Roberts (1994), as visualized by Browning (1999). The WCB is divided into a primary
branch (W1, solid lines), which ascends along the cold front and produces the polarfront cloud band, and a secondary branch (W2, long-dashed lines), which approaches
the cyclone center (L) and ascends above the bent-back front into the cloud head. The
CCB (short-dashed lines) flows rearward along the cold side of the warm front and
then splits into a cyclonic and an anticyclonic branch. The dry intrusion (dotted lines)
originates in the upper troposphere and lower stratosphere and descends behind the
cold front. Clouds are indicated by scalloping and precipitation by stippling.

descending airstreams of polar origin in the western part. Using the second method,
Green et al. (1966) identified a warm southerly airstream that ascended along the leading edge of an upper-level trough, where it produced an elongated cloud band.
These and other isentropic analyses of the flow pattern within extratropical cyclones
provided the basis for the development of the quasi-Lagrangian conveyor belt model,
which describes three distinct, well-defined airstreams that move relative to the developing cyclone: the warm conveyor belt, the cold conveyor belt (CCB) and the dry
intrusion (Fig. 1.5; see reviews by Browning, 1990, 1999). This model is also useful
for understanding the distribution of clouds and precipitation on satellite and radar
images (Young et al., 1987; Browning and Roberts, 1994; Bader et al., 1995). The WCB
corresponds to the above mentioned airstream described by Green et al. (1966), which
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was further explored by Browning (1971), Harrold (1973) and Carlson (1980), among
others. It is a coherent warm and moist airstream, which originates in the boundary
layer of the cyclone’s warm sector and ascends rapidly to the upper troposphere while
moving toward polar regions. The WCB is the central element of this thesis and will
be described in more detail in the next Section. The CCB (Carlson, 1980; Schultz, 2001)
originates in the high-pressure system to the east and flows at low levels rearward relative to the cyclone along the cold side of the warm front. After passing underneath
the warm-frontal zone the CCB splits into two branches (Fig. 1.5); an anticyclonic
branch, which ascends to mid-levels and likely produces the cloud head, and a cyclonic branch, which remains at low levels and flows around the low-pressure center
(Schultz, 2001). The dry intrusion (Reed and Danielsen, 1958) descends from the upper troposphere or lower stratosphere on the western side of the upper-level trough.
It produces an almost cloud-free dry dark slot on water vapor satellite images.
With the advent of high-resolution numerical models, the existence of the airstreams
described by the conveyor belt model was confirmed by Wernli and Davies (1997) and
Wernli (1997), who calculated full three-dimensional trajectories and applied objective
Lagrangian selection criteria to identify coherent moist ascending and dry descending
trajectory ensembles. In contrast to the studies based on isentropic analyses, which
need to assume a steady state of the system, this fully Lagrangian analysis method allows to describe the three-dimensional structural development of the cyclone during
its entire life cycle. Within the last decades the calculation of trajectories has become
a widely used approach to study extratropical cyclones (see Section 1.2) and various
other meteorological processes like pollution transport (see review by Stohl, 1998),
stratosphere-troposphere exchange (e.g., Škerlak et al., 2014), moisture source diagnostics (e.g., Sodemann et al., 2008) and orographic flows (e.g., Miltenberger et al.,
2013).

1.2

Warm conveyor belts

The warm conveyor belt is the primary cloud and precipitation generating airstream
in extratropical cyclones and responsible for most of the system’s pole- and upward
transport of sensible and latent heat (Browning, 1990). It is also the main advective
mechanism for boundary layer ventilation by transporting pollutants and aerosols
into the free troposphere (Sinclair et al., 2008). The slantwise ascent leads to the formation of an elongated cloud band with warm clouds in the inflow, mixed-phase clouds
during the ascent and ice clouds in the outflow (Green et al., 1966; Browning, 1986;
Joos and Wernli, 2012). As illustrated in Fig. 1.5, in many descriptions the WCB is
divided into two branches (Young et al., 1987; Browning and Roberts, 1994; Brown-
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Figure 1.6: Unusual, equatorward ascending WCB trajectories (colored by pressure;
hPa) starting at 12 UTC 30 May 2013, which played a key role for the central Europe
flood event in June 2013. Overlaid is sea level pressure (black contours every 5 hPa)
at the starting time and potential vorticity at 320 K (green hatched > 2 pvu) at the
end time of the trajectories. The black and red dots mark the position of the WCB
air parcels at the starting time and after 12 h, respectively. The triangle highlights the
region affected by heavy precipitation. The gray trajectories mark “normal”, poleward
ascending WCB trajectories. From Grams et al. (2014).
ing, 1999; Martı́nez-Alvarado et al., 2014). The primary branch, W1, travels along the
cold front, and depending on the movement of the air relative to the cold front it can
be distinguished between rearward-sloping ascent above the cold front, and forwardsloping ascent above the warm front (cf. Browning, 1990). The secondary branch, W2,
approaches the cyclone center and rises above the bent-back front into the cloud head
(Fig. 1.5; according to Browning, 1999, the cloud head is due to the combined effect of
the W2 WCB and the CCB). In a case study of an extratropical cyclone, Wernli (1997)
identified both W1 WCB trajectories rising at the cold and warm front, respectively,
and a W2 flow ascending in the close vicinity of the cyclone center. A WCB of type W2
has also been identified in idealized experiments of moist baroclinic waves (Schemm
et al., 2013).
Madonna et al. (2014) presented a global WCB climatology for the years 1979-2010
based on trajectories calculated with the ERA-Interim reanalysis dataset from the European Centre for Medium-Range Weather Forecasts (ECMWF; Simmons et al., 2007;
Dee et al., 2011). Consistent with earlier WCB climatologies (Stohl, 2001; Eckhardt
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et al., 2004), they showed that WCBs are more frequent in winter than in summer,
with two preferential ascending regions in the western North Atlantic and North Pacific during boreal winter, and over South America in the lee of the Andes throughout
the year.
Using the same dataset as Madonna et al. (2014), Pfahl et al. (2014) revealed the crucial role of WCBs for total and extreme precipitation events in many regions of the
extratropics. The importance of WCBs for extreme precipitation was corroborated in
a study by Grams et al. (2014). They investigated the meteorological processes leading to a severe flooding event in central Europe in June 2013 and identified a special
type of WCB that unusually ascended equatorward (Fig. 1.6). Repeated Rossby wave
breaking established a rarely occurring reversed baroclinicity, with cold air over Italy
and warmer air over Germany. As a result, three cyclones tracked unusually westward, and the associated WCBs ascended equatorward along the southward sloping
isentropes and produced intense precipitation along the northern side of the Alps.

1.3

A PV perspective on warm conveyor belts

WCBs also play a fundamental role for the dynamics of the synoptic-scale and largescale flow. It is particularly insightful to investigate the dynamical role of WCBs from
the PV perspective (Hoskins et al., 1985). PV combines wind, temperature and pressure and all basic conservation laws in one single scalar quantity, and therefore provides a unifying framework for the study of atmospheric processes. PV modifications
within WCBs play a key role in this thesis. The following paragraphs first briefly describe the essential properties of PV, and then illustrate the dynamical relevance of
WCBs from the PV perspective. A detailed review on the history of PV and its importance for atmospheric dynamics can be found in Hoskins et al. (1985).
Ertel potential vorticity is defined as
1
η · ∇θ,
(1.1)
ρ
where ρ is the density, θ is the potential temperature, and η = ∇ × u + 2Ω is the absoPV =

lute vorticity vector, with u denoting the three-dimensional wind and Ω the angular
velocity vector of Earth’s rotation (Ertel, 1942; Hoskins et al., 1985).

PV is commonly expressed in PV units (pvu), with 1 pvu = 10−6 m2 s−1 K kg−1 . It
is a measure for both the vorticity and the stratification of the atmosphere. Typically,
values are low in the well-mixed troposphere and high in the strongly stratified stratosphere. The dynamical tropopause is often defined by the 2-pvu isosurface.
The essence of the PV perspective is described by two principles, the conservation
principle and the invertibility principle. The conservation principle states that PV is
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materially conserved in adiabatic and inviscid flow. Because the same is true for potential temperature, in the absence of diabatic processes and friction PV can be used as
a Lagrangian tracer on isentropic surfaces (in the tradition of the previously discussed
isentropic analyses). The invertibility principle states that in a balanced flow the wind,
temperature and pressure fields can be deduced from the PV distribution inside the atmosphere and potential temperature on the bounding surfaces. For example, isolated
positive (negative) PV anomalies, i.e., deviations from the climatological mean state,
are associated with a broad and deep region of cyclonic (anticyclonic) circulation and
low (high) pressure, along with a cold (warm) anomaly below (above) and a warm
(cold) anomaly above (below), respectively.
PV is modified by diabatic processes – which are particularly pronounced in WCBs –
or by friction. The Lagrangian rate of change of PV is given by
1
1
DPV
= η · ∇θ̇ + ∇θ · (∇ × F ) ,
Dt
ρ
ρ

(1.2)

where θ̇ denotes the diabatic heating rate, and F is the frictional force on momentum. When assuming that frictional forces and horizontal contributions to the diabatic
heating gradient can be neglected (which is typically true in the free troposphere on
synoptic and large scales), equation 1.2 can be approximated by
1
dθ̇
DPV
' (ζ + f ) .
Dt
ρ
dz

(1.3)

Here ζ is the vertical component of relative vorticity and f = 2Ω sin φ the Coriolis
parameter. Equation 1.2 indicates that in the Northern Hemisphere, where the vertical
component of absolute vorticity is typically positive, PV in an air parcel is produced
below and destroyed above a maximum in the diabatic heating rate, and the amount
of change is proportional to the vertical gradient of the heating rate. This leads to the
formation of a positive PV anomaly at low levels and a negative PV anomaly at upper levels. Figure 1.7, taken from Wernli and Davies (1997), shows schematically two
contrasting situations of diabatically produced PV anomalies. In the case of impulsive
diabatic heating (Fig. 1.7a) it is assumed that the heating only occurs during a short
time period, during which the movement of the air parcels can be neglected, resulting in vertically symmetric positive and negative PV anomalies below and above the
diabatic heating maximum. This situation was first discussed by Kleinschmidt (1950)
(see also Haynes and McIntyre, 1987; Hoskins, 1991). In contrast, in the case of steady
diabatic heating (Fig. 1.7b) lasting over a time period comparable to the vertical advection of the saturated air parcels from the low to the upper troposphere, the positive
PV anomaly is advected to the region of the maximum diabatic heating rate and the
negative PV anomaly into the upper troposphere.
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Figure 1.7: Schematic representations of diabatically produced positive and negative
PV anomalies in the case of (a) impulsive diabatic heating and (b) steady diabatic
heating. The region with diabatic heating is indicated by shading, and the diabatically
produced PV anomalies by hatching with a plus or minus sign. The solid lines in (a)
are isentropes and the curved arrows in (b) are ascending trajectories. Dθ and DP
indicate material derivatives of potential temperature and PV, respectively. Adapted
from Wernli and Davies (1997).

The steady state model was developed by Wernli and Davies (1997), and it describes
the characteristic PV modifications within WCBs that result from the intense clouddiabatic processes. As illustrated in Fig. 1.8, PV in the ascending WCB generally increases from typical tropospheric PV values of about 0.5 pvu in the WCB inflow, to
high values of more than 1 pvu in the lower and middle troposphere, followed again
by a strong decrease to low values of 0.5 pvu or less in the WCB outflow at upper
levels (Wernli and Davies, 1997; Wernli, 1997; Joos and Wernli, 2012; Schemm et al.,
2013; Madonna et al., 2014). In a detailed case study on microphysical processes along
a WCB, Joos and Wernli (2012) showed that the PV modification results from several
microphysical processes, in particular condensation of water vapor at low levels, and
depositional growth of snow at upper levels.
The high-PV air generated in the early phase of the WCB ascent constitutes a strong
positive PV anomaly in the lower and middle troposphere. Several studies have
shown that diabatically produced low-level PV anomalies can significantly enhance
the low-level circulation in cyclones and thereby contribute to their intensification
(Davis and Emanuel, 1991; Stoelinga, 1996). Particularly, many rapidly intensifying,
devastating winter storms have been associated with intense diabatic processes (e.g.,
Reed et al., 1992; Wernli et al., 2002; Ludwig et al., 2014). WCBs therefore have the
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(b)

Figure 1.8: Evolution of (a) pressure (hPa) and (b) PV (pvu) along two-day WCB trajectories starting at 18 UTC 5 October 2012. The WCB trajectories have been calculated
with ERA-Interim reanalyses using the identification method described by Madonna
et al. (2014) (see Chapter 2).

potential to substantially influence cyclone evolution. However, little is known about
the location of strongest WCB-related PV production relative to the cyclone center, and
the role of the positive PV anomalies for cyclone intensification.
The low-PV air in the WCB outflow produces significant negative PV anomalies in the
tropopause region, which can interact with the extratropical waveguide and thereby
substantially influence the downstream flow (e.g., Wernli, 1997; Pomroy and Thorpe,
2000; Massacand et al., 2001; Ahmadi-Givi et al., 2004; Grams et al., 2011; Madonna
et al., 2014; Methven, 2015). In particular, the negative PV anomalies are able to produce or intensify upper-level ridges, which can then lead to Rossby wave breaking
downstream of the ascending WCB, i.e., the formation of stratospheric PV streamers.
These WCB-related PV streamers can in turn trigger heavy precipitation events, as illustrated in several case studies (Massacand et al., 2001; Grams et al., 2011; Pfahl et al.,
2014). In addition, the diabatic PV reduction in the ascending airstreams plays an
important role for the onset and maintenance of atmospheric blockings – persistent,
synoptic-scale anticyclones that can lead to heat waves in summer and cold spells in
winter, respectively (Pfahl et al., 2015). These studies, as well as the above discussed
study about the central European flood event by Grams et al. (2014), emphasize the
crucial role of WCBs for triggering high impact weather events like heavy precipitation, heat waves, cold spells, and likely also intense low-level winds associated with
the diabatically generated low-level PV anomaly.
The linkage between WCBs and high impact weather, as well as the fundamental role
of WCB-related clouds and precipitation for the hydrological cycle and the radiative
balance of the atmosphere, emphasize the importance of an accurate representation
of WCBs and the associated clouds and precipitation in numerical weather predic-
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tion and climate models. Several studies indicated that an inaccurate representation
of WCBs and WCB-related diabatic processes can lead to errors in numerical weather
predictions (e.g., Gray et al., 2014; Martı́nez-Alvarado and Plant, 2014; Madonna et al.,
2015). Specifically, it has been shown that cloud-microphysical processes in WCBs
(Joos and Wernli, 2012; Joos and Forbes, 2016) and the initial moisture distribution in
the WCB inflow (Schäfler et al., 2011; Schäfler and Harnisch, 2015) can play a crucial
role for the meso- and large-scale flow evolution. However, diabatic processes are difficult to represent in global models because they typically occur on smaller scales than
the model resolution and must be parameterized, and because the understanding of
many physical processes occurring in warm-phase, ice-phase and particularly mixedphase clouds is still incomplete (e.g., Illingworth et al., 2007; Joos and Forbes, 2016).
This highlights the importance to analyze observational data of WCBs.

1.4

Objectives and outline of the thesis

The aim of this thesis is to further advance the understanding of the complex dynamical and physical processes associated with WCBs. Based on a combination of
illustrative case studies, climatological analyses, composite techniques and satellite
observations open research questions are addressed with regard to the role of WCBs
for the dynamics of cyclones and extreme events, and the vertical cloud structure of
WCBs in observations and reanalysis data. More specifically, the main objectives of
this thesis can be summarized as follows:
(A) Quantify the role of WCBs and their associated positive low-level PV anomalies
for the intensification of the associated cyclone (Chapter 3).
(B) Gain an observational perspective on the vertical cloud structure of WCBs in the
warm-phase, mixed-phase and ice-phase cloud segment using satellite data from
the CloudSat radar (Stephens et al., 2002) and the CALIPSO1 lidar (Winker et al.,
2003), and evaluate the representation of WCBs in ERA-Interim (Chapter 4).
(C) Identify the meteorological processes that led to record high surface temperatures in the Arctic at the turn of the year 2015/2016, and characterize the role of
WCBs for this extreme event (Chapter 5).
The structure of this thesis is as follows. Chapter 2 provides an overview of the global
WCB climatology of Madonna et al. (2014), which forms the basis of this thesis. The
objective WCB identification method is described and several updated figures from
the original 32-year climatology are presented for the extended period 1979-2014. The
1 Cloud-Aerosol

Lidar and Infrared Pathfinder Satellite Observation
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following Chapters address the aims outlined above. In Chapter 3 the relationship
between cyclone intensification and the strength of the associated WCB is investigated climatologically. The role of WCB-related positive PV anomalies for the structure and evolution of different cyclone categories is characterized based on a detailed
case study and composite techniques. Chapter 4 combines the WCB climatology with
CloudSat and CALIPSO data to study the internal cloud structure of WCBs, and to
evaluate their representation in ERA-Interim. The cloud structure is investigated separately for different WCB categories that are distinguished according to their cloud
phase into liquid clouds (WCB inflow), mixed-phase clouds (WCB ascent) and ice
clouds (WCB outflow), and into cloud-free segments of the inflow and outflow. Chapter 5 analyzes the atmospheric processes leading to an extreme Arctic warm event at
the end of December 2015 and in early January 2016. A particular focus is placed on
the role of the WCBs for allowing the warm air to reach the North Pole. Concluding
remarks on the main findings of this thesis, a discussion of potential limitations and
suggestions for further research are provided in Chapter 6.

Chapter 2
Warm conveyor belt climatology
This Chapter provides an overview of the global WCB climatology of Madonna et al.
(2014), which forms the basis of this thesis. In Section 2.1 the data and the objective
WCB identification method are described. Section 2.2 presents the climatological WCB
frequency during December to February (DJF) and June to August (JJA) for the years
1979-2014, and recapitulates the main findings of Madonna et al. (2014).

2.1
2.1.1

Data and method
ERA-Interim

The WCB climatology of Madonna et al. (2014) is based on ERA-Interim, the newest
global reanalysis dataset from the European Centre for Medium-Range Weather
Forecasts (Simmons et al., 2007; Dee et al., 2011). Reanalyses are produced by reassimilating the available observations with a fixed, modern data assimilation system
and numerical weather prediction model. Because of the temporal and spatial consistency of the produced fields, reanalyses are useful datasets for climatological studies
of atmospheric phenomena. ERA-Interim covers the period since the beginning of the
satellite era in 1979 until the present. It is based on the IFS model version Cy31r2
that was used for operational weather predictions from 12 December 2006 until 5 June
2007. The data assimilation system includes a four-dimensional variational analysis
scheme with a 12-hourly analysis cycle, which makes optimal use of the available observations. The spectral resolution of the model is T255 (corresponding approximately
to a horizontal resolution of 80 km) on 60 vertical levels, and the temporal resolution
is 6 hours. For the calculation of the WCB climatology the original fields have been
interpolated onto a regular grid with 1◦ horizontal resolution.
Parts of this Chapter have been published in Binder et al. (2016).
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Figure 2.1: Schematic illustration of the procedure to ensure that each WCB trajectory
matches with a surface cyclone area at least at one 6-hourly time step during the twoday ascent. From Madonna et al. (2014).

2.1.2

Trajectory calculation and WCB selection criteria

Madonna et al. (2014) identified WCBs based on the calculation of trajectories with the
LAGRangian ANalysis TOol LAGRANTO1 (Wernli and Davies, 1997; Sprenger and
Wernli, 2015) and the application of a Lagrangian selection criterion that accounts for
the strong ascent of WCBs (Wernli and Davies, 1997). Forward trajectories are started
globally, every six hours from an equidistant grid with ∆x = 80 km horizontal and
∆p = 20 hPa vertical resolution in the lower troposphere between 1050 and 790 hPa.
WCB trajectories are then identified as air parcels with a strong ascent of more than
600 hPa within 48 hours from the boundary layer to the upper troposphere. To avoid
a double counting of rapidly ascending WCB trajectories that fulfill the 600 hPa ascent
criterion for different trajectory starting times, in such cases only the last two-day period is selected during which the ascent criterion is fulfilled (see Madonna et al., 2014
for details). Furthermore, in order to exclude deep convective systems, the horizontal
position of the WCB trajectory must be collocated with a surface cyclone for at least
one 6-hourly time step during the ascent. This is illustrated schematically in Fig. 2.1
(from Madonna et al. 2014). The surface cyclones are identified with a slightly modified version of the method described by Wernli and Schwierz (2006) (see Chapter 3.2
for details). The trajectory data consists of the horizontal position, pressure and the
evolution of different physical parameters along the WCB path every 6 h during the
2-day ascent phase.
1 In

LAGRANTO, the calculation of kinematic trajectories is performed using the three-dimensional

gridded wind fields from the model (in this case ERA-Interim) and a forward time step of 30 minutes,
whereby the new position of the air parcel is obtained from the current position through three iterative
steps with an adjusted mean wind (Wernli and Davies, 1997; Sprenger and Wernli, 2015).

2.2 36- YEAR WCB CLIMATOLOGY (1979-2014)
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36-year WCB climatology (1979-2014)

Figure 2.2 shows for December to February and June to August, respectively, the
global climatological WCB frequency for the years 1979-2014 at the beginning, in the
middle and at the end of the two-day ascent phase. The units denote the percentage
of 6-hourly time steps with at least one WCB trajectory somewhere within the vertical
column at that grid point. The panels have been reproduced from Figs. 4d-f and 5d-f
from Madonna et al. (2014), which show the WCB climatology for the years 1979-2010.
As expected, the climatological WCB frequencies remain almost unaltered with the inclusion of four additional years. The main patterns described by Madonna et al. (2014)
can be summarized as follows (see also Chapter 1):
• WCBs are more frequent in winter than in summer.
• WCB starting points (Fig. 2.2a,d) occur most frequently at about 30◦ N in the
Northern Hemisphere (NH), and slightly further equatorward in the Southern
Hemisphere (SH).
• During NH winter (DJF; Fig. 2.2a) WCB starting points occur preferentially in
the western North Atlantic and North Pacific, to the south of the storm track
entrance regions (e.g., Wernli and Schwierz, 2006).
• During NH summer (JJA; Fig. 2.2d) a maximum of WCB starting points occurs

over the western North Pacific, China and Taiwan, where the mei-yu/baiu front
and the East Asian monsoon promote the ascent of warm, humid air. Another
maximum occurs over the southern Himalayan region.

• In the SH the WCB starting points reveal a maximum over South America in the
lee of the Andes throughout the year (Fig. 2.2a,d). The zonal variability of the
starting points is smaller than in the NH, especially during SH winter (JJA).
• WCBs move poleward and eastward during their ascent (Fig. 2.2b,c,e,f). In winter this motion is more pronounced than in summer, because of the stronger
baroclinicity.
• The WCB trajectories are most coherent at the beginning of the ascent

(Fig. 2.2a,d). They lose coherency in the upper troposphere in the WCB outflow,
where they become dispersed over almost the entire midlatitudes (Fig. 2.2c,f).
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(a) 0 h

(d) 0 h

(b) 24 h

(e) 24 h

(c) 48 h

(f) 48 h

Figure 2.2: Global WCB climatology for the years 1979-2014 in (a-c) DJF and (d-f)
JJA. Frequency of WCB trajectories (%) (a, d) at the start, (b, e) in the middle (after
24 h) and (c, f) at the end (after 48 h) of their two-day ascent. The units correspond to
the frequency of time steps with at least one WCB trajectory at a certain grid point.
Reproduced from Madonna et al. (2014).

Chapter 3
The role of warm conveyor belts for the
intensification of extratropical cyclones
in Northern Hemisphere winter

3.1

Introduction

Already in the 19th century some researchers pointed out the importance of latent
heating for the evolution of extratropical cyclones (see Fig. 1.3 in Chapter 1 and historical overview by Kutzbach, 1979), and since the 1950s, moist diabatic processes have
again received growing attention (see, e.g., the review by Uccellini, 1990). In particular, several case studies revealed their significant contribution to the intensification
of explosively deepening cyclones (e.g., Reed et al., 1992; Wernli et al., 2002; Ludwig
et al., 2014). Theoretical studies further corroborated the crucial role of latent heating for cyclone development, revealing an increased intensification rate and structural
changes in the presence of moisture (e.g., Mak, 1982; Emanuel et al., 1987). The majority of these studies adopted a PV perspective (Hoskins et al., 1985), where cyclone
development is described by the interaction of an upper-level positive PV anomaly, a
surface thermal anomaly, and a diabatically produced low-level positive PV anomaly
(see Chapter 1, Section 1.3, for the definition and basic properties of PV). In the mature stage of a cyclone, the three anomalies can become vertically aligned to form a
so-called PV tower – a column of anomalously high PV values spanning the troposphere and inducing a strong cyclonic circulation (Hoskins, 1990; Rossa et al., 2000;
Badger and Hoskins, 2001). The diabatically produced low-level PV anomaly can significantly enhance the low-level circulation in cyclones and thereby contribute to their
A slightly modified version of this Chapter has been published as Binder et al. (2016).
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intensification (Davis and Emanuel, 1991; Stoelinga, 1996). As discussed in Chapter 1,
intense diabatic heating and low-level PV production in extratropical cyclones occurs
in the warm conveyor belt (e.g., Wernli and Davies, 1997). In this study we investigate
whether these diabatically produced positive PV anomalies in WCBs affect cyclone
intensification – that is, whether they become involved in the formation of PV towers
in the center of cyclones. The following paragraphs provide more detailed information on theoretical studies on moist baroclinic instability, and diabatic processes in real
cyclones and in WCBs.

3.1.1

Moist baroclinic instability

Theoretical studies of moist baroclinic waves using linear and nonlinear models and
different latent heating parameterizations have demonstrated that diabatic processes
increase the growth rate and lead to a contraction of the region of ascent (Mak, 1982;
Emanuel et al., 1987; Whitaker and Davis, 1994). An increase in moisture results in
an enhanced cyclone intensification rate, a decrease in the minimum central pressure,
and an increase in precipitation and extreme surface winds (Booth et al., 2013).
De Vries et al. (2010) developed a theoretical framework to describe the evolution of
baroclinic waves in the presence of moisture. In this framework diabatic PV production is parameterized in terms of vertical motion, and PV anomalies are linearly partitioned into dry and moist components, which can interact with each other by their
induced meridional and vertical velocities. Four unstable interactions have been identified between moist and dry waves in different layers, ranging from the classical dry
instability (Eady, 1949) to fully moist instability, with two intermediate types resulting
from the interaction between a moist and a dry wave (see Cohen and Boos, 2016 for
a detailed review). Hence, in three out of the four categories diabatic processes are
crucial, but their interaction with the rest of the dynamics is different in each case.

3.1.2

Diabatic processes in real cyclones

The importance of moist processes for cyclone intensification has been pointed out
in numerous case studies. Examples of strongly diabatically influenced, explosively
intensifying cyclones include the Queen Elisabeth II storm in 1978 (Anthes et al.,
1983; Gyakum, 1983a,b), the Presidents’ Day storm in 1979 (Bosart, 1981; Atlas, 1987;
Whitaker et al., 1988), the Scamp storm in 1987 (Reed et al., 1992; Stoelinga, 1996),
Lothar in 1999 (Wernli et al., 2002; Rivière et al., 2010), and, more recently, Xynthia
in 2010 (Fink et al., 2012; Liberato et al., 2013; Ludwig et al., 2014). In their mature
stage, most of these cyclones were associated with a pronounced PV tower, with the
low-level positive PV anomaly resulting from intense condensational PV production.
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In a climatological study, Čampa and Wernli (2012) showed that the amplitude of the
upper-level, low-level and surface positive PV anomalies tend to be stronger in intense
than in weak cyclones. In the eastern North Atlantic, Dacre and Gray (2013) found a
significant sensitivity of cyclone intensity after 48 h to the presence of a diabatically
produced mid-level PV anomaly at the initial time. They suggested the PV anomaly
to be related to diabatic processes within the WCB, however without explicitly identifying the WCB by means of strongly ascending trajectories.
Two special categories of cyclones with an important contribution from low-level latent heating are type C cyclones (Deveson et al., 2002; Plant et al., 2003; Ahmadi-Givi
et al., 2004) and diabatic Rossby waves (DRWs; Parker and Thorpe, 1995; Boettcher
and Wernli, 2011, 2013). Type C cyclones are characterized by an interaction between
an upper-level dry and a diabatically generated low-level PV anomaly, while the surface thermal anomaly plays a minor role for the development. DRWs are low-level
positive PV anomalies located in a moist, baroclinic environment, sufficiently distant
from an upper-level disturbance such that coupling does not occur. They propagate
rapidly along the baroclinic zone by continuous regeneration of the DRW downstream
of its original position through diabatic processes.
In addition to the role of latent heating for cyclone intensification, a few publications
suggested that moist processes can also influence the track of extratropical cyclones.
In idealized cyclones, Coronel et al. (2015) found a faster northeastward and cross-jet
motion in the presence of moisture, corroborating earlier findings of idealized studies
(Mak, 1982) and simulations of real cyclones (e.g., Davis et al., 1993). They explained
the eastward motion by the diabatically produced low-level PV anomaly as in the
case of DRWs, and the northward motion by nonlinear advection by the upper-level
positive and diabatically enhanced negative PV anomalies forming up- and downstream, respectively. The importance of the upper-level PV and diabatic heating for
the cyclone’s poleward propagation was confirmed by Tamarin and Kaspi (2016), who
performed a detailed PV tendency analysis for cyclones in an idealized GCM.

3.1.3

Diabatic PV production in WCBs

In Chapter 1 it has been shown that the intense WCB-related cloud-diabatic processes
produce a strong positive PV anomaly in the lower and middle troposphere, and a
negative PV anomaly in the WCB outflow (see Fig. 1.8). In this study we focus on the
low-level positive PV anomaly that occurs during the early phase of the WCB ascent,
and its influence on the associated cyclone. Until now, very little is known about the
location of strongest WCB-related ascent and PV production relative to the cyclone
center, and whether these positive PV anomalies contribute to cyclone intensification.
In addition, no studies exist on the relative importance of the two typically distin-
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guished WCB branches for cyclone development (see Fig. 1.5 in Chapter 1), i.e., the
W1 and W2 flows that ascend along the cold front and close to the cyclone center,
respectively (e.g., Browning and Roberts, 1994; Wernli, 1997).

3.1.4

Objectives and structure of this study

The goal of this study is to quantify the role of WCBs and their associated positive
PV anomalies for the intensification of a large set of cyclones in Northern Hemisphere
winter. To this end, cyclone intensification will be measured as the normalized maximum sea level pressure (SLP) deepening over 24 h (Sanders and Gyakum, 1980), and
WCB strength will be quantified as the number and mass of the WCB trajectories associated with the cyclone at low levels during its strongest intensification (see Sections 3.2.3 and 3.2.4). An illustrative case study and detailed climatological analyses
will be used to address the following questions:
1) For a climatological set of cyclones, is there a correlation between cyclone intensification and the strength of the associated WCB?
2) What is the structure and evolution of strongly deepening cyclones with an intense WCB, and where do the WCB-related positive PV anomalies occur relative
to the cyclone center?
3) How do strongly deepening cyclones with an intense WCB differ in terms of
structure and evolution from (i) weakly deepening cyclones with an intense
WCB, and (ii) strongly deepening cyclones with a weak WCB?
In Appendix A.3 it is assessed how sensitive the answers to these questions are for
different measures of cyclone intensification. For the climatological analyses we will
use composite techniques, which have proven to be insightful to examine the common
characteristics of particular types of cyclones (e.g., Field and Wood, 2007; Bengtsson
et al., 2009; Catto et al., 2010; Dacre et al., 2012).
The structure of the remainder of this Chapter is as follows. Section 3.2 describes the
methods used in this study. In Section 3.3.1 the statistical connection between cyclone
intensification and WCB strength is discussed, and based on these measures three different cyclone categories are defined. The spatial distribution of the three categories is
presented in Section 3.3.2, and Section 3.3.3 compares the temporal evolution of various parameters for the categories. The category of explosively intensifying cyclones
with a strong WCB is discussed in Section 3.4, the category of weak cyclones with a
strong WCB in Section 3.5, and the category of explosively intensifying cyclones with
a weak WCB in Section 3.6. Section 3.7 provides a summary of the results and the
main conclusions.

3.2 D ATA AND METHODS

3.2
3.2.1
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Data and methods
Data

This study is based on the ERA-Interim reanalysis dataset from the European Centre
for Medium-Range Weather Forecasts (Simmons et al., 2007; Dee et al., 2011). The analysis is confined to the NH winter (December-February) for the period 1979-2014. As
described in Chapter 2, ERA-Interim data are available at a spectral resolution of T255
on 60 vertical levels and at a temporal resolution of 6 hours. The original fields are
interpolated onto a 1◦ × 1◦ longitude-latitude grid. From the primary data, potential

vorticity, potential temperature (θ), the horizontal wind velocity and the upper-level
forced quasigeostrophic (QG) vertical motion are calculated as secondary variables.
The QG vertical motion is calculated with the diagnostic of Clough et al. (1996). As
in Boettcher and Wernli (2011, 2013), the vertical motion induced by the upper levels,
defined as the layer between 500 and 100 hPa, is evaluated at 700 hPa.

3.2.2

WCB and cyclone identification

The study makes use of the WCB climatology provided by Madonna et al. (2014),
which is described in detail in Chapter 2. The climatology of extratropical cyclones
is based on a slightly modified version of the procedure developed by Wernli and
Schwierz (2006); the same as used in Madonna et al. (2014). It consists of an identification algorithm, which yields cyclone areas every 6 h, and a separate tracking algorithm. A surface cyclone is identified as the two-dimensional area surrounding one
or several local SLP minima enclosed by the outermost closed SLP contour, with the
maximum length of this contour restricted to 7500 km. The enclosed area is regarded
as the cyclone area. The tracking algorithm connects cyclone centers by searching
for each SLP minimum the most likely continuation among the identified minima six
hours later.
While the tracking algorithm mostly performs well, in some cases long-lived systems
are erroneously split into shorter-lived systems. In addition to very short tracks, this
can result in unrealistic cyclone life cycles – for instance, cyclones with a very low
SLP minimum and a large area already at the beginning of their tracks. To retain only
tracks with a realistic and well-defined cyclone life cycle, in the current analysis it is
specified that (i) the track duration is at least 48 h, and (ii) at the first time step of
the track the pressure difference between the outermost closed SLP contour and the
SLP minimum is less than 5 hPa. This threshold value of 5 hPa has been subjectively
chosen by analyzing a number of critical tracks. Of course not all unrealistic cases can
be filtered out with these requirements, while others are erroneously excluded, but
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nevertheless a detailed investigation of many cases showed that the large majority of
the retained tracks has a well-defined and realistic cyclone life cycle.
In addition to the two filters mentioned above, tropical cyclones are excluded from the
analysis by considering only tracks located north of 25◦ N at least for one 24-h interval.
In total, over the 36-year study period 5069 extratropical cyclones are found that meet
these criteria.

3.2.3

Attribution of WCBs to cyclones

To investigate the interaction between cyclone intensification and WCBs every WCB
trajectory is attributed to a cyclone. As described in Chapter 2, in our climatology it
is requested that every WCB trajectory matches with a surface cyclone area at least
once during the 2-day ascent. Here use is made of this criterion by identifying for
every cyclone, during the entire cyclone life cycle, all WCB trajectories that overlap
with the horizontal position of the cyclone area. Not all cyclones are associated with
WCB trajectories, but – because of the matching criterion set by Madonna et al. (2014)
– every WCB trajectory can be attributed to a cyclone.
In some cases a WCB trajectory matches with more than one cyclone during the 48 h.
Such a double counting can occur, for instance, when a WCB trajectory matches with
a first cyclone during the ascent, and with a second cyclone when the WCB outflow
later moves over the area encompassed by another cyclone. Since the focus of this
study is on the role of the low-level PV produced during the WCB ascent, in cases of
several matches at different stages of the 2-day ascent, a WCB trajectory is attributed
only to the first cyclone. By assigning every WCB trajectory to one cyclone track, we
obtain for every cyclone the number of associated WCB trajectories, as well as their
position and physical properties along the entire cyclone life cycle.

3.2.4

Measures for cyclone intensification and WCB strength

Following the approach of Sanders and Gyakum (1980), cyclone intensification is
quantified in units of Bergeron, with
∆SLP sin(60◦ )
·
.
∆SLPB =
24
sin(φ)
Here, ∆SLP is the change of the minimum SLP (hPa) over a 24-h interval along the
track, and φ is the mean latitude of the cyclone center during this interval. The cyclone
deepening rate (∆SLPB,max ) is then defined as the maximum value of ∆SLPB of all
24-h intervals along the track. In the present study, only 24-h intervals are considered
in which the cyclone is located entirely poleward of 25◦ latitude. After Sanders and
Gyakum (1980), cyclones with a deepening rate of at least 1 Bergeron are considered to
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be intensifying explosively as so-called bombs. This corresponds to a deepening rate
of 24 hPa in 24 h at 60◦ N. Alternative cyclone intensification measures that take into
account the climatological pressure distribution or are based on relative vorticity, and
their relationship with WCBs, are discussed in Appendix A.3.
The WCB strength associated with a certain cyclone is measured by counting the number of WCB trajectories that are attributed to this cyclone and located at low levels
(pressure > 500 hPa) sometime during the 24-h interval of strongest intensification.
The trajectories can in principle be outside the cyclone area during this 24-h period, as
long as they match with the cyclone at least once during their 2-day ascent. Because of
the equidistant starting grid of the WCB trajectories (see Chapter 2) every WCB trajectory represents the same amount of air mass [i.e., ∆m ≈ (1/g)(∆x )2 ∆p ≈ 1.3 × 1012 kg,

with g = 9.81m s−2 ], and the total WCB air mass at low levels associated with a cyclone is obtained by multiplying the number of WCB trajectories by ∆m.

To evaluate the statistical relationship between cyclone intensification and WCB
strength the Spearman rank correlation coefficient is used (Spearman, 1904). It is a
nonparametric measure for the monotonic relationship between two variables.

3.3

Connection between cyclone intensification and
WCB strength

3.3.1

Statistical relationship

Figure 3.1 shows for all ∼ 5000 cyclone tracks a two-dimensional histogram of the

statistical relationship between the WCB strength and the cyclone deepening rate
(∆SLPB,max ), and, separately, their one-dimensional histograms. The distributions of
WCB strength and cyclone intensification are positively skewed toward intense WCBs
and strong cyclone intensification rate, respectively. The latter is in accordance with
the statistical analyses by Roebber (1984) and Gyakum et al. (1989).
The red and light green colors in the two-dimensional histogram reveal that many cyclones are associated with a weak deepening and few WCB trajectories. Effectively,
45% of all cyclones are not associated with any WCB trajectory (of which 98.5% have
a deepening rate of less than 1 Bergeron), which is in good qualitative agreement with
the findings of Eckhardt et al. (2004). They mainly occur in regions of low climatological WCB frequency (Eckhardt et al., 2004; Madonna et al., 2014), in particular at high
latitudes, in the Mediterranean region and over the continents (not shown). The dark
green and blue colors in Fig. 3.1 indicate a tendency that more intense cyclones are
associated with stronger WCBs. This is confirmed by the Spearman rank correlation
coefficient of 0.68, which implies a moderate to strong positive correlation between cy-
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Figure 3.1: (bottom left) Two-dimensional histogram showing for every NH winter cyclone the deepening rate (∆SLPB,max ) (Bergeron; bin width = 0.1 Bergeron) and
the associated WCB strength, expressed by the mass of the WCB trajectories at low
levels integrated over the 24-h period of strongest pressure deepening (bin width ≈

0.33 × 1015 kg, corresponding to 250 WCB trajectories). Colors indicate the number of

cyclones in a specific bin. The corresponding one-dimensional histograms are shown
for (top) cyclone deepening, and (bottom right) WCB strength. The total number of
cyclones is 5069. The Spearman rank correlation coefficient between cyclone intensification and WCB strength is 0.68. The boundaries of category C1, C2 and C3 are
marked by the black lines, and the letters indicate the position of specific cyclones:
“C” – C1 case study discussed in Section 3.4.1; “K” – storm Klaus; “L” – storm Lothar;
“M” – storm Martin; “N1 ” and “N2 ” – nor’easter snowstorms in February 1995 and
January 2000, respectively; “P” – Presidents’ Day cyclone; “S” – Scamp storm; and “X”
– storm Xynthia.
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clone intensification and the strength of the associated WCB. In numbers, the average
deepening rate increases from 0.28 Bergeron for cyclones with less than 50 WCB trajectories, to 0.8 Bergeron for cyclones with a WCB trajectory number between 50 and
1500, and to 1.35 Bergeron for cyclones with more than 1500 WCB trajectories. However, a large scatter is apparent with some cyclones intensifying strongly without any
WCB contribution, and others having a strong WCB but intensifying only weakly.
The position of some prominent winter storms is marked by letters in the phase space
in Fig. 3.1. They all intensified explosively, and most of them were associated with
a strong WCB. Among those with a particularly strong WCB are the storms Martin
(Ulbrich et al., 2001) and Xynthia (Liberato et al., 2013), which caused major damage
in western and central Europe, as well as several memorable storms along and off
the U.S. East Coast, like the Presidents’ Day snowstorm (Bosart, 1981; Atlas, 1987;
Whitaker et al., 1988), the snowstorms of 4-5 February 1995 (Nicosia and Grumm,
1999) and 24-25 January 2000 (Zhang et al., 2002), and the devastating windstorm
Scamp (Reed et al., 1992; Stoelinga, 1996).
The winter storms Lothar and Klaus had a weaker WCB, although they have been
identified as strongly diabatically driven cyclones (Wernli et al., 2002; Fink et al., 2012).
In comparison to most of the above mentioned storms, which reached a considerable
size during explosive intensification, Lothar and Klaus both remained relatively smallscale storms, and their weak WCB strength is therefore related to the small size of these
cyclones. As a test, we performed an additional analysis, where the WCB strength is
measured by the number of WCB trajectories normalized by the cyclone area. Using
this measure, Klaus and Lothar both attain WCB strength at the high end of the distribution of all cyclones. On the other hand, for large cyclones such a normalization
resulted in a weak WCB strength when the WCB trajectories were concentrated in a
small area around the cyclone center. However, except for these two subgroups the
distribution of the cyclones in the phase-space diagram remained very similar as in
Fig. 3.1, indicating that for most cyclones it is meaningful to measure WCB strength in
absolute terms – that is, not normalized by the cyclone area.
To understand whether and how WCBs can influence cyclone intensity, in the following the structure and evolution of different cyclone categories, based on the phase
space shown in Fig. 3.1, is investigated in detail. The category boundaries of the C1
cyclones are defined by choosing from the explosively intensifying cyclones (deepening rate of at least 1 Bergeron) the 500 cases with maximum WCB strength. This
yields a lower threshold of 2.78 × 1015 kg for the WCB strength (equivalent to 2130

WCB trajectories). As evident in Fig. 3.1, many of the above discussed well-known
storms are in category C1. C2 cyclones (n = 101) have a similar WCB strength as C1
(at least 2.78 × 1015 kg) but a weak deepening rate of less than 0.8 Bergeron. Finally,
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Figure 3.2: Spatial distribution of cyclones at the beginning of their 24-h period of
maximum intensification. C1 cyclones are shown by gray labels (n = 500), C2 cyclones
are blue for subtype C2a (n = 29) and green for subtype C2b (n = 72), and C3 cyclones
are red (n = 154).
C3 cyclones (n = 154) are defined as explosively intensifying cyclones with a weak
WCB with a maximum of 0.33 × 1015 kg (equivalent to 250 WCB trajectories, Fig. 3.1).

Because of the positive correlation between cyclone intensification and WCB strength,
on average the C1 cyclones have a stronger WCB than C2 (on average 5.37 × 1015 kg

compared to 4.50 × 1015 kg in C2). Likewise, the average Bergeron value is larger in

C1 (1.67 Bergeron) than in C3 (1.27 Bergeron).

While for C1 and C3 the categories are analyzed as a whole, for C2 two subtypes are
distinguished: C2a cyclones (n = 29) do not interact with a tropopause disturbance
(defined by the 2-pvu contour on 315 K) during the entire 24-h period of strongest
intensification, while C2b (n = 72) are associated with at least a weak tropopause
interaction. The assignment to the two subtypes is based on manual analysis of the
individual cyclones. As shown in Appendix A.3, the attribution of the cyclones to the
three categories and their mean properties are fairly robust to the measure used to
define cyclone intensification.

3.3.2

Spatial distribution of the cyclones in C1, C2 and C3

Figure 3.2 shows the spatial distribution of the cyclones in the different categories at
the beginning of their strongest deepening (referred to in the following as t = 0 h,
while the middle and the end of the 24-h period of strongest SLP deepening will be
referred to as t = 12 h and t = 24 h, respectively). The majority of the C1 cyclones
is located between 25◦ and 50◦ N (mean latitude of 36◦ N) in the western and central
ocean basins in regions of high climatological WCB frequency (Fig. 2.2 in Chapter 2,
reproduced from Madonna et al., 2014).
The majority of the C2 cyclones also occurs in regions of high climatological WCB
frequency (Fig. 3.2). The C2a cases are located relatively far south (mean latitude <
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30◦ N at t = 0 h), and the C2b cyclones are slightly farther poleward (mean latitude of
36◦ N, as for C1).
In contrast to C1 and C2, many C3 cyclones occur at high latitudes or over the continents (Fig. 3.2) – both regions of low climatological WCB frequency. Additionally,
a large number of C3 cyclones are located in the western and central ocean basins,
although at more poleward latitudes than C1 and C2 (the mean latitude of all C3 cyclones is 49◦ N). Given their widespread occurrence, it is unlikely that C3 cyclones
share a common evolution pattern (see later).

3.3.3

Time evolution of different variables in C1, C2 and C3

Figure 3.3 illustrates for the three different categories the mean temporal evolution of
minimum SLP, the WCB air mass at low levels, and PV and relative vertical vorticity
at 850 hPa, area-averaged over a radius of 200 km around the cyclone center. To get
an impression of the strength of the WCB in the cyclone center, in addition the mass
of only the WCB trajectories at low levels located within 200 km radius around the
cyclone center (referred to as CLL WCB trajectories) is shown. The time evolution
of the 850 hPa PV anomaly and the 900 hPa θ anomaly, area-averaged within 200 km
around the cyclone center, together with the vertical and positive meridional velocity,
are shown in Fig. 3.4.
In category C1 the SLP drops explosively by more than 29 hPa to about 972 hPa during the 24 h time interval of strongest intensification, concomitant with a strong increase in low-level PV (by ∼ 0.87 pvu to 1.67 pvu, Fig. 3.3a; corresponding to an in-

crease in the PV anomaly from 0.38 pvu to almost 1.2 pvu, Fig. 3.4a) and low-level
relative vorticity (by ∼ 1.33 × 10−4 s−1 to 2.35 × 10−4 s−1 , Fig. 3.3a). The maximum

PV and relative vorticity are reached at the end of the strongest intensification phase,
while the SLP minimum occurs about 12 h later. This is in accordance with earlier
findings (e.g., Bengtsson et al., 2009). The increase in the θ anomaly from about 4 K
to 5 K is comparatively weak and peaks during the period of strongest deepening
(Fig. 3.4a). Both the total WCB air mass at low levels and the mass close to the cyclone center rapidly increase during the early development, reaching their maximum
of 1.181 × 1015 kg and 0.176 × 1015 kg, respectively, in the middle of strongest cyclone
deepening and decreasing thereafter (Fig. 3.3a). The evolution of the WCB air mass
correlates strongly with the vertical motion (Fig. 3.4a), which also peaks during the period of strongest intensification, consistent with theoretical expectations. On the other
hand, the correlation between vertical motion and low-level PV is rather poor. This
demonstrates the complex relationship between instantaneous vertical motion, latent
heating, and diabatically produced PV anomalies. As emphasized in previous studies (e.g., Wernli and Davies, 1997), the Lagrangian history of air parcels is essential to
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Figure 3.3: Mean temporal evolution of minimum SLP (hPa; blue), PV (pvu; orange)
and the vertical component of relative vorticity (10−4 s−1 ; green) at 850 hPa, both averaged in a radius of 200 km around the cyclone center, the WCB air mass at low levels
(1015 kg; red), and the WCB air mass at low levels within r = 200 km around the cyclone center (CLL WCB trajectories; 1015 kg; red dashed) for cyclones in category (a)
C1 (n = 500), (b) C2a (n = 29), (c) C2b (n = 72), and (d) C3 (n = 154). The beginning
(t = 0 h) and end (t = 24 h) of the strongest deepening are marked by vertical lines.
The mean values are only shown for time steps when at least 30% of the cyclones in
the respective category are present.

understand the observed PV structures, i.e., the PV evolution reflects in a complicated
way the time-integrated latent heating gradient and vertical motion field the air parcel
experienced during the previous hours. In contrast, the correlation between low-level
PV and meridional velocity is relatively strong (Fig. 3.4a), which presumably reflects
the fact that higher values of low-level PV induce a more pronounced cyclonic circulation. There is also some correlation between meridional velocity and the surface
warm anomaly, but it is considerably weaker than the correlation with low-level PV.
This points to a particularly important role of the low-level PV in terms of the induced
meridional winds compared to the surface warm anomaly, as discussed in more detail
in the following Sections and in Appendix A.2.
In C2 (Figs. 3.3b,c and 3.4b,c) the SLP decrease and vorticity increase are weak in comparison to C1, while the increase in the diabatically produced low-level PV is slightly
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Figure 3.4: Mean temporal evolution of different variables averaged in a radius of
200 km around the cyclone center. Potential temperature anomaly at 900 hPa (K; red),
PV anomaly at 850 hPa (pvu; orange), and the vertical (Pa s−1 ; gray) and meridional
(m s−1 ; black) velocity averaged in the vertical layer between 900-700 hPa for cyclones
in category (a) C1, (b) C2a, (c) C2b, and (d) C3. The PV and potential temperature
anomalies are obtained by subtracting the December-February climatological mean
from the field at each position. For the calculation of the meridional velocity, only
the positive values are considered. The beginning (t = 0 h) and end (t = 24 h) of the
strongest deepening are marked by vertical lines. The mean values are only shown for
time steps when at least 30% of the cyclones in the respective category are present.
more pronounced – albeit also weaker than in C1. As in C1 the WCB air mass at low
levels strongly increases during the beginning of development, but the maximum is
reached 6 h earlier. Despite the strong increase both subcategories of C2, and particularly C2a, are associated with a smaller WCB air mass than C1 between t = 0 h and
t = 24 h (maximum of 0.877 × 1015 kg in C2a, and 1.047 × 1015 kg in C2b, respectively).

This is in line with Fig. 3.1, and the weaker average WCB strength of the C2 cyclones

compared to C1. Remarkable is, however, that in C2a (Fig. 3.3b) the CLL air mass is of
about the same magnitude as in C1 during the intensification phase, with a maximum
of 0.179 × 1015 kg (and it decreases at a slower rate afterwards), implying that a large
fraction of the WCB trajectories in C2a is located near the cyclone center. In C2b, on the
other hand, the CLL WCB air mass is lower than in C1 and C2a, with a maximum of
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0.124 × 1015 kg (Fig. 3.3c), and also the mean PV value of these trajectories is lower (not

shown). The near-surface θ anomaly of the C2a cyclones is more pronounced than in

C1 and increases from about 5.3 K to 7 K during the strongest intensification, while in
C2b it is weaker and increases from about 3 K to 4 K (Figs. 3.4b,c). In C2a, the vertical
velocity is relatively strong in comparison to the meridional velocity (but smaller than
in C1), and correlates with the WCB air mass, while in C2b the meridional velocity is
stronger and co-varies relatively well with the low-level PV, as well as the surface θ
anomaly.
The C3 cyclones deepen explosively by about 27 hPa to a minimum SLP of 976 hPa
during the strongest intensification period (Fig. 3.3d), which is a slightly weaker deepening than in C1, in line with the slightly weaker mean Bergeron value discussed in
Section 3.3.1. The relative vorticity increase of 10−4 s−1 during that time interval is
0.3 × 10−4 s−1 less than for C1, but about twice the amount of the C2 cyclones. In comparison, the increase in low-level PV is weaker than in the other categories (Figs. 3.3d
and 3.4d). However, it is nevertheless substantial, indicating that also in C3 diabatic
processes are important. As for the C1 cyclones the maximum low-level PV and vorticity occur at the end of the strongest intensification, while the SLP minimum is reached
12 h later. Both the total mass and the mass of the CLL WCB trajectories are close to
zero during the entire cyclone development. The surface θ anomaly is positive, but
weak, and in contrast to the other categories it decreases during cyclone intensification (Fig. 3.4d). The time evolution of the vertical and meridional motion is similar to
C1, but the peak values are significantly lower.
In the following the three categories are analyzed with the help of composites that are
centered at the position of the SLP minimum. C1 cyclones are discussed first and in
greatest detail in the next Section, and their composites are shown at the beginning, in
the middle and at the end of the 24-h period of strongest intensification. The spatial
structure of the C2 and C3 cyclones does not change considerably during their intensification. Therefore, for these categories only the composites at t = 12 h are discussed.
Their composites at t = 0 h and t = 24 h are shown in Appendix A.1.
To identify a potential issue with conflation of basin-specific cyclone dynamics when
compositing both Atlantic and Pacific cyclones, in each category separate composites
have been created for the two regions (not shown). They showed that the overall
structure and the main characteristics of the cyclones are very similar in both regions.
In addition, it has been examined whether there is an issue in using different sample
sizes in C1 (n = 500) and C2a (n = 29) by comparing the composites of 29 randomly
selected C1 cyclones (not shown) to the entire C1 category. The structure of the subsample is very similar to the entire category, which indicates that a relatively small
sample of 29 cyclones is sufficient to capture the main features of a category.
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Category C1 – Explosively intensifying cyclones with
strong WCBs

Before proceeding to the C1 composite analysis a case study is described that represents the main characteristics of the C1 cyclones.

3.4.1

Case study

During the period 6-11 January 1990, an intense extratropical cyclone with a strong
WCB developed over the North Atlantic. The system underwent an explosive deepening of 44 hPa between 18 UTC 6 January and 18 UTC 7 January (corresponding to
2.4 Bergeron) and was associated with a WCB strength of 8.49 × 1015 kg (see Fig. 3.1,

label “C”). Overall the minimum SLP dropped by almost 80 hPa in the course of
54 hours.
The cyclone formed in the western North Atlantic (near 74◦ E, 35◦ N) at 12 UTC 6 January south of an intense baroclinic zone. Six hours later the system reached a minimum SLP of 1006 hPa (Fig. 3.5a). At upper levels a weak disturbance is located northwest of the developing system (Fig. 3.5a). Northeast of the cyclone, 250-hPa wind
speeds of more than 90 m s−1 are present (Fig. 3.5b).
A strong WCB is associated with the cyclone. The WCB inflow at 18 UTC 6 January
occurs near the cyclone center and to the east along the baroclinic zone (Fig. 3.6a). Figure 3.5a shows the position and mean PV values of all gridded WCB air parcels that are
located at low levels at 18 UTC 6 January – that is, not only of the trajectories starting
at that time step (Fig. 3.6a), but also of all WCB air parcels associated with the cyclone
that started ascending at earlier time steps and are still in the lower troposphere. The
PV values in Fig. 3.5a denote mean values over all trajectories at that grid point located
somewhere in the vertical column between 1000 and 500 hPa. Slightly to the west of
the cyclone center the values are highest (more than 0.7 pvu; Fig. 3.5a) and related to
mid-level air parcels, as evident in the west-east oriented vertical section across the
cyclone center (Fig. 3.7a). Another weak positive PV anomaly and coinciding WCB air
parcels are present in the cyclone center at low levels (Fig. 3.7a). To the east, WCB trajectories with relatively low PV values of less than 0.5 pvu occur along the baroclinic
zone (Figs. 3.5a,b). They correspond to boundary layer trajectories (Fig. 3.7a), and
hence to the WCB inflow seen in Fig. 3.6a. WCB intersections with the 315-K isentrope
to the west of the cyclone center (Fig. 3.5a) belong at that time to mid-level rather than
upper-level air parcels (Fig. 3.7a), which is due to the southerly position of the cyclone
and accordingly the low altitude of the 315-K isentrope.
As the cyclone propagates farther northeastward it strongly intensifies, reaching a
minimum SLP of about 981 hPa 12 h later at 06 UTC 7 January (Fig. 3.5c). The cyclone
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(a) 18 UTC 6 January 1990

(b) 18 UTC 6 January 1990

(c) 06 UTC 7 January 1990

(d) 06 UTC 7 January 1990

(e) 18 UTC 7 January 1990

(f) 18 UTC 7 January 1990

(g) 18 UTC 8 January 1990

(h) 18 UTC 8 January 1990

Figure 3.5: Case study for category C1. Synoptic situation at (a, b) 18 UTC 6 Jan 1990,
corresponding to t = 0 h; (c, d) 06 UTC 7 Jan, corresponding to t = 12 h; (e, f) 18 UTC
7 Jan, corresponding to t = 24 h; and (g, h) 18 UTC 8 Jan. (left) Mean PV value of
gridded WCB air parcels with pressure > 500 hPa (pvu; shading), SLP (hPa; black
contours every 3 hPa), PV on 315 K (blue contours for 2, 3 and 4 pvu), and intersection
positions of WCB trajectories with the isentropic layer between 312.5 K and 317.5 K
(asterisks). (right) PV (pvu, shading) and potential temperature (black contours every 3 K) at 850 hPa, and wind speed at 250 hPa (green contours for 50, 60, 70, 80 and
90 m s−1 ). The black cross marks the position of the cyclone center.
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(a) 18 UTC 6 January 1990
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(b) 06 UTC 7 January 1990

Figure 3.6: Two-day WCB trajectories (colored by pressure; hPa) starting at (a) 18 UTC
6 Jan 1990, corresponding to t = 0 h, and (b) 06 UTC 7 Jan, corresponding to t = 12 h,
and SLP (contours every 3 hPa) and potential temperature on 850 hPa (gray dashed
contours for θ =280, 285, 290, 295 and 300 K) at the start time of the trajectories. The
black cross marks the position of the cyclone center.

is now located at the leading edge of an upper-level trough (Fig. 3.5c) near the right
entrance of the slightly weakened jet (Fig. 3.5d). At the surface cold and warm fronts
start to develop. In addition to the WCB trajectories that have started at earlier time
steps (Fig. 3.6a), a new WCB inflow forms to the east of the cyclone (Fig. 3.6b). Lowlevel WCB air parcels are present in the cyclone center and along the fronts (Fig. 3.5c).
Importantly, the highest mean PV of the WCB air parcels occurs near the cyclone center, with values of almost 2 pvu, pointing to strong WCB-induced diabatic PV production. In the same region a pronounced low-level PV maximum is visible both on
850 hPa (Fig. 3.5d) and in the vertical section (Fig. 3.7b). A vortex with high PV values
of more than 1 pvu has developed and extends from the surface up to about 450 hPa,
with a maximum of more than 2 pvu around 850 hPa. At the location of the vortex a
large number of WCB trajectories with high PV (cf. Fig. 3.5c) occur, corroborating that
the pronounced PV anomaly has been formed by diabatic processes in the ascending
WCB. To the west of the low-level vortex a deep trough is present (Fig. 3.7b), which
constitutes a favorable condition for the continuing explosive intensification of the
storm.
The infrared satellite image shows cold cloud tops in the warm sector in the region of
strongest ascent of the WCB (Fig. 3.8). Farther to the west, the motion of the trajectories along the cold front, which took place at earlier time steps as seen in Fig. 3.6a,
manifests itself in an almost west-east oriented cloud band extending from the U.S.
East Coast toward the cyclone center, accompanied by a gradual increase of cloud-top
height, and, most likely, embedded convection.
Minimum SLP amounts to 962 hPa 12 h later (i.e., at the end of the explosive deepening; Fig. 3.5e). The upper-level disturbance has developed into an intense LC2-type
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(a) 18 UTC 6 January 1990

(b) 06 UTC 7 January 1990

(c) 18 UTC 7 January 1990

(d) 18 UTC 8 January 1990

Figure 3.7: West-east vertical cross sections through the cyclone center at (a) 18 UTC 6
Jan 1990, corresponding to t = 0 h (from 77◦ to 57◦ W), (b) 06 UTC 7 Jan, corresponding
to t = 12 h (from 65◦ to 45◦ W), (c) 18 UTC 7 Jan, corresponding to t = 24 h (from 51◦
to 31◦ W), and (d) 18 UTC 8 Jan (from 36◦ to 16◦ W). In each case the cyclone center
is located in the middle of the displayed cross section. Shown are PV (pvu; shaded),
potential temperature (contours every 5 K), and intersection positions of WCB trajectories with the cross section (black crosses).
wave (Thorncroft et al., 1993) wrapping cyclonically around the low-PV air. WCB
intersection points at upper levels suggest the presence of both cyclonically and anticyclonically turning air in the WCB outflow, coupled with strong ridge amplification.
Intense low-level diabatic PV production by WCB trajectories still occurs along the
fronts and in the cyclone center, with anomalously high mean PV values of more than
2 pvu slightly southwest of the cyclone center (Fig. 3.5e). The low-level PV anomaly
has further intensified (Figs. 3.5f and 3.7c), and above the low-level anomaly a narrow
stratospheric intrusion is penetrating into the troposphere. Together they form an almost vertically aligned PV tower which induces a strong cyclonic circulation throughout the troposphere.
Over the next 12 h the pressure decreases at a similar rate, with continuous low-level
diabatic PV production by the ascending WCB. At 06 UTC 8 January the storm reaches
its maximum intensity in terms of relative vertical vorticity at 850 hPa (not shown), but
the strongest intensity in terms of SLP (936 hPa) is only reached 12 h later (Fig. 3.5g).
At that time the cyclone is located below a deep tropopause (Fig. 3.7d) and associated
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Figure 3.8: False-color infrared satellite image (brightness temperature in ◦ C) at
06 UTC 7 Jan 1990 derived from the GridSat-B1 data. Overlaid is the 2-pvu contour on
315 K (red) derived from ERA-Interim, and the smoothed contours marking the grid
points with at least one WCB trajectory with p > 500 hPa (black solid) and p < 500 hPa
(black dashed).
with a T-bone frontal structure and an intense bent-back front (Fig. 3.5h; Shapiro and
Keyser, 1990). Weaker WCB-related PV production now only occurs along the warm
front (Fig. 3.5g), and the PV tower is starting to decay (Fig. 3.7d).
In summary, this C1 case study suggests that the WCB played a significant role for
cyclone development. The WCB-induced diabatic PV production in the cyclone center
led to the formation of a strong low-level PV anomaly, which significantly enhanced
the low-level circulation and thereby contributed to the explosive intensification of the
cyclone.

3.4.2

Spatial structure of the C1 cyclones

Structure at t = 0 h
Figure 3.9a shows the horizontal structure of the composite cyclone at t = 0 h in terms
of SLP, PV on the 315-K isentrope, and the WCB trajectory frequency. The coordinates
are defined relative to the position of the SLP minimum, which is relocated to 0◦ lon-
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gitude and latitude, and the fields are averaged at these coordinates. Low-level and
upper-level WCB trajectory frequencies are shown. The values are calculated such
that they denote the percentage of C1 cyclones with at least one WCB air parcel with
p > 500 hPa and p < 500 hPa, respectively, at that grid point. For instance, a low-level
trajectory frequency of 50% indicates that at that grid point 250 out of the 500 C1 cyclones are associated with at least one WCB trajectory somewhere between 1000 and
500 hPa. Additionally, the occurrence frequency of WCB trajectories with a high PV
value of more than 1 pvu within the layer 900 hPa < p < 700 hPa is shown [similar to
the high low-level PV (HLPV) WCB trajectories introduced by Madonna et al. 2014], to
get an impression of where the strongest WCB-related diabatic PV production occurs.
At t = 0 h the composite cyclone is located to the east of an upper-level trough
(Fig. 3.9a) within a region of strong baroclinicity (not shown). Already at that early
time step a strong WCB is present in the cyclone’s warm sector. The highest frequency
of WCB trajectories at low levels is located slightly to the east of the cyclone center,
with values of more than 70%, while the highest frequency of HLPV trajectories occurs directly in the cyclone center1 . The WCB outflow into the downstream ridge is
still relatively weak and has its maximum (∼ 20%) slightly north of the low-level maximum.

The west-east vertical section across the center of the composite cyclone confirms
the presence of a broad trough to the west, and a ridge to the east of the cyclone
(Fig. 3.9b). Furthermore, it shows a large relative WCB trajectory density2 between
1000 and 700 hPa near the cyclone center, with maximum values of about 50%. It is
collocated with a positive PV anomaly, pointing to significant WCB-related diabatic
PV production. Ahead of the cyclone center, most trajectories are still in the boundary
layer.
Structure at t = 12 h
The SLP of the composite cyclone has dropped by more than 13 hPa to about 988 hPa
12 h later (Figs. 3.3a and 3.9c). The 850-hPa potential temperature field in Fig. 3.10a
reveals the formation of surface cold and warm fronts, although they appear rather
weak as a result of the compositing. The WCB has strengthened, and the area around
1 Note

that the centering of the composites on the SLP minimum favors the occurrence of high WCB

trajectory frequencies near the center of the composite cyclone, while it more strongly smears out the
signal farther away from the cyclone – for example along the fronts. The high frequency of WCB
trajectories at low levels in the cyclone center is nevertheless remarkable and consistent with the case
study discussed earlier.
2 The relative WCB trajectory density is defined as the WCB trajectory density normalized by the density

of the WCB starting points, which is the maximum possible WCB trajectory density. For example, a
WCB trajectory density of 50% in a certain air volume indicates that 50% of the air in that volume is
WCB air.
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(a) C1 at t = 0 h

(c) C1 at t = 12 h

(e) C1 at t = 24 h

(b) C1 at t = 0 h

(d) C1 at t = 12 h

(f) C1 at t = 24 h

Figure 3.9: Composites of C1 cyclones (a, b) at the beginning (t = 0 h), (c, d) in the
middle (t = 12 h), and (e, f) at the end (t = 24 h) of their strongest SLP deepening. (top) Frequency of low-level WCB trajectories with p > 500 hPa (%; shading;
see text for details), of upper-level WCB trajectories with p < 500 hPa (blue contours
at 5%, 10%, 20%, ..., 80%), and of WCB trajectories with 900 hPa < p < 700 hPa and
PV > 1 pvu (green contours for 10%, 50% and 65%), SLP (thin black contours every
3 hPa), PV on 315 K (thick black contours for 2, 3 and 4 pvu), and potential temperature on 850 hPa (black dashed contour for θ = 290 K). (bottom) West-east vertical cross
sections through the center of the composite cyclone (from −20◦ to 20◦ ) showing PV

(pvu, shading), potential temperature (contours every 5 K), and relative WCB trajectory density (%; red dashed for WCB trajectories with p > 500 hPa, blue dashed for
WCB trajectories with p < 500 hPa, contours every 5%, and green solid for the 10%
frequency of trajectories with p > 500 hPa and PV > 1 pvu).
the cyclone center associated with the most intense WCB-related PV production has
increased (Fig. 3.9c). In the same region, high low-level PV (Fig. 3.10a) and a pronounced precipitation signal (Fig. 3.10b) point to strong latent heating by condensational processes. The diabatically produced PV anomaly extends from the surface
up to about 550 hPa within an area of strong WCB ascent (Fig. 3.9d), illustrating the
key role of the WCB for the formation of the intense vortex. The zoom on the region
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(a) C1 at t = 12 h

(b) C1 at t = 12 h

(c) C1 at t = 12 h

(d) C1 at t = 12 h

Figure 3.10: C1 composites at t = 12 h of (a) PV (pvu; shading) and potential temperature (black contours every 3 K) at 850 hPa and wind speed at 250 hPa (green contours
for 50 and 60 m s−1 ); (b) 6-h accumulated precipitation (mm; shading) and upper-level
induced QG vertical motion at 700 hPa (black contours every 10−3 m s−1 , dashed for
negative values); (c) potential temperature anomaly at 900 hPa (K; shading) and PV
anomaly at 850 hPa (black contours from 0.5 pvu every 0.1 pvu), both obtained by subtracting the December-February climatological mean from the field at each location,
frequency of WCB trajectories with 900 hPa < p < 700 hPa and PV > 1 pvu (green
contours for 10%, 50% and 65%) and their mean PV value (blue contours for 1.3, 1.4
and 1.5 pvu; only shown for areas where the green contour is > 10%); and (d) brightness temperature of the false-color infrared satellite imagery (◦ C; shading) derived
from the GridSat-B1 data, overlaid by the 10% contours of low-level (black solid) and
upper-level (black dashed) WCB trajectory frequencies. The gray cross marks the position of the cyclone center. Please note that (c) is enlarged to the 10◦ × 10◦ box around
the cyclone center.
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around the cyclone center in Fig. 3.10c emphasizes the coincidence of the low-level PV
anomaly (maximum of more than 1.2 pvu; see black contours) and the WCB-related
PV production (maximum HLPV WCB trajectory frequency of 65%, with a mean PV
value of 1.5 pvu; see green and blue contours) with the cyclone center. Figure 3.10c
also reveals that the near-surface potential temperature anomaly is positive in the cyclone center, but the strongest anomaly (more than 7 K) is located to the southeast of
the cyclone center. This indicates that, applying a conceptual piecewise PV inversion,
both the lower-boundary warm anomaly and the low-level PV anomaly contribute to
the near-surface cyclonic circulation, but the circulation induced by the low-level PV
anomaly is stronger, as it is perfectly aligned with the overall cyclonic circulation. As
has been shown in Section 3.3.3 (Fig. 3.4), and as will be discussed in more detail in
Appendix A.2, this conclusion is supported by the fact that during cyclone intensification, low-level PV increases more strongly than the low-level potential temperature
anomaly.
The low-level vortex is located at the leading edge of a pronounced, cyclonically
breaking upper-level wave (Figs. 3.9c,d) below the left exit region of an intense jet
(Fig. 3.10a). Consistently, the upper-level induced QG vertical motion at 700 hPa reveals a very strong upper-level forcing for ascent in the region of the developing cyclone and the ascending WCB (Fig. 3.10b). The intense QG forcing is essential for the
ascent of the WCB trajectories, while the low-PV air in the WCB outflow (see blue
lines in Figs. 3.9c,d) most likely enhances the upper-level forcing by amplifying the
downstream ridge. The existence and interplay of a strong upper-level forcing and an
intense, diabatically produced low-level PV anomaly explains the explosive intensification of the C1 cyclones.
The occurrence of strong WCB-related cloud formation in the C1 cyclones is confirmed
by satellite imagery. Figure 3.10d shows an infrared satellite composite of the C1 cyclones at t = 12 h. The satellite data is retrieved from the GridSat-B1 data (Knapp
et al., 2011), which is available from January 1980 onward. From the 500 C1 cyclones
all except the 13 cases occurring in 1979 are included in the composite. The composite reveals the presence of a cyclonically curved cloud band with a gradual decrease
of brightness temperature, from warm, low-to-mid-level clouds south and southeast
of the cyclone center, to cold, high-reaching clouds east and northeast. The cloud
band has the characteristic comma-shape often found in developing cyclones, with
the comma head located above the storm center and at the warm front and the tail
along the cold front. It exhibits a strong agreement with the comma-shaped precipitation signal (Fig. 3.10b) and the spatial distribution of the ascending WCB and, thus,
provides observational evidence for the existence of a WCB cloud band associated
with significant diabatic processes.
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Structure at t = 24 h and subsequent development
During the following 12 h, the composite cyclone further intensifies to a minimum
SLP of about 972 hPa, accompanied by continuous low-level diabatic PV production,
and the LC2-type rolling-up of the upper-level wave (Figs. 3.9e,f). A low-level vortex
with PV values of more than 1.5 pvu extends up to about 550 hPa, with maximum
values of more than 2 pvu near 850 hPa (Fig. 3.9f). The vortex is connected to a narrow
filament of stratospheric air penetrating deep into the troposphere, and together they
form an intense PV tower. As noted earlier when discussing Fig. 3.3a, it is at this time
that the composite cyclone reaches its strongest intensity in terms of low-level relative
vorticity.
While the WCB trajectory frequency at low levels has slightly decreased compared to
previous time steps, the WCB outflow has strengthened (Figs. 3.9e,f). The structure
of the composite WCB outflow suggests that the WCB is associated with a cyclonic
and an anticyclonic branch, as noted earlier for the case study (cf. Fig. 3.5e). In the
west-east vertical section the cyclonically turning branch of the WCB outflow is visible between about 300 and 500 hPa slightly to the west of the low-level vortex, in a
region where the upper-level trough is less pronounced and maybe eroded by diabatic processes (Fig. 3.9f). The anticyclonic branch east and northeast of the cyclone
center reaches higher levels, consistent with the findings of Martı́nez-Alvarado et al.
(2014), and contributes significantly to the amplification of the downstream ridge. As
verified by choosing a larger compositing region (not shown), the ridge amplification
in turn promotes Rossby wave breaking and the formation of a pronounced trough
about 2500 km downstream of the composite cyclone. This suggests that the WCB associated with the C1 cyclones also plays a fundamental role for the wave dynamics at
the tropopause level by strongly influencing the downstream flow evolution.
The strongest intensity in terms of SLP is reached 12 hours later. By then the WCBrelated PV production has strongly decreased, and the composite storm has become
located below a deep tropopause (not shown).
Note that the structure and evolution of the composite cyclone exhibits strong similarities to the case study discussed above: pronounced WCB-related diabatic PV production in the cyclone center in a region of strong baroclinicity, a cyclonically breaking
upper-level wave, and the formation of a PV tower toward the end of the intensification. An examination of the individual cases revealed that the composite well represents the main characteristics of C1 cyclones. For instance, two prominent C1 cyclones
that have been investigated in detail, the Presidents’ Day snowstorm and the windstorm Xynthia, both bear strong resemblance to the mean C1 composite (not shown).
However, of course there is some case-to-case variability, with the importance of individual dynamical and physical processes varying among the cyclones. The most
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striking common feature among the majority of the C1 cyclones is the concentration
of high WCB-related PV production in the cyclone center during the explosive intensification. This implies that C1 cyclones are primarily associated with WCBs of type
W2, which ascend close to the cyclone center.

3.5

Category C2 – Weakly intensifying cyclones with
strong WCBs

3.5.1

Spatial structure of the C2a cyclones

The composites of the 29 C2a cyclones at t = 12 h are shown in Fig. 3.11. The composite cyclone is associated with a weak small-scale SLP signal (Fig. 3.11a). It is located
south of a strong baroclinic zone in a region of warm air (Fig. 3.11c) and a pronounced
positive surface θ anomaly (Fig. 3.11e; note also the absence of a cold anomaly). An
intense WCB is present (Figs. 3.11a,e), with a maximum WCB trajectory frequency at
low levels of 80% slightly east of the cyclone center, a maximum HLPV trajectory
frequency of 50% directly in the cyclone center, and a WCB outflow maximum of
60% to the northeast (similar to C1; cf. Figs. 3.9c, 3.10c). The area of strong PV production by HLPV WCB trajectories in and around the cyclone center (Figs. 3.11a,e)
coincides with an intense low-level vortex with high PV values of more than 1 pvu
(Figs. 3.11b,c) and intense precipitation (Fig. 3.11d). The low-level vortex extends
up to about 700 hPa within a region of strong WCB ascent (Fig. 3.11b). It is not as
strong as in C1 (cf. Fig. 3.9d), but still constitutes a pronounced positive PV anomaly
(Fig. 3.11e). Farther to the east the majority of the WCB trajectories is still located in
the boundary layer and will ascend along the baroclinic zone during the subsequent
hours (Fig. 3.11b).
In contrast to C1, the composite cyclone is located far south of a weak upper-level
wave on 315 K (Fig. 3.11a), and above the shallow low-level vortex the tropopause
is high and relatively undisturbed (Fig. 3.11b). Consistently, the upper-level forcing
for ascent is very weak near the cyclone center (Fig. 3.11d), with about 3-times-lower
values than in C1.
In the satellite composite of the 29 C2a cyclones strong cloud formation is evident in
the region of the ascending WCB (Fig. 3.11f), corroborating the importance of WCBrelated cloud-diabatic processes for these cyclones. As for C1, the brightness temperature gradually decreases from the cyclone’s warm sector toward the area of strong
WCB ascent east and northeast of the cyclone center. However, in C1 the cloud band
is more cyclonically curved, and the clouds reach higher levels (cf. Fig. 3.10d). The
lower cloud-top height in C2a is in agreement with the lower height of the WCB out-
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(a) C2a at t = 12 h

(b) C2a at t = 12 h

(c) C2a at t = 12 h

(d) C2a at t = 12 h

(e) C2a at t = 12 h

(f) C2a at t = 12 h

Figure 3.11: C2a composites at t = 12 h. Fields as in (a) Fig. 3.9c, (b) Fig. 3.9d, and (c-f)
Fig. 3.10.

3.5 C ATEGORY C2

45

flow seen in Fig. 3.11b and likely a consequence of the weak upper-level forcing for
ascent.
Over the subsequent hours the situation does not change substantially, and the composite cyclone intensifies only weakly (see Figs. 3.3 and 3.4, and Fig. A.1 in Appendix A.1). Continuous WCB-related diabatic PV production further strengthens the
low-level vortex, but the small-scale cyclone remains in a region of weak upper-level
forcing for ascent below a relatively undisturbed tropopause (in contrast to C1, where
an intense PV tower develops). The absence of a significant upper-level forcing during
the entire development of C2a cyclones is the main difference from C1 and explains
why they are not intensifying despite the strong WCB-related PV production.
The characteristics of the C2a cyclones bear strong resemblance to DRWs: a pronounced low-level positive PV anomaly in the center of a small-scale cyclone, its rapid
eastward propagation along an intense baroclinic zone through continuous PV generation by ascending air to the east of the present low-level vortex, and the absence of
a significant upper-level forcing. Indeed, among the C2a cyclones are four cases that
have also been found in the group of non-deepening DRWs in the 10-year climatology
of Boettcher and Wernli (2013).3 The C2a cyclones therefore represent a subclass of
non-deepening DRWs where the low-level vortex is generated by a strong WCB.

3.5.2

Spatial structure of the C2b cyclones

Figure 3.12 shows the composites of the 72 cyclones in the second subcategory of C2
at t = 12 h. A pronounced, meridionally elongated upper-level wave is located upstream of the composite cyclone (Fig. 3.12a), which, however, is characterized by a
weak PV gradient in comparison to C1 (cf. Fig. 3.9a). Also the baroclinicity, the surface warm anomaly and the upper-level flow in the region of the developing cyclone,
as well as the upper-level induced QG vertical motion at 700 hPa, are weaker than in
C1 (Figs. 3.12c,d,e).
Overall the C2b cyclones have almost the same WCB trajectory mass as C1, and a
larger mass than C2a (see red lines in Fig. 3.3), but in C2b they are distributed over a
larger area. In the cyclone center the WCB trajectory frequency is lower than in both C1
and C2a (but still has a maximum), and also the HLPV trajectory frequency is lower,
whereas more trajectories are located relatively far away, particularly far south of the
cyclone center (Fig. 3.12a). The WCB outflow is shifted north and slightly eastward
with respect to the low-level trajectory positions.
In the cross section, a relatively broad upper-level trough is evident west of a low-level
vortex with PV values of more than 1 pvu in the cyclone center (Fig. 3.12b). The latter
3 However,

the comparison is not straightforward, as Boettcher and Wernli (2013) used ECMWF opera-

tional analyses with a different model setup and higher resolution than ERA-Interim.
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(a) C2b at t = 12 h

(b) C2b at t = 12 h

(c) C2b at t = 12 h

(d) C2b at t = 12 h

(e) C2b at t = 12 h

(f) C2b at t = 12 h

Figure 3.12: As in Fig. 3.11, but for C2b.
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indicates that also the C2b cyclones are associated with intense diabatic PV production. However, the vortex is weaker than in C1, with a positive PV anomaly of only
0.7 pvu at 850 hPa (Fig. 3.12e) compared to 1.2 pvu in C1, and also the vertical extent of
the vortex is smaller (cf. Figs. 3.9d and 3.10c). This is consistent with the lower relative
WCB trajectory density near the cyclone center, and the smaller number of HLPV WCB
trajectories (Figs. 3.12a,b,e). Interestingly, nonetheless the density of the upper-level
trajectories above the low-level vortex is of about the same magnitude as in C1. The
low-PV air in the WCB outflow directly above the cyclone center potentially impedes
the stratospheric air to descend and connect with the low-level vortex.
Comparison of the spatial distribution of the WCB trajectories at low levels with the
precipitation signal in Fig. 3.12d shows a strong correspondence between the two
quantities: the maximum precipitation also occurs near the cyclone center, but it is
weaker than in C1 and C2a, while an elongated band of precipitation connects the
cyclone center with the border of the compositing region far to the southwest. It indicates cold frontal precipitation, and the correspondence with the WCB trajectories
implies that strong WCB ascent – and associated precipitation – occurs along the cold
front in type W1 flows.
Note that the composites are not rotated with respect to the orientation of the cold
front, and because of the variability in the cold frontal position among the individual
cyclones its features are smeared out by the compositing. Therefore the cold front
appears relatively weak in the signal of θ (Fig. 3.12c), precipitation (Fig. 3.12d) and
WCB trajectory frequency (Fig. 3.12a), but it is remarkable that nevertheless such a
clear signal is evident, in contrast to C1 and particularly C2a. An examination of the
individual C2b cyclones revealed that in most cases the WCB ascent and associated
PV production concentrated along a pronounced cold front far from the cyclone center
(not shown). The cold front was typically associated with a narrow stratospheric PV
streamer or a cutoff. The orientation of the PV streamer varied between LC1-type,
neutral, and LC2-type, and this variability can explain the relatively broad upper-level
disturbance in the composite (Fig. 3.12a).
In the satellite composite (Fig. 3.12f; containing the 69 cyclones occurring from 1980
onward) the cold frontal cloud band is indicated by increasing brightness temperatures from the southern edge of the compositing region toward the cyclone center.
It nicely correlates with the spatial distribution of the ascending WCB trajectories.
The highest-reaching clouds are located in the region of strongest WCB ascent slightly
northeast of the cyclone center. Their cloud top is lower than in C1, consistent with
the weaker upper-level forcing for ascent.
During the following hours the described fields remain very similar, and the composite cyclone does not intensify considerably (see Figs. 3.3 and 3.4, and Fig. A.2 in
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Appendix A.1). The westward tilt between the cyclone center and the upper-level
trough remains almost constant, and no PV tower develops, contrary to C1.
In summary, the absence of intensification in the C2b category despite the strong WCB
can be explained by several factors: (i) In contrast to C1, much of the WCB ascent and
associated PV production occurs in many cases at the cold front far south of the cyclone center, in WCBs of type W1. The fraction ascending near the cyclone center is
much lower and associated with a weaker diabatically produced vortex. This indicates that the location of the WCB-related PV production relative to the cyclone center
plays an important role for its impact on cyclone development. (ii) The upper-level
disturbance has a weaker PV gradient than in C1, and accordingly the upper-level
forcing for ascent is weaker. (iii) Directly above the low-level vortex the density of
the upper-level WCB trajectories is higher than in C1, particularly toward the end of
intensification, which potentially additionally impedes the formation of a PV tower.

3.6

Category C3 – Explosively intensifying cyclones with
weak WCBs

The mean spatial structure of the 154 C3 cyclones at t = 12 h is shown in Fig. 3.13.
The SLP field reveals a small-scale low pressure system in the center of the composite
and another system to the northeast (Fig. 3.13a). In agreement with the high latitude
of most C3 cyclones (Fig. 3.2), the tropopause is low (Fig. 3.13a) and it is considerably colder than in the other categories (Fig. 3.13c). The positive surface θ anomaly
in the warm sector is relatively weak, while the cold sector is associated with a pronounced negative anomaly (Fig. 3.13e). The composite cyclone is located at the left jet
exit in a region of relatively strong low-level baroclinicity (Fig. 3.13c). Both fields are
pronounced, but weaker than in C1 (cf. Fig. 3.10a). Upstream of the cyclone center a
small disturbance is present on the 315-K isentrope that is associated with a strong PV
gradient (Fig. 3.13a). In the cross section a deep trough is evident east of the cyclone
(Fig. 3.13b). The upper-level forced QG ascent at 700 hPa is weaker than in C1 and of
about the same magnitude as in C2b (Fig. 3.13d).
As expected, the WCB is weak, with a maximum WCB trajectory frequency of 20%
at low levels near the cyclone center, a 10% frequency of HLPV WCB trajectories
in the same region, and a 5% frequency in the WCB outflow slightly to the north
(Figs. 3.13a,e). The precipitation signal is much weaker than in the other categories
(Fig. 3.13d), and also the comma-shaped cloud in the satellite composite is at lower
height (Fig. 3.13f; containing 151 C3 cyclones). Nevertheless, above the cyclone center
a low-level vortex of a similar strength as in C2a and C2b indicates that also in C3 diabatic processes play a role (Figs. 3.13b,c). The small number of WCB trajectories sug-
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(a) C3 at t = 12 h

(b) C3 at t = 12 h

(c) C3 at t = 12 h

(d) C3 at t = 12 h

(e) C3 at t = 12 h

(f) C3 at t = 12 h

Figure 3.13: As in Fig. 3.11, but for C3.
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gests that the low-level PV production is to a large extent related to diabatic processes
that are independent of WCBs and occur in air parcels that ascend less than 600 hPa
in two days. Note, however, that the PV anomaly of the low-level vortex amounts to
only 0.5 pvu (Fig. 3.13e), which is less than in the other categories, particularly C1 and
C2a.
Over the next hours, the composite cyclone strongly intensifies and grows in size at
the expense of the cyclone to the northeast (see Fig. A.3 in Appendix A.1). The pattern
suggests a merging of the two systems, which would explain the rapid SLP decrease.
This indeed occurs in some C3 cyclones, but often they remain isolated and simply
develop in the vicinity of another, decaying system, which appears as a merging signal
in the composite. Toward the end of the intensification a weak PV tower develops
through a further lowering of the tropopause and ongoing diabatic processes.
For the C3 cyclones at high latitudes (> 60◦ N in Fig. 3.2), it is noted that they can be located in regions where the troposphere is lower than the pressure threshold of 600 hPa
used to identify WCBs. This raises the question whether these cyclones are nevertheless connected to strong diabatic processes in airstreams ascending less than 600 hPa.
However, case studies showed that the high-latitude C3 cyclones are associated with
very low values of low-level specific humidity, weak precipitation, and accordingly
weak diabatic processes. This confirms that the weak WCB strength in these cyclones
is not simply due to the 600-hPa WCB ascent criterion used in this study.
To summarize, C3 cyclones are associated with a relatively pronounced baroclinicity,
jet and upper-level forcing, and some low-level diabatic PV production. However, all
these fields are weaker than in C1, which can in part be attributed to the smaller mean
Bergeron value of C3, as discussed in Section 3.3. Furthermore, an examination of
the individual C3 cyclones revealed that the category is rather inhomogeneous, with
various types of explosive intensification.

3.7

Summary and conclusions

The present study comprises a first systematic analysis of the statistical relationship
between cyclone intensification and WCB strength. The analysis is based on WCB and
cyclone climatologies compiled from the ERA-Interim dataset for the NH winter during 1979-2014. For the ∼ 5000 cyclones in the dataset, it has been investigated whether

there is a connection between cyclone intensification and the strength of the associated
WCB. Cyclone intensification has been quantified as the latitude-adjusted maximum
central SLP deepening over 24 h along a track, as introduced by Sanders and Gyakum
(1980). The WCB strength has been measured by the number and mass of the WCB
trajectories associated with the cyclone at low levels (pressure > 500 hPa) during the
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24 h of strongest SLP deepening. Based on the values for cyclone intensification and
WCB strength, three cyclone categories have been distinguished: explosively intensifying cyclones with a strong WCB (C1), weak cyclones with a strong WCB (C2), and
explosively intensifying cyclones with a weak WCB (C3). Their structure and evolution has been analyzed using composites. The questions posed in the introduction can
be answered as follows:
1) The statistical analysis of the relationship between cyclone intensification and
WCB strength yields a Spearman correlation coefficient of 0.68. This implies
that there is statistically a clear signal that stronger intensifying cyclones have
stronger WCBs, which contribute to the diabatic production of cyclonic low-level
PV. This result is in harmony with the results of many case studies (see introduction to this Chapter) and with the climatological analysis of Čampa and Wernli
(2012) that low-level PV production due to latent heating in clouds is typically
enhanced in explosive cyclones and contributes to the formation of the lower
part of the cyclones’ PV towers. An important new result of this study is that
this low-level PV production occurs essentially in WCBs. However, the majority
of the cyclones is associated with a weak deepening and few or no WCB trajectories, while the strongly deepening cyclones with an intense WCB occur less
frequently.
2) Explosively intensifying cyclones with a strong WCB (C1) are typically characterized by intense PV production in the cyclone center related to a WCB of type
W2, the interaction of the diabatically produced low-level vortex with a cyclonically breaking upper-level wave and a surface warm anomaly, and the formation
of an upright PV tower toward the end of strongest intensification. The diabatically generated PV anomaly within the ascending WCB significantly enhances
the low-level circulation and thereby contributes to the explosive intensification.
3i) Cyclones with a similar WCB strength as in C1 but a weak deepening rate (C2)
are divided into two subcategories:
C2a: DRW-like cyclones associated with strong low-level PV production by
WCBs in the cyclone center in a baroclinic region, but a weak upper-level forcing
for ascent, which prevents the formation of an intense cyclone. The existence of
WCB airstreams in DRWs despite the absence of significant upper-level forcing
is particularly interesting, as it implies that in these cases the strong ascent must
be almost entirely driven by the slantwise circulation over the baroclinic region
induced by the low-level vortex.
C2b: Cyclones with substantial PV production along the pronounced cold front
far away from the cyclone center in WCBs of type W1. This results in a weaker
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low-level PV anomaly in the cyclone center in comparison to C1, and in addition, the cyclones are associated with a weaker upper-level forcing for ascent.
For these cyclones the diabatic PV production in the WCB and the dry dynamical
ingredients are not in phase, which inhibits rapid intensification. Further investigations are needed to better understand this behavior, which however occurs
much less frequently than the synergetic phasing of the anomalies (500 cyclones
in category C1 vs. only 72 in category C2b).

3ii) The category of explosively intensifying cyclones with a weak WCB (C3) is inhomogeneous and can approximately be classified as follows: (i) particularly
strong upper-level forcing for ascent (e.g., at the left jet exit); (ii) important role
of WCB-related PV production, although the WCB is associated with few trajectories; (iii) important role of diabatic PV production not related to WCBs; and
(iv) merging of cyclones leading to a rapid SLP decrease. Often, the cyclones
also reveal a combination of these characteristics.
The findings for the different categories are fairly robust to the measure used to quantify cyclone intensification, as shown in Appendix A.3. In addition, very similar results are obtained when using as a measure of WCB strength the number of WCB
trajectories normalized by the size of the cyclones (not shown). Two aspects of the
previously summarized key findings deserve a brief further discussion: (i) the relative
importance of W1 and W2 WCBs for cyclone intensification and (ii) the link to moist
baroclinic instability studies.
In many explosively intensifying cyclones (category C1) there is a remarkable concentration of the WCB-related diabatic PV production in the cyclone center. This shows
that these cyclones are predominantly associated with a WCB of type W2, which ascends close to the cyclone center above the bent-back front (e.g. Browning and Roberts,
1994; Wernli, 1997). The results of this study imply that the ascent in the cyclone center, which leads to the type W2 WCB, is strongly determined by the QG upper-level
forcing for vertical motion (Fig. 3.10b). The WCB associated with the weakly intensifying C2b cyclones, on the other hand, fits well with the description of type W1,
particularly the part of the WCB ascending far away from the cyclone center. This
demonstrates that WCBs of type W1 and W2 are dynamically distinct flows that have
strongly differing effects on cyclone intensification. W2 WCBs significantly enhance
cyclone intensification through intense low-level PV production close to the cyclone
center, in contrast to W1 WCBs, where the low-level PV production occurs too far
away from the cyclone center. The position of the WCB ascent relative to the cyclone
center, and the processes determining this position, therefore play a crucial role for the
evolution of the cyclone.
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Establishing a link between our results and idealized baroclinic instability studies
(e.g., De Vries et al., 2010; Cohen and Boos, 2016) is not straightforward mainly because
we focus on the period of maximum intensification when finite-amplitude anomalies
interact nonlinearly. For C1 cyclones, the strongest growth during the 24 h of maximum deepening occurs for the low-level PV anomaly (Figs. 3.3a, 3.4a and 3.9). The
upper-level PV anomaly also shows considerable intensification (Fig. 3.9), while the
surface potential temperature anomaly intensifies much less (Fig. 3.4a). This indicates
that for C1 cyclones the favorable interaction between upper-level (dry) PV and lowlevel (diabatically generated) PV is essential, which was referred to as a “tropopause
intrusion” by Cohen and Boos (2016) and as “type C baroclinic growth” by De Vries
et al. (2010). The latter terminology would be consistent with Plant et al. (2003) and
Ahmadi-Givi et al. (2004) who also emphasized the interaction of prominent upper
and low-level PV anomalies for type C cyclones, while surface thermal anomalies remain weak. For C2a cyclones, the most important anomalies are clearly those of lowlevel PV and surface potential temperature, which we consider as typical for diabatic
Rossby waves (e.g., Boettcher and Wernli, 2011). This however differs from the diabatic Rossby wave definition in the more idealized studies cited above. For C2b and
C3 cyclones a one-to-one attribution with any of the idealized categories is even more
difficult.
Finally, it is noted as caveat that this study is based on relatively coarse-resolution
reanalysis data, and that with the compositing technique, we focused on robust PV
structures on the subsynoptic scale (∼ 500 km). It is however known that cyclones

also reveal important mesoscale PV structures (e.g., Thorpe and Clough, 1991; Neiman
et al., 1993). Investigation of the formation of these PV anomalies and their relationship to the WCB and its associated microphysical processes requires the use of a highresolution mesoscale model. This route of research has so far only been applied for
selected case studies (e.g., Joos and Wernli, 2012). In addition, the approach used in
this climatological study is potentially useful for quantitatively assessing cyclone dynamics in climate models. Catto et al. (2010) analyzed whether climate models can
capture the overall structure of extratropical cyclones; the framework developed here
could serve to analyze the interaction of latent heating and cyclone dynamics in these
models in greater detail.

Chapter 4
Vertical cloud structure of warm
conveyor belts – a combined evaluation
and intercomparison of ERA-Interim,
CloudSat and CALIPSO data
4.1

Introduction

Observational data like satellite imagery, airborne measurements, ground observations and vertical soundings have provided invaluable insight into the complex dynamical and physical processes occurring in extratropical cyclones, and the distribution of clouds and precipitation (e.g., Neiman et al., 1993; Browning, 2004). As described in Chapter 1, the conceptual Norwegian polar-front model (Bjerknes and Solberg, 1922) emerged in the 1920s mainly from surface observations, and the advent of
satellite observations in the second half of the twentieth century contributed to the development of the conveyor belt model (e.g., Harrold, 1973; Young et al., 1987; Browning and Roberts, 1994). In addition to case study investigations, composite analyses
of satellite data from passive remote sensors helped to improve our understanding of
the cloud and precipitation structure in cyclones (Lau and Crane, 1995; Naud et al.,
2006; Field and Wood, 2007), and comparisons with numerical and climate models
allowed to assess the accuracy of the model simulations (Klein and Jakob, 1999; Field
et al., 2008). Field and Wood (2007) examined the composite satellite structure of about
1500 cyclones and found a strong positive correlation between cyclone strength, atmospheric moisture and precipitation rate, which they were able to explain with a simple
WCB model. Satellite composites were also investigated in Chapter 3 to gain an observational perspective on the WCB cloud structure in the different cyclone categories.
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Figure 4.1: NASA’s A-Train satellite constellation including OCO-2, GCOM-W1,
Aqua, CALIPSO, CloudSat, Parasol and Aura. The footprint of each instrument is
colored according to the wavelength at which it operates, with red-purple to deep
purple colors indicating microwaves, gray colors indicating solar and infrared wavelengths, yellow colors indicating solar wavelengths, and red colors indicating other
infrared wavelengths. Parasol is no longer part of the A-Train since December 2013.
From http://atrain.nasa.gov; August 2016.
While passive remote sensors reveal the horizontal structure of clouds, they are limited in their ability to measure the vertical cloud structure. However, many cloud
processes, for example radiative heating or cooling of the atmosphere, condensational
processes and the efficiency of precipitation production, crucially depend on the vertical structure of clouds (Posselt et al., 2008; Stephens et al., 2008). Detailed vertical
information from radar, lidar and dropsonde measurements has been collected during various field experiments. Furthermore, with the launch of the CloudSat radar
(Stephens et al., 2002, 2008) and the CALIPSO1 lidar (Winker et al., 2003; Hunt et al.,
2009; Winker et al., 2010) in April 2006, high-resolution global measurements of the
vertical structure and properties of clouds, precipitation and aerosols have become
available. The satellites are part of the NASA’s Afternoon Train (A-Train, Fig. 4.1), a
constellation of satellites that travels in close formation in a sun-synchronous orbit,
allowing for near-simultaneous measurements of various key parameters that affect
the Earth’s weather and climate.
1 Cloud-Aerosol

Lidar and Infrared Pathfinder Satellite Observation
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Posselt et al. (2008) compared the frontal clouds observed by CloudSat along a warm,
a cold and an occluded front, respectively, with those described in the Norwegian
cyclone model (Fig. 1.4). While the historical description and the modern observations
reveal remarkable similarities, CloudSat provides detailed insight into the internal
cloud structure, thereby adding a new component to the classical conceptual model.
Vertical composites of frontal clouds based on CloudSat and CALIPSO data (Naud
et al., 2010, 2012, 2014, 2015) also revealed some similarities to the historical model, but
even more to the conveyor belt model and specifically the WCB, with mid- and highlevel clouds typically occurring to the east of the cold front and above the warm front.
Field et al. (2011) combined observations from CloudSat and passive sensors to create
three-dimensional composites of the cloud and precipitation structure in extratropical
cyclones, and also used these to evaluate the representation of clouds and precipitation
in a numerical model. Satellite observations including CloudSat data have also been
used to validate the representation of latent heating in cyclones in ERA-Interim and
climate models (Hawcroft et al., 2016). For ERA-Interim it was found that the dataset
overestimates the low-level clouds in the WCB region (which results in a concentration
of latent heating at low levels), produces precipitation at a too low altitude, and does
not capture the variability in precipitation intensity.
The above mentioned studies provide a unique three-dimensional perspective on the
cloud and precipitation structure in extratropical cyclones, and highlight the usefulness of satellite observations to validate numerical weather prediction and climate
models, but they do not explicitly focus on the WCB. Only a few observational studies
specifically investigated the WCB-related vertical cloud structure, and the representation of WCBs in model simulations. Crespo and Posselt (2016) analyzed a WCB
over the North Atlantic that was sampled several times by the A-Train, and documented a clear transition from a stratiform to a convective cloud structure during
the evolution of the cyclone. In a study on the mesoscale frontal structure of an explosively intensifying cyclone measured during the ERICA field experiment, Neiman
et al. (1993) introduced the “escalator-elevator” perspective to distinguish between
mesoscale, slantwise ascent of the WCB (escalator) and upright embedded convection
(elevator). Embedded deep convection was also observed in one of two WCBs measured during the HyMeX field campaign in the Mediterranean region (Flaounas et al.,
2016). Schäfler et al. (2011) compared lidar humidity observations of a summertime
WCB over southwestern Europe with ECMWF analysis data and revealed significant
deficiencies in the model’s representation of the low-level moisture in the WCB inflow region. Finally, a case study of a WCB observed with radiosonde measurements
(Spichtinger et al., 2005), as well as detailed airborne observations in WCBs during the
ML-Cirrus field campaign (Krämer et al., 2016; Luebke et al., 2016) and Lagrangian
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trajectory calculations (Wernli et al., 2016) resulted in a new classification of cirrus
clouds into liquid-origin and in situ cirrus, which differ in terms of formation mechanism and microphysical properties. Liquid-origin cirrus forms by freezing of liquid
droplets and is typically associated with larger ice crystals, higher ice water content
(IWC) and higher number concentrations than in situ cirrus, which forms in a pure ice
environment by heterogeneous or homogeneous nucleation. The WCB with its characteristic transition from warm to mixed-phase to ice clouds during the strong ascent
is associated with liquid-origin cirrus in the outflow. Above the outflow, the air in the
tropopause region is pushed upward by the WCB, which can lead to in situ ice cloud
formation above the liquid-origin cirrus (Spichtinger et al., 2005; Wernli et al., 2016).
Despite these studies, most knowledge about WCBs is based on reanalysis diagnostics and numerical models (cf. Chapter 1). While fundamental insight has been gained
from such studies, the need to parameterize subgrid-scale processes like cloud microphysics, cloud effects on radiation and boundary layer processes, and the fact that
clouds in reanalyses and numerical weather prediction models are often badly constrained by observations, results in large uncertainties in the representation of these
processes. Several studies demonstrated that the evolution of the WCB, which in turn
influences precipitation as well as the meso- and large-scale dynamics of the surface
cyclone and the upper-level flow, critically depends on a realistic parameterization of
diabatic processes (Martı́nez-Alvarado and Plant, 2014), in particular microphysical
processes (Joos and Wernli, 2012; Joos and Forbes, 2016) and the initial moisture distribution in the WCB inflow (Schäfler et al., 2011; Schäfler and Harnisch, 2015). As
pointed out by Joos and Forbes (2016), the representation of microphysical processes
in warm, mixed-phase and ice clouds in numerical models continues to be associated
with large uncertainties. Because of the dynamical and physical importance of WCBs
for many atmospheric processes (cf. Chapters 1, 3) there is an urgent need to investigate observational data of WCBs.
This study combines an ERA-Interim-based WCB climatology with CloudSat and
CALIPSO data to analyze the vertical cloud structure of a large number of WCB trajectories in NH winter, and to evaluate their representation in ERA-Interim. Thereby it is
meaningful to distinguish different phases of the WCB that are associated with different cloud characteristics. They will be referred to as “WCB inflow” (characterized by
liquid clouds), “WCB ascent” (mixed-phase clouds) and “WCB outflow” (ice clouds).
In addition, cloud-free segments of the inflow (before clouds form) and outflow (after
clouds dissolved) will also be considered. More specifically, based on two case studies
and detailed climatological investigations the following questions are addressed:
1) What is the vertical cloud structure of WCBs during their inflow, ascent and
outflow?
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2) How well does ERA-Interim capture the cloud structure of WCBs?
3) Is there an indication for convection above the WCB inflow and during the ascent, and if so, how well is this captured by the parameterized convection in
ERA-Interim?
4) Can the presence of in situ cirrus on top of the liquid-origin WCB cirrus, as documented by Spichtinger et al. (2005) and Wernli et al. (2016), be confirmed with
the satellite observations, and if so, how deep is the in situ layer, also relative to
the location of the tropopause, for different WCB outflow levels? Do the microphysical ice cloud properties differ for the two types of cirrus?
5) How well is the ice water content in mixed-phase and ice-phase WCB clouds
represented in ERA-Interim?
The satellite data and the method to combine the satellite data with the WCB trajectories from ERA-Interim are described in Section 4.2. Section 4.3 investigates the cloud
structure of an exemplary WCB in the North Pacific that was measured several times
by the A-Train. A second case study of a WCB observed in the North Atlantic is discussed in Appendix B. The climatological analysis of the vertical cloud structure of
WCBs is presented in Section 4.4, and Section 4.5 compares the IWC of the mixedphase and ice-phase WCB trajectories in ERA-Interim with satellite retrievals. A summary of the results and suggestions for further research are provided in Section 4.6.

4.2

Data and methods

In this study, the ERA-Interim-based WCB climatology of Madonna et al. (2014) (see
Chapter 2) is combined with satellite observations from raDAR/liDAR (DARDAR;
Delanoë and Hogan, 2010), a merged product derived from a synergy of CloudSat
radar, CALIPSO lidar and infrared radiometer data of the Moderate Resolution Imaging Spectroradiometer (MODIS) on-board the Aqua satellite. The period chosen for
the study extends from the start of December 2006 to the end of December 2014,
excluding the time between June 2011 and May 2012, when CloudSat was not part
of the A-Train because of a battery anomaly. The analysis is confined to Northern
Hemisphere winter (December-February). The following paragraphs provide a more
detailed description of the satellite data, the treatment of clouds and precipitation in
ERA-Interim, and the method to combine the satellite data with the ERA-Interim WCB
trajectories.
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Satellite observations

The satellites of the A-Train (Fig. 4.1) travel at an altitude of approximately 705 km in
a sun-synchronous polar orbit with an inclination of 98.2◦ , covering the latitude range
between 82.5◦ S and 82.5◦ N (e.g., Tanelli et al., 2008). They cross the equator at about
1.30 pm and 1.30 am, local solar time, in close proximity to each other, and repeat the
same ground track every 16 days (233 complete orbits).
CloudSat carries the Cloud Profiling Radar (CPR; Stephens et al., 2002, 2008; Tanelli
et al., 2008), a nadir-pointing radar operating with a frequency of 94 GHz (∼ 3 mm, W-

band). The CPR measures the backscattered power from clouds and precipitation as a
function of distance, providing cloud information with a vertical resolution of 485 m
(oversampled to produce an effective resolution of 240 m) between the surface and
30 km altitude. The horizontal resolution is about 1.7 km in along-track direction (resulting from a pulse integration period of 0.16 s), and 1.4 km in cross-track direction.
The sensitivity of the CPR ranges from -30 to 50 dBZ. Absorption by gases, liquid water
and precipitating particles results in a two-way attenuation of the radar signal, which
can amount to more than 10 dBZ km−1 with high liquid water contents and even a
full attenuation of the radar signal in strongly precipitating systems (Mace et al., 2007;
Marchand et al., 2008). Reflectivity values between about -30 dBZ and -15 dBZ typically represent non-precipitating clouds, values between -15 dBZ and 0 dBZ drizzle
or light rain, and values greater than 0 dBZ rain with increasing intensity (Stephens
and Haynes, 2007; Haynes et al., 2009). According to Haynes et al. (2009), unattenuated near-surface reflectivity values of more than 0 dBZ (-5 dBZ) are almost certainly
associated with significant surface rain (snow) rates of at least 0.03 mm h−1 .
CALIPSO flies 103 s ahead of CloudSat (before June 2011 it had been 15 s behind
CloudSat) and follows Aqua by 73 s (Fig. 4.1). It carries the Cloud-Aerosol Lidar
with Orthogonal Polarization (CALIOP) and two passive sensors: a visible channel
wide field camera and a three-channel imaging infrared radiometer (Winker et al.,
2003; Hunt et al., 2009; Winker et al., 2010). CALIOP is a nadir-pointing, polarizationsensitive lidar that transmits laser light at 532 nm and 1064 nm, with a pulse repetition
frequency of 20.16 Hz. It provides information on the vertical structure and properties of thin ice clouds and aerosols. The two-wavelength polarization measurements
allow for a distinction between large and small particles, and between spherical and
non-spherical particles, respectively. The lidar acquires backscattered data between
the surface and 40 km height. The vertical resolution is 30 m below 8.2 km and 60 m
between 8.2 km and 20.1 km, and the corresponding horizontal resolutions are 333 m
and 1 km, respectively. During daytime the sensitivity of the lidar for aerosols and
thin ice clouds is substantially reduced compared to nighttime observations, because
solar radiation increases the noise of the lidar signal. The camera and the radiome-
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ter provide visible and infrared satellite imagery with a swath width of about 61 km,
centered on the lidar beam.
CloudSat and CALIPSO are highly complementary. The wavelength of the CloudSat
radar is much larger than most cloud particles and scattering occurs in the Rayleigh
regime, where the return signal is proportional to the sixth power of particle size (i.e.,
the square of particle mass). The radar is able to measure and penetrate optically thick
clouds, but cannot detect optically thin clouds with a reflectivity value below the minimum detectable signal of the radar (-30 dBZ). On the other hand, the wavelength of
the CALIPSO lidar is similar to the cloud particle size and scattering occurs in the Mie
regime, where the return signal is proportional to the second moment of particle size
(i.e., the square of particle diameter). The lidar is sensitive to optically thin clouds, but
it is strongly attenuated in optically thick clouds. Therefore, the linkage of CloudSat
and CALIPSO data, as well as other A-Train measurements, combines the advantages
of the different sensors, providing a comprehensive picture of the structure and microphysical properties of the hydrometeors, and of the large-scale environment they
are embedded in.
In this study, the DARDAR data, version v1, is used, a combination of data from
CloudSat, CALIPSO and the Aqua MODIS infrared radiometer (Delanoë and Hogan,
2010; Ceccaldi et al., 2013).

It consists of collocated measurements of CloudSat,

CALIPSO and other A-Train sensors on a grid with 1.1 km horizontal and 60 m vertical resolution between the surface and 40 km height, ice cloud retrievals (DARDARCLOUD) and a vertical atmospheric feature mask (DARDAR-MASK).
The DARDAR-CLOUD product contains retrieved profiles of the ice water content,
visible extinction coefficient and effective radius (re,ice ), and their associated errors.
The retrievals are calculated by a variational method based on optimal estimation theory (Rodgers, 2000) that links CloudSat radar reflectivity, CALIPSO lidar attenuated
backscatter and infrared radiances from the CALIPSO imaging infrared radiometer
and MODIS (for details see Delanoë and Hogan, 2008, 2010). Uncertainties in the retrieved ice cloud properties can arise from various sources of errors, like instrumental
and measurement errors of the satellites, differences in the radar and lidar footprints,
and errors associated with assumptions used in the variational scheme (e.g., microphysical assumptions like the mass-size and the area-size relationship of the ice particles). Uncertainties are estimated to reach up to about 60% for IWC and extinction,
and 30% for re,ice (Delanoë and Hogan, 2010). Despite these significant uncertainties,
the DARDAR-CLOUD product currently comprises the most accurate estimate of ice
clouds properties (Stein et al., 2011; Eliasson et al., 2013).
The DARDAR-MASK is a classification of targets into liquid droplets, ice, supercooled
liquid, mixed-phase clouds, rain, aerosols, insects, clear air and an unknown category.
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It is based on a combination of the 2B-GEOPROF CloudSat radar mask (Mace, 2007;
Marchand et al., 2008), the CALIPSO lidar level 2 vertical feature mask (Hu et al.,
2009) and thermodynamic variables like temperature, wet-bulb temperature, pressure
and specific humidity from the auxiliary ECMWF (ECMWF-AUX) dataset. Pixels with
clouds identified by the radar or lidar mask with a wet-bulb temperature greater than
0◦ C are classified as rain for a radar reflectivity value Z > −17 dBZ, which also ac-

counts for the lightest drizzle (Stephens and Wood, 2007; Leon et al., 2008), and as
warm liquid water otherwise. All pixels below a rain pixel are also classified as rain.
For wet-bulb temperatures below −40◦ C cloud layers are classified as ice, and between 0 and −40◦ C they are classified as supercooled liquid or mixed-phase clouds

when a strong lidar backscatter signal is present and this signal is strongly and rapidly
attenuated in the layers below; otherwise they are classified as ice. The sensitivity of
the lidar to small liquid water droplets and of the radar to ice is used to distinguish
supercooled liquid and mixed-phase layers2 : supercooled layers are associated with
a strong lidar signal and a strong attenuation of the signal below the layer, and at the
same time a weak radar signal, while mixed-phase clouds are associated with both a
strong radar and lidar signal. When the lidar signal is extinguished (which typically
happens below liquid layers) the pixels are attributed to the unknown category, even
if the radar identifies a cloud (except when rain is identified, which is extended to the
surface). Therefore, clouds at low levels, especially below 1.5 km, are typically underestimated by the DARDAR classification mask, in particular below thick clouds and
liquid layers (Mason et al., 2014; Protat et al., 2014). Precipitating snow is not distinguished from non-precipitating ice, because it is assumed that there is a continuum in
microphysical properties between ice clouds and snow, and from observations there
is no physically meaningful distinction between the two hydrometeor classes in terms
of, e.g., IWC or optical depth (Hogan et al., 2001; Ceccaldi et al., 2013). However, when
the falling particles melt at 0◦ C they are afterwards classified as rain.
In addition to the radar-lidar combined cloud phase categorization, the 2BCLDCLASS product is used (originally provided by the CloudSat Data Center and
interpolated on the DARDAR grid), which contains eight cloud types derived from
CloudSat data (Wang and Sassen, 2007; Sassen and Wang, 2008): Stratus (St), Stratocumulus (Sc), Cumulus (Cu), Nimbostratus (Ns), Altocumulus (Ac), Altostratus (As),

2 Cloud

condensation nuclei occur much more frequently than ice condensation nuclei and therefore

supercooled liquid water, when present, occurs in the form of a large number of small cloud droplets,
whereas ice is distributed among a smaller number of larger particles (Hogan et al., 2003). The radar
signal is proportional to the square of particle mass and therefore dominated by the larger and less
numerous ice particles, even when small liquid water droplets are present. In contrast, the lidar signal
is only proportional to the square of the particle diameter and therefore also sensitive to large numbers
of small liquid droplets.
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deep convective (cumulonimbus, Cb), and high clouds (cirrus and cirrostratus, CiCs).
Clouds are first clustered into horizontally and vertically connected cloud layers, and
then grouped into cloud types based on rules concerning the horizontal and vertical
extent of the cloud clusters, maximum reflectivity measured by CloudSat, the presence
or absence of precipitation, and temperature (see detailed documentation by Sassen
and Wang, 2008). The 2B-CLDCLASS product has two caveats: (i) Lidar data is not
considered in the classification, which limits the detection of thin upper-level cirrus
clouds. (ii) Contamination of the CPR signal by surface clutter in the lowest ∼ 1 km
reduces the ability to detect low-level clouds (St, Sc and Cu), and they are likely underrepresented close to the surface. Following Sassen and Wang (2008), we combine
St and Sc to one category (StSc).
Finally, it is noted that the horizontal and vertical resolution of DARDAR in alongtrack direction is much finer than ERA-Interim and any other global model. However,
the narrow field-of-view of CloudSat and CALIPSO and the repeat cycle of 16 days
imply that the spatial coverage is limited, and the temporal resolution at one location
is coarse.

4.2.2

Clouds, precipitation and convection in ERA-Interim

In ERA-Interim, cloud and large-scale precipitation processes are described by three
moisture-related prognostic (i.e., predicted) variables for grid-box mean cloud condensate, cloud fraction and water vapor, and diagnostic formulations for liquid and
solid precipitation (ECMWF, 2007; Dee et al., 2011). Warm, mixed-phase and ice
clouds are distinguished simply as a function of temperature, with warm clouds occurring above 0◦ C, mixed-phase clouds between 0◦ and -23◦ C, and ice clouds below
-23◦ C. Supersaturation with respect to ice is allowed in the pure ice phase. Rain and
snow are not included in the LWC and IWC categories, but only available as 6-hourly
accumulated, column-integrated values. At every time step, in grid boxes with sufficient ice or liquid some of it is converted to snow or rain (i.e., IWC or LWC is reduced),
which then falls to the ground and is removed from the grid column (however, while
falling to the ground the precipitation can interact with the layers it passes through
by further rain or snow conversion, evaporation or melting, and the effect of these
processes on humidity and temperature is accounted for). The rain and snow autoconversion rates follow the parameterization of Sundqvist (1978), where the precipitation rate is a continuous exponential function of cloud liquid or ice water content. It
includes characteristic time scales for the conversion of liquid to rain and ice to snow,
and critical LWC and IWC values at which the generation of precipitation begins to be
efficient. In the mixed and warm phases, these parameters are adjusted to account for
the enhanced precipitation production between -23◦ and -5◦ C through the Bergeron-
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Findeisen mechanism, and the growth of raindrops through collision and coalescence.
The reanalysis furthermore considers ice crystal sedimentation with a constant fallspeed.
A comparison between the DARDAR-derived IWC with the IWC from the ECMWF
Integrated Forecast System (IFS) Cycle 32r3 operational model, which is based on the
same cloud scheme as ERA-Interim, for three weeks in July 2006, has shown that the
model generally captures the observed variability in IWC between -60◦ and -20◦ C, but
misses the highest IWC values between -20◦ and 0◦ C (Delanoë et al., 2011). The latter
can be explained by the exclusion of snow in the IWC category, and the temperaturedependent mixed-phase assumption, whereby the ice fraction decreases from 100%
below -23◦ C to zero at the melting level. After filtering out regions where CloudSat identifies convective clouds or precipitation, Ma et al. (2012) found a fairly good
agreement of the seasonal mean IWC at 500 and 300 hPa in the storm track regions in
CloudSat and ERA-Interim.
Convection is parameterized by the Tiedtke bulk mass flux scheme (Tiedtke, 1989) and
considers deep, shallow and midlevel convection. The collective behavior of a range
of cumulus clouds in a grid cell is represented by a single pair of plumes describing
the updraft and downdraft mass fluxes associated with the cloud ensemble, including
the processes of entrainment of environmental air into the cloud, and detrainment of
cloud condensate into the environment. The parameterization of convective precipitation is equivalent to the formulation for large-scale precipitation, but additionally
takes into account the convective updraft velocity.

4.2.3

Matches between WCB trajectories and CloudSat – CALIPSO
overpasses

To combine the ERA-Interim WCB trajectories with the satellite data, all WCB air
parcels are selected that are located closer than 50 km to the CloudSat – CALIPSO
orbit at 00, 06, 12 and 18 UTC ± 1 h (whereby it is assumed that the six-hourly ERA-

Interim fields are representative for this 2-h time range). The radius of 50 km is chosen

because it comprises approximately the same area as a grid box in ERA-Interim. In order to investigate the WCB cloud structure in the warm-, mixed-phase and ice-phase
cloud segment (corresponding approximately to the WCB inflow, ascent and outflow,
respectively) and in the cloud-free inflow and outflow regions, the WCB air parcels
that fulfill the above criteria are classified into 5 categories according to their ERAInterim values of liquid water content (LWCERA ), ice water content (IWCERA ) and
pressure (p), as summarized in Table 4.1. Most of the about 40000 matches identified
between WCB air parcels and the CloudSat – CALIPSO track are in the warm-phase,
mixed-phase or ice-phase WCB category, i.e., in key WCB phases.

4.3 A N EXEMPLARY CASE STUDY OF A N ORTH PACIFIC WCB
Category
W1 – cloud-free WCB inflow
W2 – warm-phase WCB inflow
W3 – mixed-phase WCB ascent
W4 – ice-phase WCB outflow
W5 – cloud-free WCB outflow
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Other

n

0

p > 600 hPa

1081

0

–

8562

>0
>0
0

–

8292

–

19996

p < 600 hPa

2105

LWCERA

IWCERA

(g kg−1 )

(g kg−1 )

0

>0
>0
0
0

Table 4.1: Criteria for the classification of WCB trajectories that match with the CloudSat – CALIPSO track into five categories according to LWCERA , IWCERA and pressure.
The last column shows the number of WCB trajectories in each category.
To increase the representativity of the observations, in the climatological study several
satellite profiles are attributed to a single matching WCB trajectory – that is, the profile
with the closest distance to the WCB air parcel, plus the 35 preceding and succeeding
profiles. Thereby, for each WCB air parcel 71 satellite observations are obtained, corresponding to a track segment length of 78 km. Individual satellite profiles can be
considered more than once if WCB air parcels are located on top or within less than
78 km distance of each other.
Before proceeding to the results it is mentioned that care should be taken when comparing the values observed along the narrow CloudSat – CALIPSO track with the
ERA-Interim data that is available at much lower resolution (see also discussion in
Posselt et al., 2008). As discussed above, in ERA-Interim fields are averaged over
an entire grid box, and small-scale processes like convection and cloud microphysics
are not resolved. On the other hand, the cloud structure observed along the narrow
CloudSat track might not be representative for the large-scale environment, i.e., for
the entire grid box. Another problem when comparing ERA-Interim with observations can arise from a location error of a cloud feature in ERA-Interim: even when
the feature is accurately simulated, a wrong placement can produce very different results between model and observations. These problems are partly accounted for in the
climatological analysis by averaging profiles over a relatively long satellite segment.

4.3

An exemplary case study of a North Pacific WCB

In the following we examine a case study of a strong WCB in the central North Pacific
that was observed by CloudSat and CALIPSO. A second case study of a WCB observed
in the western North Atlantic is described in Appendix B.
The North Pacific WCB occurred in January 2014 and was measured twice within 24 h
by the A-Train. The first observations were obtained of the WCB inflow, and the sec-
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ond observations simultaneously captured parts of the WCB inflow, ascent and outflow. The associated cyclone underwent an explosive deepening, with a decrease in
minimum SLP by 23 hPa between 18 UTC 1 January 2014 and 18 UTC 2 January 2014
(1.4 Bergeron, see Section 3.2.4). The cyclone belongs to category C1 (see Chapter 3)
and is one of the cases with a most intense WCB in the phase space in Fig. 3.1.

First satellite overpass: 00 UTC 2 January 2014
The low-pressure system formed at 06 UTC 1 January in the central North Pacific
along the trailing cold front of a mature cyclone. 18 h later, at 00 UTC 2 January, the
cyclone is located in a baroclinic region southeast of a weak upper-level disturbance
and has a minimum SLP of 995 hPa (Fig. 4.2a). The A-Train overpasses the warm
sector to the southwest of the cyclone center, and crosses the cyclone on its western
side (gray line in Fig. 4.2a,b). The four panels in Fig. 4.3 show for the same synoptic
situation WCB trajectories with different starting times, and their position at 00 UTC 2
January (black dots and colored circles). WCB air parcels that match with the satellite
track are indicated by the colored circles (i.e., they are located within less than 50 km
of the overpass). In the warm sector, in a band of high low-level equivalent potential
temperature (θe ; Fig. 4.2a), the A-Train intersects the inflow of WCB trajectories that
have started their 2-day ascent within the last 18 h (Fig. 4.3a-d).
A two-dimensional overview of the WCB-related cloud structure can be gained from
the infrared satellite image (Fig. 4.2b). South of 28◦ N the WCB inflow is almost cloudfree, with a few patches of low-level clouds discernible by the slightly colder brightness temperatures than the surrounding ocean. The northern part of the inflow between 28◦ and 31◦ N produces a band of midlevel clouds that increase in height toward the cyclone center. The high-level clouds near the cyclone center are formed
by strongly ascending WCB air (Fig. 4.3). As a side remark, note that the intense
cloud-diabatic processes lead to the formation of a strong low-level PV anomaly in
the cyclone center (not shown) and promote the explosive intensification, which is
characteristic for C1 cyclones (see Chapter 3).
Figure 4.4a shows the vertical profile of reflectivity along the CloudSat segment, and
Fig. 4.5a the DARDAR-retrieved IWC. Overlaid are in both figures the intersection
positions of the matching WCB air parcels with the cross section, and interpolated
ERA-Interim fields of the 2 pvu contour and the 0◦ C and -23◦ C temperature contours
(which mark the transitions in ERA-Interim from warm- to mixed-phase clouds and
from mixed-phase to pure ice clouds, respectively), as well as θe , precipitation and convective available potential energy (CAPE) in Fig. 4.4a, and LWC and IWC in Fig. 4.5a.
In Fig. 4.4a the CloudSat cloud mask from the 2B-GEOPROF product has been used
with a threshold value of 20 to filter out radar signals likely contaminated by sur-

4.3 A N EXEMPLARY CASE STUDY OF A N ORTH PACIFIC WCB
(a) 00 UTC 2 January 2014

(b) 00 UTC 2 January 2014

(c) 00 UTC 3 January 2014

(d) 00 UTC 3 January 2014
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Figure 4.2: Synoptic situation at (a, b) 00 UTC 2 Jan 2014 and (c, d) 00 UTC 3 Jan. Left
panels show θe at 850 hPa (K; shading), SLP (hPa; black contours every 3 hPa), and
PV on 315 K (red contours for 2, 3 and 4 pvu). Right panels show infrared satellite
images (brightness temperature in ◦ C) derived from the GridSat-B1 data, and, from
ERA-Interim, the 2-pvu contour on 315 K (red) and grid points with at least one WCB
trajectory (yellow). The black crosses mark the position of the cyclone center and the
gray line the track segment of the A-Train shown in Fig. 4.4.

face or clear air clutter (Marchand et al., 2008). The effect of surface clutter is most
pronounced below 1.2 km height (Marchand et al., 2008), which reduces the ability to
investigate the cloud structure at the height of the WCB inflow.
Consistent with the horizontal view (Fig. 4.2b), the reflectivity structure in the WCB inflow south of 28◦ N reveals shallow convection in the warm, weakly stratified air, em-
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(a) +18h

(b) +12h

(c) +6h

(d) +0h

Figure 4.3: Two-day WCB trajectories (colored by pressure; hPa) overpassed by the
A-Train (gray line) at 00 UTC 2 Jan 2014. The WCB starting times are at (a) 06 UTC 1
Jan 2014, (b) 12 UTC 1 Jan, (c) 18 UTC 1 Jan, and (d) 00 UTC 2 Jan. The positions of the
trajectories at 00 UTC 2 Jan 2014 are shown by black dots and filled circles, with filled
circles indicating trajectories that match with the A-Train (colored according to their
category, W1-W5; see Table 4.1). Overlaid is SLP (contours every 3 hPa), θe on 850 hPa
(gray dashed contours for 290, 300, 310 and 320 K), and PV at 315 K (blue contours for
2, 3 and 4 pvu) at the time of the satellite overpass.
bedded in cloud-free regions (Fig. 4.4a). Between 28◦ N and 31◦ N, convective clouds
above the WCB inflow reach altitudes of 8-9 km, and between 31◦ N and 38◦ N, CloudSat observes again shallow convection. In the northern segment of the CloudSat track
the high reflectivity values belong to the frontal clouds of an independent, mature
low-pressure system (Fig. 4.2a,b). It is remarkable that the WCB inflow trajectories associated with the low-level clouds observed by CloudSat between 24◦ N and 32◦ N all
belong to the warm-phase ERA-Interim category (see also Fig. 4.5a), i.e., ERA-Interim
correctly captures the presence of these clouds. According to DARDAR, the convective clouds are all associated with precipitation (not shown), while in the reanalysis a
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(a) 00 UTC 2 January 2014

(b) 00 UTC 3 January 2014

Figure 4.4: Top panels show CloudSat radar reflectivity (dBZ; shading) together with,
from ERA-Interim, interpolated θe (black contours every 5 K), temperature (red dashed
contours at 0◦ and -23◦ C), the 2-pvu contour (thick black line), and the positions of the
intersected WCB trajectories (colored according to their category). The smaller bottom
panels show from ERA-Interim total (blue solid), large-scale (blue long-dashed) and
convective (blue short-dashed) precipitation accumulated during the previous 6 h, and
most unstable CAPE (red solid) along the CloudSat segment. The fields are shown at
(a) 00 UTC 2 Jan 2014, and (b) 00 UTC 3 Jan. The position of the CloudSat segment is
marked by the gray lines in Fig. 4.2.
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(a) 00 UTC 2 January 2014

(b) 00 UTC 3 January 2014

Figure 4.5: DARDAR-retrieved IWC (mg m−3 ; shading) together with, from ERAInterim, interpolated IWC (black solid contours at 0.1, 1, 10, 100, 200 and 1000 mg m−3 )
and LWC (black dashed contours at 0.1, 1, 10, 100, 200 and 1000 mg m−3 ), temperature
(red dashed contours at 0◦ and -23◦ C), the 2-pvu contour (thick black line), and the positions of the intersected WCB trajectories (colored according to their category). The
fields are shown at (a) 00 UTC 2 Jan 2014, and (b) 00 UTC 3 Jan. The position of the
CloudSat segment is marked by the gray lines in Fig. 4.2.
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(a) 00 UTC 2 January 2014

(b) 00 UTC 2 January 2014

(c) 00 UTC 3 January 2014

(d) 00 UTC 3 January 2014
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Figure 4.6: (left) Maximum pressure decrease ∆pmax (hPa) in 48 h, and (right) start time
of the ascent (in hours relative to the time of the satellite overpass), of five-day backward and three-day forward trajectories started from the A-Train segment marked in
Fig. 4.2 at (a, b) 00 UTC 2 Jan 2014 and (c, d) 00 UTC 3 Jan 2014. The black contour
marks a decrease in ∆pmax of 600 hPa.
small peak in precipitation (∼ 7 mm within the previous 6 h) is only present at 32◦ N,

with an equal convective and stratiform contribution (Fig. 4.4a). CAPE is also zero
except at about 31◦ N, where a small peak (∼ 100 J kg−1 ) coincides with a shallow-to-

midlevel convective element. The absence of CAPE and precipitation along the rest
of the CloudSat segment associated with convection, in particular in the deep convective clouds observed by the radar at 30◦ N, suggests that ERA-Interim is not able to

represent the convective nature of these clouds and the associated precipitation. Nevertheless, the reanalysis captures the presence of mixed-phase clouds between about
3 and 8 km centered at 30◦ N, although they are broader than the narrow convective
elements observed by CloudSat (Fig. 4.5a). Note, furthermore, that at the outer edge
of these convective clouds the ERA-Interim and DARDAR-retrieved IWC values are
similar, but in their core they are about one to two orders of magnitude higher in
DARDAR.
While the WCB intersection positions in Fig. 4.4a depict ERA-Interim-based areas associated with strong ascent of at least 600 hPa within 48 h, the observed cloud structure
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at other points of the cross section could be related to strong ascent that occurred at
earlier time steps, or to air parcels with a weaker maximum ascent. Following the approach of Schäfler et al. (2011), five-day backward and three-day forward trajectories
have been started in ERA-Interim from the CloudSat track segment, horizontally at every 25th observation point (i.e., every 27.5 km), and vertically every 250 m. Figure 4.6
shows the maximum decrease in pressure (∆pmax ), i.e., ascent, within 48 h along the
eight-day trajectories (Fig. 4.6a), and the start time of the maximum pressure decrease
relative to the observation time (Fig. 4.6b). Consistent with the WCB intersections in
Figs. 4.3 and 4.4a, the WCB inflow is evident in the boundary layer south of about
31◦ N, in the area with large values of ∆pmax of at least 600 hPa (Fig. 4.6a). Note that
Fig. 4.6a displays the position of the WCB more accurately than the WCB intersections
in Fig. 4.4a, which can be located up to 50 km away from the cross section. The WCB
air parcels in the inflow have started to ascend within the last 0-24 h, whereby their
age increases with increasing latitude (Fig. 4.6b). Above the WCB the value of ∆pmax
decreases relatively uniformly with increasing height to values of less than 100 hPa at
6 km, and farthest to the south even to negative values, i.e., descent, above. The high
values of ∆pmax in the northern segment are again related to the independent cyclone.
The deep convective clouds observed by CloudSat between 28◦ N and 31◦ N, as well
as the shallow convection between 33◦ N and 38◦ N (Fig. 4.4a), are not reflected in high
values of ∆pmax in Fig. 4.6a, corroborating the assumption based on the low values in
CAPE and convective precipitation that ERA-Interim is not able to reproduce convection in this particular case. This is not surprising, as the trajectories in ERA-Interim are
driven by the relatively coarse-resolution ERA-Interim winds, which cannot capture
small-scale convective processes.

Second satellite overpass: 00 UTC 3 January 2014
During the following 24 hours, the cyclone strongly intensifies while remaining at approximately the same location, and at 00 UTC 3 January it reaches its lowest SLP minimum of 975 hPa (Fig. 4.2c). The upper-level disturbance has intensified into a LC2type, cyclonically breaking wave that wraps around the storm center. A cutoff with
high-PV air has become detached from the breaking wave and is located above the
cyclone center, forming a PV tower together with the low-level PV and surface warm
anomaly.3 Because of the slow movement of the cyclone, the A-Train is able to measure WCB air parcels associated with all nine 6-hourly WCB trajectory starting times
3 It

was checked with cross sections through that region that the cutoff is stratospheric (not diabatic).

It forms a slantwise PV tower with the low-level PV anomaly that is located to the south above the
cyclone center. WCB intersections indicate that the cyclonic branch of the WCB outflow erodes the
upper-level PV around the cutoff.
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(a) +42h

(b) +36h

(c) +30h

(d) +24h

(e) +18h

(f) +6h

73

Figure 4.7: As Fig. 4.3, but for WCB trajectories overpassed by the A-Train at 00 UTC
3 Jan 2014. The WCB starting times are at (a) 06 UTC 1 Jan 2014, (b) 12 UTC 1 Jan, (c)
18 UTC 1 Jan, (d) 00 UTC 2 Jan, (e) 06 UTC 2 Jan, and (f) 18 UTC 2 Jan.
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during the previous 2 days. Six of the nine starting times are shown in Fig. 4.7. The
A-Train overpasses above the northern part of the warm front the outflow of WCB trajectories that started up to two days earlier (Figs. 4.7a-c and e), above the southern part
of the warm front and above the cold front the ascending WCB trajectories that started
6-36 h earlier (Figs. 4.7b-e), and in the warm sector the inflow of WCB trajectories that
started within the last 24 h (Figs. 4.7d-f). Note that the ascending and outflow WCB
trajectories in Figs. 4.7a-d are the same as those measured 24 h earlier in the inflow
(Figs. 4.3a-d). For all starting times the WCB is associated with a cyclonically and an
anticyclonically turning branch, with the anticyclonically turning branch dominating
particularly at later starting times.
Examination of the WCB-related cloud structure in the infrared satellite image reveals
a comma pattern with high clouds along the cold front, the warm front and the bentback front (Fig. 4.2d). The cloud height increases from the southern part of the cold
front toward the north, and the coldest cloud tops occur at the intersection between
the cold and the warm front.
In the warm sector the reflectivity structure associated with the WCB inflow (Fig. 4.4b)
shows convective clouds in the unstable air south of 26◦ N, a cloud-free segment between 26◦ N and 28◦ N, and ice clouds between 28◦ N and 34◦ N that increase in thickness with the approaching cold front, from cirrus to altostratus clouds, with a narrow
embedded region of deep convection at 33◦ N. The conducive environment for convection in the warm sector is captured by large ERA-Interim CAPE values, which peak in
the cloud-free segment at 28◦ N (∼ 750 J kg−1 ), while south of 26◦ N CAPE has already

been reduced by the active convection. Note furthermore that CloudSat observes no
low-level clouds in the entire segment between 26◦ N and 33◦ N, but according to ERAInterim most WCB inflow air parcels are located in warm-phase clouds with small to
moderate LWC values of up to 10 mg m−3 (Fig. 4.5b). The discrepancy can either be
explained by the poor ability of CloudSat to detect low-level clouds because of the
effect of surface clutter (especially below about 1.2 km, where most radar signals are
filtered out), or the overestimation or a wrong placement of LWC in ERA-Interim. An
overestimation of low-level LWC in ERA-Interim would be consistent with the findings by Hawcroft et al. (2016), who documented a positive cloud bias at low levels in
the WCB region. It would in turn imply an overestimation of humidity in the boundary layer, resulting in too early condensation after lifting and the production of too
much LWC. For a case study with operational analyses from the ECMWF, a positive
humidity bias in the WCB inflow region was also found by Schäfler et al. (2011).
Between 35◦ N and 40◦ N, where CloudSat intersects the cold front, the ascending WCB
forms part of a deep, presumably stratiform cloud layer. Six-hourly accumulated cold
frontal precipitation in ERA-Interim exceeds 24 mm between 38◦ N and 39◦ N, with the
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Figure 4.8: West-east vertical section across 37◦ N from 165◦ W to 145◦ W at 00 UTC 3
Dec 2014. Shown are PV (pvu; shaded), θe (contours every 5 K), and intersections of
WCB trajectories with the cross section (black crosses).
largest fraction from stratiform precipitation, and a small convective contribution. A
west-east vertical cross section across 37◦ N reveals that the WCB air parcels are lifted
above a steep thermal-moisture gradient at the cold front (Fig. 4.8). The phase of the
ascending air parcels changes from warm to mixed-phase near the 0◦ C line interpolated from ERA-Interim (Figs. 4.4b, 4.5b), which follows approximately the relatively
strong radar signal at the melting layer (however, the melting layer is difficult to see
because of the overlying WCB air parcels). Some mixed-phase WCB air parcels are located below the 0◦ C line (i.e., the temperatures are greater than 0◦ C), and in some areas
also the DARDAR-retrieved ice extends below the 0◦ C line (Fig. 4.5b). In ERA-Interim
this must be due to an interpolation issue (there should be no IWC at temperatures
greater than 0◦ C), whereas in DARDAR it can alternatively indicate melting snow.
At the warm frontal zone between 42◦ N and 55◦ N, the intersection positions of the
WCB air parcels indicate a slantwise ascent along the tilted moist isentropes, with a
gradual transition from warm-phase clouds below the melting layer, to mixed-phase
clouds at midlevels between 0◦ and -23◦ C, and to pure ice clouds at higher altitudes associated with lower reflectivity and IWC values compared to the mixed-phase clouds
(Figs. 4.4b and 4.5b). At the same time, between 42◦ N and 46◦ N CloudSat observes
deep, possibly convective clouds in the relatively unstable air above the front. High
six-hourly accumulated ERA-Interim precipitation of up to 20 mm is also present in
this region, again mainly from the large-scale scheme. North of 46◦ N the cloud thickness decreases with increasing distance from the surface front, as the cloud base slopes
upward along the moist isentropes and the cloud-top height decreases.
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The ice-phase WCB air parcels north of 50◦ N are located slightly above the height of
the cloud detected by the radar (Fig. 4.4b), and also above the radar-lidar-combined
cloud-top height (Fig. 4.5b). This could also be due to an overestimation or a wrong
placement of the IWC in ERA-Interim, or alternatively, the CALIPSO lidar might miss
the thinnest ice clouds because of the reduced sensitivity during daytime, i.e., during
the observation time in Fig. 4.4b. However, apart from this region and the region between 26◦ N and 33◦ N in the warm sector, where ERA-Interim and the satellite products deviate from each other in terms of cloud presence, it is striking how well the
WCB intersections and the ERA-Interim-based LWC and IWC distribution in Fig. 4.5b
fit with the reflectivity structure observed by CloudSat (Fig. 4.4b). This demonstrates
a surprisingly good ability of ERA-Interim to represent the position of the WCB trajectories and the associated clouds. Furthermore, Fig. 4.5b even reveals a relatively good
agreement between the ERA-Interim and DARDAR-retrieved IWC values in the pure
ice phase (both in the WCB and the entire ice cloud), which are typically of the same
order of magnitude (except, as discussed above, over the northern part of the warm
front, where the satellites see no ice).
In contrast to the pure ice phase, in the mixed-phase clouds the agreement between
observed and simulated IWC in Fig. 4.5b is much poorer. The DARDAR-retrieved
IWC ranges from 1 to more than 1000 mg m−3 , whereas in ERA-Interim the variability
is much smaller (most values lie between 10 and about 100-200 mg m−3 ). The reanalysis typically underestimates high DARDAR-retrieved IWC values (larger than about
100-200 mg m−3 ) by up to several orders of magnitude, and overestimates IWC for low
DARDAR-retrieved values (below about 10 mg m−3 ). The underestimation of IWC is
particularly pronounced when approaching the melting layer, where the values typically increase strongly in the satellite retrievals, while the opposite occurs in the reanalysis. This pattern is consistent with the findings by Delanoë et al. (2011) and can
be explained by two factors: (i) In contrast to DARDAR, where IWC can contain cloud
ice and falling snow, in ERA-Interim IWC only contains cloud ice (see Section 4.2.2).
This results in a significant underestimation of the frozen hydrometeor mass in the
mixed-phase WCB air parcels, particularly in the thick, strongly precipitating coldand warm-frontal clouds close to the melting layer. (ii) The temperature-dependent
diagnostic distinction between cloud liquid and ice in the mixed phase reduces the
ice fraction in the cloud condensate from 100% below -23◦ C to zero at the melting
layer. The mixed-phase assumption probably also explains the overestimation of IWC
around the -23◦ C line at about 45◦ N in Fig. 4.5b, where in ERA-Interim all or most of
the cloud condensate is present as ice, although in reality supercooled liquid might
still be present at these temperatures.

4.3 A N EXEMPLARY CASE STUDY OF A N ORTH PACIFIC WCB

77

The frontal clouds observed along this CloudSat segment in Fig. 4.4b, which are to
a large extent produced by WCB air parcels of different ages, resemble the clouds
described in the Norwegian cyclone model (see Fig. 1.4 in Chapter 1). Similar cloud
structures as in the present case study have also been observed by Posselt et al. (2008)
in CloudSat observations of frontal clouds, particularly in their case study across a
warm front.
The outline of the WCB associated with the mature cyclone is also evident in the large
maximum ascent values in Fig. 4.6c, and Fig. 4.6d nicely illustrates the increasing age
of the WCB air parcels from south to north. The maximum ascent value above the
WCB again decreases generally with height, with the fastest decrease above the inflow.
The rapid ascent associated with the convective clouds south of 26◦ N, above the WCB
inflow, is not captured by ERA-Interim. At the cold front, the strong ascent is evident
by a vertically deep layer of high values in ∆pmax decreasing from more than 600 hPa
in the WCB air between the surface and 6 km, to 300 hPa at 9 km. North of the surface
warm front, the tilted region of strong moist-isentropic upgliding is surrounded by
weaker vertical motions, in particular in the cold and dry air located below.
Above the strongly ascending WCB air masses at the warm and especially the cold
front, a layer associated with relatively weak ascent of 50-200 hPa between 9-11 km
height suggests that the respective air parcels are pushed upward by the WCB
(Fig. 4.6c). As described in the introduction, such a situation can lead to in situ ice
cloud formation above the WCB-related liquid-origin cirrus (Spichtinger et al., 2005;
Wernli et al., 2016). In situ cirrus is typically associated with lower values in IWC, particle size and number concentration (Krämer et al., 2016; Luebke et al., 2016). Inspection of the ice cloud properties retrieved by DARDAR along the CloudSat track indeed
reveals a decrease in IWC (Fig. 4.5b), effective radius (not shown) and in some areas
also number concentration (not shown) from the WCB-related cirrus toward the upper
troposphere, which supports the assumption of two distinct categories of liquid-origin
and in situ cirrus, respectively, on top of each other.
The key findings from the comparison of reanalysis and satellite data for this North
Pacific WCB are as follows:
• The strongly ascending WCB air masses can be part of deep clouds.
• With a few exceptions, the position and cloud phase of the ERA-Interim-based

WCB trajectories coincide remarkably well with the reflectivity structure observed by CloudSat.

• Convection can occur above the WCB inflow and during the ascent. While ERAInterim approximately captures these clouds in terms of position and shape, the
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rapid ascent associated with the convection is not captured by the WCB trajectories, which are based on spatially and temporally coarse-resolution wind fields.
• The agreement between ERA-Interim and DARDAR-retrieved IWC is relatively

good in the ice-phase WCB cloud segment, and poor in the mixed-phase segment. In the mixed phase, ERA-Interim significantly underestimates (overestimates) IWC for large (small) DARDAR-retrieved values and does not capture
the variability in observed IWC. The underestimation of high IWC can be explained by the absence of snow in the IWC variable, and close to 0◦ C also by the
temperature-dependent partition of cloud condensate into ice and liquid, which
strongly reduces the ice fraction when approaching the melting layer. The overestimation of small IWC values, on the other hand, is most likely due to an overestimation of the ice fraction when approaching −23◦ C, i.e., an underestimation
of the amount of supercooled liquid droplets.

• Ice clouds in weakly ascending air masses can extend above the WCB outflow,

indicating that the ice has formed in situ as the layer was pushed upward by the
strongly ascending air below (cf. Spichtinger et al., 2005; Wernli et al., 2016).

• The WCB cloud structure of the mature cyclone resembles the frontal clouds
described in the Norwegian cyclone model (Fig. 1.4).

• The majority of the WCB-related precipitation is produced by the large-scale
scheme in ERA-Interim. This is in agreement with the findings by Hawcroft
et al. (2016).

4.4

Climatological analysis of the WCB cloud structure

After the detailed investigation of the clouds observed by CloudSat and CALIPSO in
two exemplary WCBs, in this Section the vertical cloud structure of WCBs is characterized climatologically for the Northern Hemisphere during December-February 20062014. More than 40000 matches between WCB trajectories and CloudSat – CALIPSO
are analyzed separately for the cloud-free and warm-phase WCB inflow (category W1,
n = 1081; and W2, n = 8562), the mixed-phase WCB ascent (category W3, n = 8292),
and the ice-phase and cloud-free WCB outflow (category W4, n = 19996; and W5,
n = 2105), respectively (see Table 4.1).
The spatial distribution of the matches between the WCB air parcels and the A-Train
exhibits four maxima (Fig. 4.9): the central/eastern North Pacific, Europe (overpass in
both cases at 00 and 12 UTC ± 1 h), the western North Pacific and the western North

Atlantic (overpass at 06 and 18 UTC ± 1 h). The highest number of matches occurred
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(a) W5

(b) W4

(c) W3

(d) W2

(e) W1
Figure 4.9: Spatial distribution of WCB air parcels in category (a) W5, (b), W4, (c) W3,
(d) W2, and (e) W1 that match with the A-Train.
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z (km)

p (hPa)

ztp (km)

ptp (hPa)

W1

0.4

962

12.4

168

W2

1.1

875

12

175

W3

3.9

599

10.1

235

W4

7.9

330

9.9

240

W5

8.2

314

10

239

Category

Table 4.2: Summary of the mean altitude (z), mean pressure (p), mean tropopause
height (ztp ) and mean tropopause pressure (ptp ) of the WCB trajectories in each category.
in the central/eastern North Pacific and the western North Atlantic, regions with high
climatological WCB frequency (see Fig. 2.2 in Chapter 2, reproduced from Madonna
et al. 2014). The mean latitude of the matches and their spatial coverage increases
from inflow (Figs. 4.9d and e) to ascent (Fig. 4.9c) and outflow (Fig. 4.9a and b), in
agreement with the poleward motion of the ascending air parcels and their dispersion
in the upper troposphere (Fig. 2.2). Over the western North Pacific, most matches occurred during the WCB inflow and ascent between 20◦ N and 40◦ N (Figs. 4.9c, d and e),
in agreement with the strong climatological maximum in the WCB inflow frequency
(Fig. 2.2). ERA-Interim-based composites centered on the WCB air parcels revealed
that the W1 and W2 air parcels typically occur to the southeast of a cyclone in the
warm sector, W3 and W4 air parcels to the northeast above the southern and northern part, respectively, of the warm front, and W5 air parcels above a high-pressure
system in the downstream ridge (not shown). Table 4.2 provides a summary of the
mean altitude of the WCB trajectories and the mean height of the tropopause (defined
by the 2-pvu contour) in each category. As expected, the mean altitude of the WCB
air parcels increases from category W1 to W5. The mean tropopause height decreases
from inflow to outflow because of the increasing latitude, but in category W5 it is located slightly higher than in W4, consistent with the position of the W5 air parcels
within an upper-level ridge.
As described in Section 4.2.3, 71 satellite profiles have been assigned to every WCB
trajectory that was overpassed by the CloudSat – CALIPSO track, corresponding to a
track length segment of 78 km. In the following, several quantities are investigated for
each category of WCB air parcels:
• The average vertical reflectivity profile of the 71 attributed satellite profiles (Z),
• the standard deviation of reflectivity of the 71 attributed satellite profiles (σZ ),
• the average cloud top and cloud base height (CTH and CBH),
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• the average IWC profile (IWC) and the average profile of effective radius (re,ice ),
• the most frequently occurring target in the DARDAR-MASK (dmaskmax ) of the
71 attributed satellite profiles at each profile height,

• the most frequently occurring target in the 2B-CLDCLASS product (cldclassmax )
of the 71 attributed satellite profiles at each profile height.

All quantities are displayed relative to the height of the WCB trajectories (zrel ) by subtracting the WCB height from the absolute height. Accordingly, positive (negative)
values in zrel imply that a cloud structure is located above (below) the WCB trajectory.

4.4.1

Reflectivity

Figure 4.10 shows for all matching WCB trajectories a two-dimensional histogram of
Z as a function of relative height, separately for the five WCB categories. Radar signals likely contaminated by surface or clear-air clutter have been filtered out with the
CloudSat cloud mask from the 2B-GEOPROF product (Marchand et al., 2008), and Z is
not displayed when more than half of the 71 attributed satellite profiles are associated
with clutter at a specific height. The units denote the percentage of WCB trajectories
per category that occur in a certain reflectivity-zrel bin.
At the height of the WCB inflow (zrel = 0 km), in particular in category W1, much of
the radar signal has been filtered out as surface clutter (Figs. 4.10a,b). In the warmphase inflow, the remaining reflectivity values range from -28 to 15 dBZ, with the
largest fraction between 0 and 8 dBZ (Fig. 4.10b). Some of these values are presumably considerably underestimated because of the attenuation of the radar signal in
moderate to heavy precipitation. The range of the radar signal at the height of the
mixed-phase cloud segment extends from -28 to 17 dBZ, but the majority of the trajectories has high values between 4 and 14 dBZ, indicating the presence of large hydrometeors and solid precipitation (Fig. 4.10c). In the outflow the values range from -30 to
14 dBZ in the ice-phase cloud segment (W4; Fig. 4.10d), and from -28 to -8 dBZ in the
cloud-free segment (W5; Fig. 4.10e), with the largest fraction in W4 between about -18
and -10 dBZ.
When considering the entire vertical profile, the highest reflectivity values occur about
1-7 km above the WCB inflow (Figs. 4.10a,b), within approximately 5 km below to 4 km
above the ascending WCB (Fig. 4.10c), and about 2-8 km below the outflow air parcels
(Figs. 4.10d,e). At these heights a large fraction of categories W2 and W3, and a slightly
smaller fraction of W4, is associated with high reflectivity values of more than 10 dBZ,
and in the approximately 5-7 km above this layer the radar signal steadily decreases
to values near -30 dBZ. This indicates that the WCB air parcels often form part of deep
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(a) W1

(c) W3

(b) W2

(d) W4

(e) W5

Figure 4.10: Two-dimensional histograms showing for every WCB trajectory in category (a) W1, (b) W2, (c) W3, (d) W4, and (e) W5 the reflectivity Z (dBZ; bin
width = 1 dBZ) as a function of relative altitude zrel (km; bin width = 0.5 km). The
WCB air parcels are located at zrel = 0 km. Colors indicate the relative occurrence
frequency in a specific Z-zrel bin.
clouds, with high reflectivity values in the thick, precipitating warm-phase and mixedphase clouds during the WCB inflow and ascent, respectively, and lower values in the
pure ice clouds in the outflow, and an up to 5 km thick layer with thin ice clouds
with decreasing reflectivity values on top of the outflow. The observed reflectivity
structure is consistent with the reflectivity profile observed for many WCB air parcels
in the case studies discussed in Section 4.3 and Appendix B (Figs. 4.4 and B.3). In the
cloud-free WCB inflow and outflow (Figs. 4.10a,e), on the other hand, throughout the
entire troposphere only a few air parcels are associated with high reflectivity values.
In these categories many profiles are entirely cloud-free, and their radar signal has
been filtered out.
As mentioned in Section 4.2.3, the same radar profiles can be present multiple times if
WCB air parcels are located close to or on top of each other. In fact, the percentage of
WCB trajectories that share at least one of the 71 satellite profiles with another WCB
trajectory of any of the five categories is 75% in category W1, 92% in W2, 98% in W3,
89% in W4, and 83% in W5, respectively. The large fraction in categories W2, W3 and
W4 suggests that the WCB inflow, ascent and outflow often form the lower, middle
and upper part, respectively, of the same cloud system. To explore a potential issue
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(b) W2

(d) W4

(e) W5

Figure 4.11: As Fig. 4.10, but with the standard deviation of reflectivity, σZ (dBZ; bin
width = 0.5 dBZ), on the x-axis.
with including some of the radar profiles more than once, and to assess how much of
the radar signal in Fig. 4.10 is associated with WCB trajectories located on top of each
other, the reflectivity-height histograms have been reproduced (not shown) only for
the WCB trajectories that have no profile in common with any other WCB trajectory
(i.e., all WCB trajectories are located at least 78 km apart from each other, and none
is located on top of the other). The much smaller sample size leads to a more noisy
picture, with larger variability in occurrence frequency in nearby Z-zrel bins, and in
categories W1, W2, W3 and W4 a slightly reduced occurrence frequency of reflectivity
values larger than 10 dBZ at the height of the mixed-phase clouds. However, otherwise the distribution of the values is in all categories remarkably similar to Fig. 4.10
(not shown). We conclude from this that the inclusion or exclusion of WCB trajectories
located close to or on top of each other does not affect the findings of this study. In the
following we will investigate all quantities for the full categories, even if the satellite
profiles are often considered more than once, but it should be kept in mind that they
are (auto-)correlated in the vertical and horizontal direction.
The standard deviation σZ of the reflectivity among the profiles assigned to each WCB
trajectory (Fig. 4.11) provides information on the homogeneity of the radar observations along each 78 km track segment.4 Large values in σZ possibly indicate the pres4 Transitions from cloudy to clear-air regions are not considered in the calculation of σ , because clear-air
Z

clutter (and surface clutter) has again been filtered out.

84

C HAPTER 4. V ERTICAL CLOUD STRUCTURE OF WCB S

ence of convection, where convective elements with high reflectivities are embedded
in more stratiform regions with lower values. For example, the convective clouds in
the case study in Fig. 4.4a centered at about 30◦ N are associated with relatively high
values in σZ of more than 7 dBZ throughout most of the profile, with the largest values
of 13 dBZ about 2.3 km above the WCB inflow trajectories. In contrast, the cold-frontal
clouds between 35◦ N and 40◦ N in Fig. 4.4b are spatially more homogeneous, particularly below 9 km altitude, where σZ is typically smaller than 3 dBZ.
In all categories and especially W2, W3 and W4, many WCB trajectories are associated with relatively low σZ values, with the frequency maximum increasing slightly
from about 1.5 to 3 dBZ with relative altitude (Fig. 4.11). When subjectively choosing a threshold value of σZ = 5 dBZ to define cloud structures with a lower value
as stratiform and a higher value as convective clouds, the convective fraction, when
including all vertical levels, amounts to 55% in category W1, 49% in W2, 34% in W3,
24% in W4 and 61% in W5 (in categories W1 and W5 only a small number of WCB
trajectories contributes to the large observed fractions, the rest is filtered out as clear
air). Generally the trajectory frequency decreases with increasing σZ . The largest σZ
values occur in each category in the vertical layer associated with the highest values
in Z (cf. Fig. 4.10), i.e., about 1-7 km above the inflow (Figs. 4.11a,b), 5 km below to
5 km above the ascent (Fig. 4.11c), and 2-8 km below the outflow (Fig. 4.11d,e), with
values of more than 15 dBZ for a small fraction of the trajectories. The broad range
of the σZ values demonstrates that the WCB trajectories can be associated with stratiform and convective clouds, with convection particularly occurring above the inflow
and during the ascent. The relative occurrence frequency of convective and stratiform
clouds will be discussed in more detail in Section 4.4.5, when the cloud types in each
category are investigated.

4.4.2

Cloud top and cloud base height

Here we investigate the climatological distribution of the cloud top and cloud base
height associated with the WCB categories. Figure 4.12 shows in blue for every category a histogram of CTH relative to the WCB height, averaged over all satellite profiles attributed to a WCB air parcel. The cloud top height in each satellite profile is
represented by the height of the uppermost pixel where DARDAR identifies clouds
or rain. If in more than half of the profiles associated with a WCB air parcel neither
clouds or rain are identified throughout the entire vertical profile, the air parcel is included in the clear category at the bottom of the histogram (which also includes the
classifications unknown, aerosol, ground, stratospheric and insect). Furthermore, to
gain insight into the vertical extension of the clouds, the overlaid red and yellow histograms show relative CTH only if for at least half of the profiles the cloud extends
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from cloud top down to the height of the WCB air parcels, i.e., if all pixels in between
the uppermost pixel with a DARDAR cloud classification and the WCB air parcel are
also categorized as clouds (red bars), or as clouds or unknown (sum of red and yellow
bars). The unknown DARDAR category is included in the latter as an upper estimate
of the cloud fraction because, as mentioned in Section 4.2.1, it likely represents clouds
where the lidar signal is extinguished (Mason et al., 2014).
The largest frequency peaks in CTH are located 10-12 km above category W1
(Fig. 4.12a), 9-11 km above W2 (Fig. 4.12b), 5-8 km above W3 (Fig. 4.12c), 1-3 km above
W4 (Fig. 4.12d), and 6-7 km below W5 (Fig. 4.12e). With the exception of category
W5, these peaks are located slightly below or coincide with the mean height of the
tropopause, and are encompassed by the 5th and 95th percentile of the tropopause
(gray lines). In the inflow categories, smaller peaks in CTH are also located 1-2 km
above the air parcels in category W1 and 2-3 km above those in W2.
The percentage of cloud-free profiles is highest in categories W5 (20%; Fig. 4.12e)
and W1 (14%; Fig. 4.12a), consistent with the low occurrence frequency of clouds in
Fig. 4.10a,e. A small fraction (1-4%) of the other categories is also entirely cloud-free,
and in categories W3 and particularly W4 (Fig. 4.12c,d) in some cases the cloud top
is located below the WCB (cf. case study of the North Pacific WCB, Fig. 4.4b, where
north of 50◦ N W4 outflow trajectories are located above the cloud top), although ERAInterim identifies clouds at the WCB height. In these cases the clouds are either erroneously produced or wrongly placed in ERA-Interim, or missed by both CloudSat
and CALIPSO (the latter is mainly expected to occur during daytime, when the lidar
sensitivity is reduced for thin ice clouds).
In categories W2, W3 and W4, and even in category W1 when including the unknown
DARDAR class, a large fraction of the clouds is fully connected from cloud top down
to the WCB height (Fig. 4.12a-d). In numbers, the percentage of connected clouds out
of the total cloud fraction when excluding (including) the unknown classification is
6% (28%) in category W1, 31% (50%) in category W2, 56% (68%) in category W3, 56%
(57%) in category W4, and 4% (4%) in category W5. The large fractions are remarkable,
particularly in categories W2 and W3, where 75% of the connected clouds have their
cloud top more than 6 km and 4 km, respectively, above the WCB air parcels. This
corroborates the finding from the previous Sections that the WCB air masses are part
of vertically extended clouds, and that deep convection can occur above the WCB
inflow and during the ascent. The smaller peak in CTH 2-3 km above category W2
(and when including the unknown class also the peak 1-2 km above category W1) is
also associated with a relatively large fraction of connected clouds and most likely
associated with shallow and midlevel convective elements (as observed for example
in Fig. B.3a at 28◦ N, and Fig. B.3b between 39◦ N and 41◦ N).
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Figure 4.12: Histograms showing in blue the absolute and relative frequency of occurrence of CTH as a function of zrel (km; bin width = 1 km) for category (a) W1, (b) W2,
(c) W3, (d) W4, and (e) W5. In red and yellow the same histograms are shown but
only for deep clouds that are vertically connected from cloud top to the WCB height
without (red) and with (sum of red and yellow) the inclusion of the unknown DARDAR categorization (see text for details). The gray thick line shows the mean relative
height of the tropopause, and the gray dashed lines the 5th and 95th percentile.
The extension of clouds above the WCB outflow level in the W4 category (Fig. 4.12d)
is consistent with the reflectivity structure in Fig. 4.10d. Such a situation has also been
observed in the case study of the North Pacific WCB discussed in Section 4.3, and it
indicates in situ ice-cloud formation above the liquid-origin cirrus that accompanies
the strong WCB ascent. In total, for 85% of category W4 the clouds extend above the
WCB outflow level, and this value decreases slightly to 77% when excluding all WCB
trajectories that share at least one satellite profile with another trajectory of any of the
five WCB categories (which also excludes the possibility of different WCB outflow air
parcels located on top of each other). Based on backward trajectories calculated from
ERA-Interim ice clouds, Wernli et al. (2016) found that more than 80% of the liquidorigin cirrus grid points in the North Atlantic are connected to in situ clouds on top.
This agrees well with the above values of 85% and 77%. However, the clouds on top
of the WCB outflow in Fig. 4.12d can also represent liquid-origin cirrus with a weaker
ascent than 600 hPa; to reliably classify them as in situ cirrus backward trajectories
would have to be calculated as in the study by Wernli et al. (2016).
To investigate the cirrus layer for WCB trajectories at different altitudes, the histograms of CTH are displayed in Fig. 4.13 for three subgroups of category W4 located

0

100 200 300 400 500 600

(a) W4a

10
5
0
-5
-10
clear
0%

10%

20%
30%
Frequency

40%

15

0

500 1000 1500 2000 2500

(b) W4b

10
5
0
-5
-10
clear
0%

10%

20%
30%
Frequency

40%

Relative cloud top height [km]

15

Relative cloud top height [km]

Relative cloud top height [km]

4.4 C LIMATOLOGICAL ANALYSIS OF THE WCB CLOUD STRUCTURE
15

0

100

87
200

300

400

500

(c) W4c

10
5
0
-5
-10
clear
0%

10%

20%
30%
Frequency

40%

Figure 4.13: As Fig. 4.12, but for subcategories (a) W4a , (b) W4b and (c) W4c . Note the
different relative frequency scale compared to Fig. 4.12.
between 5.5 and 6.5 km (W4a ), 7.5 and 8.5 km (W4b ), and 9.5 and 10.5 km (W4c ) altitude, respectively (note the different relative frequency scale compared to Fig 4.12).
The number of WCB trajectories in each subcategory, their mean height and the mean
height of the tropopause are summarized in Table 4.3. The fraction of cloud tops extending above the WCB outflow reaches 94% in W4a , 82% in W4b , and 82% in W4c
(94%, 65% and 69%, respectively, when excluding WCB trajectories that share at least
one satellite profile with another trajectory), and the tops of the clouds connected with
the WCB outflow are located up to a relative height of 7 km (peak at 4 km; Fig. 4.13a),
6 km (peak at 2 km; Fig. 4.13b), and 4 km (peak at 2 km; Fig. 4.13c), respectively. The
mean tropopause height rises with the height of the WCB trajectories from about 9 km
in W4a to 11 km in in W4c , but the distance of the tropopause to the WCB declines
from about 3 to 1 km (Table 4.3, Fig. 4.13). Composites centered on the position of
the WCB trajectories (not shown) revealed that W4a and W4b air parcels are typically
located in the northeastern quadrant of a cyclone between an upstream trough and
a downstream ridge, with the W4a outflow occurring closer to the cyclone and the
trough. The W4c air parcels, on the other hand, are located in the middle of an upperlevel ridge on the western side of a surface anticyclone. The presence of a cirrus layer
above the WCB outflow is therefore particularly interesting in subcategory W4c .
Finally, we briefly investigate, again for the entire inflow, ascent and outflow categories, the relationship between relative cloud-base and cloud-top height for each
WCB trajectory, and the percentage of pixels with clouds or rain in between (Fig. 4.14).
Category

Altitude (km)

n

z (km)

p (hPa)

ztp (km)

ptp (hPa)

W4a

5.5 < z 6 6.5

1725

6.1

426

9.1

269

W4b

7.5 < z 6 8.5

7081

8

322

9.9

242

W4c

9.5 < z 6 10.5

1469

9.9

239

11.2

195

Table 4.3: Summary of the altitude range, the number, z, p, ztp and ptp for three subgroups of category W4.
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Figure 4.14: Scatterplot of relative CBH and CTH, and the percentage of cloudy or
rainy DARDAR pixels (%; colors) in between, for percentages (a-e) > 80% and (f-j)

< 80% for each WCB trajectory in category (a,f) W1, (b,g) W2, (c,h) W3, (d,i) W4 and
(e,j) W5.
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Equivalent to CTH, the cloud-base height in each satellite profile is defined as the lowermost height at which DARDAR identifies clouds or rain, and the mean cloud-base
height, CBH, is then calculated over all satellite profiles attributed to a WCB trajectory. The distribution of the data points along the vertical axes in Fig. 4.14 is consistent
with the histograms of CTH in Fig. 4.12 (when excluding the entirely cloud-free fraction). In category W1, the cloud bases and tops are generally both located above the
WCB, often either at a similar altitude or associated with a large percentage of clearsky layers in between (Fig. 4.14a,f), pointing to the prevalence of thin cloud layers
above the WCB inflow (if clouds are present at all). In categories W2, W3 and W4, the
cloud bases are mainly located at or below and the cloud tops above the height of the
WCB, often far apart from each other, and in agreement with Fig. 4.12, in many cases
the fraction of cloudy layers in between cloud base and cloud top amounts to 100%
(Fig. 4.14b,c,d and g,h,i). In category W5, cloud-base and cloud-top height typically
occur close to each other 5-10 km below the WCB and suggest relatively thin low-level
clouds (Fig. 4.14e,j). In all categories, there are also exceptions (e.g., CBH and CTH
both located above or below the WCB height in categories W2, W3 and W4, CBH located at the height of W1 and CTH at the height of W5), which are either related to a
wrong representation in ERA-Interim or DARDAR, as discussed above.

4.4.3

Ice water content and effective radius

The two-dimensional histograms of IWC and re,ice relative to the WCB height are displayed in Figs. 4.15 and 4.16, respectively. At the height of the cloud-free and warmphase WCB trajectories (Figs. 4.15a,b and 4.16a,b) little ice is present, and this is most
likely melting snow. At higher altitudes the IWC values vary over several orders of
magnitude among the different WCB trajectories, and also the sizes of the ice crystals
reveal a large variability. As expected, for both quantities the largest range and the
maximum values occur at and slightly below the height of the mixed-phase WCB category (Figs. 4.15c and 4.16c), about 1-5 km above the warm-phase clouds (Figs. 4.15a,b
and 4.16a,b) and 3-7 km below the ice clouds (Figs. 4.15d,e and 4.16d,e), where the
higher availability of water vapor compared to the pure ice regime promotes the
growth of the ice crystals: The IWC values at the height of category W3 range from
0.001 to 2500 mg m−3 , with values between 200 and 1000 mg m−3 occurring most frequently (see also Figs. 4.19a, 4.20a and 4.19a that will be discussed in Section 4.4), and
re,ice ranges from less than 1 to 100 µm, with the highest frequencies at about 80 µm.
The high frequency of large IWC values at and slightly below the height of category
W3 (Fig. 4.15c) suggests that most of the IWC in the mixed-phase WCB cloud segment
is falling snow.
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Figure 4.15: As Fig. 4.10, but with IWC (mg m−3 ; the bins are evenly spaced on a
logarithmic scale) on the x-axis. Note the different color scale compared to Figs. 4.10
and 4.16.

At the height of category W4 IWC ranges from 0.001 mg m−3 to 2000 mg m−3 , with
values between 5 and 50 mg m−3 occurring most frequently (Fig. 4.15d, see also
Figs. 4.19b, 4.20b and 4.21b). The re,ice values lie between less than 1 and 80 µm, and the
frequency maximum occurs at 35 µm (Fig. 4.16d). The extension of ice clouds above
the WCB outflow, which has been discussed in the previous Sections, is also clearly
evident in Figs. 4.15d and 4.16d. The maximum IWC and re,ice values decrease above
the ice-phase WCB air parcels to about 60 mg m−3 (Fig. 4.15d) and 35 µm (Fig. 4.16d) at
zrel = 5 km. This supports above assumption of two types of cirrus, liquid-origin cirrus that formed in the mixed-phase cloud regime during the strong lifting in the WCB,
and in situ cirrus that formed in a pure ice-cloud environment when the layer was
pushed upward by the strongly ascending air below (Spichtinger et al., 2005; Wernli
et al., 2016). In airborne in situ observations of cirrus clouds, liquid-origin cirrus were
frequently associated with IWC values above 50 mg m−3 , and effective radii ranged
from about 5 to more than 100 µm, while in situ cirrus was mostly associated with
IWC values below 1 mg m−3 and effective radii between 1 and 75 µm (Krämer et al.,
2016; Luebke et al., 2016). The range of these values is similar to the values found in
the present study, although in the present study the maximum values for re,ice in the
in situ and liquid origin cirrus are lower than 75 and 100 µm, respectively.
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Figure 4.16: As Fig. 4.10, but with re,ice (µm; bin width =2.5 µm) on the x-axis.

4.4.4

Cloud phases

The occurrence frequency of DARDAR-MASK classifications for each category as a
function of relative height is shown in Fig. 4.17. For each WCB trajectory the classification is displayed that occurs most frequently (dmaskmax ) in a certain relative-height
bin among the attributed profiles.5 As a reminder, DARDAR does not distinguish
between cloud ice and precipitating snow, i.e., snow is contained in the ice category.
In the entire troposphere the largest fraction of the cloud-free WCB inflow category
is categorized as clear air in DARDAR (Fig. 4.17a), in agreement with Fig. 4.10a. At
the WCB height, the DARDAR cloud fraction (including rain) amounts to a relatively
low number of 18%, with 16% rain and 2% liquid clouds (the rest is classified either
as aerosol, clear air, ground or unknown), indicating a quite good overall agreement
of the cloud-free ERA-Interim categorization with DARDAR. Two peaks in cloud occurrence of about 30% occur 1 km and 8-9 km, respectively, above the WCB height, the
lower peak consisting of rain, liquid clouds and ice, and the upper peak of ice.
In the warm-phase WCB cloud segment, the maximum cloud frequency (about 65%)
occurs slightly above and at the height of the WCB, where rain represents 40-60%
5 In

more than 80% of the cases all profiles attributed to a WCB trajectory are associated with the same

classification at a specific height, and in almost all the remaining cases the variability among the profiles is small. In less than 0.08% two or more categorizations occur with the same frequency. For
simplicity, this small fraction of ambiguous cases is not included in the histograms.
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Figure 4.17: Histogram showing the absolute and relative frequency of occurrence of
the DARDAR classification dmaskmax as a function of zrel (km; bin width = 1 km) for
category (a) W1, (b) W2, (c) W3, (d) W4, and (e) W5.

of the known cloud phase (60% at the WCB height), followed by ice or probably
snow (2% at the WCB height and 20% at the level above) and liquid clouds (2.5%;
Fig. 4.17b). The high percentage of rain corroborates that the reflectivity values observed in Fig. 4.10b at this height are most likely considerably attenuated by heavy
precipitation. Above the inflow the frequency of ice and snow increases at the expense of rain and liquid clouds and has a peak of about 50% 6 km above the WCB,
while the remaining 50% is mainly clear air (Fig. 4.17b).
The maximum cloud frequency in the mixed-phase category occurs at and slightly
below the WCB height and reaches about 85%, with 62-80% ice and 5-23% rain
(Fig. 4.17c). Most likely a large fraction of the ice is precipitating snow, consistent
with the large values in reflectivity, IWC and effective radius observed at and slightly
below the height of the mixed-phase cloud (Figs. 4.10c, 4.15c and 4.16). Relatively
high cloud and precipitation frequencies are present over a vertically deep layer, with
ice/snow prevailing above the WCB (still more than 30% ice present 7 km above the
WCB), and both rain and snow below (largest rain frequency of 35% 3 km below the
WCB in addition to 45% snow).
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In the ice-phase WCB category, the maximum cloud frequency also occurs at the height
of the WCB (72%) and consists of ice (Fig. 4.17d), here most likely mainly in the nonprecipitating form. 3 km above and 6 km below the WCB, respectively, the ice frequency still reaches about 30%. Furthermore, about 4-10 km below the WCB a small
additional fraction consists of rain, mixed- and warm-phase clouds and supercooled
liquid.
In the cloud-free WCB outflow category, the cloud frequency reaches only 5% at the
WCB height, while the rest is classified as clear air (Fig. 4.17e). Clear air dominates
throughout the entire profile, consistent with Figs. 4.10e and 4.15e, with the largest
cloud fraction (20%) occurring 7 km below the WCB, consisting of ice, rain, mixedphase and warm clouds and supercooled liquid.
The low cloud frequencies observed in Fig. 4.17 at the height of category W1 and
particularly W5, and the peak cloud or precipitation frequencies at the height of the
other categories, indicate that ERA-Interim is able to represent WCB-related cloudy
and cloud-free regions relatively well, with small errors in their positioning. Furthermore, the prevalence of rain and some liquid warm clouds at the height of W2, ice
or snow and some rain at the height of W3, and ice at the height of W4, respectively,
as well as the results from Fig. 4.15 (no or few ice at the height of W1, W2, and W5,
ice present at the height of W3 and W4, with the peak occurring at the height of W3)
point to a good agreement of the thermodynamic cloud phase of the ERA-Interimbased WCB categories with the radar-lidar-derived products. This suggests that, in
addition to the ability to represent cloudy and clear-air regions, ERA-Interim also represents the WCB cloud phase relatively well, despite the simple parameterization as a
function of temperature.

4.4.5

Cloud types

The vertical structure of the cloud types in each WCB category based on the CloudSat
2B-CLDCLASS is illustrated in Fig. 4.18. Again, for each WCB trajectory the cloud
type is shown that occurs most frequently (cldclassmax ) in a certain relative-height bin
among the attributed profiles.6 The total cloud fraction agrees well with the DARDAR cloud and rain fraction shown in Fig. 4.17, except in the uppermost and lowermost relative-height bins in each category, where the DARDAR cloud fraction is
larger. As mentioned in Section 4.2.1, at high altitudes the 2B-CLDCLASS product,
which is based on radar data only, misses the optically thin ice clouds. The lidar is
able to detect these clouds, which demonstrates the advantage of a combined radarlidar product. At low altitudes the disagreement between the two products is mainly
6 Also

here, in more than 80% of the cases all attributed profiles are associated with the same classifica-

tion, and less than 0.08% of the cases are ambiguous and have been omitted.
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Figure 4.18: Histogram showing the absolute and relative frequency of occurrence of
the 2B-CLDCLASS cloud types cldclassmax as a function of zrel (km; bin width = 1 km)
for category (a) W1, (b) W2, (c) W3, (d) W4, and (e) W5.

because in DARDAR cloud and rain pixels are extended to the surface when they are
located directly adjacent to surface clutter, which is not the case in the 2B-CLDCLASS
product.
In categories W1-W4 deep convective and nimbostratus clouds are present in different
frequencies over a 12-16 km deep layer. The peak frequency of these deep clouds is
located approximately at the height of the reflectivity maximum in Fig. 4.10, i.e, 2 km
above the height of W1 (10% of the WCB trajectories associated with Dc, 4% with Ns;
Fig. 4.18a), 1 km above W2 (15% Dc, 33% Ns; Fig. 4.18b), at the height of W3 (42%
Dc, 33% Ns; Fig. 4.18c), and 3-4 km below W4 (31% Dc, 4% Ns; Fig. 4.18d). Even in
category W5 a small fraction of Dc clouds is identified, with a peak frequency of 5%
5 km below the outflow height (Fig. 4.18e); however, in this case it is probably rather
midlevel than deep convection. The large number of Dc and Ns clouds observed in
categories W2, W3 and W4 further corroborates the finding that WCB trajectories are
often part of deep, convective or stratiform clouds. The prevalence of Ns clouds in W2,
and Dc clouds in W3 and W4, differs from the result in Fig. 4.11, where the σZ values
are typically higher in W2 than in W3 and W4. The Dc clouds above the WCB outflow
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level in Fig. 4.18d represent the uppermost part of the convective clouds, which is a
further indication that the air is pushed upward by the strongly ascending WCB air
below (the Dc classification simply means that these clouds are vertically connected
to clouds with characteristics of deep convection, the air in the uppermost part of
these convective clouds itself must not necessarily have Dc characteristics and have
ascended strongly).
In addition to the deep Dc and Ns clouds, low-, mid- and upper-level clouds are
present, with a general transition from StSc and Cu, to As and Ac, and to Ci and
Cs with increasing relative height. The stratiform low- and mid-level clouds typically
comprise a larger fraction than their convective counterparts. However, especially categories W1 and W2 are associated with some Cu and Ac clouds, which points to the
presence of shallow and elevated convection above the WCB inflow, as has also been
observed in the case studies in Section 4.3 and Appendix B.

4.5

IWC in WCBs – ERA-Interim vs. DARDAR

In this Section, we validate the ice water content of the mixed-phase and ice-phase
WCB trajectories in ERA-Interim (IWCERA ) with the DARDAR-retrieved ice water
content (IWCDARDAR ). To this end, we first explore the uncertainties associated with
IWCDARDAR . As described in Section 4.2.1, the variational scheme used to retrieve
the ice cloud properties additionally computes for each value the estimated error by
incorporating uncertainties resulting from, for example, observational errors and assumptions in the variational scheme. Figure 4.19 shows for each WCB trajectory in categories W3 and W47 the DARDAR-retrieved IWC value and the corresponding fractional uncertainty8 , colored by ERA-Interim temperature at the position of the WCB
trajectories. The DARDAR retrievals are average values over all 71 satellite profiles attributed to each WCB trajectory and interpolated to the WCB height. The IWC values
in Fig. 4.19a,b correspond to the IWC values shown in Fig. 4.15c,d at the height of the
mixed-phase and ice-phase WCB trajectories (zrel = 0 km). Consistent with the findings discussed for Fig. 4.15c,d, both categories exhibit a high degree of variability in
terms of IWC over several orders of magnitude, but the values are generally higher in
the mixed-phase than in the ice-phase category. This is also clearly evident in the blue
histograms in Figs. 4.20a and b, which show the highest IWC frequencies in category
7 In

total, the values are shown for 7891 WCB trajectories in category W3, and for 19229 trajectories in

category W4. The number of WCB trajectories in each category is lower than in Table 4.1, because in
some cases the DARDAR-retrieved IWC is missing.
fractional uncertainty of 50% for an IWC value of 2 mg m−3 implies that the value ranges between

8A

2 mg m−3 /1.5 and 2 mg m−3 × 1.5, because the errors are given in log space. For details see Eliasson

et al. (2013).
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Figure 4.19: Relationship between DARDAR-retrieved IWC (mg m−3 ) and the associated fractional uncertainty of IWC (%) for (a) the mixed-phase WCB category (W3)
and (b) the ice-phase WCB category (W4). The colors represent the ERA-Interim-based
temperature (◦ C) of the WCB trajectories. Note the different color scales in (a) and (b).
W3 between about 200 and 1000 mg m−3 (Fig. 4.20a), and in category W4 between 5
and 50 mg m−3 (Fig. 4.20b).
The uncertainty of the IWC lies for most mixed-phase WCB trajectories between 10
and 120%, whereby the range is largest for the IWC values that occur most frequently
(Fig. 4.19a). The mean uncertainty is 30%, and it increases as a function of ERA-Interim
temperature from 22% for values below −20◦ C, to 23% between −20◦ and −10◦ C, to
35% between −10◦ and 0◦ C, and to 50% for temperatures greater than 0◦ C (the pres-

ence of ice at temperatures above the melting point will be discussed in more detail
below). In the ice-phase category the uncertainty ranges from 10 to 300%, and this
range is again largest for IWC values that occur most frequently (Fig. 4.19b). The
mean uncertainty is 26% and therefore slightly lower than in the mixed-phase category, with the highest uncertainty for the coldest temperatures (31% below −60◦ C
and 28% between −60◦ and −50◦ C), the lowest uncertainty (24%) between −50◦ and

−40◦ C, and again a slightly increased uncertainty of 25% between −40◦ and −20◦ C.
We conclude from this analysis that the DARDAR-retrieved IWC values in the WCB
clouds can be associated with significant errors, but because currently this radar-lidar
combined product nevertheless provides the most accurate IWC estimates (Stein et al.,
2011; Eliasson et al., 2013), it will be regarded as the reference dataset in the following
comparison with ERA-Interim.
The relationship between the DARDAR-retrieved and ERA-Interim-based IWC values is presented in Fig. 4.21, and the corresponding one-dimensional histograms in
Fig. 4.20. IWCERA has been interpolated to the position of the WCB trajectories and
converted from g kg−1 to mg m−3 , to obtain the same units as for IWCDARDAR . For the
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mixed-phase WCB category the correlation is very weak (Fig. 4.21a), with a Pearson
linear correlation coefficient of 0.18, and a slightly higher Spearman rank correlation
coefficient of 0.3. While the DARDAR values exhibit a high degree of variability over
several orders of magnitude, the range in ERA-Interim is much smaller, and the majority of the values lies between 10 and 200 mg m−3 (Figs. 4.20a and 4.21a). From this
follows that for DARDAR values larger than about 200 mg m−3 (smaller than about
10 mg m−3 ), ERA-Interim underestimates (overestimates) the IWC in mixed-phase
clouds, while values between 10-200 mg m−3 are represented relatively well. The
significant underestimation of the large IWC values occurs because in ERA-Interim
snow is not included in the ice variable, whereas the observed IWC includes ice and
falling snow. The upper limit at about 200 mg m−3 can be explained by the parameterized autoconversion of ice to snow, which is based on the exponential relationship
of Sundqvist (1978), with a characteristic autoconversion coefficient and a critical IWC
value of 100 mg kg−1 above which the generation of snow becomes efficient. For the
W3 trajectories this corresponds to a mean value of 77 mg m−3 (the mean air density
at the height of the air parcels is approximately 0.77 kg m−3 ).
The mean IWC of the W3 category increases in DARDAR as a function of temperature from 150 mg m−3 below −20◦ C to 415 mg m−3 near the melting point (Table 4.4

and Fig. 4.21a). The high values indicate that most mixed-phase WCB air parcels are
located in thick clouds associated with heavy snowfall, in particular close to the melt-
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Figure 4.21: Relationship between DARDAR-retrieved and ERA-Interim-based IWC
(mg m−3 ) for (a) the mixed-phase WCB category (W3) and (b) the ice-phase WCB category (W4). The colors represent the ERA-Interim-based temperature (◦ C) of the WCB
trajectories. Note the different color scales in (a) and (b).
ing layer (note, however, that the mean IWC is dominated by large values). In ERAInterim the mean IWC increases slightly from 68 mg m−3 below −20◦ C to 99 mg m−3

between −10◦ and −5◦ C, and then decreases to 54 mg m−3 near the melting point,
where the underestimation of the observed IWC is most pronounced (Table 4.4 and
Fig. 4.21a). Very similar temperature dependencies of IWCDARDAR and IWCERA as

those in Table 4.4 have also been observed in the case studies in Section 4.3 and Appendix B (Figs. 4.5 and B.4). The decrease in IWCERA when approaching the melting
layer occurs because (i) the above mentioned ice-to-snow autoconversion rate (which
reduces the IWC) increases with increasing temperature and cloud water content, and
(ii) the temperature-dependent partition of cloud condensate into liquid and ice in the
mixed-phase regime reduces the ice fraction from 100% below −23◦ C to zero at 0◦ C.

On the other hand, the overestimation of the small IWC values in Fig. 4.21a, which
mainly occurs at relatively low temperatures, could be due the occurrence of a too
large frozen fraction near −23◦ C, and an underestimation of the amount of super-

cooled liquid.

The findings of Fig. 4.21a are consistent with the study of Delanoë et al. (2011), who
compared for three weeks in July 2006 the DARDAR-retrieved IWC with the IWC
from the operational analyses of IFS Cycle 32r3. Apart from a few small adaptations,
this model is based on the same cloud scheme as ERA-Interim. They also showed
that because of the absence of snow in the IWC variable and the diagnostic mixedphase representation the scheme does not capture the high IWC values and the strong
increase in IWC near the melting layer. In their study the maximum IWC in the model
reached about 50 mg m−3 and therefore less than the upper limit of about 200 mg m−3
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Temperature range
T < −20◦ C

−20◦ C 6

T<

99
n

IWCDARDAR

IWCERA

(mg m−3 )

(mg m−3 )

150.1

68.1

1341

328.1

88.8

2436

385.0

99.0

1439

415.2

53.9

1758

227.4

3.6

1135

−10◦ C

−10◦ C 6 T < −5◦ C
−5◦ C 6 T < 0◦ C
T > 0◦ C

Table 4.4: Mean DARDAR-retrieved and ERA-Interim-based IWC of the air parcels
in category W3 for different ERA-Interim temperature ranges. The last column shows
the number of WCB trajectories in each temperature range.

found here in ERA-Interim, which can be explained by the use of a lower critical IWC
of 30 mg kg−1 in the operational model.
As mentioned above, and as observed also in the two case studies discussed in Section 4.3 and Appendix B, some mixed-phase WCB trajectories (14%) are associated
with ERA-Interim temperatures greater than 0◦ C. They are dominated by low IWCERA
values between 0.001 and 10 mg m−3 , and either zero or relatively high IWCDARDAR
values between about 10 and 1000 mg m−3 (Fig. 4.21a). In ERA-Interim the occurrence of ice at temperatures above the melting point is caused by an interpolation
issue of either IWC or temperature (in case of the former this implies that the WCB air
parcels are erroneously classified as mixed-phase clouds). The presence of non-zero
IWCDARDAR at temperatures above 0◦ C can also simply be due to interpolation or positioning (remember that the ERA-Interim temperature in Fig. 4.21 is interpolated to
the WCB position and not to the position of the satellite profiles), but alternatively it
can represent melting snow, and this most likely explains a large number of the points
in Fig. 4.21a. The associated increased uncertainty of 50% (Fig. 4.19a) indicates that
the retrieval of melting snow is relatively uncertain.
In contrast to the mixed-phase category, for the pure ice-phase WCB clouds the correlation between reanalyses and satellite retrievals is moderate to strong, with a Pearson
correlation coefficient of 0.54, and a Spearman correlation of 0.73 (Fig. 4.21b). ERAInterim reproduces the variability in observed IWC relatively well, consistent with
the findings by Delanoë et al. (2011) for temperatures below −20◦ C, but nevertheless

the minimum and maximum values in DARDAR (about 0.001 and 2000 mg m−3 ) are
approximately one factor higher than in ERA-Interim (about 0.0005 and 200 mg m−3 ;
Figs. 4.20b and 4.21b). The mean IWC (which is again dominated by large values)
generally increases with temperature in both categories, but also here the observed
value exceeds the simulated value in each temperature range by about a factor of 1.5
to 5 (Table 4.5 and Fig. 4.21b). The agreement between ERA-Interim and DARDAR
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Temperature range
T < −60◦ C

−60◦ C 6

T<

−50◦ C

−50◦ C 6 T < −40◦ C
−40◦ C 6 T < −30◦ C
T > −30◦ C

n

IWCDARDAR

IWCERA

(mg m−3 )

(mg m−3 )

8.8

1.6

1067

8.7

3.7

5493

16.7

9.1

7115

38.8

25.5

4427

85.1

48.8

1359

Table 4.5: As Table 4.4, but for category W4.
generally increases with increasing IWC up to about 100-200 mg m−3 , while higher
values are again missing in ERA-Interim because of the ice-to-snow autoconversion
(at the height of the W4 air parcels the critical IWC of 100 mg kg−1 corresponds approximately to 57 mg m−3 ). Overall, in 5% of the cases IWCERA and IWCDARDAR
agree to more than 90% with each other, while in 14% (6%) of the cases IWCERA is
more than 5 times lower (higher) than IWCDARDAR , and in 13% of the cases the W4
WCB air parcels are associated with zero ice in DARDAR. As mentioned above, the
underestimation of the large IWC values at temperatures above about −35◦ C is most

likely due to the missing snow field. The underestimation of the small IWC values,
which typically occurs at relatively low temperatures (below about −35◦ C), might be
associated with the parameterization of supersaturation in the pure ice phase, which
as a drawback does not allow ice crystals to exist in subsaturated conditions (Tompkins et al., 2007). The overestimation of the IWC, which occurs both for low and high
values but mainly at temperatures larger than about −40◦ C, could – as in Fig. 4.21a

for category W3 – be due to the occurrence of all cloud condensate in the form of ice
for temperatures below −23◦ C and therefore an underestimation of the amount of su-

percooled liquid. Observations have shown that supercooled liquid can coexist with
ice at temperatures down to about −40◦ C (e.g., Heymsfield et al., 1991; Hogan et al.,

2003; Sassen, 1992).

4.6

Conclusions and outlook

Using a combination of ERA-Interim, CloudSat and CALIPSO data, in this work we
investigated for eight NH winters the vertical cloud structure of WCBs during their
inflow, ascent and outflow, and evaluated their representation in ERA-Interim. WCB
trajectories in ERA-Interim have been divided into cloud-free (W1) and warm-phase
(W2) WCB inflow, mixed-phase ascent (W3), and ice-phase (W4) and cloud-free (W5)
outflow, respectively. From the more than 40000 WCB trajectories overpassed by the
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satellites, the majority is in the warm, mixed-phase or ice-phase category, i.e., in the
key WCB phases.
Based on two case studies and a detailed climatological analysis, and with regard to
the questions posed in the introduction, the key findings are:
1) The warm-phase, mixed-phase and ice-phase WCB cloud segments (W2, W3
and W4) are often part of deep, heavily precipitating cold- and warm-frontal
clouds, and in many cases they even form the lower, middle and upper region,
respectively, of the same cloud system. The cloud tops are frequently located either about 10 km or 2 km above the warm-phase segment, about 7 km above the
mixed-phase segment, and about 2 km above the ice-phase segment, and a large
fraction of the clouds is vertically connected from cloud top down to the height
of the WCB. Reflectivity, the degree of variability in reflectivity, the IWC value
and the effective ice crystal radius peak approximately at and slightly below
the height of the mixed-phase WCB clouds, some kilometers above the warm
phase and below the ice phase, respectively, where the dominating hydrometeors are most likely precipitating and convective particles like rain, snow, graupel
and hail. The cloud-free WCB inflow (W1) is generally located either in entirely
cloud-free air or below thin cirrus in the pre-cold frontal region, and the cloudfree outflow (W5) in entirely cloud-free air in the middle of an upper-level ridge,
or above thin low-level clouds.
2) ERA-Interim is in most cases able to capture the position and thermodynamic
phase of WCB-related clouds relatively well, despite the simple parameterization of the cloud phase as a function of temperature. In some cases clouds are
erroneously produced or not produced, or wrongly placed in ERA-Interim.
3) Shallow, midlevel and deep convection can occur during the inflow and the ascent. This is consistent with the “escalator-elevator” perspective of slantwise
ascent and embedded regions of upright convection proposed by Neiman et al.
(1993), and the study by Flaounas et al. (2016), who analyzed the occurrence of
deep convection embedded in a WCB in the Mediterranean region. Despite the
relatively good representation of the clouds in ERA-Interim in terms of position
and cloud phase, the rapid ascent associated with the convection is typically not
captured by the WCB trajectories, which are based on spatially and temporally
much coarser-resolution wind fields.
4) In about 80% of the cases ice clouds extend above the WCB outflow level. This
indicates in situ cirrus formation in response to the strong lifting associated with
the WCB-related liquid-origin cirrus, in line with the case study described by
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Spichtinger et al. (2005), and the trajectory-based investigation of ERA-Interim
ice clouds by Wernli et al. (2016). The presence of liquid-origin and in situ cirrus
on top of each other is also supported by higher observed frequencies of large
IWC and effective radius in the ice-phase WCB cloud compared to the cirrus
layer on top, which is consistent with the microphysical differences found by
Krämer et al. (2016) and Luebke et al. (2016) for the two types of cirrus. The
fraction of clouds extending above the WCB outflow and the thickness of the
cirrus layer decrease slightly with increasing height of the WCB outflow, but for
WCB trajectories at 10 km height (∼ 240 hPa) the fraction still reaches about 7080%, and the layer thickness 1-4 km.

5) The representation of IWC in ERA-Interim is relatively good in the ice-phase
WCB segment, but poor in the mixed-phase segment. In the mixed phase ERAInterim significantly underestimates (overestimates) IWC values larger (smaller)
than about 200 mg m−3 (10 mg m−3 ). The underestimation is particularly pronounced close to the melting layer, where the observed IWC strongly increases,
whereas the opposite occurs in ERA-Interim. The main reason for the significant underestimation of high IWC values is that in ERA-Interim snow is not
included in the IWC variable. At every time step a fraction of the cloud ice is
converted diagnostically to snow and removed from the atmospheric column.
The parameterized snow formation increases as a function of IWC and becomes
efficient once IWC exceeds a critical threshold, which leads to an upper limit
in IWC at approximately 200 mg m−3 . In addition, close to the melting layer
the temperature-dependent diagnostic partition of cloud condensate between
ice and liquid in the reanalysis plays a role by reducing the frozen fraction from
100% below −23◦ C to zero at 0◦ C. The mixed-phase assumption likely also explains the overestimation of the small IWC values that occurs in the mixed-

phase category at relatively cold temperatures, and often also in the ice-phase
category at temperatures above the homogeneous freezing threshold at about

−38◦ C, where the model may underestimate the amount of supercooled liquid
by producing a too large frozen fraction. On the other hand, at colder temperatures small IWC values in the ice phase are often underestimated, which possibly
occurs because ice in the model is not allowed to exist in subsaturated regions.
However, the agreement between observations and reanalysis is nevertheless
surprisingly good in the pure ice-phase WCB and generally improves with increasing IWC up to about 100-200 mg m−3 , while larger values (which however
occur much less frequently than in the mixed phase) are again not captured by
ERA-Interim because of the missing snow field.
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The richness of the CloudSat and CALIPSO information has offered a unique opportunity to study the internal cloud structure of WCBs on a global scale, in addition to
enabling the validation of the ERA-Interim WCB climatology of Madonna et al. (2014)
that has formed the basis for several climatological investigations (e.g. Pfahl et al.,
2014; Catto et al., 2015, and the study described in Chapter 3). The results imply that
we can mostly trust ERA-Interim in terms of positioning of WCB-related cloud features, despite the coarse temporal and spatial resolution of the reanalysis data, and the
fact that clouds are not directly assimilated from observations. However, the need to
parameterize subgrid-scale processes like convection and cloud microphysics is connected to significant uncertainties and simplifying diagnostic assumptions. It is therefore not surprising that many convective processes are not captured by the trajectories,
and that the model struggles to accurately represent the IWC in ice-phase and particularly in mixed-phase clouds. At the same time, it has to be noted that although the
synergy of CloudSat and CALIPSO data currently provides the most comprehensive
global information on the distribution of hydrometeor layers, the instruments and the
retrieval methods are nevertheless tied to some limitations, for example the contamination of the radar signal close to the surface, and uncertainties in the retrieved ice
cloud properties (which in the present study amount for IWC to average values of 30%
in the mixed phase and 26% in the ice phase, and the uncertainties can even reach up
to about 300% in a few cases).
The poor agreement of the mixed-phase clouds between observations and ERAInterim deserves a brief further discussion. The finding is consistent with the results
of many other studies that numerical weather prediction and climate models have difficulties to represent these clouds (e.g., Morrison et al., 2003; Illingworth et al., 2007;
Klein et al., 2009; Delanoë et al., 2011). Models with prognostic variables for cloud
liquid, ice, rain and snow typically perform much better than models with diagnostic representations of mixed-phase clouds and precipitation, but often still struggle to
simulate mixed-phase clouds accurately (Forbes and Ahlgrimm, 2014). A proper representation of these clouds is essential, because they potentially play an important role
for the radiative balance of the atmosphere and the hydrological cycle, and thereby for
the weather and climate system (Sun and Shine, 1994; Korolev and Field, 2008). The
clouds often occur on much smaller spatial and temporal scales than the resolution of
large-scale models (Hogan et al., 2003; Field et al., 2004) and are therefore difficult to
simulate, in particular because large uncertainties exist with regard to their composition, their microphysical, dynamical and radiative properties, and the processes contributing to their formation and maintenance (e.g., Sun and Shine, 1994; Rotstayn et al.,
2000; Korolev and Field, 2008; Shupe et al., 2008; Klein et al., 2009). The coexistence of
ice, supercooled liquid water and water vapor, and the complex interaction of various
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physical processes, render their understanding and parameterization in global models very difficult. For example, the extent to which ice and supercooled liquid water
coexist, the mechanisms explaining the occurrence of long-living supercooled layers
although such a situation is inherently unstable9 , as well as many details about the
cloud-aerosol interaction during heterogeneous freezing, are still poorly understood
and areas of active research (e.g., Cantrell and Heymsfield, 2005; Korolev and Field,
2008; Forbes and Ahlgrimm, 2014). However, significant progress in the understanding of these processes has been made in recent years through observational studies of
mixed-phase clouds (e.g., Hogan et al., 2003; Korolev et al., 2003; Field et al., 2004).
Although also the representation of pure ice clouds in global models continues to be
tied to large uncertainties (Joos and Forbes, 2016), the complexity of the processes occurring in a single-phase cloud is smaller than in the mixed phase, which is reflected
in the better representation of the pure ice-phase WCB clouds in ERA-Interim.
In a future study, the case studies described in Section 4.3 and Appendix B could be investigated with operational IFS analyses. In particular for the case study of the North
Pacific WCB that occurred in January 2014, operational analyses have much higher
spatial resolution than ERA-Interim, and a much higher temporal resolution of the
WCB trajectories could be achieved by the use of hourly input data. In addition, since
November 2010 (Cycle 36r4) the IFS has independent prognostic variables for cloud
liquid water, cloud ice, rain, snow and cloud fraction, which comprises a significant
improvement from the previous IFS versions (including ERA-Interim) with only two
prognostic variables for cloud condensate and cloud fraction (ECMWF, 2012). The
new scheme allows for a physically more realistic phase-partitioning between ice and
supercooled liquid in mixed-phase clouds, and a more realistic representation of rain
and snow, which have a determined fall speed and can be advected between grid
boxes by the three-dimensional wind (Forbes and Ahlgrimm, 2014).
Furthermore, it would be interesting to investigate additional A-Train products to
consider processes so far neglected in this study, like WCB-related radiative fluxes
and heating rates available in the 2B-FLXHR-LIDAR product (L’Ecuyer et al., 2008;
Henderson et al., 2013), cloud liquid water from the 2B-CWC-RO product (Austin
et al., 2009), and precipitation from the Advanced Microwave Scanning Radiometer
for Earth Observing System (AMSR-E; Kawanishi et al., 2003). Finally, valuable insight could be gained from the comparison of the results of this study with WCB measurements obtained during the North Atlantic Waveguide and Downstream Impact
Experiment (NAWDEX10 ) in autumn 2016.
9 The

coexistence of ice and supercooled liquid is unstable because ice particles grow at the expense

of the liquid water droplets, known as the Wegener-Bergeron-Findeisen mechanism (Wegener, 1911;
Bergeron, 2003; Findeisen, 1938).
10 www.nawdex.org

Chapter 5
An unprecedented wintertime Arctic
warm event

5.1

Introduction

At the end of December 2015 and in early January 2016 a major Arctic warming occurred. Below a far poleward extending upper-level ridge, several consecutive nearsurface warm plumes reached the Arctic and led to unusually high 2-m temperatures
(T2m), above the melting point, in some regions north of Svalbard and in the Barents
and Kara Seas. At the Svalbard airport station, the maximum surface temperature on
30 December reached 8.7◦ C, the warmest temperature ever measured at that station
between November and April (Yr, 2016). The warm event led to a thinning of the sea
ice by more than 30 cm in the Barents and Kara Seas between 28 December 2015 and 4
January 2016, and contributed to the record low Northern Hemisphere sea ice extent
observed in January and February 2016 (NSIDC, 2016). December 2015 and January
2016 were also unusually warm over the rest of the globe: the global mean surface
temperatures were 1.11◦ C and 1.04◦ C, respectively, above the 20th century average in
these months, whereby December 2015 temperatures were the highest of any month
since beginning of records in 1880, and January 2016 temperatures the highest of any
January (NOAA, 2016a,b). The global records have been attributed to the long-term
global warming trend and additionally a remarkably strong El Niño, which occurred
in this period and further enhanced the temperatures (NASA, 2016a,b).
The Arctic warming was embedded in an unusual sequence of dynamically linked extreme events spanning from the United States to Eastern Europe. In the week prior
This study is part of a collaboration with Maxi Böttcher, Christian Grams, Hanna Joos, Stephan Pfahl
and Heini Wernli.
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to the Arctic warming, several tornadoes struck the United States in a band extending
from the Gulf Coast toward the Great Lakes. They formed in a region of high thermodynamic instability caused by the northward advection of warm, moist low-level air
in an intense WCB originating in the Gulf of Mexico, in combination with strong vertical wind shear. Concomitant with the Arctic warming, one of the strongest storms
on record hit Iceland, with a minimum central SLP of 928 hPa on 30 December. The
hurricane force storm, named “Frank” by the UK Met Office, caused heavy flooding and reached strong gusts of up to 137 km h−1 in Iceland, Ireland and parts of the
United Kingdom (e.g., UK Met Office, 2016). Furthermore, the strong negative PV
anomaly associated with the ridge over the eastern North Atlantic resulted in downstream Rossby wave breaking and the formation of a far southward extending PV
streamer over Eastern Europe. The streamer was connected to a cold air outbreak that
brought freezing temperatures and snow to Turkey and Greece.
The meridional advection of warm and moist air into the Arctic in synoptic-scale
weather systems significantly influences Arctic temperatures (Graversen, 2006; Graversen et al., 2008) and sea ice concentration (e.g., Persson, 2012; Kapsch et al., 2013).
It played a key role for several episodes of enhanced sea- or land-ice decline, for example the record sea ice melting in summer 2007 (Graversen et al., 2011; Sedlar and Devasthale, 2012), the extreme Greenland ice sheet melt in July 2012 (Hanna et al., 2014),
and a period of rapid sea-ice decline in the East Siberian Sea in August 2014 (Tjernström et al., 2015). A large portion of the poleward energy transport occurs north of
the Pacific and Atlantic sectors, suggesting a link to the weather systems developing
near the Aleutian Islands and Iceland (Graversen, 2006). The dominating large-scale
pattern during many periods of strong poleward energy transport is a low-pressure
system to the west and a high-pressure system to the east, resulting in the advection of
warm and humid air with the southerly winds between the two systems (Graversen
et al., 2011; Woods et al., 2013; Tjernström et al., 2015). As discussed in Chapter 1, the
strong pole- and upward transport of heat and moisture in extratropical cyclones is
accomplished by WCBs (Eckhardt et al., 2004; Madonna et al., 2014). This has been
further corroborated in a study by Messori and Czaja (2015), who attributed pulses of
strong meridional atmospheric heat transport in the storm track regions to WCBs. The
poleward energy transport in WCBs is typically accompanied by a meridional amplification of the downstream upper-level ridge by low-PV air in the WCB outflow (e.g.,
Grams et al., 2011, see also Chapter 1).
In this Chapter we investigate the meteorological processes leading to the record high
temperatures in the Arctic at the end of December 2015 and beginning of January 2016.
Of particular interest is the role of WCBs for allowing the warm air to reach the North
Pole. The data and methods used in this study are described in Section 5.2. In Sec-
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tion 5.3, the observed temperature distribution in the Arctic during the warm event is
compared to climatological values, and it is investigated how often such high temperatures occurred in the ERA-Interim period. Section 5.4 provides a detailed overview
of the synoptic situation before and during the Arctic warming, and it is investigated
how unusual the identified synoptic features are. Section 5.5 analyzes the origin of
the warm air masses and the dynamical and physical processes that affected their
temperature evolution before they arrived in the Arctic, and in a climatological investigation, the results are then compared to the source regions and involved processes
of air parcels reaching the Arctic under “normal” conditions and during other warm
events. Finally, the findings of this study are summarized and discussed in Section 5.6.

5.2
5.2.1

Data and method
Data

The study is based on operational high-resolution analyses from the ECMWF Integrated Forecast System (IFS), available every six hours and interpolated on a regular grid with 0.5◦ horizontal resolution. For the considered time period these analyses were produced with the IFS model version Cycle 41r1 with a resolution of
T1279L137. For the climatological investigations we use six-hourly ERA-Interim reanalyses from ECMWF (T255L60) for winter 1979-2014 (which refers to the months
December-February, starting in January 1979 and ending in February 2015), interpolated to a 1◦ horizontal resolution grid (Simmons et al., 2007; Dee et al., 2011).

5.2.2

WCB identification

WCB trajectories are calculated with the trajectory tool LAGRANTO (Wernli and
Davies, 1997; Sprenger and Wernli, 2015). Following Wernli and Davies (1997), threedimensional kinematic forward trajectories are calculated, and the criterion to identify
WCBs is set to an ascent of more than 600 hPa within two days (see also Chapter 2).
WCB intersection positions with an isentropic surface are used to illustrate the impact
of the WCB outflow on the upper-level wave guide, as introduced by Grams et al.
(2011).

5.2.3

Blocking identification

Atmospheric blocking is identified with the algorithm developed by Schwierz et al.
(2004). PV is vertically averaged between 500 and 150 hPa (VAPV), and anomalies
in the VAPV from the monthly climatological mean are calculated at each grid point.
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Blockings are defined as negative anomalies in the VAPV with a life time of at least
5 days. The threshold value of the anomaly typically used to identify strong blocks
is −1.3 pvu (Croci-Maspoli et al., 2007), and −0.7 pvu to identify also weaker blocks
(Pfahl and Wernli, 2012a). In this study, both thresholds are applied.

5.2.4

Backward trajectories from the Arctic during the warm event
and the ERA-Interim period

To investigate the origin of the warm air masses during the Arctic warm event, based
on operational analyses 10-day backward trajectories are calculated with LAGRANTO
from the region between 120◦ W and 120◦ E and north of 82◦ N, every six hours between
00 UTC 27 December and 18 UTC 4 January. The trajectories are calculated from a regular grid with 40 km horizontal resolution, at all grid points with T2m > 0◦ C, and
vertically at 5 pressure levels located 10, 30, 50, 70 and 90 hPa above the surface. The
horizontal position, pressure and several physical parameters are traced along the trajectory path. The temperature threshold of 0◦ C emphasizes the regions where the
impact of the warm plumes on the Arctic sea ice was highest, and the restriction to latitudes north of 82◦ N excludes Svalbard, where Foehn effects likely contributed to the
particularly high temperatures. To place the results in a climatological context, the origin of the air masses and involved processes are analyzed under “normal” conditions
and during previous warm events by repeating the trajectory calculations with ERAInterim for the winter period 1979-2014. The setup of the trajectory calculations remains the same as during the warm event, except that the horizontal resolution of the
starting grid is 80 km instead of 40 km, and the backward trajectory calculations from
the Arctic region are performed during all time steps, and not only when T2m > 0◦ C.

5.3

The “extremeness” of the event

Figure 5.1a shows the geographical distribution of maximum T2m reached in the Arctic between 00 UTC 30 December 2015 and 18 UTC 4 January 2016. Unusually high
temperatures of T2m > 0◦ C occurred south of 85◦ N in the region around Svalbard
and over the Barents and Kara Seas. Close to the pole, between 85◦ N - 90◦ N, maximum T2m reached more than -4◦ C in some areas. The values were about 15-25◦ C
higher than the 36-year winter mean (Fig. 5.1b), and in many regions about 1-3◦ C
higher than the 99.9th percentile (Fig. 5.1c). The rank of the T2m values in Fig. 5.1a
within the ERA-Interim time series (consisting of a total of 13232 values) is shown in
Fig. 5.1d. A rank of 1 (dark blue colors) indicates that the warmest temperature of the
entire DJF climatology occurred during the warm event between 30 December 2015
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(a)

(c)
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Figure 5.1: (a) Maximum T2m between 00 UTC 30 Dec 2015 and 18 UTC 4 Jan 2016,
whereby the purple contour highlights the regions north of 82◦ N with maximum
T2m > 0◦ C, (b) mean T2m and (c) 99.9th percentile during winters 1979-2014, and (d)
rank of maximum T2m shown in (a) among all 6-hourly values in winters 1979-2014
(consisting of a total of 13232 values). The units in (a-c) are ◦ C. The fields in (a) are
obtained from operational analyses, and in (b-d) from ERA-Interim reanalyses. Note
the different color scale in (a) compared to (b-d), with a nonlinear color scale in (b-d).
The figure has been provided by Stephan Pfahl.
and 4 January 2016. The dark blue colors in the region around Svalbard and further
to the east over the Kara Sea reveal that the event was particularly extreme in these
regions. Over the Barents Sea and close to the pole, the event was less extreme, with a
rank of about 10.
As discussed in Section 5.2.4, the calculation of backward trajectories from the warm
event is restricted to regions north of 82◦ N with T2m > 0◦ C. This places the focus on
the sector between about 82◦ − 85◦ N and 0◦ − 70◦ E (see purple contour in Fig. 5.1a),
including the region north of Svalbard and the Kara Sea, where the event was particularly extreme (Fig. 5.1d).
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Synoptic evolution

In this Section the synoptic evolution before and during the Arctic warm event is described. The event can be divided into three short episodes with maximum T2m > 0◦ C
north of 82◦ N (Fig. 5.2): the first episode between 12 UTC 29 December and 06 UTC 30
December 2015, the second between 06 UTC 31 December 2015 and 12 UTC 1 January
2016, and the third between 06 UTC 3 January and 00 UTC 4 January 2016, respectively.

5.4.1

Flow pattern preceding the Arctic warming

The week prior to the warming was characterized by intense Rossby wave and cyclone activity over the North Atlantic between two blocking anticyclones located upand downstream, respectively. The Arctic was still cold, with surface temperatures
around the climatological mean (cf. Fig. 5.1b). A first plume of warm air, but still below the freezing point, reaches the Barents and Kara Seas at 00 UTC 27 December (see
peak in domain maximum and mean T2m in Fig. 5.2) in the warm sector of an intense
low-pressure system (Figs. 5.3a,b; the Arctic cyclone is labelled “A1 ”) that formed four
days earlier over the North Atlantic. At upper levels, the surface warm plume is accompanied by a weak blocking anticyclone (Fig. 5.3b). The region around Svalbard is
still cold and located below an upper-level PV streamer extending to northern Scandinavia and western Russia. A second upper-level trough extends from Canada over the
North Atlantic (Fig. 5.3b), and an intense jet streak with 250-hPa winds of more than
80 m s−1 occurs along the strong PV gradient around the southern border of the trough
(Fig. 5.3a). Below the trough, on the rearward side of a surface cyclone located at the
southern tip of Greenland (Fig. 5.3b, label “G”), cold air masses are advected from
polar regions over the warm ocean (Fig. 5.3a). A major blocking anticyclone extends
from the central U.S. to the western North Atlantic, south of the strong jet. Blocking
anticyclones are also present to the northeast of the trough centered at 20◦ W/70◦ N and
over Europe (Fig. 5.3b; the surface anticyclone associated with the European blocking
is labelled “H1 ”). As indicated by the black crosses, a strong WCB outflow maintains
the European blocking with low-PV air at its northern flank (Fig. 5.3b).
During the next 24 h the Arctic cyclone crosses the North Pole, and the region over the
Barents and Kara Seas returns to colder conditions (Figs. 5.3c,d). In the North Atlantic,
the cyclone at the southern tip of Greenland further intensifies, and a frontal wave (labelled “W”) develops on its pronounced cold front south of Iceland. Near Newfoundland an early signal of the cyclone “Frank” is evident (Fig. 5.3d, label “F”) within
the intense baroclinic zone associated with the cold air outbreak (CAO; Fig. 5.3c).
The upper-level trough above the CAO narrows and extends further southeastward.
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Figure 5.2: Temporal evolution of T2m (◦ C) between 20 December 2015 and 10 January
2016 in the region between 20◦ W and 80◦ E and > 82◦ N. Shown are the domain mean
T2m (black), the ±1 standard deviation envelope (gray), the maximum (red) and the

minimum (blue). The red vertical lines mark the three warm episodes with maximum
T2m > 0◦ C between (I) 12 UTC 29 December and 06 UTC 30 December 2015, (II) 06
UTC 31 December 2015 and 12 UTC 1 January 2016, and (III) 06 UTC 3 January and 00
UTC 4 January 2016, respectively.
Downstream of the trough, the ridge is amplified by the outflow of an intense WCB,
which formed two days earlier in association with the Greenland cyclone (Figs. 5.3d
and 5.4a). A strong poleward upper-level jet with core wind speeds of more than
75 m s−1 establishes along the pronounced PV gradient between the trough and the
downstream ridge (Figs. 5.3c,d). The blocking over North America and the western
North Atlantic remains strong, and the European blocking extends northwestward
and merges with the blocking over the Norwegian Sea. A strong SLP gradient develops between the high-pressure area over Europe (“H1 ”) and the two low-pressure
systems (“G” and “W”) over the North Atlantic. The SLP gradient is accompanied by
strong southerly winds at low levels, below the intense upper-level jet, resulting in the
poleward transport of warm air.
The following day, the upper-level ridge in the eastern North Atlantic is further amplified (Fig. 5.3f). The WCB activity remains strong, and moist air continuously ascends poleward at the leading edge of the upper-level trough. At each time step, WCB
intersection points with the 310 K isentrope are located at the tip of the upper-level
low-PV plume (see, e.g., Figs. 5.3d,f,h), which is a strong indication that the WCB
outflow contributes to the meridional amplification of the ridge, and the formation
of an upper-tropospheric “highway to the North Pole”. At 00 UTC 29 December, the
ridge extends from Central Europe far into the Arctic (85◦ N) and is identified as an
intense blocking anticyclone (Fig. 5.3f). As evident in Fig. 5.4b, the WCB intersec-
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Figure 5.3: Synoptic situation at (a, b) 00 UTC 27 Dec 2015, (c, d) 00 UTC 28 Dec, (e,
f) 00 UTC 29 Dec, and (g, h) 00 UTC 30 Dec. Left panels: Potential temperature (K,
shading) and wind vectors (m s−1 ) at 850 hPa, wind speed at 250 hPa (blue contours
for 40, 50, 60, 70 and 80 m s−1 ), and T2m (magenta contours for 0 and −5◦ C). Right

panels: PV on 310 K (pvu, shading), SLP (hPa, black contours every 5 hPa), outline of
identified blockings (red dashed and solid contours for weak and strong blockings,
respectively), and every 5th WCB trajectory intersection with the layer 310 K ±5 K

(black asterisks). The labels mark the positions of surface cyclones (“A1 ”, “A2 ”, “F”,
“G”, “M1 ’, “M2 ’, “M3 ”, “W”) and anticyclones (“H1 ”, “H2 ”) mentioned in the text.
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tions are associated with the anticyclonically turning outflow of a very intense WCB,
which fills the ridge with low-PV air. The WCB has formed two days earlier in the
warm sector of the Greenland cyclone, and subsequently moved more than 5000 km
poleward. In addition to this poleward transport of air into the upper-level ridge, a
plume of warm low-level air (T2m > 0◦ C) reaches Svalbard at 00 UTC 29 December
(magenta contours in Fig. 5.3e). The low-level motion occurs perpendicular to the
further intensified west-east SLP gradient between the anticyclone over Scandinavia
(SLP > 1040 hPa, label “H2 ”), and the pronounced low-pressure area in the central
North Atlantic associated with the Greenland cyclone (minimum SLP of 960 hPa) and
cyclone “Frank” to the south. The latter has deepened explosively from a minimum
SLP of 1002 hPa to 975 hPa during the last 24 h (1.4 Bergeron), while moving along the
intense baroclinic zone below the upper-level jet (Figs. 5.3e,f).
Figure 5.5a shows, also at 00 UTC 29 December, a west-east oriented vertical section
at 64◦ N (the latitude with the strongest southerly upper-level jet) of meridional wind,
temperature (T), potential temperature (θ) and the tropopause height. The upper-level
jet, with peak meridional velocities of 77 m s−1 at 250 hPa, is located east of Greenland
along a steep tropopause between the trough to the west and the ridge to the east.
Along the western side of the ridge the strong winds coincide with WCB intersection
positions, which is a further indication of the crucial role of the low-PV air in the WCB
outflow for sharpening the PV gradient and accelerating the upper-level jet. The high
wind speeds extend toward lower levels, and between Greenland and Norway a lowlevel southerly jet with maximum winds of more than 30 m s−1 is evident within a
deep layer of warm air with T > 0◦ C. The green dots, which show the position of
backward trajectories from the warm event (i.e., from regions with T2m > 0◦ C north
of 82◦ N; see Sections 5.2.4 and 5.5), are mainly located close to the surface within the
warm plume and transported poleward with wind speeds of 10 to 30 m s−1 . The same
cross section at 80◦ N (Fig. 5.5b) shows the far poleward extension of the WCB outflow,
the upper-level ridge and the southerly jet at its western side, and the approach of the
anomalously warm air at the surface.

5.4.2

First warm episode

Between 12 UTC 29 December and 06 UTC 30 December a first warm plume with
T2m > 0◦ C reaches the region north of 82◦ N (Fig. 5.2, phase I). The synoptic situation in the middle of this first warm episode, at 00 UTC 30 December, is illustrated in
Figs. 5.3g,h. The 850-hPa potential temperature field reveals a tongue of warm lowlevel air (θ > 274 K) between Greenland and Scandinavia extending northward and
across the Pole, and the 0◦ C contour at the surface reaches a latitude of about 84◦ N to
the north of Svalbard (Fig. 5.3g). As before, the warm air moves along a strong low-
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(a)

(b)

(c)

(d)

Figure 5.4: Two-day WCB trajectories (colored by pressure, hPa) starting at (a) 00 UTC
26 Dec 2015, (b) 00 UTC 27 Dec, (c) 00 UTC 28 Dec, and (d) 18 UTC 29 Dec, together
with PV at 310 K (green hatched > 2 pvu) at the end time of the trajectories.
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(a) 00 UTC 29 December 2015, 64◦ N

(b) 00 UTC 29 December 2015, 80◦ N

(c) 00 UTC 30 December 2015, 61◦ N

(d) 00 UTC 30 December 2015, 80◦ N

(e) 00 UTC 31 December 2015, 70◦ N

(f) 00 UTC 31 December 2015, 80◦ N

(g) 18 UTC 31 December 2015, 80◦ N

(h) 18 UTC 3 January 2016, 80◦ N

Figure 5.5: West-east vertical cross sections at (a, b) 00 UTC 29 Dec 2015, (c, d) 00
UTC 30 Dec, (e, f) 00 UTC 31 Dec, (g) 18 UTC 31 Dec, and (h) 18 UTC 3 Jan 2016
along (a) 64◦ N from 30◦ W to 30◦ E, (b) 80◦ N from 80◦ W to 40◦ E, (c) 61◦ N from 30◦ W to
30◦ E, (d, f, g, h) 80◦ N from 40◦ W to 80◦ E, and (e) 70◦ N from 30◦ W to 30◦ E. Shown are
the meridional wind speed (m s−1 , shading), the 2 pvu contour (thick black contour),
potential temperature (thin black contours every 5 K), temperature (red contours for 0
and −5◦ C), WCB intersection positions (gray asterisks) and the position of backward
trajectories from the warm event (i.e., from regions > 82◦ N with T2m > 0◦ C; green
dots). In (c) only every 5th WCB intersection position is shown.
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level jet, which has accelerated to a maximum of about 50 m s−1 at 61◦ N (Figs. 5.3g
and 5.5c), and more than 30 m s−1 at 80◦ N (Figs. 5.3g and 5.5d). The acceleration is
associated with a further intensification of the SLP gradient between the central North
Atlantic and northern Europe (Fig. 5.3h). The high-pressure system (“H2 ”), now located over the Baltic States, has intensified to a core SLP of more than 1045 hPa, while
storm “Frank” has moved to the south of Iceland and reached an extremely low minimum SLP of 933 hPa. In addition, an intense cyclone has formed at the northeastern
side of Greenland (minimum SLP of 970 hPa, label “A2 ”), which extends the extreme
SLP gradient to the Pole.
At upper levels, the warm plume coincides with the northward and cross-pole extending blocking anticyclone (Fig. 5.3h). Again, the concentration of the WCB outflow along the tip of the upper-level ridge illustrates the crucial role of WCB-related
diabatic processes for the poleward amplification of the ridge. The exceptionally far
northward extending WCB outflow (cf. Fig. 2.2c in Chapter 2, reproduced from Fig. 4g
in Madonna et al., 2014) belongs to an intense WCB that formed at 00 UTC 28 December in association with the frontal wave cyclone south of Iceland (Figs. 5.3d and
5.4c). Strong WCB activity is also evident near storm “Frank”, which strengthens the
ridge at midlatitudes. The amplification of the ridge has led to a further intensification of the PV gradient near the 2-pvu tropopause, and an acceleration of the meridionally oriented upper-level jet (Fig. 5.3g). Maximum upper-level winds of more than
70 m s−1 occur at midlatitudes near “Frank”, and in the Arctic northeast of Greenland,
above the strong low-level winds. This is also evident in the cross sections at 61◦ N
(Fig. 5.5c) and 80◦ N (Fig. 5.5d), which show in both regions a tropospheric deep, intense southerly flow that coincides at low-levels with the warm plume1 . Note also the
west-east oriented baroclinic zone at 80◦ N and the exceptionally high tropopause at
almost 150 hPa (Fig. 5.5d). At 61◦ N the pronounced WCB ascent associated with cyclone “Frank” (which is centered at about 13◦ W slightly further poleward) is evident
between about 20◦ W and 0◦ longitude (Fig. 5.5c; the gray crosses show only every 5th
WCB trajectory intersection position).
The strong advection of warm air to the North Pole continues for about 6-12 hours,
before the region closest to the Pole (north of 82◦ N) temporarily returns to colder
conditions. The cooling is linked to the intensification and cross-pole motion of the
cyclone at the northeastern corner of Greenland (“A2 ”), which leads to the poleward
advection of cold air on its rearward side (Figs. 5.6a,b). However, remnants of the first
warm episode are still present over the Barents and Kara Seas, in the warm sector of
the Arctic cyclone below the upper-level ridge that is wrapped up cyclonically around
1 However,

the green dots in Fig. 5.5c, i.e., the backward trajectories from the warm event, are not

contributing to the first, but to the second warm event, and are not yet transported poleward.
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Figure 5.6: As Fig. 5.3, but at (a, b) 00 UTC 31 Dec 2015, (c, d) 18 UTC 31 Dec, (e, f) 18
UTC 1 Jan 2016, and (g, h) 18 UTC 3 Jan.
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the Pole. The warm advection to Svalbard across the persistent west-east SLP gradient at mid- to high latitudes remains strong during the entire period, and also the
upper-level blocking persists in this region. WCB intersection points with the 310 K
isentrope along almost the entire western side of the upper-level ridge (Fig. 5.6b) and
with the cross sections at 70◦ N and 80◦ N (Figs. 5.5e,f) reveal the ongoing WCB activity associated with the strong WCB outflow of “Frank”. In particular at 70◦ N the
intense WCB-related diabatic processes (most likely in combination with the adiabatic
advection of low-PV air from lower latitudes) have led to a further sharpening of the
PV gradient between the trough and the downstream ridge, and an acceleration of the
southerly upper-level jet to record-high values of more than 85 m s−1 (Figs. 5.6a and
5.5e). Intense winds are also present near the surface, and they transport the warm
air masses northward that will contribute to the second warm event (green dots in
Fig. 5.5e). The storm “Frank”, which has reached its strongest intensity (928 hPa) at 06
UTC 30 December, has started decaying, but the minimum SLP still amounts to about
955 hPa (Fig. 5.6b).

5.4.3

Second warm episode

A second warm plume reaches the Arctic between 06 UTC 31 December 2015 and 12
UTC 1 January 2016 (Fig. 5.2, phase II). The warming is related to a mesocyclone that
forms at 06 UTC 31 December to the southwest of Svalbard, in the strong baroclinic
region at the edge of the primary warm plume (not shown). At 18 UTC 31 January
the mesocyclone (labelled “M1 ”) has moved to the northeastern corner of Greenland,
below the left exit of an intense upper-level jet (Figs. 5.6c,d). As evident in the vertical cross section in Fig. 5.5g, this jet occurs along a deep tropopause fold between
a trough to the west and the blocking anticyclone to the east. Like before, the poleward winds extend to the surface, where a strong low-level jet in the warm sector of
the mesocyclone advects warm low-level air to the North Pole (Figs. 5.6c,d and 5.5g).
The WCB outflow associated with storm “Frank” reaches far across the Pole to the tip
of the upper-level blocking located in the Laptev Sea (Figs. 5.4d and 5.6d), indicating
continuous diabatic ridge amplification.
Figure 5.6d also reveals a far southward extending upper-level trough over eastern Europe, downstream of the pronounced negative PV anomaly associated with the ridge.
Below this trough, cold polar air is advected southward, resulting in surface temperatures below the freezing point in Turkey, Greece and many other European countries
(Fig. 5.6c).
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Third warm episode

At 18 UTC 1 January the mesocyclone (“M1 ”) and the associated warm plume have
moved across the Pole into the Laptev Sea, and at the northeastern corner of Greenland
a new mesocyclone (labelled “M2 ”) forms in the continuously strong baroclinic region
associated with the first warm plume (Figs. 5.6e,f). This second mesocyclone also advects relatively warm air poleward, but the surface temperatures north of 82◦ N do not
reach values above the melting point. A third mesocyclone (“M3 ”) forms at 18 UTC
2 January at 70◦ N east of Greenland, again at the edge of the primary warm plume
(not shown). The mesocyclone subsequently moves poleward along the intense baroclinic zone, and between 06 UTC 3 January and 00 UTC 4 January it advects a third
plume with T2m > 0◦ C into the Arctic (Fig. 5.2, phase III; Figs. 5.6g,h). As evident
from Fig. 5.2 and when comparing Figs. 5.3g, 5.6c and 5.6g, this third warm plume is
weaker than the previous two. The warm advection again occurs along a low-level
jet associated with the SLP gradient between the mesocyclone close to the North Pole,
and a high-pressure system over Siberia (Figs. 5.6g,h and 5.5h). The upper-level ridge
has narrowed, the blocking has become smaller, and the region close to the North Pole
is now located entirely beneath stratospheric PV at 310 K (Fig. 5.6h). At the relatively
smooth transition between trough and ridge the intensity of the upper-level jet, which
is still located above the low-level jet, has decreased to maximum meridional winds
of 30 m s−1 above Svalbard (Fig. 5.6g and 5.5h). The WCB activity close to the Pole has
ceased, as indicated by the absence of WCB intersection points in Figs. 5.5h and 5.6h.
Summary
In summary, strong WCB activity over the North Atlantic, associated with an intense
Icelandic low, led to the poleward extension of an upper-level ridge from central Europe to the North Pole, and the formation of an intense poleward jet and a persistent
downstream blocking. Below the ridge, a pronounced west-east SLP gradient established between the Icelandic low and a high-pressure system over Northern Europe.
The SLP gradient was accompanied by an intense meridionally oriented low-level jet,
which was almost vertically aligned with the upper-level jet. Along this vertically extended “highway to the North Pole” warm air masses were transported northward,
resulting in the development of a tongue of warm air reaching from Great Britain into
the Arctic. Along the strong baroclinicity at the western edge of this warm air tongue
several mesocyclones developed and advected more warm air across the Pole.

5.4.5

Climatological investigation of special synoptic features

As discussed above, the analysis of the warm event has highlighted several special
synoptic features: an extremely strong low-level and upper-level poleward merid-

120

C HAPTER 5. A N UNPRECEDENTED WINTERTIME A RCTIC WARM EVENT
Event

Feature
vmax at 250 hPa (m s−1 )
15◦ W−30◦ E,

ERA-Interim

Maximum

Mean

99.9th perc.

Maximum

85.3

31.2

73.2

78.8

54.5

21.4

44.6

49.6

7.4

1.6

5.7

6.5

90◦ N

70◦ N

89.9◦ N

90◦ N

7.0

2.1

9.1

9.23

50◦ N

>
vmax at 850 hPa (m s−1 )
15◦ W−30◦ E, > 50◦ N
∆SLPmax (hPa (100 km)−1 )
between 15◦ W and 5◦ E, > 50◦ N
Northernmost latitude of
WCB outflow at t = 48 h
Size (106 km2 ) of blockings with
northernmost position > 85◦ N

Table 5.1: Quantitative information of various special features that occurred during
the Arctic warm event (maximum within the period 12 UTC 29 Dec 2015 – 00 UTC 4
Jan 2016), and comparison with the respective mean, 99.9th percentile and maximum
among all 6-hourly values during NH winters 1979-2014: The maximum poleward
meridional wind, vmax , at 250 hPa and 850 hPa, respectively, between 15◦ W and 30◦ E
and > 50◦ N (rows 1-2), the maximum west-east SLP gradient, ∆SLPmax , between the
value at 15◦ W and at 5◦ E (i.e., SLP at 5◦ E subtracted by SLP at 15◦ W) at any latitude

> 50◦ N (row 3), the latitude of the most poleward located WCB trajectory at t = 48 h
(row 4), and the size of strong blockings that extend to latitudes > 85◦ N (row 5).
ional jet, an extremely intense west-east SLP gradient, a far poleward extending WCB
outflow and a strong, large, far poleward extending and persistent upper-level ridge.
Here these features are briefly compared with the ERA-Interim NH winter climatology (1979-2014). As summarized in Table 5.1, every feature has been quantified over a
specific region both for the event (maximum value) and the climatology (mean, 99.9th
percentile and maximum value)2 . The choice of the region depends on the investigated feature and is somewhat subjective, but tests have shown that qualitatively the
findings are not affected by the exact choice of the boundaries.
The climatological investigation corroborates that several highly exceptional synopticscale phenomena contributed to the Arctic warm event:
• The maximum upper-level meridional wind (vmax at 250 hPa) during the
event between the central North Atlantic and Northern Europe (85.3 m s−1 at

2 The

fields are calculated with operational analyses for the event and with ERA-Interim reanalyses for

the climatology. Here we assume that the different resolution and model setup of the analyses and
reanalyses have a small effect on the results. Nevertheless, the results might be slightly different when
using the same model version for event and climatology.
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1◦ W/70◦ N, 00 UTC 31 December 2015; Fig. 5.5e) exceeded the climatological
mean, 99.9th percentile and maximum by 54 m s−1 , 12 m s−1 and 6 m s−1 , respectively (Table 5.1).
• The maximum low-level meridional wind (vmax at 850 hPa) during the event

between the central North Atlantic and Northern Europe (54.5 m s−1 at
12◦ W/58◦ N, 18 UTC 29 December 2015; pattern similar to Fig. 5.5c) exceeded
the climatological mean, 99.9th percentile and maximum by 33 m s−1 , 10 m s−1
and 5 m s−1 , respectively (Table 5.1).

• The maximum west-east SLP gradient (∆SLPmax ) north of 50◦ N between 15◦ W

and 5◦ E (corresponding to the longitudes of eastern Iceland and Bergen in Norway, respectively) during the event (7.4 hPa (100 km)−1 at 61◦ N at 00 UTC 30 December 2015) exceeded the climatological mean, 99.9th percentile and maximum
by 5.8, 1.7 and 0.9 hPa (100 km)−1 , respectively (Table 5.1).

• The far northward extension of the WCB outflow to and across the North Pole

during the event was also unusual: In the climatological mean, the latitude of the
most poleward located WCB trajectory at t = 48 h is 70◦ N (Table 5.1; the mean
latitude of all WCB outflow trajectories is even further southward at about 50◦ N,
cf. Fig. 2.2c, reproduced from Fig. 4g in Madonna et al., 2014). Only in 2.2% of
the 6-hourly ERA-Interim time steps WCB trajectories arrived at latitudes north
of 85◦ N, and in less than 0.4% of the time steps at latitudes north of 89◦ N.

• The strong blocking that occurred during the event extended to latitudes > 85◦ N
over several days (maximum latitude of 89◦ N at 00 UTC 30 December 2015, cf.

Fig. 5.3h) and had a maximum size of 7 × 106 km2 at 00 UTC 31 December 2015.
Overall, during 11.4% of all six-hourly ERA-Interim time steps a strong blocking
is identified at latitudes > 85◦ N, but the blocking is typically relatively smallscale (mean size 2.1 × 106 km2 , Table 5.1). Only during 0.25% (0.15%) of the

ERA-Interim time steps blocks larger than 6 × 106 km2 (7 × 106 km2 ) extend to

latitudes > 85◦ N. These time steps correspond to a one-week blocking period
at the end of January and in early February 1980 (with an extremely large block
that exceeded the maximum size during the 2015/2016 event by 2.3 × 106 km2 ,

Table 5.1), and four short periods of one day or less in December 1992, February 1996, December 2007 and December 2012. These blocks extended into the
Arctic either from the western North Atlantic across Greenland and the Baffin
Bay (1980, 1996, 2012), or from the central North Pacific across the Bering Strait
(1992, 2007). None of the blockings extended northward between the central
North Atlantic and Northern Europe, which indicates that the blocking that occurred during the Arctic warm event was extremely unusual.
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Origin of the warm air masses
Source regions and adiabatic/diabatic temperature changes

In this Section we investigate the origin of the warm air masses and the physical
and dynamical processes that contributed to the Arctic warming. As described in
Section 5.2.4, backward trajectories have been calculated from low-level grid points
in the Arctic (> 82◦ N, between 120◦ W and 120◦ E) where high surface temperatures
(T2m > 0◦ C) were reached. The spatial distribution and temperature of the trajectories 10 days before they reached the Arctic is illustrated in Fig. 5.7, for the entire warm
event and separately for the three short warm episodes. Consistent with the discussion in the previous Section, the number of air parcels associated with the first and
second warm episode is higher than the number associated with the third episode
(compare Figs. 5.7b,c and d). In all panels the wide-spread distribution of the trajectories 10 days before their arrival in the Arctic, and the extremely large temperature
difference of almost 90◦ C between the warmest (23◦ C) and coldest (−66◦ C) trajecto-

ries, reveal that air masses of very different origins contributed to the Arctic warming.
A strong contribution came from warm subtropical air masses with a Saharan origin,
particularly during the first and second warm episode. In addition, during all three
episodes a surprisingly large number of trajectories originated further to the west and
often at high latitudes. The temperature of these air parcels 10 days before they arrived in the Arctic was typically low, in some cases less than −60◦ C, indicating that
they must have experienced a strong warming during the subsequent days, before
contributing to the high temperatures in the Arctic.
To relate temperature changes in the air parcels to adiabatic and diabatic processes,
Fig. 5.8 shows for each trajectory the maximum absolute change in temperature and
potential temperature during the 10 days prior to the warm event, relative to time
t = 0 h, when the air parcels arrived in the Arctic. Therefore, ∆T and ∆θ can be valid
for different time intervals. Positive (negative) values of ∆T indicate an increase (decrease) of the air parcel’s temperature prior to the warming, and positive (negative)
values of ∆θ indicate that it underwent diabatic heating (cooling). The phase-space
diagram exhibits for all warm episodes three clearly separated clusters: cluster A in
the first quadrant, where ∆T and ∆θ are both positive, cluster B in the third quadrant,
where both values are negative, and cluster C in the fourth quadrant, where ∆T is positive and ∆θ negative. Comparison with Fig. 5.7 reveals that the clusters can broadly
be related to different source regions: the Arctic (cluster A), the Sahara and the western
Mediterranean (cluster B), and a midlatitude band extending from the North Pacific
to the North Atlantic (cluster C). However, between clusters A and C there is considerable overlap, particularly over eastern Canada. In total, 37% of all trajectories are
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(a) All

(b) Episode I

(c) Episode II

(d) Episode III

Figure 5.7: Spatial distribution and temperature (◦ C, colored markers) of the trajectories that contributed to (a) the entire warm event, (b) the first warm episode (12 UTC
29 Dec – 06 UTC 30 Dec 2015), (c) the second warm episode (06 UTC 31 Dec 2015 – 12
UTC 1 Jan 2016), and (d) the third warm episode (06 UTC 3 Jan – 00 UTC 4 Jan 2016),
ten days prior to their arrival in the Arctic. The air parcels belonging to cluster A are
marked by squares, those belonging to cluster B by asterisks, and those belonging to
cluster C by crossed circles.
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Figure 5.8: Phase-space diagram illustrating for each trajectory that contributed to
the Arctic warm event the maximum absolute change in temperature and potential
temperature (K) relative to t = 0 h, when the trajectory arrived in the Arctic, together
with the maximum positive change in pressure (i.e., descent) over each 48 h interval
along the trajectory (shading, hPa). Shown are trajectories contributing to (a) the entire
warm event, (b) the first, (c) the second, and (d) the third warm episode.

5.5 O RIGIN OF THE WARM AIR MASSES

125

in cluster A, 12% in cluster B, and 51% in cluster C. Cluster C particularly dominates
during the first warm episode, where it contains 63% of all air parcels (compared to
23% in cluster A and 14% in cluster B; Figs. 5.7b and 5.8b), while during the second
episode the majority of the air parcels, 49%, is in cluster A (compared to 12% in cluster B and 39% in cluster C; Figs. 5.7c and 5.8c). During the third episode, clusters A
and C contain a similar number of air parcels (52% and 44%, respectively), while the
contribution from cluster B is with 4% almost negligible (Figs. 5.7d and 5.8d).
The air parcels in Fig. 5.8 are colored according to their maximum pressure increase
over all 48 h time intervals along the trajectory path, to identify strongly descending
trajectories (a higher pressure increase indicates a stronger descent). The air parcels
in cluster C, in particular those with the strongest T increase and θ decrease, typically
experienced a strong descent of up to 500 hPa in 48 h, especially during the first warm
episode. In fact, when defining a threshold of at least 400 hPa pressure increase within
48 h to identify dry intrusions (Raveh-Rubin, 2016), almost 18% of the air parcels in
cluster C fulfilled this criterion during the first and about 8% during the second warm
episode (and none during the third warm episode). This suggests that the positive
change in temperature, which in some cases amounted to enormously high values
of more than 50 K, was caused by adiabatic warming during the descent, while potential temperature decreased during the descent because of radiative cooling. Note
that for the air parcels in cluster C the increase in temperature resulting from adiabatic warming was larger than the decrease in potential temperature resulting from
the counteracting effect of diabatic cooling. Also in cluster A some air parcels with a
high temperature increase experienced a relatively strong descent (in total, about 2%
fulfill the dry intrusion criterion). In these cases, the positive ∆θ – which is however
smaller than the positive ∆T – is most likely related to processes occurring after the
descent, for example diabatic heating through surface fluxes in the boundary layer,
while the positive ∆T is due to both adiabatic warming during the descent, and diabatic warming in the boundary layer. However, the majority of air parcels in clusters
A and B did not experience a strong descent, but remained close to the surface during the entire period. For cluster A this suggests that the positive changes in ∆T and
∆θ are due to surface fluxes that heated the cold, dry polar air masses (Fig. 5.7) when
they moved over warmer ocean water. The opposite presumably explains the negative
changes in ∆T and ∆θ in cluster B, i.e., a cooling of the warm subtropical air masses
by air-sea heat fluxes when they moved over colder ocean water. To verify above assumptions, we now relate hotspots of temperature and potential temperature changes
in each cluster to the synoptic situation.
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(a) 18 UTC 24 December 2015

G

(b) 12 UTC 27 December 2015
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(c) 12 UTC 28 December 2015
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(d) 12 UTC 30 December 2015
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Figure 5.9: Surface fluxes of sensible heat (shading, W m−2 , with the convention that
fluxes directed from the atmosphere toward the surface are positive), SLP (hPa, black
contours every 5 hPa), 2 pvu on 310 K (red contour), and spatial distribution of the air
parcels in cluster A (asterisks) at (a) 18 UTC 24 Dec 2015, (b) 12 UTC 27 Dec, (c) 12
UTC 28 Dec, and (d) 12 UTC 30 Dec. Yellow colors indicate low-level (p > 850 hPa) air
parcels with ∆θ > 2.5 K within the last 6 h, and magenta asterisks indicate air parcels
with ∆p > 50 hPa and ∆T > 2.5 K during the last 6 h. The labels mark the positions of
surface cyclones and anticyclones mentioned in the text.

5.5.2

Hotspots of T and θ changes in cluster A

Figure 5.9 shows the distribution of the air parcels in cluster A at different time steps.
The yellow asterisks indicate low-level air parcels (p > 850 hPa) with a strong increase
(> 2.5 K) in θ during the previous 6 h, and magenta asterisks denote air parcels that
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experienced a strong increase in pressure (> 50 hPa) and T (> 2.5 K) during the same
time interval.
At 18 UTC 24 December the air parcels that later contribute to the first warm event
are located east of Greenland and advected southward at the rearward side of a lowpressure system situated over the Norwegian Sea (Fig. 5.9a; label “L1 ”). The motion of
the cold, dry polar air masses over warmer ocean water leads to strong sensible (red
shading in Fig. 5.9a) and latent (not shown) heat fluxes, and thereby diabatic warming
of the air parcels (yellow asterisks). At mid- and upper levels, the cold air outbreak is
accompanied by descending motions and a concomitant adiabatic warming (magenta
asterisks). Three days later, the air parcels have gathered over the Norwegian Sea
and Norway (many have experienced further diabatic warming by surface fluxes, or
adiabatic warming through descent, Figs. 5.9b,c), and are then transported poleward
along the intense low-level jet that has established in this region (Figs. 5.3 and 5.5).
The majority of the air parcels in cluster A that contributes to the second or third
warm episode is still located in polar regions at 18 UTC 24 December (Fig. 5.9a) and
associated with temperatures below −20◦ C (not shown). The air is subsequently ad-

vected southeastward as part of the cold air outbreak discussed in Section 5.4 (see
Figs. 5.3a,c,e), at the rearward side of the cyclone that moves from the Labrador Sea
(Fig. 5.9a; label “G”) to the southern tip of Greenland (Figs. 5.9b,c). Again, intense
air-sea heat fluxes accompany the CAO, resulting in strong diabatic heating of the
low-level air. After interacting with the Greenland cyclone, the trajectories associated
with the second warm event are transported northeastward by cyclone “Frank” (label “F”) and join the poleward moving air parcels over the Norwegian Sea that have
not yet reached the Arctic (Fig. 5.9d). Some air parcels contributing to the third warm
event have become located near the tip of the upper-level trough to the west of the
Bay of Biscay and experience some descending motion, while the rest is heated by
the continuously strong air-sea fluxes in the western North Atlantic (Fig. 5.9d). Both
branches subsequently move poleward and combine over the Norwegian Sea.
In summary, two different cold air outbreaks advected the air parcels in cluster A from
polar regions toward the midlatitudes. The cold and dry air masses were strongly
heated by intense sensible and latent heat fluxes from the warmer ocean surface, and
then again transported into polar regions along the low-level jet between the central
North Atlantic and Europe.

5.5.3

Hotspots of T and θ changes in cluster B

For cluster B, the pathway of the air parcels and hotspots of temperature and potential
temperature decreases are shown in Fig. 5.10. The fields are equivalent to Fig. 5.9
for cluster A, but the yellow asterisks now denote low-level air parcels with negative
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(a) 00 UTC 26 December 2015

(b) 18 UTC 26 December 2015
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(c) 00 UTC 29 December 2015

(d) 06 UTC 31 December 2015
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Figure 5.10: As Fig. 5.9, but for cluster B, with the yellow asterisks denoting low-level
(p > 850 hPa) air parcels with ∆θ < −1 K within the last 6 h. The fields are shown at

(a) 00 UTC 26 Dec 2015, (b) 18 UTC 26 Dec, (c) 00 UTC 29 Dec, and (d) 06 UTC 31 Dec.

changes in θ of more than 1 K over the last 6 h (the threshold value for the coloring
is lower in cluster B compared to cluster A, because of the overall smaller changes in
∆θ, see Fig. 5.8). Strongly descending air parcels are not colored, as they belong to a
minority of the cluster.
Until 24 December, most air parcels are located close to their source region over the
Sahara, the western Mediterranean and the Iberian Peninsula and typically associated
with high T and θ (cf. Fig. 5.7). At 00 UTC 26 December, the Saharan air parcels
that contribute to the first warm event have moved toward the North Atlantic, where
west of them a stratospheric PV streamer extends from Scandinavia into the subtropics (Fig. 5.10a). The position of the air parcels coincides with a band of air-sea heat
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fluxes directed from the warm air masses toward the cooler ocean surface. This results in diabatic cooling of the air parcels, which is however relatively weak and does
not exceed −1 K (6 h)−1 in many cases. Between a cyclone to the west (labelled “L2 ”

in Fig. 5.10) and an anticyclone to the east (labelled “H1 ”), the air parcels are subsequently advected northward along the leading edge of the stratospheric PV streamer,
which eventually breaks up into a cutoff low (Fig. 5.10b). The air parcels contributing
to the first warm episode proceed across the Bay of Biscay, the English Channel and the
North Sea, and further poleward along the strong southerly low-level jet developing
over the Norwegian Sea. At 00 UTC 29 December, they are located west of Norway,
between the Greenland cyclone to the west and the Scandinavian anticyclone to the
east (Fig. 5.10c, labels “G” and “H2 ”, respectively). High air-sea heat fluxes between

the poleward extending warm plume and the colder Norwegian Sea now result in a
stronger diabatic cooling of the air parcels compared to previous time steps. Nevertheless, the temperature of the air parcels remains above 0◦ C when they reach the Arctic
shortly afterwards. In the meantime, the trajectories contributing to the second warm
episode have gathered further south over northern France and the Netherlands, to the
east of a newly formed upper-level PV streamer (Fig. 5.10c). Accompanied by continuous diabatic cooling by surface fluxes, they follow the pathway of the air parcels
associated with the first warm episode and reach the Arctic about one day afterwards
(Fig. 5.10d).
To sum up, the synoptic situation led to a poleward transport of the warm subtropical
air masses in cluster B, which were, however, constantly cooled by diabatic processes.
Nevertheless, the cooling remained weak enough that the air parcels still reached the
Arctic with temperatures above the melting point. A reason for the relatively weak
cooling might be that the air parcels avoided the land masses to a large extent and
stayed over the comparatively warm ocean. It is also remarkable that the air parcels
remained all the time relatively far away from the cyclones and associated cold fronts
located to their west, and that, therefore, they did not ascend while moving northward. The latter point is also related to the rotated baroclinicity (which was from east
to west rather than from north to south) that developed because of the northward
extension of the warm plume.

5.5.4

Hotspots of T and θ changes in cluster C

Finally, we investigate the pathway of the air parcels in cluster C, and test the hypothesis that hotspots of positive changes in T and negative changes in θ are related to
strong descent. Here we focus on the first warm episode, which is associated with the
highest number of cluster C air parcels. Prior to arriving in the eastern North Atlantic,
the trajectories, which typically started far to the west over the North Pacific (Fig. 5.7),
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Figure 5.11: SLP (hPa, black contours every 5 hPa), 2 pvu on 310 K (red contour), and
spatial distribution of the air parcels in cluster C (asterisks) at (a) 12 UTC 25 December
2015, (b) 12 UTC 26 December, (c) 00 UTC 28 December and (d) 18 UTC 28 December.
Colored asterisks indicate descending air parcels (∆p > 50 hPa) with ∆T > 2.5 K
(magenta) or both ∆T > 2.5 K and ∆θ < −2.5 K (green) within the last 6 h. The orange

lines mark the positions of the cross sections shown in Fig. 5.12, and the labels the
positions of surface cyclones and anticyclones mentioned in the text.

already underwent some ascending and descending motions, but mainly followed the
upper-level wave guide toward the North Atlantic. The distribution of the air parcels
at 12 UTC 25 December is displayed in Fig. 5.11a, with colored asterisks indicating
strongly descending air parcels (∆p > 50 hPa in 6 h) associated with positive changes
in T (> 2.5 K in 6 h, magenta) or both positive changes in T and negative changes in
θ (green). One branch of the air parcels contributing to the first warm episode moves
below the northern part of a PV streamer from Greenland southeastward to the Norwegian west coast and descends adiabatically along tilted isentropes, as evident in the
cross section along the motion of the air parcels (Fig. 5.12a). Many of the colored tra-
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(a) 12 UTC 25 December 2015

(b) 12 UTC 26 December 2015

(c) 00 UTC 28 December 2015

(d) 18 UTC 28 December 2015

Figure 5.12: Vertical cross sections of PV (pvu, shading), potential temperature (black
contours every 5 K), temperature (red contours for 0 and −5◦ C) and intersection po-

sitions of the air parcels in cluster C (asterisks, colors as in Fig. 5.11) (a,b) from
20◦ W/70◦ N to 20◦ E/54◦ N, and (c,d) through 7◦ E from 50◦ N to 70◦ N, along the orange lines shown in Fig. 5.11. The cross sections are shown at (a) 12 UTC 25 December
2015, (b) 12 UTC 26 December, (c) 00 UTC 28 December and (d) 18 UTC 28 December.
The red dots in (c,d) mark intersection positions of air parcels in clusters A and B.
jectories in Fig. 5.11a fulfill the dry intrusion criterion, and they might be related to the
large cyclone located over the Norwegian Sea at that time (Fig. 5.11a, labelled “L3 ”).
A second branch of the air parcels contributing to the first warm episode is located
west of Portugal and the Bay of Biscay below the southern part of the PV streamer
that extends from Scandinavia into the subtropics (the same PV streamer also played
an important role for cluster B, cf. Figs. 5.10a,b).
During the subsequent day the PV streamer strongly narrows because of the diabatic
amplification of an upstream ridge developing between Greenland and Norway, and a
downstream ridge over Central Europe (Fig. 5.11b, the associated surface anticyclones
are labelled “H3 ” and “H1 ”, respectively; cf. discussion in Section 5.4). Comparison of
the cross sections in Figs. 5.12a and b shows that this reduces the baroclinicity between
Greenland and southern Norway, because the isentropes are pulled downward below
the upper-level ridge, and upward below the positive PV anomaly associated with the
narrowing PV streamer. Between Greenland and about 0◦ /64◦ N the adiabatic descent
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resulting from the lowering of the isentropes is therefore approximately compensated
by the southeastward motion along the slightly upward tilted isentropes. Farther to
the southeast, however, the air parcels strongly descend along the steep isentropes at
the transition from the PV streamer to the European blocking. The descent and concomitant temperature increase over the previous and within the next 6 h reach about
100-150 hPa and 10-14◦ C, respectively, while the potential temperature decrease remains in most cases below 1◦ C (not shown). The other branch that contributes to the
first warm episode, which is located west of the Bay of Biscay, also experiences some
– albeit weaker – adiabatic descent at the narrowing borders of the breaking-up PV
streamer (Fig. 5.11b). The air parcels are subsequently advected northeastward and
eventually combine with the northern branch over Scandinavia (Fig. 5.11c).
With the poleward amplification of the ridge, the isentropes are pulled downward,
and thereby the strong adiabatic descent over Scandinavia continues (Fig. 5.11c and
north-south-oriented cross section through 7◦ W in Fig. 5.12c). The descent is furthermore enhanced by the approach of the low-level warm-air tongue associated with
clusters A and B (red dots in Fig. 5.12c), and the weak southward motion of the air
parcels in cluster C between 12 UTC 27 and 06 UTC 28 December along the downward tilted isentropes (Fig. 5.12c). The temperature increase of many descending air
parcels is still large and reaches values up to about 17◦ C within 6 h (with a concomitant pressure decrease of more than 200 hPa), which further enlarges the near-surface
warm pool. The decrease in potential temperature is now larger than before and might
be due to boundary layer turbulence over the Norwegian mountains. With the continuing amplification of the ridge and the low-level warm plume the air parcels in
cluster C further descend and combine with the low-level air parcels in clusters A and
B, and together they move into the Arctic along the intense low-level jet (Figs. 5.11d
and 5.12d), where they contribute to the high near-surface temperatures during the
first warm episode.
Most air parcels contributing to the second and third warm episode are transported
from Canada into the central North Atlantic along the leading edge or the southern
border of the upper-level trough associated with the CAO (Figs. 5.11a-d). They experience some moderate adiabatic descent, before moving northward into the Arctic
along the low-level jet (not shown).
In conclusion, the air parcels in cluster C indeed experienced strong adiabatic warming during their descent, which overcompensated for the much weaker diabatic cooling related to radiative processes. The strong descent was caused by two effects: (i)
the motion of the air parcels along tilted isentropes, and (ii) the strong overall lowering of the isentropes between Iceland and Northern Europe because of the poleward
extension of the upper-level ridge and the low-level warm plume.
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(b)

(c)
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Figure 5.13: Evolution of (a) pressure (hPa), (b) temperature (◦ C), (c) potential temperature (K), and (d) surface sensible heat fluxes (W m−2 , with the convention that fluxes
directed from the atmosphere toward the surface are positive) along three backward
trajectories from the warm event that represent the main characteristics of clusters A,
B and C, respectively.
Summary
To summarize, the findings of this subsection reveal that the air masses leading to the
Arctic warm event came from three different source regions, and different physical
and dynamical processes changed their temperature before they arrived in the Arctic. Figure 5.13 shows for each cluster a representative, subjectively selected trajectory,
along with the evolution of pressure (Fig. 5.13a), temperature (Fig. 5.13b), potential
temperature (Fig. 5.13c) and the surface sensible heat flux (Fig. 5.13d). A pool of warm
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air developed west of Norway as a result of the contribution from (A) cold polar air
masses, which experienced a strong diabatic heating by air-sea heat fluxes during a
cold air outbreak, (B) warm subtropical air masses, which were cooled diabatically
by air-sea heat fluxes during their poleward transport (but the cooling was relatively
weak, such that the air still reached the Arctic with temperatures above the melting point), and (C) strongly descending midlatitude air masses, where the adiabatic
warming overcompensated for the weaker radiative cooling. The air masses were
transported into the Arctic along a strong low-level jet (the “highway to the North
Pole”), where they contributed to the unusually high surface temperatures.

5.5.5

Climatological investigation of the origin of air masses arriving in the Arctic

To put the results of the previous subsection in a climatological context, we now investigate the origin and involved processes of air masses that reached the Arctic during
the entire ERA-Interim NH winter period (1979-2014). As described in Section 5.2.4,
six-hourly backward trajectories have been calculated in ERA-Interim from all low
level grid points in the Arctic (> 82◦ N, between 120◦ W and 120◦ E). From more than
18 million trajectories, only 0.016% arrived in the Arctic with T2m > 0◦ C. This low
number corroborates the findings from Section 5.3 (Fig. 5.1) that the warm surface
temperatures observed in the Arctic in late December 2015 and early January 2016
were extremely unusual.
The minimum latitude along each 10-day trajectory is displayed in Fig. 5.14a for all
ERA-Interim trajectories (gray, in the following referred to as EIall trajectories ), those
reaching the Arctic with T2m > 0◦ C (yellow, referred to as EIwarm trajectories), and,
for comparison, those contributing to the Arctic warm event in December 2015 and
January 2016 (red, referred to as WE trajectories). Consistent with the results from the
first part of this Section, the minimum latitude of the WE trajectories shows a peak
between 45◦ and 60◦ N (61.2% of the trajectories) that is mainly associated with clusters A and C, and a second strong contribution from subtropical regions (cluster B),
with 24.3% originating south of 40◦ N, 4.8% south of 25◦ N, and 2.2% even south of
20◦ N. Comparison of the red and gray bars in Fig. 5.14a reveals that the strong meridional transport into low-level Arctic regions during the warm event was exceptionally
rare: only 0.7% of the EIall trajectories originate from latitudes south of 40◦ N and a
negligible number (0.005%) from south of 25◦ N. Most trajectories (56.9%) have their
minimum latitude close to the Arctic region between about 60◦ and 75◦ N. When considering only the small percentage of EIwarm trajectories that arrived in the Arctic with
T2m > 0◦ C (yellow bars in Fig. 5.14a), the meridional transport is stronger than for the
EIall trajectories, but weaker than for the WE trajectories, with 72.9% originating be-
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Figure 5.14: Histograms showing the relative occurrence frequency of (a) minimum
latitude (bin width = 5◦ ) and (b) minimum pressure (bin width = 50 hPa) along all trajectories that reached the Arctic at low levels (gray) and along those trajectories that
reached the Arctic at low levels with T2m > 0◦ C (yellow) during NH winter in the
ERA-Interim period, and along the trajectories contributing to the Arctic warm event
in late December 2015 and early January 2016 (red).
tween about 45◦ and 60◦ N, 8.7% south of 40◦ N, and 0.16% south of 25◦ N (none south
of 20◦ N). This indicates that subtropical air masses also played a role during other rare
events with high near-surface temperatures in the Arctic, but the warm event occurring in December 2015 and January 2016 was clearly exceptional in terms of minimum
latitude of the trajectories. The overall limited meridional transport into low-level
Arctic regions during the ERA-Interim period is surprising. Presumably in the free
troposphere the subtropical contribution is much larger, as the poleward moving air
parcels typically ascend over the north-south oriented baroclinic zone. The west-east
oriented baroclinicity that prevailed during the Arctic warm event appears to be crucial for the near-surface meridional transport into the Arctic.
The minimum pressure along each trajectory (Fig. 5.14b) shows that the upper-level
origin and strong descent associated with many WE trajectories, as discussed in the
first part of this Section (mainly those in cluster C, cf. Fig. 5.8), is also extremely rare:
while 25.7% (71.6%) of the WE trajectories originate from less than 500 hPa (700 hPa),
this is the case for only 1.7% (21.0%) of the EIall trajectories. The contribution from upper levels increases when only considering the EIwarm trajectories, but it is still considerably lower than for the WE trajectories, with 10.2% (51.2%) of the EIwarm trajectories
descending from less than 500 hPa (700 hPa).
The exceptional nature of the Arctic warm event is also reflected in Fig. 5.15, which
shows, analogously to Fig. 5.8, a two-dimensional histogram of the maximum abso-
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Figure 5.15: (bottom left) Maximum absolute change in temperature and potential

temperature (K) along each trajectory that reached the Arctic at low levels (relative
to t = 0 h, when the trajectory arrived in the Arctic) shown for all ERA-Interim trajectories during the entire NH winter period (two-dimensional histogram with gray
shading indicating the number of trajectories in a specific bin; bin width = 1 K), the
ERA-Interim trajectories that reached the Arctic with T2m > 0◦ C (yellow dots), and
the trajectories contributing to the Arctic warm event in late December 2015 and early
January 2016 (red dots; distribution as in Fig. 5.8), respectively. The corresponding
one-dimensional histograms are shown in relative frequencies for (top) temperature
change, and (bottom right) potential temperature change (bin width = 5 K; colors as in
bottom left panel).
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lute change in ∆T and ∆θ along each EIall trajectory relative to the time when it arrived
in the Arctic, overlaid by scatterplots with the respective values for the EIwarm and WE
trajectories. The corresponding one-dimensional histograms are also displayed. Clusters A, B and C that have been defined for the warm event based on the phase space
in Fig. 5.8 can also be clearly distinguished in the climatology, with 10% of the EIall
trajectories in cluster A, where ∆T and ∆θ are both positive, 62% in cluster B, where
∆T and ∆θ are both negative, and 26% in cluster C, where ∆T is positive and ∆θ negative. A small additional fraction of the trajectories (2%) is contained in a fourth cluster
located in the second quadrant, where ∆T is negative and ∆θ positive. The climatological prevalence of cluster B indicates that most air masses are cooled by surface fluxes
while moving into the Arctic. Positive values in ∆T, as present in clusters A and C,
i.e., an increase in the air parcels’ temperature while moving toward high latitudes,
occur less frequently. This is also clearly evident in the one-dimensional histogram
of ∆T. As mentioned in the first part of this Section, the fraction of WE trajectories
in clusters A, B and C is 37%, 12% and 51%, respectively, and therefore very different
from the climatological distribution. During the warm event, positive values in ∆T
clearly dominated, with the largest fraction in cluster C. The magnitude of these positive values often exceeds 40 K (in particular in cluster C), which is also exceptional
and almost never observed in the climatology. For cluster C this corroborates, in line
with the findings based on Fig. 5.14b, that the strong descent and adiabatic warming
contributing to the Arctic warm event was extremely unusual. In cluster A, in addition to the large ∆T values many WE trajectories are associated with unusually strong
positive ∆θ values (often larger than 25 K), suggesting that the strong heating of the
originally cold trajectories by surface fluxes that played a role for the warm event was
also extraordinary. In contrast to clusters A and C, the position of the WE trajectories
in cluster B in the phase space in Fig. 5.15 is not unusual: the negative ∆T and ∆θ
values are relatively small (otherwise the air parcels would not have contributed that
strongly to the Arctic warm event) and agree well with the climatological values. Instead, cluster B is exceptional in terms of meridional transport, as has been discussed
above (Fig. 5.14a).
For the small climatological fraction of EIwarm trajectories that reached the Arctic with
T2m > 0◦ C the percentage of trajectories in clusters A, B and C is very similar to the
distribution of the WE trajectories (approximately 33%, 12%, and 55% in clusters A, B
and C, respectively), and – as has also been observed in Fig. 5.14 for the histograms
of minimum pressure and latitude – the histograms of ∆T and ∆θ resemble those of
the WE trajectories more than those of the EIall trajectories (compare yellow, red and
gray colors in Fig. 5.15). This suggests that similar dynamical and physical processes
played a role during the different Arctic warm events. However, despite the similar
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distribution, the warm event in late December 2015 and early January 2016 clearly
stands out from the other warm events, with the histograms of ∆T and ∆θ shifted
toward more extreme values both at the positive and negative ends.
To summarize, this climatological investigation showed that the event discussed
in this study was not only exceptional in terms of high near-surface temperatures
reached in polar regions and other special synoptic features analyzed in Section 5.4
(like the strength of the meridional wind speed and the west-east SLP gradient), but
also in terms of source regions of the air masses and physical and dynamical processes
contributing to the warming. Unusually strong meridional transport of warm air, adiabatic warming of descending air, and surface fluxes that heated the originally cold
air masses played an important role for the extreme event.

5.6

Summary and conclusions

This study investigated the atmospheric processes leading to the record high surface
temperatures in the Arctic at the end of December 2015 and in early January 2016. In
the region around Svalbard and over the Kara Sea, south of about 84◦ N, the highest
2-m temperatures within at least 37 winters were reached, while over the Barents Sea
and closest to the Pole the event was ranked among the ten most extreme events.
Based on operational analyses for the event, and the comparison with ERA-Interim
reanalyses for December-February 1979-2014, a range of highly exceptional synopticscale features has been identified that contributed to the Arctic warm event:
1) Strong WCB activity over the North Atlantic contributed to the diabatic amplification of a downstream upper-level ridge and the formation of a strong blocking
anticyclone extending from central Europe to the North Pole. The blocking was
highly unusual in terms of size and location and without precedent at least during the previous 36 winters. Climatologically, only in 0.25% of the time steps
blocks with a similar size extended to regions poleward of 85◦ N, and none of
them was located between the central North Atlantic and Northern Europe.
2) The far poleward extension of the blocking was also associated with an exceptionally far poleward extension of the WCB outflow to and across the North Pole.
Climatologically, only in 2.4% of the time steps WCB trajectories arrived at latitudes north of 85◦ N, and latitudes north of 89◦ N were reached in less than 0.5%
of the time steps.
3) An extremely pronounced west-east SLP gradient of about 7.4 hPa (100 km)−1
established between a range of intense cyclones developing near Iceland, and a
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high-pressure system over Scandinavia that was linked to the upper-level blocking. The SLP gradient exceeded the climatological maximum in this area by
0.9 hPa (100 km)−1 . Among the cyclones contributing to the large SLP gradient
was storm “Frank”, which moved over Iceland as one of the strongest storms on
record, reaching a maximum intensity of 928 hPa.
4) A tropospheric deep, exceptionally intense southerly jet developed over the eastern North Atlantic, extending from the western side of the upper-level ridge
to the SLP gradient at the surface. The maximum 250-hPa meridional wind
speed reached more than 85 m s−1 , exceeding the climatological maximum in
the considered region by 6 m s−1 . Also the 850-hPa meridional jet reached unprecedented values of more than 54 m s−1 , which is 5 m s−1 stronger than the
climatological maximum.
5) Along the intense low-level jet (the “highway to the North Pole”), warm air
masses were transported into polar regions, resulting in an exceptionally far
poleward extension of the low-level warm plume, and rotated baroclinicity from
east to west rather than from north to south. The main warm event was followed
by two consecutive warm episodes, which were associated with mesocyclones
forming at the western edge of the primary warm plume at the northeastern corner of Greenland. Mesocyclones are typically observed along strong baroclinic
regions at the edge of cold air outbreaks (e.g., Businger and Reed, 1989; Papritz
and Pfahl, 2016) – it is interesting that in the present case study they evolved at
the edge of a warm-air plume.
6) Air masses from three different source regions, characterized by fundamentally
different dynamical and physical processes, contributed to the high surface temperatures in the Arctic (Fig. 5.13): (A) originally cold Arctic air masses that experienced intense diabatic heating by surface fluxes during a cold air outbreak
over the western North Atlantic (cluster A), (B) warm subtropical air masses that
were rapidly transported poleward at low levels (cluster B), and (C) originally
cold upper-tropospheric air masses that experienced an extremely strong adiabatic warming during their descent to the surface (cluster C). The percentage
of air parcels in clusters A, B and C is 37%, 12% and 51%, respectively. However, these numbers might be misleading in terms of importance of the three
clusters for the warm event, because the descent of the air parcels in cluster C,
which mainly occurred over the Norwegian Sea and southern Scandinavia, was
enhanced by the approach of the low-level warm plume associated with clusters
A and B. Together with the amplifying upper-level ridge, the approaching warm
plume resulted in a descent of the isentropes and a concomitant descent of the air
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in cluster C. Hence, clusters A and B set the scene for cluster C by forming a poleward extending warm pool, and this warm pool was then enlarged by cluster C.
A climatological investigation of air masses reaching the Arctic under “normal”
conditions showed that the source regions of the air that contributed to the Arctic warming and the involved processes were extremely unusual in terms of (i)
the amount of diabatic warming of the originally cold polar air by surface fluxes
in cluster A, (ii) the meridional transport from subtropical regions into the Arctic
in cluster B, and (iii) the amount of descent and adiabatic warming in cluster C.
A small climatological fraction of air parcels arrived in the Arctic with relatively
high temperatures, and these were more alike those associated with the warm
event in December 2015 and January 2016 (indicating that similar processes play
a role during different warm events), but they were still less extreme in terms of
the processes (i)-(iii).

In addition to these short-term, highly unusual synoptic-scale phenomena, it is likely
that long-term climate trends and variability on seasonal-to-interannual time scales
also played a role for the Arctic warm event. Dole et al. (2014) illustrated how the
co-occurrence of multiple pieces across the spectrum from climate to weather – a
long-term warming trend, boundary conditions varying on seasonal-to-interannual
time scales like sea surface temperature anomalies, and on subseasonal time scales
the occurrence of a strong Madden-Julian Oscillation event – resulted in extremely
warm temperatures over the United States in March 2012 by shifting the temperature
probability distribution toward warm conditions. Such a linkage between processes
operating on different time scales might also have been important for the extreme
event discussed in this study. During the twentieth century, global-mean temperatures
have increased, which has mostly been attributed to external anthropogenic forcings
(Hegerl et al., 2007). The temperature increase has been particularly pronounced over
the Arctic during recent decades, referred to as Arctic amplification (e.g., Graversen
et al., 2008). However, the increase in surface temperatures in Svalbard was 2.6◦ C
per century between 1898 and 2012 (Nordli et al., 2014), which is much less than the
anomalously high temperatures observed during the Arctic warm event. This indicates that the warm event can mainly be explained by natural variability on short time
scales, but the long-term warming trend acted to increase the probability of warm
temperatures, in a similar way as it occurred during the extreme event described by
Dole et al. (2014). An additional forcing on seasonal time scales might have been
provided by the extremely strong El Niño conditions that occurred during 2015 and
the beginning of 2016, which warmed the tropical Pacific Ocean and contributed to
the record-high global-mean temperatures in December 2015 and January 2016. Although studies rather indicate that during El Niño the surface temperature in the Arc-
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tic is anomalously cold (Lee, 2012; Hu et al., 2016), it is possible that the perturbations
caused by the warm sea surface temperature anomalies in the tropical Pacific nevertheless influenced some of the above listed unusual dynamical and physical processes
that contributed to the Arctic warm event. However, a possible linkage between El
Niño and the Arctic warm event has not been assessed in this study.
In summary, the results of this study indicate that the extreme Arctic warm event was
primarily the result of an optimal superposition of various short-term, highly unusual
synoptic-scale phenomena (1-6), which possibly profited from specific boundary forcings like the extreme El Niño, and an additional contribution from a long-term Arctic
warming trend. The results highlight the need to better understand the linkage between weather and climate variations, and in particular the effect of climate change
on extreme events. This requires seamless predictions on daily, sub-seasonal, seasonal,
interannual and long-term time scales (Dole, 2008; Brunet et al., 2010; Shapiro et al.,
2010; Dole et al., 2014).
As a final remark, it is noted that the prediction of the Arctic warming by the ECMWF
ensemble forecasts was relatively poor up to about 5 days ahead (not shown). In future work, it will be assessed whether the reduced predictability was due to individual, dynamically important processes that were poorly represented by some ensemble
members.

Chapter 6
Conclusions and outlook
In this thesis the role of warm conveyor belts (WCBs) for the weather and climate system has been investigated under different aspects, based on a combined observational
and diagnostic approach. The thesis is divided into three main Chapters. In Chapter 3
the influence of WCBs and the associated diabatically produced positive potential vorticity (PV) anomalies on extratropical cyclone intensification have been quantified climatologically for Northern Hemisphere (NH) winter (1979-2014), using ERA-Interim
reanalyses and composite techniques. In Chapter 4 the ERA-Interim data set has been
combined with satellite observations from the CloudSat radar and the CALIPSO lidar, again for NH winter (2006-2014), to gain a detailed observational perspective on
the vertical cloud structure of WCBs during the inflow, ascent and outflow, and to
evaluate their representation in ERA-Interim. Chapter 5 examined the atmospheric
processes leading to record high surface temperatures in the Arctic at the turn of the
year 2015/2016, and the role of WCBs for the extreme event. This concluding Chapter
provides a summary of the main findings of the thesis, followed by a discussion of
potential limitations and possibilities for future research.

6.1

Main conclusions

1) The diabatically produced positive PV anomaly in the early phase of the WCB
ascent plays a crucial role for the intensification of many explosively deepening
cyclones, namely the C1 cyclones (Chapter 3). Thereby the pronounced PV production occurs in the cyclone center in WCBs of type W2, which ascend above
the bent-back front (see schematic Fig. 1.5). Many devastating winter storms like
the Presidents’ Day snowstorm and the windstorm Xynthia were C1 cyclones
(Fig. 3.1), i.e., the extreme weather was linked to WCBs, which contributed to
the explosive intensification and enhanced the low-level winds through diabatic
PV formation.
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2) Not all cyclones with strong WCBs show a strong deepening (Chapter 3). Weakly
intensifying cyclones with strong WCBs (category C2) are either diabatic Rossby
waves that lack a suitable coupling of the WCB-related low-level PV anomaly
with an upper-level trough, or the PV production occurs too far away from the
cyclone center in WCBs of type W1 (i.e., WCBs that ascend along the cold front,
see Fig. 1.5) and therefore does not directly contribute to cyclone intensification.
3) The satellite observations (Chapter 4) revealed that the strongly ascending WCB
air masses are part of vertically extended, heavily precipitating clouds. Shallow, mid-level and deep convection can occur during the inflow in the warmphase cloud segment, and during the ascent in the mixed-phase cloud segment,
in agreement with the case studies of Neiman et al. (1993) and Flaounas et al.
(2016). Ice clouds often extend above the WCB outflow level. This indicates in
situ cirrus formation above the liquid-origin cirrus associated with the strongly
ascending WCB, as found in the case study of Spichtinger et al. (2005), and in the
Lagrangian ERA-Interim-based climatological analysis of Wernli et al. (2016).
4) ERA-Interim captures the main structure of WCB-related clouds in terms of position and thermodynamic cloud phase (Chapter 4). However, the rapid ascent associated with convective processes is not resolved by the WCB trajectories, which are driven by the relatively coarse-resolution ERA-Interim winds.
In addition, the reanalysis fails to represent the ice water content (IWC) in the
mixed-phase WCB cloud segment, where it underestimates high IWC values and
overestimates low values. The underestimation of high IWC is particularly pronounced close to the melting layer and occurs because the diagnostic snow field
is not included in the IWC variable, and because the temperature-dependent
representation of mixed-phase clouds strongly reduces the ice fraction when approaching the melting layer. The poor representation of the mixed-phase clouds
corroborates the findings of many other studies that these clouds are particularly difficult to simulate accurately (e.g., Illingworth et al., 2007; Delanoë et al.,
2011). In the pure ice-phase WCB clouds the ERA-Interim-based IWC agrees
better with the observations, which might reflect a reduced complexity of the
processes occurring in a single-phase cloud.
5) The analysis of the meteorological processes leading to unusually high surface
temperatures in the Arctic at the turn of the year 2015/2016 (Chapter 5) showed
that diabatic PV reduction in the WCB outflow played a crucial role for the extreme event. Intense WCB activity over the North Atlantic led to the diabatic
amplification of an upper-level ridge and the formation of a strong blocking anticyclone extending from central Europe to the North Pole. Below the ridge,
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a pronounced west-east sea level pressure gradient developed between an Icelandic low and a Scandinavian high. The pressure gradient was accompanied
by an extremely strong poleward low-level jet that transported warm air masses
to the North Pole. This case study confirms the results from previous studies
that WCBs can play an essential role for the formation of many different kinds
of extreme events. These extremes range from temperature extremes, as illustrated here and in the study of Pfahl et al. (2015), to heavy precipitation events
(Massacand et al., 2001; Grams et al., 2014; Pfahl et al., 2014) and intense lowlevel winds associated with the diabatically produced low-level PV anomaly in
explosively developing cyclones (conclusion 1).
The findings of this thesis corroborate the crucial role of WCBs and the associated
clouds and precipitation for the dynamics of cyclones, the formation of extreme
events, and the climate system as a whole. The CloudSat and CALIPSO measurements furthermore provide a much needed, detailed observational perspective into
the internal cloud structure of WCBs, and reveal many small- and mesoscale structures
not resolved by the temporally and spatially coarse-resolution ERA-Interim data. The
novel insight gained from this thesis also contributes to the understanding of the role
of moist diabatic processes for creating high impact weather events, which has been
stated as one of the key challenges of the High Impact Weather Project1 of the World
Meteorological Organization (Jones and Golding, 2014).

6.2

Potential limitations

The deficiencies in the representation of subgrid-scale processes in ERA-Interim raise
the question how robust the ERA-Interim-based climatological results from Chapter 3 (i.e., the importance of WCBs for cyclone intensification) are with respect to the
data set used. One issue is the poor representation of the microphysical properties of
mixed-phase clouds. Various cloud-microphysical processes in WCBs have the potential to modify PV and thus influence the meso- and large-scale dynamics (Joos and
Wernli, 2012; Joos and Forbes, 2016), and it is therefore expected that the poor parameterization of mixed-phase clouds and the missing snow field in the reanalysis data lead
to biases in the representation of the WCB-induced PV structure. For a case study, Joos
and Forbes (2016) showed that changes in the cloud-microphysical parameterization
can lead to subtle changes in the detailed location of the WCB outflow, which can in
turn affect the downstream flow evolution. However, the main characteristics of the
WCB like the region and depth of the ascent and the amount of diabatic heating remained almost identical. This indicates that the poor representation of mixed-phase
1 http://www.wmo.int/pages/prog/arep/wwrp/new/high
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clouds in ERA-Interim might affect the detailed location, and likely also the intensity,
of the WCB-induced PV anomalies, but not their broad structure on a subsynoptic
scale, which was the focus of the study in Chapter 3.
A second issue is the deficient parameterization of convection in ERA-Interim. Embedded convection within WCBs can influence the dynamics by generating mesoscale
positive and negative PV anomalies (e.g., Neiman et al., 1993). The effect of these
anomalies on the structure and evolution of the cyclone and the upper-level flow presumably depends on the location of the convection along the ascending WCB and
relative to the cyclone center, as well as the depth and intensity of the convection. In
comparison to slantwise ascending motions it is hypothesized that rapid convective
ascent leads to a smaller-scale, but more intense WCB-related low-level positive PV
anomaly. Thus, when the embedded convection occurs close to the cyclone center
in WCBs of type W2 the contribution of the WCB to cyclone intensification could be
even more pronounced than in the case of slantwise ascent. Overall these considerations indicate that qualitatively the main finding of the climatological study, i.e., the
importance of diabatic PV production close to the cyclone center in W2 WCBs, can be
treated as robust, but quantitatively the results must be treated with some caution.
With regard to the investigation of the vertical cloud structure of WCBs with CloudSat and CALIPSO (Chapter 4), a potential issue is the representativeness of the observations. Although especially the case studies of CloudSat – CALIPSO intersections
with WCBs reveal many details, they only represent a narrow two-dimensional slice
through the three-dimensional WCB, and are therefore not necessarily representative
for the larger-scale WCB cloud structure. The statistical investigation of a large number of WCB air parcels minimizes the problem of representativeness, and it is important to note that qualitatively the findings from the case studies and the climatology
agree well with each other. A possible limitation of the statistical investigation is that
WCB air parcels have not been categorized according to their position relative to the
cyclone center and the stage of the cyclone life cycle. The case studies in Chapters 3
and 4, as well as the study of Crespo and Posselt (2016), showed that the WCB cloud
structure and its position relative to the cyclone center change during the cyclone life
cycle. Such interesting details are hidden in the climatological investigation, where
the WCB air parcels have only been distinguished according to their cloud phase.

6.3

Outlook

The findings of this thesis and the discussion of the limitations provide several possibilities for future research, as outlined in the following paragraphs.
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Extension of the analyses to other seasons and the Southern Hemisphere
The results from Chapters 3 and 4 are only based on the analysis of WCBs and cyclones
in NH winter. It would clearly be insightful to extend the climatological studies to different seasons and the Southern Hemisphere. It is possible that there are seasonal, and
maybe even hemispheric differences, in the role of WCBs for cyclone intensification,
the WCB cloud structure and the frequency of embedded convection within WCBs.
For example, with regard to the importance of WCBs for cyclone intensification in
summer compared to winter, two opposing processes are expected to play a role: the
much lower WCB frequency in summer on the one hand (Fig. 2.2) and the stronger
WCB-related low-level positive PV anomaly in summer on the other hand (Table 2 in
Madonna et al., 2014). Assessing the relative importance of these processes could be
very interesting.
Representation of WCBs in high-resolution numerical weather prediction models
The key role of WCBs for cyclone intensification and their link to high impact weather
events highlight the importance of an accurate representation of WCBs in numerical
weather prediction models. As described in the introduction, forecast errors are often linked to errors in the representation of diabatic processes (e.g., Gray et al., 2014;
Madonna et al., 2015). Similar to the comparison of the WCB cloud structure in ERAInterim with CloudSat and CALIPSO data, it could be insightful to evaluate the representation of WCBs in the operational ECMWF IFS global atmospheric model for
selected case studies. Such an evaluation is planned for the North Pacific WCB that
occurred in January 2014 (Section 4.3), using a combination of ECMWF analyses and
short-term forecasts. In comparison to ERA-Interim, the IFS model version that was
operational in January 2014 has an improved microphysical scheme with prognostic
variables for cloud liquid water, ice, rain and snow, leading to a more realistic representation of the cloud structure (Delanoë et al., 2011; Forbes and Ahlgrimm, 2014; see
also discussion in Section 4.6). In addition, the horizontal resolution is higher than in
ERA-Interim, and also the temporal resolution can be increased by using hourly input data. It will be very interesting to assess how these improvements compared to
ERA-Interim affect the representation of the WCB, in particular the model’s ability to
simulate microphysical processes in the mixed-phase cloud segment, and small- and
mesoscale processes like embedded convection within WCBs. Despite expected improvements there might still be deficiencies in the representation of these processes in
the model data. These could in turn play a role for the accuracy of the prediction of
the further cyclone evolution and precipitation production. A comparison of satellite
observations at later time steps (if available) with IFS forecasts could allow to quantify
such forecast errors.
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With an extension of such comparisons between satellite measurements and model
data to different types of WCBs (e.g., WCBs of type W1 or W2 with or without embedded convection) belonging to different cyclone categories (C1, C2 or C3) it could furthermore be investigated whether WCBs that are particularly poorly represented have
common characteristics, and how the poor representation affects the prediction of cyclones and the upper-level flow. For instance, an erroneous representation of cloudmicrophysical processes within WCBs of type W2 might influence the accuracy of the
prediction of cyclones more than an erroneous representation of type W1 flows. Such
an investigation could lead to the identification of systematic forecast errors, which
could be directly relevant for operational weather forecasting and improvements of
numerical weather prediction models.
Embedded convection within WCBs
As pointed out above, embedded convection along WCBs potentially has an important
impact on the dynamics of the atmosphere. In addition, it also plays a role for high
impact weather through the formation of localized heavy precipitation, often in the
form of hail, and low-level winds associated with the diabatically produced low-level
PV anomaly. It is therefore essential to better characterize (i) under which circumstances and where along the ascending WCB embedded convection typically occurs,
(ii) how the diabatically produced mesoscale PV anomalies influence the structure and
dynamics of cyclones, (iii) whether convective or slantwise ascent is more important
for cyclone intensification, and (iv) how a poor representation of embedded convection in numerical weather prediction models affects forecast errors.
To address these challenges, the rich CloudSat – CALIPSO data could still be exploited
more. For example, satellite observations could be investigated for several case studies
with different types of convection (shallow, mid-level, or deep convection, or WCBs
without embedded convection) during various stages of the WCB ascent and during
different seasons. Case studies where the satellites overpassed the center of intensifying C1 cyclones could serve to assess the relative importance of convective and
slantwise ascent for cyclone intensification, if by chance such observations are available. In areas without any data from CloudSat and CALIPSO, observations from passive remote sensors (e.g., cloud top temperatures and pressures) might provide an
indication of the presence of embedded convection. The evolution of PV and cloudmicrophysical parameters along the different WCBs could be investigated with the
use of convection-permitting model simulations and online trajectories, which allow
to resolve the rapid, upright ascending motions associated with convective processes
in WCBs (Miltenberger et al., 2013; Rasp et al., 2016).
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Radiative properties of WCB-related clouds
In this thesis, the main focus has been placed on latent heating associated with cloudmicrophysical processes in WCBs, and their role for the dynamics. However, radiative
heating and cooling in clouds can also modify PV and thereby influence the dynamics. In addition, cloud-radiative processes are essential for modulating the Earth’s
energy budget. Future studies could assess the role of radiative heating in WCBrelated warm, mixed-phase and ice-phase clouds for cyclone dynamics, the largescale flow evolution and the global radiative budget of the atmosphere. This could
be achieved, for instance, with the help of vertical profiles of radiative heating and
cooling rates retrieved from CloudSat (L’Ecuyer et al., 2008; Henderson et al., 2013)
and high-resolution numerical model simulations.
A three-dimensional observational perspective on the WCB structure and evolution
As indicated above, in a future study the climatological analysis of the matches between WCB air parcels and CloudSat – CALIPSO overpasses could be further refined
by categorizing them according to their position relative to cyclone center and the life
cycle stage of the cyclone (in addition to the categorization according to the cloud
phase). For example, similar to the study of Field et al. (2011) the cyclones could be
divided into four quadrants and an additional region close to the cyclone center (e.g.,
defined as the region within a radius of 200 km from the center), and each WCB air
parcel observed by the satellites could then be assigned to one of these regions. The
cyclone life cycle could be divided into the time period before, during and after the
24 h of maximum intensification. This would provide a three-dimensional perspective of the structure and evolution of the WCB and its associated clouds. A potential
limitation of such a study is a too small availability of satellite observations in each
category.
WCB observations from the NAWDEX field campaign
The findings from this thesis and the applied diagnostic and observational methods
could also be helpful for the evaluation of the measurements obtained during the international aircraft field experiment NAWDEX2 . NAWDEX took place in autumn 2016
with the aim to increase the understanding of the effect of diabatic processes on the
upper-level waveguide, the downstream flow evolution and the triggering of high impact weather over Europe. Many of the 15 intensive observing periods (IOPs) concentrated on WCBs and provided unique measurements of the moisture and cloud structure in the WCB inflow, the structure and microphysical properties of the mixed-phase
clouds during the WCB ascent, and the cloud and PV structure in the region where the
2 North

Atlantic Waveguide and Downstream Impact Experiment; www.nawdex.org
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(a)

(b)

Figure 6.1: Water vapor satellite imagery with overlaid HALO flight track (red) from
two IOPs during the NAWDEX campaign. (a) IOP 3, 1530 UTC 23 September 2016,
and (b) IOP 4, 1500 UTC 26 September 2016. The purple line in (a) shows the Falcon
flight track. From https://internal.wavestoweather.de/nawdex; November 2016.
WCB outflow impinged upon the upper-level jet. Figure 6.1 shows two examples of
interesting systems observed during the campaign. During IOP 3 (Fig. 6.1a) the ascent
and outflow region of a WCB associated with a rapidly intensifying frontal wave cyclone was observed. The measurements include data from remote sensing instruments
and dropsondes, and during one leg also in situ microphysical measurements of the
mixed-phase clouds. It would be very interesting to compare the mixed-phase and icephase cloud structure of this WCB to the results from Chapter 4. For example, it could
be investigated whether embedded convection occurred along the ascending WCB
and in situ ice cloud formation above the outflow, and how well different numerical
weather prediction models captured the internal structure of the WCB. During IOP 4
(Fig. 6.1b) a C1 cyclone was observed during the period of explosive intensification.
The cyclone was associated with pronounced WCB ascent (and PV production) close
to the cyclone center, a cyclonically breaking upper-level wave and an extremely deep
stratospheric intrusion, thereby bearing strong resemblance to the mean C1 composite
cyclone in Fig. 3.9. The measurements in the center of the C1 cyclone during different
stages of the intensification provide a detailed observational perspective of the smalland mesoscale cloud structure associated with the W2 WCB, and might shed light on
the role of such structures and their associated PV anomalies for cyclone intensification. Another IOP measured the humidity structure and strong moisture transport in
a WCB that later caused heavy precipitation over Norway, and it would be attractive
to analyze how the accuracy of the detailed representation of the humidity structure in
numerical models affected the forecast of the high impact weather event downstream.
During all IOPs it could be insightful to complement the aircraft measurements with
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satellite data from CloudSat, CALIPSO and other A-Train instruments. The unique
observational data set obtained during this campaign can help to answer many open
questions discussed in this Chapter, and the insight gained in this thesis can in turn
help to interpret the observed structures.
WCB-related extreme events in a changing climate
The findings from Chapter 5 showed that the extreme Arctic warm event mainly
resulted from the interaction of a range of unusual short-term synoptic-scale atmospheric processes, but a long-term Arctic warming trend acted to increase the probability of warm temperatures. The co-occurrence of various processes from weather to
climate has also been found to be crucial for producing an extreme warm event over
the United States in spring 2012 (Dole et al., 2014). This emphasizes the importance of
an increased understanding of the interaction between weather and climate phenomena to produce extreme events, both for improving their prediction in present-day
climate, and for more reliable projections of extremes in a changing climate.
Because of the key role of WCBs for the Arctic warm event and many other kinds of
extremes (e.g., Pfahl et al., 2014, 2015), the question arises how WCB-related extremes
change in a future climate. The response of extratropical cyclones and associated extreme events to global warming is uncertain and a topic of ongoing research (see,
e.g., the review by Shaw et al., 2016). Multiple opposing mechanisms are expected
to affect the strength of cyclones: an increased atmospheric moisture content as a
consequence of the Clausius-Clapeyron relation (Held and Soden, 2006), decreased
lower-tropospheric baroclinicity because of the enhanced Arctic warming compared
to lower latitudes (Butler et al., 2010), and increased upper-tropospheric baroclinicity
because of a warming of the tropical upper troposphere (Butler et al., 2010). Booth
et al. (2013) investigated the first of these mechanisms in idealized experiments and
showed that an increased moisture content increases the latent heat release in cyclones through stronger ascending motions in the warm sector (i.e., in the WCB), and
thereby increases the cyclone’s intensification rate, minimum central pressure, surface
winds and precipitation. This suggests that WCBs and WCB-related extremes become
stronger in a future climate because of the enhanced role of moist-diabatic processes.
On the other hand, the decreased surface baroclinicity would likely lead to reduced
slantwise isentropic ascent, which either implies a reduced WCB strength and weaker
latent heating, or simply a shift toward more convective motions. Such competing
effects render a prediction of the response of WCB-related extremes to future global
warming challenging. Comparisons of climate models with satellite observations from
CloudSat and CALIPSO could help to assess the ability of climate models to capture
the WCB cloud structure, and to develop improved parameterizations, in order to increase confidence in projections of WCB-related extremes in a future climate.

Appendix A
Supplemental material to Chapter 3

A.1

Composites of the C2a, C2b and C3 cyclones at
t = 0 h, t = 12 h, and t = 24 h
(a) C2a at t = 0 h

(c) C2a at t = 12 h

(e) C2a at t = 24 h

(b) C2a at t = 0 h

(d) C2a at t = 12 h

(f) C2a at t = 24 h

Figure A.1: As Fig. 3.9 in Chapter 3, but for C2a.
A slightly modified version of this Appendix has been published as supplemental material in Binder
et al. (2016).
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(a) C2b at t = 0 h

(c) C2b at t = 12 h

(e) C2b at t = 24 h

(b) C2b at t = 0 h

(d) C2b at t = 12 h

(f) C2b at t = 24 h

Figure A.2: As Fig. 3.9 in Chapter 3, but for C2b.
(a) C3 at t = 0 h

(c) C3 at t = 12 h

(e) C3 at t = 24 h

(b) C3 at t = 0 h

(d) C3 at t = 12 h

(f) C3 at t = 24 h

Figure A.3: As Fig. 3.9 in Chapter 3, but for C3.
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(a) C1 at t = 0 h

(b) C2a at t = 0 h

(c) C2b at t = 0 h

(d) C3 at t = 0 h

(e) C1 at t = 12 h

(f) C2a at t = 12 h

(g) C2b at t = 12 h

(h) C3 at t = 12 h

(i) C1 at t = 24 h

(j) C2a at t = 24 h

(k) C2b at t = 24 h

(l) C3 at t = 24 h

Figure A.4: Composites of (a, e, i) C1, (b, f, j) C2a, (c, g, k) C2b, and (d, h, l) C3 cyclones
at (a-d) t = 0 h, (e-h) t = 12 h, and (i-l) t = 24 h. Fields as in Fig. 3.10c in Chapter 3.

A.2

Importance of the low-level PV versus the nearsurface warm anomalies

Here we aim to discuss in more detail the relative importance of the low-level diabatic PV and the near-surface warm anomalies for cyclone intensification through
their induced low-level circulation. In Chapter 3 it has been shown that the PV and
θ anomalies in the cyclone center are on average positive in all categories, with the
strongest anomalies in PV occurring in category C1, and in θ in C2a, and the weakest
anomalies in both PV and θ occurring in C3 (Fig. 3.4). In all categories except C2a the
increase in the low-level PV anomaly during the time of maximum intensification is
much stronger than the increase in the θ anomaly. In addition, particularly in category C1 and, surprisingly, C3, the correlation of meridional motion with low-level PV
is considerably stronger than the correlation with the θ anomaly. This indicates that
diabatic low-level PV production in the center of these cyclones is more relevant for
their intensification than the evolution of the potential temperature field.
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Figure A.4 shows the spatial distribution of the low-level PV and surface θ anomalies for the four categories during the intensification period, together with regions
where high low-level PV values occur in WCB air parcels (Figs. A.4e-h correspond
to Figs. 3.10c, 3.11e, 3.12e and 3.13e in Chapter 3). Consistent with the discussion in
Chapter 3, it can be ascertained that the low-level diabatic PV anomaly (black contours) increases strongly for all categories during the intensification period (see also
Fig. 3.4). For C1 and C2 cyclones this low-level PV is related to diabatic PV production
in WCB trajectories (green and blue contours). The peak amplitudes of the low-level
PV anomalies occur on average very close to the cyclone center. In particular in C1
and C2a cyclones, many WCB trajectories also achieve high PV values in the cyclone
center. The near-surface θ anomalies are generally positive in the cyclone center, but
the strongest anomalies occur slightly to the south, southeast or east (i.e., at a distance
of about 250 km from the center). Applying a conceptual piecewise PV inversion, this
indicates that the cyclonic circulation induced by the lower boundary θ anomalies contributes to the near-surface cyclonic circulation, but the contribution of the diabatically
produced low-level PV anomaly is stronger, as it is fully aligned with the overall cyclonic circulation. This corroborates the key role of the low-level PV anomaly, and for
C1 and C2a cyclones, the importance of type W2 WCBs for the production of this PV
anomaly.

A.3

Sensitivity of the results to alternative cyclone intensification measures

There has been much scientific debate on the advantages and disadvantages of different measures to quantify cyclone intensification (e.g., Sinclair, 1995, 1997; Lim and Simmonds, 2002; Hodges et al., 2003; Allen et al., 2010). As stated by Sinclair (1995, 1997),
the use of SLP deepening rates can be misleading in cases where cyclones rapidly
move toward regions of climatologically lower pressure. With the criterion for explosive intensification of Sanders and Gyakum (1980) used in this study (hereafter SG
criterion), which is based on central SLP change, some cyclones are erroneously classified as “bombs”, although they have only a weak increase in cyclonic circulation.
To address this problem, Lim and Simmonds (2002) defined an alternative measure
(hereafter LS criterion) analogous to the SG criterion, but instead of the absolute central SLP change, the change is considered with regard to the relative central SLP, i.e.,
the difference between the cyclone’s central SLP and the climatological SLP at that location and time of year. However, as pointed out by Allen et al. (2010), this measure
has the pitfall that it erroneously identifies “artificial explosive cyclones” that move
over a large climatological SLP gradient (mainly when moving equatorward) while
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undergoing only an insignificant decrease in minimum SLP and increase in intensity.
They therefore introduced a combined criterion for identifying explosive cyclones that
accounts for intensification with respect to the climatological SLP field while filtering
out artificial explosive cyclones. Hereby, a combined explosively intensifying cyclone
is identified as a cyclone that satisfies at the same time the SG criterion and the LS
criterion, i.e., both the normalized decrease in central SLP and in relative central SLP
over 24 h must have a value of at least 1 Bergeron.
An alternative measure often used to quantify cyclone intensification is relative vorticity. In the following it is investigated how the results of this study change when
using a different cyclone intensification measure than the one defined by Sanders and
Gyakum (1980). The combined “bomb” criterion of Allen et al. (2010) and a measure
based on vorticity at 850 hPa, and their connection to WCB strength, are examined.

A.3.1

Combined criterion for explosive intensification

For the calculation of the normalized relative central SLP change the mean DecemberFebruary SLP field during 1979-2014 has been used as the climatological field. To
allow for a direct assessment of the percentage of cyclones in each category that meets
the combined criterion, the relative central SLP deepening is considered during the
same time interval as the maximum deepening with regard to the SG criterion, which
is also the interval defining WCB strength. Overall, of the 1187 explosively intensifying cyclones when considering only the SG criterion, 66% meet the combined criterion of explosive intensification with respect to both the SG criterion and the LS
criterion. This is a considerably larger number than the 46% found by Allen et al.
(2010) and most likely associated with the different cyclone identification and tracking procedure used in this study (the choice of the cyclone identification and tracking method can significantly influence the life cycle characteristics of cyclones, as has
been shown by Neu et al. 2013). 73% of the cyclones in category C1 fulfill the combined criterion, and 58% in C3, while 97% of the C2 cyclones have a weak Bergeron
value of less than 0.8 with both definitions. The largest fraction removed in C3 implies
that particularly in this category part of the cyclones have erroneously been identified
as explosive by merely moving into a region with a low background SLP. However,
a composite analysis of the 58% of the C3 cyclones fulfilling the combined criterion
(not shown) revealed an almost identical structure as the one in Figs. 3.13 (Chapter 3)
and A.3 (Appendix A.1) shown for the full category, with a low tropopause height, a
low WCB trajectory frequency and a merging of the cyclone center with an initially
deeper low-pressure system to the northeast during intensification. The SLP deepening is slightly more pronounced than in the full C3 category, and a slightly stronger PV
tower with more intense low-level PV forms toward the end of intensification, while
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the upper-level jet and the QG forcing for ascent are weaker. However, the differences
are negligible. Also in C1, a composite analysis of only the cyclones fulfilling the combined “bomb” criterion revealed almost identical features as the full category, but with
slightly more pronounced low-level structures in terms of WCB strength, precipitation
and low-level PV production, leading to a slightly stronger SLP deepening and the formation of a more intense PV tower. In C2 almost all cyclones fulfill both criteria and
no additional composite analysis has been performed.

A.3.2

Relative vertical vorticity at 850 hPa

To examine the relationship between cyclone intensification and WCB strength when
using a measure based on vorticity, the relative vertical vorticity at 850 hPa has been
computed as an average over a radius of 200 km around the cyclone center (same
quantity as the green line in Fig. 3.3 in Chapter 3). In analogy to the analysis based on
the cyclone deepening rate ∆SLPB,max , cyclone intensification has then been quantified
as the maximum increase in vorticity over all 24-h intervals along the track (referred
to in the following as ζ r200,max ). Similarly, WCB strength is measured as the total mass
of the WCB trajectories at low levels during the 24 h of strongest vorticity increase. In
cyclones where the maximum vorticity increase does not occur during the same 24-h
interval as the maximum central SLP decrease, both the value for cyclone intensification and the associated WCB strength differ from the values in the Bergeron analysis.
Figure A.5 shows for all cyclones the statistical relationship between WCB strength
and cyclone intensification ζ r200,max . It is analogous to Fig. 3.1 in Chapter 3, but instead
of a two-dimensional histogram the principal figure simply displays the distribution
of the values by a scatterplot. As for the analysis based on ∆SLPB,max , WCB strength
and cyclone intensification are both positively skewed. The WCB strength has a very
similar distribution for both measures, indicating that the strongest SLP decrease and
vorticity increase often occur during the same 24-h interval. The positive skew in the
distribution of ζ r200,max is weaker than in ∆SLPB,max , with more cyclones around the
maximum in the distribution at moderate intensity and a shorter and thinner tail of
the strongly intensifying cyclones, while the mean of the distribution is shifted to the
right. The right shift of the mean is mainly due to cyclones associated with a weak
WCB strength that have moved toward higher cyclone intensification (not shown).
This is reflected in the lower Spearman correlation coefficient of 0.62 compared to 0.68
for ∆SLPB,max , implying a weaker positive correlation between cyclone intensification
and WCB strength.
The blue, green and red colors indicate the position of the cyclones that have been
identified as C1, C2 and C3 cyclones, respectively, when considering their distribution
based on ∆SLPB,max . Most of the C1 cyclones are still associated with rapid intensifica-
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Figure A.5: Scatterplot showing for every NH winter cyclone the intensification rate
ζ r200,max (10−4 s−1 per 24-h interval) and the WCB strength, expressed by the mass of
the WCB trajectories at low levels integrated over the 24-h period of strongest vorticity
increase (1015 kg). Colored dots indicate the positions of the cyclones in category C1
(blue), C2 (green) and C3 (red). The one-dimensional histograms are shown on top for
cyclone intensification (bin width = 0.1 × 10−4 s−1 per 24 h), and to the right for WCB

strength (bin width ≈ 0.33 × 1015 kg, corresponding to 250 WCB trajectories), respec-

tively. The Spearman rank correlation coefficient between cyclone intensification and
WCB strength is 0.62. The boundaries of category C1ζ , C2ζ , and C3ζ are marked by
the black lines, and the letters indicate the position of specific cyclones: “C” – C1 case
study discussed in Section 3.4.1 in Chapter 3; “K” – storm Klaus; “L” – storm Lothar;
“M” – storm Martin; “N1 ” and “N2 ” – nor’easter snowstorms in February 1995 and
January 2000, respectively; “P” – Presidents’ Day cyclone; “S” – Scamp storm; and “X”
– storm Xynthia.
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tion and strong WCBs when using the vorticity measure. Similarly, a large part of the
C2 and C3 cyclones is still located in the respective regions of the phase space characterized by weak intensification with strong WCBs, and rapid intensification with
weak WCBs, respectively. Also the well-known historic storms remain distributed remarkably similarly, with the majority characterized by pronounced intensification and
WCB strength. However, there has been some shift in each category, with a number of
members moving toward weaker/stronger intensification and WCB strength.
The cyclones located in the uppermost right, uppermost left and lowermost right regions of the phase space diagram (hereafter C1ζ , C2ζ , and C3ζ ) have been examined
in more detail, to ascertain whether their characteristics differ from the respective cyclones defined based on ∆SLPB,max . For simplicity, the threshold to define “explosive”
intensification has been set to a vorticity change of at least 10−4 s−1 within 24 h, as it
identifies a similar number of explosive cyclones as the threshold of 1 Bergeron set for
∆SLPB,max . The thresholds to define a strong/weak WCB are left at the same WCB air
mass at low levels as in categories C1, C2, and C3 (see Fig. A.5).
Category C1ζ contains 488 cyclones, of which 417 are also members of category C1.
Additionally 13 C2 cyclones are intensifying explosively with respect to vorticity (of
which 3 are in subcategory C2a and 10 in C2b). Of the C1 cyclones that have fallen
out of the category, many are located between the border of C1ζ and C2ζ , while some
have moved toward lower WCB strength. As expected by the large fraction of C1
cyclones, the C1ζ composites (not shown) are remarkably similar to those of C1 shown
in Figs. 3.9 and 3.10 in Chapter 3. Particularly the low-level structures are almost
identical, while at upper-levels the C1ζ cyclones are associated with a slightly weaker
PV gradient of the cyclonically breaking wave, a weaker jet and accordingly less QGforced ascent, resulting in a somewhat less intense PV tower at the end of strongest
intensification and a slightly weaker SLP decrease.
With 105 cyclones, category C2ζ contains a similar number as before. Of these, about
50% are C2 cyclones (16% in subcategory C2a, and 34% in C2b), and 17% are in C1
(these are mainly at the right border of the category, see Fig. A.5). Of the remaining
33% a few have a DRW-like structure similar to the C2a cyclones, while the majority could be classified as C2b-type, with the ascent of the WCB trajectories along an
elongated cold front associated with a pronounced PV streamer, and relatively weak
WCB-related PV production in the cyclone center. Of the 48 C2 cyclones that are not
within C2ζ 38 have moved toward higher intensity. Of these, 10 cyclones are in subcategory C2a, which is about one third of the entire C2a subcategory. The considerable
shift to the right of these diabatically influenced weak storms in terms of SLP indicates that they are actually quite strong in terms of low-level winds, and that they
might therefore nevertheless be associated with high-impact weather events.
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The number of cyclones in category C3ζ has almost doubled compared to C3 to a total
of 299 cyclones, reflecting the aforementioned shift of the distribution toward higher
intensity particularly at low WCB strength. Of the 154 C3 cyclones 98 are also within
C3ζ , while the majority of the remaining C3 cyclones has moved toward lower intensity. Of the latter, 22 cases have also been removed from the C3 category when considering the combined criterion for explosive intensification discussed above. These
must be cyclones that simply move over a large background SLP gradient without a
significant increase in vorticity, implying that they have been erroneously classified as
explosive in the analysis based on ∆SLPB,max . Despite the much larger number of the
C3ζ cyclones in comparison to C3, their mean composites exhibit very similar characteristics (for C3 see Figs. 3.13 in Chapter 3 and A.3 in Appendix A.1), albeit with
some differences in intensity: The C3ζ cyclones are associated with a slightly weaker
baroclinicity, jet and upper-level QG-forcing, as well as a weaker WCB and less precipitation. However, despite the weaker WCB and precipitation the increase in low-level
PV toward the end of intensification is slightly larger than in C3. An inspection of the
spatial distribution of the C3ζ cyclones revealed that a large number is located over
the continents near mountain ranges, suggesting that much of the vorticity increase in
these cyclones is of frictional origin, while diabatic effects are less important. These are
typically cyclones with a very low central SLP deepening that does not fulfill the SG
or LS criterion for rapid intensification. This suggests that the intensification measure
of maximum vorticity increase, ζ r200,max , also erroneously identifies artificial explosive
cyclones, particularly in regions where frictional effects are important.
The merging with another low-pressure system to the northeast during intensification
observed for C3 is also evident in the C3ζ composite, although in this case the system
to the northeast is weaker. As discussed for C3, in many cases the system in the vicinity is simply decaying at the same time as the C3ζ cyclone is intensifying, leading to
an apparent merging signal in the composite. In cases of an actual merging of the two
systems, the fact that they have not been filtered out by the vorticity analysis indicates
that the C3 cyclones not only move into a region with lower SLP when approaching
the other cyclone, but also into a region with higher low-level vorticity that occurs for
example along the fronts of the system.
In summary, the sensitivity analysis shows that a number of cyclones would be classified differently when using another measure for cyclone intensification, with the
largest changes in category C3. However, the mean composite fields of the respective
categories remain very similar and indicate that the findings of this study with respect
to the structure and evolution of the C1, C2 and C3 categories are fairly independent
of the cyclone intensification measure.

Appendix B
Supplemental material to Chapter 4
B.1

A case study of a North Atlantic WCB observed by
CloudSat and CALIPSO

In Chapter 4 a case study of a strong North Pacific WCB has been investigated that
was observed by the A-Train in January 2014. In the following we examine a second
case study of a WCB that occurred in January 2007 in the western North Atlantic. The
WCB was measured at three consecutive time steps by the A-Train when the associated
cyclone intensified and propagated over the Gulf of Mexico and the North Atlantic.
Also this cyclone deepened explosively, with a decrease in minimum SLP by 24 hPa
between 06 UTC 28 January and 06 UTC 29 January (1.5 Bergeron). In the phase space
in Fig. 3.1, the cyclone is located between categories C1 and C3.

First satellite overpass: 18 UTC 28 January 2007
Figure B.1a shows the low-pressure system at 18 UTC 28 January, i.e., in the middle of
the 24 hours of strongest intensification. It is located in the western North Atlantic in
a region of warm and moist air east of an upper-level trough that extends across the
southeastern United States. The minimum SLP amounts to 998 hPa. The A-Train travels from the southeast toward the northwest and overpasses the region to the east of
the cyclone. WCB air parcels of different ages, associated with different WCB starting
times, match with the satellite track (Fig. B.2). Above the northern part of the warm
front the A-Train overpasses ice-phase outflow and mixed-phase ascending WCB air
parcels. They belong to WCB trajectories that started 36 h (not shown), 30 h (Fig. B.2a),
24 h (Fig. B.2b) and 18 h (Fig. B.2c) earlier, respectively, in the Gulf of Mexico in the
region of cyclogenesis and early development. Above the southern part of the warm
front and in the warm sector the A-Train measures mixed-phase ascending, warmphase inflow and cloud-free inflow air parcels that are associated with WCB trajecto163
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(a) 18 UTC 28 January 2007

(b) 18 UTC 28 January 2007

(c) 06 UTC 29 January 2007

(d) 06 UTC 29 January 2007

(e) 18 UTC 29 January 2007

(f) 18 UTC 29 January 2007

Figure B.1: As Fig. 4.2 in Chapter 4, but at (a, b) 18 UTC 28 Jan 2007; (c, d) 06 UTC 29
Jan, and (e, f) 18 UTC 29 Jan. The gray lines mark the track segments of the A-Train
shown in Fig. B.3. The cross marks the primary and, only in (e, f), the asterisk the
secondary cyclone.

ries starting 12 h (Fig. B.2d) and 6 h (Fig. B.2e) earlier, respectively, and at the time of
the satellite overpass (Fig. B.2f). During these later starting times the WCB has split
into a northerly and a southerly branch.
The WCB is evident in the high clouds in the infrared satellite image (Fig. B.1b). The
cloud-top height increases along the path of the WCB trajectories from the Gulf Stream
toward the cyclone, with the highest clouds occurring in the warm sector south of the
cyclone center, and above the warm front in the region intersected by the satellite
track.
The reflectivity structure observed along the CloudSat track is illustrated in Fig. B.3a.
The 0◦ C line again follows the melting layer, and its altitude decreases with increas-

B.1 A

CASE STUDY OF A

N ORTH ATLANTIC WCB

(a) +30h

(b) +24h

(c) +18h

(d) +12h

(e) +6h

(f) +0h
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Figure B.2: As Fig. 4.3 in Chapter 4, but for WCB trajectories overpassed by the ATrain at 18 UTC 28 Jan 2007. The WCB starting times are at (a) 12 UTC 27 Jan, (b) 18
UTC 27 Jan, (c) 00 UTC 28 Jan, (d) 06 UTC 28 Jan, (e) 12 UTC 28 Jan, and (f) 18 UTC 28
Jan.

ing latitude. In the southern segment of the track in the warm sector the cloud-free
WCB inflow air parcels are located below a layer of thin cirrus clouds. Some of these
cirrus clouds have been lifted strongly about 5 days earlier (Figs. B.5a and b). Around
28◦ N shallow convection occurs above the inflow, as evident by the narrow element
with high reflectivity and the reversed vertical gradient in θe between the surface and
3 km height (Fig. B.3a). Convective elements are also present at 32◦ N, where they
reach up to about 6 km. At and north of 33◦ N the warm frontal zone can be seen in
Fig. B.3a by the moist isentropes sloping from 0.5 km height at 33◦ N to 9 km at 42◦ N.
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(a) 18 UTC 28 January 2007

(b) 06 UTC 29 January 2007

(c) 18 UTC 29 January 2007

Figure B.3: As Fig. 4.4 in Chapter 4, but for (a) 18 UTC 28 Jan 2007; (b) 06 UTC 29 Jan;
and (c) 18 UTC 29 Jan, along the gray lines shown in Fig. B.1.
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Between 33◦ and 36◦ N the inflow and ascending WCB air parcels form part of vertically extended clouds. They correspond to the region of cold cloud tops observed in
the infrared satellite image to the east and northeast of the cyclone center (Fig. B.1b).
The weak vertical gradient in θe above the frontal zone between about 3 km and 7 km
(corresponding to the temperature regime between 0◦ and −23◦ C) and the high re-

flectivity values suggest the presence of midlevel convection in this layer. The instability is reflected in non-zero ERA-Interim CAPE values (maximum of 100 J kg−1 ) and
the presence of convective precipitation, which contributes about 2 mm to the total
six-hourly accumulated precipitation with maximum values of 10 mm at 35◦ N. The

presence of warm-frontal precipitation can also be inferred from the attenuated nearsurface reflectivity values in this region. North of 36◦ N the mixed-phase ascending
and ice-phase outflow WCB air is located within or at the top of clouds extending to
the midlevels. As observed for the North Pacific case study in Chapter 4, two mixedphase WCB air parcels at about 36.5◦ N have temperatures greater than 0◦ C (but no
DARDAR-retrieved IWC; Fig. B.4a), which is again due to an interpolation error.
Comparison of the reflectivity values with the distribution of LWC and IWC in
Fig. B.4a reveals that ERA-Interim represents most of the cloud shapes between 31◦ N
and 41◦ N relatively well, but overestimates the warm- and mixed-phase clouds south,
and the warm-phase clouds north of this segment, respectively. The agreement between the ERA-Interim and DARDAR-retrieved IWC values in ice-phase WCB clouds
is poorer than in the North Pacific case study in Chapter 4, with the ERA-Interim values in the pure ice-phase WCB air parcels typically exceeding the DARDAR values
by a factor of 4 to 50. A possible reason for this overestimation is the presence of
all cloud condensate as ice for temperatures below −23◦ C, and thereby an underes-

timation of the amount of supercooled liquid. In the mixed-phase WCB clouds the
pattern is very similar as observed for the North Pacific case study in Chapter 4, with
ERA-Interim exceeding DARDAR by a factor of 1.5 to 2 for DARDAR values below
about 50 mg m−3 , while for DARDAR values larger than about 200 mg m−3 the ERAInterim values are exceeded by about a factor of 3 to 5 (in between this range, the
agreement is relatively good). This can again be explained by the absence of snow in
the ERA-Interim IWC variable, and the temperature-dependent mixed-phase parameterization. Furthermore, as evident by the ∆pmax values in Fig. B.5a, ERA-Interim is
– as expected – again not able to capture the rapid ascent in the shallow and midlevel
convective elements at 28◦ and 32◦ N, respectively, and in the deep clouds between
33◦ and 36◦ N that are presumably associated with midlevel convection, despite the
presence of small non-zero CAPE values and convective precipitation in the latter region (Fig. B.3a). Instead of high maximum ascent values in these regions, their almost
gradual increase from the warm sector toward about 38◦ N (Fig. B.5a), and the con-
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(a) 18 UTC 28 January 2007

(b) 06 UTC 29 January 2007

(c) 18 UTC 29 January 2007

Figure B.4: As Fig. 4.5 in Chapter 4, but for (a) 18 UTC 28 Jan 2007; (b) 06 UTC 29 Jan;
and (c) 18 UTC 29 Jan, along the gray lines shown in Fig. B.1.
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(b) 18 UTC 28 January 2007

(c) 06 UTC 29 January 2007

(d) 06 UTC 29 January 2007

(e) 18 UTC 29 January 2007

(f) 18 UTC 29 January 2007
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Figure B.5: As Fig. 4.6 in Chapter 4, but for trajectories started from the A-Train segment marked in Fig. B.1 at (a, b) 18 UTC 28 Jan 2007, (c, d) 06 UTC 29 Jan, and (e, f) 18
UTC 29 Jan.
tinuously earlier start time of the ascent (Fig. B.5b), suggest a slantwise ascent of the
ERA-Interim trajectories along the tilted isentropes.
Second satellite overpass: 06 UTC 29 January 2007
During the following 12 h the cyclone moves northeastward along the intense baroclinic zone at the East Coast of the United States, and intensifies to a minimum SLP of
985 hPa at 06 UTC 29 January (Fig. B.1c). The WCB trajectories starting at 18 UTC 27
January, 00 UTC 28 January and 18 UTC 28 January are measured a second time by the
A-Train, which again overpasses the warm sector and the warm front of the cyclone
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(a) +36h

(b) +30h

(c) +12h

(d) +6h

Figure B.6: As Fig. 4.3 in Chapter 4, but for WCB trajectories overpassed by the ATrain at 06 UTC 29 Jan 2007. The WCB starting times are at (a) 18 UTC 27 Jan, (b) 00
UTC 28 Jan, (c) 18 UTC 28 Jan, and (d) 00 UTC 29 Jan.
(compare Figs. B.2b,c,f and B.6a-c). In addition, below the outflow of this older WCB
air the A-Train matches with the inflow of the WCB trajectories that started 6 h earlier
(Fig. B.6d) and at the time of the overpass (not shown).
The cloud shield has shifted northeastward, along with the WCB trajectories and the
motion of the cyclone (Fig. B.1d). The highest clouds, with brightness temperatures
between -55◦ C and -60◦ C, occur in a broad area in the warm sector, and slightly lower
clouds (cloud top temperatures of about -52◦ C) are present to the southeast of the
cyclone, and above the warm front to the northeast.
The edge of the high clouds in the warm sector can be seen in the CloudSat reflectivity
profile between 31◦ N and 34◦ N (Fig. B.3b). Deep clouds extend from the surface to
12 km height, with particularly high reflectivity values between about 2 and 8 km. Below 2 km, the radar signal is most likely attenuated by strong precipitation, although
ERA-Interim only records relatively small values of six-hourly accumulated (largescale) precipitation. The horizontally relatively uniform reflectivity structure above
2 km suggests a rather stratiform cloud, but the weak vertical gradient in θe , particularly above 4 km, reflects the reduced stability and points to the presence of deep
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convection. In Fig. B.5c, an area with relatively high maximum ascent values of up to
550 hPa is located between 31◦ N and 35◦ N and 3-7 km height and related to air parcels
that started about 36 h earlier (Fig. B.5d). However, the spatial scale of this region is
smaller, and the temporal scale of ascent must be much longer than the temporal scale
of the deep clouds observed in this region by CloudSat (Fig. B.3b). As evident in
Fig. B.4b, ERA-Interim furthermore misses part of the warm-phase clouds observed
by CloudSat between 32◦ N and 34◦ N. The mixed-phase and ice-phase clouds are represented relatively well, although the IWC value is underestimated in some areas by
two or three orders of magnitude, which indicates that heavy snowfall occurred that
was not captured by the reanalysis. South of the deep clouds, the reflectivity structure (Fig. B.3b) reveals cirrus clouds that become thinner with increasing distance and
likely represent the anvil of the convective clouds. While ERA-Interim captures the
anvil clouds, it overestimates their thickness, and erroneously generates warm clouds
in the lower troposphere (Fig. B.4b).
Between 36◦ N and 41◦ N shallow to midlevel convection occurs in the unstable air
above the WCB inflow (Fig. B.3b). This is not reflected in high ∆pmax values coinciding with the convective elements (Fig. B.5c), but ERA-Interim nevertheless produces
low-level clouds in this area (Fig. B.4b), and north of about 37◦ N it even exhibits small
non-zero values of CAPE (100 J kg−1 at 41◦ N) and six-hourly convective precipitation
(maximum values of 4 mm between 40◦ and 41◦ N; Fig. B.3b). Stratiform precipitation contributes about equally to total precipitation south of 40◦ N, and to the north it
strongly increases to peak values of more than 10 mm between 41◦ and 42◦ N, at the
approximate location of the surface warm front (the values remain relatively high until 44◦ ). North of 41◦ N, the inflow of the recently started WCB (Figs. B.6d,e) and the
outflow of the older WCB (Figs. B.6a-c) form the lower and upper part, respectively,
of a deep warm-frontal cloud that is likely convective in the mixed-phase regime between about 2-6 km. This is also evident in Figs. B.5c,d, which furthermore reveal the
presence of an even older WCB outflow layer on top of the other, related to an ascent
that took place 5 days earlier.

Third satellite overpass: 18 UTC 29 January 2007
Six hours later the cyclone splits into two systems, and the original low-pressure center reaches its minimum SLP of 982 hPa (not shown). Figure B.1e shows the synoptic
situation again 6 h later, at 18 UTC 29 January. The original cyclone is located southeast of Newfoundland and has started to decay, while the secondary cyclone, located
to the southwest of the original one at the leading edge of an upper-level wave, intensified to a minimum SLP of 982 hPa. The A-Train overpasses the warm sector to
the southeast of the secondary cyclone and the warm front to the east and northeast.
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(a) +36h

(b) +30h

(c) +24h

(d) +18h

Figure B.7: As Fig. 4.3 in Chapter 4, but for WCB trajectories overpassed by the ATrain at 18 UTC 29 Jan 2007. The WCB starting times are at (a) 06 UTC 28 Jan, (b) 12
UTC 28 Jan, (c) 18 UTC 28 Jan, and (d) 00 UTC 29 Jan.
Above the warm front the satellites match again with a few air parcels that belong to
the WCB starting 36 h (Fig. B.7a; compare with Fig. B.2d), 30 h (Fig. B.7b; compare with
Fig. B.2e), 24 h (Fig. B.7c; compare with Figs. B.2f and B.6c), and 18 h earlier (Fig. B.7d;
compare with Fig. B.6d), respectively. The infrared satellite image shows midlevel
clouds in this region (Fig. B.1f). The highest-reaching clouds are again found in the
warm sector. Compared to the relatively broad area with cold cloud tops observed at
06 UTC 29 January (Fig. B.1d), their distribution has become spatially less uniform,
with more individual cells with cloud-top temperatures below -55◦ C.
CloudSat observes deep clouds between 31◦ and 34◦ N in the warm sector (Fig. B.3c).
The reflectivity structure shows a strong spatial variability, compared to the uniformly
high reflectivity values observed 12 h earlier (Fig. B.3b; between 31◦ N and 34◦ N). Upright, narrow convective features are embedded in areas with lower reflectivities, in
line with the pockets of cold cloud tops observed in Fig. B.1f. The convective nature
of these clouds is corroborated by the weak vertical gradient in θe , and the presence
of large DARDAR-retrieved IWC values of more than 2.5 g m−3 up to high altitudes
(Fig. B.4c) in the areas with highest reflectivity values. Although in Fig. B.3c no WCB
air parcels intersect with the CloudSat segment in the warm sector, the more precise
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diagnostic, where trajectories are calculated directly from the cross section, reveals the
presence of a WCB inflow between 28◦ and 32◦ N (Fig. B.5e) that has just started its
ascent within the previous hours (Fig. B.5f). The deep convection above the northern
part of the inflow (Fig. B.3c) is not resolved by the ERA-Interim trajectories (Fig. B.5c),
but the reanalysis correctly represents the shape of the deep clouds (Fig. B.4c). However, large values in ∆pmax of 400-500 hPa are present up to a height of about 4 km between 32◦ N and 36◦ N (Fig. B.5c) and coincide with a strong maximum in ERA-Interim
LWC values (Fig. B.4c) and six-hourly accumulated, mainly convective, precipitation
(peak at 35◦ N; Fig. B.3c). This indicates that the strong peak in precipitation is caused
by shallow convection in ERA-Interim, rather than deep convection. As evident in
Fig. B.3c, CloudSat indeed observes shallow and midlevel convection between about
34◦ and 38◦ N. Above the surface warm front, at and north of 41◦ N, the ascending WCB
air parcels intersected by CloudSat, which are evident both in Fig. B.3c and B.5c, are
associated with individual, narrow reflectivity peaks with cloud tops at about 7-8 km
height and increasing bases along the frontal zone. They resemble the shallow-topped,
elevated-base convective features observed by Crespo and Posselt (2016), although in
their case the convection appears stronger, with higher reflectivity values.
The key findings from this second case study are as follows:
• Consistent with the case study of the North Pacific WCB in Chapter 4, shallow,
midlevel and deep convection occurs frequently above the WCB inflow and during the ascent. While the rapid, upright ascent is not captured by ERA-Interim,
ERA-Interim approximately captures the presence of clouds.
• The shape of the mixed-phase and ice-phase clouds is represented relatively well
in ERA-Interim. However, the IWC value exhibits significant deviations from
the DARDAR-retrieved values, both in the mixed-phase and the pure ice-phase
WCB, which – as for the North Pacific case study in Chapter 4 – can mainly
be explained by the missing snow field in ERA-Interim, and the temperaturedependent mixed-phase parameterization. The warm-phase low-level clouds
are often either missed, erroneously produced or wrongly placed.
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Springer, 265–283.
Browning, K. A., 2004: The sting at the end of the tail: Damaging winds associated
with extratropical cyclones. Quart. J. Roy. Meteor. Soc., 130, 375–399.
Browning, K. A., and N. M. Roberts, 1994: Structure of a frontal cyclone. Quart. J. Roy.
Meteor. Soc., 120, 1535–1557.
Brunet, G., and Coauthors, 2010: Collaboration of the weather and climate communities to advance subseasonal-to-seasonal prediction. Bull. Amer. Meteor. Soc., 91, 1397–
1406.
Businger, S., and R. J. Reed, 1989: Cyclogenesis in cold air masses. Wea. Forecasting, 4,
133–156.

R EFERENCES

177

Butler, A. H., D. W. J. Thompson, and R. Heikes, 2010: The steady-state atmospheric
circulation response to climate change-like thermal forcings in a simple general circulation model. J. Climate, 23, 3474–3496.
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Warm winds from the Pacific caused extensive Arctic sea-ice melt in summer 2007.
Clim. Dyn., 36, 2103–2112.
Graversen, R. G., T. Mauritsen, M. Tjernström, E. Källén, and G. Svensson, 2008: Vertical structure of recent Arctic warming. Nature, 451, 53–56.
Gray, S. L., C. M. Dunning, J. Methven, G. Masato, and J. M. Chagnon, 2014: Systematic model forecast error in Rossby wave structure. Geophys. Res. Lett., 41, 2979–2987.
Green, J. S. A., F. H. Ludlam, and J. F. R. McIlveen, 1966: Isentropic relative-flow analysis and the parcel theory. Quart. J. Roy. Meteor. Soc., 92, 210–219.
Gyakum, J. R., 1983a: On the evolution of the QE II storm. I: Synoptic aspects. Mon.
Wea. Rev., 111, 1137–1155.
Gyakum, J. R., 1983b: On the evolution of the QE II storm. II: Dynamic and thermodynamic structure. Mon. Wea. Rev., 111, 1156–1173.
Gyakum, J. R., J. R. Anderson, R. H. Grumm, and E. L. Gruner, 1989: North Pacific
cold-season surface cyclone activity: 1975-1983. Mon. Wea. Rev., 117, 1141–1155.
Hanna, E., and Coauthors, 2014: Atmospheric and oceanic climate forcing of the exceptional Greenland ice sheet surface melt in summer 2012. Int. J. Climatol., 34, 1022–
1037.

R EFERENCES

181

Harrold, T. W., 1973: Mechanisms influencing the distribution of precipitation within
baroclinic disturbances. Quart. J. Roy. Meteor. Soc., 99, 232–251.
Hawcroft, M., H. Dacre, R. Forbes, K. Hodges, L. Shaffrey, and T. Stein, 2016: Using satellite and reanalysis data to evaluate the representation of latent heating
in extratropical cyclones in a climate model. Clim. Dyn., 1–24, doi:DOI10.1007/
s00382-016-3204-6.
Haynes, J. M., T. S. L’Ecuyer, G. L. Stephens, S. D. Miller, C. Mitrescu, N. B. Wood, and
S. Tanelli, 2009: Rainfall retrieval over the ocean with spaceborne W-band radar. J.
Geophys. Res., 114, D00A22, doi:10.1029/2008JD009973.
Haynes, P. H., and M. E. McIntyre, 1987: On the evolution of vorticity and potential
vorticity in the presence of diabatic heating and frictional or other forces. J. Atmos.
Sci., 44, 828–841.
Hegerl, G. C., and Coauthors, 2007: Understanding and attributing climate change.
Climate change 2007: The physical science basis, S. Solomon et al., Eds., Cambridge
University Press, 663–745.
Held, I. M., and B. J. Soden, 2006: Robust responses of the hydrological cycle to global
warming. J. Climate, 19, 5686–5699.
Henderson, D. S., T. LEcuyer, G. Stephens, P. Partain, and M. Sekiguchi, 2013: A multisensor perspective on the radiative impacts of clouds and aerosols. J. Appl. Meteor.
Climatol., 52, 853–871.
Heymsfield, A. J., L. M. Miloshevich, A. Slingo, K. Sassen, and D. O. Starr, 1991: An
observational and theoretical study of highly supercooled altocumulus. J. Atmos.
Sci., 48, 923–945.
Hodges, K. I., B. J. Hoskins, J. Boyle, and C. Thorncroft, 2003: A comparison of recent reanalysis datasets using objective feature tracking: Storm tracks and tropical
easterly waves. Mon. Wea. Rev., 131, 2012–2037.
Hogan, R. J., P. N. Francis, H. Flentje, A. J. Illingworth, M. Quante, and J. Pelon, 2003:
Characteristics of mixed-phase clouds. I: Lidar, radar and aircraft observations from
CLARE’98. Quart. J. Roy. Meteor. Soc., 129, 2089–2116.
Hogan, R. J., C. Jakob, and A. J. Illingworth, 2001: Comparison of ECMWF winterseason cloud fraction with radar-derived values. J. Appl. Meteor., 40, 513–525.

182

R EFERENCES

Hoskins, B. J., 1990: Theory of extratropical cyclones. Extratropical Cyclones: The Erik
Palmén Memorial Volume, C. W. Newton, and E. O. Holopainen, Eds., Amer. Meteor.
Soc., 63–80.
Hoskins, B. J., 1991: Towards a PV-θ view of the general circulation. Tellus, 43AB, 27–
35.
Hoskins, B. J., M. E. McIntyre, and A. W. Robertson, 1985: On the use and significance
of isentropic potential vorticity maps. Quart. J. Roy. Meteor. Soc., 111, 877–946.
Hu, C., S. Yang, Q. Wu, Z. Li, J. Chen, K. Deng, T. Zhang, and C. Zhang, 2016: Shifting
El Niño inhibits summer Arctic warming and Arctic sea-ice melting over the Canada
Basin. Nature Commun., 7, 11 721, doi:10.1038/ncomms11721.
Hu, Y., and Coauthors, 2009: CALIPSO/CALIOP cloud phase discrimination algorithm. J. Atmos. Oceanic Technol., 26, 2293–2309.
Hunt, W. H., D. M. Winker, M. A. Vaughan, K. A. Powell, P. L. Lucker, and C. Weimer,
2009: CALIPSO lidar description and performance assessment. J. Atmos. Oceanic
Technol., 26, 1214–1228.
Illingworth, A. J., and Coauthors, 2007: Cloudnet – Continuous evaluation of cloud
profiles in seven operational models using ground-based observations. Bull. Amer.
Meteor. Soc., 88, 883.
Jones, S., and B. Golding, 2014: HIWeather: A research activity on High Impact Weather
within the World Weather Research Programme. Implementation Plan. WMO, 87 pp.
Joos, H., and R. M. Forbes, 2016: Impact of different IFS microphysics on a warm
conveyor belt and the downstream flow evolution. Quart. J. Roy. Meteor. Soc., 142,
2727–2739.
Joos, H., and H. Wernli, 2012: Influence of microphysical processes on the potential
vorticity development in a warm conveyor belt: a case-study with the limited-area
model COSMO. Quart. J. Roy. Meteor. Soc., 138, 407–418.
Kapsch, M.-L., R. G. Graversen, and M. Tjernström, 2013: Springtime atmospheric energy transport and the control of Arctic summer sea-ice extent. Nat. Climate Change,
3, 744–748.
Kawanishi, T., and Coauthors, 2003: The Advanced Microwave Scanning Radiometer
for the Earth Observing System (AMSR-E), NASDA’s contribution to the EOS for
global energy and water cycle studies. IEEE Trans. Geosci. Remote Sens., 41, 184–194.

R EFERENCES

183

Klein, S. A., and C. Jakob, 1999: Validation and sensitivities of frontal clouds simulated
by the ECMWF model. Mon. Wea. Rev., 127, 2514–2531.
Klein, S. A., and Coauthors, 2009: Intercomparison of model simulations of mixedphase clouds observed during the ARM Mixed-Phase Arctic Cloud Experiment. I:
Single-layer cloud. Quart. J. Roy. Meteor. Soc., 135, 979–1002.
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Wernli, H., 1995: Lagrangian perspective of extratropical cyclogenesis. Ph.D. thesis,
ETH Zürich.
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Bojan Škerlak for the cheerful and supportive atmosphere in our office, and to Marina Dütsch for your friendship and company throughout our studies and our PhDs.
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