DISS. ETH NO. 24087

Dynamics of the contemporary
marine nitrogen cycle

A thesis submitted to attain the degree of
DOCTOR OF SCIENCES of ETH ZURICH
(Dr. sc. ETH Zurich)

presented by

SIMON YANG
M.Sc. Earth and Planetary Sciences, McGill University
born on July 10th , 1989
citizen of France

accepted on the recommendation of
Prof. Dr. Nicolas Gruber, examiner
Dr. Meike Vogt, co-examiner
Prof. Dr. Eric Galbraith, co-examiner

2017

ii

Summary
Nitrogen is an important limiting element of marine biological production. Its cycle thus plays a
central role in ocean biogeochemistry, influencing those of carbon, phosphorus and oxygen, with
potential repercussions for Earth’s climate and the chemical environment that shapes life on the
planet. The tight coupling of the marine nitrogen cycle with other elements was discovered early
on in the 1930s by A. C. Redfield, but some of the questions he raised regarding the implication of
his observations for ocean biogeochemical dynamics remain unanswered. Addressing these open
questions is becoming increasingly critical in a time of substantial anthropogenic perturbation of
the marine N cycle. The present thesis explores these dynamics over the period of anthropogenically forced changes. In particular, it investigates the response of the marine nitrogen cycle to the
increase in anthropogenically sourced nitrogen supply to the ocean as well as to physical changes
associated with climate variability and change.
In the first part of the thesis, the impact of the increase in atmospheric deposition of anthropogenic N over the ocean is investigated over the period from 1850 through 2100 by analyzing the
results a global ocean model forced with five scenarios of nitrogen deposition. The picture that
emerges is one were negative feedbacks of the nitrogen cycle are strong, eliminating about 60%
of the anthropogenic perturbation by the year 2000. The excess nitrogen accumulates to highly
detectable levels and causes in most areas a distinct negative trend in the δ 15 N of the oceanic fixed
nitrogen pools, a trend we refer to as the 15 N Haber-Bosch effect, which will become a clear sign
of the widespread and substantial anthropogenic modification of the marine environment
The second and third part of the thesis investigate the sensitivity of the nitrogen cycle to climate forced variability and change over the period from 1948 to 2009, with a particular emphasis
on water column denitrification in the Pacific Ocean. First, we investigate the dynamics of Pacific
oxygen deficient zones and their associated denitrification rates on interannual timescales, using a
global ocean model forced with reconstructed atmospheric fields. We find that El Niño-Southern
Oscillation drives large variations in the rates of water column denitrification in the eastern tropical Pacific with peak denitrification rates that are up to 70% higher during La Niña as compared
to El Niño conditions. This large variability is the result of wind-driven changes in circulation
and isopycnal structure concurrently modifying the thermocline distribution of O2 and organic
matter export. The vertical displacement of the upper boundary of the ODZ plays a key role in
this amplification, as it greatly alters the fraction of the exported organic carbon being subject to
remineralization by denitrification.
The last part of the thesis bridges the questions investigated in the previous parts, by reassessing the impact of the anthropogenic nitrogen perturbation in the context of climate forced
variability, using two climate-variable simulations, with different nitrogen forcing, from 1948 to
2009. The N cycle dynamics associated with climate forced changes emerge as a dominant mode
of change. We find that as a consequence, nitrogen excesses associated with the accumulation

of anthropogenic N are strongly eclipsed, but that δ 15 NO3 remains a good tracer of the anthropogenic perturbation. The investigation of the climate forced changes over the Pacific reveals
two important modes of change, one associated with a deceleration of atmospheric circulation
over the Pacific Ocean which appears to be anthropogenically driven, and the other associated
with low frequency climate variability. We find that these two modes of change are recorded by
the δ 15 N of sinking PON but that the interpretation of the signals are non trivial, reflect complex
physical changes and a contamination by anthropogenic nitrogen. The results suggest that the
anthropogenically driven ocean deoxygenation will be only secondary in determining the fate of
Oxygen Deficient Zones. Rather, the effect of anthropogenic radiative forcing will be exerted via
large scale changes in the wind field.
In hindsight, this thesis provided some answers to some of the long lasting open questions of
the marine nitrogen cycle but also reveals new challenges. In particular, climate forced nitrogen
cycle dynamics will have to be further constrained in order to assess and attribute future changes
in the marine N cycle.

Résumé
L’azote est un élément limitant important de la productivité biologique marine. Son cycle biogéochimique joue donc un rôle central dans la biogéochimie océanique, influençant ceux du carbone,
du phosphore et de l’oxygène, avec des répercussions potentielles sur le climat de la Terre et
l’environnement chimique qui régule la vie sur la planète. A. C. Redfield découvrit le fort couplage du cycle marin de l’azote et ceux d’autres éléments au début des années 1930. Mais certaines des questions qu’il souleva concernant l’implication de ses observations sur la dynamique
biogéochimique des océans restent sans réponse. Ces questions sont devenu particulièrement importantes dans un temps de perturbation anthropique importante du cycle marin de l’azote. La
présente thèse explore la dynamique du cycle de l’azote au cours de cette période de changements anthropogéniques intenses. En particulier, elle étudie sa réponse à l’augmentation anthropogénique de l’approvisionnement en azote biodisponible vers l’océan ainsi que les changements
physiques associés à la variabilité ou au changements anthropique du climat.
Dans la première partie de la thèse, l’impact de l’augmentation du dépôt atmosphérique de
l’azote anthropogénique sur l’océan est étudié sur la période allant de 1850 à 2100 en analysant
les résultats d’un modèle océanique global forcé par cinq scénarios de dépôt de l’azote. Nous
simulons de forte rétroactions négatives du cycle de l’azote qui éliminent environ 60 % de la
perturbation anthropique d’ici l’an 2000. L’excès de l’azote s’accumule à des niveaux détectables
et provoque dans la plupart des régions une réduction de δ 15 N, que nous appellerons l’effet 15 N de
Haber-Bosch. Cette tendance deviendra un signe clair d’une large modification anthropogénique
globale de l’environnement marin.
La deuxième et la troisième partie de la thèse étudient la sensibilité du cycle d’azote à la
variabilité et au changement anthropique du climat 1948 à 2009, en mettant particulièrement
l’accent sur la dénitrification dans l’océan Pacifique. D’abord, nous étudions la dynamique des
zones pauvres en oxygène du Pacifique et quantifions les changements interannuels de leurs taux
de dénitrification, en utilisant un modèle océanique global forcé avec des champs atmosphériques
de l’azote reconstruits. Nous constatons que l’oscillation El Niño australe entraîne de grandes
variations des taux de dénitrification dans la colonne d’eau dans le Pacifique, avec des taux jusqu’à
70 % plus élevés durant les conditions de La Niña, comparativement aux conditions de El Niño
. Cette grande variabilité est le résultat de changements de circulation déclenchés par le vent,
et d’une structure isopycnique qui modifie simultanément la distribution thermocline de l’O2
et l’exportation de matière organique de telle sorte que la dénitrification de la colonne d’eau
est fortement amplifiée. Le déplacement vertical de la limite supérieure des zones pauvres en
oxygène joue un rôle clé dans cette amplification, car elle altère fortement la fraction du carbone
organique exporté soumis à une reminéralisation par dénitrification.
La dernière partie de la thèse connecte les questions étudiées précédemment en réévaluant
l’impact de la perturbation anthropique de l’azote dans un contexte ou le climat est variable,

en utilisant deux simulations aillant de différents forçages de l’azote, de 1948 à 2009. La dynamique du cycle de l’azote associée aux climat apparaissent comme un mode de changement
dominant. En conséquence, les excès de l’azote associés à l’accumulation de de l’azote anthropogénique sont fortement éclipsés, mais le δ 15 NO3 reste un bon traceur de la perturbation
anthropique. L’étude des changements associés au climat dans le Pacifique révèle deux modes
de changement importants, l’un associé à une décélération de la circulation atmosphérique du
Pacifique, qui semble être de source anthropogénique, et l’autre à la variabilité du climat de basse
fréquence. Les résultats suggèrent que la désoxygénation océanique anthropogénique due à la
stratification, ne sera que secondaire dans le devenir des zones pauvres en oxygène tel que l’effet
du forçage radiatif anthropique s’exercera par des changements à grande échelle dans le champ
éolien. Nous constatons que ces deux modes de changement sont tracés par le δ 15 N du flux de
particules organiques de l’azote mais que l’interprétation des signaux n’est pas triviale, reflétant
des changements physiques complexes et une contamination par l’azote anthropique.
Cette thèse a donc fourni des réponses à certaines questions du cycle de l’azote marin, sans
réponse depuis longtemps, mais elle révèle également de nouveaux défis. En particulier, la dynamique du cycle de l’azote associé au climat devra être étudie afin d’évaluer et d’attribuer les
changements futurs dans le cycle du de l’azote marin.
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Chapter 1

Introduction
1.1
1.1.1

Our evolving understanding of the marine N cycle
First words: the marine N cycle and its coupling to the biogeochemicalclimate system

During photosynthesis in the well-lit surface ocean (the euphotic zone), a wide variety of elements, primarily carbon, hydrogen, oxygen, nitrogen and phosphorus are fixed into organic matter
(Williams, 1981; Falkowski et al., 2003) at approximately constant ratios (Redfield et al., 1963).
The newly formed organic matter is subsequently exported at depth where it is remineralized by
dissimilatory processes (figure 1.1). These regenerated nutrients are then brought back to the
euphotic layer by ocean circulation, where they can fuel new production. This loop, often termed
as the biological pump, not only supplies half of the world’s O2 but also constantly transfers
carbon from the atmosphere to the ocean abyss, effectively cooling our habitable environment
that would otherwise have a CO2 concentration that is 200 ppm higher (Sarmiento and Gruber,
2002). Much of the biological production is limited by the availability of bioavailable P bearing
2−
+
compounds (PO4 and organic P) and N bearing compounds (NO−
3 , NO2 , NH4 and organic N,
thereafter collectively termed fixed N), which are the first to be stripped out of the upper ocean
during photosynthesis (Sarmiento and Gruber, 2006), making P and fixed N availability one of
the primary limiting factor of the biological pump. The marine cycle of phosphorus and nitrogen
through their coupling with the biogeochemical cycles of carbon and oxygen, are thus central in
regulating Earth’s climate and the chemical environment that shapes life on the planet.
It has been suspected early on that both the cycle of P and N exert an important bottom up
control on the strength of the global biogeochemical pump. However, only in the last decades has
their very different timescales of influences come to light. P enters the ocean via river input and
leaves it when buried in the sediments at a rate that implies a very long residence time of the order
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Figure 1.1 Schematic of a simplified nitrogen cycle and its coupling to the biological pump. In
the well-lit ocean, during photosynthesis, inorganic forms of carbon, nitrogen and phosphorus are
fixed by phytoplankton to form their organic matter. As the organic matter sinks, it is regenerated
into inorganic forms and transported back to the euphotic zone where it can fuel new production.
Production is usually limited by nitrogen availability and thus the N-cycle plays a central role in
driving the biological loop. Transformations of N-compound within the fixed nitrogen pool are
shown as green arrows. Transformations which remove fixed nitrogen are shown as red arrows
and those that add fixed nitrogen are shown as blue arrows. Figure adapted from Yang and Gruber
(2016).

of 20000 to 50000 years Delaney (1998). The processes controlling the fixed N pool are more
numerous, involving a myriad of processes that can add or remove fixed N to or from the oceanic
pool. In addition to river input and burial, N can be added to the fixed N inventory via the action
of specialized organisms that can fix the usually inert N2 gas to build their organic matter. Fixed
N can be removed from the oceanic pool via the action of denitrifying bacteria that use NO−
3 as an
oxidant to break down organic matter, transforming it back into bio-unavailable N2 gas. Global
estimates of the magnitude of the rate for these reactions have significantly increased over time,
so that most recent estimates suggest a turnover time for fixed N that is between 2050 and 46500
years (Gruber, 2004; Bianchi et al., 2012; DeVries et al., 2013; Lamarque et al., 2013; Beusen,
2014, see my revised estimate in section 1.2.2.4). Thus, given the size of the marine N inventory
of ∼ 6.6 × 105 Tg, a perturbation of the N cycle may lead to a significant variation of the marine
N inventory (and hence global productivity) on millennial timescales. For this reason, externally
forced perturbations of the N cycle have been invoked as a hypothesis in order to explain past
fluctuation in pCO2 such as those observed during glacial interglacial cycles in the Quaternary
(Falkowski, 1997; Broecker, 1998). However, we have yet to observed clear signs of such large
variations in ocean productivity in the sedimentary record. The lack of evidence suggests that
there exist strong regulatory mechanisms that prevents the Earth’s nitrogen cycle to run away
from its long-term homeostasis. Understanding the mechanisms through which these feedbacks
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operate, their timescales and their strengths is an ongoing scientific journey that started with the
early discoveries of Redfield (1934) (discussed thereunder). Quantifying the dynamics of these
stabilizing feedbacks is not only important for explaining the past changes but will also provide
crucial in order to understand and predict the impact of the ongoing, massive anthropogenic
perturbation of the marine N cycle (Galloway et al., 2004, see section 1.3.1).

1.1.2

Electronic shades of N: the diversity of marine N compounds and
their biologically mediated reactions in the ocean

Oxidatio n
state

The electronic properties of the nitrogen atom allow it to be present in many chemical forms,
making its biogeochemical cycle one of the most complex in the ocean (Gruber, 2008). Its most
abundant form, dinitrogen (N2 ), is biologically unavailable for most marine organism because of
the large amount of energy required to break the strong triple bond that cements the two N. N2 O,
also present in the marine environment, is a similarly inert compound for most organisms. It is
therefore useful to define "fixed nitrogen" as the collection of N bearing compounds that compose
the common bioavailable N inventory. Fixed N exists in the ocean as oxidized inorganic forms
−
in oxidation state III (NO−
2 ) and V (NO3 ) and in reduced inorganic form in oxidation state -III
(NH+
4 ) as well as in a wide range of organic forms mainly as amino-acids in oxidation state -III
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(figure 1.2, Gruber (2008)). The high diversity of nitrogen compounds in the ocean results in
the possibility for a wide variety of reactions that are driven by autotrophic and heterotrophic
processes in both aerobic and anaerobic environments.
The green arrows in figure 1.2 show the reactions that occur within the fixed N pool, or in
another words, they correspond to the reactions associated with the biological pump described in
−
−
section 1.1.1. Most phytoplankton can assimilate N in the form of NH+
4 , NO3 or NO2 . In the
presence of all, NH+
4 is preferred because it does not need to be reduced and thus, its assimilation
by phytoplankton requires minimal energy (Zehr and Ward, 2002). Assimilating NO−
3 on the
other hand requires a redox reaction which is energetically costly. But due to its higher availability (as compared to NH+
4 ), most phytoplankton have the enzyme–nitrate reductase–necessary
−
to reduce NO3 to organic N (Gruber, 2008). The phytoplankton that can assimilate NO−
3 can
−
−
also take up NO2 because it involves the same redox reaction. However, NO2 is usually very
scarce in the ocean (one order of magnitude less than NO−
3 ) so that the majority of N fixed by
−
+
phytoplankton is sourced from NH4 and NO3 . The regeneration of organic N into its inorganic
forms is done in three distinct steps: ammonification, ammonium oxidation and nitrite oxidation
all performed by a specific groups of organisms. Ammonification i.e. the conversion of organic
N to NH+
4 , is performed by heterotrophic organisms (mostly bacteria) that use the conversion
of organic carbon to CO2 as an energy source, releasing NH+
4 in the proceeding. Ammonium
oxidation and nitrite oxidation collectively referred to as nitrification is performed by two different class of chemo-autotrophs that gain their energy via these reactions (see Ward (2008) for a
comprehensive review of nitrification).
The red arrows in figure 1.2 show the reaction that remove N from the fixed N pool. The
primary removal pathway occurs via denitrification, a term which refers to the sequential reduc−
tion of NO−
3 to NO2 , N2 O and N2 . These transformations usually occur in anoxic environments,
when short of O2 , heterotrophic bacteria use NO−
3 as the oxidizing agents during the consumption of organic matter (Devol, 2008). Another N removal pathway, whose importance in the ocean
was only discovered recently (Kuypers et al., 2003, 2005), is ammonium anaerobic oxidation or
−
anammox. This reaction is a chemo-autotrophic process that combines NH+
4 and NO2 to form
N2 (Devol, 2008) and also occurs in anoxic environments. While denitrification and anammox
are fundamentally different processes, their integrated rates are controlled by the same environmental factors (Babbin et al., 2014) and their geochemical impact on the ocean is the same, that
is, they act as a sink of oceanic fixed N. One last loss pathway of lesser global importance, is the
loss of fixed N that happens during the first step of nitrification. This loss is due to the ability of
ammonia oxidizing bacteria to gain energy via the transformation of the intermediary products of
ammonium oxidation i.e hydroxylamine (NH2 OH) or NO−
2 into N2 O.
The blue arrow in figure 1.2 shows the N2 fixation pathway, which is the one known process
that can add N to the oceanic fixed N pool. It is performed by special classes of bacteria or
archaea that have the enzyme Nitrogenase, necessary to break the strong triple bond of N2 . These

1.1. Our evolving understanding of the marine N cycle

5

N2 fixing capable organisms are collectively referred to as diazotrophs. Many types of diazotrophs
exist in the ocean but the one that is the more commonly encountered (and thus the most studied),
due to its tendency to form large visible colonies in the surface ocean, is the non-heterocystous
filamentous cyanobacteria Trichodesmium spp (Sohm et al., 2011). It is increasingly recognized
that heterotrophic unicellular diazotrophs contribute a large portion of total marine N2 fixation
(Farnelid et al., 2011; Halm et al., 2012), but to date, the relative contribution of each to the
global rate remains uncertain.

1.1.3

Looking back: a short walk through history

1.1.3.1

How Alfred Redfield started it all
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Figure 1.3 (a) Observations used by Redfield (1934) (filled circles) and selected data from the
global World Ocean Circulation Experiment survey (WOCE; small symbols) show a clear, approximately 16:1 relationship between NO−
3 and phosphate, with minimal deviation. Both denitrification
(b) and N2 fixation (c) counteract any imbalances, with denitrification removing a NO−
3 excess, and
N2 fixation adding more NO−
to
the
ocean.
Together,
these
processes
are
expected
to
return NO−
3
3
concentrations back towards a mean content close to that of oceanic phytoplankton. Adapted from
Gruber and Deutsch (2014).

Redfield (1958) was the first to posit the existence of mechanisms that regulate the relative
proportion of the P and N inventory in the ocean. Already before the second world war, Redfield
(1934) made the compelling observation that the relative proportion of P and N that compose
phytoplankton biomass as well as the PO4 and NO−
3 content of seawater, occurs at a relatively
constant ratios of 1:16 (figure 1.3). The similarity between the N:P composition of phytoplankton
and of observed oceanic NO−
3 to PO4 could simply be rationalized as resulting from the strict
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stoichiometric cellular requirements of phytoplankton which would consume NO−
3 and PO4 at
a fixed ratio. However, it is more difficult to explain why the regression line of oceanic NO−
3
vs PO4 , intercepts close to the origin (figure 1.3; Gruber and Deutsch, 2014). A zero intercept
implies that the ratio of the oceanic inventories of N and P are bound by the same 1:16 ratio
measured in phytoplankton biomass, which as noted by Redfield, is remarkable and would puzzle
marine biogeochemist for many years to come.

The relation [...] is thus of much wider application. It appears to mean that the
relative quantities of nitrate and phosphate occurring in the oceans of the world are
just those which are required for the composition of the animals and plants which live
in the sea. That two compounds of such great importance in the synthesis of living
matter are so exactly balanced in the marine environment is a unique fact and one
which call[s] for some explanation. (Redfield, 1934)

Twenty years after his initial discovery, Redfield (1958) proposed the existence of regulating
mechanisms (more commonly referred to today as stabilizing feedbacks; Gruber, 2008) such that
the proportions of phosphorus, nitrogen, and oxygen available for life in the sea are in a state
of homeostasis. He further proposed that marine organisms capable of fixing N2 play a role in
keeping this homeostasis. The N2 fixing organisms (which had not been observed yet in the
ocean) would thrive vis a vis other phytoplankton in waters having a deficit in their N:P content
and vice versa. Interestingly, Redfield (1958) also briefly mentions denitrification as a mechanism
capable of lowering the N:P ratio of the ocean but the geographical locations of available nutrient
data at the time did not span the regions that are known today to exhibit denitrification, leading
him, short of evidence, to discard this process as an important control on the oceanic N:P ratio.

Consequently, the ratio in the sea must tend to increase, unless some process is returning the nitrogen to the atmosphere. Denitrifying bacteria might operate in this
sense, in which case the phosphorus-nitrogen ratio is fixed by a complex balance
(Redfield, 1958)

The fundamentals of the conclusions drawn by Redfield have changed little over time (Gruber and Deutsch, 2014). Today, it is well established that the marine N inventory is stabilized
by basin-wide N2 fixation in surface waters and denitrification in the water column and in the
sediments. Despite the immense increase of the coverage of process rate and tracer measurements, our understanding of the mechanisms by which these feedbacks operate, the timescale
over which they operate and their strength remains limited (Gruber and Deutsch, 2014). The exponential increase of marine data through time has nevertheless stimulated significant growth of
our understanding of the cycles of N, P and other elements, their diverse metabolic pathways, and
their environmental constraints (Gruber and Deutsch, 2014).

1.1. Our evolving understanding of the marine N cycle
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From a 0 to 3 dimensional perspective and the 4th dimensional challenge

Our understanding of the marine N cycle progressed incrementally, with large steps taken as
oceanographic programs provided increased spatial coverage of oceanic data.
The marine science community started from a limited perspective, averaging, comparing and
correlating single chemical measurements in the ocean. As we have seen, one can already infer
a great deal at this scale as regards the dynamics of the coupled N and P cycle. A few hundred
singleton measurements spread over the ocean lead Redfield (1958) to propose two mechanisms
as potential regulators the oceanic N:P inventory i.e. N2 fixation and denitrification, both of
which had never been observed in the ocean. Industrial N2 fixation was employed practically
in agriculture since the early 1900s so it was not unreasonable for Redfield (1958) to assume
that the same process would be effective on a larger scale in nature. The first evidence for large
scale open-ocean N2 fixation would emerge only a few years later, in the early 1960s, when
Dugdale et al. (1964) inferred from isotopic measurements large N2 fixation rates by the bluegreen algae Trichodesmium spp across the Sargasso Sea and the Arabian Sea. Denitrification
was encountered early on in 1886 when two French scientists discovered this bacterial process in
−
sewer waters (Gayon and Dupetit, 1886) i.e., one that converted NO−
3 to N2 or N2 O using NO3
as a substitute for oxygen in the oxidation of organic substrates. It was not until 70 years later
that the first evidence for significantly important rates of denitrification in the open ocean were
discovered, together with its potential role in driving observed N to P deficits (Sreenivasan and
Venkataraman, 1956). Despite the significance of this discovery, it would take another 30 years
and orders of magnitude more measurements for the first robust attempts at estimating the global
oceanic rate of N2 fixation and denitrification (see section 1.2.2.1).
Following the discoveries of Redfield (1958), a particularly important collective effort initiated by the Scripps Institute for Oceanography in 1971 allowed for an acceleration of our
understanding of the marine biogeochemical system. The Geochemical Ocean Section Study
(GEOSECS) provided the first vertical sections of chemical measurements in the ocean, data
which stimulated a few years later the publication of Tracers in the sea by Broecker et al. (1982),
a substantial effort which marks a milestone in the field of marine biogeochemistry. But the
marine N cycle is a hard beast to tame. While the data collected by GEOSECS provided clear
evidence of the presence of significant N2 fixation in the surface ocean and denitrification in
low oxygen regions of the ocean and in the sediments, the spatial coverage of the data was still
insufficient to even attempt a gross estimate of the global fluxes.
The time constant for the adjustment of the N:P ratio in the sea is not known. The
reason is that neither the rate of fixation of N2 [..] nor the rate of denitrification of
−
NO−
3 [..] is known. [...] [W]e have already seen that substantial amounts of NO3 are
being utilized for oxidation of organic matter in waters free of O2 [...] and in large
regions of the deep Pacific where O2 is present [..]. In this situation [denitrification]
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is thought to occur within fecal pellets as they fall through the water column or after
they reach the sea floor. [I]t is currently not possible to give a time scale for the
adjustment of the NO−
3 balance in the sea. [...] As such it constitutes one of the key
missing pieces in the marine chemistry puzzle. (Broecker et al., 1982)
About 15 years later, the extended spatial coverage of oceanic sections permitted the first
global flux estimates to be inferred from geochemical data, more robust than those obtained from
the extrapolation of in situ measurements (Gruber and Sarmiento, 1997). Our 3D view of the
ocean was cemented by a number of ambitious co-operative project with the World Ocean Circulation Experiment at its core. The additional data provided by the Joint Global Ocean Flux Study
and the Ocean-Atmosphere Exchange Study led to the production of the standard global products
that are used today by the community. The research stimulated by this 3D vision of the ocean
was brought together (at the image of Tracers in the sea) in another book, Ocean Biogeochemical
Dynamics written by Sarmiento and Gruber (2006), considered today as a reference in the field.
Today, our understanding of the three dimensional N cycle has grown, but many open questions remain. As the temporal coverage of data is expanding, we are slowly unveiling the large
variability of the N cycle on centennial, decadal or even interannual timescales. In my opinion,
time as a 4th dimension represents the challenge that are facing the current generation of scientists. The work performed in this thesis places itself in this context and attempts to further our
understanding of the dynamics of the N cycle on such timescales. In the next section, we review
the current understanding of the N cycle, before presenting the future challenges and the emerging open questions relevant to the work of this thesis. We start by describing two tracers of the N
cycle which provide strong constraints on marine N cycle dynamics.

1.2 Dynamics of the global marine N cycle – state of the art
1.2.1 N* and δ 15 N as constraints of the marine N cycle
1.2.1.1 N* – spatial signature of the marine N cycle
N* measures the deficit or surplus of NO−
3 vis a vis 16 PO4 . Thus, it is not modified by processes that modify the nutrient pool with a fixed stoichiometry of 1N to 16P. To first order, we
can assume that this is the case for most processes that transform N within the fixed N pool i.e. N
assimilation, ammonification or nitrification (green arrows in figure 1.2, figure 1.5b). However,
the fluxes in and out of the fixed N pool will modify NO−
3 and leave PO4 untouched resulting
in a change in oceanic N*. Thus, N2 fixation and atmospheric N deposition increase N* in the
surface ocean and denitrification (including anammox) reduces oceanic N* in Oxygen Deficient
Zones (ODZs) and above denitrifying sediments. The ocean circulation transports and mixes the
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steadily generated N* signals, shaping its global distribution. The imprint left by the two opposite mixing members is particularly evident when looking at N* concentrations on the isopycnal
surface σθ = 26.50, because it is both ventilated by subtropical mode waters, influenced by N2
fixation and N deposition, and intersecting the upper part of the major ODZs where water column denitrification (WCD) occurs (figure 1.4a). The Eastern Tropical North Pacific (ETNP), the
Eastern Tropical South Pacific (ETSP) and the Arabian sea all exhibit very low N*, reflecting the
strong denitrification rates in the core of these Oxygen Deficient Zones (ODZs). Also noticeable
along the North Pacific shelf is the low N* imprint left by the intense sedimentary denitrification
(SDen) there (Bohlen et al., 2012; Bianchi et al., 2012). In comparison, the North Atlantic has
high N* values because of the absence of WCD in the basin, so that the N* content of the waters
tends towards the high N* generated by N2 fixation and atmospheric deposition, both of which are
high in the Atlantic (Grosskopf et al., 2012; Lamarque et al., 2013). We also note the relatively
high N* values of the Pacific subtropical gyres reflecting the imprint of N inputs at the surface.
The general picture remains the same when looking below the ventilated thermocline (figure 1.4c)
with the difference that the imprint of N-inputs on Pacific waters become less evident, and that
the very high N* values of the ETSP disappear, due to their production occurring higher up in the
water column. We may therefore conclude, from the N* distributions in figure 1.4a and 1.4c, that
the Atlantic is a net source and the Pacific a net sink of fixed N to the global ocean.

1.2.1.2

δ 15 N of NO−
3 – spatial signature of the marine N cycle

The isotopic composition of oceanic NO−
3 , commonly (and thereunder) reported as:
(
δ 15 N =

15 N
14 N

Ratm

)
−1

× 1000,

(1.1)

15

(where Ratm is the 14 N
content of atmospheric N2 ) is modified by most processes of the N cycle.
N
This is either because they induce an isotopic fractionation between the substrate and product N
or because they add fixed N with a δ 15 N that is significantly smaller than the average oceanic
value of ∼ 5h. The fractionation factor is often expressed, for convenience, as an enrichment
factor, in the case of N:
)
( 14
k
(1.2)
ϵ = 15 − 1 × 1000,
k
where 14 k and 15 k are the rate constants of the reaction for the light and heavy N isotopes. Using
the enrichment factor instead of a fractionation factor is convenient because in a closed system:
ϵ ∼ δ 15 Nsubstrate − δ 15 Nproduct

(1.3)

(see Montoya, 2008). The isotopic effect induced by the different processes of the N cycle on
oceanic NO−
3 is summarized schematically in figure 1.5. Below, we review the impact of each
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Figure 1.4 Imprints of the marine N cycle on N* and the δ 15 N of NO−
3 and of particulate organic
nitrogen (PON). (a) Objectively analyzed N* (µmol kg−1 ) on the σθ = 26.50 isopycnal surface.
This surface is characteristic of subtropical mode waters, such as the 18 ◦ water in the North Atlantic.
(b) Observed δ 15 N of NO−
3 averaged over the depth 0 to 200m in h.(c) Same as (a) but on the
σθ = 27.10 isopycnal surface representing Subpolar Mode Waters. (d) Observed δ 15 N of PON at
the sediment floor in h. In (a) and (c), solid circles denote the stations; stippling denotes areas
where the waters of this potential density are not present in winter time. Cross-hatched areas are
regions where the estimated error in objectively analyzed N* is greater than 0.7 µmol kg−1 . The N*
data are from the WOCE program augmented by selected pre-WOCE cruises and were adjusted by
the GLODAP project (Gruber, 2008, see). The δ 15 NO−
3 data stem from an up to date compilation
provided by Patrick Rafter; the datasets include portions of the GEOTRACES intermediate data
product which is still unpublished. The sedimentary δ 15 N of PON data was taken from Galbraith
and Kienast (2013) and was corrected for diagenesis with a depth dependent factor of 0.75 h km−1 .

process on the δ 15 N of oceanic NO−
3 in turn.
Phytoplankton preferentially consumes light nitrogen thus decreasing the δ 15 N of their biomass
15
at the expense of the residual NO−
N. Figure 1.5b shows the simulated
3 which gets enriched in
−
−
15
impact of NO3 consumption on the δ N of residual NO3 and the phytoplankton N content when
using ϵ = −5h (Montoya et al., 2002). Consistent with equation (1.3), the δ 15 N difference between the newly produced organic N and that of the residual NO−
3 is close to ϵ = −5h. However,
because mass is conserved in closed systems, the δ 15 N of total N is constant. Thus in the case
15
where NO−
3 is completely consumed, the signatures of the isotopic effects disappear and the δ N
of the phytoplankton simply becomes that of the total initial N. Thus, in an open system such as
−
15
the open ocean, the impact of NO−
3 uptake on the δ N of oceanic NO3 depends on the degree of
−
NO−
3 utilization. In regions where it is high, such as in the subtropical gyres, NO3 uptake will
15
strongly elevate the local δ 15 N of NO−
3 . However, these high δ N signals will usually not in−
fluence oceanic NO−
3 downstream, because the generated residual NO3 concentrations are small,
such that their δ 15 N will be diluted by waters with higher NO−
3 content (Deutsch, 2004; Somes
−
et al., 2010). In regions where NO3 utilization is very low (where the amount of residual NO−
3
−
remains large), such as in the polar Southern Ocean, the isotopic effect of NO3 uptake will be
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locally diluted, so that the δ 15 N of NO−
3 will be determined by that of the source waters (Somes
et al., 2010). Despite the very scarce observations of oceanic δ 15 N of NO−
3 , hints of the isotopic
15
effect of NO−
3 uptake is evident from the latitudinal gradient in Southern Ocean δ N values with
lower δ 15 N values close to Antartica and increasing δ 15 N values towards the subtropics, indicative
of the latitudinal increase in the efficiency of the biological pump.
Nitrification similarly discriminates between nitrogen isotopes with estimated enrichment
factors ranging from ϵ = −7 to −25h. However, this fractionation is seldom reflected in the
+
−
oceanic δ 15 N of NO−
3 . Firstly, the transformation of NH4 to NO3 generally goes to completion,
−
erasing any sign of fractionation i.e simply transfers the isotopic content of NH+
4 to NO3 . Secondly, in most of the surface ocean, NO−
3 is completely consumed. Thus, the isotopic composition
of the sinking organic matter (ammonified in the water column) will equal that of its supply i.e
15
the isotopic composition of deep ocean NO−
3 (∼ 5h), resulting in minimal change in the δ N of
NO−
3 . At steady state, the average isotopic composition of organic matter export thus equals that
−
of the deep NO−
3 supply, explaining why most of the deep ocean NO3 has a nearly homogeneous
isotopic composition (Montoya, 2008; Sigman et al., 2009). Nitrification can have a large isotopic
impact, but only if the source of organic matter has a significantly different isotopic composition,
for example, when it stems from atmospheric N2 .
N2 fixation exhibits close to no fractionation but fixes N from atmospheric N2 which has
a δ 15 N of ∼ 0h, much lower than the average oceanic value of ∼ 5h. This newly fixed N
eventually circulates through the biological loop first remineralized to NH+
4 and then nitrified to
−
NO3 . Because the recycling loop in the upper ocean is relatively fast, and because isotopic effect
of nitrification is not expressed, N2 fixation can significantly reduce the surface δ 15 N of NO−
3
(Montoya et al., 2002). A very similar effect is induced by the atmospheric deposition of N to the
surface ocean. The N deposition is comprised of oxidized and reduced forms of inorganic and
organic N with a wide range of generally low δ 15 N, ranging from > 0 (natural sources) to -25
h (derived from fertilizers). Like for N2 fixation, the deposition decreases the δ 15 N of surface
oceanic NO−
3 . Like for N*, the combined effect of N2 fixation and atmospheric deposition is most
evident in the Atlantic where WCD is absent. There, observed δ 15 N values can be locally as low
as 2 h in the surface ocean (figure 1.4b).
WCD strongly discriminates light against heavy N with an enrichment factor estimated to
be between -20 h and -35 h. In the core of oxygen minimum zones, the large but incomplete
−
15
consumption of NO−
3 allows for a significant amount of NO3 with extremely low δ N to be
upwelled to the surface ocean. Because the surface ocean has low NO−
3 content, the supply
−
15
of upwelled water significantly elevates the δ N of surface NO3 . These signals are evident in
15
observations of surface ocean δ 15 N of NO−
3 , whereby the δ N is high above all major denitrifying
regions, i.e. the ETNP, the ETSP and the Arabian Sea (figure 1.4b). The high δ 15 N signals is also
expressed in the thermocline, with the signal being slowly dampened by dilution downstream
along isopycnals (see figure A.2 ).
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Figure 1.5 Schematic representation of the impact of marine N cycle processes on the δ 15 N of
NO−
3 . (a) Estimates of discrimination factors (ϵ) for the different processes of the marine N cycle. Summarized in the box, is the range of estimated isotopic composition of atmospheric N2 ,
atmospheric N deposition and river input of N. (b) Changes in the δ 15 N of NO−
3 and phytoplankton
−
biomass in a closed system during phytoplankton consumption of NO3 with ϵ = 5h. As phytoplankton grow, the δ 15 N of the residual NO−
3 and the phytoplankton biomass both increase, as
15
does the δ N of the biomass formed at any instant. (c) Schematic showing the impact of different
−
processes on the δ 15 N of oceanic NO−
3 . The trajectories for WCD, NO3 uptake, and SDen were
each calculated using a closed-system Rayleigh model with middle range estimates of enrichment
factors. The nitrification trajectories were calculated with a mass balance model for remineralization and nitrification of organic matter produced from a deep water NO−
3 concentration of 20 µmol
−1
15
L , or from diazotrophic organic matter with a δ N of -2 h (Montoya et al., 2002; Montoya,
2008, see). (d) Schematic representation of the induced change in the δ 15 N of NO−
3 as a function
of N*. We note that the slope of the blue arrows (sources) varies depending on the NO−
3 content of
the ambient water as well as its isotopic composition. The blue envelope represents the trajectories
induced by the deposition of N with different isotopic composition. We finally note that the slope
of the water column denitrification trajectory may vary depending on the degree of NO−
3 utilization
(see Chapter 2 for a full investigation). (b) and (c) are adapted from (Montoya, 2008)
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δ 15 N of PON – spatial signature of the marine N cycle

The δ 15 N of PON is recorded in sediments and may thus provide a window on past changes in
the marine N cycle. We have to consider two factors to understand what controls the δ 15 N of
PON. Initially, organic N is created upon production after which metabolism, death or grazing
will cause a portion of PON to be exported in particulate form. The source of the organic N is
+
15
15
the oceanic NO−
3 and NH4 . Therefore one factor that controls the δ N of PON is the δ N of
+
ambient NO−
3 and NH4 (which are approximately equal). As we have discussed in section 1.2.1.2
that N uptake induces a fractionation that is only expressed in the organic matter (maximally ∼ ϵ)
when the consumption of NO−
3 is incomplete. Otherwise, if the consumption goes to completion,
+
the δ 15 N of the phytoplankton will simply be that of the NO−
3 and NH4 supply. The observed
δ 15 N of ocean floor PON clearly shows these effects (figure 1.4d). For example, the PON above
15
denitrifying regions records the large δ 15 N values of NO−
3 while the δ N values of PON strongly
decrease as one moves from the subtropics to the polar Southern Ocean, reflective of the poleward
reduction in N utilization. Thus the δ 15 N of PON recorded in sediments records can be used as a
proxy for past changes in nutrient utilization (Robinson et al., 2004) or as a proxy for past changes
in denitrification Galbraith and Kienast (2013); Deutsch et al. (2014).

1.2.1.4

Synthesis - the combined constraint of N* and the δ 15 N of NO−
3 on the marine N
cycle

The combined effects of each process on N* and the δ 15 N of NO−
3 discussed above, yield a distinct
individual signature (summarized in figure 1.5). N uptake only impacts the δ 15 N and leaves N*
unaffected. SDen only modifies N* and leaves δ 15 N unaffected. An increase in N input either via
a decrease in WCD or via an increase in N2 fixation or atmospheric deposition will cause opposite
changes i.e. an increase in N* and a decrease in δ 15 N. However, each process will induce changes
following a distinct path in N* and δ 15 N space. Thus, N* and the δ 15 N of NO−
3 can be used as
good but complex recorders of changes in the N cycle.
If we assume that the marine N cycle is approximately in balance, then the average δ 15 N
15
of oceanic NO−
3 (∼5h) reflects the mixture of the δ N generated by N inputs and N losses.
Thus, we can deduce the required water column to sedimentary denitrification ratio necessary to
produce the average δ 15 N of oceanic NO−
3 , provided the enrichment factors for WCD and SDen
and the δ 15 N of the N sources. N* can be used to provide a constraint on the NO−
3 utilization
during WCD (dilution effect) (Eugster and Gruber, 2012; DeVries et al., 2013).
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1.2.2 Controls and estimates of marine N sources and sinks
1.2.2.1 N2 fixation
Controls of N2 fixation
Resource Competition Theory (Tilman, 1980, 1982) provides a potential framework for understanding the competition dynamics between diazotrophs and non-diazotrophs (Dutkiewicz et al.,
2012; Ward et al., 2013). This theory dictates that for a steady nutrient supply, each group is
capable of drawing a limiting nutrient down to a low subsidence concentration, R*. The value of
R* for each group depends on a combination of bottom-up controls e.g., growth rates and half
saturation constants, and top down controls e.g., grazing, viral lysis and mortality (Tilman, 1980,
1982; Dutkiewicz et al., 2012; Ward et al., 2013). In the presence of a single limiting nutrient,
the group with the lowest R* will outcompete the other, but in the presence of multiple limiting
nutrients, coexistence is possible. When both groups coexist, the nutrient uptake partitioning is
determined by their respective R*, their stoichiometry of uptake, and the nutrient supply ratios.
(Dutkiewicz et al., 2012; Ward et al., 2013).
The competitive advantage of diazotrophs i.e., the ability to fix the abundant N2 gas, comes
at various costs. These costs are associated with the maintenance of the Nitrogenase enzyme
that allow them to break the strong triple bond of N2 . This high maintenance cost plus the high
Fe content of the enzyme is thought to cause diazotrophs to have slower maximum growth rates
and higher Fe requirements as compared to their non-diazotroph competitors (Falkowski, 1997;
Kustka et al., 2003). Thus diazotrophs are at a disadvantage when competing for P and Fe, but
may thrive when their non-diazotroph competitors are limited by N, and P and Fe are present
in excess. In the absence of Fe limitation, the niche for diazotrophs is created by denitrification
which depletes the inventory of N with respect to P. This leads to the supply of waters with an N:P
below the N:P of uptake of non-diazotroph competitors, resulting in the accumulation of sufficient
excess P for diazotrophs to survive (Tyrrell, 1999; Schade et al., 2005; Lenton and Klausmeier,
2007). Instead, if P limitation is ignored, diazotrophs can only exist where the Fe:N supply is
higher than the Fe:N uptake of non-diazotrophs (Dutkiewicz et al., 2012; Ward et al., 2013). The
Fe:N supply ratio is determined by the amount of mixing of deep waters to the surface (which has
low Fe:N due to losses by particulate scavenging) and the amount of Fe supplied via aeolian and
sedimentary sources (Dutkiewicz et al., 2005; Boyd et al., 2007; Dutkiewicz et al., 2012). Ward
et al. (2013) develops a theory that includes both P and Fe limitation of diazotrophic growth
and find that the biogeography of diazotrophs is dictated by the Fe:N supply ratio, with the P:N
supply ratio taking an important but secondary role. This view is in part consistent with Weber
and Deutsch (2014) who find, using a model constrained by geochemical data, that diazotrophic
growth can be limited locally by the Fe supply. In particular, the authors find that Fe-limitation
modulates the pattern of N2 fixation at the intra-basin scale by preventing the P excesses upwelled
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from denitrifying regions to be locally consumed. However, the authors find that these P excesses
are consumed downstream as they are transported away from Fe limited regions (a result that is
consistent with other modeling studies; Moore et al., 2013a; Somes and Oschlies, 2015; Letscher
and Moore, 2015; Landolfi et al., 2015). Thus, their results support the view that Fe-limitation
exerts an important control on the intra-basin biogeography of N2 fixation, but suggest that large
scale N2 fixation rates are ultimately limited by globally generated N deficits (Weber and Deutsch,
2014).
It has been shown that Trichodesmium spp is able to scavenge dissolved organic phosphate
(DOP; Dyhrman et al., 2006). The inclusion of DOP uptake by diazotrophs in ocean models
allows for a significant increase in the simulation of N2 fixation rates in the Atlantic, bringing
the modeled rates closer to observations (Luo et al., 2012; Somes and Oschlies, 2015; Letscher
and Moore, 2015; Landolfi et al., 2015). The supply of DOP to the surface may thus be an
important additional control on N2 fixation, by relieving the P limitation of N2 fixation in Fe-rich
and inorganic P-starved regions such as the North Atlantic (Somes and Oschlies, 2015; Letscher
and Moore, 2015; Landolfi et al., 2015).

An increase through time in global N2 fixation estimates
The first N2 fixation estimates date back to the early 1980s. Marine scientists would use the handful of available rate measurements collected during Trichodesmium spp blooms and extrapolate
them to obtain a global rate. These early estimates (shown in table 1.1) were very low, with estimates (including benthic N2 fixation) ranging from 10 to 40 Tg y−1 (Capone and Carpenter, 1982;
Codispoti and Christensen, 1985; Carpenter and Capone, 1992, see table 1.1 for all estimates).
Some authors later acknowledged that the sporadic nature of Trichodesmium spp blooms and the
wide spectrum of existing oceanic conditions that subject these extrapolations to very large uncertainties, leading them to estimate instead a “potential" global N2 fixation rate, yielding revised
flux estimates ranging from 20 to 200 Tg y−1 (Soederlund and Rosswall, 1982; Carpenter and Romans, 1991). Robuster estimates that later emerged did not stem from direct measurements but
were rather inferred from geochemical constraints imposed by N2 fixation (references therein).
In the late 1990s, increased coverage of oceanic nutrient data allowed the observation of P to
N deficits along isopycnals, which combined with an estimate of ocean circulation and mixing,
allowed the back-calculation of the N2 fixation rates required to generate the observed fields (e.g.
Michaels et al., 1996; Gruber and Sarmiento, 1997). The first geochemical estimate, limited to
the Atlantic, was performed by Michaels et al. (1996) who estimated an N2 fixation rate of 52 to
90 Tg y− 1 which at the time, substantially exceeded all previous estimates. A subsequent study
by Gruber and Sarmiento (1997) applied a similar method to the global ocean using a a more
sophisticated ocean circulation model. They defined the now commonly used quasi conservative
tracer N* as a linear combination of oceanic NO−
3 and PO4 , which would provide the necessary
constraint to estimate N2 fixation. Their estimate i.e. ∼109 Tg y−1 would change the prevailing
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view of the N cycle, putting forward the importance of N2 fixation as a regulator of the N cycle.
Over time, geochemical estimates where revised to 130–158 Tg y−1 (Deutsch et al., 2007). Very
recently, Luo et al. (2012) compiled the first global N2 fixation rate dataset. This compilation,
although exhibiting substantial gaps in the Pacific and the Indian ocean (Luo et al., 2014) allowed
for the first attempts at a more robust data-based estimate of global N2 fixation. The global extrapolation made by Luo et al. (2012) on the original product and the follow-up study using an
updated version of product Luo et al. (2014) estimated global N2 fixation rates of 51–146 Tg y−1
with an average over all extrapolation methods of ∼90 Tg y−1 . This averaged estimate remains
smaller than those based on geochemical data, but they are of the same order of magnitude. One
serious challenge that may have strongly biased data-based estimates is the discovery in the established, canonical rate measurement protocol of a systematic underestimation of the N2 fixation
rates (Mohr et al., 2010). Grosskopf et al. (2012) employed a new bias-corrected method to measure N2 fixation rate in the Atlantic Ocean and found that the basin extrapolated rate where 60%
larger than those calculated using data stemming from the old biased method. The authors then
assumed that the ratio between the rates using the old and new methods could be extrapolated
globally, and revised the global N2 fixation rate to 177 ± 8 Tg y−1 .

1.2.2.2 Water column denitrification
Controls of water column denitrification
Denitrification (including anammox) occurs when O2 falls below a critical threshold (Ocrit
2 ) with
its rate being determined by the local demand for oxidant. The rate of denitrification integrated
over any region is thus depend on the extent of the region where O2 < Ocrit
i.e in ODZs, and
2
the organic matter remineralization rate in these regions (see section 3.2.1). ODZs in the ocean
emerge in regions where both the supply of O2 is low and the removal of O2 at depth is high i.e.
where the biological productivity is intense and the ventilation is sluggish (Sarmiento and Gruber,
2006). These two conditions are met in upwelling systems where O2 -poor, nutrient rich waters
are upwelled to the surface, fueling strong primary production and at the same time preventing
the transport of oxygenated waters to depth. In the world’s ocean, three upwelling systems reach
O2 concentrations low enough to stimulate significant WCD: the upwelling system of the ETNP,
that of the ETSP and that of the Arabian Sea (Gruber, 2008; Bianchi et al., 2012).
>From the controls discussed above, we can deduce that a change in WCD can result from
a change in biological production, controlling the demand for oxidants at depth, or changes in
ventilation, controlling the physical supply O2 . Finally, changes in temperature and salinity in
the surface ocean modifies the solubility of O2 , so that a change in temperature or salinity will
modify the O2 content of the water supplied to depth (Deutsch, 2005). Please refer to Chapter 3
for a more complete discussion on the potential drivers of denitrification.
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Marine N2 fixation estimates in Tg y−1
color legend
Estimates based on rate measurements or presence data
Geochemical estimates
Estimates based on observationally constrained models
Reviews

Study
Atlantic
Pacific Indian
Capone and Carpenter (1982)
–
–
–
Soederlund and Rosswall (1982)
–
–
–
Codispoti and Christensen (1985)
–
–
–
Carpenter and Romans (1991)
–
–
–
Carpenter and Capone (1992)
–
–
–
Michaels et al. (1996)
52–90
–
–
Gruber and Sarmiento (1997)
28 (N. Atl.)
∼50
∼30
Deutsch et al. (2001)
–
59 ± 15
–
Brandes and Devol (2002)
–
–
–
Gruber and Sarmiento (2002)
–
–
–
Gruber (2004)
–
–
–
Galloway et al. (2004)
18
49
20
Galloway et al. (2004)
70
65
21
Capone et al. (2005)
22–34
–
–
Deutsch et al. (2007)
13–25
93–108
20–29
Codispoti (2007)
–
–
–
Knapp et al. (2008)
15–24
–
–
Eugster and Gruber (2012)
21–34
52–117
Eugster and Gruber (2012)
0–3
109–156
Luo et al. (2012)
2.2–3.6
50–69
–
Luo et al. (2012)
34 ± 8
112 ± 27
–
Grosskopf et al. (2012)
24
108
45
Luo et al. (2014)
10–19
25–56
16–34

total
20
20–120
25
40–200
10
–
∼ 109
–
110-330
117 ± 40
120 ± 50
87
156
–
130–158
135
–
94 – 175
117–150
52–73
137 ± 9
177±8
51 – 110

Table 1.1 Global and basin scale estimates of marine N2 fixation in Tg N yr−1 . Note that the numbers shown represent, pelagic N2 fixation rate, and when estimated, pelagic + benthic N2 fixation
rates

Reaching a consensus on water column denitrification estimates

The first attempts at estimating WCD where made in the 1970s and restricted to the ODZs of
the Pacific Ocean (Tsunogai, 1971; Codispoti and Richards, 1976; Codispoti and Packard, 1980,
see table 1.2 for all estimates). The authors used extrapolated in situ measurements of electron
transfer activity associated with NO−
3 reduction (Tsunogai, 1971; Codispoti and Richards, 1976;
Codispoti and Packard, 1980), or a mass balance approach (Codispoti and Richards, 1976) (using
geostrophic transport and observed NO−
3 deficits) to infer the total N loss in an ODZ. Surprisingly,
the estimate all converged to a similar value of ∼ 20 Tg y−1 independent of the method or Pacific
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ODZ that was investigated. Nevertheless, these methods were clearly subject to large errors
due to the strong assumptions that needed to be made in order to extrapolate the few available
measurements. Deutsch et al. (2001) developed a more robust framework which uses combined
information about NO−
3 deficit (N*) and ocean circulation (CFC age) on isopycnals to infer the
rates of denitrification. The authors estimated a total Pacific WCD of 48 Tg y−1 , consistent with
previous estimates. Starting in the 1990s, WCD estimates for the Indian ocean became available
(see table 1.2). The coverage of all major ODZs thus allowed for the first global estimates of
WCD. Two paradigms emerged; one placed the global rate of WCD relatively high at 150 Tg y−1
(Codispoti et al., 2001; Codispoti, 2007) and the other one placed it at a smaller rate of 65±20
Tg y−1 (Gruber and Sarmiento, 2002). Most recent estimates place the global rate of WCD to
between 39 Tg y−1 and 77 Tg y−1 with an average over all studies of ∼60 Tg y−1 (Bianchi et al.,
2012; Eugster and Gruber, 2012; DeVries et al., 2012, 2013). Bianchi et al. (2012) use global
O2 data and organic matter export reconstructions to estimate a global denitrification rate of 70
±20 Tg y−1 . Eugster and Gruber (2012) estimate a global denitrification of 39 Tg y−1 to 66 Tg
y−1 using a probabilistic approach whereby a box model is constrained by observed N* and the
δ 15 N of NO−
3 . Finally, two recent studies estimate global denitrification using a data-constrained
3 dimensional ocean model fitted to reproduce a set of observations, in the first case, N2 gas
measurements and in the second case, N* and the δ 1 5N of NO−
3 (DeVries et al., 2012, 2013).
−1
−1
They find a global rate of 66±6 Tg y and 50–77 Tg y , respectively. In summary today,
the community reached a consensus that supports the Gruber and Sarmiento (2002) vision i.e. a
global WCD rate of ∼60 Tg y−1 .

1.2.2.3 Benthic denitrification
Controls of benthic denitrification
Benthic metabolism is driven to first order by the supply rate of organic matter to the ocean
floor which is dependent on biological production (Middelburg et al., 1996; Devol, 2015). Very
often, the sediment becomes anoxic within a few centimeters because the demand for oxidants
in the sediments is high and the diffusion rate of water properties through the water-sediment
interface is low, allowing for denitrification to set in. For the same reasons, the NO−
3 present
in the sediment is usually completely consumed and other less energetically favorable processes
such as manganese, iron or sulfate reduction are used to remineralize the organic matter (Devol,
2015) . This is especially true for shelf regions that are subject to much higher organic matter
accumulation at the sediment due to their higher productivity and a shallower depth as compared
to the open ocean. Despite their comparatively small global area, shelf regions are thought to fuel
as much as half of the ocean’s SDen (including anammox) (Middelburg et al., 1996; Devol, 2008;
DeVries et al., 2012; Devol, 2015).
Global models usually parametrize Sden using simple transfer functions dependent on the
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Water column denitrification estimates in Tg y−1
Color legend
Geochemical estimates
Estimates based on observationally constrained models
Reviews

Study
ETNP ETSP
Tsunogai (1971)
–
3–7
Codispoti (1973)
–
19
Codispoti (1973)
–
16
Codispoti and Richards (1976)
23
–
Codispoti and Richards (1976)
19
–
Elkins (1978)
–
18–26
Codispoti and Packard (1980)
–
25
Codispoti and Packard (1980)
–
19
Codispoti and Christensen (1985)
–
–
Liu and Kaplan (1984)
–
–
Naqvi (1987)
–
–
Somasundar et al. (1990)
–
–
Naqvi et al. (1992)
–
–
Fauzi et al. (1993)
–
–
Naqvi and Shailaja (1993)
–
–
Howell et al. (1997)
–
–
Bange et al. (2000)
–
–
Deutsch et al. (2001)
22
26
Codispoti et al. (2001)
75
Brandes and Devol (2002)
–
–
Gruber and Sarmiento (2002)
–
–
Gruber (2004)
–
–
Galloway et al. (2004)
22
26
Galloway et al. (2004)
40
40
Deutsch (2004)
70
Devol et al. (2006)
–
–
Codispoti (2007)
–
–
Bianchi et al. (2012)
21.5
17.6
Eugster and Gruber (2012)
–
–
DeVries et al. (2012)
23–29 21–23
DeVries et al. (2013)
41–63
Table 1.2

Indian
total
–
–
–
–
–
–
–
–
–
–
–
–
–
–
–
–
–
60
–
27–44
29.5
–
2
–
30
–
11.9
–
24–33
–
21 ± 7
–
33
–
–
–
65
150
–
75
–
80 ± 20
–
65 ± 20
33
81
65
150
–
–
41 ± 18
–
–
150
31.2
70 ± 50
39 – 66
12–16
66 ± 6
9–14
50–77

Global and basin scale estimates of water column denitrification in Tg N yr−1

supply of organic matter (Middelburg et al., 1996; Bohlen et al., 2012) and, in some cases, also
on the O2 and NO−
3 content of the waters overlying the sediments (Bohlen et al., 2012).
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The large remaining uncertainty of sedimentary denitrification estimates
The first global estimates of SDen were made in the 1980s by extrapolating a limited amount
of in situ rate measurements, yielding estimates ranging from 15 to 75 Tg y−1 (Hattori, 1983;
Christensen et al., 1987b,a, see table B.1 for all estimates). In the 1990s, these estimates were
revised upward significantly, starting with Middelburg et al. (1996) who use a sedimentary model
forced with observed carbon fluxes, bioturbation and sedimentation rates to predict a global rate
of SDen of 230 to 285 Tg y−1 . Furthermore, Brandes and Devol (2002) used an isotopic budget
to constrain the ratio of water column to SDen (see 1.2.1.4), allowing them to estimate global
SDen from available WCD estimates, also yielding high rates ranging from 130 to 300 Tg y−1
(Codispoti et al., 2001; Brandes and Devol, 2002; Gruber, 2004). However, Deutsch (2004)
showed that this scaling factor was probably too high due to the omission of the dilution of
isotopic signals by WCD in their isotopic budget. The smaller scaling factor of Deutsch (2004)
yielded a rate of 180 Tg y−1 globally. A recent study using a 3-dimensional model constrained
by observations showed that when considering a 3 dimensional circulation, the dilution effect is
large (DeVries et al., 2013), narrowing down the required water column to SDen ratio to a value
on the lower end of the previously estimated spectrum (1.3–2.3 as compared to 1–4 for Brandes
and Devol (2002)), yielding in their model, global rates ranging from 71 to 168 Tg y−1 . All
in all, the global rate of SDen estimates remain subject to very large uncertainty with estimates
(including uncertainty) ranging from 70 to 250 Tg y−1 (Bianchi et al., 2012; Bohlen et al., 2012;
DeVries et al., 2012, 2013; Devol, 2015).

1.2.2.4 Preindustrial and present day oceanic N budget: a balanced N cycle
In the early 2000s, two different visions prevailed regarding the balance of sources and sinks of
marine N cycle (table 1.4). The first one, supported by Codispoti et al. (2001), suggest that total
sinks in the ocean are much larger than the total sources, yielding imbalances of -195 to -234
Tg N yr−1 (Codispoti et al., 2001; Codispoti, 2007). The second one, supported by Gruber and
Sarmiento (2002), suggests that the marine N cycle is in balance. The large loss rates of Codispoti
suggests a fast turnover time for N in the ocean of ∼ 1400 years. The losses of Gruber and
Sarmiento (2002) suggest a slower turnover time of 2000 to 3000 years. More recent estimates,
when completed with information on missing sources and sinks, all support the latter vision i.e. a
balanced N cycle (see table 1.4). But uncertainties remain, reflected in the large range of turnover
time of 1730 to 6060 years (see table 1.4).
In table 1.4, I attempt to revise the N cycle budget, for preindustrial times as well as for
present day. In order to do so, I select a combination of estimates that I consider the most robust.
For N2 fixation, I average the geochemical estimate of Deutsch et al. (2007) and the data-based
estimate of Grosskopf et al. (2012). For N input via rivers and atmospheric deposition, I use the
data of Lamarque et al. (2013) and Beusen (2014) (figure 1.7). For WCD, I average the estimate
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Global sedimentary denitrification estimates in Tg y−1
color legend
Estimates based on extrapolation of local measurements
Estimates based on observationally constrained models
Reviews

Study
Hattori (1983)
Liu and Kaplan (1984)
Codispoti and Christensen (1985)
Christensen et al. (1987b)
Christensen et al. (1987a)
Middelburg et al. (1996)
Gruber and Sarmiento (1997)
Codispoti et al. (2001)
Brandes and Devol (2002)
Gruber (2004)
Galloway et al. (2004)
Galloway et al. (2004)
Deutsch (2004)
Codispoti (2007)
Eugster and Gruber (2012)
Eugster and Gruber (2012)
Bianchi et al. (2012)
Bohlen et al. (2012)
DeVries et al. (2012)
DeVries et al. (2013)
Devol (2015)
Table 1.3

Global flux
44
15–25
60
69
75
230–285
85 ± 20
300
200–280
180 ± 50
172
193
190
300
56–108
85
198 ± 64
196
165 ± 60
71–168
∼ 200

Global estimates of sedimentary denitrification in Tg N yr−1 .

of Bianchi et al. (2012) and that of DeVries et al. (2012). For SDen, I use the constraint of
DeVries et al. (2013) and scale the WCD estimate used in this budget. For the remaining sinks
I use a combination of estimates by Bianchi et al. (2012) and Gruber (2004). This yields a total
source of 196± 26 Tg y−1 and a total source of 218 ± 85 Tg y−1 with implied turnover rates of
2180–4960.
For the present day budget, I use the preindustrial budget calculated above and increase N
input via rivers and atmospheric deposition following the data of Lamarque et al. (2013) and
Beusen (2014) (figure 1.7). Based on the modeling results of (Yang and Gruber, 2016, see Chapter
2), I assume that 20% of the increase in N inputs is compensated by a decrease in N2 fixation and
another 30% is compensated by an increase in denitrification. This yields again, a balanced N
cycle with very similar turnover times. Thus, I suggest that we have reached a consensus whereby
the N cycle is in balanced state and that N in the ocean takes about 3000 years to turn over.
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Marine nitrogen budget in Tg y−1 and turnover time in years
Color legend
Missing sources and sinks are complemented using the estimates of Gruber (2004), see footnotes for more details.
My attempt at a revised N Budget using a combination of recently published estimates

Total source
(Tg y−1 )

Total sink
(Tg y−1 )

Imbalance
(Tg y−1 )

N turnover
(Years)

Codispoti and Christensen (1985)
Liu and Kaplan (1984)
Gruber and Sarmiento (1997)
Codispoti et al. (2001)
Brandes and Devol (2002)
Gruber and Sarmiento (2002)
Gruber (2004)
Galloway et al. (2004) (preind)
Galloway et al. (2004) (now)
Deutsch (2004)
Codispoti (2007)
Bianchi et al. (2012)
Eugster and Gruber (2012)
DeVries et al. (2012)
DeVries et al. (2013)

90
–
231 ± 44
287
160–380
238 ± 44
265 ± 55
162
209
260
245
265 ± 551
145–178
265 ± 552
210–320 3

-158
-42—69
-204 ± 30
-482
-300–380
-204 ± 30
-275 ± 55
-273
-294
-260
-479
299 ± 821
109–188
259 ± 612
-138—283 3

-68
–
+27 ± 53
-195
-200–0
+34 ± 53
-10 ± 78
-111
-85
0
-234
-34 ± 99
-24–52
+6 ± 82
-73–+182

4180
9570–15710
2400–3790
1370 years
1740–2200
2400–3790
2000–3000
2420
2240
4125
1380
1730–3400
3510 – 6060
2060–3300
2330–4780

This thesis–preindustrial
This thesis–year 2000

196 ± 26 4
227 ± 30 5

218 ± 85 4
232 ± 90 5

-22 ± 89
-5 ± 94

2180–4960
2050–4650

Study

Table 1.4 Marine nitrogen budgets showing total sources and sinks in Tg y−1 and the implied
turnover time of N in years by the sink term. I assume a fixed N inventory of 6.6×105 Tg y−1
(Gruber, 2008).
1

For the source term, we use that of Gruber (2004). We add to the sink estimate of Bianchi et al. (2012) the N
burial estimate of Gruber (2004).
2
For the source term, we use that of Gruber (2004). We add to the sink estimate DeVries et al. (2012) the N loss to
burial and N2 O using the estimates of Gruber (2004).
3
For the source term, we use that of Gruber (2004). We add to the sink estimate DeVries et al. (2013) the N loss to
burial and N2 O using the estimates of Gruber (2004).
4
For the source term, I use a combination of Deutsch et al. (2007), Grosskopf et al. (2012), Luo et al. (2012),
Lamarque et al. (2013) and Beusen (2014). For the Sink term I use a combination of Gruber (2004), Bianchi et al.
(2012), DeVries et al. (2013).
5
I use the estimate of 4 and modify the input of N via rivers and atmospheric depostition following the data of
Beusen (2014). I assume, using the modelling results of Yang and Gruber (2016), that 30% of the increase is
compensated by a decrease in input and another 30% is compensated by denitrification.

1.2.2.5 Stabilizing feedbacks in the N cycle

As seen in the previous section 1.2.2.4, the ocean is approximately in balance. We have seen
that the magnitude of its sources and sinks are such that if perturbed, there is a potential for
large variations in the marine N inventory on millennial timescales. Given the sensitivity of the
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controlling factors of the N cycle to climate forced changes, sources and sinks of the marine N
cycle must often be subject to large perturbations. The observed relation of N and P in the ocean
suggest that there are strong negative feedbacks that prevent long term decoupling of sources and
sinks (Gruber, 2008). Three negative feedbacks have been proposed to stabilize the marine N
cycle, all of which invoking the dependence of the processes on the marine Nitrogen inventory
(Gruber, 2008) i.e. given a constant phosphate inventory, the N:P ratio of the ocean (figure 1.6).
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Figure 1.6 Schematic representation of feedbacks within the marine nitrogen cycle. The inner
light grey ellipse shows the two nitrogen cycle “internal” feedback loops that tend to be stabilizing.
These two feedback are proposed to be mainly controlled by the NO−
3 to PO4 (N:P) ratio in surface
waters. If the surface N:P ratio is low, denitrification tends to get reduced because of lower surface
productivity, while N2 fixation tends to increase because of favorable conditions for diazotrophic
organisms. Both processes lead to an increase in the oceanic fixed nitrogen inventory. In contrast,
when the surface N:P ratio is high, N2 fixation tends to decrease, while denitrification increases,
leading to a reduction of the oceanic fixed nitrogen inventory. These nitrogen internal feedbacks can
be altered significantly by their interaction with the carbon cycle, climate and other processes (dark
grey ellipses). The sign of these feedbacks are currently not understood and can be either positive
or negative, leading to stabilizing or destabilizing feedbacks. The massive ongoing anthropogenic
perturbation of the N cycle (Galloway et al., 2008) is expected to considerably elevate the N:P
ratio of surface waters and will therefore put this conceptual framework at test (see Chapter 2 for
a comprehensive investigation). Red arrows show processes that remove fixed N and blue arrows
those which add it to the ocean. Adapted from (Gruber, 2004).

The first feedback loop invokes N2 fixation which is thought to primarily depend on P* in
the ocean Tyrrell (1999) (see section 1.2.2.1). If a perturbation of the N cycle were to lower the
N:P of the ocean, N2 fixers would become more competitive and N2 fixation would be enhanced,
thus bringing back the N:P ratio towards its initial values. The second and third loop are thought
to operate through denitrification via its sensitivity to export production (Codispoti, 1989). If a
perturbation were to lower the oceanic N:P ratio, oceanic productivity and thus export production
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would decrease. This reduction would lead to an increase in thermocline O2 , a reduction of
the demand for oxidants within the denitrifying waters and a reduction in the flux of organic
matter to the sediments. This would ultimately result in a decrease of denitrification in both
the water column and in the sediments, restoring the oceanic N:P ratio back its initial values.
All processes mentioned above modify oceanic N:P. We can thus differentiate between a direct
stabilizing control of individual processes on themselves (e.g. N2 fixation via N2 fixation) as well
as a stabilization operating indirectly through the other N cycle processes i.e. via a coupling of
the processes (figure 1.6).
These main threads are well established but the strength of the feedbacks, their magnitudes
and their relative importance are poorly understood. Understanding these dynamics is conceptually important because the timescales and strength of these negative feedbacks will determine the
change in N inventory necessary to adjust for a perturbation. If the feedbacks are weak, then a
large change in inventory is necessary to adjust for a perturbation, potentially modifying atmospheric CO2 and thus climate. Else, if these feedbacks are strong, the inventory will only change
by a modest amount and the impact on the carbon cycle will be minimal (Gruber, 2008). Understanding these dynamics is import in order to interpret past changes in the N cycle or to address
its potential perturbations in the present or in the future. We discuss some potential perturbations
of the N cycle in the following section.

1.3 Future challenges and open questions
We have reviewed the current understanding of the N cycle and its potential controls. These
controls were, are and will be subject to changes in the past, present and future. Here we review
expected changes in the forcing factors that may impact the oceanic N cycle and in particular
those related to the ongoing anthropogenic perturbation of the environment. We also review what
we know of the emerging sensitivity of the N cycle to climate variability. At the end of each
section, we state open questions relevant to the work performed in this thesis (see section 1.4.1
for the objectives of the thesis).

1.3.1 A massive anthropogenic perturbation of the marine N cycle via river
input and atmospheric deposition
Since the beginning of the industrial revolution, the human population has rapidly expanded. In
addition, the energy and food consumption per person also increased. The combined effect is
a substantial increase in the global demand for energy met through a massive increase in fossil
fuel combustion, a process which releases fixed N (in the form of NOx, NHy or organic N) to
the environment. In addition, the realization in the early 1900s that naturally occurring fixed N
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would not be sufficient to support the dietary needs of the growing human population stimulated
the invention of the Haber-Bosch process, which allows the production of cheap reactive N (in
the form of NHx) from N2 and energy on an industrial scale. The combined acceleration of these
processes lead to a tenfold increase in the production of fixed N i.e. from 10–20 Tg y−1 in the
late 1800s to 140–200 Tg y−1 in the year 2000 (Lamarque et al., 2013; Galloway and Cowling,
2002). If we continue at this pace, the anthropogenic production of fixed N could reach 900 Tg
y−1 by 2100 (Galloway and Cowling, 2002).
This massive introduction of new anthropogenically sourced N (thereafter termed anthropogenic N) in the environment is a serious preoccupation but should not overshadow the fact
that the invention of the Haber-Bosch process was one of the most successful geo-engineering
experiment ever made, without which half of humanity would probably not be alive (Sutton et al.,
2011a). Nevertheless, the large amount of anthropogenic N released today is responsible for
many catastrophic effects in the atmosphere, on land and in the coastal ocean (Galloway and
Cowling, 2002), polluting the air and drinking water, acidifying rain, fueling harmful algal slime
on land and blooms in river mouths and the coastal ocean (Beman et al., 2005), associated with
eutrophication and the emergence of local suboxic conditions that shrink fish habitats (Rabalais
et al., 2010; Sutton et al., 2011b).
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Figure 1.7 Atmospheric deposition and river input of N inputs to the ocean. (a) Atmospheric
deposition N deposition from 1850 to 2100 in Tg y−1 as estimated by the multi-model mean of
(Lamarque et al., 2013). The blue shading shows the estimated deposition of oxidized forms of
inorganic N, the red shading that of reduced forms of inorganic N, the green shading that of organic
compounds (assumed to compose 30% of total deposited N) and the black curve shows their total.
The rates shown for the period of 2000 to 2100 assume the emission scenario RCP 8.5. (b) River
input of N from 1900 to 2005 in Tg y−1 as estimated by (Beusen, 2014). The blue shading shows
the estimated input of inorganic N, the green shading that of organic N and the black shading that
of particulate N. The dashed red curve shows the N:16P content of organic + inorganic species.
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It is not clear how this anthropogenic perturbation will affect the N cycle in the open ocean.
Despite the fraction of the newly emitted N reaching the ocean being small, the many fold increase
in production of fixed N has resulted in a substantial increase in input to the open ocean to the
point that it has now become, together with naturally occurring N2 fixation, one of the primary
source of fixed N in the ocean. The atmospheric deposition of reactive N has almost tripled from
the preindustrial era to the 2000s with an estimated increase from ∼ 20 to 55 Tg y−1 (Lamarque
et al., 2013, figure 1.7a). Simulations following the RCP 8.5 emission scenario predict that the
deposition of N to the ocean stabilizes following the 2000s and remains constant throughout the
next century. The river input of N is estimated to have approximately doubled over the past
century from 15 Tg y−1 to 30 Tg y−1 (Beusen, 2014, figure 1.7b). Over the course of the next
century, the production of reactive N on land and thus the input of N to the ocean is expected to
increase. River input of P has also been estimated to increase over the last century although to a
lesser extent than N such the the N:P content of the river input also increased over time (figure
1.7b, dashed red line). Only few studies have investigated the impact of such a perturbation on
the oceanic N and C cycle. For a detailed literature review as well as a full investigation, please
refer to chapter 2 and 4. The large anthropogenic perturbation of the global N cycle may have
important consequences marine N cycle and thus pose a number of important questions:
• Is the increase in N availability in the ocean fertilizing biological production?
• How strongly do negative feedbacks of the N cycle stabilize such a perturbation and
what sets their timescales?
• Will the perturbation increase the oceanic N inventory?
• Can we detect the anthropogenic N using observable tracers, namely, N*, the δ 15 N of
NO−
3 and PON?

1.3.2 Ocean deoxygenation - will Oxygen Deficient Zones expand?
The anthropogenic perturbation may also be exerted on the N cycle indirectly, via physical
changes associated with the increased radiative forcing, and its impact on O2 in the ocean.
Sarmiento et al. (1998) were the first to suggest that global warming would lead to a decrease
in the oceanic O2 inventory. The anthropogenically driven increase in ocean stratification is expected to reduce the supply of O2 rich waters to the ocean interior (Sarmiento et al., 1998) but
also curtail the supply of nutrients to the euphotic zone and thus decrease primary production
(Bopp et al., 2013). Today, ample model evidence show that the ventilation driven reduction in
O2 will exceed the concomitant biologically driven increase in O2 and foment global ocean deoxygenation (Sarmiento et al., 1998; Bopp et al., 2002; Keeling et al., 2010; Bopp et al., 2013;
Cocco et al., 2013; Long et al., 2016).

1.3. Future challenges and open questions

27

It would be reasonable to assume that the decrease in thermocline O2 results in the expansion of ODZs and thus increase denitrification over time. However, while all models agree on a
decrease of oceanic O2 inventory, they do not corroborate the same response for the volumes of
ODZs (Bopp et al., 2013). These inter-model discrepancies stem from the generally poor representation of ODZs and the processes that control their extent in global models (Cabre et al.,
2015)
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Figure 1.8 Simulated ocean deoxygenation under the RCP8.5 scenario in an large ensemble simulation of the Community Earth System Model. (a) Observed O2 on σθ = 26.5 in mmol m− 3 (the
data stem from the World Ocean Atlas). (b) Difference between the simulated ensemble mean O2
of the period from 2081 to 2100 and the period from 1981 to 2000 on σθ = 26.5 in mmol m− 3. (c)
Time of emergence of the ensemble mean trend in O2 on σθ = 26.5 in mmol m− 3. (d) Difference
between the simulated ensemble mean ideal age of the period from 2081 to 2100 and the period
from 1981 to 2000 on σθ = 26.5 in mmol m− 3.

Nevertheless, the limited available data all show a decreasing trend in tropical O2 in the
thermocline over the past 50 years, suggesting that ODZs have also increased their extent over
this period (Stramma et al., 2008, 2010b; Czeschel et al., 2012). However, attributing observed O2
trends to anthropogenic forcing is extremely challenging because of the large intrinsic variability
that dissolved O2 exhibits in the ocean (figure 1.8, Frölicher et al., 2009a; Rodgers et al., 2015;
Long et al., 2016). A recent modeling study showed that over large swaths of the ocean, and
especially over the tropics, the current anthropogenically induced trend is indistinguishable from
the background variability. The study further suggests that over the ETP, the trends may only
emerge, depending on the region, earliest in 2020 and latest at the end of the century (figure 1.8,
Long et al., 2016).
Therefore neither predictions nor O2 data or global models are able to provide a clear answer
on the fate of ODZs and hence their potential impacts on the N cycle. Thus, open questions
remain in the current state of our knowledge that have to be answered in order to predict the fate
of the N cycle to increased anthropogenic radiative forcing:
• Will ODZs expand in response to global warming and lead to an increase in the global
rate of WCD?
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• How variable is the volume/geometry ODZs and what is the impact on their total
WCD rates?
• Are the observed trends in O2 a manifestation of anthropogenically forced changes or
low frequency climate variability?

1.3.3 Variability of the N cycle
We have seen that the N cycle is subjected to anthropogenic forcing either directly through the
production of newly fixed N or indirectly via the impact of changes in radiative forcing on ocean
stratification. A large portion of the research in the past decade has focused on assessing and
predicting those trends. But the increase in data coverage is unveiling the inherent variable nature
of the N cycle. Assessing the sensitivity of N cycle processes to the variability of the climate
system is challenging but essential in order to interpret the observational record. Below, we
review the state of our limited knowledge of the variability of N cycle processes.

1.3.3.1 Variability of water column denitrification
To date, little is known of the sensitivity of WCD to the physical changes associated with climate
variability. However, the observational record suggests that the primary controls of WCD i.e. O2
and export production, exhibit large interannual and decadal changes over the Eastern Tropical
Pacific (ETP) where the two ODZs of the Pacific reside (Fuenzalida et al., 2009; Chavez et al.,
2010; Llanillo et al., 2013; Graco et al., 2016; Stramma et al., 2016). Thus, it is expected that
WCD also responds to climate forced variability. These expectations are supported the model
results of Deutsch et al. (2011) which suggest large variations in WCD in response to the El Niño
Southern Oscillation (ENSO) over the ETNP. The model further simulates a large reduction in the
total WCD rate in the ETNP from 1960 to 1990 of 60% of the initial rates, followed by an increase
back to the initial levels in the mid 2000s. The authors attribute these trends to changes associated
with the Pacific Decadal Oscillation (PDO), the leading mode of climate variability in the North
Pacific Ocean. These multidecadal trends are further supported by the isotopic composition of
particulate organic nitrogen in the sediments–a proxy for denitrification (section 1.2.1.3)–in the
ETNP (Deutsch et al., 2014). The records show a slow decrease in the δ 15 N of PON from 1960 to
1990 followed by a sharp increase towards 2010, consistent with the modeling results of Deutsch
et al. (2011). The authors attribute the changes to variations in the tropical trade winds for which
they suggest the slow decrease over the 20th century is anthropogenically driven and the rapid
and strong resumption in the 1990s is a manifestation of low frequency climate variability. The
extension of these sediment records into the last millennia shows that the pattern of variation of the
δ 15 N interpreted by (Deutsch et al., 2014) is a recurring one, suggesting that it is a manifestation
of intrinsic variability of the climate system (Tems et al., 2016).
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Variability of N2 fixation and sedimentary denitrification, the little we know

Today, the spatial coverage of in situ N2 fixation and SDen rate measurements is poor, such that
even the mean state of their global flux is not well constrained (see section 1.2.2.1 and 1.2.2.3).
The magnitude of their variabilities is thus presently unquantified. However, as for WCD, some
of the controls of N2 fixation and SDen are sensitive to climate variability associated changes.
It is well established that NPP strongly responds to large scale modes of variabilities across the
ocean (Chavez et al., 2010). Thus, given the first order dependence of SDen on carbon export, it
is expected that it exhibits a comparable variability. In addition, there is substantial evidence of a
strong sensitivity of ecosystem structures to climate forced physical changes in the ocean. Large
scale shifts in plankton communities, including N2 fixers were observed over the past decades,
driven by changes in light availability and nutrient supply (Beaugrand et al., 2009; Hinder et al.,
2012; Laufkötter et al., 2013; Rivero-Calle et al., 2015; Rousseaux and Gregg, 2015; Barton
et al., 2016). In particular, a recent study restricted to the North Atlantic, showed that the local
variability in Trichodesmium spp presence (a common N2 fixer) is large, exhibiting a fivefold
increase in its observed presence followed by a decrease of the same amount over the timespan
of a decade (Rivero-Calle et al., 2016). A large variability of N2 fixation is further supported by
the measurements at station Aloha in Hawaii, long enough to reveal up to three-fold interannual
variations in the observed rates (Dore et al., 2002; Böttjer et al., 2016).
Thus, the emergence of climate variability as a potential driver for change of marine N cycle
processes pose a number of important questions:
• How variable are N cycle processes i.e., denitrification and N2 fixation?
• What controls the variability of denitrification and N2 fixation?
• Are sources and sinks coupled on interannual and decadal timescales?
• How does the variability of the N cycle translate to variations in N* and the δ 15 N of
NO−
3 and PON?
• Can we detect the anthropogenic N* and δ 15 N signals given their variability?

1.4
1.4.1

Objectives and structure of the Thesis
Objectives

The overarching goal of the present thesis is to investigate the dynamics of the N cycle over the
Anthropocene. More specifically, it aims to assess the response of the marine N cycle to the

Chapter 1. Introduction

30

anthropogenic increase in fixed N supply to the ocean as well as to climate forced variability
and change. It particularly attempts at providing answers to some of the questions presented in
section 1.3. There are five major objectives in this thesis:
1. To quantify the impact of the anthropogenic N perturbation on the marine N and C cycles.
More specifically, we aim (i) to quantify the strength and timescale of the negative N feedbacks triggered by the anthropogenic N perturbation and to assess their primary drivers, (ii)
to estimate the fertilization effect of the additional N inputs on biological production.
2. To predict the magnitude and spatial structure of the fingerprint left by the increase in the
supply of anthropogenic N to the ocean on relevant observable tracers of the marine N cycle
i.e. N* and the δ 15 N of NO−
3 or PON.
3. To quantify (i) the sensitivity of N cycle processes to climate forced changes and (ii) to
quantify the spatial structure of the changes on interannual to multidecadal timescales.
4. To understand the cascading effects that drive the variability of marine N cycle sources and
sinks.
5. To quantify the magnitude of climate driven changes of relevant observable tracers of the
N cycle i.e. N* and the δ 15 N of NO−
3 or PON, and the implication of their variability for
the detection of anthropogenic N.

1.4.2 Structure of the thesis
In addition to the present introductory chapter, the thesis comprises of 3 chapters (the core of the
work), a synthesis chapter as well as two appendix chapters that complement Chapter 2 and 3.
Chapter 2: The anthropogenic perturbation of the marine nitrogen cycle by atmospheric deposition: Nitrogen cycle feedbacks and the 15 N Haber-Bosch effect. In this chapter, we investigate
the impact of the increase in atmospheric deposition of anthropogenic N over the ocean over the
period from 1850 through 2100 using by analyzing the results a global ocean model forced with
five scenarios of N deposition. We specifically address objective 1 and 2 of the thesis.
Chapter 3: ENSO driven variability of denitrification and suboxia in the Eastern Pacific Ocean.
In this chapter, we investigate the dynamics of Pacific ODZs and their associated denitrification
rates in response to the he El Niño-Southern Oscillation (ENSO) over the period 1948 to 2009,
using a global ocean model forced with reconstructed atmospheric fields. We specifically address
objective 3 and 4 of the thesis.
Chapter 4: The variable N cycle during the Anthropocene. In this chapter, I investigate the trends
in the N cycle processes and some relevant observable tracers over the period 1948 to 2009 using
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two climate variable simulations, one that has been forced by transient anthropogenic N forcing
and one where the N forcing has been kept to preindustrial conditions. I first investigate the
relative contribution of the changes driven by the anthropogenic N from those driven by climate
forcing from 1960 to 2009 and their implications for the detection of anthropogenic N. I then
focus on the Pacific Ocean where I investigate the spatial structure and timescales associated with
climate driven variability and changes in N cycle processes. Finally, I investigate the impact of
these changes on observable tracers and link them to the physical changes. This chapter bridges
the questions investigated in Chapter 2 and 3 and thus addresses all objectives of the thesis to
some extent i.e. objective 1, 2, 3, 4, 5 are addressed.
Chapter 5: Synthesis and Conclusion. In this chapter, I synthesize the main findings and conclusions in the light of the objectives outlined in the present section. We further discuss the caveats
and limitations of the employed methods. I further contextualize the main findings of the thesis
and examine some of the open questions emerging from this work by suggesting potential avenue
for future research.
Appendix A: Supplemental information for Chapter 2. This appendix provides supporting text,
tables and figures for chapter 2. It also describes the equations related to the marine N cycle and
the 15 N module of the employed biogeochemical model as well as the choice for our parameter
values, relevant to the work of chapter 2 and 4.
Appendix B: Supplemental information for Chapter 3. This appendix provides supporting, tables
and figures for chapter 3.
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Chapter 2

The anthropogenic perturbation of the
marine nitrogen cycle by atmospheric
deposition: Nitrogen cycle feedbacks and
the 15N Haber-Bosch effect
Yang, S., & Gruber, N. (2016). The anthropogenic perturbation of the marine nitrogen cycle
by atmospheric deposition: Nitrogen cycle feedbacks and the 15 N Haber-Bosch effect. Global
Biogeochemical Cycles, 1418–1439. http://doi.org/10.1002/2016GB005421

Abstract
Over the last 100 years, anthropogenic emissions have led to a strong increase of atmospheric
nitrogen deposition over the ocean, yet the resulting impacts and feedbacks are neither well understood nor quantified. To this end, we run a suite of simulations with the ocean component of
the Community Earth System Model v1.2 forced with five scenarios of nitrogen deposition over
the period from 1850 through 2100, while keeping all other forcings unchanged. Even though
global oceanic net primary production increases little in response to this fertilization, the higher
export and the resulting expansion of the oxygen minimum zones cause an increase in pelagic
and benthic denitrification and burial by about 5%. In addition, the enhanced availability of fixed
nitrogen in the surface ocean reduces global ocean N2 -fixation by more than 10%. Despite the
compensating effects through these negative feedbacks that eliminate by the year 2000 about 60%
of the deposited nitrogen, the anthropogenic nitrogen input forced the upper ocean N-budget into
an imbalance of between 9 to 22 Tg N yr−1 depending on the deposition scenario. The excess
nitrogen accumulates to highly detectable levels and causes in most areas a distinct negative trend
in the δ 15 N of the oceanic fixed nitrogen pools - a trend we refer to as the 15 N Haber-Bosch ef-
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fect. Changes in surface nitrate utilization and the nitrogen feedbacks induce further changes in
the δ 15 N of NO3 , making it a good, but complex recorder of the overall impact of the changes in
atmospheric deposition.

2.1 Introduction
Human activities, especially the ever growing use of industrial nitrogen fertilizers as well as the
production of fixed nitrogen compounds during the burning of fossil fuels, have resulted in a
massive and wide-spread perturbation of the global nitrogen cycle, with many cascading effects
(Galloway et al., 2003, 2008; Gruber and Galloway, 2008). The onset of this perturbation dates
back to the 19th century, but it was the invention of the Haber-Bosch process in the early 20th
century to synthesize industrial fertilizers that led to a massive acceleration of this perturbation
(Smil, 2001). Among the many consequences is the large increase in the input of fixed nitrogen
into the ocean, both through atmospheric deposition and river inputs. While the inputs by rivers
and through the atmosphere amounted to about 40 Tg N yr− 1 (1 Tg = 1012 g) (Gruber, 2008)
in pre-industrial times, they more than doubled to about 90 Tg N yr−1 today. Thus, they have
reached the same order of magnitude as marine N2 -fixation (Deutsch et al., 2007; Gruber, 2008;
Grosskopf et al., 2012; Luo et al., 2014), which is considered to be the primary pathway for new
fixed nitrogen to enter the ocean.
While the potential for a substantial anthropogenic perturbation of the marine nitrogen cycle
had been recognized already in the 1980s (e.g., Duce, 1986; Fanning, 1989), most of the studies
conducted so far have focused on the impact of the increase in the nutrient load by rivers, causing local eutrophication and the development of “dead zones” in coastal regions (Beman et al.,
2005; Diaz and Rosenberg, 2008; Rabalais et al., 2010). Much less research has been conducted
regarding the impact of the anthropogenic tripling of the atmospheric input of nitrogen, i.e., the
estimated increase from about 20 Tg N yr− 1 to above 60 Tg N yr− 1 (Duce et al., 2008; Lamarque
et al., 2013). This is largely because the input by atmospheric deposition occurs in a much more
diluted manner than that by rivers and is spread over wide swaths of the open ocean, making
the deposition signal weak relative to the generally much larger amounts of fixed nitrogen being
turned over by circulation/mixing and biology (Gruber, 2008; Doney, 2010). Only in the last
decade, has the anthropogenic perturbation of the atmospheric nitrogen deposition emerged as
an element of concern in the study of the marine nitrogen cycle (Doney et al., 2007; Duce et al.,
2008; Gruber and Galloway, 2008; Krishnamurthy et al., 2007, 2009; Doney et al., 2007; Okin
et al., 2011; Suntharalingam et al., 2012; Kim et al., 2014).
In order to assess the possible impact of the anthropogenic perturbation of the atmospheric
nitrogen deposition onto the ocean, it is helpful to consider two extreme scenarios. In the first
one, the deposited anthropogenic nitrogen would create an excess nitrogen that behaves like any
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other transient, conservative tracer that enters the ocean through the surface, such as bomb radiocarbon (Broecker et al., 1980, 1986; Graven et al., 2012) or chlorofluorocarbons (Fine, 2011). In
this case, the excess nitrogen would first accumulate in the surface ocean and then be transported
and mixed downward into the thermocline, reflecting the time history and spatial pattern of the
deposition. Some of the deposited anthropogenic nitrogen molecules would nevertheless be incorporated into organic matter and subsequently transported downward or laterally, but as long
as biological production remained unchanged in response to the deposited nitrogen, the created
nitrogen excess still would behave conservatively. This is because the biological fixation of an
anthropogenic nitrogen molecule occurs at the expense of “natural” nitrogen molecule not being
fixed and left in the water in its dissolved form. As a consequence, the excess concentration does
not change, explaining its conservative behavior. This case is directly analogous to the oceanic
uptake of anthropogenic CO2 from the atmosphere, where this CO2 is overall behaving conservatively, even though any given molecule might be taken up by photosynthesis and thus participate
in the biological loop (Gruber et al., 2009).
The other extreme is a full compensation of the anthropogenic perturbation through negative
feedbacks in the marine nitrogen cycle (Gruber, 2004; Canfield et al., 2010; Voss et al., 2013),
leaving no net accumulation of fixed nitrogen in the ocean (see figure 2.1). The first negative
feedback involves a decrease of marine N2 -fixation by diazotrophic organisms, owing to these organisms losing their competitive advantage in an ocean with increasing amounts of fixed nitrogen
(Karl et al., 2002; Zehr and Kudela, 2011). The second negative feedback involves an increase in
denitrification in the water column and in the sediments (Codispoti, 1989), induced by the fertilization of primary and export production and enhanced by the diminishing oxygen levels in the
ocean’s interior stemming from the higher demand for oxygen to remineralize the extra organic
matter.
To date, only a few studies have fully assessed where the ocean lies within this continuum
between the two extremes, i.e., how strong the feedbacks are and how much of the anthropogenic
perturbation may be compensated for. The works of Kim et al. (2011) for the marginal seas
bordering the northwestern Pacific, and more recently of Kim et al. (2014) for the open North
Pacific suggest actually a behavior akin to the first extreme. These authors used observations of
N*, i.e., a measure of the excess of nitrate over phosphate (N* = [NO3 ] - 16[PO3−
4 ] + 2.6 mmol
−3
m ) (Gruber and Sarmiento, 1997), to infer upper ocean accumulation of fixed nitrogen over
time that corresponded well to the magnitude of atmospheric deposition. This implies a more
or less conservative behavior of the deposited nitrogen with a very low level of compensation.
But neither Kim et al. (2011) nor Kim et al. (2014) addressed whether this accumulation of fixed
nitrogen induced a negative feedback in the marine nitrogen cycle.
This contrasts with a number of model-based studies that tended to emphasize these feedbacks, even though they largely limited their analysis to only a single aspect, i.e., the response
of productivity to this macronutrient fertilization (Duce et al., 2008; Okin et al., 2011; Krish-
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Figure 2.1 Schematic representation of the negative N-feedbacks induced by the anthropogenic
increase in the atmospheric N-deposition. The sign of the response is given relative to a positive
perturbation of atmospheric N-deposition. An increase in N-deposition leads to a positive N* perturbation that enhances NPP and export resulting in an increase in both water column and benthic denitrification. The positive N* perturbation also decreases the competitive advantage of diazotrophs
leading to the reduction of N2 -fixation. Both the increase in denitrification and the decrease in
N2 fixation lead to a reduction in N*, i.e., offsetting the initial perturbation. Thus they constitute
negative feedbacks. The lighter gray arrows shows how the dampening of ocean fertilization by
N2 -fixation reduces the strength of the negative feedback through water column denitrification.

namurthy et al., 2007, 2009; Doney et al., 2007; Suntharalingam et al., 2012). Despite large
differences in the complexity of their approaches, all of these studies came to the same conclusion regarding this fertilization effect, i.e., that the atmospheric nitrogen deposition induced
increase in productivity and export is relatively small, ranging from less than 1% to about 3%
globally. This low number was interpreted to largely reflect the presence of other factors limiting
phytoplankton growth, such as iron, phosphorus and light.
The only studies that looked beyond this primary response are Krishnamurthy et al. (2007)
and Krishnamurthy et al. (2009), who used an older version of the three-dimensional ocean biogeochemistry model that we will employ here, and more recently Somes et al. (2016) who used
a relatively coarse resolution Earth System Model. In the case of the N2 fixation feedback, all
studies found a substantial negative response which acted to suppress the response of primary
production, leading to a change of less than 2% in all studies. Somes et al. (2016), who used the
only model suited to investigate the response of the other feedbacks, also simulates a stabilizing
response of water column denitrification which, together with the N2 fixation response, acts to
compensate most of the anthropogenic perturbation.
The geological record and many studies clearly support the presence of strong negative feedbacks in the marine nitrogen cycle (Deutsch, 2004; Eugster et al., 2013; Canfield et al., 2010;

2.1. Introduction

37

Gruber, 2004). Without those feedbacks, and given the relatively short turnover timescale for
fixed nitrogen in the ocean of a few thousand years (Eugster et al., 2013), the Earth’s nitrogen cycle would have quickly run away from its long-term homeostasis, causing large swings in ocean
productivity for which the sedimentary record shows no sign of. Thus, one could infer that these
feedbacks likely lead to a strong compensation of the anthropogenic perturbation as well, but
there exists no quantitative assessment yet to date of this compensation.
The ratio between light 14 N and heavy 15 N in oceanic nitrate, i.e., δ 15 NO3 may prove to be
a good proxy to study what fraction of the deposited nitrogen accumulates and what fraction is
being compensated for. This is because atmospheric deposition of nitrogen from anthropogenic
sources adds nitrogen with a low δ 15 N to the ocean. This causes a decrease of the δ 15 N of nitrate
and ammonium through time, which subsequently will also be reflected in the organic nitrogen
formed from these substrates. We will refer to this anthropogenic deposition induced negative
trend of the δ 15 N of any oceanic pool of fixed nitrogen as the “15 N Haber-Bosch effect” in analogy
to the “13 C Suess effect ” (Keeling et al., 1979). We coin this effect after Fritz Haber and Carl
Bosch to reflect the pronounced impact that their early 20th century invention of industrial N2
fixation has had on the global nitrogen cycle (Smil, 2001). Our coinage does not imply, of course,
that the Haber-Bosch process is responsible for the entire anthropogenic perturbation of the Ncycle (Galloway and Cowling, 2002; Gruber and Galloway, 2008). Thus by naming the effect
after Haber-Bosch we symbolize the advent of the anthropogenic perturbation rather than its only
driver.
In the extreme case where the excess nitrogen behaves as a conservative tracer, one expects
the emergence of a tight correlation between the excess nitrogen and the decrease in its δ 15 N.
However, in contrast to the excess nitrogen, the biological loop may transport the isotopic signal
associated with the 15 N Haber-Bosch effect, even in the case of constant productivity. This is
because the isotopic signal associated with the anthropogenic nitrogen differs from that associated
with the “natural” (background) nitrogen, so that the isotopic signal gets transported by biology
even though there is no net biological transport of the excess (anthropogenic) nitrogen. This is
analogous to the biological transport of the 13 C Suess effect. However, we expect the transport
of the isotopic signal by the biological pump to be relatively small, largely because most of the
exported nitrogen remineralizes at shallow depths. Analyses of the biological transport of the 13 C
Suess support this assumption (Schmittner et al., 2013).
In the presence of a response of the marine nitrogen cycle feedbacks, this 15 N Haber-Bosch
signal will be substantially altered. This is because nitrogen fixation adds fixed nitrogen with a
low δ 15 N to the NO3 pool, while water column denitrification tends to enrich it strongly (Sigman
et al., 2009). Further modifications arise because the nitrogen deposition induced changes in
productivity cause changes in the relative degree of NO3 utilization, which leaves a distinct signal
in δ 15 NO3 , owing to the preferential uptake of the lighter 14 N over the heavier 15 N (Wada, 1980;
Waser et al., 1998; Montoya and McCarthy, 1995). By combining changes in N* and in δ 15 NO3
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one might develop clear criteria that allow for the detection of changes in the nitrogen cycle driven
by the changes in the atmospheric nitrogen input.
A proper characterization of the deposition driven changes in the δ 15 N of NO3 and of the
particulate organic nitrogen (PON) aids also in the interpretation of any observed change in these
parameters. This is especially important since very few studies in the past considered the HaberBosch effect in the discussion of their 15 N records over the past 250 years, thus missing a potentially important contribution to the observed variations.
Here, we investigate the impact of the transient increase in atmospheric nitrogen deposition
on ocean biogeochemistry and the marine nitrogen cycle, using a fully-nitrogen feedback enabled ocean biogeochemical model. We investigate the historical period, i.e., 1850 to 2000, as
well as the potential future (2000-2100) using the high-emission scenario RCP8.5. We thereby
specifically attempt to quantify the magnitude, strength, and timing of the negative nitrogen cycle
feedbacks, and how they determine the degree of compensation. We also investigate the imprint
left by the nitrogen perturbation on detectable tracers such as N* and the δ 15 N of NO3 and PON.

2.2 Methods
2.2.1 Model Description
We used the ocean component of the Community Earth System Model (CESM) from the National Center for Atmospheric Research (Gent et al., 2011). Specifically, we employed Version
1.2, which is based on the Parallel Ocean Program version 2 (POP2), configured at a nominal
resolution of 3◦ , with a tropical refinement to 0.6◦ in meridional direction. The physical model
is similar to the one used in CESM 1 (Lindsay et al., 2014), with the important exception of
the imposition of a high horizontal mixing rate in a small band along the equator in the Pacific,
mimicking the unresolved equatorial jets that bring oxygenated waters to the oxygen minimum
zones (OMZ) of the eastern tropical Pacific (Getzlaff and Dietze, 2013). Also several notable
improvements have been made to the Biological Elemental Cycling (BEC) model, i.e., the marine biogeochemical/ecological model embedded into POP2. It is a classical plankton functional
type (PFT) model, which includes multiple phytoplankton groups limited by multiple nutrients
(Moore et al., 2004, 2013a). Namely, it includes the explicit cycling of carbon, nutrients (N, P,
Fe and Si - which limit phytoplankton growth), oxygen and alkalinity. Three prognostic phytoplankton types and one adaptive zooplankton type are represented. Small phytoplankton have
high maximum growth rates and are limited by temperature, light, N, P and Fe. Diatoms are
also limited by N, P, Fe and Si and are parameterized to be competitive under nutrient-rich and
low light-limited environments. Diazotrophs have low maximum growth rates and can fix atmospheric N2 (no N-limitation) as well as ambient NO3 , NH4 and DOP (Moore et al., 2013a). The
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coccolithophores (calcifying phytoplankton) are parameterized implicitly as a variable fraction
of small phytoplankton. The zooplankton graze on all phytoplankton groups depending on their
concentration, a prey-specific maximum growth rate and a grazing preference with the routing of
grazed materials also depending on prey type. This version of BEC was designed on the premise
that the plasticity of phytoplankton with regard to their nutrient and carbon requirements is small,
and thus most processes are parameterized with fixed stoichiometry, particularly those associated
with the cycling of N, P, and C.
Several improvements were made with regard to the modeling of the marine nutrient cycles
relative to BEC in CESM1 (Moore et al., 2013a). Namely, the model now includes the input of
nutrients by atmospheric deposition and rivers, as well as parameterizations for benthic denitrification (following Bohlen et al., 2012) and nutrient burial in the sediments (following Dunne
et al., 2007) (see section A.3). Further, the improvements of the physical supply of oxygen into
the OMZs as well as a small reduction in the rate of remineralization of organic matter in the
OMZs led to large reduction in the modeled water column denitrification rates. This brought
the model’s globally integrated water column denitrification rate into consistency with the recent
observationally-based estimates (see table A.1). Thus, this model version includes for the first
time all major sources and sinks of fixed nitrogen in the ocean, consisting of fixed nitrogen entering the ocean system through N2 -fixation by diazotrophs, atmospheric deposition and river input,
and fixed nitrogen leaving the system through pelagic and benthic denitrification, as well as burial
in the sediments.
We included the cycling of 15 N into this version of BEC, starting from the work of Eugster
(2011). This required the addition of a 15 N state variable to all nitrogen-bearing state variables
in BEC: NO3 , NH4 , DON, refractory DON as well as small phytoplankton, diazotrophs, diatoms
and zooplankton. To calculate the exchange of 15 N between the different pools, the total nitrogen
(14 N + 15 N) fluxes are multiplied by its source 15 N/(14 N + 15 N) content and then by a constant
fractionation factor depending on the process. The fractionating processes, i.e., the processes that
have a fractionation factor differing from 1, include water column denitrification, benthic denitrification, nitrification, nutrient uptake by phytoplankton and zooplankton excretion. In contrast,
zooplankton feeding and all remineralization processes are assumed to have no isotopic fractionation. A full description of the nitrogen cycle in BEC as well as of its 15 N module can be found
in section A.3, including our choices for the parameter values.

2.2.2

Simulations

The ocean component of CESM was spun up for 2000 years with COREv2 normal year forcing
(Large and Yeager, 2004) and a reconstructed field of monthly preindustrial atmospheric nitrogen
deposition (Lamarque et al., 2013) (see details below and figure. 2.2a). The river input of all
nutrients and the atmospheric deposition of dust and Fe was left unchanged from previous control
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simulations. After 2000 years, the model’s fixed nitrogen inventory drifted by about 19 Tg N yr−1 .
As we see close to no drift in the individual processes of the marine N-cycle (less than 0.05 Tg N
yr−1 decade−1 ), a longer spinup would not have had much effect in reducing this drift. We rather
suspect that this is related to the presence of a structural imbalance arising from the stoichiometry
of the inputs and outputs of the nutrients (Landolfi et al., 2013). This drift has virtually no impact
on our results, particularly since the maximum rate of change of nitrate is less than 0.01 mmol
m−3 N decade−1 and that for δ 15 NO3 less than 0.0007 h decade−1 . We nevertheless explicitly
account for this drift by running a control experiment, where the preindustrial forcing from the
spinup was extended for an additional 250 years. The results shown for the different simulations
are presented as anomalies from this control experiment, i.e., the results for the simulation minus
those for the control experiment.
From this spun-up state, we ran several 250 years simulations with transient atmospheric deposition forcing over the period 1850 until 2100. The base-case simulation used the original atmospheric nitrogen deposition fields of Lamarque et al. (2013) consisting of the 1850 through 2000
historical estimates and the 2000 through 2100 deposition estimates projected for the RCP8.5
emission scenario. These atmospheric nitrogen deposition fields were reconstructed using the
multi-model mean result of the models that participated in the Atmospheric Chemistry and Climate Model Intercomparison Project (Lamarque et al., 2013). The NOx and NHy deposition
fields were produced from outputs of 10 and 5 models, respectively, for the 1850-2000 period and
7 and 3 models, respectively, for the 2000-2100 period (RCP8.5 emission scenario). The modeled deposition fields for the present-day were extensively evaluated by Lamarque et al. (2013),
Table 2.1

Overview of performed experiments.

Forcing strength

δ 15 N of NOxanth (h)

δ 15 N of NHyanth (h)

Forcing

1

-7

-10

transient

-3
-3
-3
-3

-3
-3
-3
-3

transient
transient
transient
transient

-3
-10
-3
-3

-3
-20
-15
-20

transient
transient
transient
transient

-3

-3

year 2000

Base case
BC

Sensitivity to N-deposition strength
m30
m15
p15
p30

0.7
0.85
1.15
1.3

Sensitivity to δ 15 N of deposition
conservative 1
mixed
1
nhy1
1
nhy2
1
Pulse experiment
pulse
1
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showing good agreement with observations in terms of magnitude and distribution, although few
observations constrain the historical reconstructions.
We ran 4 additional experiments where we varied the strength of the N-deposition forcing
by scaling the anthropogenic portion of the deposition from the base-case with a globally constant factor (0.70, 0.85, 1.15, and 1.30) in order to determine the sensitivity of the results to the
magnitude of the forcing. We also ran a pulse experiment where the preindustrial N-deposition
forcing was instantaneously changed to year 2000 N-deposition in order to separate the timing of
the nitrogen cycle response induced by the transient nature of the forcing and the actual timing
of activation of ocean internal feedbacks. In all simulations, the physical forcing was kept to
COREv2 normal year so that any changes in ocean biogeochemistry resulted solely from changes
in atmospheric nitrogen deposition.
It is estimated that about 30% of all deposited nitrogen is of organic form (Cornell et al.,
2003; Mace et al., 2003; Nakamura et al., 2006; Jickells, 2006). We assumed here that this
proportion is constant through time and therefore multiplied the NOx and NHy fields by 1/0.7 ∼
1.43. figure 2.2 shows the distribution of N-deposition in 1850 and 2000 for the base case as well
as time evolution of globally integrated deposition of NOx and NHy (including organic forms)
for all transient simulations. In the base case, global atmospheric N-deposition is 23 Tg N yr−1
in 1850 and increases sharply from 1950 to 2000 leading to almost a tripling of the preindustrial
level (59 Tg N yr−1 ). After 2000 (RCP8.5) NOx deposition is projected to decrease, while NHy
deposition is projected to increase further resulting in a total deposition that remains relatively
constant until 2100.
The spatial distribution of the deposition changes as well. In preindustrial times, most of
the nitrogen deposition over the ocean is reconstructed to have occurred in the tropics close to
the areas of natural emissions. Thereafter, the maximum deposition rates shifted northward into
the mid-latitudes of the northern hemisphere, reflecting primarily the anthropogenic emissions
(Lamarque et al., 2013). The strong emissions from China, India, Europe and North America
result in high deposition rates in the adjacent coastal regions as well as in the downwind areas of
the North Pacific and the North Atlantic with strongest deposition rates on the western side of the
basin decreasing eastward. High deposition rates are also found in the Indian Ocean, especially
in the Arabian Sea, the Bay of Bengal and over Indonesia.
No spatially and temporally explicit deposition field exists for the 15 N/14 N ratio of the deposited atmospheric nitrogen, requiring us to reconstruct it ourselves. Ice cores (Hastings et al.,
2009; Geng et al., 2014), as well as lake sediments over North America (Holtgrieve et al., 2011)
reveal that after a period of relatively constant values, the δ 15 N of the total deposited nitrogen began to decrease substantially in the late 19th century. This is interpreted to reflect the increasing
contribution of human-derived sources with lower δ 15 N values relative to preindustrial N-sources
(Hastings et al., 2009; Sofen et al., 2014a; Geng et al., 2014). However, direct measurements of

42

Chapter 2. Atmospheric N deposition, the N cycle and the 15 N Haber-Bosch effect

Figure 2.2 Spatial and temporal pattern of the atmospheric nitrogen deposition applied to our
model-based study based on the work of Lamarque et al. (2013). (a) Map of the preindustrial
deposition of total nitrogen (NOx + NHy + organic N) from the atmosphere to the ocean. (b), as
(a) but for the year 2000. (c) Temporal evolution of the globally integrated deposition of oxidized
forms of nitrogen over the ocean (NOx and oxidized forms of organic nitrogen). The solid black
curve represents total yearly N-deposition for the base case (monthly values in gray shading), while
the solid red curve represents its isotopic composition. The dashed black lines depict the yearly
N-deposition for the different sensitivity experiments, while the dashed red lines show the average
isotopic composition of the deposition for the different isotopic composition scenarios. (d) As (c),
but for reduced forms of nitrogen, i.e., NHy and reduced forms of organic nitrogen. See table 2.1
for a detailed description of all performed experiments.

the δ 15 N values of N-species emitted from natural sources are very scarce and those emitted from
anthropogenic sources vary widely depending on the individual emission process (Fibiger et al.,
2014; Felix and Elliott, 2014; Walters et al., 2015). In addition, the relative contribution of each
source to the deposited N is currently poorly constrained.
In order to reflect the time trend, we modeled the deposition of 15 N from the atmosphere by
considering different, but constant 15 N/14 N ratios for the preindustrial and anthropogenic components of the deposition. This approach ignores the large spatial variations in the δ 15 N, but
we currently lack the information for a more detailed approach. To separate the total deposition into the two components, we assumed that the natural component remains unchanged from
1850 onward, and assigned any increasing deposition to the anthropogenic component (see section A.1). For the δ 15 N of the preindustrial component, we used a value of -3h for all chemical
species. This value is chosen to reflect the composition of the limited natural sources that have
been quantified today (Hoering, 1957; Felix et al., 2013) rather than the positive values recorded
in ice cores (NOx only) that may be biased by spatial variations in the isotopic composition of
the N-deposition (global vs polar).
For the δ 15 N of the anthropogenic component of the deposition we also used a constant value,
but considered a range of scenarios to reflect the high uncertainty. Specifically, we varied the
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δ 15 N of the anthropogenic portion of the deposited NOx between -3 and -10h and that of the
deposited NHy between -3h and -20h (table 2.1). For the organic component, we assumed
that the oxidized forms have the same δ 15 N as NOx, and for the reduced forms the same δ 15 N as
NHy. For our base case, we chose an intermediate isotopic composition scenario, where the δ 15 N
of the deposited anthropogenic NOx is -7h and that of deposited anthropogenic NHy is -15h
(table 2.1). This results in a decrease in the δ 15 N of total deposited N from -4.0h in 1850 to -6.0h
in 2000 and a value of -6.4h in 2100 (figure 2.2). We acknowledge that the transient decrease in
δ 15 NOx in our constructed dataset is much smaller than that recorded in ice cores (Hastings et al.,
2009; Geng et al., 2014), even for the most extreme scenarios (figure 2.2). The simulated impact
of increased anthropogenic N-deposition on oceanic δ 15 N might therefore be underestimated.
This discrepancy is most likely a reflection of the difficulties inherent when building a dataset
that reconciles individual source measurements and ice core records. Recognizing the potential
shortcomings, our forcing dataset does reflect well the most important aspect, i.e., having higher
δ 15 NOx values during preindustrial times (Sofen et al., 2014b) followed by a decrease during the
Anthropocene (Hastings et al., 2009).

2.2.3

Preindustrial state and evaluation

The model simulates global rates of sources and sinks for the preindustrial marine N-cycle that are
consistent with observation-based estimates, albeit on the low end of the estimated range for N2
fixation and benthic denitrification (see table A.1). We simulate at the end of the spinup a global
N2 -fixation rate of 110 Tg N yr−1 , a global water column denitrification rate of 79 Tg N yr−1 ,
and a global N-loss to the sediments (benthic denitrification + burial) of ∼100 Tg N yr−1 . The
model simulated nitrogen cycle therefore has a total turnover of fixed nitrogen of about 180 Tg
N yr−1 implying a residence time of about 3000 years, well within the range of current estimates
(see e.g., Eugster and Gruber (2012)).
The model also generally reproduces well the distribution of N* and δ 15 NO3 , strong constraints on the magnitude and distribution of sources and sinks in the marine N-cycle (Gruber and
Sarmiento, 1997; Altabet, 2007; Deutsch, 2004; Deutsch et al., 2007; Eugster and Gruber, 2012;
DeVries et al., 2013). Particularly well captured are the gradient in N* and δ 15 NO3 between the
waters influenced by water column denitrification in the Pacific thermocline, and the near surface
waters influenced by N2 -fixation and atmospheric deposition. However, discrepancies between
simulated and observed N* and δ 15 NO3 also reveal model biases. The model is not able to reproduce the very low N* values seen in the North Pacific, likely because of the coarse-resolution of
our model that causes sedimentary denitrification to be underestimated. Also, low N* and high
δ 15 NO3 signals in the Bay of Bengal reveal the presence of water column denitrification there
instead of the Arabian sea (figure A.1, A.2, A.3). The simulated presence of suboxic waters (defined here as waters with [O2 ]<5 mmol m−3 ) in the Bay of Bengal, which is not observed (Naqvi,
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1987), is a common bias in the current generation of Earth System Models and is likely due to the
models’ inability to capture the complex circulation of the Arabian Sea (Schott et al., 2009). The
model captures the comparatively high N* and low δ 15 NO3 of the Atlantic thermocline waters
but underestimates the strength of the signals probably owing to the model’s underestimation of
N2 fixation there (Figure A.1, A.2, A.3).
For a full description of the simulated preindustrial state and a thorough model evaluation
please refer to section A.2.

2.3 Results
2.3.1 Anthropogenic Changes in N* and δ 15 NO3
At first glance, the upper ocean N* changes between 1850 and 2000 simulated by the base case
deposition scenario (figure 2.3a), suggest a response where N* behaves like a conservative tracer,
i.e., where it follows the first extreme scenario outlined in the introduction. N* is simulated to
have increased over the top 100 m downwind of the big emitting regions where the increase in Ndeposition is highest (figure 2.2). The largest increases in N* between 1850 and 2000 occurred in
the Mediterranean and around Indonesia, with magnitudes in excess of 3 mmol m−3 . Somewhat
smaller, but still sizeable increases in N* are found in the North Pacific and the North Atlantic,
with magnitudes of up to 0.8 mmol m−3 . To first order, these changes tend to scale with the
strength of the forcing so that, in the Pacific for example, changes in the deposition of ±30% lead
to corresponding changes in N*, albeit with a slight asymmetry (-30% for a reduction, 50% for
an increase) (See figure S8a).
The increases in upper ocean N* are accompanied by decreases in δ 15 NO3 , primarily due to
the low δ 15 N of the deposited anthropogenic nitrogen (figure 2.3c), i.e., due to what we termed
the “15 N Haber-Bosch effect”. As was the case for N*, the largest decreases in δ 15 NO3 in the upper 100 m are simulated to occur in the northern hemisphere, where changes in the atmospheric
deposition are highest. By 2000, decreases larger than -1 h are simulated at the coast directly
downwind of big emitters, with the signal being attenuated further offshore over the open ocean
North Atlantic and North Pacific, i.e., reaching values of up to -0.6 h (figure 2.3c). When we
varied the δ 15 N of anthropogenic deposition in our sensitivity studies, the geographic pattern of
the decrease in δ 15 NO3 is similar to the base case but has varying magnitude depending on the
isotopic scenario, with changes averaged over the North Pacific and the North Atlantic ranging
from less than -0.4 h to more than -1.0 h (see figure S9). The tight correspondence between the
changes in upper ocean N* and δ 15 NO3 becomes even more evident when plotting them against
each other (figure 2.4a). This anthropogenic N signal is also transmitted in the 15 N of particulate organic nitrogen (PON), making this pool also a good recorder of these changes (figure 2.4a).
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Figure 2.3 Spatial pattern of simulated changes in the upper ocean nutrient distribution. (a) simulated changes in N* for the year 2000 averaged over the top 100 m ; (b) as (a) but for the mid
thermocline (300 - 500m); (c) as (a), but for the δ 15 NO3 ; (d) as (b) for the δ 15 NO3 ; (e) as (a), but
for the concentration of phosphate; and (f) as (b), but for the concentration of phosphate. Shown are
the results for the base case simulation relative to the preindustrial control experiment.

However, deviations from this upper ocean trend line are clearly visible. For example, the δ 15 NO3
is modeled to have the opposite trend, i.e., shows an increase, along the flanks of the equatorial
Pacific upwelling region (figure 2.3a,c). This indicates clearly a non-conservative behavior, suggesting that the atmospheric deposition must have induced changes in marine biogeochemistry
and the marine nitrogen cycle.
The fact that the modeled distributions of the changes in N* and δ 15 NO3 show both conservative and non-conservative elements becomes fully evident by moving down the water column
(figure 2.3b,d). The N* and δ 15 NO3 signals penetrate deeply into the thermocline in many places,
following at first sight a pattern akin that of a conservative tracer that invades the ocean from the
high latitude outcrops. But a closer inspection of these plots, and especially of the vertical sections
(figure 2.5) reveals a distribution that cannot be explained alone by the invasion of the isotopically
light anthropogenic nitrogen from the surface. Particularly puzzling are the strong decreases in
N* and increases of δ 15 NO3 inside the OMZs, which must be the result of a non-conservative
behavior, i.e., the result of fertilization induced nitrogen feedbacks (see also (figure 2.4b).
The non-conservative change in N* can be diagnosed quantitatively by inspecting PO4 , the
second component of N*. Any change in PO4 must come from nitrogen fertilization-induced
changes in productivity, export and remineralization, since PO4 has no external sources or sinks
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Figure 2.4 Scatterplots of the relationship between the change in δ 15 NO3 and the change in N*
in the year 2000. Results are shown for all grid points (a) in the top 100 m and (b) for the lower
thermocline, i.e., between 500 and 800 m. The color coding represents the corresponding NO3
concentrations. The open circles show the same relationship but for the change in the δ 15 N of particulate organic nitrogen versus the change in N*. Each dot represent the average change in δ 15 PON
for all points falling within a 0.2 mmol m−3 wide bin of change in N*, with error bars showing the
one standard deviation within each bin. Shown are the results for the base case simulation relative
to the preindustrial control experiment.

Figure 2.5 Vertical sections in the western Atlantic (at 30◦ W, left) and western Pacific (at 115◦
W, right) of the model simulated changes for the year 2000. (a) Change in N*. (b) as (a), but for the
change in δ 15 NO3 . Shown are the results for the base case simulation relative to the preindustrial
control experiment.

apart from rivers and burial. figure 2.3e reveals for the year 2000 a clear decrease in PO4 in the
top 100m for most of the northern hemisphere with largest changes in the eastern North Pacific
and eastern Indian Ocean. These decreases suggest that the additional input of nitrogen fueled
additional productivity and export over much of the oceans of the northern hemisphere, with
the exception of the subtropical North Atlantic, where PO4 remains unchanged. The additional
export leads to enhanced remineralization at depth, explaining some of the increase in the PO4
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in the thermocline (figure 2.3f). But the model simulates also decreases in thermocline PO4 ,
suggesting that this simple picture of the anthropogenic nitrogen from the atmosphere fertilizing
ocean productivity and export everywhere without a marine N-cycle response does not hold to
closer scrutiny. This is further supported by the model simulated enhancements of δ 15 NO3 in the
OMZ, indicative of enhanced water column denitrification (figure 2.5). These changes motivate
us to inspect next the changes in the ocean’s biogeochemical processes.

2.3.2

Changes in primary production, export and ocean oxygenation

The deposition of anthropogenic nitrogen fertilizes the ocean across most of the northern hemisphere (figure 2.6a), with local increases in net primary production (NPP) in excess of 10%.
However, the global increase in net primary production (NPP) from 1850 to today is very small
( 1% in the base case, i.e., 0.65 Pg C yr−1 relative to a preindustrial mean of ∼60 Pg C yr−1 ) and
does not exceed 1.6% even in the case with very high deposition. Overall, the relative change in
global NPP scales nearly proportionally with the change in deposition (figure S8). A very striking observation is that while the spatial pattern of the NPP changes largely follow the pattern of
the atmospheric N deposition (figure 2.6a), there are also regions characterized by reductions in
NPP, despite strong increases in atmospheric deposition, e.g., the tropical and subtropical North
Atlantic. This pattern of change is only weakly affected by the magnitude of the deposition,
although we simulate somewhat stronger relative changes in the Atlantic relative to the Pacific
(figure S8).
In order to better quantify the "unexpected" pattern of change in NPP, we contrast the modeled
change with the maximum expected one, i.e., that expected from the anthropogenic N deposition
from the atmosphere and given the oceanic regions where phytoplankton is only limited by fixed
nitrogen. We construct this map by multiplying the atmospheric N-deposition field with the
simulated nitrogen limitation factor for marine phytoplankton (1 if limited, 0 if not) (figure 2.6b)
and then converting this to carbon units with a fixed C:N ratio of 117:16. This map of expected
NPP changes (figure 2.6c) confirms our initial diagnosis, i.e., that over most of the North Pacific
and the Indian Ocean, the simulated increase in NPP is indeed due to the input of anthropogenic
nitrogen, as these are regions of high input and strong N-limitation.
But the exceptions to the direct link between N-input and fertilization stand now out much
more prominently, i.e., the decrease in NPP in the tropical and subtropical North Atlantic, as well
as the increase in NPP at the edge of the equatorial cold tongue in the Pacific. The latter results
from iron limitation preventing a strong nitrogen fertilization effect in the equatorial upwelling
tongue, such that the deposited nitrogen accumulates first locally, and then gets advected to the
edge of the tongue, where nitrogen limitation begins (figure 2.6b). The decrease of NPP in the
tropical and subtropical North Atlantic is more surprising, since it is a region that experienced a
large increase in the deposition of anthropogenic nitrogen. The reason for this decrease in NPP
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Figure 2.6 Maps of the modeled response in ocean primary production and underlying mechanisms. (a) Relative change in vertically integrated net primary production in 2000, i.e., (NPP(2000)NPP(control)/NPP(control))*100; (b) preindustrial nitrate limitation (1 is strongly limited and 0 is
no limitation); (c) Maximum expected change in primary production with the assumption of no
light, PO4 and Fe-limitation estimated from the product of N-limitation, the change in atmospheric
N-deposition and a fixed C:N ratio of 117:16; (d) preindustrial phosphate limitation.

lies in the strong PO4 limitation of marine phytoplankton there (figure 2.6d), so that an increase
in the atmospheric nitrogen deposition does not stimulate additional growth. However, the strong
fertilization in the nitrogen-limited regions upstream of this region, i.e., especially in the South
Atlantic, increases NPP there causing a drawdown of PO4 (figure 2.3e). This reduces the supply
of PO4 to the already phosphate limited region of the tropical and subtropical North Atlantic,
exacerbating this limitation and hence reducing NPP.
The changes in export production tend to closely follow those in NPP in both magnitude and
pattern (figure 2.7a). Globally, the increase in export is less than 1 % with a maximum increase
of 1.0% and minimum increase of 0.4% in the scenarios with largest and smallest magnitude of
deposition (figure 2.7b and figure S8). However, certain regions experience larger changes in
export, with important consequences for the oxygen distribution and the marine nitrogen cycle.
For the year 2000, our base-case model simulates sizeable changes in export over the OMZ,
with an increase in export of ∼6% and ∼3% over the OMZ region defined by the 5 mmol O
m−3 (OMZ5) and 10 mmol O m−3 (OMZ10) isopleths, respectively (figure 2.7b). This trend
continues to the year 2100, with export over the OMZ5 increasing by ∼8% and that over the
OMZ10 by 6 %. The resulting enhanced demand for oxygen during the remineralization of the
exported organic matter when sinking through the water column causes a deoxygenation of the
upper thermocline. This leads to a simulated volume expansion of the OMZs by 2% and 4% for
OMZ5 and OMZ10 by the year 2000, respectively, and a 7% increase for both OMZ5 and OMZ10
by 2100 (figure 2.7d). In the sensitivity experiments, the volumes of OMZ5 and OMZ10 increase
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Figure 2.7 Maps of changes in export and ocean interior oxygen. (a) Absolute change in export
production between the year 2000 and preindustrial conditions diagnosed from the change in the
vertical export flux of particulate organic carbon at 100 m depth. Black contours represent the
extent of waters for which minimal oxygen concentration in the underlying water column is less than
5 mmol m−3 (OMZ5) and less then 10 mmol m−3 (OMZ10) (b) Temporal evolution of the relative
changes in export for different regions (black is global, red is for over the extent of OMZ5 and
blue over the extent of OMZ10; Shaded areas in the background represent the same changes but for
the different sensitivity experiments, with the lighter shading showing changes for the simulations
where the N-deposition was altered by ±30% and the heavier shading showing changes for the
simulations where the N-deposition was altered by ±15% (see table 2.1); (c) Changes in O2 in
the year 2000 on the potential density surface σ=26.5. Also shown as contours are the model
simulated preindustrial O2 concentrations. (d) Temporal evolution of the relative changes in the
global volume of OMZ waters. Blue and red stand for the OMZ volumes defined through their
maximal oxygen concentration; Again, shaded areas in the background represent the same changes
but for the different sensitivity experiments (see table 2.1). Shown in (a) and (b) are the results for
the base case simulation relative to the preindustrial control experiment.

by 5% and 11% for the simulation with the lowest and largest increase in N-deposition by 2100.
This local export-driven expansion of the OMZ is aided by a large-scale fertilization-induced
deoxygenation, which reduces the oxygen concentration in the upper thermocline across the North
Pacific and the Indian Ocean, thereby reducing the oxygen supply to the OMZs (figure 2.7c). As
was the case with all previous responses, also the magnitude and pattern of the export response
scales with the size of the atmospheric N perturbation with a tendency for a stronger response of
export as one increases the atmospheric deposition (figure S8).

2.3.3

Changes in the nitrogen cycle

In response to the increase in the input of anthropogenic nitrogen from the atmosphere, our base
case model simulates a substantial reduction of N2 -fixation as well as sizeable increases in both
water column and benthic denitrification (+ burial) (figure 2.8). Most of the decrease in N2 -
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Figure 2.8 The spatial pattern of the modeled response of the marine nitrogen cycle for the year
2000 for the base case simulation relative to the preindustrial control experiment. (a) Changes in N2 fixation, (b), changes in the sum of N2 -fixation and atmospheric nitrogen deposition; (c), changes
in water column denitrification, and (d) changes in benthic denitrification. All rates have units of
µmol m−2 day−1 .

fixation occurs in the Pacific and the Indian oceans, where the N-limitation of phytoplankton is
alleviated the most. Under these conditions, the diazotrophs lose their competitiveness vis-á-vis
the other phytoplankton, resulting in a strong decrease in their abundance and rate of fixation.
The largest enhancements in water column denitrification are seen in the Eastern Tropical North
Pacific and in the Bay of Bengal, i.e., where the largest expansion of the OMZ occurs. Benthic
denitrification increases where changes in both export fluxes are large and the ocean is shallow,
thus allowing for the enhanced C-flux to reach the ocean floor (figure 2.8d). By 2000, globally
integrated N2 -fixation in the base case simulation decreased by ∼ 11 Tg N yr−1 (-11%), while
total denitrification (+ burial) increased by ∼ 9 Tg N yr−1 (+5%) (figure 2.9). With the total input
through the atmosphere having increased by ∼ 35 Tg N yr−1 up to the year 2000, a fixed nitrogen
excess of ∼14 Tg yr−1 (40%) is simulated to accumulate in the present ocean. The remaining 21
Tg N yr−1 , i.e., the other 60%, is being compensated for by the negative N-cycle feedbacks. This
degree of compensation varies through time from about 50% in the 1950s to about 75% by the
year 2100 (see figure 2.10). Despite this higher level of compensation, the upper ocean nitrogen
budget in 2100 will remain out of balance with the rate of accumulation remaining above 8 Tg
N yr−1 . From 1850 until 2100, the cumulated increase in N amounts to more than ∼1800 Tg
N equivalent to 9% of the top 300m preindustrial N-inventory. When varying the strength of
the forcing, the response of the system is such that a proportionally equivalent excess nitrogen
accumulates in the ocean (figure 2.10) with a minimum of ∼9 Tg yr−1 and a maximum of ∼22
Tg yr−1 for the cases forced with the weakest and largest changes in N-deposition. Integrated
from 1850 to 2100 the total accumulation varies from 1200 to 2600 Tg N yr−1 . The proportional
response of the marine nitrogen feedbacks in our model leads to the fraction of increase in Ninput that is compensated by stabilizing feedbacks to be constant across the different sensitivity
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scenarios with varying forcing strengths (See figure 2.10).

2.4

Discussion

Our model simulations suggest that less than half of the anthropogenic nitrogen added from the
atmosphere actually accumulates in the ocean. This is because this anthropogenic perturbation induces a myriad of cascading effects that form together a set of negative feedbacks that compensate
for more than half of the input. The first cascading effect is the fertilization of the marine biosphere, which not only increases NPP and export, but also causes a shift away from diazotrophic
organisms, i.e., a reduction of N2 -fixation. The second cascade involves higher rates of demand
for oxidants as the additional organic matter settling through the water column and arriving at
the sediments is being remineralized, leading to a drawdown of oxygen. This leads in the third
cascade to enhanced rates of denitrification in both the sediments and the water column, the latter being enhanced by the expansion of the oxygen minimum zones. These cascading effects
leave also a distinct imprint on the δ 15 NO3 , with the 15 N Haber-Bosch effect being altered by the
feedback-induced changes in productivity, N2 fixation and denitrification (figure 2.1).

Figure 2.9 Temporal evolution of the changes in the global oceanic nitrogen budget. Depicted are
the globally integrated responses of the main sources and sinks to the deposition of anthropogenic
nitrogen from the atmosphere. Shaded areas in the background represent the results for the different
sensitivity experiments, with the lighter shading showing changes for the simulations where the
N-deposition was altered by ±30% and the heavier shading showing changes for the simulations
where the N-deposition was changed by ±15% (see table 2.1).
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These results open a number of questions for which we provide answers next. First, why is
the fertilization effect so small, even though fixed nitrogen is considered to be the primary nutrient
limiting ocean productivity? Second, what controls the strength of the oceanic nitrogen feedbacks
and what sets their timescales? Third, what does this imply for the balance of the marine nitrogen
cycle? Fourth, what determines the spatiotemporal signatures of the changes in N* and δ 15 NO3 ?
Fifth, can we detect the anthropogenic imprint and what does this imply for the interpretation of
observed changes in the δ 15 N of nitrate and/or PON? In the following, we address each of these
questions in turn.

2.4.1 What limits the N-deposition induced ocean fertilization?
The global increases in NPP and export from 1850 to 2000 (figure 2.7b) are much smaller than
what could be expected from simple calculations Duce et al. (2008). Even when increasing the
atmospheric deposition forcing by 30%, the response in global export remains small with an
increase of less than 1%.
The first reason for such a weak fertilization is the resulting stronger PO4 limitation preventing additional growth. In the tropical and subtropical North Atlantic, the increase in P-limitation
even leads to a reduction in productivity (figure 2.6a, b). A second reason is the reduction in
N-input through reduced N2 -fixation. In a few places, this reduction exceeds the magnitude of
the additional input from the atmosphere (figure 2.8b), i.e., these places experience a net reduction in the supply of fixed nitrogen. This is especially the case in the subtropical gyres of the
North Pacific, South Indian, and South Atlantic. This reduction in N-input happens because the
response of N2 -fixation is decoupled spatially from the increase in the atmospheric nitrogen deposition, largely due to stronger phosphate limitation imported from upstream regions affecting not
only regular phytoplankton but also the diazotrophs. These regions then show a near zero change
in NPP (figure 2.6a) although they receive a substantial amount of anthropogenic nitrogen and
also belong to the most N-limited regions. Thus, regional compensation in productivity and the
spatial decoupling of the N2 -fixation response from the increase in atmospheric N-deposition in
the context of strong PO4 limitation dampens the fertilization of the ocean biosphere through
atmospheric nitrogen deposition.
The small magnitude of the changes in NPP and export in response to the increase in Ndeposition from 1850 to 2000 are consistent with most previous modeling experiments, especially
those by Krishnamurthy et al. (2007) and Krishnamurthy et al. (2009), who used an earlier version of our model. Also the more recent results of Somes et al. (2016) support this conclusion,
although they forced their model in analogy to our pulse experiment, i.e., with an instantaneous
increase in the anthropogenic nitrogen deposition to the year 2000 level. An exception is the
study of Suntharalingam et al. (2012), who found a substantially higher response of export (4%)
to the increased input of nitrogen from the atmosphere. However, their model does not include
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N2 -fixation, thus they are missing an important mechanism damping the fertilization.
Even though the different studies differ in terms of the exact magnitude of the changes in
NPP and export, they all agree that despite a massive increase in the atmospheric deposition of the
ocean’s primary limiting nutrient, the global response of the ocean’s biological pump is modest. It
is therefore no surprise that we find also a very small change (<1%) in the global oceanic net sink
for atmospheric CO2 (not shown), again confirming the results of Krishnamurthy et al. (2009).

2.4.2

What determines the strength and timing of the negative feedbacks?

Our results suggest a scenario that is in the middle between the two ends of the spectrum we presented in the introduction, i.e., a conservative behavior with all deposited nitrogen accumulating
in the ocean on one end of the spectrum, or a full compensation through the negative feedbacks
on the other end. The magnitude and temporal evolution of the fraction of compensation of the
perturbation is insensitive to the magnitude of the change in N-deposition, owing to the largely
linear change of the response of each of the negative feedbacks to the change in atmospheric
deposition (figure 2.10a).
In order to distinguish between the actual timing of the activation of the negative feedbacks
and the dependence of the response on the transient nature of the forcing in the transient experiments, we turn to the results of the pulse experiment, where we instantaneously increased the
deposition from the preindustrial to the year 2000 level (see figure 2.10b). In this pulse experiment, 60% of the perturbation is already compensated after 25 years, with a slower increase to
∼80% of compensation at the end of the 250 years of simulation. Therefore, the portion of the
perturbation that is compensated in the transient experiments depends strongly on the transient
nature of the forcing as well as the timing of activation of negative feedbacks as seen in the pulse
experiment. This likely explains also the smaller level of compensation we see in our transient

Figure 2.10 Timeseries plots analyzing the marine nitrogen feedbacks. (a) Portion of the perturbation that is compensated by stabilizing feedbacks for all simulations with varying forcing strength
(see table 2.1) as well as a pulse experiment. (b) Change in the global oceanic nitrogen budget for
the pulse experiment. Depicted are the changes relative to the control experiment in the globally
integrated sources and sinks in response to the increase in N-deposition.
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experiments relative to the pulse like experiments of Somes et al. (2016). Because atmospheric
N-deposition stabilizes around the year 2000, the transient experiments exhibit almost the same
amount of compensation as the pulse experiment by year 2100.
Inspection of figure 2.9 and figure 2.10 shows that it is primarily the negative feedback acting
through N2 -fixation that is responsible for the strong and fast initial compensation. Water column
and benthic denitrification respond more slowly, but both contribute roughly equally to the compensation by 2100. The stronger response of N2 -fixation is perhaps to be expected, as it is the
process that is most directly affected by the increase in the atmospheric deposition of nitrogen due
to its reduction of the competitive advantage of diazotrophs. As explained in the previous section,
the response of N2 -fixation dampens fertilization (figure 2.6a) thus also limiting the denitrification
response by preventing a further decrease in thermocline oxygen. Therefore, both the dampening
of fertilization by the decrease in N2 -fixation and the isolated nature of the OMZs limit the potential of the negative feedback through water column denitrification on decadal to centennial time
scales. Benthic denitrification (and burial) also has the potential to show a widespread response,
but the changes in export along the ocean’s margins are too small to trigger a strong response.
Given the underestimation of benthic denitrification in the model, it is likely that the model underestimates also the response of this process to the nitrogen fertilization. A similar sequence of
responses was also simulated by Somes et al. (2016) in that N2 fixation also responded within
a few years, whereas it took decades for water column denitrification to respond. Their modeled response of sediment denitrification is even smaller than ours, likely owing to their coarser
resolution model accentuating the initial bias in this process and the lack of a response.

2.4.3 How has the Anthropocene perturbed the balance of the marine nitrogen cycle?
Our diagnosed imbalance of about 14 Tg yr−1 (∼40% of the perturbation) for the late 20th century and beginning of the 21st century adds to a long-standing debate about whether the marine
nitrogen cycle is actually in balance (Gruber and Sarmiento, 1997; Brandes and Devol, 2002;
Codispoti et al., 2001; Codispoti, 2007; Eugster and Gruber, 2012; DeVries et al., 2013) . Although not well resolved, constraints imposed by the CO2 record (Gruber, 2004), the sedimentary
nitrogen record (Deutsch, 2004; Altabet, 2006) as well as the relationship between NO3 and PO4
(Tyrrell, 1999; Gruber, 2004) would imply that strong negative feedbacks prevent large deficits
in the N-cycle (see Eugster et al. (2013) for potential ways to limit the strengths of the feedbacks
on glacial-to-interglacial timescales). However, Codispoti et al. (2001) and Codispoti (2007) estimated rates of denitrification that exceeded the estimated inputs by more than 200 Tg N yr−1 .
They hypothesized that this large apparent imbalance reflects the anthropogenic perturbation of
coastal systems, namely the strong increase in coastal eutrophication having caused a massive increase in benthic denitrification. But Eugster and Gruber (2012) and DeVries et al. (2013) showed
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that Codispoti’s estimates of denitrification are very likely overestimated, as he first used upper
bound estimates for water column denitrification, and then scaled them with a benthic to water
column denitrification ratio of 4, which is much higher than current estimates suggest (likely less
than 2, see discussion in section A.2).
Nevertheless, our imbalance supports Codispoti’s argument that human activities have perturbed the marine nitrogen cycle, pushing the budget out of balance. But our research suggests
that this imbalance is not a consequence of a massive increase in denitrification, which would
cause the marine nitrogen inventory to decrease, but rather a consequence of an increase in the
source terms, i.e., atmospheric deposition, leading to an accumulation of fixed nitrogen in the
upper ocean.

2.4.4

What are the processes controlling the changes in δ 15 NO3 ?

When attempting to explain the modeled changes in δ 15 NO3 , two observations stand out. First,
over most of the ocean, N* is increasing while δ 15 NO3 is decreasing, i.e., most data are located
in the lower right quadrant of figure 2.4. Second, the increase in N* and the decrease in δ 15 NO3
are highly correlated. These two observations can only be explained by the invasion of the isotopically light anthropogenic N from the surface, i.e., the 15 N Haber-Bosch effect. But there are
several places in the ocean where the Haber-Bosch effect cannot be the answer, i.e., the regions
contributing to data plotted in the upper quadrants of figure 2.4, requiring explanations involving changes in productivity and associated nutrient utilization, and changes in N2 -fixation and
denitrification. Each of these processes are associated with distinct effective fractionations, and
hence different trends (see also figure 2.11a). We first discuss the Haber-Bosch quadrant, and
then discuss the impact of the other processes in the other quadrants.
Initially surprising in the trends shown in the lower-right (Haber-Bosch) quadrant is the relatively high scatter in the relationship, particularly in the upper ocean (figure 2.4a). One potential
process responsible for this scatter is the biological shuttle that accelerates the downward transport for the isotopic signal while not affecting the transport of N*. This effect is relatively small,
though. Instead, it turns out that this scatter is to substantial degree caused by the slope of the
expected Haber-Bosch line being highly variable, owing to the large variations in the size of the
nitrate pool that the anthropogenic N is mixed into. This slope can be estimated from a binary
mixing model, i.e., where the deposited amount of anthropogenic N (Nant ) having an isotopic
value of δ 15 Nant is mixed with the ambient nitrate (Ninsitu ) having an isotopic value of δ 15 Ninsitu .
This gives for the change in δ 15 NO3 i.e., ∆δ 15 NO3 :
∆δ 15 N =

(
)
Nant
· δ 15 Nant − δ 15 Ninsitu .
insitu
ant
N
+N

(2.1)

Thus, for a given amount and isotopic composition of the anthropogenic N, the slope for the rela-
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Figure 2.11 Time evolution of the δ 15 NO3 and N* and underlying processes. (a) Schematic depiction of the direction of changes induced by the different processes. (b) Temporal evolution of
δ 15 NO3 and N* averaged over the upper 100 m of the North Pacific (158◦ E-130◦ , 13◦ N-52◦ N),
(c) as (b), but for the Atlantic (75◦ W-40◦ W, 13◦ N-55◦ N), (d) as (b), but for the regions bounding
the equatorial upwelling where the changes in δ 15 NO3 are positive, i.e., where the NO3 utilization
dominates, (e) as (b), but for the North Pacific OMZ where O2 < 5 mmol m−3 and (f) as (b), but for
the Indian OMZ where O2 < 5 mmol m−3 . Shown are the results for the base case (circles) as well
as for a series of sensitivity experiments with varying values for the anthropogenic component of the
deposited nitrogen (see table 2.1). The color coding depicts the corresponding year of simulation.

tionship between the change in N* (a good approximation for Nant ) and the change in δ 15 NO3 is
steep for waters containing little nitrate and flatter for waters with high ambient nitrate. This trend
can indeed be seen in the upper ocean in figure 2.4a, with waters having a nitrate concentration
of 5 mmol m−3 or more having, on average, a slope that is only half as large as those waters
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with low nitrate concentrations. Substantially smaller variations in the slope can be seen in the
interior ocean between 500 and 800 m depth (figure 2.4a). Here the in situ nitrate is always much
larger than the anthropogenic nitrate, i.e., Ninsitu ≫ Nant , so that the slope in eq. (1) simplifies to
1/Ninsitu · (δ 15 Nant − δ 15 Ninsitu ). Inserting typical values for the mid-thermocline, i.e., δ 15 Nant ≈
-5 h, δ 15 Ninsitu ≈ +5 h, and Ninsitu ≈ 20 mmol m−3 , yields a slope of 0.5 h mmol−1 m3 . This
is in excellent agreement with the trend sitting in the lower right quadrant, i.e., those that show
the Haber-Bosch effect.
The impact of differences in the isotopic value of the anthropogenic N on the magnitude
of the Haber-Bosch effect can be seen clearly when plotting the temporal evolution of δ 15 NO3
versus that of N* for two representative upper ocean regions, i.e., the central gyres of the Atlantic
and Pacific (figure 2.11b, c). Through time, N* increases and δ 15 NO3 decreases, with a slope
that directly scales with how strongly negative the δ 15 N of the anthropogenic component of the
atmospheric N deposition is assumed to be, as predicted from (2.1). In the case of the most
negative δ 15 N for anthropogenic N, the slope may be larger than 1h mmol−1 m3 .
Two sets of processes explain the data in the other quadrants of figure 2.4, i.e., nutrient
utilization and changes in denitrification. The upper ocean data in the upper right quadrant of
figure 2.4a, i.e., those showing increases in both N* and δ 15 NO3 , all stem from regions bounding
the equatorial upwelling regions (figure S9, 2.3c). There, surface nitrate consumption is reduced
due to an increase in phosphate limitation. This causes the buildup of residual nitrate, leading to
an expression of the fractionation signal associated with NO3 uptake by phytoplankton (see e.g.
Sigman et al. (2000)). The analysis of the temporal evolution of δ 15 NO3 versus N* makes this
effect especially visible (figure 2.11d). This figure also shows that the slope does not depend on
the δ 15 N of the anthropogenic N. This is as expected, since the slope is only determined by the
isotopic fractionation of phytoplankton and the degree of nitrate utilization.
At depth, the data in the upper left quadrant of figure 2.4b are clearly caused by the increase
in water column denitrification, as this is the only process that leads to a simultaneous decrease
in N* and an increase in δ 15 NO3 . This is further confirmed by the temporal evolution of the
δ 15 NO3 and N* signatures of water parcels in the OMZs of the Indian and Pacific Oceans not
depending greatly on the δ 15 N of the anthropogenic N (see figure2.11e, f). This is because this
slope is determined by the magnitude of the fractionation associated with denitrification and the
amount of dilution that the denitrification signal is experiencing due to differing ambient nitrate
concentrations. This explains also the differences in slopes between the two OMZ (figure 2.11e,
f).
In summary, the 15 N Haber-Bosch effect characterizes the majority of the modeled changes
in δ 15 NO3 , but the pattern of change is altered by 15 N fractionating processes induced by the
nitrogen cycle feedbacks, especially the changes in the degree of nutrient utilization and water
column denitrification. This makes the resulting spatiotemporal pattern of δ 15 N of nitrate (and
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PON) quite complex, making the interpretation of any observed change potentially challenging.

2.4.5 Can we detect the atmospheric N-deposition?
The increases in N* in the surface ocean and thermocline of the North Pacific and North Atlantic
are well above the detection limits. Thus, the primary limitation for the detection is the very
limited spatial and temporal coverage of the available nutrient observations, especially the lack
of high quality nutrient data extending back in time beyond the 1970s. An exception are the
marginal seas of the northwestern Pacific, where good measurement coverage since the 1980s
permitted Kim et al. (2011) to detect long-term increases in N* directly from the measurements.
Kim et al. (2014) resorted to a different technique for the open ocean North Pacific. There, they
combined the N* observations with age tracers to reconstruct the evolution of N* trough time
from one-time observations obtained in the 1990s, taking also into consideration the contribution
of mixing. Our simulated increases in open ocean N* in the Western Pacific are similar to those
of Kim et al. (2011) with increases of 0.2 to 0.4 mmol.m−3 decade−1 . However, the coarse
resolution of our model does not permit us to assess their measured increases in the Yellow Sea.
Our results agree with Kim et al. (2014) with respect to the general attenuation of the N* signal as
one moves eastward in the North Pacific. However, our simulated increases in column integrated
N* are substantially smaller than the ones inferred by Kim et al. (2014) (figure S7). This could
be due any combination of our simulations underestimating the amount of atmospheric nitrogen
deposition or their reconstructions overestimating the change due to potential biases in e.g., their
assumed background concentrations required to "unmix" the waters.
With temporal changes in δ 15 NO3 exceeding 1 h locally, the changes in δ 15 NO3 are much
larger than the analytical limits (Sigman et al., 2001; McIlvin and Altabet, 2005), making the
detection of the signal fundamentally possible. But the scarcity of δ 15 NO3 observations make
it even more difficult for this parameter to be used directly. Instead, changes in the δ 15 of PON,
which can be preserved in corals or in sediments underlying regions of elevated productivity offer
a potentially fruitful recorder of changes in δ 15 NO3 that are taken up during photosynthesis. The
15
N Haber-Bosch effect is also seen in the δ 15 of PON and closely follows the changes in δ 15 NO3
(figure 2.4a).
Recognizing the imprint of the 15 N Haber-Bosch effect and the other fertilization induced
changes in δ 15 is critical for many paleoceanographic applications, since δ 15 PON is commonly
used as a proxy for denitrification and OMZ volumes (Schmittner and Galbraith, 2008; Galbraith
and Kienast, 2013; Deutsch et al., 2014). For example, Deutsch et al. (2014) have interpreted
δ 15 PON records from the eastern tropical North Pacific over the period 1950 to 2000 to be caused
by OMZ volume variations. Concretely, they observed decreases in δ 15 PON of 0.4 to 0.8 h over
this period. In our simulations, the 15 N Haber-Bosch effect leads to changes of similar magnitude.
When averaging over the North Eastern Pacific, we simulate reductions of 0.4 h for the base
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case to 0.7 h for the sensitivity simulation with lowest isotopic composition of atmospheric
deposition with even larger changes locally in the areas close to the North Pacific OMZ (see
figure S9). This suggests that a portion of the observed decrease in δ 15 PON may not be a climate
signal but rather the footprint of anthropogenically sourced atmospheric nitrogen deposition. This
would also imply that the increase in δ 15 PON in the same cores from the eastern tropical North
Pacific after the year 2000 might reflect a stronger OMZ expansion than initially interpreted. The
anthropogenic δ 15 N signal is expected to grow in the future and therefore will become a key
component that needs to be considered in any study looking at changes in δ 15 NO3 or δ 15 PON.
The 15 N Haber-Bosch effect also will find its way into the sedimentary record, leaving a clear
imprint of the anthropocene for all times.

2.5

Caveats

There are several caveats that need to be considered in our study. First and perhaps most importantly, we did not consider the effect of climate variability and change. Second, we did not
take into account that the input of nutrients by rivers also increased substantially over the last 150
years. Third, by assuming fixed N:P ratios for all biological processes, we disregarded the potential of many organisms to adjust their N:P ratio in response to nutrient availability (Galbraith and
Martiny, 2015).
Without doubt, the climate variations between 1850 and now will have interacted with the
purely biogeochemically-driven perturbations we considered in our study. Concretely, we expect
some acerbation of the water column denitrification trends, largely because the climate change
driven deoxygenation (Keeling et al., 2010) will likely increase the N-fertilization induced expansion of the OMZ. This would result in a stronger compensation of the anthropogenic input of
fixed nitrogen from the atmosphere.
The increase in N-deposition is only one part of the overall anthropogenic perturbation of
nutrient cycling in the ocean. Current estimates suggest that the river input of fixed nitrogen to
the ocean increased from 19 to 37 Tg yr− 1 and that of phosphorus from 3 to 4 Tg yr− 1 (Beusen,
2014). We expect the inclusion of varying river input of nutrients to mostly enhance the impacts
we modeled in response to the atmospheric input only. First, because the N:P ratio of the river
input of nutrients increased globally over the anthropocene (Beusen, 2014), which - to first order
- should enhance the N* increase. Also, as both N and P increase through time, we expect strong
fertilization in coastal regions and in the near shore open ocean, which should result in increased
export and consequently a further deoxygenation and expansion of the OMZ.
Finally, it is widely recognized that the N:P ratio of phytoplankton can vary substantially
(e.g. Geider and Roche, 2002; Klausmeier et al., 2004; Weber and Deutsch, 2010; Martiny et al.,
2013). However, the strong variability in the N:P ratio seems to arise primarily because phyto-
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plankton appear to have a very flexible C:P ratio that varies as a function of the ambient phosphate
concentration (Galbraith and Martiny, 2015). In contrast, the C:N ratio of phytoplankton varies
comparatively little, except when nitrate becomes scarce (<4mmol m−3 ). Thus, to first order,
given that the addition of anthropogenic nitrogen leaves the phosphate concentration essentially
unchanged, we expect only a small change in our results had we considered this plasticity in the
phytoplankton stoichiometry. One exception are the productivity induced changes in phosphate
(see figure 2.3), but their magnitude, i.e., of order of 0.03 mmol m−3 or less, is too small to induce substantial changes in the C:P and hence the N:P stoichiometry. The second exception are
the ultra-oligotrophic areas, where nitrate is year-round very low. Here, the addition of anthropogenic nitrogen would lead to an enhanced uptake of N by phytoplankton relative to C, while
keeping the C:P ratio constant. This would lead to a higher N:P ratio of phytoplankton and act
as a negative feedback on productivity. With the export of this high N:P organic matter to depth,
a variable stoichiometry would help to reduce the buildup of N* at the surface and increase it at
depth, i.e., accelerate the vertical transport of N* anomalies. However, we expect this effect to be
small because a large portion of the remineralization occurs in shallow layers.
Another effect to consider, though, is the impact of the mean spatial variations in phytoplankton stoichiometry on the sensitivity of NPP to changes in N-deposition. Given the relatively
constant C:N ratio of phytoplankton across a wide range of nitrate concentrations (Galbraith and
Martiny, 2015), we do not expect substantial differences in our results across most of the ocean
had we considered variable stoichiometry. Again, the ultra-oligotrophic regions are the exception.
Had we considered variable stoichiometry there, the very low N:C ratio of phytoplankton would
cause a much higher NPP response compared to what we simulated with our fixed stoichiometry model. Mouriño-Carballido et al. (2012) showed that this effect can lead to an up to 5-fold
higher response of NPP, but only where nitrate is more or less permanently low. Such a larger
fertilization would induce a stronger thermocline deoxygenation and hence a stronger response
of the stabilizing feedback via denitrification. However, we expect this effect to be limited to a
few regions. Nevertheless, the consideration of the impact of variable stoichiometric ratios on the
results presented here is a worthwhile extension, but clearly outside the scope of this work.

2.6 Summary and Conclusion
Our simulations show that the anthropogenic increase in atmospheric N-deposition initiates a series of strong negative feedbacks in the marine N-cycle that compensate for between ∼60% and
∼75% of the increase in N-deposition by 2000 and 2100 respectively (see figure 2.1). A large decrease in global ocean N2 -fixation and increases in both water-column and benthic denitrification
(+burial) compensate for much of the enhanced input, with great consistency across different sensitivity scenarios. This confirms the recent findings of Somes et al. (2016) who investigated this
compensation through a series of more idealized experiments. Despite the increase in N-losses
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and the decrease in the N-gains, the increase in N-deposition has put the upper ocean marine
N-budget out of balance (between 9 and 22 Tg N yr−1 ) resulting in detectable changes in N* and
δ 15 NO3 by 2000, all of which are expected to grow in the future.
The modeled increases in N* and decreases in δ 15 NO3 i.e., the 15 N Haber-Bosch effect, are
overall tightly correlated. However, the changes in water column denitrification as well as the
fertilization induced changes in nitrate utilization can move the changes in N* and δ 15 NO3 away
from the Haber Bosch line, creating complex spatiotemporal pattern of changes. Nevertheless,
the 15 N Haber-Bosch effect is not only detectable, but can also potentially dilute climate-driven
δ 15 NO3 signals. It is bound to become a clear signal of the anthropocene that will be preserved
in marine sediments and other archives, becoming yet another clear sign of the wide-spread and
substantial anthropogenic modification of the marine environment (Doney, 2010).
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Chapter 3

ENSO driven variability of denitrification
and suboxia in the Eastern Pacific Ocean
Yang, S., Gruber, N., Long, M. C., & Vogt, M. (2017). High ENSO driven variability of denitrification and suboxia in the Eastern Pacific Ocean. Global Biogeochemical Cycles (in Review).

Abstract
The Eastern Tropical Pacific (ETP) hosts two of the world’s three Oxygen Deficient Zones (ODZs),
large bodies of suboxic water that are subject to high rates of water column denitrification. In the
mean, these two ODZs are responsible for about 15 to 40% of all fixed N loss in the ocean, but
little is known about how this loss varies in time. Here, we use a hindcast simulation with the
ocean component of the NCAR Community Earth System Model over the period 1948 to 2009 to
show that the El Niño-Southern Oscillation (ENSO) drives large variations in the rates of water
column denitrification in this region (±20% averaged over a mean ENSO event). During mature
La Niña conditions, peak denitrification rates are up to 70% higher than the mean rates and vice
versa during El Niño. This large variability is the result of wind-driven changes in circulation
and isopycnal structure concurrently modifying the thermocline distribution of O2 and organic
matter export in such a way that water column denitrification is strongly amplified. The vertical
displacement of the upper boundary of the ODZ plays a key role in this amplification, as it greatly
alters the fraction of the exported organic carbon being subject to remineralization by denitrification. During average La Niña conditions, the overall changes in ODZ structure and primarily
the shoaling of this boundary in both ODZ by 40 to 100 m explains 50% of the changes in water
column denitrification in the North Pacific and 94% in the South Pacific. During El Niño, the
conditions are very nearly reversed. Such a large variability of water column denitrification in
the ETP has strong implications for the assessments of trends and of the balance of the marine
N-cycle as well as the emission of the greenhouse gas N2 O.
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3.1 Introduction
Anthropogenic climate change is projected to drive deoxygenation over large regions of the global
ocean (Keeling et al., 2010; Bopp et al., 2013; Cocco et al., 2013). One potential consequence is
the expansion of Oxygen Deficient Zones (ODZs), defined here as waters with suboxic conditions,
i.e., [O2 ] < 6 mmol m−3 ). These nitrogen-cycle-hotspots account for about 30 to 50% of the
total fixed N (NOx , NHy and organic N) loss in the ocean, i.e., about 70 Tg N yr−1 (Bianchi
et al., 2012; DeVries et al., 2012, 2013). This loss occurs through water column denitrification
(WCD), whereby we include here both canonical denitrification as well as anaerobic ammonium
oxidation (anammox) (Gruber, 2008). Of this loss, 50 to 80% is estimated to occur in the two
major ODZs of the Pacific Ocean, i.e., the Eastern Tropical North Pacific (ETNP) and the Eastern
Tropical South Pacific (ETSP) (Deutsch et al., 2001; Bianchi et al., 2012; DeVries et al., 2012,
2013), regions that experienced a decrease in their oxygen concentration over the past 40 years
(Stramma et al., 2008, 2010a). Attributing trends in ODZ extent and its associated rates of WCD
to anthropogenic forcing is challenging, given the ill constrained variations of dissolved oxygen in
the tropical ocean (Frölicher et al., 2009b; Rodgers et al., 2015; Long et al., 2016). It is therefore
essential to assess the variability of the geographic distribution of ODZs and their associated
WCD rates. While many studies have focused on estimating the mean rate of WCD in the Eastern
Tropical Pacific (ETP) (see table B.1), fewer have investigated its variability on decadal and interannual timescales.
The few available studies suggest that the rates of water column denitrification in the ETP
respond quite sensitively to decadal and longer-term climate variability. Using a global ocean
biogeochemical model forced with atmospheric data from a reanalysis, Deutsch et al. (2011)
reconstructed a strong decrease in the volume of suboxia and the rate of WCD in the ETP between
the 1960s and the 1980s. Their model also suggests that these values rebounded in the early 1980s
and by around the year 2000, the values were back to the levels of the 1960s. Their results were
supported by long-term records of oxygen and nitrate deficits, i.e., N* (Gruber and Sarmiento,
1997), in the southern California Current System, as this system tends to co-vary with the ETP and
because it receives some of its water masses from that region (Frischknecht et al., 2015; Castro
et al., 2001). Further, their simulated decrease in denitrification prior to 1980 and subsequent
rapid increase is consistent with the isotopic composition of particulate organic N in sediment
core data – a proxy for denitrification – over this period, in the California Current System and
in the vicinity of the ETP (Deutsch et al., 2014). Deutsch et al. (2014) further demonstrated that
the decrease prior to 1980 is perhaps part of a centennial decreasing trend that only reversed in
the 1980s, with the variations largely being driven by changes in tropical wind causing changes
in upwelling, productivity, and hence oxygen demand. Further support for a substantial amount
of decadal variability in the ETP comes from a recent study by Horak et al. (2016) who analyzed
in-situ observations of nitrite, N*, and O2 in the ETP between 1972 and 2012, and suggested a
rapid vertical expansion of suboxia and an increase in denitrification over this period.
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While these observations support the existence of substantial decadal trends in Pacific WCD,
they are too sparse in time to determine the magnitude of inter-annual variability. Nevertheless,
variability on this timescale could be quite large given the high variability of the two most important controls of WCD, i.e., net primary production (NPP) and dissolved oxygen, in response to
the El Niño Southern Oscillation phenomenon (ENSO) in the ETP (Chavez et al., 2002a; Fuenzalida et al., 2009; Graco et al., 2016; Stramma et al., 2016). Changes in tropical winds alter
the upper ocean distribution of density, oxygen, and nutrients either directly through their effect
on upwelling, or indirectly through their inducing of equatorial Kelvin waves that change the
upper ocean composition across most of the ETP (Chavez et al., 2002b; Hermann et al., 2009;
Frischknecht et al., 2015). In response to an El Niño, the tropical wind changes cause the isopycnals as well as the isopleths of oxygen and nutrients to be depressed, increasing the oxygen
inventory across most of the upper ocean in the ETP, while decreasing the nutrient inventory,
curtailing the supply of nutrients to the surface and lowering primary and export production (the
response to La Niña conditions being close to opposite) (Chavez et al., 2002a; Fuenzalida et al.,
2009; Deutsch et al., 2011; Graco et al., 2016; Stramma et al., 2016). While these main threads
are well understood, many details and in particular the role of changes in circulation in controlling
the O2 distribution across the upper thermocline are neither well understood, nor well quantified.
Nevertheless, the observed impact of ENSO on oxygen supply paths and the depth of the oxycline
(hypoxic-suboxic boundary) of ODZs (Chavez et al., 2002a; Fuenzalida et al., 2009), suggest a
strong potential to modulate WCD (Deutsch et al., 2011). To date, only the modeling study by
Deutsch et al. (2011) showed how ENSO impacts water column denitrification in the ETP, but as
the focus of their analyses was the decadal timescale, they did not analyze the ENSO response
in detail. Nevertheless, the inspection of their results reveals that their simulated denitrification
rates in the ETNP responded substantially to ENSO with maximum and minimum rates attained
during La Niña and El Niño phases, respectively.
Here, we use a global ocean biogeochemical model forced with reconstructed atmospheric
fields to investigate the impact of ENSO variability of Pacific WCD rates. We show that in
both ODZ of the ETP, i.e., in the ETSP and ETNP, wind forcing associated with ENSO drives
changes in ocean circulation that through a cascade of amplifying effects involving changes in
ODZ structure and export production lead to very large variations in WCD. We further deconstruct
the role of solubility, biology and ocean circulation in driving the changes in ODZ structure.
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3.2 Model and Simulations

3.2.1 Model

The basis for our study is a slightly modified version of the ocean component (POP2) of the
Community Earth System Model v1.2 (CESM), which itself builds on CCSM4 (Gent et al., 2011;
Danabasoglu et al., 2011). The ocean component of CESM was run in hindcast mode with a
zonal resolution of 1.125◦ and a meridional resolution varying from 0.53◦ in the extratropics to
0.27◦ near the equator. One important modification in our setup relative to the standard version of
POP2 is the imposition of a high isopycnal mixing coefficient in a small band along the equator
(5◦ S to 5◦ N, 159 to 2530 m depth) to mimic the effect of unresolved equatorial jets that bring
oxygenated waters from the west to the ODZs in the east (Getzlaff and Dietze, 2013).
Embedded in the CESM ocean component is the Biological Elemental Cycling (BEC) model,
a marine Plankton Functional Type model (Moore et al., 2004, 2013b). It simulates the biogeochemical cycling of all major elements in the ocean (C, N, P, O, Si, Fe) and includes 3 explicit
phytoplankton types, one implicit calcifier as well as an adaptive zooplankton group. The latter
routes grazed material to the inorganic, dissolved organic and particulate organic pools depending
on the prey type. Dissolved organic matter is split into a semi-labile and refractory pool and each
of these pools is remineralized following an element specific constant rate of remineralization.
Particulate organic matter dynamics are represented implicitly by distributing remineralization
throughout the water column upon production, following an exponential curve with a variable
length scale. The particulate organic matter remineralization rate is reduced at concentrations of
[O2 ] < 40 mmol m−3 . This is achieved by multiplying the remineralization length scale by a
factor whose value increases linearly from 1 at [O2 ] ≤ 40 mmol m−3 to a maximum of 3.3 when
[O2 ] < 5 mmol m−3 .
The employed version of BEC incorporates all the major processes of the marine N-cycle.
Fixed N enters the ocean through marine N2 fixation, atmospheric deposition and riverine inputs;
Fixed N is removed via denitrification in the water column and the sediments as well as via
burial. Concretely, water column denitrification is parameterized to set in at an oxygen threshold
Oonset
= 7 mmol m−3 , and is then assumed to increase linearly with respect to decreasing [O2 ]
2
−3
to its maximum rate at Ofull
2 = 5 mmol m . This maximum rate is computed by multiplying the
organic carbon remineralization rate, Jremin (x̃, t) with a conversion efficiency of RN:C (moles of
NO−
3 consumed per moles of organic carbon), assumed to be 112:117 (Paulmier et al., 2009).
This gives for WCD:

JWCD (x̃, t) = RN:C · H(O2 (x̃, t)) · Jremin (x̃, t),

(3.1)
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A description of the full N-cycle in CESM-BEC can be found in Yang and Gruber (2016).

3.2.2

Simulations

We run an ocean-ice historical simulation (or hindcast) forced with the inter-annually varying
atmospheric forcing dataset of Large and Yeager (2009) from 1948 to 2009. We follow the CoreII protocol as defined in Griffies et al. (2011) and spin the model up for 4 forcing cycles (62 years
each) before the production cycle, i.e., the 5th cycle. The N-inputs via atmospheric deposition
and rivers are kept constant at their preindustrial levels throughout the simulations. To calculate
model drift, we run one forcing cycle after the production run so that the total number of cycles
amounts to 6. This extra cycle enables us to estimate the model drift by calculating a running
mean over the 5th cycle with a window size of a full cycle (62 years) for each variable of interest
at each grid point. The results shown come from the last 50 years of the production run (5th cycle,
1960–2009) and are corrected for the drift. Although not negligible, the drift is small relative to
the signals we are reporting and discussing here. For example, the drift in global WCD over the
simulated period amounts to ∼ 0.05 Tg y−1 y−1 , substantially smaller than the simulated ENSO
driven fluctuations frequently reaching values of over 20 Tg y−1 (figure B.6).

3.2.3

Model evaluation

Our hindcast simulation successfully captures the main climate variability patterns over the Pacific observed over the last few decades. Namely, it reproduces the observed sea surface temperatures (SST) averaged over the Niño 3.4 region (5◦ S–5◦ N, 170◦ W–120◦ W, R2 =0.77), i.e., the key
characteristic of ENSO. The model’s first empirical orthogonal function (EOF) of SST over the
North Pacific (poleward of 20◦ N) also agrees very well with that based on observations, reflecting
the Pacific Decadal Oscillation (R2 =0.83, figure B.1). Our simulation also captures the second
EOF of Sea Surface Height over the same region (R2 =0.76, figure B.1), associated with the variability of the North Pacific gyre circulation, which has been shown to be highly correlated with
surface nitrate and chlorophyll in the Northeastern Pacific Ocean (Di Lorenzo et al., 2008).
Current global earth system models are known to poorly reproduce the positioning and size
of the ODZs in the Eastern Tropical Pacific (Cabre et al., 2015). These models especially tend
to overestimate the extent of suboxia at the equator, leading to the merging of the ODZs in the
ETNP and ETSP into one. In our configuration of CESM, we addressed this issue by enhancing
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the equatorial mixing mimicking unresolved jets that bring oxygenated waters towards the ODZs
in the eastern Pacific. Also, the consideration of reduced rates of remineralization in the ODZ as
well as the higher resolution of the underlying ocean circulation model (section 3.2.1) assisted in
bringing the simulated oxygen distribution closer to the observations. Nevertheless, the simulated
O2 remains too low in the ETNP resulting in its ODZ to extend too far north as compared to
observations (figure B.2). In spite of this mean bias, the overall structures of the ODZs in the
ETP are well simulated.
The modeled vertical extents of the ODZs in the ETSP and ETNP are similar to those calculated from World Ocean Atlas data (Bianchi et al., 2012) with the ODZ in the ETNP extending
from 150 m to 1100 m and the ODZ in the ETSP extending from 50 m through 900 m. The core
of the modeled North Pacific ODZ is situated at 20◦ N and that of the South Pacific ODZ at 10◦ S,
similar to observations (figure B.2). The low O2 bias in the ETNP causes the mean simulated
volume of the northern ODZ to be biased high, close to double that calculated from observations.
In the ETSP, however, when accounting for its variability, the simulated mean volume of the ODZ
is indistinguishable from observational estimates, though its lateral spatial extent appears to be
more coastally confined than in the observations (figure B.2).
We simulate an average WCD rate integrated over the ETP of 71 Tg N y−1 for the period
of 1960 through 2009. This rate is at the high end of current estimates that range from 39 to 63
Tg N y−1 (table B.1). This stems primarily from a high bias in the simulated WCD in the ETNP
(table B.1, i.e., 52 Tg N y−1 versus 23 to 29 Tg N y−1 in the observations), consistent with the
overestimation of the simulated volume of the ODZ in that region (figure B.2). The simulated
WCD rates in the ETSP are within the range of estimates (Table B.1, 19 Tg N y−1 versus 18 to
33 Tg N y−1 in the most recent estimates).
The simulated patterns of net primary production and export compare overall favorably to
observationally-based estimates. However, coastal productivity is biased low in the model, likely
attributable in part to the poor representation of coastal dynamics at the relatively coarse resolution we employ here (figure B.3b, B.4b). In the upwelling regions of the Eastern Pacific, the
model captures the increase in NPP and export following the 1998 El Niño although with a lower
amplitude than the increase inferred from satellite data (figure B.3d, B.3e, B.4d, B.4e).
Overall, despite some shortcomings, we consider this model to be well positioned to assess
and analyze interannual to decadal variability in WCD and ODZ dynamics in the ETP. Of particular note is the vastly improved representation of the oxygen distribution in our model, particularly
in the low oxygen regions of the Eastern Tropical Pacific.

3.3. Analysis Framework

3.3
3.3.1
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Analysis Framework
Composite analysis

In order to analyze the impact of ENSO variability on WCD and ODZ extent, we build a composite of the anomaly fields from all El Niño and La Niña events to form a canonical mean response
(Deser et al., 2012). We thereby reverse the sign of anomalies for La Niña, as the response of
ocean circulation and tracer distributions are close to symmetric with respect to the sign of the
Niño 3.4 index, i.e., the SST anomalies of the eastern tropical Pacific in the Niño 3.4 region.
Thus, all responses are reported relative to a positive phase of ENSO, i.e., an El Niño episode.
To identify ENSO events, we use the corrected Oceanic Niño Index (cONI), defined as the 3
monthly running mean of the detrended Niño 3.4 index (detrended via the removal of a 4th order
polynomial fit). El Niño and La Niña events are then defined as periods of at least 5 consecutive
months when the cONI is larger than 0.5 ◦ C or smaller than -0.5 ◦ C, respectively. This resulted
in the identification of a total of 16 El Niño events and 12 La Niña events over the 1960 through
2009 period. When computing composites, decadal or longer scale variability is filtered out of
the deseasonalized fields by removing a fitted 4th order polynomial at each ocean grid point over
the period of 1960 through 2009. The detrended field is then averaged over all months qualifying
as either an El Niño or as a La Niña event. We also build a 24 monthly-stacked composite of
all ENSO events in order to analyze their mean temporal evolution. To do so, we select the 12
months preceding and following the 1st of January closest to the Niño 3.4 peak and average over
individual months.

3.3.2

Separation of the drivers for Water Column Denitrification

The total WCD rate within an ODZ is determined by the organic matter remineralization field,
Jremin (x̃, t) and the geometry of the ODZs. Thus, a change in WCD can result from any combination of these two main factors. We present here a framework that enables their separation.
Using (3.1), the WCD integrated over any volume V is given by:
∫

∫
JWCD (x̃, t)dV = RN:C

H(O2 (x̃, t)) Jremin (x̃, t)dV.

(3.2)

Concretely, WCD can vary either via H(O2 (x̃, t)), i.e., due to changes in the O2 distribution that
determine the volume over which denitrification is occurring, or via Jremin (x̃, t), i.e., the rate of
organic matter remineralization. We can separate their relative contribution to the variations in
WCD by using a Reynolds-like decomposition, expressing quantities as the sum of mean (bar)
and anomaly (prime) components. Using H = H̄ + H′ and J = J̄remin + J′remin in Eq. (3.2) gives

Chapter 3. ENSO, suboxia and denitrification in the Pacific Ocean

70

∫

∫
JWCD (x̃, t)dV = RN:C

(H̄ + H′ ) (J̄remin + J′remin )dV,

(3.3)

where we omitted the arguments of H and J for simplicity. Multiplying out the right hand side
and rearranging gives an expression for anomalies in integrated WCD:

∫

∫
JWCD (x̃, t)dV − RN:C
|

∫

(H′ · J̄remin )dV
{z
}
∆JWCD driven by O2 changes
∫
+ RN:C (H̄ · J′remin )dV
|
{z
}
∆JWCD driven by remin. changes
∫
+ RN:C (H′ · J′remin )dV
|
{z
}

(H̄ · J̄remin ) = RN:C
{z
} |
mean JWCD

(3.4)

∆JWCD driven by covariation

3.3.3 Potential drivers for changes in dissolved O2
In the upper ocean near the surface, the oxygen concentration is kept close to its saturation (Osat
2 )
value owing to the combined action of rapid air-sea gas exchange and biological production (Ito
et al., 2004; Sarmiento and Gruber, 2006). Upon detrainment from the upper ocean mixed layer,
and especially once the water is transported away from the euphotic zone, the remineralization
of organic matter reduces its oxygen content along its path. The Apparent Oxygen Utilization
(AOU), defined as the difference between the oxygen concentration of a water parcel at saturation
and its actual oxygen concentration:
AOU(x̃, t) = Osat
2 (x̃, t) − O2 (x̃, t),

(3.5)

is then a good measure of the degree of consumption of oxygen that has occurred since the water
parcel’s last contact with the atmosphere. We recognize in this separation that Osat
2 is only an
approximate estimate for the preformed value of O2 , as many processes, including bubble mediated gas transfer, biological production, physical mixing, and incomplete equilibration (Hamme
and Emerson, 2006; Hamme and Severinghaus, 2007) can lead to deviations of the preformed O2
from Osat
2 . However, for the purpose of our analyses here, these deviations are not very critical,
particularly since we focus on temporal changes, which are less affected by changes in the preformed oxygen. Under this assumption (Osat
2 ∼ preformed oxygen), the AOU of a water parcel
is a good measure of the integrated oxygen utilization rate (JOUR ) along its path since it left contact with the atmosphere. If JOUR varies relatively smoothly along this path, AOU at any given
location can then be approximated by the product of a mean JOUR along this path and the mean
transit time, τ , i.e., the time this parcel spent on this path.

3.4. Results and Discussion
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Following the same Reynolds-like decomposition as undertaken above for WCD, changes in
AOU can be broken down into a response driven by variations in the transit time (τ ′ ) or changes
in the oxygen utilization rate (J′OUR ) so that:
AOU − J̄OUR · τ̄ = AOU′ = τ ′ · J̄OUR + τ̄ · J′OUR + τ ′ · J′OUR

(3.6)

If we also do a Reynolds decomposition for Osat
2 and for O2 and then insert (3.6) into (3.5) and
′
solve for the change in O2 , i.e., O2 , yields an expression for the changes in O2 and its potential
drivers:
′
(3.7)
− τ ′ · J̄OUR − τ̄ · J′OUR − τ ′ · J′OUR .
O2 ′ = Osat
2
′

Thus, changes in O2 of a water parcel can arise from changes in O2 solubility (Osat
2 ), changes in
′
′
transit time (τ ), changes in the oxygen consumption field (JOUR ), or the covariations of oxygen
consumption and transit time.

3.4
3.4.1

Results and Discussion
Simulated variability: WCD and ODZ structure

We simulate large variations in the WCD rates in the Eastern Tropical Pacific that are tightly
linked to ENSO variations (figure B.6a, B.6c). In fact, 63% of the detrended variations in WCD
can be explained by cONI (section 3.3.1). In particular, El Niño episodes are associated with low
WCD relative to the mean, and vice-versa during La Niña episodes. The average response of
WCD to ENSO is of roughly equal magnitude in both the ETNP and ETSP, respectively, yielding
a change of about ±13 Tg y−1 averaged over the mean ENSO episode. This corresponds to a
variation of about ±20% of the mean rate. The peak-to-peak fluctuations between an El Niño and
La Niña event are even more compelling with variations of over ±70% of the mean rate (figure
B.6a, B.6c).
In the ETNP, the depth-integrated changes in WCD are largest in the southern portion of
the ODZ (∼10◦ N), off the coast of central America (figure 3.2a). In contrast, they are more
homogeneously distributed in the ETSP (figure 3.2a). Composites of horizontally integrated denitrification rates as a function of depth reveal the largest changes in WCD to occur in the upper
part of the ODZs (figure 3.3a, 3.3b, 3.3e,3.3f). More specifically, 50% of the change in the denitrification in the ETNP occurs within the top portion of the ODZ over a volume corresponding
to only 11% of the total mean ETNP ODZ volume. In the ETSP, this is even more extreme, with
50% of the change in the denitrification in the ETSP occurring over a volume corresponding to
only 5% of the mean ODZ volume in that region.
The total volume of the two ODZs in the eastern tropical Pacific also responds to ENSO, with
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Figure 3.1 Time evolution of simulated volume-integrated water column denitrification rate
(WCD) and ODZ volume. (a) WCD integrated over the North Pacific ODZ. (b) North Pacific ODZ
volume ([O2 ] < 6 mmol m−3 ). (c) as (a) but for the South Pacific ODZ. (d) as (b) but for the South
Pacific ODZ. Thick lines show the 12-months running means, while the thin ones show the monthly
averaged values. Red shadings indicate El Niño events and blue shadings indicate La Niña events
following the definition described in section 3.3.1.

a correlation of the detrended ODZ volume variations with the cONI of R2 = 27% at a lag of 3
months. But the relative changes are much smaller than those for WCD. Integrated over both
ODZs, the volumes change by only about ±2% averaged over all events with a smaller volume
during El Niño episodes. However, there are large differences between the two ODZs. In the
ETNP, the change is actually less than ±2%, while in the ETSP it is more than ±25%. The
reason for the total changes in volume being dominated by those of the ETNP is due to the fact
that its volume is about 22 times larger than that of the ETSP.
The total change in ODZ volume in the ETNP is small because the local changes tend to
compensate each other (figure 3.2b, 3.3c), e.g., the ODZ volume of the ETNP decreases above
400 m while it increases below. This contrasts with the ETSP, where the ODZ thickness response
is spatially homogeneous (figure 3.2b) and the change in the ODZ volume is of the same sign
throughout the water column, with a larger fraction of the perturbation concentrated in the upper
water column, i.e., above 350m (figure 3.3d). Both ODZs also exhibit large variation of the depth
of their upper boundary (defined here as the 6 mmol m−3 isopleth of O2 ) in response to ENSO
variability. The ENSO response of this upper boundary, which we subsequently refer to as the
oxycline, is also spatially variable in the ETNP, with the largest changes in oxycline depth (> 40
m) occurring in the south-eastern sector of the ODZ. The changes in the South Pacific oxycline
depth are spatially homogeneous with an average change of over 100 m (figure 3.2c).
In addition to denitrification and oxygen distribution, the export of organic matter in the
vicinity of the ODZs also exhibits consistent variations in response to ENSO (figure 3.2d, R2
= 65%), with El Niño episodes leading to a 6% reduction in the export flux integrated over the
climatological maximum extent of the ODZs. The largest variations in the export flux occur over
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Figure 3.2 Maps of ENSO composited changes. (a) Change in the vertically integrated rate of
water column denitrification (WCD) in mmol m−2 d−1 . (b) Change in ODZ thickness in m ([O2 ]
< 6 mmol m−3 ). (c) Change in the depth of the upper oxycline in m (6 mmol m−3 isopleth). (d)
Change in carbon export at a depth of 100m in mmol C m−2 d−1 . Contours in each panel indicate
the mean state. Note the logarithmic color scale for WCD (a).

the ODZs and over the equatorial cold tongue with local changes exceeding 25% of the mean flux
(figure 3.2d).
Taken together, it is clear that the decrease in WCD during El Niño is a consequence of a
higher degree of oxygenation in the upper waters of the ETP, and that this response is reinforced
through the lower export production creating a lower demand for oxidants during the remineralization of the organic matter during its transit through the upper ocean. It is also clear that nearly
opposite changes cause respectively higher and lower WCD rates during La Niña and El Niño
episodes. But what is not straightforward to explain is how the relatively small ENSO responses
of the ODZ volumes (±2%) and those of the export of organic matter over the ODZ extent (±6%)
can explain the relatively large responses of the total Pacific WCD (±20%). Given the threshold behavior of WCD with regard to oxygen, it is readily imaginable that non-linear interactions
can amplify the response. In the following, we will disentangle and quantify these contributions,
building on the analysis framework established in section 3.3.2.
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Figure 3.3 Vertical profiles of ENSO composited changes. (a) Mean-state and ENSO-perturbed
horizontally integrated WCD over the ETNP in Tg m−1 y−1 . Dashed lines show the mean-state and
solid lines the ENSO-perturbed state. (b) As for (a) but for the ETSP. (c) Change in the horizontally
summed ODZ volume in the ETNP in 1010 m3 m−1 . (d) as (c) but for the ODZ in the ETSP. (e)
WCD anomalies horizontally integrated over the ODZ of the ETNP (solid black line). Also shown
as colored dashed lines are the component changes in WCD as outlined in section 3.3.2: the red line
shows changes due to O2 only, the green line, changes due to carbon remineralization only and the
blue line changes due to their covariation. (f) as (e) but for the ODZ of the ETSP.

3.4.2 Drivers of WCD variability
Figure 3.3e and 3.3f show changes in horizontally integrated WCD as a function of depth for the
North and South Pacific ODZ in response to ENSO (the sign is such that the signal is shown for
an El Niño episode). Additionally shown, are the changes in WCD driven by ODZ geometry
alone (red lines), by carbon remineralization alone (green line), and by their covariation (blue
line). In the North Pacific and integrated over the whole water column, changes in oxygen and
changes in organic matter remineralization contribute equally (∼50%) to the response of WCD,
with the co-variation term being very small. The relative contributions of the first two terms vary
markedly with depth. While the changes in in WCD are primarily driven by changes in the oxygen
distribution in the upper part of the water column, it is the change in remineralization that is the
dominant driver below 300 m (figure 3.3e). In contrast to the ETNP, the South Pacific changes in
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WCD are primarily driven by variations in ODZ structure, with 94% of the change attributable to
this process. The contribution of carbon remineralization (+15%) and of the covariation (−9%)
are small in comparison.
Thus, the vertical positioning of the ODZ relative to the rates of remineralization appears to
be a very critical component of the answer to our amplification puzzle. This is because a given
change in ODZ volume does not contribute equally to changes in denitrification at every depth,
as this critically depends on the magnitude of organic matter being subject to remineralization.
The largest change in water column denitrification per ODZ volume change occurs in the upper
part of the ODZ, because this is where remineralization rates are highest (Fig. 3.3e, 3.3f). At
depth, the smaller remineralization rates require a much larger change in ODZ volume in order
to modify total WCD rates substantially. Therefore, it is possible for substantial changes in total
WCD to occur with no or little ODZ volume change, e.g., by solely displacing the ODZ vertically.
This mechanism explains why the variability of WCD in the North Pacific ODZ is much larger
than the combined variability of the total ODZ volume and the export of organic matter above
it, solving the apparent amplification paradox. But what we have not solved yet, is how ENSO
affects the oxygen distribution in the ETP.

3.4.3

Drivers of the changes in O2
′

As outlined in section 3.3.3, changes in O2 can be separated into a solubility component, Osat
and
2
an AOU component, AOU′ . In order to quantify their relative contribution to the changes in O2 ,
we spatially integrate the composited AOU and Osat
2 anomalies along isopycnals over the Eastern
Tropical Pacific (region shown in figure 3.5a), to get an inventory change in AOU (figure 3.4a,
blue line) and in Osat
2 (figure 3.4a, red line) as a function of density, their sum being the inventory
change in O2 (figure 3.4a, black line). We find that above σ=28.2 (mean depth of about 330m),
changes in O2 are largely dominated by changes in AOU, although they are partly compensated
by changes in solubility (figure 3.4a). This compensation occurs because during El Niño periods,
the increase in upper ocean temperature reduces the solubility of O2 and vice versa during La
Niña (Ito and Deutsch, 2013). Below σ=28.2, changes in Osat
2 become dominant, causing the O2
inventory to slightly decrease during El Niño, explaining the simulated increase in the northern
ODZ volume at depth (figure 3.3c).
The changes in AOU can occur in response to variations in either the transit time, τ ′ , or the
rate of oxygen consumption, J′OUR (see section 3.3.3). The strong correlations of the changes in
AOU and ideal age (τ ′ ) – the time since the water parcel was last in contact with the atmosphere
– indicates that the variations in AOU are driven in large part by changes in ocean circulation
and mixing (R2 =0.74 on σ=26.8, see figure B.5) and that the contribution of the changes in JOUR
is small. To confirm this, we also spatially integrated the composited anomalies of the net O2
utilization rate (J′OUR ) along isopycnals over the same region in the Tropical Pacific, after hav-
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cons (net O consumption multiFigure 3.4 (a) ENSO composited change in O2 , AOU, Osat
2
2 , and O2
plied by the average length of an ENSO event) integrated along isopycnals over the Tropical Pacific
(25◦ S–25◦ N, 140◦ W–90◦ W). (b) Monthly ENSO-composited evolution of AOU (color) and WCD
(contours) anomalies integrated along isopycnals over the Tropical Pacific (25◦ S–25◦ N, 140◦ W–
90◦ W). The blue line shows the evolution of the composited Niño3.4 index in ◦ C

ing multiplied them by the average length of an ENSO event. This gives us an estimate of the
inventory change in AOU due to net O2 utilization changes (figure 3.4a, dashed blue line). On
isopycnals shallower than σ=26.5, the changes in O2 due to net O2 consumption are, in fact, opposite to those in AOU. Below σ=26.5 down to σ=28.5, where the largest changes in denitrification
occur ( figure 3.4b, contours), net O2 utilization can only contribute between 8 to 16% of the
inventory change, therefore confirming our initial assertion that the response of AOU is primarily
driven by changes in ocean circulation and mixing (figure 3.4a).
To better understand how changes in ocean circulation and mixing alter the oxygen distribution on isopycnals, we investigate next the monthly time evolution of the composited AOU
inventory anomaly in isopycnal space (plotted again for an El Niño episode) (Figure 3.4b). The
progression of the AOU anomaly through time can be viewed as a two-phase process, i.e., a
build-up phase as the ENSO episode is developing towards its peak at the end of the calendar
year, followed by a decay phase. This coincides with the spatially integrated changes in WCD
(Figure 3.4b, contours). We saw that the inventory change in AOU is largely driven by ocean
circulation; in order to determine what causes this response, we turn to Fig. 3.5b–h which depict
the monthly evolution of changes in AOU and the ocean currents on σ=26.8, i.e., the isopycnal
where the largest changes in AOU (and WCD) are simulated (see figure 3.5a for the mean state).
During the build-up phase (3.5b–e), the trade winds tend to strengthen east of 120◦ W (Fig.
B.6). This causes the Equatorial Counter Current (ECC) to strengthen in this region, causing
anomalous AOU to accumulate eastward (figure 3.5b–f). Additionally, a meridional increase in
the wind stress curl gradient (Fig. B.6) causes the North Equatorial Counter Current (NECC)
and the Peru Counter Current (PCC) to strengthen (consistent with Chen et al., 2016), i.e., two
currents that supply the ODZs with low AOU (high O2 ) waters. The combined effect is a tongue of
negative AOU anomalies in the ETP extending along the coast on either side of the equator (figure
3.5b–f). As the decay phase settles in around the peak of the ENSO event (figure 3.4a), a strong
reduction in the intensity of the trade winds across the Pacific causes the ECC to weaken, thus
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Figure 3.5 ENSO-composited monthly evolution of AOU and ocean current speed anomalies on
the isopycnal σ=26.8. (a) Mean AOU (mmol m−3 ) as colors and mean ocean current speed (cm
s−1 ) as vectors. (b)−(h) ENSO-composited monthly AOU anomalies (mmol m−3 ) as colors and
current speed anomalies (cm s−1 ) as arrows for the indicated month.

reducing the supply of low AOU waters and breaking up the AOU anomaly into two hemispheric
blocks (figure 3.5g–e). The anomalies are further transported westward on either side of the
equator by the anomalous ocean circulation. The lagged contribution of O2 utilization, although
small, helps the AOU anomalies to persist following the peak in the Niño 3.4 index (figure 3.4b).
In addition, an intensification of the circulation in and out of the North Pacific ODZ on its
poleward side leads to an increase in the curvature of the ODZ boundary resulting in a dipole
pattern change in AOU (figure 3.5b–f). This dipole change in AOU explains the heterogeneous
response of the oxycline in the ETNP (figure 3.2c). This additional advective pathway continues
to strengthen following the Niño 3.4 index explaining in parts the higher correlation of ODZ
volume anomalies in the ETNP with a 3-month lag. Overall, the complex equatorial circulation
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response in the upper water column to ENSO driven changes in wind-stress causes large decreases
in AOU, i.e., increases in O2 resulting in the reduction of the extent of the ODZs and the deepening
of their oxycline.
In summary, ENSO-driven changes in tropical wind trigger a series of positively reinforcing
effects that together result in a strong response of WCD to ENSO in both the ETSP and ETNP.
The high correlation with ENSO suggests that these cascading effects are triggered in a relatively
predictable manner. This can be explained by the central role played by the wind-driven changes
in ocean circulation and mixing, which affects both the oxygenation of the upper ocean as well
as the changes in primary and export production, which then determine the demand for oxidants
in this system. The strong amplification of the initial signal is largely the response to the near
exponential decay with depth of the rate of remineralization, such that an upper ocean change
in the oxic/suboxic boundary leads to large changes in water column denitrification. Such a
large response in WCD, i.e., over 70% of its mean rate between a peak El Niño and a peak La
Niña event, is bound to have implications for the Pacific N-cycle. Before investigating those, we
discuss our results in the light of past studies as well as their robustness.

3.4.4 Robustness of the findings
To our knowledge, so far only Deutsch et al. (2011) has discussed inter-annual variability of
WCD in the eastern tropical Pacific. These authors limited their analyses to the North Pacific, but
found an ENSO-driven variability of WCD that is remarkably similar in magnitude and timing as
simulated in this study. For example, they simulate a jump of over 70% of the mean North Pacific
WCD between the 1998 El Niño and the 1999 La Niña, consistent with our findings (Fig. B.6a).
However, even though it is encouraging to note that both models exhibit similar WCD variability,
the following sources of uncertainties need to be taken into account when evaluating our results:
(i) uncertainties associated with our parameterization of N-losses, (ii) errors associated with the
potential misrepresentation of the variability of organic carbon remineralization, and (iii) errors
associated with the representation of the variability of ODZ geometry.
A first potential source of error is the absence of anammox as an N-loss pathway in our biogeochemical model. Babbin et al. (2014) showed that the total N-loss is tightly controlled by
the flux of organic matter through the ODZ. WCD in our simulation can therefore be seen as an
N-loss term which encompasses both anammox and denitrification. A second source of error is
the potential misrepresentation of the variability of the remineralization field due to biases in the
simulation of NPP or in the representation of the organic matter transfer efficiency. Our model
simulates an increase in NPP over the climatological extent of the ODZ in the ETNP of close
to 20% from 1998 to 2000, smaller than the 35% increase in NPP reconstructed from satellite
chl-a (figure B.3d). Over the same time period, simulated organic matter export at 100 m over
the ODZ in the ETNP increased by 40% in our simulation, which is significantly smaller than the
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120% increase seen in the satellite-based estimate of Dunne et al. (2007) (figure B.4d). In contrast, the simulated increase in NPP and export over the extent of the ODZ in the ETSP compares
well with satellite-based reconstructions (figure B.3e, B.4e). Therefore, given the important role
of remineralization rates in driving the response of WCD in the ETNP (figure 3.3), our model
may underestimate the ENSO-driven response there. Overall, however, the simulation of ENSOrelated NPP changes appear reasonable based on the limited information available. Finally, a
misrepresentation of the complex equatorial circulation can lead to biases in the ventilation of the
ODZs. Coarse ocean models usually do not capture well subsurface counter-currents that mark
the separation between the better ventilated tropics and the ODZs (Cabre et al., 2015). In our
model, this was partially accounted for by increasing isopycnal mixing along the equator, enabling us to simulate more realistic ODZ volumes in the mean state. We acknowledge that such
an ad-hoc parameterization only improves the mean simulated distribution of O2 and does only
allow for a relatively static response of these secondary jets to ENSO. However, as shown in Section 3.4.1 and 3.4.2, WCD is most sensitive to change in O2 in the upper part of the water column
where rates of remineralizations are high, and where the equatorial circulation is most dynamic.
Based on our analysis of these potential caveats, we conclude that the simulated mechanism by
which the response of WCD is amplified and its large magnitude are robust results.

3.4.5

Implications of a high inter-annual variability in WCD

The large fluctuations of Pacific WCD simulated in this study have important implications for
the interpretation of measured and reconstructed WCD rates. There is a broad consensus that
tropical O2 in the Pacific will decline in response to climate change (Keeling et al., 2010; Bopp
et al., 2013; Cocco et al., 2013), potentially leading to an increase in ODZ volume and WCD. In
addition, it has been shown that the ODZ volume expanded over the past three decades, probably
in response to decadal climate forcing (Deutsch et al., 2011; Ito and Deutsch, 2013; Deutsch
et al., 2014). This has led the community to continue assessing trends in O2 concentrations as
well as other tracers impacted by a decrease in O2 such as nitrite and N*, modified through
changes in denitrification. For example, Horak et al. (2016) used four snapshot sections in the
ETNP to show that over the past 30 years, the extent of anoxia expanded vertically and that WCD
increased, based on observed trends in N* and nitrite concentrations. Our results suggest that
trends calculated from temporal snapshots may be prone to large errors, especially when based
on measurements taken during strong El Niño or La Niña events.
Highly variable WCD is also likely to impact the global N inventory on inter-annual time
scales. There is strong evidence that feedbacks in the N-cycle prevent large variations in the
marine N-inventory on centennial and longer timescales (Gruber, 2004; Deutsch, 2004; Canfield
et al., 2010). Those feedbacks are thought to operate through a response of inputs (N-fixation) or
outputs (denitrification) to deficiencies or excesses in oceanic N* caused by a perturbation of the
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N-cycle (Gruber, 2004, 2008). On inter-annual timescales, denitrification-induced N* anomalies
cannot be transported fast enough to the surface to generate a global response of N-fixation. Our
large simulated variability of WCD therefore suggests that the Pacific marine N-cycle constantly
exhibits large imbalances. In fact, we simulate a temporary imbalance of the Pacific marine Ncycle of over 20% of total N-turnover during a strong El Niño or La Niña year.
Finally, more than half of all marine N2 O emissions may be produced during an intermediate
step of denitrification (Babbin et al., 2014). Differing O2 thresholds for the production and consumption of N2 O (Korner and Zumft, 1989; Betlach and Tiedje, 1981) may cause a large residual
N2 O production along the oxycline (Babbin et al., 2015). Thus, the implications of our result are
twofold. First, a large inter-annual variability of WCD implies that net N2 O production may also
exhibit large inter-annual variations. Furthermore, N2 O produced through this pathway is a residual of significantly larger production and consumption rates, making its net production highly
sensitive to changes in ODZ geometry. Thus, N2 O has the potential for an even stronger response
than denitrification, with large production pulses during La Niña and minimum production during
El Niño. Because of the non-linear behavior of N2 O emissions with respect to ODZ geometry,
models that do not represent the adequate magnitude of the inter-annual variability of WCD will
exhibit biases in their mean N2 O production rates.

3.5 Conclusion
We simulated a strong response of WCD in the Pacific Ocean to ENSO variability. More specifically, ENSO-associated changes in wind patterns drive a series of effects that act together to modify export production and ODZ geometry leading to the amplification of the response of WCD.
The large inter-annual variability of WCD has multiple implications. First, estimating trends in
the rates of WCD from snapshot measurements will be difficult, given their potential multi-year
variation of over 70%. Secondly, because stabilizing feedbacks of the marine N-cycle operate on
timescales much larger than the simulated variability, the N-cycle probably exhibits very large
imbalances on interannual timescales. Finally, N2 O emissions, because of their tight relation to
denitrification rates and ODZ geometry, probably also exhibit large inter-annual variations.

Chapter 4

The variable N cycle during the
Anthropocene
Yang, S., Gruber, N., & Vogt, M. (in Prep).

Abstract
The Anthropocene is a period of large perturbation of the marine N cycle. Anthropogenic emissions of bioavailable N have have led to more than a doubling of inputs via atmospheric deposition
and rivers to the ocean such that it is now, with N2 fixation, a primary source of marine N. Also,
the warming associated with increased fossil-fuel emissions is expected to stratify the ocean, reducing the supply of O2 to depth and biological production in the surface, and as a consequence
potentially modifying the global rate of N loss via denitrication. N cycle processes may also
respond to physical changes associated with intrinsic climate variability. In the present, we investigate the impact of the increase in anthropogenic N input to the ocean in the context of climate
forced changes with a global ocean model forced with reconstructed atmospheric fields and two
scenarios of N inputs to the ocean, from 1948 to 2009. The N cycle dynamics associated with
climate forced changes emerge as a dominant mode of change such that nitrogen excesses associated with the accumulation of anthropogenic N are strongly eclipsed but the decreasing trend
in δ 15 NO3 they induce remain a good tracer of the anthropogenic perturbation. The investigation of the climate forced changes over the Pacific reveals two important modes of change, one
associated with a deceleration of atmospheric circulation over the Pacific Ocean which appears
to be anthropogenically driven, and the other associated with low frequency climate variability.
We find that these two modes of change are recorded by the δ 15 N of sinking PON, but that the
interpretation of the signals are non trivial, reflecting both physical and biogeochemical changes
as well as a contamination by anthropogenic N. Finally, our results suggest that ocean deoxygenation due to global warming will be only secondary in determining the fate of low oxygen regions.
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Rather, the effect of anthropogenic radiative forcing will be exerted via large scale changes in the
wind field.

4.1. Introduction

4.1
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Introduction

Among the many characteristics that set the Anthropocene apart from many of the previous geological epochs is the substantial perturbation of the global N-cycle (Galloway et al., 2003, 2008;
Gruber and Galloway, 2008; Waters et al., 2016). Over the last century, the ever increasing
creation of bioavailable N-bearing compounds (collectively referred to as “fixed" N) through industrial N2 fixation (Smil, 2001) to produce fertilizers and through the burning of fossil fuels has
resulted in more than a doubling of the rates of N2 fixation on land (Smil, 2001; Vitousek et al.,
2013). This makes this biogeochemical perturbation one of the largest human-induced footprints
on Earth. In fact, Rockström et al. (2009) argued that the global nitrogen cycle has already been
pushed beyond the "planetary safety boundary", making it one of the three systems that have
exceeded that threshold out of the ten systems considered.
This global perturbation has left a clear mark on the ocean system (Gruber and Galloway,
2008; Somes et al., 2016; Yang and Gruber, 2016). The anthropogenic perturbation has resulted
in more than a doubling of the input of fixed N to the ocean via river export and atmospheric
deposition, increasing the total flux from ∼40 Tg yr−1 in preindustrial times to ∼90 Tg−1 today
(Gruber, 2008). This pathway of fixed N addition to the ocean thus reached in magnitude the
creation of fixed N by natural marine N2 fixation, considered until recently as the primary source
of fixed N to the ocean. The anthropogenic N (thereafter AN) perturbation is a cause of major
concern because its impacts are already observable in the environment. The combined increase in
atmospheric AN deposition and river nutrient loads are responsible for many detrimental effects
in the atmosphere, on land and in the coastal ocean (Galloway and Cowling, 2002), polluting the
air and freshwater reservoirs, acidifying rain and fueling harmful algal slime on land and blooms
in river mouths (Beman et al., 2005). The algal blooms are usually associated with eutrophication, leading to the emergence of suboxic conditions sometimes extending to the coastal ocean,
where it may shrink fish habitats. Much research has focused on these localized effects, but few
studies have investigated the large-scale impact of the AN perturbation on the open ocean. To my
knowledge, the impact of increased river nutrient load on the open ocean has yet to be assessed,
but some recent studies investigated the impact of the increase in atmospheric AN deposition on
ocean biology and the N cycle (Kim et al., 2011, 2014; Ito et al., 2016; Yang and Gruber, 2016;
Somes et al., 2016).
Employing relatively comprehensive ocean biogeochemical models with embedded models
of the nitrogen cycle, Yang and Gruber (2016) and Somes et al. (2016) demonstrated that while
the marine carbon cycle responds only relatively weakly to the strong increase in the deposition
of AN, the marine N cycle is broadly altered. One important reason for this differential response
is the tendency of the marine nitrogen cycle to compensate for the perturbation via the action of
strong negative feedbacks (Yang and Gruber, 2016; Somes et al., 2016). In both studies, the increase of AN deposition caused a strong reduction of marine N2 fixation driven by the widespread
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increase in N availability, which rapidly reduced the competitive advantage of N2 fixers. Even
though ocean phytoplankton is globally only weakly fertilized by the enhanced supply of fixed
nitrogen, the regional changes are large enough to drive local increases in export production that
cause an increase in water column denitrification (WCD) and sedimentary N losses (denitrification + burial, thereunder referred to as SNL). Together, these changes compensate about 60% of
the increase in the rate of atmospheric AN deposition by 2000 and 80% by the end of the century
(Somes et al., 2016; Yang and Gruber, 2016). The increase in AN deposition also has an impact
on measurable tracers. In situ observations and reconstructions of N* (NO3 - 16 PO4 ; Michaels
et al., 1996; Gruber and Sarmiento, 1997), a measure of excess N, in the North Pacific exhibit
large increasing trends, interpreted to reflect an accumulation of AN sourced from atmospheric
deposition (Kim et al., 2011, 2014). The modeling results of Yang and Gruber (2016) suggest
that the accumulation of isotopically light AN (Hastings et al., 2009) also causes a widespread
decrease in the δ 15 N (a measure the ratio of 15 N to total N) of all fixed N in the ocean, an effect
that was dubbed the "15 N Haber-Bosch effect" (Yang and Gruber, 2016).
But the AN-driven perturbation of the marine N cycle is not acting in isolation. It is occurring
against a backdrop of substantial variations in the climate system, ranging from intra-seasonal
fluctuations, to interannual variability and decadal and longer-term changes, some of it natural,
some of it caused by anthropogenic climate change (thereafter these variations will be collectively
referred to as climate-forced changes). One such anthropogenic climate-change forced impact is
the potential increase in WCD driven by global warming induced ocean deoxygenation (Keeling
et al., 2010). This is a consequence of the (mostly ocean warming) increase in ocean stratification,
which reduces the supply of oxygen to the ventilated thermocline (Keeling et al., 2010; Bopp
et al., 2013; Cocco et al., 2013). The reduced O2 supply would in turn cause an expansion of
the Oxygen Deficient Zones (ODZs), large volumes of suboxic waters (defined here as [O2 ] < 6
mmol m−3 ) responsible for 30 to 50% of total oceanic fixed N loss (Bianchi et al., 2012; DeVries
et al., 2012, 2013). In situ observations of O2 suggest that such an expansion of the ODZs may
have been ongoing already for several decades, especially in the Pacific basin (Stramma et al.,
2008, 2010b). In situ observations of N*, NO2 and O2 in the Eastern Tropical North Pacific
(ETNP) further show a vertical expansion of anoxia and suggest an increase in WCD from 1970
to 2012 (Horak et al., 2016). But the data are very sparse in time and space, so that it is very
difficult to separate longer-term fluctuations from true long-term trends. Further, Long et al.
(2016) demonstrated that attributing O2 trends to anthropogenic forcing remains impossible over
large portions of the ocean because of the substantial inherent variability (Frölicher et al., 2009b;
Long et al., 2016; Yang et al., 2017).
Our knowledge of such potential climate-driven variability of the marine N cycle is rather
limited. Modeling studies suggested that among all N-cycle processes, WCD is most sensitive
to such variations, especially on interannual timescales (Chapter 3, Deutsch et al., 2011). In
particular, the El Niño Southern Oscillation (ENSO) appears to drive large fluctuations of up to
70% of the total mean WCD rates in the Tropical North Pacific (ETNP) and the Eastern Tropical
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South Pacific (ETSP). In addition, the results of Deutsch et al. (2011) suggest a reduction in the
total rates of WCD in the ETNP from the 1960s to the mid 1980s followed by a rapid increase
from the mid 1980s to the late 2000s. These simulated variations are supported by the changes
in the δ 15 N recorded in particulate organic nitrogen in sediment cores recovered from along the
coast of the California current system and in the vicinity of the ODZ in the ETNP. The records
show a slow decrease in δ 15 PON between the 1900s and the 1990s, followed by a sharp increase
back to the original levels by the early 2010s (Deutsch et al., 2014). The authors interpreted the
changes as reflecting variations in trade wind strength, which slowly decreased over most of the
century, leading to a contraction of the ODZ, and consequently reducing its total WCD. But the
trade winds resumed in the 1980s, causing a rapid expansion of the ODZ and consequently also an
increase in WCD. Two of these sediment records were recently extended into the last millennium
(Tems et al., 2016). These records revealed that these multi-decadal fluctuations have occurred
many times in the past 1000 years, suggesting that they are more likely a manifestation of low
frequency climate variability rather than a signal of anthropogenic climate change.
In contrast to WCD, the sensitivity of N2 fixation and SNL to climate forced changes is very
poorly known. The sparse spatiotemporality of in situ observations of rate and relevant geochemical tracers generates substantial uncertainties even for the estimation of the global mean rate.
For example, recent global N2 fixation estimates vary between 50 and 180 Tg N yr−1 (Eugster
and Gruber, 2012; Luo et al., 2012; Grosskopf et al., 2012) and those for sedimentary denitrification (SDen) vary between 70 to 260 Tg N yr−1 (Bianchi et al., 2012; DeVries et al., 2013;
Devol, 2015). However, we know that the factors controlling N2 fixation and SNL are subject to
significant variability suggesting that they are also sensitive to climate forced changes. In particular, SDen depends to first order on organic matter export, and N2 fixation is strongly controlled
by nutrient and light availability, all exhibiting significant variations on interannual and decadal
timescales (Chavez et al., 2010; Laufkötter et al., 2013). The few localized studies that span a
long enough period also support a substantial variability of N2 fixation. A recent study restricted
to the North Atlantic showed a fivefold increase in the observed presence of Trichodesmium spp
(a common N2 fixer) followed by a decrease of the same amount over the timespan of a decade
(Rivero-Calle et al., 2016). The N2 fixation measurements at station Aloha in Hawaii also show
strong interannual variability of N2 fixations with up to three fold variations in the observed rates
from year to year (Dore et al., 2002; Böttjer et al., 2016).
The overarching goal of this chapter is to investigate the combined impact of the AN perturbation and climate forced changes on N cycle processes and related tracers, i.e., N* and the δ 15 N
of NO3 or of PON. To this end, we analyze two model simulations forced with reconstructed atmospheric fields over the Anthropocene, one with transient AN forcing, and one where N inputs
were kept at their preindustrial levels. We address this overarching goal in three sections with
distinct, but complementary foci. The first section investigates the relative contribution of the
AN perturbation and climate forced changes in driving long term trends in N cycle processes and
related tracers over the simulated period on the global scale. It also addresses the implication for
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the detection and attribution of observable tracers in the ocean. The second section investigates
in more detail the spatiotemporally complex changes associated with climate forced N cycle dynamics with a focus on the Pacific. Finally, we use the understanding acquired from the second
section to demonstrate that N* and δ 15 N are good tracers of the large scale physical changes
across the Pacific Ocean associated with climate variability and change.

4.2 Methods
4.2.1 Model
We employ a slightly modified version of the ocean component (POP2) of the Community Earth
System Model v1.2 (CESM), which itself is based on the Community Climate System Model 4
(Gent et al., 2011; Danabasoglu et al., 2011). POP2 is run with a zonal resolution of 1.125◦ and a
meridional resolution varying from 0.53◦ in the extratropics to 0.27◦ near the equator. We impose
a high isopycnal mixing coefficient in a small band along the equator (5◦ N to 5◦ S, 159 to 2530
m depth) to mimic the effect of unresolved equatorial jets that supply O2 to ODZs (Getzlaff and
Dietze, 2013). POP2 embeds the Biological Elemental Cycling (BEC), whose biological component is a classical plankton functional type model, which includes three explicit and one implicit
phytoplankton group, as well as one generalist zooplankton group (Moore et al., 2004, 2013a).
Small phytoplankton are limited by N, P, and Fe, and are parameterized to be more competitive in
low nutrient-high light regimes. Diatoms are limited by N, P, Fe and Si and parameterized to be
more competitive in nutrient-rich and low light environments. Diazotrophs are only limited by P
and Fe due to their ability to use dissolved gaseous N2 as a nitrogen source, but they can also use
ambient NO3 or NH4 which they favor as their N source under nutrient replete conditions (Moore
et al., 2013a). In addition, diazotrophs have a much lower maximum growth rates such that they
grow poorly in high nutrient regimes (Moore et al., 2013a). In addition, their growth is limited to waters where the temperature is above 14◦ C, limiting their poleward extent (Moore et al.,
2004). Finally, the coccolithophores (calcifying phytoplankton) are parameterized implicitly as a
variable fraction of small phytoplankton.
This model version includes all major sources and sinks of fixed N in the ocean. Fixed N
enters the ocean via N2 fixation, atmospheric deposition and river input, and leaves the ocean via
WCD and SNL. This version of BEC also includes the cycling of 15 N (Yang and Gruber, 2016),
which requires this isotope to be traced in all nitrogen bearing variables. The δ 15 N composition
of any flux in or out of the N cycle or between the traced N pools, depends on the δ 15 N of the
source N as well as an enrichment factor that reflects the strength of the differential transfer of
15
N relative to that of 14 N. The processes of the N cycle that induce a fractionation are WCD
(ϵ = −25h), organic matter production (ϵ = −5h), nitrification (ϵ = −10h), zooplankton
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excretion (ϵ = −6h) and sedimentary denitrification (ϵ = −2h). A full description of the Ncycle in CESM-BEC, its 15 N module and justifications for our choice of parameter values can
be found in the supporting information of Yang and Gruber (2016), included in this thesis as
Appendix A.

4.2.2

Simulations and Analyses

We run two ocean-ice historical simulations for the period from 1948 to 2009, both driven by
the same variable physical forcing, but by different boundary conditions for the nitrogen cycle.
The first simulation (Fclim ) is forced with monthly varying atmospheric N deposition repeating
for the year 1850, and yearly varying river input of N and P reconstructed for the year 1900, thus
approximating preindustrial conditions. The second (Fall ) is forced with the varying monthly
atmospheric N deposition fields from 1850 to 2009, and the yearly river input fields from 1900
to 2009, thus reflecting the transient nature of the nitrogen cycle through the Anthropocene (see
section 4.2.3 for a a detailed description of the N forcing). The physical forcing consists of the
inter-annually varying air-sea fluxes of momentum, heat and freshwater as reconstructed by Large
and Yeager (2009).
For both simulations, we follow the Core-II protocol as defined in Griffies et al. (2011) by
first spinning up the model from observationally-based initial conditions for 4 forcing cycles (62
years each) and then use the 5th cycle as the production cycle. Fall and Fclim are initially spun
up identically with preindustrial N forcing. The Fall is then switched to transient N forcing in the
3rd cycle (atmospheric deposition) and the 4th cycle (river input), in order for the forcing year to
be consistent with the model years of the production cycle (5th cycle).
To calculate the model drift, we run the Fclim case for one additional forcing cycle after
the production cycle totaling the number of cycles for this run to 6. This extra cycle enables
us to estimate the model drift for each variable of interest and at each grid point by calculating a
running mean with a window size equal to a full cycle length (62 years) over the entire production
cycle (5th cycle). We limit our analysis to the last 50 years of the production run (1960–2009)
in order to avoid the initial shock associated with the cycle transition. We correct all analyzed
variables from Fclim for drift. We assume that the drifts are similar in both simulations and thus
calculate the anomalies caused by the anthropogenic forcing of the nitrogen cycle by subtracting
the two uncorrected simulations i.e., Fall - Fclim . The drifts for all variables discussed therein
are close to negligible relative to the much larger intra-cycle signals reported and discussed here.
For example, the drift in globally integrated WCD is less than 0.25% of the overall trend over the
simulated period (not shown).
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Table 4.1

Overview of experiments

Forcing

Simulation 1–Fclim

Simulation 2–Fall

Climate
Forcing
Period
Frequency

COREv2–IAF
1948–2009 (6 cycles)
4-hourly

COREv2–IAF
1948–2009 (5 cycles)
4-hourly

Atm deposition
Forcing
Period
Frequency

Lamarque et al. (2010)* Lamarque et al. (2010)*
1850–repeated
1850–2009
monthly
monthly

River input
Forcing
Period
Frequency

Beusen et al. (2016)
1900–repeated
yearly

Beusen et al. (2016)
1900–2009
yearly

4.2.3 Anthropogenic N-forcing
The atmospheric N deposition forcing was estimated using the same atmospheric transport model
and set up described in Lamarque et al. (2010), but where the marine emissions of ammonia
were turned off. This is because these emissions are not represented in CESM-BEC, i.e., the
consideration of the re-deposition of these fluxes onto the sea surface without taking into account
the initial loss by emission would lead to a spurious source of ammonia to the ocean. The results
by Lamarque et al. (2010) provides estimates for the deposition of oxidized (NOy) and reduced
inorganic forms (NHx) of N to the ocean, but not for organic nitrogen. We assume that 30% of
the total deposited nitrogen is of organic form (Cornell et al., 2003; Mace et al., 2003; Nakamura
et al., 2006; Jickells, 2006) and thus account for the missing organic N by multiplying the NOy +
NHx forcing by 1/0.7 ∼1.43 (figure 4.1a, c). There exists no spatially or temporally explicit fields
for the δ 15 N composition of deposition. We thus reconstruct this field by assuming a simple 2
end-member mixing model representing either natural or anthropogenic sources of N. We further
assume a constant δ 15 N for each member and use the observed δ 15 N changes in the ice core
records of Greenland as a constraint. These records reveal after a period of relatively constant
δ 15 NOx values, a substantial decrease of over 10h in the late nineteenth century (Hastings et al.,
2009; Geng et al., 2014, see figure 4.1a), interpreted to reflect the increasing contribution of
human-derived sources with lower δ 15 NOx values relative to preindustrial N sources (Hastings
et al., 2009; Sofen et al., 2014a; Geng et al., 2014). We separate our N deposition field by
assuming that the 1850 levels mostly reflect natural sources of N. We subsequently assign a
δ 15 N of 0h to our reconstructed natural N sources and a δ 15 N of -15h for our reconstructed
anthropogenic N sourced resulting in our reconstructed δ 15 N anomalies of total deposition to
closely track the decreasing δ 15 N trends recorded by ice cores (Hastings et al., 2009; Geng et al.,
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2014, see figure 4.1a).
The river input of fixed N and P to the ocean was reconstructed by Beusen et al. (2016) who
used for the first time a spatially explicit coupled land model to produce an estimate of N an P
delivery to the ocean at individual river mouths from 1900 to present day. The model is comprehensive, including the representation of hydrology, nutrient delivery to surface water, as well
as an explicit representation of biogeochemically (e.g., denitrification) and physically driven (retention in ground reservoirs) in-stream retention of N and P. The nutrient delivery include a wide
range of sources i.e., cultivated land and natural ecosystems, allochthonous biomass inputs in
river floodplains, weathering, atmospheric deposition, wastewater and aquaculture. The dataset
does not represent individual N species, requiring us to separate the organic and inorganic components from the particulate ones. We assume that particulate forms of N and P are rapidly buried
in the sediments upon delivery to the ocean and thus exclude them from our forcing file. We
use the present day Global Nutrient Export from Watersheds (Seitzinger et al., 2005) river input
datasets and calculate the ratio of the globally integrated loads of Dissolved Organic Nitrogen
(DON), and Dissolved Inorganic Nitrogen (DIN) to total N and the globally integrated loads of
Dissolved Inorganic Phosphorus (DIP) and Dissolved Organic Phosphorus (DOP) to total P. We
assume that this ratio applies everywhere and at all times and thus scale the data of Beusen et al.
(2016) accordingly. After excluding particulate forms, the globally integrated river input of N is
reconstructed to increase from 14 Tg −1 in 1900 to 35 Tg −1 in 2009 (figure 4.1b, e, f). River
N
input of P also increases over time, but proportionally less as compared to N. As a result, the 16P
increases substantially over time, i.e., from 0.8 Tg −1 in 1900 to 1.6 Tg −1 in 2009. The δ 15 N of
river N input is poorly known. We assume a value of 3 h based on the estimate of Sigman et al.
(2009).

4.3

4.3.1

Results and discussion

Global N cycle trends from 1960 to 2009: anthropogenic N vs. climatedriven changes

In this section, we investigate long term changes driven by the increase in AN as compared to
those driven by climate related changes from 1960 to 2009. We first investigate changes in the
sources and sinks of the marine N cycle before investigating their impact on N* and δ 15 NO3 . We
finally discuss the implication of our results for the detection of AN.
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Figure 4.1 Atmospheric and river input of N forcing used to force our model. (a) Time evolution
of the globally integrated N deposition in Tg yr−1 . The contribution from oxidized forms of inorganic N is shaded in blue, that from reduced forms is shaded in red and that of organic N compounds
is shaded in green. The black curve represents the total. The red line shows the change in the average δ 15 N of the total deposition in h. Triangles (Hastings et al., 2009) and diamonds (Geng et al.,
2014) show the change in the δ 15 N of deposition as recorded in two Greenland ice cores. (b) Time
evolution of the globally integrated river input of N in Tg yr−1 . The contribution from inorganic N
is shaded in blue and that from organic N is shaded in green. The black curve represents the total.
The solid red line describes the N to P ratio of the total input. (c) Annually averaged N deposition
in 1850 in mmol m−2 yr−1 . (d) same as c but for the year 2000. (e) same as (c) Annually averaged
river input of N deposition in 1900 in mmol m−2 yr−1 . (f) same as e but for the year 2000. The
atmospheric N deposition data stem from the output of an atmospheric transport model run by J. F.
Lamarque, with a step up similar to Lamarque et al. (2010), but where the marine emissions of NHx
have been turned off. The river input of N and P stem from the reconstruction of (Beusen et al.,
2016).
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Figure 4.2 Temporal evolution of globally integrated sources and sinks of the N cycle as simulated
in CESM from 1960 to 2009. (a) Globally integrated fluxes for the simulation with transient N
inputs by rivers and deposition (Fall in table 4.1) in Tg yr−1 . (b) as (a) but for the simulation where
N inputs are kept to preindustrial levels, and shown as anomalies from the mean over the period
(Fclim in table 4.1). (c) Difference in globally integrated fluxes due to the transient N inputs by
rivers and deposition calculated as Fall - Fclim (table 4.1). for (a), (b) and (c), N2 fixation is shown
green, WCD in red, sedimentary denitrification in dark red, the combined N inputs via rivers and
atmospheric deposition in blue and the residual N flux in black. Dots show the annual values while
the lines show the 5 year running mean.

4.3.1.1

Long term changes

The increase in the input of AN to the ocean drives a decrease in N2 fixation over most of the
ocean, decreasing its global flux by ∼6 Tg yr−1 from 1960 to 2009 (figure 4.2a), representing a
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change of 5% of its mean flux. This decrease is caused by the increase in N availability, which
decreases the competitive advantage of diazotrophs (section 4.2.1). The small global change in
N2 fixation driven by climate related changes hides large but spatially compensating trends that
locally dominate the changes over most of the ocean (figure 4.3d).
Linear trends in vertically integrated N fluxes from 1960 to 2009 in mmol m-2 y-1 y-1
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Figure 4.3 Linear trends in vertically integrated N fluxes calculated over the period from 1960
to 2009. (a) Linear trends in vertically integrated N2 fixation in mmol m−2 yr−2 . (b) Same as
(a) but for water column denitrification (WCD). (c) Same as (a) but for sedimentary N loss (SNL).
(d) Linear trends in vertically integrated N2 fixation anomalies caused by anthropogenic N forcing
(ANF) in mmol m−2 yr−2 , calculated as the linear trend of Fall - Fclim (table 4.1). (e) Same as (d)
but for WCD. (f) Same as (d) but for SNL. (g) Portion of the trend in N2 fixation that is due to ANF
clim )
in % of the total trend, calculated as the linear trends for simulation (Fall(F)−(F
× 100. (h) Same
clim )
as (g) but for WCD. (i) Same as (g) but for SNL.

The increase in the input of AN stimulates a relatively homogeneous increase in WCD over
all ODZs (figure 4.3e), summing to a global increase of 5 Tg yr−1 . This represents a ∼5% increase
of the mean flux. This increase is caused by the pattern of anthropogenic fertilization of biological
production, which promotes an expansion of ODZs while increasing the demand of oxidants in
denitrifying waters. But climate related changes drive a much larger response increasing the
global rate of WCD by ∼30 Tg yr−1 (∼30% of the mean flux) over the period (figure 4.2a) with
the core of the increase (∼25 Tg yr−1 ) occurring after 1990 (figure 4.2b). Spatial trends in the
vertically integrated rate of WCD reveal that the climate-driven increase stems primarily from the
Eastern Tropical Pacific (ETP) (figure 4.3b)
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The anthropogenic fertilization of biological production by increased deposition and increased river inputs also causes an increase in SNL. This occurs over all shelf regions, but is
largest around Indonesia and over the North Pacific shelf, totaling to a global increase of 6 Tg
yr−1 over the simulated period (∼6% of the mean flux). Climate related changes drive an opposite
change, decreasing the global rate by about 5 Tg yr−1 from 1960 to the mid 1980s (Figure 4.2b)
with the core of the decrease focused along the west Pacific shelf. As a result of these opposing
effects, the global rate of SNL decreases initially by ∼3 Tg yr−1 from the 1960s to 1980s and
increases towards its original levels from 1980 to 2009 (figure 4.2a, 4.2c, 4.2f, 4.2i).

4.3.1.2

Long term changes in N* and δ 15 NO3

Given the very low δ 15 N of AN and the strong fractionation effect of WCD on ambient NO3 ,
we could expect the global increase in AN and WCD to also dominate the trends in surface
N* and δ 15 NO3 from 1960 to 2009. The global increase in WCD is indeed responsible for the
largest trends globally, but they are largely restricted to the ETNP, where N* decreases by over 1
mmol m−3 (10y)−1 and δ 15 NO3 increases by over 1.5h (10y)−1 (figure 4.4a, 4.4b). The increase
in AN inputs drives comparatively smaller but more widespread changes, increasing N* and
decreasing δ 15 NO3 over much of the ocean. The largest changes are simulated over the North
Pacific, Indonesia and the Mediterranean with increases in N* of up to 0.5 mmol m−3 (10y)−1 and
decreases in δ 15 NO3 of up to ∼ 0.3h (10y)−1 (figure 4.4c, 4.4d). However, these changes only
explain a small portion of the overall trends. Climate related changes drive a large and widespread
increase in N* and decrease in δ 15 NO3 over the period, reinforcing and often outweighing the
signals associated with the accumulating AN. The increase in AN remains a strong contributor to
the overall trends in regions such as the North Atlantic, the Indian Ocean and the North Pacific,
i.e., places where AN tends to accumulate. But the AN driven-increases in N* tend to be more
strongly eclipsed by climate variability than those in δ 15 NO3 . As a result, the decrease in δ 15 NO3
in regions with largest AN accumulation usually dominates the overall trend but the associated
increase in N* often only contributes half or less of the change.

4.3.1.3

Implication for the detection of anthropogenic N

Our results suggest that the accumulation of AN causes changes in N* and δ 15 NO3 that are largely
above detection limit with the largest trends found in the Mediterranean, the Sea of Japan, the
south China Sea or the inner seas of Indonesia, where AN is less susceptible to be exported
by ocean circulation. In the open ocean, the trends in these tracers are also detectable directly
downwind and downstream of strong emitters. However, our results suggest that their attribution
to AN is complicated by the often equal and sometime larger trends driven by climate related
changes. Our results further suggest that δ 15 NO3 is a better indicator for the presence of AN
in the open ocean. Combining the signatures left by AN on N* and on δ 15 NO3 may provide a
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Linear trends in N* (mmol m-3 y-1) and δ15NO3 (‰ y-1) from 1960 to 2009
(b) δ15NO3 at 100m depth

(a) Top 100m averaged N*
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Figure 4.4 Linear trends in N* and δ 15 NO3 calculated over the period from 1960 to 2009. (a)
Linear trends in top 100m averaged N* in mmol m−3 (10y)−1 . (b) Same as (a) but for δ 15 NO3 at
100m depth. (c) Linear trends in top 100m averaged N* caused by anthropogenic N forcing (ANF)
in mmol m−3 (10y)−1 , calculated as the linear trend of Fall - Fclim (table 4.1). (d) same as (c) but
for δ 15 NO3 at 100m depth. (e) Portion of the trend in top 100m averaged N that is due to ANF in
clim
% of the total trend, calculated as the linear trends for simulation FallF−F
× 100. (f) Same as (e)
clim
15
but for δ NO3 at 100m depth.

framework to identify the part of the observed increase in N* that stems from the accumulation
of AN.
The implications of our simulated results are best illustrated by comparing them to the few
available observationally-based estimates of changes in the marine N content. Kim et al. (2014)
reconstructed a large increase in N* over the North Pacific from the 1970s to the mid 1990s
using a combination of along isopycnal observations of N* and of chlorofluorocarbons from
6 cruises. They interpreted the increasing trend as reflecting the accumulation of AN sourced
via increased atmospheric deposition. Under this assumption, the magnitude of the estimated
increases in AN deposition are at odds with their reconstruction. Current estimated increases in
AN deposition would be too small to explain the reconstructed N* trends, even if the deposited
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AN were to behave fully conservatively. Our model results provide a solution to this puzzle by
suggesting that only about half of the reconstructed increases in North Pacific N* are caused by
the accumulation of AN and that the other half is driven by climate forced changes (figure 4.5a).
This result is supported by our model interpretation of the observed subsurface changes in N*
recorded at station Aloha in Hawaii (figure 4.5c, 4.5d) similarly suggesting that AN contributes
only half of the recorded increase in N*. The large role of climate for driving changes is further
demonstrated by the decrease in δ 15 PON observed at the same location and reproduced by our
model, which suggest a change over the observed period that is entirely driven by climate forced
changes.
In the next section, we investigate these climate-driven changes, focusing our analysis on the
Pacific Ocean where the simulated climate-driven changes are the largest.
(a) N* trends from 1970 to 1995 (mmol m-3 y-1) (b) N* trends from 1970 to 1995 (mmol m-3 y-1)
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Figure 4.5 Simulated vs. reconstructed changes in N* and the δ 15 PON in the North Pacific Ocean.
(a) Linear trend in simulated N* averaged over the isopycnal surfaces σθ = 25.5 to 26.5 in mmol
m−3 yr−1 calculated over the same period as those reconstructed by Kim et al. (2014) i.e., from 1970
to 1995. The overlaid colored squares show the trends reconstructed by Kim et al. (2014). Also
shown as contours are the simulated ideal ages for σθ = 25.5. (b) same as (a) but for the isopycnal
surfaces σθ = 27.2 to 27.3 in mmol m−3 yr−1 . (c) Timeseries of observed N* anomalies at station
Aloha in Hawaii between 100 and 200m depth in mmol m−3 as red dots (standard deviation as bars).
The lines show the simulated N* anomalies at location 1 (indicated by a white box in (a)) averaged
over the isopycnal surfaces σθ = 25.5 to 26.5. (d) Timeseries of observed δ 15 PON anomalies from
sediment traps at station Aloha in h shown as red dots. The red line shows a 4th order polynomial
fitted to the data. The black lines show the temporal evolution of the simulated δ 15 PON anomalies
collocated at station Aloha. In (c) and (d), the full lines show simulated values for the simulation
with transient AN forcing (Fall ) and the dashed line those for the simulation with constant N forcing
(Fclim ) (see table 4.1).
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4.3.2 Climate forced dynamics of the N cycle in the Pacific Ocean
4.3.2.1 Large scale physical changes

The reconstructed atmospheric fields forcing our ocean model (see 4.2.2) drive large physical
changes across the Pacific Ocean from 1960 to 2009, driven to first order by changes in the wind
field. On decadal and longer timescales, large-scale changes in the winds reflect the low frequency
variability of the climate system, as well as externally forced changes. The simulated changes we
describe in the present section are particularly sensitive to two different modes of change in the
winds, for which we first give a brief overview. One of these mode of change, dominant for N
related changes, is a widespread and monotonic reduction in the intensity of the winds over the
Pacific Ocean. The pattern, which reflects an overall weakening of the atmospheric circulation
over the Pacific Ocean suggests that they are anthropogenically driven (Vecchi et al., 2006; Collins
et al., 2010; Deutsch et al., 2014). The attribution of the change has much potential for debate,
which we will address further in this chapter. For now, we assume this conjecture as true and
thereafter refer to these wind anomalies as being anthropogenically driven. Another dominant
mode of change in the winds stem from the low frequency oscillations of the physical conditions
associated with the higher frequency El Niño Southern Oscillation (ENSO). In particular, our
investigated period is characterized by a transition towards more El Niño like condition from
1960 to 1980 and towards more La Niña like condition from 1980 to 2009.
These two modes of change have widespread impacts on the density structure of the ocean.
In particular, the anthropogenic reduction in the winds weakens the Pacific gyre circulation, for
which we assume the barotropic stream function (Ψ) is a good representation of its dynamics. The
leading mode of change in Ψ, computed by conducting an Empirical Orthogonal Function (EOF)
decomposition, describes the monotonic decrease in its strength and zonal extent explaining 51 %
of the variance over the period (figure 4.6a, 4.6b). The core of the weakening occurs between 1960
and the early 1980s when it dominates the basin scale changes in density structures. In particular,
the weakening of the gyre circulation causes a strong deepening of the isopycnals (σθ = 26.8,
figure 4.6c, 4.6d) as well as widespread changes in stratification. The changes are strongest in
the equatorial Pacific, where they cause a shoaling of the maximum mixed layer depths (MLD)
(figure 4.6c, 4.6d). These changes occur in the context of a switch to the El Niño like condition
of the early 1980s, reflected in the ETP where the thermocline (we use the depth of σθ = 26.8 as
an indicator) deepens over the period (figure 4.6c, 4.6d). The effect of low frequency variability,
outweighed early on by the anthropogenic wind reduction becomes the main driver of physical
change after the 1980s, driving changes in density structure that reflect the installment of the
strong La Niña like condition at end of the simulated period (figure 4.6c, 4.6d). The associated
wind changes promote a shoaling of the thermocline in the ETP, which extends along the Eastern
shelves of the Pacific and promotes a deepening in the western subtropical Pacific. These changes
are further associated with a resumption of the Pacific gyre circulation (figure 4.6a, 4.6b). In the
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next section, we identify potential pathways of change in the N cycle associated with the large
scale density structure evolution of the Pacific Ocean in terms of the three key physical variables
described above, i.e., thermocline depth, gyre circulation and stratification.
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Figure 4.6 Leading modes of physical changes associated with the long-term reduction in the
winds over the Pacific. (a) Colors show the leading mode of variation (EOF1) of the anomalies
in the barotropic streamfunction (Ψ) in Sverdrup (1 Sv = 106 m3 s−1 ) calculated over the Pacific
(35◦ S–60◦ N, 110◦ E–60◦ W) using monthly values for the period from 1960 to 2009, but where
the interannual variability has been filtered using a 5-year running∫ average.
The contours show its
∫
absolute values for the year 1960. It is calculated as Ψ(x, y) =
u(x, y, z)dzdyr, where u is
the ocean current vector and x,y and z are the usual space coordinates. (b) Principal component
associated with the EOF1 (PC1) of Ψ as the thick black line. Colored line show the evolution of the
PC1 of SDen in red (57% of the variance), of the PC1 of N2 fixation in green and the PC2 of WCD
in yellow (driving 36% of the variance for both) calculated over the same region and period. (c) as
(a) but for the depth of the isopycnal surface σθ = 26.8 in m. (d) Principal component associated
with the EOF1 of the anomalies of the depth of σθ = 26.8. (e) Same as (a) but for the maximum
mixed layer depth (MLD) also in m. (f) Principal component associated with the EOF1 of the MLD.
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Figure 4.7 Leading modes of physical changes associated with low frequency climate variability.
(a) Colors show the second EOF (EOF2) of the anomalies of the barotropic streamfunction (Ψ) in
Sverdrup (1 Sv = 106 m3 s−1 ) calculated over the Pacific (35◦ S–60◦ N, 110◦ E–60◦ W) using monthly
values for the period from 1960 to 2009, but where the interannual variability has been filtered using
a 5-year running
∫ ∫ average. The contours show its absolute values for the year 1960. It is calculated
as Ψ(x, y) =
u(x, y, z)dzdyr, where u is the ocean current vector and x,y and z are the usual
space coordinates. (b) Principal component associated with the EOF 1 of Ψ (PC1) as the thick
black line. Colored lines show the evolution of the PC1 of SDen in red (57% of the variance), of the
PC1 of N2 fixation in green and the PC2 of WCD in yellow (driving 36% of the variance for both)
calculated over the same region and period. (c) as (a) but for the depth of the isopycnal surface
σθ = 26.8 in m. (d) Principal component associated with the EOF2 of the anomalies of the depth
of σθ = 26.8.

4.3.2.2 Potential pathways for climate forced changes of the marine N cycle

In Chapter 3, we identified the physical and biological changes associated with the heaving of
the thermocline in the Pacific. For example, we demonstrated that the combined changes associated with this heaving drives large changes in the total rates of Pacific WCD on interannual
timescales. Changes in thermocline depth and its associated changes also have a strong potential
to change SDen and N2 fixation. For example, we expect a shoaling of the thermocline in the
Eastern Pacific to increase the nutrient inventory of the euphotic layer, potentially increasing export production and thus also SDen (4.2.1). In addition, a shoaling could hinder the N2 fixation
rates by exacerbating the nutrient replete regime over the ETP, or promote an increase in the rates
in the subtropics by increasing the N* supplied from the ETP (4.2.1). We expect an opposite
situation in response to a deepening of the thermocline. Subsequently, we refer to this pathway
of change as the thermocline pathway.
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Another potential pathway involves the strength and extent of the Pacific gyres which control
the boundary between the well oxygenated, nutrient poor and high N* waters transported by the
North and South Equatorial Currents and those associated with the ODZs, i.e., poorly oxygenated,
nutrient rich and low N*. Thus, WCD may be modified via the modulation of the gyre extent and
the associated O2 changes (e.g. Deutsch et al., 2006), which may modulate the extent and shape
of the ODZs. These boundaries also mark the separation between the nutrient replete, Fe-limited
regimes of the ETP and the low nutrient, Fe-rich regimes of the subtropics. Thus, changes in gyre
extent may also modify N2 fixation along the boundaries. Subsequently, we refer to this pathway
as the gyre pathway.
The final pathway involves changes in ocean stratification and its impact on nutrient supply. More stratified conditions reduce the availably of nutrients while less stratified conditions
increase it, thus potentially modifying SDen via changes in organic matter export. The shoaling
or deepening of the mixed layer associated with the changes in stratification across strong vertical N* gradients may also modify N2 fixation. In particular, in the western equatorial Pacific, our
model simulates an N* maximum located in the subsurface at ∼ 200m, due to the localized nature
of ventilation and thus the potential for the decoupling of the subsurface N* supply from that of
the surface ocean. Thus, in these regions, stronger stratification would promote an increase in N2
fixation and vice versa.

4.3.2.3

Decadal changes in N cycle processes and their drivers

We separate our analysis of the N cycle related changes into two periods i.e., 1960 to 1980 and
1980 to 2009 because of their very different climate forcing conditions (section 4.3.2.1). The
simulated changes in N sources and sinks and their spatial structure appear complex at first.
However, the analysis of these changes in light of the physical changes and pathways we characterized above (section 4.3.2.1, 4.3.2.2) reveals that they can be explained owing to their primary
dependence on the same two dominant modes of variations presented in section 4.3.2.1.
The changes for the period from 1960 to 1980 are driven by the anthropogenically forced
wind reduction in the context of climate conditions that are shifting towards more El Niño like
conditions. Along the western Pacific shelves, the increased stratification caused by the weakened
winds causes a large concurrent decrease in SDen and increase in N2 fixation. The reduced winds
also strongly reduce the eastward extent of the gyres, locally shoaling the isopycnals and shifting
the boundary separating ETP sourced waters and subtropical waters. This effect promotes an
increase in WCD in the ETNP, as well as a strong heterogeneous change in N2 fixation along
the boundary that delimits the extent of the nutrient replete regime associated with the ETP. The
changes associated with the establishment of more El Niño like conditions cause the thermocline
to deepen in the ETP and over the western Pacific shelves promoting a decrease in WCD. The
decrease is most intense over the ETSP where the very localized, but large decreases reduce

Chapter 4. The variable N cycle during the Anthropocene

100

(a) ∆ in WCD from 1960 to 1980
50°N

(b) ∆ in WCD from 1980 to 2009

mmol m-2 y-1

1000

mmol m-2 y-1

1000

600

600

400

400

200

200

0

0

−200

−200

−400

−400

−600

−600

30°N

10°N

10°S

30°S

−1000

140°W

120°W

100°W

−1000

140°W

80°W

(c) ∆ in SD from 1960 to 1980
mmol m y
-2

120°W

100°W

80°W

(d) ∆ SD from 1980 to 2009
-1

50°N

30°N

10°N

10°S

30°S

100

50°N

30°N

10°N

10°S

30°S
110°E 140°E 170°E 160°W 130°W 100°W 70°W

100
25

5

5

1

1

0

0

−1

−1

−5

−5

−25

−25

−100

−100

(e) ∆ in N2 fixation from 1960 to 1980
mmol m-2 y-1

mmol m-2 y-1

25

(f) ∆ in N2 fixation from 1980 to 2009
15

mmol m-2 y-1

15

12

12

9

9

6

6

3

3

0

0

−3

−3

−6

−6

−9

−9

−12

−12

−15

−15
110°E 140°E 170°E 160°W 130°W 100°W 70°W

Figure 4.8 Spatial changes of the climate forced changes in sources and sinks of the marine N
cycle. (a) Change in vertically integrated WCD from 1960 to 1980 in mmol m−2 yr−1 . (b) same as
(a) but for the change from 1980 to 2009. (c) as (a) but for the rate of sedimentary denitrification
(SDen) also in mmol m−2 yr−1 . (d) same as (c) but for the change from 1980 to 2009. (e) same as
(a) but for the vertically integrated rate of N2 fixation also in mmol m−2 yr−1 . (f) as (e) but for the
change from 1980 to 2009

its integrated N loss rate by ∼15 Tg yr−1 . The deepening of the thermocline also causes local
changes in WCD in the ETNP almost compensating the anthropogenic driven increases, resulting
in a small integrated change. The reduced N loss in the ETP is exacerbated by a reduction in
SDen and an increase in N2 fixation driven by the reduced nutrient supply to the euphotic zone
which increases export and promotes conditions unfavorable for N2 fixation.
In the early 1980s, the Pacific experienced a reversal in climate with a trend toward strong
La Niña like conditions by the end of the period. The changes associated with climate variability
usually overwhelm the much weaker impact of the anthropogenic forcing from 1980 to 2009 and
thus are also the dominant mode of change for N cycle sources and sinks (figure 4.6, 4.7). The
strong thermocline shoaling is responsible for the largest change in the global N budget which
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increases total Pacific WCD by ∼30 Tg −1 (as discussed in section 4.3.1.1). The pattern of
thermocline heaving also causes large, but compensating changes in SDen and N2 , which pattern
reflect the typical fingerprint of La Niña like conditions on SSTs. The shoaling of the thermocline
in the ETP favors an increase in SDen while reducing N2 fixation. At the same time, the deepening
of the thermocline in the western subtropical Pacific promotes opposite tendencies. In addition,
the increased supply of nutrients to the surface, while locally reducing N2 fixation, increases the
supply of P versus N towards the subtropical Pacific, where it tends to promote N2 fixation.
In summary, the picture that emerges is one where the sources and sinks are strongly decoupled from each other so that their response is reflective of the large scale physical changes
via the action of the pathways described in section 4.3.2.2. Our results suggest that most of the
decadal scale changes can be simplified to two modes of change. The first mode exerts a monotonic pattern of change over the simulated period strongest from 1960 to 1980 and most reflected
by changes in sources and sinks along the western Pacific shelf. The second mode of change is
associated with the low frequency climate variability of the Pacific Ocean and especially the shift
towards the more la Niña type conditions of the late 2000s, which drive the overall response from
1980 to 2009. We acknowledge that the strong causal relationship established above are subject
to limitations due to the nature of the analysis, which assumes that the first leading modes of
variability of the physical changes are reflective of the anthropogenic forced changes. However,
while there is a possibility that it reflects some lower frequency, centennial-scale variability, the
recurrent dominance of this orthogonal, non-oscillatory mode of change across most of our investigated physical and biological variable suggest that it is externally forced (figure 4.6a). Both
of these modes are accompanied by significant changes in WCD, which locally strongly modify
the δ 15 NO3 and may thus be a good recorder of changes across the Pacific Ocean. We investigate
next such changes.

4.3.2.4

Oceanic δ 15 NO3 and sediment δ 15 PON as a recorder of Pacific water column denitrification variability

In situ measurements of δ 15 NO3 are still too spatially and temporally sparse to assess changes in
WCD. However, the δ 15 N of PON in sediment records may reflect the δ 15 N of surface oceanic
NO3 , assuming that surface nitrate is completely utilized thus suppressing the fractionation effect
stemming from the uptake of nitrate. For this reason, downcore variations in the δ 15 N of sediment
PON is often used as a proxy for changes in denitrification. Figure 4.9 shows measured δ 15 N of
PON in three sediment cores on the northern edge of the ODZ in the ETNP (Santa Monica,
Soledad, Pescadero; Deutsch et al., 2014) as compared to our simulated δ 15 N of sinking PON at
100m depth. The measured and simulated δ 15 N anomalies agree remarkably well (figure 4.9b,
4.9c, 4.9d, 4.9e). The data exhibits a decrease in the δ 15 N of PON with varying magnitude,
depending on the record location, of 0.25 to 0.6 h from 1960 to the mid 1990s, followed by
a faster increase of 0.7 to 1.5 h towards 2009 (figure 4.9a). The co-located model simulated
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temporal evolution of δ 15 N anomalies capture the trends at the Pescadero and Soledad record
location (figure 4.9c, 4.9d) but fails to capture the late increase at Santa Monica record location
(figure 4.9e). This is probably a result of the relatively low resolution of our model, which does
not resolve the boundary currents that transport the high δ 15 N waters to the California Current
System (Castro et al., 2001). The model also captures the large decadal fluctuations of ∼ 0.25h,
especially evident in the Pescadero record.
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Figure 4.9 Simulated versus observed changes in δ 15 PON in the ETP. (a) Average simulated
δ 15 PON at 100m depth in h. (b) Time evolution of δ 15 PON for three sediment cores north of
the core denitrifying region at Pescadero (red dots), Soledad (green dots) and Santa Monica (blue
dots). Overlaid as lines are the time evolution of the simulated values of δ 15 PON at 100m depth
averaged over three different regions indicated as boxes in (a). (c) Time evolution of the simulated
values of δ 15 PON at 100m depth collocated at the Pescadero record location. The full line indicated the evolution for the simulation forced with transient anthropogenic N inputs (Fall , see table
4.1) and the dashed line the evolution for the simulation forced with constant preindustrial N inputs
(Fclim , see table 4.1). The dots show the observed sediment δ 15 PON values at Pescadero. (d) Same
as (c) but for the Soledad record location. (e) Same as (c) but for the Santa Monica record location.
(f) Time evolution of the simulated values of δ 15 PON at 100m depth in h averaged over the ETSP,
indicated by a box in (a). The thin line shows the yearly values while the thick line shows the 5 year
running mean.

Most of the model simulated changes in δ 15 N over the ETNP are caused by climate forced
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Figure 4.10 Leading EOFs of δ 15 NO3 at 100m depth in the ETNP from 1960 to 2009. (a) Map of
the leading EOF of δ 15 NO3 at 100m depth calculated over the ETNP (0◦ –60◦ N, 160◦ W–60◦ W) in
h. The EOF1 explains 51% of the variance over the period. (b) Leading principal component (PC1)
of δ 15 NO3 at 100m depth calculated over the ETNP. (c) same as (a) but for the second leading EOFs
which explains 18% of the variance over the simulated period. (d) same as (c) but for the second
principal component (PC2) . In (b) and (d), thin lines show the monthly eigenvalues while the thick
line shows the 5 year running mean. Additionally the PC1 of Ψ calculated over the North Pacific
(north of 0◦ ) is shown in (b) and the PC2 of Ψ is shown in (d) both as solid red lines.

changes, but a large portion of the early decrease is driven by the contamination of light anthropogenic N stemming from the atmospheric deposition of AN (figure 4.9c, 4.9d, 4.9e). The climate
forced changes in the δ 15 N of PON are driven primarily by two modes of variations in surface
ocean δ 15 NO3 . The leading EOF of the changes in δ 15 NO3 (52% of the variance, figure 4.10a,
4.10b) describes an increase over the period whose onset mirrors the integrated changes in WCD
past 1980. The second EOF (18%, figure 4.10c, 4.10d) describes a heterogeneous change in δ 15 N,
which seems to be associated with changes in the gyre extent, reflecting the pattern of changes in
WCD associated with the anthropogenic reduction from 1960 to 1980 (section 4.3.2.3) but also
its strong variability. Overall, this mode of change causes an opposite change in δ 15 N in the core
of the ODZ and around it, especially on its southern and northern edge. In our simulation, the
second mode of change drives most of the variations of the co-located δ 15 N at Pescadero and
Soledad and especially their large decadal fluctuations (figure 4.9c, 4.10c).
Thus, our model results partially support the suggestions of Deutsch et al. (2014) that the initial decrease in recorded δ 15 N is induced by an anthropogenically driven reduction in the tropical
trade winds and a resumption caused by low frequency climate variability. However, our model
results suggest that a large portion of the initial decrease is caused by the invasion of light anthro-
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pogenic N and further suggest that the wind driven portion of the δ 15 N anomalies are not only
exerted via changes in overall conditions i.e., ODZ volume and total WCD, but also via changes
in the extent of the North Pacific gyre. This strongly modulates δ 15 N and thus potentially decouples the signals from the overall conditions. Finally, our model shows that the shallower upper
boundary of the ETSP allows for the ENSO driven δ 15 NO3 signals to be upwelled to the euphotic
zone fast enough to generate large interannual fluctuations of over 2.5 h in δ 15 PON (figure 4.9f).
Thus sediment records of the ETSP may be a good proxy for ENSO variability.

4.4 Conclusion
We have simulated strong changes in marine N cycle processes and tracer distribution over the
period from 1960 to 2009, driven by a combination of an increase in anthropogenic N inputs to
the ocean and climate forcing.
The climate-forced N cycle dynamics emerge as a dominant mode of change. We were able
to trace the cascade of effects triggered by anomalies in the wind field and resulting in changes
in marine WCD, SD and N2 fixation. We found two important modes of change, one associated
with a deceleration of atmospheric circulation over the Pacific Ocean, which appears to be anthropogenically driven, and one associated with low frequency climate variability. In particular,
the weakened winds cause changes in stratification and gyre extent that cause a large reduction
in SDen and increase in N2 fixation along the western Pacific shelf and heterogeneous changes in
WCD, Sden and N2 fixation in the Eastern Pacific. These changes happen in the context of a slow
heaving of the thermocline associated with low frequency variability that strongly modify WCD,
Sden and N2 fixation in the ETP and the western subtropical pacific, by modifying the supply of
O2 to ODZs and the supply of nutrients to the euphotic layer.
The dominant role of climate forced N cycle dynamics and its drivers on decadal and longer
timescales has implications for the assessment and the attribution of changes in processes and
fluxes of the marine N cycle. In particular, we find that trends in N* associated with the accumulation of AN are strongly eclipsed, suggesting that only half of the reconstructed N* trends over
the North Pacific are the result of atmospheric deposition of AN. Our results further suggest that
δ 15 NO3 is a better tracer of AN, which may help to separate the contribution of AN to observed
N* changes, but which may contaminate the δ 15 N of sinking PON in the ETNP, usually used as
a proxy for WCD. Nevertheless, our results show that the δ 15 N of sinking PON in the ETNP is
a good tracer of large scale climate variability and change, but suggest that its use as a proxy for
ODZ volume and total WCD rates may be biased by a strong influence of the subtropical gyre
extent. Another important implication of our results is the potential for the sediment records of
the ETSP to serve as proxy for ENSO variability.
Finally, our result highlight the strong sensitivity of ODZ dynamics to wind changes and
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suggests that the expected deoxygenation in response to anthropogenic global warming is only
secondary in determining the future changes of the ODZs. Rather, we expect that the effect of
anthropogenic radiative forcing will be exerted via large scale changes in the wind field.
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Chapter 5

Synthesis
We have investigated the dynamics of the contemporary marine nitrogen cycle in response to
various changes on interannual to centennial timescales using a global ocean biogeochemical
model. We started by investigating the impact of the global increase in anthropogenically sourced
atmospheric N deposition to the open ocean since 1850 in an idealized physical setting (Chapter
2). We further explored the sensitivity of the N cycle to climate forced variability and change,
with a particular emphasis on water column denitrification (WCD) in the Pacific Ocean (Chapter
3). Finally, we revisited our initial question but in the context of a varying climate, investigating
the relative importance of natural climate variability versus anthropogenic effects for changes
in the nitrogen cycle over the past 50 years (Chapter 4). In this chapter, I summarize the main
findings and conclusions of my work (section 5.1), discuss their limitations (section 5.2) and
their broader scale implications (section 5.3). Finally, I conclude with an outlook where I present
possible directions for future research (section 5.4).

5.1

Findings and conclusions

Here, I summarize the main findings and conclusions in the context of the research objectives set
in section 1.4.1.
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Objective (1) – to quantify the impact of the anthropogenic N perturbation on the marine
N and C cycles. More specifically, we aim (i) to quantify the strength and timescale of the
negative N feedbacks triggered by the anthropogenic N perturbation and to assess their primary drivers, (ii) to estimate the fertilization effect of the additional N inputs on biological
production.
Our investigation in chapter 2 suggests that negative feedbacks compensate 60% of the anthropogenically driven increase in the rate of atmospheric N deposition by the year 2000, and 75%
by the end of the century. Half of this compensation is caused by a rapid reduction in N2 fixation
driven by the increase in N availability in the surface ocean, which reduces the competitive advantage of N2 fixers. The other half is caused by a slower increase in the combined N losses via
denitrification and sediment burial, driven by an increased export production which drives both an
expansion of the ODZs, and an increase in the microbial oxidant demands in denitrifying waters,
and sediments. In Chapter 4, the additional consideration of the anthropogenic perturbation via
river input, and a variable climate forcing, changed the conclusions of Chapter 2 remarkably little,
with the negative feedbacks compensating 55% of the total increase in anthropogenic N inputs by
the year 2000, via the same mechanisms.
Our investigation in Chapter 2 suggests that on the global scale, the increase in anthropogenic
N deposition fertilizes ocean production only weakly, increasing global net primary and export
production by less than 1%. This weak response is rooted in the strong affinity of diazotrophs
for regions where biological production is N limited but where P limits N2 fixation. This simple
relation leads N2 fixation to strongly temper the anthropogenic N perturbation by restricting the
accumulation of N excesses in ocean regions that are more P limited. In addition, the strong and
fast negative feedbacks suggest that the anthropogenic N perturbation will not drive a significant
millennial scale increase in the oceanic N inventory. Thus, our results suggest that regardless of
the timescale, the anthropogenic N perturbation is strongly decoupled from the carbon cycle.

Objective (2) – to predict the magnitude and spatial structure of the fingerprint left by the
increase in the supply of anthropogenic N to the ocean on relevant observable tracers of the
marine N cycle i.e. N* and the δ 15 N of NO−
3 or PON.
Our investigation in Chapter 2 and 4 suggests that despite the fact that the anthropogenic N
perturbation does not lead to a significant change in the N inventory, the excess of anthropogenic
N relative to natural P accumulates to highly detectable levels in regions downstream of strong
increases in N inputs. The accumulation of anthropogenic N causes a distinct negative trend of the
δ 15 N of oceanic fixed nitrogen pools i.e., the 15 N Haber-Bosch effect. We further demonstrated
that the distinct relationship between the changes in N* and δ 15 NO−
3 may prove a good proxy
for the detection and attribution of anthropogenic N in the surface ocean. Our results further
show that the isotopic composition of the sinking PON flux records the 15 N Haber-Bosch effect
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well. This suggests that the δ 15 N of sinking PON will become a clear signal of the Anthropocene
which will be preserved in marine sediments, becoming yet another sign of the widespread and
substantial anthropogenic modification of the marine environment.

Objective (3) – to quantify (i) the sensitivity of N cycle processes to climate forced changes
and (ii) to quantify the spatial structure of the changes on interannual to multidecadal
timescales.
Our investigation in Chapter 3 and 4 demonstrates that the global N budget is very sensitive to
climate forced changes on interannual and decadal timescales, driven primarily by changes in
the rates of WCD in the Eastern Tropical Pacific (ETP). The changes in WCD are largest on the
interannual timescale, with total rates over the ETP fluctuating by up to 50 Tg y−1 . These changes
are further modulated by a slower decadal oscillation with a magnitude of approximately 15 Tg
y−1 , and a long term increase of ∼ 30 Tg y−1 from 1960 to 2009. Other processes contribute much
less to variations in the global N budget, but they are nevertheless significant on longer timescales,
with decadal changes of up to 8 Tg y−1 for global sedimentary N loss (SNL), and changes of up
to 5 Tg y−1 for global N2 fixation. Their small contribution to the global N budget hides large
but spatially compensating changes, for which we restricted our analysis to the dynamic Pacific
Ocean.
The spatial structure of the changes in Pacific N2 fixation and SNL reflect changes associated
with a long term reduction in the winds, strongest during the time period from 1960 to 1980,
and a slow heaving of the Pacific thermocline, which reverses in the early 1980s, and dominates
the response of the N cycle from 1980 to 2009. The impact of the weakened winds from 1960
to 1980 are most intense over the western Pacific shelf, causing decreases in SNL and increases
in N2 fixation. Thermocline heaving causes large concurrent changes in SNL and N2 fixation.
From 1980 to 2009, the shoaling of the thermocline in the ETP increases SNL and decreases N2
fixation, and the associated deepening of the thermocline in the western subtropical Pacific causes
changes of opposite sign.

Objective (4) – to understand the cascading effects that drive the variability of marine N
cycle sources and sinks.
In Chapter 3 and 4, we were able to identify the cascade of effects that drive changes in the
sources and sinks of the N cycle. In all cases, a change in the wind field was identified as the
trigger for the chain of events that ultimately modifies WCD, sedimentary denitrification (SDen)
and N2 fixation.
In Chapter 3, we focused on the characterization of the physical drivers of the large interannual changes in WCD. We found that the anomalies in the wind field over the Pacific, associated
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with ENSO cycles, causes the large variability of WCD, by driving changes in ocean circulation and isopycnal structures. These physical changes cause a vertical displacement of the upper
boundary of the ODZs, altering the oxidant demand they are subject to. This effect plays a key
role in driving the large change in WCD, owing to the much larger remineralization rates closer
to the surface. During average La Niña conditions, changes in ODZ structure explain 50% of the
changes in WCD over the ETNP and 94% over the ETSP (primarily reflecting the shoaling of the
upper ODZ boundaries). This shoaling is primarily the result of changes in the ventilation of the
ETP due to changes in the tropical circulation. The rest of the changes in WCD are caused by an
increase in export production, which increases the oxidant demand within ODZs. The situation
is similar but reversed during El Niño.
In chapter 4, we further characterized the chain of events associated with climate forced
changes on decadal timescales and for all N cycle processes in the Pacific Ocean. We identified
two prevailing modes of change associated with distinct changes in oceanic density structure,
which drive distinct response patterns of WCD, SDen and N2 fixation. The first mode of change,
associated with weakened trade winds, causes a stratification of the upper water column along
the western Pacific shelf. This reduces the euphotic layer nutrient inventory but increases its N*,
resulting in a decrease of SDen rates and an increase of N2 fixation rates. The weakened winds
also reduce the eastward extent of the Pacific gyres, promoting an increase in WCD in the ETNP
and a heterogeneous change in N2 fixation along the boundary that delimits the nutrient replete
regime in the ETP. The second mode of change is associated with the slow heaving of the Pacific
thermocline driven by low frequency climate variability. A change towards more La Niña like
conditions causes a shoaling of the thermocline in the ETP, increasing the rates WCD through
a combination of the processes that we identified as driving the interannual variability of WCD.
The shoaling further promotes an increase in the rates of SDen and a decrease in the rates of N2
fixation over the ETP, via an increase in the supply of nutrients to the surface. But the increased
supply of nutrients has a smaller N*, and thus promotes an increase in the rates of N2 fixation
in the subtropical Pacific. The deepening of the thermocline in the western subtropical Pacific
promotes opposite tendencies. The situation is opposite during a change towards El Niño like
conditions.

Objective (5) – to quantify the magnitude of climate driven changes of relevant observable
tracers of the N cycle i.e. N* and the δ 15 N of NO−
3 or PON, and the implication of their
variability for the detection of anthropogenic N.
Climate forced changes in N cycle processes cause large trends in N* and δ 15 NO−
3 , with amplitudes often larger than those due to the accumulation of anthropogenic N (AN). In particular, we
find that the trends in N* due to the increase in AN inputs are strongly eclipsed by those that
are driven by climate forcing. The results of our model suggest that only half of the increases in
N* reconstructed over the North Pacific are caused by the increase in anthropogenic N deposi-
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tion, reconciling the apparent inconsistency of their magnitude with the changes in N* expected
from atmospheric N deposition estimates. Our results further suggest that δ 15 NO3 is a better indicator for the presence of AN in the open ocean. Thus, the combined signatures left by AN on
N* and δ 15 NO3 may provide an observational framework in which it is possible to separate the
contribution of the accumulating AN to the observed increases in N*.
Our results further show that the δ 15 N of sinking PON is a good recorder of large scale
climate variability and climate change in the Pacific Ocean. Our simulated δ 15 N of sinking PON
field reproduces the observed values recorded in the sediments of the ETNP, suggesting that
they reflect a combination of the reduction in the winds, and low frequency climate variability,
consistent with previous interpretations. Our results further suggest a strong dependence of the
δ 15 N of PON on the horizontal extent of the subtropical gyres, which in our model explain the
observed decadal oscillation in δ 15 N recorded in the sediments. Our analysis further suggests that
this strong dependence may decouple the δ 15 N of PON from the overall response of WCD and
ODZ extent in the ETNP. Finally, our results indicate that the δ 15 N of PON strongly responds to
ENSO in the vicinity of the ETSP suggesting that the recorded δ 15 N in the sediments of the ETSP
may be a useful proxy to track ENSO variability.

5.2

Limitations

The research questions of the present thesis (section 1.4.1) have all been investigated in a modeling framework. On the one hand, the use of models allows for the exploration of complex systems
such as the marine N cycle, for which the scarce observational record provides only limited information. On the other hand, there is a strong potential for biases of the model results due to
the limitations associated with the simplified representation of ocean physics and biology. In this
section, we identify these limitations and discuss their implications for the robustness of our main
conclusions.
Limits imposed by the model grid resolution
A first potential source of bias stems from the spatial resolution of the employed model that
does not resolve some of the fine-scale processes thought to oxygenate the poorly ventilated
ODZs. Such shortcomings in the representation of physical mixing processes (or similar) may
thus induce biases in the simulated rates of WCD. In particular, mesoscale eddies and some of the
fine-scale equatorial jets, not resolved in our model, provide an important O2 supply pathway to
ODZs (Stramma et al., 2010a; Hahn et al., 2014; Bettencourt et al., 2015). In non-eddy resolving
models, the missing mesoscale eddy flux is usually diagnosed using information of the large scale
ocean density structure (Gent, 2011). Our model employs a recent eddy-flux parameterization
that has been shown to exhibit realistic spatially and temporally varying diffusivity coefficients.
This allows for the successful representation of the large scale effect of eddies in the mean and
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also allows for the representation of their effects in response to density changes (Gent et al.,
2011). Thus, we speculate that the absence of explicit representation of mesoscale eddies in our
model is not a major source of bias. The absence in our model of the fine-scale jets, part of
the complex equatorial current system in the ETP, is of more concern, because they are thought
to play an essential role in setting the equator-ward boundaries of the ODZs (Stramma et al.,
2010a). In particular, the series of deep eastward and westward jets which act to oxygenate the
ODZs on deeper isopycnals are notoriously difficult to model even with high resolution ocean
models (Brandt et al., 2008; Ascani et al., 2010). The key role of these structures is corroborated
by the almost systematic overestimation of the deep equatorial isopycnal ODZ extent in CMIP5
models (including ours), which causes the two ODZS of the Pacific to merge into one (Cabre
et al., 2015). To account for this important missing pathway of oxygenation, we imposed a high
isopycnal mixing coefficient in a small band along the equator (5◦ S to 5◦ N, 159 to 2530 m depth).
This ad hoc increase in oxygen supply significantly reduced the simulated extent of ODZs at the
equator, and was able to successfully separate the ODZs of the ETNP and the ETSP. Furthermore,
this parameterization brought the simulated WCD rates in both ODZs to levels that are consistent
with recent observational estimates. However, this ad-hoc solution only accounts for the missing
oxygenation flux in the mean and does not permit the representation of changes in the oxygen
supply of these deep jets through time. Our results in Chapter 3 demonstrated that WCD is much
more sensitive to changes in oxygenation on shallower isopycnals due to the stronger gradients in
the rates of remineralization closer to the surface. Thus, the representation of the effect of these
fine-scale deep jets in our model is important in order to simulate realistic ODZ distributions and
WCD rates in the mean. However, the representation of these fine-scale deep jets are less critical
for the investigation of changes in the rates of WCD on interannual and decadal timescales as
they are overwhelmingly sensitive to changes in the better resolved dynamic shallow circulation.
Another potential bias caused by our coarse model resolution is an underestimation of changes
in the rates of SDen in response to the anthropogenic N perturbation or to changes in climate forcing. The simulated distribution of SDen is tightly related to the model’s topography. Our coarse
resolution model does not properly represent the shelfs and coastal upwelling, a common issue in
the current generation of Earth System Models (Somes et al., 2010), which causes our simulated
global SDen rate to be at low end of current estimates (see section A.2). It is thus likely that in a
higher resolution setting, SDen would respond more strongly to the anthropogenic N perturbation
and would exhibit larger variability.
Limits of the N cycle representation in BEC
The second source of bias stems from the parameterization of N cycle processes in our model.
Some of the limitations of the representation of WCD and SNL have been addressed in section 2.5
and in the previous section. We discuss here the limitations of the representation of N2 fixation
in our model.
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Diazotrophs are able to fix N2 and thus are free from N limitation during photosynthesis.
Their ability to break the strong triple bond of N2 comes at a high energetic cost, associated
with the maintenance of the Nitrogenase enzymes (Raymond et al., 2004). This higher energetic
cost relative to the one associated with other metabolic enzymatic reactions is thought to be
responsible for the smaller maximum growth rates of diazotrophs as compared to non-diazotrophs
(Falkowski, 1997). In addition, because Nitrogenase enzymes are Fe rich, diazotrophs are thought
to have higher Fe requirements as compared to their non-diazotroph competitors (Kustka et al.,
2003). Thus diazotrophs are at a disadvantage when competing for P and Fe but may thrive
when their non-diazotroph competitors are limited by N, while P and Fe are present in excess.
In other words, diazotrophs may compete with non-diazotrophs where the P:N and Fe:N supply
rates are high. Considering only the P:N supply provides a long-term biogeochemical perspective
that may explain variations in the global rate of N2 fixation on long timescales (Tyrrell, 1999;
Schade et al., 2005; Lenton and Klausmeier, 2007; Eugster and Gruber, 2012), but fails to explain
the biogeography of N2 fixation. Dutkiewicz et al. (2012) used resource competition theory to
show that the Fe:N supply in the Pacific plays an important role in defining the biogeography
of diazotrophs, but their model did not include P limitation. Ward et al. (2013) combined both
frameworks into a theory and found that the biogeography of N2 fixation is primarily dependent
on the Fe:N supply ratio to the surface ocean, with the P:N supply ratio taking an important,
but secondary role. The view that the Fe:N supply plays an important role in determining the
biogeography is supported by models that find that Fe limitation prevents the upwelled low N*
waters to stimulate large N2 fixation rates in the Eastern Pacific (Moore et al., 2013a; Somes
and Oschlies, 2015; Letscher and Moore, 2015; Landolfi et al., 2015). This is consistent with
recent measurements that show relatively low N2 fixation rates in the ETSP despite these waters
having a very low N:P (Luo et al., 2014; Knapp et al., 2016). Weber and Deutsch (2014) use
a model constrained by geochemical data to show that Fe-limitation is important in setting the
intra-basin distribution of N2 fixation, but that it is not strong enough to affect basin or large-scale
N2 fixation rates. Thus, their results suggest that while the Fe:N supply to the surface ocean may
be a primary control on the biogeography of N2 fixation, it is the global N-deficit created in the
ocean that controls the global and basin scale rates of N2 fixation (Weber and Deutsch, 2014).
In BEC, diazotrophs are represented by a single Plankton Functional Group parametrized to
behave like Trichodesmium spp. They are parameterized to have slower growth rates and higher
Fe requirements as compared to other plankton groups (Moore et al., 2004). They are also able
to scavenge P from organic sources (Letscher and Moore, 2015) and are parameterized to prefer
+
NO−
3 and NH4 in N replete conditions (Moore et al., 2013b), behaviors that Trichodesmium spp
exhibits in cultured data and in the ocean (Mulholland and Capone, 1999; Mulholland et al., 1999,
2004; Dyhrman et al., 2006; Sohm and Capone, 2006). The simulated distribution of N2 fixation
is in accordance with the vision detailed above, i.e., low N2 fixation in the Eastern Pacific due to
strong Fe-limitation and higher rates in the Western Pacific, the Indian and the Atlantic Ocean.
However, there are a number of limitations associated with our representation of diazotrophy in
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BEC. First, there is a significant uncertainty associated with the simulated Fe:N supply to the
surface ocean because of the simplified representation of abiotic scavenging and the absence of
speciation or ligand dynamics in BEC. In addition, the parameters associated with the simple
representation of Fe scavenging by particles are tuned in order for the modeled Fe concentrations
to reproduce a scarce observational dataset (Boyd and Ellwood, 2010; Moore et al., 2013a). Second, only a single type of diazotroph is represented in BEC despite the large diversity of N2 fixers
observed in the ocean (Luo et al., 2012). Marine N2 fixing organisms are dominated by three
types of planktonic cyanobacteria: non-heterocystous cyanobacteria, heterocystous cyanobacteria and unicellular cyanobacteria (Sohm et al., 2011; Zehr and Kudela, 2011; Luo et al., 2012).
In BEC, only the most studied diazotroph, i.e, the non-heterocystous filamentous cyanobacteria Trichodesmium spp, is represented (Carpenter and Romans, 1991; Capone et al., 2005). The
absence of representation of heterocystous cyanobacteria, and unicellular cyanobacteria, and in
particular UCYN-A, may lead to large biases in the simulated rates of N2 fixation in BEC. Heterocystous cyanobacteria are often found in diatoms, living within their frustules, but outside their
cell walls (Mague et al., 1974; Venrick, 1974; Villareal, 1990; Foster and O’Mullan, 2008; Foster
et al., 2011). They behave fundamentally differently than Trichodesmium spp as they can take
advantage of the fast growth rates of diatoms that relieve them from nutrient limitation (Foster
et al., 2011). UCYN-A dominates the diazotrophic community in the Pacific and may contribute
as much as Trichodesmium spp to the global rate of N2 fixation (Zehr et al., 2001; Montoya
et al., 2004, 2006; Martinez-Perez et al., 2016). The physiology and biogeography of UCYN-A is
thought to be fundamentally different from Trichodesmium spp because it lives symbiotically with
haptophyte (a picoeukaryotic alga). UCYN-A has much higher N2 fixation rates and transfers up
to 85% of its newly fixed N2 to its associated haptophyte. They are also geographically more
widespread than Trichodesmium spp occupying surface waters from the Arctic to the Antarctic
Circle. In addition, the high N2 fixation rates and low abundance of UCYN-A suggest that they
are more strongly controlled by grazing (Scavotto et al., 2015) or viral lysis (Wilhelm and Suttle,
1999) as compared to Trichodesmium spp. This highlights a third limitation of the representation of N2 fixation in BEC: our model only includes a simple representation of mortality which
does not allow for any top down controls of N2 fixation by higher trophic organisms or viruses
(Laufkötter et al., 2013). Thus our simple representation of N2 fixation is a source of uncertainty
which may lead to biases in the representation of stabilizing feedback dynamics in response to the
anthropogenic N perturbation or climate forcing as well as a misrepresentation of the coupling of
the N and the C cycle.
limitations of Redfieldian stochiometry of uptake
A well-known limitation of most modern global biogeochemical models, such as the one
employed here, is the assumption of constant stoichiometric ratios of the elemental composition
of organic matter and its biologically mediated fluxes. Observations show that the N:P of organic
matter in phytoplankton and in sinking particles can vary substantially, with the highest values
found in the nutrient limited oligotrophic ocean and the lowest values found in the nutrient replete
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Southern Ocean (e.g. Geider and Roche, 2002; Klausmeier et al., 2004; Weber and Deutsch,
2010; Martiny et al., 2013). Most theories that attempt to explain the observed geographical
distribution of organic matter N:P invoke changes in ecosystem structures e.g., ecosystems at
different latitudes dominated by organisms with varying N:P requirements (Weber and Deutsch,
2010). Recently, Galbraith and Martiny (2015) provided an elegant and simple theory to explain
the observed global N:P pattern. The authors show that the normalization of the nutrient ratios
to C provides a much simpler picture: The C:P of organic matter varies linearly with phosphate
concentrations and its C:N varies only little, except when nitrate becomes scarce. This vision
suggests that the observed N:P pattern is driven by a stronger plasticity of phytoplankton for P
uptake as compared to N uptake (Galbraith and Martiny, 2015). Considering these effects has
implication for our results in Chapter 2. First variable stoichiometry implies a lowering of the
C:N of uptake in ultra-oligotrophic regions in response to the anthropogenic N perturbation. This
would reduce the buildup of N* at the surface and thus hinder the stabilizing response of N2
fixation and enhance the local fertilization response. Second, the very low C:N of uptake in ultraoligotrophic regions would result in a much stronger sensitivity of carbon export to changes in
N availability. Mouriño-Carballido et al. (2012) showed that this effect can lead to an up to 5fold higher response of NPP in these regions. The larger fertilization effect and reduction in the
accumulation of surface N* would increase the importance of denitrification at the expense of N2
fixation as a stabilizing feedback, increasing the timescale of stabilization of the anthropogenic
perturbation. Thus the consideration of variable stoichiometry may result in a larger increase in
the N inventory and a stronger reduction in atmospheric CO2 in response to the anthropogenic N
perturbation.

5.3

Implications

Implications of a variable N cycle
We initially expected the increase in the input of anthropogenic N to the oceans via atmospheric deposition and rivers to be the principal driver for changes in the marine N cycle over the
historical period. However, the N cycle dynamics associated with climate forcing emerged as the
dominant control factor on interannual to multidecadal timescales. This result is of importance
for the N cycle community due to its implications for the balance of the marine N cycle and for
the assessment and the attribution of N cycle process trends. It is also of importance for the wider
climate community because of its implications for the emission of the climate-relevant gas N2 O.
Whether the marine N-cycle is in balance (Gruber, 2008) or not (Codispoti et al., 2001) is
a long-standing debate. Our results suggest that the large temporal variability of global WCD,
constantly creates large temporary imbalances of the marine N budget on interannual and decadal
timescales. While much less variable globally, N2 fixation and SDen still exhibit large but spa-
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tially compensating trends on interannual and decadal timescales. Thus, all products that attempt
at estimating the global rates of SDen, WCD or N2 fixation are subject to very large errors and do
not represent their long-term mean rates. Thus, our results imply that based on current observations, it is not possible presently to assess whether the N-cycle is in balance or not.
The large variability of N cycle processes also has implications for the assessment of trends
that may be prone to large errors if calculated from temporally or spatially sparse data. For example, trends of the rates of WCD may be strongly biased if calculated from snapshot measurements
(e.g. Horak et al., 2016) taken during strong El Niño or La Niña events. The assessment of trends
in the large scale rates of N2 fixation and SDen from geographically sparse data is also prone to
large biases because their response to climate forcing is spatially heterogeneous. For example,
calculating trends of the rate of Pacific SDen using measurements with a geographical sampling
bias in the Eastern Pacific will lead to large errors, because changes in SDen in the Eastern Pacific
are often accompanied by opposite changes in the Western Pacific.
N2 O is a potent greenhouse gas (IPCC - Working group I, 2013) and a major source of stratospheric ozone depletion (Ravishankara et al., 2009). About a third of atmospheric N2 O originates
from the ocean (IPCC - Working group I, 2013) and yet, the IPCC does not take into account
variations in oceanic N2 O emissions, treating it as a constant source. Recent work suggests that
the different oxygen sensitivities of the production and consumption of N2 O during denitrification, coupled with large turnover rates, allow for high net production of N2 O in a narrow oxic
band on top of the ODZs (Babbin et al., 2015). Our results suggest that the position and volume
of ODZs are highly dynamic on interannual and decadal timescales implying a potential for large
fluctuations of marine N2 O emissions. Our results imply that there are large production pulses of
N2 O during La Niña and minimum production during El Niño. Our results further suggest that
marine N2 O emissions have been slowly decreasing from 1960 to 1990 and rapidly increasing
from 1990 to today.
Measuring N* and δ 15 N to detect anthropogenic N but also to monitor climate variability
and change
The magnitude of the anthropogenic N perturbation also brought about the expectation that
its impact on observable tracers such as N* and δ 15 N would be the dominant signal over the
historical period. We indeed showed that the accumulation of anthropogenic N causes a detectable
increasing trend in N* and decreasing trend δ 15 NO3 . However, our results also suggest that over
large swaths of the ocean, climate forcing is responsible for the largest trends in these observables.
Thus, with a good characterization of the signature left by anthropogenic N and climate forcing,
the concurrent observation of N* and δ 15 NO3 will not only be useful to detect anthropogenic N,
but also to monitor climate variability and change.
What will dictate the future of ODZs
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There is a consensus that global warming will drive ocean deoxygenation by stratifying the
ocean, reducing the O2 supply from the surface to the ocean interior (Keeling et al., 2010). It
is not clear, however, if global warming will lead to an expansion of ODZs in the future (Bopp
et al., 2013). The results presented in this thesis showed that other mechanisms such as the increase in atmospheric N deposition and variations in the tropical trade winds will impact ODZs
in the future. In particular, our results showed that variations in the tropical trade winds played
the most important role in driving trends in ODZ volume and geometry over the historical period.
This implies that the impact of external factors such as global warming, stratospheric ozone depletion/repletion and aerosol dynamics on tropical trade winds will have to be well understood in
order to predict the fate of ODZs in the next century. Our results also suggest that natural multidecadal variations in the tropical trade winds strongly impact the geometry of ODZs implying
that ODZs will have to be monitored extensively and for long periods before any forced signals
can emerge.

5.4

Outlook and suggestions for further research

The marine N cycle: Quo vadis?
The limitations and implications of our findings put forward some important challenges that
will have to be overcome in order to understand and predict the future of the marine nitrogen
and oxygen cycles as well as their coupling to the carbon cycle. This thesis explored the role of
some important forcing factors that will modify both cycles in the future. In a first instance of this
thesis, we focused on the anthropogenic N perturbation and showed that it impacted the nitrogen
and oxygen cycles but with minimal consequences for the carbon cycle. However, there remains
some uncertainty regarding the fertilization response of ocean biology to the anthropogenic N
perturbation due to our poor understanding of non-Redfieldian and diazotrophic dynamics in
response to a changing N cycle. In order to reduce this uncertainty, simulations that investigate
the impact of the anthropogenic N perturbation will have to use biogeochemical models that
include variable stoichiometry. Also, in order to simulate a realistic response of N2 fixation, other
diazotrophs, and in particular the globally important N2 fixing symbiont UCYN-A will have to be
represented. To develop and validate more realistic parameterization for diazotrophy i.e., which
captures the behavior of the various N2 fixing organisms in the context of a changing N cycle and
climate, we need better geographical and temporal coverage of N2 fixation rate measurements. In
particular, we need to fill the large data gaps in the low latitude Pacific and Indian ocean, but also
at high latitude where diazotrophs other than Trichodesmium spp may be actively fixing N2 .
We showed in a second instance of this thesis that the changes in the nitrogen and oxygen
cycles forced by the anthropogenic N perturbation occur in a highly variable biogeochemical system. One of the major challenge in the coming decades will be to characterize the variability
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of the various biogeochemical cycles in order to detect and attribute forced trends. The growing network of data is already revealing the dynamic nature of some biogeochemical variables.
For example, it has come to light recently that the carbon cycle is more dynamic than previously thought with large decadal variations in the flux of CO2 taken up in the Southern Ocean
(Landschützer et al., 2015). The work of this thesis lends further support to a highly variable
biogeochemical system with the simulation of a very dynamic nitrogen and oxygen cycle on interannual and decadal timescales. One promising avenue that will help characterize the variability
of the various biogeochemical cycles is the recent deployment of a multitude of Bio Argo floats
in the ocean. These floats will soon provide a clear temporal picture of important variables such
as chlorophyll, particulate organic carbon, dissolved oxygen and nitrate, as did the regular Argo
floats for physical variables. Another potential avenue for monitoring the variability of the N
cycle is through the collection of more sediment cores with high temporal resolution such as the
one analyzed by Deutsch et al. (2014). The measurement of the δ 15 N of PON in these cores provide a proxy for the intensity of WCD in ODZs. Deutsch et al. (2014) already showed that some
cores, off the ETNP, record the decadal variability of WCD well. Our result suggest that cores
collected near the ETSP may also be good recorders of variations in WCD associated with ENSO
variability.
Finally, while the work of this thesis brought to light the leading role of climate forcing in
driving changes in the nitrogen and oxygen cycles over the historical period, the analysis was
only limited to the detection of the signal. Going one step forward i.e., the attribution of the
signal to externally forced changes or to climate variability, will require the use of complementary
modeling set-ups. For example, the use of large ensemble simulations would allow the separation
of forced signals from the background variability. The further tracing of forced signals to specific
forcing factors such as global warming, ozone depletion/repletion or variations in aerosols would
require the use of a combination of ocean-only models, coupled models and atmosphere only
models.
Most of the challenges presented above can be addressed in small scale projects but will
depend heavily on global efforts that will provide the community with better geographical and
temporal data coverage. This will not only allow the characterization of the variability of the
biogeochemical system and the detection of forced trends, but it will also permit the validation
of models and the developments of better parameterizations of biogeochemical processes. This
will in turn reduce uncertainties associated with the prediction of future changes in the nitrogen,
oxygen and carbon cycles. Below, we present potential directions for future work that address
some of the challenges presented above.
Non Redfieldian dynamics
We presented the limitation imposed by the assumption of Redfieldian stoichiometry on our
simulated results and concluded that the consideration of variable stoichiometry may strongly
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increase the fertilization effect of the anthropogenic N perturbation with potential consequences
for N cycle feedback dynamics and the carbon cycle response. I thus plan to incorporate variable
N:P of uptake of phytoplankton in BEC using the simple parametrization of Galbraith and Martiny
(2015), and run it alongside the classic Redfieldian model version. The goal of this project will
be to quantify the extent to which variable stoichiometry modifies the nitrogen to carbon cycle
coupling as well as the nitrogen cycle feedback dynamics in the context of the anthropogenic N
perturbation. This will be done by rerunning the simulations described in Chapter 4 with variable
N:P of uptake and comparing the results with those outputted from the fixed stoichiometry model
version. One uncertainty that I will have to test is the plasticity of diazotrophs for P vis a vis
other phytoplankton. Diazotrophs have been shown to have higher N:P as compared to other
phytoplankton, with values of up to 125 in P starved conditions (Krauk et al., 2006). It has already
been shown using a regional biogeochemical model that the fertilization effect of atmospheric N
deposition in ultra-oligotrophic regions may be underestimated by as much as a factor of 5 when
using Redfieldian stoichiometry (Mouriño-Carballido et al., 2012). Thus we hypothesize that
the inclusion of variable stoichiometry will increase the initial response of global productivity
to the anthropogenic N perturbation. This may strengthen the stabilizing feedback via WCD at
the expense of the one via N2 fixation, increasing the timescale of stabilization of the N cycle in
response to the anthropogenic N perturbation. This would in turn result in a long term decrease
of the nitrogen inventory and thus also decrease atmospheric CO2 .
N cycle feedback dynamics and the paleo-record
The δ 15 N of sedimentary PON provides a window on past variations of the N cycle. The
database for these records is large and spans periods of strong perturbation of the N cycle, such as
the one observed over the deglaciation (Galbraith and Kienast, 2013). To date, only studies using
box models have investigated the N cycle dynamics imposed by the sedimentary δ 15 N record (e.g.
Deutsch, 2004; Eugster et al., 2013). The work presented in this thesis adduces many of the complexities associated with a three-dimensional N cycle and its impact on the oceanic δ 15 N of PON.
Thus, there is a necessity to provide the paleoceanographic community with a clear depiction of
the impact of simple perturbations of the N cycle on the δ 15 N of PON, in a global ocean model.
One of my future objectives is to investigate the millennial-scale response of the δ 15 N of PON
to idealized perturbations of the N cycle in CESM-BEC, in order to aid the interpretation of the
sedimentary record. This will be done in a first step by individually perturbing N2 fixation, WCD
and SDen and investigating the response of the N cycle and the associated changes in the δ 15 N
of PON in various regions of the ocean. Instantaneously increasing or decreasing global WCD or
SDen can be done by scaling the ratio of NO3 consumed per C denitrified in our biogeochemical
model. N2 fixation can be perturbed by modifying the N:C of N2 fixation. In a second step, I will
develop more complex perturbation scenarios in order to mimic our canonical understanding of
the N cycle changes that occurred throughout the deglaciation, as well as test alternative scenarios. These scenarios should provide a strong basis for the interpretation of the sedimentary record
as well as help validating the simulated N cycle dynamics in CESM-BEC and point to potential
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deficiencies.
Marine N2 O dynamics
The high interannual variability of WCD and ODZ geometry in Chapter 3 suggests that marine N2 O dynamics are highly sensitive to ENSO. This sensitivity would stem from fast cycling
rates during incomplete denitrification whereby N2 O consumption is inhibited by oxygen to a
greater extent than N2 O production (Korner and Zumft, 1989). This would result in high net N2 O
production at the dynamic anoxic-suboxic boundary of ODZs (Babbin et al., 2015). The objective of this project would be to further our understanding of N2 O dynamics in the low oxygen
ocean, and in particular, the role of incomplete denitrification in driving marine fluxes of N2 O
to the atmosphere and their sensitivity to ENSO cycles. I would first develop an O2 dependent
parameterization using a process-oriented 1-D biogeochemical model that explicitly represents Nspecies relevant for N2 O cycling, which I would constrain with new chemical, isotopic, and rate
measurements (Zamora et al., 2012; Babbin et al., 2015; Arevalo-Martinez et al., 2015; Trimmer
et al., 2016). I hypothesize that the production of N2 O will exhibit large interannual variability
with maximum production during La Niña and minimum production during El Niño. I further
hypothesize that Eastern Boundary upwelling Systems are key in driving variations in marine
N2 O fluxes to the atmosphere due to the anoxic-suboxic gradients that develop near the surface
(Arevalo-Martinez et al., 2015), which combined with intense upwelling would lead to the flushing of the N2 O out of the ocean. Thus, the parameterization would be implemented in a high
resolution ocean model, which would subsequently be run as a hindcast. The high resolution of
the model would capture the critical scales of ODZ ventilation, upwelling, and outgassing to the
atmosphere, and their responses to interannual variability, in particular ENSO cycles.

Appendix A

Supplemental information for Chapter 2
A.1

Simulations and the construction of their atmospheric Ndeposition forcings

Table 1 in the main manuscript provides an overview of all performed experiments and specifies
the specific N-deposition forcing used as well as its isotopic composition. In order to test the
sensitivity of the response to both the strength of the anthropogenic N-deposition forcing and its
isotopic composition, we separated both the historical and the RCP8.5 forcing into a preindustrial
and an anthropogenic component (Fig. A.4). To achieve this separation, we simply subtract from
each forcing year, the monthly deposition at year 1850 at each grid point. Any resulting negative
deposition is set to zero and added back to the anthropogenic portion of the deposition.

A.2

Preindustrial state and evaluation of the simulated nitrogen cycle

The pre-industrial distributions of the modeled N2 -fixation and denitrification in the water column
and in the sediments reveal the strong spatial separation that characterizes these fluxes (Fig. A.1).
N2 -fixation is simulated to occur in the N-limited regions of the subtropics, but the rates are
strongly modulated by the supply of P and Fe. P limitation suppresses the N2 -fixation rates in the
North Atlantic, while Fe limits the fixation rates in the South Pacific. Comparing the model results
with a compilation of observation-based rates of N2 -fixation (Luo et al., 2012) (Fig. A.1b) reveals
broad agreement, but an evident bias is the lack of fixation in the subtropical North Atlantic.
Such a P-limitation induced underestimation of N2 -fixation in the North Atlantic is a common
bias in many prognostic and diagnostic marine ecosystem models (Deutsch et al., 2007; Somes
et al., 2010; Krishnamurthy et al., 2009). Potential solutions are a better representation of the
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P input by rivers and by the atmosphere, or the creation of new niches for diazotrophs through
the inclusion of variable stoichiometric ratios of phytoplankton (Martiny et al., 2013). A further
possibility is to include preferential remineralization of dissolved organic phosphorus, which has
been shown to result in higher simulated N2 fixation rates (Landolfi et al., 2013; Letscher and
Moore, 2015; Somes and Oschlies, 2015). Globally, our model simulates a marine N2 -fixation
rate of 110 Tg N yr−1 , which is - within the large error bars - consistent with observation-based
estimates (see table B.1), but clearly on the low end of the observed range. More than 60% of the
N2 -fixation is simulated to occur in the Pacific, which is likely too high (Landolfi et al., 2015),
but a direct consequence of our underestimation of N2 -fixation in the North Atlantic.
Water column denitrification in our model is tied directly to the simulated distribution of
the oxygen minimum zones (the model begins to denitrify once the oxygen concentration falls
below 6 mmol O2 m−3 ) and occurs in the Eastern Tropical Pacific, in the Arabian Sea and in the
Bay of Bengal. The simulated presence of suboxic waters (defined here as waters with [O2 ]<5
mmol m−3 ) in the Bay of Bengal, which is not observed (Naqvi, 1987), is a common bias in the
current generation of Earth System Models and is likely due to the models’ inability to capture
the complex circulation of the Arabian Sea with its strong monsoon dynamics and the presence of
overflow waters from the Red Sea and the Persian Gulf (Schott et al., 2009). The model simulates
a global water column denitrification rate of 79 Tg N yr−1 , which is close to the most recent
estimates by Bianchi et al. (2012), (DeVries et al., 2013) and Eugster and Gruber (2012), but
substantially lower than an older estimate by Codispoti (2007) (see table B.1).
The simulated distribution of benthic denitrification is tightly related to the model’s topography. While we lack global-scale observational constraints on this process, our simulated global
benthic denitrification rate of 77 Tg N yr−1 is at the low end compared to other estimates (table B.1). This is likely a consequence of our coarse resolution model not properly representing
the shelfs and coastal upwelling, a common issue in the current generation of Earth System Models (Somes et al., 2010). An additional sink in the sediment is the burial of N, which amounts
globally to 23 Tg N yr−1 , bringing the total sediment N-loss to ∼100 Tg N yr−1 .
The model simulated nitrogen cycle at the end of the spinup has a total turnover of fixed
nitrogen of about 180 Tg N yr−1 ). This implies a residence time of about 3000 years, well within
the range of current estimates (see e.g., Eugster and Gruber (2012)).
The strongest constraints on the magnitude and distribution of sources and sinks in the marine
N-cycle are provided by the observations of N* and δ 15 N of nitrate (Gruber and Sarmiento, 1997;
Altabet, 2007; Deutsch, 2004; Deutsch et al., 2007; Eugster and Gruber, 2012; DeVries et al.,
2013). In general, the N* distribution is simulated reasonably well when compared with observations (Fig. A.2, A.5). Waters acquire low N* values in the oxygen minimum zones through
denitrification and are subsequently upwelled at the equator and in coastal upwelling systems.
These waters are transported further to the open ocean where they mix with high N* waters that
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have acquired their excess N from N2 -fixation and atmospheric nitrogen deposition. In the Atlantic, the absence of water column denitrification allows for the high N* signal to accumulate and
to extend to depth. In the North Pacific, strong benthic denitrification removes nitrate in the shelf
regions resulting in the observed low N* signal. However, the model is not able to reproduce the
very low N* values seen in the observations, likely because of the aforementioned limitations of
our coarse-resolution model to represent shelf process and coastal upwelling causing sedimentary
denitrification to be underestimated. Also, the localization of the Indian Ocean’s oxygen minimum zone into the Bay of Bengal and hence the presence of water column denitrification results
in the characteristic low N* signal to be simulated there instead of the Arabian sea (Fig. A.1).
Fig. A.3 shows our simulated δ 15 NO3 maps against a compilation of available observations
(Somes et al., 2010; DeVries et al., 2013) (see also Fig. S3). The distribution of δ 15 NO3 is globally much more uniform than that of nitrate itself, owing to the fact that the dominant process
governing nitrate, i.e., biological uptake by phytoplankton and subsequent export and remineralization does not effectively fractionate, owing to most of the surface ocean being characterized by
a complete consumption of nitrate. Rather, the processes that shape the distribution of δ 15 NO3 are
water column denitrification that enriches the remaining nitrate (high δ 15 NO3 ), and N2 -fixation
and atmospheric deposition that lower the δ 15 NO3 by adding isotopically light fixed-nitrogen.
The model captures the observed general pattern relatively well, particularly the gradient in
δ 15 NO3 between the waters influenced by water column denitrification in the thermocline of the
Pacific, and the near surface waters influenced by N2 -fixation and atmospheric deposition. The
meridional δ 15 NO3 gradient in the surface of the Southern Ocean that results from the progressively lower degree of nutrient utilization as one goes poleward (Sigman and Boyle, 2000) is
also well captured. Although the number of observations are too small to provide very strong
constraints, they nevertheless suggest that our model simulated δ 15 NO3 values might be biased
high both in the OMZs and in the Atlantic (see Fig. A.6). The former might be due to too strong
isolation of the OMZ waters, leading to an overestimation of the relative consumption of nitrate.
The latter is consistent with our model underestimating N2 fixation in the North Atlantic
The model simulates a global mean δ 15 NO3 of 4.95 h, slightly lower than that inferred from
deep ocean observations (Somes et al., 2010; DeVries et al., 2013) , although within the range
of uncertainty. The global mean δ 15 NO3 reflects the fraction of global N-loss occurring in the
sediments versus that in the water column (Brandes and Devol, 2002; Altabet, 2007; Deutsch,
2004). While the original estimates based on box models suggested a value of this fraction to be
between 1 and 4, most recent estimates place this ratio between 1.3 and 2.3 (Eugster and Gruber,
2012; DeVries et al., 2013). Our control simulation, while not fully balanced, exhibits a ratio of
1.3, i.e., a ratio at the lower end of the estimated range, but not unexpected given our diagnosed
underestimation of benthic denitrification. This low ratio, together with the fact that our model
simulates a global mean δ 15 N of nitrate that is very close to the observed value of 5 h, implies
the presence of a rather strong dilution effect (Deutsch, 2004; Somes et al., 2010; DeVries et al.,
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2013). This effect limits the extent to which water column denitrification can influence the global
mean δ 15 N, and is controlled by the degree with which waters inside the OMZ impacted by water
column denitrification are being transported and mixed out of the OMZ, thereby imprinting their
low δ 15 NO3 on the global mean (Deutsch, 2004; Eugster and Gruber, 2012).
The Taylor diagram in Fig. A.5 shows a concise and objective statistical summary (correlation, variance and root mean squared error) of the simulated versus observed N*. The global
correlations are reasonable at all depths suggesting that the model is able to capture the processes
creating the N* signals and the subsequent transport by ocean circulation and mixing. One clear
bias is the low modeled spatial variability as compared to observations. A portion of this discrepancy may stem from an overestimation of the spatial variability in the mapped data product
provided by the World Ocean Atlas (Garcia et al., 2014). Since NO3 and PO4 were independently
mapped in this product, small inconsistencies between the mapped NO3 and PO4 pattern can lead
to patchiness in N* and strong fronts. This can be avoided by mapping N* directly (see e.g.,
Gruber and Sarmiento (1997); Gruber (2004)), but no such product is currently available for the
globe and for all depths.
Accepting this shortcoming in the World Ocean Atlas product, the model is able to capture
the observed general N* pattern well. But, the comparisons still reveal moderate to high root
mean square errors. Biases in ocean circulation as well as other processes not included here such as variable stoichiometry - might be responsible for these discrepancies.
In the same manner, we present a statistical summary (correlation, variance and root mean
squared error) of the simulated versus observed δ 15 NO3 (Fig. A.6). Globally, simulated and
observed values are well correlated and the variance is well represented. However, when looking
at individual basins, model biases become more evident. As discussed in the main manuscript,
denitrification occurs in the wrong basin in the Indian Ocean leading to very low correlations
there. We also note that simulated δ 15 NO3 values are too high in the oxygen minimum zones
and in the Atlantic. Also, the variability in the Atlantic is underestimated, although the limited
amount of data covering the basin make quantitative statements difficult.

A.3. Description of BEC

A.3

Description of BEC

A.3.1

prognostic variables

Nno3
Nnh4
Csp
Cdiat
Cdiaz
Czoo
Cdoc
Ndon
Ndonr

nitrate
ammonium
small phytoplankton carbon
diatom carbon
diazotroph carbon
zooplankton carbon
dissolved organic carbon
dissolved organic nitrogen
refractory dissolved organic nitrogen
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(mmol/m3 )
(mmol/m3 )
(mmol/m3 )
(mmol/m3 )
(mmol/m3 )
(mmol/m3 )
(mmol/m3 )
(mmol/m3 )
(mmol/m3 )
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A.3. Description of BEC

A.3.2

u
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u
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u
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u
Jdiat,nh4
u
Jdiaz,no3
u
Jdiaz,nh4
g
Jsp
g
Jsp,dic
g
Jsp,doc
g
Jsp,poc
g
Jsp,zoo
g
Jdiat
g
Jdiat,dic
g
Jdiat,doc
g
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g
Jdiat,zoo
g
Jdiaz
g
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g
Jdiaz,doc
g
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g
Jdiaz,zoo
a
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a
Jdiat
l
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l
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l
Jsp,doc
l
Jsp,poc
l
Jdiat
l
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l
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l
Jdiat,poc
l
Jdiaz
l
Jdiaz,dic
l
Jdiaz,doc
l
Jdiaz,poc
l
Jzoo
l
Jzoo,dic
l
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Local variables

nitrate uptake by small phytoplankton (mmol N/m3 /sec)
ammonium uptake by small phytoplankton (mmol N/m3 /sec)
nitrate uptake by diatoms (mmol N/m3 /sec)
ammonium uptake by diatoms (mmol N/m3 /sec)
nitrate uptake by diazotrophs (mmol N/m3 /sec)
ammonium uptake by diazotrophs (mmol N/m3 /sec)
grazing loss for small phytoplankton (mmol C/m3 /sec)
grazed small phytoplankton routed to DIC (mmol C/m3 /sec)
grazed small phytoplankton routed to DOC (mmol C/m3 /sec)
grazed small phytoplankton routed to POC (mmol C/m3 /sec)
grazed small phytoplankton routed to new zooplankton biomass (mmol C/m3 /sec)
grazing loss for diatoms (mmol C/m3 /sec)
grazed diatoms routed to DIC (mmol C/m3 /sec)
grazed diatoms routed to DOC (mmol C/m3 /sec)
grazed diatoms routed to POC (mmol C/m3 /sec)
grazed diatoms routed to new zooplankton biomass (mmol C/m3 /sec)
grazing loss for diazotrophs (mmol C/m3 /sec)
grazed diazotrophs routed to DIC (mmol C/m3 /sec)
grazed diazotrophs routed to DOC (mmol C/m3 /sec)
grazed diazotrophs routed to POC (mmol C/m3 /sec) [set to zero]
grazed diazotrophs routed to new zoo biomass (mmol C/m3 /sec)
aggregation loss of small phytoplankton (mmol C/m3 /sec)
aggregation loss of diatoms (mmol C/m3 /sec)
non-grazing mortality of small phytoplankton (mmol C/m3 /sec)
non-grazing mortality of small phytoplankton routed to DIC (mmol C/m3 /sec)
non-grazing mortality of small phytoplankton routed to DOC (mmol C/m3 /sec)
non-grazing mortality of small phytoplankton routed to POC (mmol C/m3 /sec)
non-grazing mortality of diatoms (mmol C/m3 /sec)
non-grazing mortality of diatoms routed to DIC (mmol C/m3 /sec)
non-grazing mortality of diatoms routed to DOC (mmol C/m3 /sec)
non-grazing mortality of diatoms routed to POC (mmol C/m3 /sec)
non-grazing mortality of diazotrophs (mmol C/m3 /sec)
non-grazing mortality of diazotrophs routed to DIC (mmol C/m3 /sec)
non-grazing mortality of diazotrophs routed to DOC (mmol C/m3 /sec)
non-grazing mortality of diazotrophs routed to POC (mmol C/m3 /sec)
zooplankton mortality (mmol C/m3 /sec)
zooplankton mortality routed to DIC (mmol C/m3 /sec)
3
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PAR
J NIT
J WCD
J BD
other
Jremin
prod
Jpoc
remin
Jpoc
free prod
Jpoc
mineral prod
Jpoc
Φpoc
Φfree
poc
Φmineral
poc
Φsoft
pcaco3
Φhard
pcaco3
Φsoft
SiO2
Φhard
SiO2
Φsoft
dust
Φhard
dust
bury
Jpoc
λpoc
photoN
Jdiaz
Nfix
Jdiaz
Nexcrete
Jdiaz

photosynthetically active radiation (W/m2 )
amount of NH4 converted to NO3 by nitrif. (mmol N/m3 /sec)
amount of NO3 converted to N2 by water column denitrif. (mmol N/m3 /sec)
amount of NO3 converted to N2 by benthic denitrif. (mmol N/m3 /sec)
reminineralisation in the sediments by processes other then oxic remin.
and denitrif. (mmol C/m3 /sec)
amount of particulate organic C produced (mmol C/m3 /sec)
amount of particulate organic C remineralized (mmol C/m3 /sec)
amount of non-mineral associated particulate organic C produced (mmol C/m3 /sec)
amount of mineral associated particulate organic C produced (mmol C/m3 /sec)
incoming particulate C-flux (mmol C cm/m3 /sec)
incoming non-mineral associated particulate C flux (mmol C cm/m3 /sec)
incoming mineral associated particulate C flux (mmol C cm/m3 /sec)
incoming soft CaCO3 particulate flux (mmol CaCO3 cm/m3 /sec)
incoming hard CaCO3 particulate flux (mmol CaCO3 cm/m3 /sec)
incoming soft SiO3 particulate flux (mmol PSiO2 cm/m3 /sec)
incoming hard SiO3 particulate flux (mmol PSiO2 cm/m3 /sec)
incoming soft dust flux (mmol C cm/m3 /sec)
incoming hard dust flux (mmol C cm/m3 /sec)
particulate C-flux buried in the sediments (mmol C cm/m3 /sec)
remineralization lengthscale for soft POC
total N fixed by diazotroph (mmol N/m3 /sec)
total N2 -fixation by diazotrophs (mmol N/m3 /sec)
N excreted by diazotrophs (mmol N/m3 /sec)
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Ecosystem parameters

QN:C

0.137

Rdenitrif
Corg:no3
RdC:O
RpC:O
Rdiaz C:O
NO3 min
O2 min
∆O2
dps
remdoc
remdon
remlight
donr
remlowlight
donr
refdonr
ρpcaco3
ρpsio2
ρdust
pNfix
bury
αPOM
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ratio of N:C in small phytoplankton, diatoms, diazotrophs,
zooplankton and sinking detritus
117/112
Corg :NO3 ratio for water column and benthic denitrif.
117/170
ratio of dissolved matter C:O
117/170
ratio of particulate matter C:O
117/150
ratio of diazotroph C:O
2
minimum NO3 needed for denitrification
4.0
O2 below which only water column denitrif. occurs (nmol/cm3 )
2.0
range above O2 min for which partial water column denitrif.
occurs (nmol/cm3 )
1/86400
days per seconds (day/sec)
−1
250 · dps
remineralization rate of dissolved organic carbon (1/sec)
160−1 · dps
remineralization rate of dissolved organic nitrogen (1/sec)
−1
(365·2.5) · remineralization rate of DONr when PAR > 1 W/m2 (1/sec)
dps
(365·670)−1 · remineralization rate of DONr when PAR < 1 W/m2 (1/sec)
dps
0.08
fraction of DON to refractory pool
0.05 · 100.09 associated molar ratio of CaCO3 to POC (mol POC/mol CaCO3 )
/12.01
0.05 · 60.80 associated molar ratio of SiO2 to POC in (mol POC/mol SiO2 )
/12.01
0.05 · 109 associated molar ratio of dust to POC in (mol POC/mol dust)
/12.01
1.25
portion of additional N-fixation relative to C-fixation by diazotrophs
5.0
parameter for the scaling of particulate organic matter burial

Model equations

d
(Nno3 ) =
dt

J NIT − J WCD − J BD
u
u
u
− (Jdiat,no3
+ Jsp,no3
+ Jdiaz,no3
)

(A.1)
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d
(Nnh4 ) =
dt

remin
QN:C (1 − ref donr ) Jpoc
+ remdon Ndon + remdonr Ndonr
l
l
l
l
+ QN:C (Jdiat,dic
+ Jsp,dic
+ Jdiaz,dic
) + QN:C Jzoo,dic
)
( g
g
g
+ QN:C Jdiat,dic
+ Jsp,dic
+ Jdiaz,dic
u
u
u
− J NIT − (Jdiat,nh4
+ Jsp,nh4
+ Jdiaz,nh4
)
Nexcrete
+ Jdiaz

d
(Csp ) =
dt

d
(Cdiat ) =
dt

d
(Cdiaz ) =
dt

1
QN:C

(A.2)

( u
)
u
Jsp,no3 + Jsp,nh4
QN:C
)
( g
l
a
− Jsp
+ Jsp
+ Jsp
1

1

(

u
u
Jdiat,no3
+ Jdiat,nh4
QN:C
( g
)
l
a
− Jdiat
+ Jdiat
+ Jdiat

(A.3)

)
(A.4)

( Nfix
) ( g
)
Nexcrete
u
u
l
Jdiaz − Jdiaz
+ Jdiaz,no3
+ Jdiaz,nh4
− Jdiaz + Jdiaz
(A.5)

d
(Czoo ) =
dt

d
(Cdoc ) =
dt

( g
)
g
g
l
Jsp,zoo + Jdiat,zoo
+ Jdiaz,zoo
− Jzoo

(A.6)

( l
)
l
l
l
Jsp,doc + Jdiat,doc
+ Jdiaz,doc
+ Jzoo,doc
( g
)
g
g
+ Jsp,doc
+ Jdiat,doc
+ Jdiaz,doc
− remdoc Cdoc

(A.7)
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( l
l
l
l
QN:C (1 − ref donr ) Jsp,doc
+ Jdiat,doc
+ Jdiaz,doc
+ Jzoo,doc
)
g
g
g
+ Jsp,doc
+ Jdiat,doc
+ Jdiaz,doc
− remdon Ndon

d
(Ndonr ) =
dt

(A.8)

( l
l
l
l
ref donr QN:C Jsp,doc
+ Jdiat,doc
+ Jdiaz,doc
+ Jzoo,doc
)
g
g
g
+ Jsp,doc
+ Jdiat,doc
+ Jdiaz,doc
remin
− remdonr Ndonr + Jpoc
ref donr QN:C

(A.9)
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)
( u
( u
)
1
1
u
u
+
J
+
J
J
+
J

remin
d
sp,no3
diat,no3
sp,nh4
diat,nh4

QN:C RC:O
QN:C RC:O






( u
)


1
u
Nfix

+
J
+
J
+
J
, if O2 < O2 min

diaz
diaz,no3
diaz,nh4
diaz
QN:C RC:O












( u
)
( u
)

1
1
u
u


J
+
J
J
+
J
+
remin
d
sp,no3
sp,nh4
diat,nh4
diat,no3

Q
R
Q
R
N:C C:O
N:C C:O






( u
)


1
u
Nfix

+
J
+
J
+
J

diaz
diaz,no3
diaz,nh4
diaz
QN:C RC:O







( remin
)

1

denitrif
BD
other
2 min

J
+
rem
C
−
R
J
−
J
− O2 −O
p
doc
doc

poc
remin
Corg:no3
∆O
R
2

C:O





( l
)


O2 −O2 min 1
l
l
l

−
J
+
J
+
J
+
J
p

zoo,dic
sp,dic
diat,dic
diaz,dic
∆O2
RC:O


d
(O2 ) =

dt




























































1
2 min
− O2 −O
∆O2
Rp

C:O

1
QN:C RdC:O

(

( g
)
g
g
Jsp,dic + Jdiat,dic
+ Jdiaz,dic
− 2J NIT ,

)
u
u
Jsp,no3
+ Jdiat,no3
+

1
QN:C Rremin
C:O

if O2 min < O2 <O2 min + ∆O2

( u
)
u
Jsp,nh4 + Jdiat,nh4

( u
)
u
Nfix
+ QN:C1Rdiaz Jdiaz,no3
+ Jdiaz,nh4
+ Jdiaz
C:O

− Rp1

C:O

)
( remin
BD
other
J
−
J
Jpoc + remdoc Cdoc − Rdenitrif
remin
Corg:no3
− Rp1

( l
)
l
l
l
Jzoo,dic + Jsp,dic
+ Jdiat,dic
+ Jdiaz,dic

− Rp1

( g
)
g
g
Jsp,dic + Jdiat,dic
+ Jdiaz,dic
− 2J NIT ,

C:O

C:O

if O2 > O2 min + ∆O2

(A.10)

A.3.5 Treatment of particulate organic matter

Particulate organic carbon (POC) is produced and instantaneously distributed over the depth of
the water column following an exponential model so that the POC flux (F) at depth z is :
F(z) = F(z0 ) e− λ (z−z0 )
1

(A.11)
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POC is produced following:
prod
Jpoc
(z) =

(

) ( a
)
g
g
g
a
Jsp,poc
(z) + Jdiat,poc
(z) + Jdiaz,poc
(z) + Jsp
(z) + Jdiat
(z)
( l
)
l
l
d
l
+ Jsp,poc
(z) + Jdiat,poc
(z) + Jdiaz,poc
(z) + fzoo
Jzoo
(z)

(A.12)

POC production and flux are partitionned between a free and mineral associated component:
prod
prod
prod
Jpoc
(z) =free Jpoc
(z) +mineral Jpoc
(z)

(A.13)

mineral
(z)
Φpoc (z) = Φfree
poc (z) + Φpoc

(A.14)

and

The vertical flux of free POC is:

−

1

(z−z )

0
free
λpoc
Φfree
poc (z) = Φpoc (z0 ) e
∫ z
− 1 (z−z0 )
free prod
Jpoc (z) e λpoc
+
dz.

(A.15)

z0

The vertical flux associated with each mineral is calculated as the sum of a soft and hard component (see Lima et al. (2014) for more details). The fluxes of each mineral are then summed in C
unit :

Φmineral
(z) =
poc

(
)
hard
ρpcaco3 Φsoft
pcaco3 (z) + Φpcaco3 (z)
(
)
hard
+ρpsio2 Φsoft
psio2 (z) + Φpsio2 (z)
(
)
hard
(z)
+
Φ
(z)
+ρdust Φsoft
dust
dust

(A.16)

Remineralization is then calculated from conservation of mass:
remin
(z) =
Jpoc

prod
(z) +
Jpoc

)
d ( free
(z)
Φpoc (z) + Φmineral
poc
dz

(A.17)
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A.3.6 N2 -fixation
Diazotrophs fix more than they need with the excess N excreted. N2 -fixation is then total photosynthesized N minus the uptake of ambient N.
photoN
u
nfix
u
= pNfix Jdiaz
− Jdiaz,no3
− Jdiaz,nh4
Jdiaz

(A.18)

photoN
Nexcrete
= (pNfix − 1) Jdiaz
Jdiaz

(A.19)

A.3.7 Water column denitrification

J WCD =





























1
Rdenitrif
Corg:no3

)
( remin
other
Jpoc + remdoc Cdoc − Jremin
− J BD ,

O2 min+∆O2 −O2
∆O2

[

(

1
Rdenitrif
Corg:no3

if O2 < O2 min

]
)
other
remin
+ remdoc Cdoc − Jremin
− J BD ,
Jpoc

0,

if O2 min < O2 <O2 min + ∆O2

if O2 > O2 min + ∆O2

(A.20)

To prevent negative NO3 concentrations, water column denitrif. is reduced when NO3 falls
below NO3 min :


J WCD ,
if Nno3 > NO3 min




J WCD =
(A.21)




 Nno3 J WCD , if N < NO min
no3
3
NO3 min

A.3.8 Sediments : burial, benthic denitrification and other remineralization
POC burial is calculated following Dunne et al. (2007) with an imposed burial efficiency of 80%.


bury
Jpoc
= min 




0.8 Φpoc (zmax )
∗
2
αbury
POM (0.0013+0.53 Φpoc (zmax ) )

(7+Φ∗poc (zmax )2 )




Φpoc (zmax )

(A.22)
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Φ∗poc (zmax ) = Φpoc (zmax )[mmolC.m−2 .day−1 ]

Benthic denitrification is treated following the empirical relation of Bohlen et al. (2012)
which is a function of the difference in ocean seafloor O2 and NO3 concentrations :
J BD =

) flux
1 (
0.06 + 0.19. 0.99O2 (zmax )−Nno3 (zmax ) Jpoc
(zmax )
HZ

(A.23)

Where Hz is the thickness of the layer. To prevent negative NO3 concentrations, benthic
denitrification is reduced when NO3 falls below NO3 min :

J BD =



J BD ,










if Nno3 > NO3 min
(A.24)

Nno3
NO3 min

J BD ,

if Nno3 < NO3 min

other
Jremin
is the organic matter remineralization by processes other than oxic remineralization and

denitrification (SO4 , CO2 etc...). It is estimated following Soetaer et al. (1996) and is forced to
vary between 10 and 50 %. If O2 falls bellow 1 µM, it is assumed that all remineralization is due
other
.
to J BD + Jremin

other
Jremin





∗

(z
)
0.1
+
Φ

max
poc

)


(


bury

 min 
 Φpoc (zmax ) − Jpoc







min
0.5






1

=
bury
BD
Hz 
− Rdenitrif
Φpoc (zmax ) − Jpoc

Corg:no3 Hz J












 Φ (z ) − J bury − Rdenitrif H J BD
poc max
poc
Corg:no3 z





,




if O2 > 1uM

, if O2 < 1uM
(A.25)
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A.4 Description of the 15N module

A.4.1 prognostic variables

15

nitrate 15 N (mmol/m3 )
ammonium 15 N (mmol/m3 )
small phytoplankton 15 N (mmol/m3 )
diatom 15 N (mmol/m3 )
diazotroph 15 N (mmol/m3 )
zooplankton 15 N (mmol/m3 )
dissolved organic 15 N (mmol/m3 )
refractory dissolved organic 15 N (mmol/m3 )

Nno3
15
Nnh4
15
Nsp
15
Ndiat
15
Ndiaz
15
Nzoo
15
Ndon
15
Ndonr

A.4.2 Isotopic fractions

15
rno3
15
rnh4
15
rsp
r15
15
Isotopic fraction (r = 15 Ni +N14i Ni ) diat
15
rdiaz
15
rzoo
15
rdon
15
rdonr

ratm
rNOx
rNHy
rriverN

0.003663
0.003652011
0.003652011
0.003673922

isotopic fraction of nitrate
isotopic fraction of ammonium
isotopic fraction of small phytoplankton
isotopic fraction of diatoms
isotopic fraction of diazotrophs
isotopic fraction of zooplankton
isotopic fraction of dissolved organic nitrogen
isotopic fraction of refractory dissolved organic nitrog

isotopic fraction of atmospheric N2 gas (reference)
isotopic fraction of atmospheric NOx deposition
isotopic fraction of atmospheric NHy deposition
isotopic fraction of river input of N
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Isotopic fractionation and enrichment factors (αx = 1.0 + ϵx /1000)

ϵnit
ϵwcd
ϵbd
ϵsp,no3

-10.0h (Brandes and Devol, 1997)
-25.0h (Brandes et al., 1998)
-2.0h*
-5.0h (Sigman et al., 1999)

ϵdiat,no3
ϵdiaz,no3
ϵsp,nh4

-5.0h (Sigman et al., 1999)
-5.0h (Sigman et al., 1999)
-5.0h (Sigman et al., 1999)

ϵdiat,nh4
ϵdiaz,nh4
ϵdiaz
ϵzoo

-5.0h (Sigman et al., 1999)
-5.0h (Sigman et al., 1999)
0.0h (Carpenter et al., 1997)
-6.0h**

nitrification
water column denitrification
benthic denitrification
nitrate uptake by small phytoplankton
nitrate uptake by diatoms
nitrate uptake by diazotrophs
ammonium uptake by small phytoplanktons
ammonium uptake by diatoms
ammonium uptake by diazotrophs
diazotroph N2 -fixation
zooplankton excretion

αnit
αwcd
αbd
αsp,no3
αdiat,no3
αdiaz,no3
αsp,nh4
αdiat,nh4
αdiaz,nh4
αdiaz
αzoo

*Sedimentary denitrification is generally assumed to have no fractionation effect due to the
completeness of NO3 consumption (Brandes and Devol, 2002). However, a recent studies found
non-zero fractionation factors for sedimentary denitrification (Dähnke and Thamdrup, 2013). We
choose a value that is non-zero but remains smalls.
**We chose this value so that zooplankton N exhibit a δ 15 N content that is 3 h higher than
other phytoplanktons so as to mimick the stepwise enrichement of 15 N along food chains (Minagawa and Wada, 1984).

A.4.4
15

Local variables and constants

J NIT
15 WCD
J
15 BD
J
prod
Jpon15
remin
Jpon15
Φpon15
bury
Jpon15
15Nfix
Jdiaz
15Nexcrete
Jdiaz

amount of 15 NH4 converted to 15 NO3 by nitrification (mmol N/m3 /sec)
amount of 15 NO3 converted to 15 N2 by water column denitrification (mmol N/m3 /sec)
amount of 15 NO3 converted to 15 N2 by benthic denitrification (mmol N/m3 /sec)
amount of particulate organic 15 N produced (mmol N/m3 /sec)
amount of particulate organic 15 N remineralized (mmol N/m3 /sec)
incoming particulate 15 N flux (mmol N cm/m3 /sec)
ammount of PO15 N buried in the sediments (mmol N cm/m3 /sec)
total 15 N2 -fixation by diazotrophs (mmol/m3 /sec)
15
N fixed and then excreted as NH4 by diazotroph (mmol/m3 /sec)
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A.4.5

15

N module equations

)
d (15
15
15
15
J NIT − αwcd rno3
J WCD − αbd rno3
J BD
Nno3 = αnit rnh4
dt
u
15
u
15
15
u
Jdiaz,no3
− αdiaz,no3 rno3
Jdiat,no3
− αsp,no3 rno3
Jsp,no3
− αdiat,no3 rno3

(A.26)

)
d (15
remin
15
15
+ remdon rdon
Ndon + remdonr rdonr
Ndonr
Nnh4 = (1 − ref donr ) Jpon15
dt
( 15 l
)
15 l
15
l
15
l
+ QN:C rdiat Jdiat,dic + rsp
Jsp,dic + rdiaz
Jdiaz,dic
+ rzoo
Jzoo,dic
)
( g
g
g
15
+ αzoo rzoo
QN:C Jdiat,dic
+ Jsp,dic
+ Jdiaz,dic
15
− αnit rnh4
J NIT
15
u
15
u
15
u
− αdiat,nh4 rnh4
Jdiat,nh4
− αsp,nh4 rnh4
Jsp,nh4
− αdiaz,nh4 rnh4
Jdiaz,nh4
(A.27)

)
d (15
15
u
15
u
Nsp = αsp,no3 rno3
Jsp,no3
+ αsp,nh4 rnh4
Jsp,nh4
dt
( g
)
15
l
a
− rsp
QN:C Jsp
+ Jsp
+ Jsp

(A.28)

)
d (15
15
u
15
u
Ndiat = αdiat,no3 rno3
Jdiat,no3
+ αdiat,nh4 rnh4
Jdiat,nh4
dt
( g
)
15
l
a
− rdiat
QN:C Jdiat
+ Jdiat
+ Jdiat

(A.29)

)
d (15
15Nexcrete
15Nfix
− Jdiaz
Ndiaz = Jdiaz
dt
u
15
u
15
Jdiaz,nh4
+ αdiaz,nh4 rnh4
Jdiaz,no3
+ αdiaz,no3 rno3
)
( g
l
15
QN:C Jdiaz
+ Jdiaz
− rdiaz

(A.30)

)
d (15
Nzoo =
dt

[ 15 g
( g
)]
15
g
QN:C rsp
Jsp − αzoo rzoo
Jsp − Jsp,zoo
( g
)]
[ 15 g
g
15
Jdiat − Jdiat,zoo
Jdiat − αzoo rzoo
+ QN:C rdiat
[ 15 g
( g
)]
g
15
+ QN:C rdiaz
Jdiaz − αzoo rzoo
Jdiaz − Jdiaz,zoo
( l
)
15
l
d
l
− rzoo
QN:C Jzoo,dic
+ Jzoo,doc
+ fzoo
Jzoo

(A.31)
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)
[
( 15 l
)
d (15
15
l
15
l
15
l
Ndon = (1 − ref donr ) QN:C rsp
Jsp,doc + rdiat
Jdiat,doc
+ rdiaz
Jdiaz,doc
+ rzoo
Jzoo,doc
dt
( g
)]
g
g
15
+ αzoo rzoo
QN:C Jsp,doc
+ Jdiat,doc
+ Jdiaz,doc
15
− remdon rdon
Ndon

)
d (15
Ndonr =
dt

[
( 15 l
)
15
l
15
l
15
l
ref donr QN:C rsp
Jsp,doc + rdiat
Jdiat,doc
+ rdiaz
Jdiaz,doc
+ rzoo
Jzoo,doc
)]
( g
g
g
+ Jdiat,doc
+ Jdiaz,doc
+ αzoo rzoo QN:C Jsp,doc
15
− remdonr rdonr
Ndonr

A.4.6

(A.32)

(A.33)

Treatment of particulate organic matter

Production of particulate 15 N is modeled as follows:

( g
)
prod
g
g
15
Jpon15
= αzoo rzoo
QN:C Jsp,poc
+ Jdiat,poc
+ Jdiaz,poc
( l
)
( l
)
a
15
a
15
+ rsp
QN:C Jsp,poc
+ Jsp
+ rdiat
QN:C Jdiat,poc
+ Jdiat
15
l
15
d
l
+ rdiaz
QN:C Jdiaz,poc
+ rzoo
QN:C fzoo
Jzoo

(A.34)

prod
Jpon15
is split into a free and mineral-associated component (as was done in section A.3.5)
and distributed over the water column following the exponential model outlined in section A.3.5.

A.4.7

N2 -fixation, nitrification, denitrification and sediments

Sources and sinks are calculated by multiplying the flux by its initial isotopic fraction as well as
a fractionation factor.
We therefore have for 15 N2 -fixation,
Nfix
15
15Nfix
Jdiaz
= αdiaz ratm
Jdiaz

(A.35)

15Nexcrete
15
Nexcrete
Jdiaz
= rdiaz
Jdiaz
,

(A.36)

and
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for nitrification,
15

15
J NIT = αnit rnh4
J NIT ,

(A.37)

for water column denitrification,
15

15
J WCD ,
J WCD = αwcd rno3

(A.38)

15

(A.39)

for benthic denitrification,
15
J BD = αbd rno3
J BD ,

and for burial of 15 N,

bury
Jpon15
=

Φpon15 (zmax ) bury
J
.
Φpoc (zmax ) poc

(A.40)
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Table A.1 Global estimates of N2 -fixation, water column and benthic denitrification in Tg N yr−1 .

Process

N2 -fixation W.C. denitrif. Benthic denitrif.

Galloway et al. (2004)
Gruber (2004)
Codispoti (2007)
Eugster and Gruber (2012)
Bianchi et al. (2012)
DeVries et al. (2012)
Grosskopf et al. (2012)
DeVries et al. (2013)
Luo et al. (2014)

121
135±60
135
94 – 175

This study, preindustrial

110

116
65±20
150
39 – 66
70 ±50
66 ±6

206
180 ± 50
300
68 – 122
198 ± 64
164 ± 54

50 – 77

71 – 168

79

77

177±8
51 – 110
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Figure A.1 Maps of simulated vertically integrated rates of the main processes of the marine
nitrogen cycle averaged over the first 100 years of the control experiment compared to available
observations. (a) Modeled rate of vertically integrated N2 -fixation (in µmol m−2 day−1 ). (b) Observed rates of N2 -fixation compiled by Luo et al. (2012) (in µmol m−2 day−1 ). (c) Simulated rate
of water column denitrification (in mmol m−2 day−1 ). (d) Simulated rate of benthic denitrification
(in mmol m−2 day−1 ).
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Figure A.2 Maps of simulated and observed N* at 200m (a,b), 800m (c,d) and 2000m (e,f) depth.
The model results show the average over the first 100 years of the control experiment, while the
observations stem from the World Ocean Atlas climatology (Garcia et al., 2014).
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Figure A.3 Maps comparing simulated and observed δ 15 NO3 in h. (a) Simulated δ 15 NO3 averaged over 100-200m. (b) as (a), but for observations. (c) Simulated δ 15 NO3 averaged over 500800m. (d) As (c), but for observations. The model results show the average over the first 100 years
of the control experiment, while the observations stem from a compilation provided by (DeVries
et al., 2013)
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Figure A.4 Atmospheric N-deposition forcing (Lamarque et al., 2013) separated into a preindustrial and an anthropogenic component for the historical period and the RCP8.5 emission scenario.
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Figure A.5 Evaluation of simulated N*: The left column shows plots of observed versus modeled
N* on three selected depth horizons, i.e, 200 m, 800 m and 2000 m. The right column shows the
corresponding Taylor diagrams . Taylor diagrams depict the correlation (polar coordinates) and the
relative standard deviation (distance from the origin). The observed data stem from the gridded
World Ocean Atlas data product (Garcia et al., 2014) and the gridded World Ocean Circulation
experiment product (Allegra and World Ocean Circulation Experiment International Project Office,
2010).
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Figure A.6 As Figure A.5, but for δ 15 NO3 . Shown are the results for two depth intervals, i.e.,
100-200m and 400-600m. The observations were compiled by Somes et al. (2010) and augmented
by (DeVries et al., 2013).

140°E

160°E

180°W

160°W

140°W

Figure A.7 Comparison of the simulated rates of increase in N* against rates inferred by Kim et al.
(2014). The error bars on the data from Kim et al. (2014) represent the uncertainty as described in
the paper while the error bars of the simulated rates represent the rates of increases for the most
extreme sensitivity experiments i.e. where the N-deposition forcing was altered by ±30% (see table
S1)
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Figure A.8 Bar-plots showing the sensitivity of the results to changes in the magnitude of the
atmospheric deposition. Shown are the relative change of (a) N*, (b) column integrated Net Primary
Production and (c) carbon export at 100m depth in simulations where the strength of the atmospheric
N-deposition forcing was varied relative to the base case. Shown are the average relative responses
for the Atlantic, Pacific and Indian ocean basins.

Figure A.9 Maps of the simulated changes in the δ 15 NO3 due to the increase in the anthropogenic
N-deposition as well as a timeseries of the evolution of δ 15 PON over the Eastern North Pacific for
various scenarios with varying δ 15 N of anthropogenic N-deposition. (a) Change in δ 15 NO3 over the
top 100m for the year 2000 relative to the predustrial experiment for the conservative case (δ 15 NOx
= -3h, δ 15 Nhy = -3h). (b) as (a) for the mixed case (δ 15 NOx = -10h, δ 15 Nhy = -20h). (c) as (a)
for the nhy2 case (δ 15 NOx = -3h, δ 15 Nhy = -20h). (d) Change over time of the δ 15 of the PON
flux at 100m depth averaged over the the Eastern North Pacific (22◦ N-70◦ N, 139◦ E-286◦ E) for all
isotopic scenarios (see table 1 in main manuscript)
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Table B.1

Estimates of Pacific water column denitrification in Tg N yr−1 .

ETNP
ETSP
–
–
Tsunogai (1971)
–
3–7
Codispoti (1973)
19
–
Codispoti (1973)
16
–
Codispoti and Richards (1976) 23
–
Codispoti and Richards (1976) 19
–
Elkins (1978)
–
18–26
Codispoti and Packard (1980) –
25
Codispoti and Packard (1980) –
19
Deutsch et al. (2001)
22 ±3.5 26±4
Bianchi et al. (2012)
21.5
17.6
DeVries et al. (2012)
23–29
21–23
DeVries et al. (2013)
–
–
Study

This study, Simulated

51.7

18.6

Pacific
–
–
–
–
–
–
–
–
–
48±5
39.1
44–62
41–63
70.3
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Figure B.1 Simulated vs observed modes of variability in the Pacific Ocean. (a) Simulated vs
observed Ocean Niño index calculated as the 3-monthly running mean of SST anomalies in the
Niño 3.4 region (5◦ S:5◦ N, 170◦ W:120◦ W) in ◦ C. (b) PDO index calculated from model output and
reconstructed SST as the leading EOF of SST anomalies in the Pacific between 20◦ N and 60◦ N. (c)
Second leading EOF of SST anomalies in the Pacific between 20◦ N and 60◦ N. The SST data stems
from the Extended Reconstructed SST v4 (Huang et al., 2014)
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(a) Mean ODZ thickness - CESM (m)
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Figure B.2 Simulated vs observed ODZ thickness and volumes. (a) Simulated ODZ (O2 <
6mmolO m−3 ) thickness averaged over the period from 1960 to 2009. (b) same as (a) but for
the corrected World Ocean Atlas data (Bianchi et al., 2012). (c) Simulated vs observed volumes
of water for various O2 threshold in the ETNP average over the period from 1960 to 2009. (d) as
(c) but in the ETSP. The error bars show two standard deviations of the simulated volumes over the
same period.
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(a) CESM NPP at z=100m (mmolC m-2 d-1)
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(c) Taylor diagram - model vs reconstructions
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Figure B.3 Simulated vs reconstructed Net Primary Production (NPP). (a) Simulated vertically
summed NPP averaged over the period from 1998 to 2008 in mmolC m−2 d−1 . (b) Simulated NPP –
Satellite-based NPP estimate (Westberry et al., 2008). (c) Taylor diagram of simulated vs SatelliteBased NPP estimate. (d) Relative change in simulated and reconstructed NPP averaged over the
simulated monthly climatological maximum extent of the ETNP ODZ (above z=400m). (e) Relative
change in simulated and reconstructed NPP averaged over the simulated monthly climatological
maximum extent of the ETSP ODZ (above z=400m).
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(a) CESM POC flux at z=100m (mmolC m-2 d-1)
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Figure B.4 Simulated vs reconstructed POC flux at 100m depth. (a) Simulated POC flux at 100m
depth averaged over the period from 1998 to 2008. (b) Simulated – reconstructed POC flux (Dunne
et al., 2007). (c) Taylor diagram of simulated POC flux vs various reconstructions (Schlitzer, 2004;
Dunne et al., 2007; Henson et al., 2011). (d) Relative change in simulated and reconstructed POC
flux at 100m depth averaged over the simulated monthly climatological maximum extent of the
ETSP ODZ (above z=400m). (e) Relative change in simulated and reconstructed POC flux at 100m
averaged over the simulated monthly climatological maximum extent of the ETSP ODZ (above
z=400m).
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Figure B.5 Relation between the simulated ENSO-composited changes in AOU and ideal age.
(a) Change in AOU (mmolO m−3 ) vs changes in ideal age (years) on the isopycnal σ=26.8 in the
Tropical Pacific (25◦ S–25◦ N, 140◦ W–90◦ W). (b) Pearson correlation coefficient between changes
in AOU and ideal age calculated as function of isopycnal layers.
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Monthly ENSO composite of changes in wind stress (N m-2) and wind stress curl (109 N m-3)
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Figure B.6 ENSO-composited monthly evolution of wind stress and wind stress curl anomalies.
Color shadings show wind stress curl anomalies in 109 N m−3 and arrows show wind stress anomalies in N m−2 .
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Imprints of the marine N cycle on N* and the δ 15 N of NO−
3 and of particulate organic nitrogen (PON). (a) Objectively analyzed N* (µmol kg−1 ) on the
σθ = 26.50 isopycnal surface. This surface is characteristic of subtropical mode
waters, such as the 18 ◦ water in the North Atlantic. (b) Observed δ 15 N of NO−
3
averaged over the depth 0 to 200m in h.(c) Same as (a) but on the σθ = 27.10
isopycnal surface representing Subpolar Mode Waters. (d) Observed δ 15 N of
PON at the sediment floor in h. In (a) and (c), solid circles denote the stations;
stippling denotes areas where the waters of this potential density are not present
in winter time. Cross-hatched areas are regions where the estimated error in objectively analyzed N* is greater than 0.7 µmol kg−1 . The N* data are from the
WOCE program augmented by selected pre-WOCE cruises and were adjusted by
the GLODAP project (Gruber, 2008, see). The δ 15 NO−
3 data stem from an up
to date compilation provided by Patrick Rafter; the datasets include portions of
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Schematic representation of the impact of marine N cycle processes on the δ 15 N
of NO−
3 . (a) Estimates of discrimination factors (ϵ) for the different processes of
the marine N cycle. Summarized in the box, is the range of estimated isotopic
composition of atmospheric N2 , atmospheric N deposition and river input of N.
(b) Changes in the δ 15 N of NO−
3 and phytoplankton biomass in a closed system during phytoplankton consumption of NO−
3 with ϵ = 5h. As phytoplankton
−
15
grow, the δ N of the residual NO3 and the phytoplankton biomass both increase,
as does the δ 15 N of the biomass formed at any instant. (c) Schematic showing
the impact of different processes on the δ 15 N of oceanic NO−
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−
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(Montoya et al., 2002; Montoya, 2008, see). (d) Schematic representation of the
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Schematic representation of feedbacks within the marine nitrogen cycle. The inner light grey ellipse shows the two nitrogen cycle “internal” feedback loops that
tend to be stabilizing. These two feedback are proposed to be mainly controlled
by the NO−
3 to PO4 (N:P) ratio in surface waters. If the surface N:P ratio is low,
denitrification tends to get reduced because of lower surface productivity, while
N2 fixation tends to increase because of favorable conditions for diazotrophic organisms. Both processes lead to an increase in the oceanic fixed nitrogen inventory. In contrast, when the surface N:P ratio is high, N2 fixation tends to decrease,
while denitrification increases, leading to a reduction of the oceanic fixed nitrogen inventory. These nitrogen internal feedbacks can be altered significantly by
their interaction with the carbon cycle, climate and other processes (dark grey ellipses). The sign of these feedbacks are currently not understood and can be either
positive or negative, leading to stabilizing or destabilizing feedbacks. The massive ongoing anthropogenic perturbation of the N cycle (Galloway et al., 2008) is
expected to considerably elevate the N:P ratio of surface waters and will therefore
put this conceptual framework at test (see Chapter 2 for a comprehensive investigation). Red arrows show processes that remove fixed N and blue arrows those
which add it to the ocean. Adapted from (Gruber, 2004). . . . . . . . . . . . . .
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Atmospheric deposition and river input of N inputs to the ocean. (a) Atmospheric
deposition N deposition from 1850 to 2100 in Tg y−1 as estimated by the multimodel mean of (Lamarque et al., 2013). The blue shading shows the estimated
deposition of oxidized forms of inorganic N, the red shading that of reduced forms
of inorganic N, the green shading that of organic compounds (assumed to compose 30% of total deposited N) and the black curve shows their total. The rates
shown for the period of 2000 to 2100 assume the emission scenario RCP 8.5. (b)
River input of N from 1900 to 2005 in Tg y−1 as estimated by (Beusen, 2014).
The blue shading shows the estimated input of inorganic N, the green shading that
of organic N and the black shading that of particulate N. The dashed red curve
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Simulated ocean deoxygenation under the RCP8.5 scenario in an large ensemble
simulation of the Community Earth System Model. (a) Observed O2 on σθ = 26.5
in mmol m− 3 (the data stem from the World Ocean Atlas). (b) Difference between
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from 1981 to 2000 on σθ = 26.5 in mmol m− 3. (c) Time of emergence of the
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Schematic representation of the negative N-feedbacks induced by the anthropogenic increase in the atmospheric N-deposition. The sign of the response is
given relative to a positive perturbation of atmospheric N-deposition. An increase
in N-deposition leads to a positive N* perturbation that enhances NPP and export
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Spatial and temporal pattern of the atmospheric nitrogen deposition applied to
our model-based study based on the work of Lamarque et al. (2013). (a) Map of
the preindustrial deposition of total nitrogen (NOx + NHy + organic N) from
the atmosphere to the ocean. (b), as (a) but for the year 2000. (c) Temporal evolution of the globally integrated deposition of oxidized forms of nitrogen
over the ocean (NOx and oxidized forms of organic nitrogen). The solid black
curve represents total yearly N-deposition for the base case (monthly values in
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table 2.1 for a detailed description of all performed experiments. . . . . . . . . .

42
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simulated changes in N* for the year 2000 averaged over the top 100 m ; (b) as
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Scatterplots of the relationship between the change in δ 15 NO3 and the change
in N* in the year 2000. Results are shown for all grid points (a) in the top 100
m and (b) for the lower thermocline, i.e., between 500 and 800 m. The color
coding represents the corresponding NO3 concentrations. The open circles show
the same relationship but for the change in the δ 15 N of particulate organic nitrogen
versus the change in N*. Each dot represent the average change in δ 15 PON for all
points falling within a 0.2 mmol m−3 wide bin of change in N*, with error bars
showing the one standard deviation within each bin. Shown are the results for the
base case simulation relative to the preindustrial control experiment. . . . . . . .
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Vertical sections in the western Atlantic (at 30◦ W, left) and western Pacific (at
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N*. (b) as (a), but for the change in δ 15 NO3 . Shown are the results for the base
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Maps of the modeled response in ocean primary production and underlying mechanisms. (a) Relative change in vertically integrated net primary production in
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N-deposition and a fixed C:N ratio of 117:16; (d) preindustrial phosphate limitation. 48

List of Figures

158

2.7

Maps of changes in export and ocean interior oxygen. (a) Absolute change in
export production between the year 2000 and preindustrial conditions diagnosed
from the change in the vertical export flux of particulate organic carbon at 100 m
depth. Black contours represent the extent of waters for which minimal oxygen
concentration in the underlying water column is less than 5 mmol m−3 (OMZ5)
and less then 10 mmol m−3 (OMZ10) (b) Temporal evolution of the relative
changes in export for different regions (black is global, red is for over the extent
of OMZ5 and blue over the extent of OMZ10; Shaded areas in the background
represent the same changes but for the different sensitivity experiments, with the
lighter shading showing changes for the simulations where the N-deposition was
altered by ±30% and the heavier shading showing changes for the simulations
where the N-deposition was altered by ±15% (see table 2.1); (c) Changes in O2
in the year 2000 on the potential density surface σ=26.5. Also shown as contours
are the model simulated preindustrial O2 concentrations. (d) Temporal evolution of the relative changes in the global volume of OMZ waters. Blue and red
stand for the OMZ volumes defined through their maximal oxygen concentration;
Again, shaded areas in the background represent the same changes but for the different sensitivity experiments (see table 2.1). Shown in (a) and (b) are the results
for the base case simulation relative to the preindustrial control experiment. . . .
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The spatial pattern of the modeled response of the marine nitrogen cycle for the
year 2000 for the base case simulation relative to the preindustrial control experiment. (a) Changes in N2 -fixation, (b), changes in the sum of N2 -fixation and
atmospheric nitrogen deposition; (c), changes in water column denitrification,
and (d) changes in benthic denitrification. All rates have units of µmol m−2 day−1 . 50
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Temporal evolution of the changes in the global oceanic nitrogen budget. Depicted are the globally integrated responses of the main sources and sinks to the
deposition of anthropogenic nitrogen from the atmosphere. Shaded areas in the
background represent the results for the different sensitivity experiments, with the
lighter shading showing changes for the simulations where the N-deposition was
altered by ±30% and the heavier shading showing changes for the simulations
where the N-deposition was changed by ±15% (see table 2.1). . . . . . . . . . .
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2.10 Timeseries plots analyzing the marine nitrogen feedbacks. (a) Portion of the perturbation that is compensated by stabilizing feedbacks for all simulations with
varying forcing strength (see table 2.1) as well as a pulse experiment. (b) Change
in the global oceanic nitrogen budget for the pulse experiment. Depicted are the
changes relative to the control experiment in the globally integrated sources and
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2.11 Time evolution of the δ 15 NO3 and N* and underlying processes. (a) Schematic
depiction of the direction of changes induced by the different processes. (b) Temporal evolution of δ 15 NO3 and N* averaged over the upper 100 m of the North
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as (b), but for the Indian OMZ where O2 < 5 mmol m−3 . Shown are the results
for the base case (circles) as well as for a series of sensitivity experiments with
varying values for the anthropogenic component of the deposited nitrogen (see
table 2.1). The color coding depicts the corresponding year of simulation. . . . .
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Time evolution of simulated volume-integrated water column denitrification rate
(WCD) and ODZ volume. (a) WCD integrated over the North Pacific ODZ. (b)
North Pacific ODZ volume ([O2 ] < 6 mmol m−3 ). (c) as (a) but for the South
Pacific ODZ. (d) as (b) but for the South Pacific ODZ. Thick lines show the 12months running means, while the thin ones show the monthly averaged values.
Red shadings indicate El Niño events and blue shadings indicate La Niña events
following the definition described in section 3.3.1. . . . . . . . . . . . . . . . . .
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Maps of ENSO composited changes. (a) Change in the vertically integrated rate
of water column denitrification (WCD) in mmol m−2 d−1 . (b) Change in ODZ
thickness in m ([O2 ] < 6 mmol m−3 ). (c) Change in the depth of the upper
oxycline in m (6 mmol m−3 isopleth). (d) Change in carbon export at a depth of
100m in mmol C m−2 d−1 . Contours in each panel indicate the mean state. Note
the logarithmic color scale for WCD (a). . . . . . . . . . . . . . . . . . . . . . .
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Vertical profiles of ENSO composited changes. (a) Mean-state and ENSO-perturbed
horizontally integrated WCD over the ETNP in Tg m−1 y−1 . Dashed lines show
the mean-state and solid lines the ENSO-perturbed state. (b) As for (a) but for
the ETSP. (c) Change in the horizontally summed ODZ volume in the ETNP in
1010 m3 m−1 . (d) as (c) but for the ODZ in the ETSP. (e) WCD anomalies horizontally integrated over the ODZ of the ETNP (solid black line). Also shown as
colored dashed lines are the component changes in WCD as outlined in section
3.3.2: the red line shows changes due to O2 only, the green line, changes due to
carbon remineralization only and the blue line changes due to their covariation.
(f) as (e) but for the ODZ of the ETSP. . . . . . . . . . . . . . . . . . . . . . . . 74
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(a) ENSO composited change in O2 , AOU, Osat
(net O2 consump2 , and O2
tion multiplied by the average length of an ENSO event) integrated along isopycnals over the Tropical Pacific (25◦ S–25◦ N, 140◦ W–90◦ W). (b) Monthly ENSOcomposited evolution of AOU (color) and WCD (contours) anomalies integrated
along isopycnals over the Tropical Pacific (25◦ S–25◦ N, 140◦ W–90◦ W). The blue
line shows the evolution of the composited Niño3.4 index in ◦ C . . . . . . . . . .
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ENSO-composited monthly evolution of AOU and ocean current speed anomalies
on the isopycnal σ=26.8. (a) Mean AOU (mmol m−3 ) as colors and mean ocean
current speed (cm s−1 ) as vectors. (b)−(h) ENSO-composited monthly AOU
anomalies (mmol m−3 ) as colors and current speed anomalies (cm s−1 ) as arrows
for the indicated month. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
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Atmospheric and river input of N forcing used to force our model. (a) Time
evolution of the globally integrated N deposition in Tg yr−1 . The contribution
from oxidized forms of inorganic N is shaded in blue, that from reduced forms
is shaded in red and that of organic N compounds is shaded in green. The black
curve represents the total. The red line shows the change in the average δ 15 N
of the total deposition in h. Triangles (Hastings et al., 2009) and diamonds
(Geng et al., 2014) show the change in the δ 15 N of deposition as recorded in two
Greenland ice cores. (b) Time evolution of the globally integrated river input of
N in Tg yr−1 . The contribution from inorganic N is shaded in blue and that from
organic N is shaded in green. The black curve represents the total. The solid
red line describes the N to P ratio of the total input. (c) Annually averaged N
deposition in 1850 in mmol m−2 yr−1 . (d) same as c but for the year 2000. (e)
same as (c) Annually averaged river input of N deposition in 1900 in mmol m−2
yr−1 . (f) same as e but for the year 2000. The atmospheric N deposition data stem
from the output of an atmospheric transport model run by J. F. Lamarque, with a
step up similar to Lamarque et al. (2010), but where the marine emissions of NHx
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Temporal evolution of globally integrated sources and sinks of the N cycle as
simulated in CESM from 1960 to 2009. (a) Globally integrated fluxes for the
simulation with transient N inputs by rivers and deposition (Fall in table 4.1) in
Tg yr−1 . (b) as (a) but for the simulation where N inputs are kept to preindustrial
levels, and shown as anomalies from the mean over the period (Fclim in table
4.1). (c) Difference in globally integrated fluxes due to the transient N inputs by
rivers and deposition calculated as Fall - Fclim (table 4.1). for (a), (b) and (c), N2
fixation is shown green, WCD in red, sedimentary denitrification in dark red, the
combined N inputs via rivers and atmospheric deposition in blue and the residual
N flux in black. Dots show the annual values while the lines show the 5 year
running mean. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
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Linear trends in vertically integrated N fluxes calculated over the period from
1960 to 2009. (a) Linear trends in vertically integrated N2 fixation in mmol m−2
yr−2 . (b) Same as (a) but for water column denitrification (WCD). (c) Same as
(a) but for sedimentary N loss (SNL). (d) Linear trends in vertically integrated N2
fixation anomalies caused by anthropogenic N forcing (ANF) in mmol m−2 yr−2 ,
calculated as the linear trend of Fall - Fclim (table 4.1). (e) Same as (d) but for
WCD. (f) Same as (d) but for SNL. (g) Portion of the trend in N2 fixation that is
due to ANF in % of the total trend, calculated as the linear trends for simulation
(Fall )−(Fclim )
× 100. (h) Same as (g) but for WCD. (i) Same as (g) but for SNL. . .
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Linear trends in N* and δ 15 NO3 calculated over the period from 1960 to 2009.
(a) Linear trends in top 100m averaged N* in mmol m−3 (10y)−1 . (b) Same as (a)
but for δ 15 NO3 at 100m depth. (c) Linear trends in top 100m averaged N* caused
by anthropogenic N forcing (ANF) in mmol m−3 (10y)−1 , calculated as the linear
trend of Fall - Fclim (table 4.1). (d) same as (c) but for δ 15 NO3 at 100m depth. (e)
Portion of the trend in top 100m averaged N that is due to ANF in % of the total
clim
× 100. (f) Same as
trend, calculated as the linear trends for simulation FallF−F
clim
15
(e) but for δ NO3 at 100m depth. . . . . . . . . . . . . . . . . . . . . . . . . .
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4.5

4.6

Simulated vs. reconstructed changes in N* and the δ 15 PON in the North Pacific
Ocean. (a) Linear trend in simulated N* averaged over the isopycnal surfaces
σθ = 25.5 to 26.5 in mmol m−3 yr−1 calculated over the same period as those
reconstructed by Kim et al. (2014) i.e., from 1970 to 1995. The overlaid colored squares show the trends reconstructed by Kim et al. (2014). Also shown
as contours are the simulated ideal ages for σθ = 25.5. (b) same as (a) but for
the isopycnal surfaces σθ = 27.2 to 27.3 in mmol m−3 yr−1 . (c) Timeseries of
observed N* anomalies at station Aloha in Hawaii between 100 and 200m depth
in mmol m−3 as red dots (standard deviation as bars). The lines show the simulated N* anomalies at location 1 (indicated by a white box in (a)) averaged over
the isopycnal surfaces σθ = 25.5 to 26.5. (d) Timeseries of observed δ 15 PON
anomalies from sediment traps at station Aloha in h shown as red dots. The red
line shows a 4th order polynomial fitted to the data. The black lines show the temporal evolution of the simulated δ 15 PON anomalies collocated at station Aloha.
In (c) and (d), the full lines show simulated values for the simulation with transient AN forcing (Fall ) and the dashed line those for the simulation with constant
N forcing (Fclim ) (see table 4.1). . . . . . . . . . . . . . . . . . . . . . . . . . .
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Leading modes of physical changes associated with the long-term reduction in
the winds over the Pacific. (a) Colors show the leading mode of variation (EOF1)
of the anomalies in the barotropic streamfunction (Ψ) in Sverdrup (1 Sv = 106 m3
s−1 ) calculated over the Pacific (35◦ S–60◦ N, 110◦ E–60◦ W) using monthly values
for the period from 1960 to 2009, but where the interannual variability has been
filtered using a 5-year running average. The contours show its absolute values for
∫∫
the year 1960. It is calculated as Ψ(x, y) =
u(x, y, z)dzdyr, where u is the
ocean current vector and x,y and z are the usual space coordinates. (b) Principal
component associated with the EOF1 (PC1) of Ψ as the thick black line. Colored
line show the evolution of the PC1 of SDen in red (57% of the variance), of the
PC1 of N2 fixation in green and the PC2 of WCD in yellow (driving 36% of
the variance for both) calculated over the same region and period. (c) as (a) but
for the depth of the isopycnal surface σθ = 26.8 in m. (d) Principal component
associated with the EOF1 of the anomalies of the depth of σθ = 26.8. (e) Same
as (a) but for the maximum mixed layer depth (MLD) also in m. (f) Principal
component associated with the EOF1 of the MLD. . . . . . . . . . . . . . . . .
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Leading modes of physical changes associated with low frequency climate variability. (a) Colors show the second EOF (EOF2) of the anomalies of the barotropic
streamfunction (Ψ) in Sverdrup (1 Sv = 106 m3 s−1 ) calculated over the Pacific
(35◦ S–60◦ N, 110◦ E–60◦ W) using monthly values for the period from 1960 to
2009, but where the interannual variability has been filtered using a 5-year running average. The contours show its absolute values for the year 1960. It is
∫∫
calculated as Ψ(x, y) =
u(x, y, z)dzdyr, where u is the ocean current vector
and x,y and z are the usual space coordinates. (b) Principal component associated
with the EOF 1 of Ψ (PC1) as the thick black line. Colored lines show the evolution of the PC1 of SDen in red (57% of the variance), of the PC1 of N2 fixation
in green and the PC2 of WCD in yellow (driving 36% of the variance for both)
calculated over the same region and period. (c) as (a) but for the depth of the
isopycnal surface σθ = 26.8 in m. (d) Principal component associated with the
EOF2 of the anomalies of the depth of σθ = 26.8. . . . . . . . . . . . . . . . . .
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4.8

Spatial changes of the climate forced changes in sources and sinks of the marine
N cycle. (a) Change in vertically integrated WCD from 1960 to 1980 in mmol
m−2 yr−1 . (b) same as (a) but for the change from 1980 to 2009. (c) as (a) but for
the rate of sedimentary denitrification (SDen) also in mmol m−2 yr−1 . (d) same
as (c) but for the change from 1980 to 2009. (e) same as (a) but for the vertically
integrated rate of N2 fixation also in mmol m−2 yr−1 . (f) as (e) but for the change
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Simulated versus observed changes in δ 15 PON in the ETP. (a) Average simulated
δ 15 PON at 100m depth in h. (b) Time evolution of δ 15 PON for three sediment
cores north of the core denitrifying region at Pescadero (red dots), Soledad (green
dots) and Santa Monica (blue dots). Overlaid as lines are the time evolution of
the simulated values of δ 15 PON at 100m depth averaged over three different regions indicated as boxes in (a). (c) Time evolution of the simulated values of
δ 15 PON at 100m depth collocated at the Pescadero record location. The full line
indicated the evolution for the simulation forced with transient anthropogenic N
inputs (Fall , see table 4.1) and the dashed line the evolution for the simulation
forced with constant preindustrial N inputs (Fclim , see table 4.1). The dots show
the observed sediment δ 15 PON values at Pescadero. (d) Same as (c) but for the
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