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I had less difficulty in the discovery of the motions of the heavenly bodies, in
spite of their astonishing distances, than in the investigation of the movement
of water before my very eyes.
Galileo Galilei

Abstract

Summer precipitation in many extratropical land regions largely results
from deep convection in rain showers and thunderstorms. Deep convection is the widespread, diurnal response of the atmosphere to its vertical destabilization by surface warming and radiative cooling aloft. As a
side effect of deep-convective dynamics strong updrafts, lightning strikes,
devastating hail, and gusty winds are produced. The most serious impact
however relates to abrupt flooding after heavy rain making deep convection not only one of the most memorable but also the most severe weather
phenomena.
Despite the extraordinary importance of deep convection for weather and
climate, numerical weather prediction and climate simulations continue
to suffer from the side effects of the misrepresentation of many underlying physical processes in the numerical models. The challenge to represent
deep convection is not surprising, given that deep convection is non-linear,
multi-scale, multi-phase, three-dimensional, turbulent flow that is highly
sensitive to initial and boundary conditions. In order to better understand
the role of deep convection for the hydrological cycle and to improve the
representation of deep convection in atmospheric models, a deeper understanding of the basic physical processes is therefore required. This is
particularly pressing during episodes of weak synoptic forcing, when the
abrupt formation of deep convective thunderstorms is exceedingly difficult to simulate. However it is promising, that numerous observations
reveal that thunderstorms initiate at preferential locations, which seem to
be strongly tied to heterogeneities on the Earth’s surface.
This thesis therefore aims to shed light on the physical influence of two
major components of the Earth’s surface on deep convection. On the one
hand the focus is put on orography (mountains), the most dominant and
widespread surface characteristic controlling weather and climate far beyond its immediate surrounding. On the other hand a focus is put on
soil moisture which exerts a much more uncertain influence on deep convection due to its substantial variability in space and time. In order to
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gain a better understanding on the influence of these two land surface
components on deep convection, a state-of-the-art computer model of the
coupled atmosphere-land system is used. With that, ensembles of idealized convection-resolving simulations with a numerical grid spacing of
∆x = 1 km and full physics parameterizations (except for shallow and deep
convection) are systematically run.
The first part of the thesis focuses on the feedback between soil moisture
and precipitation. In particular the relative importance of soil moisture
heterogeneity in flat and mountainous terrain is quantified. The sign of
the feedback strongly depends on the patchiness of soil moisture. While
the feedback is positive for horizontally uniform soil moisture (more rain
over increased soil moisture), the feedback turns strongly negative at localized soil moisture anomalies (more rain over dry soil anomalies). The
negative feedback stems from the explicitly resolved shallow circulations
in the planetary boundary layer that develop at soil moisture transition
zones. A similar mechanism emerges in presence of an isolated mountain. Mountains drier than their surrounding thermally develop stronger
upslope flows and therefore receive more rain than moister mountains.
However, the strength of the feedback sensitively depends on the dominance of the mountain. A relatively low mountain of 500 m in height is
sufficient to neutralize the soil-moisture-precipitation feedback, i.e. the
rain amounts over a dry or a moist mountain do not differ.
The second part of the thesis is dedicated to the relative importance of
orographic scales for deep convection. To that end deep convective activity at an isolated mountain of varying height and width is simulated.
Despite a strong impact of the mountain slope on the converging upslope flows, and the intensity of deep convection, an approximately linear
scaling between mountain rain and mountain volume emerges in the statistical mean. Tests with alternative mountain profiles, multiple peaks
and large-scale flow suggest, that the scaling is present over a surprisingly
large portion of parameter space. Only in the limit of tall mountains and
relatively strong large-scale flow a systematic breakdown of the scaling is
found. A simple conceptual framework relates the linear scaling to the
enhanced energy density in the atmosphere above mountains. The breakdown of the scaling is explained in terms of the venting of the elevated
mountain heat anomaly by the large-scale flow. Since the large horizontal
scales of mountains contribute disproportionally to the mountain volume,
the volume scaling suggests that small-scale terrain (such as single peaks
in a mountainous area) are, in the statistical mean, of minor importance
for deep convective precipitation during episodes of weak synoptic forcing.
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In summary, this thesis is testimony to the dominance of orography, and
its large-scale features in particular, in controlling the statistical behavior
of deep convection and ultimately the continental water cycle.

Zusammenfassung

Sommerniederschläge in extratropischen Landgebieten gehen hauptsächlich aus der hochreichenden Feuchtkonvektion in Regenschauern und Gewittern hervor. Die hochreichende Feuchtkonvektion ist die verbreitete
und täglich wiederkehrende Reaktion der Atmosphäre auf ihre vertikale
Destabilisierung durch die Erwärmung der Erdoberfläche und die Strahlungskühlung in den oberen atmosphärischen Schichten. Als Nebeneffekt
konvektiver Dynamik entstehen starke vertikale Aufwinde, Blitzeinschläge, Hagel und Windböen. Die wichtigste Auswirkung sind jedoch abrupte
Überschwemmungen nach Starkniederschlägen, welche die hochreichende Feuchtkonvektion nicht nur zu dem unvergesslichsten, sondern auch
dem schwerwiegendsten Wetterphänomen machen.
Trotz der Wichtigkeit der Feuchtkonvektion für das Wetter und das Klima,
sind die ihr zugrunde liegenden physikalischen Prozesse in numerischen
Modellen weiterhin oft ungenügend dargestellt und beeinträchtigen somit Wettervorhersagen und Klimasimulationen. Die fehlerhafte Darstellung kommt nicht überraschend, denn die hochreichende Feuchtkonvektion ist eine nicht lineare, multiskalige, mehrphasige, dreidimensionale
turbulente Strömung, welche empfindlich von Anfangs- und Randbedingungen abhängt. Um die Rolle der hochreichenden Feuchtkonvektion für
den Wasserkreislauf besser zu verstehen und die Darstellung der Feuchtkonvektion in Atmosphärenmodellen zu verbessern, ist ein vertieftes Verständnis der zugrunde liegenden physikalischen Prozesse nötig, vor allem
bei Episoden mit schwachem synoptischem Antrieb, wenn die plötzliche
Bildung von konvektiven Gewittern besonders schwierig zu simulieren ist.
Vielversprechend sind aber Beobachtungen, die aufzeigen, dass Gewitter
in erster Linie in Gebieten ausgelöst werden, die nahe an Heterogenitäten
auf der Erdoberfläche liegen.
Die vorliegende Dissertation setzt sich deshalb zum Ziel, die physikalischen Einflüsse zweier Komponenten der Erdoberfläche auf die hochreichende Feuchtkonvektion näher zu beleuchten. Zum einen wird der Fokus
auf die Orographie (Berge) gelegt, die dominanteste und weitverbreitetste
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Charakteristik der Erdoberfläche, welche das Wetter und Klima weit entfernt von ihrer unmittelbaren Umgebung beeinflusst. Zum anderen wird
der Fokus auf die Bodenfeuchte gelegt, welche aufgrund ihrer beträchtlichen zeitlichen und räumlichen Variabilität einen weitaus unsichereren
Einfluss auf die hochreichende Feuchtkonvektion ausübt. Um ein vertiefteres Verständnis des Einflusses dieser beiden Komponenten auf die hochreichende Feuchtkonvektion zu erlangen, wird ein Computer-Modell des
gekoppelten Atmosphäre-Land Systems verwendet, welches dem neuesten Stand der Atmosphärenforschung entspricht. Damit werden Ensembles von idealisierten, konvektionsauflösenden Computersimulationen mit
einem numerischen Gitterabstand von ∆x = 1 km und mit einer kompletten Parametrisierung von grundlegenden physikalischen Prozessen, ausser der flachen und tiefreichenden Feuchtkonvektion, systematisch durchgeführt.
Der erste Teil der Dissertation fokussiert auf das Feedback (die Rückkopplung) zwischen der Bodenfeuchte und dem konvektiven Niederschlag. Insbesondere wird die Rolle von Bodenfeuchteheterogenitäten für die hochreichende Feuchtkonvektion über flachen Gebieten und im Gebirge quantifiziert. Das Vorzeichen des Feedbacks hängt start von der ungleichmässigen Verteilung der Bodenfeuchte ab. Während das Feedback bei gleichmässiger Verteilung der Bodenfeuchte im Vorzeichen positiv ist (mehr Niederschlag über feuchtem Boden), wird das Vorzeichen des Feedbacks stark
negativ im Fall von lokalisierten Bodenfeuchteanomalien (mehr Niederschlag über trockenen Bodenfeuchteanomalien). Das negative Feedback
resultiert aus den explizit aufgelösten flachen Zirkulationen in der planetaren Grenzschicht an Bodenfeuchteübergangsgebieten. Ein ähnlicher
Mechanismus tritt in Gegenwart eines isolierten Berges auf. Berge, die
trockener sind als ihre Umgebung, produzieren thermisch stärkere Bergwinde und erhalten in Folge davon grösseren Niederschlag als feuchtere
Berge. Die Stärke des Feedbacks hängt jedoch empfindlich von der Dominanz des Berges ab: Ein relativ flacher Berg mit einer Höhe von 500 m ist
ausreichend, um den Bodenfeuchte-Niederschlags-Feedback zu neutralisieren, d.h. die Gesamtniederschläge über trockenen und feuchten Bergen
unterscheiden sich nicht mehr.
Der zweite Teil der Dissertation widmet sich der relativen Wichtigkeit verschiedener orographischer Skalen für die hochreichende Feuchtkonvektion. Dazu wird die Feuchtkonvektion an einem isolierten Berg mit variierender Höhe und Breite simuliert. Trotz eines starken Einflusses der Bergsteigung auf die konvergierenden Bergwinde und die Stärke der hochreichenden Feuchtkonvektion, tritt, im statistischen Mittel, eine näherungsweise lineare Skalierung zwischen dem Gesamtniederschlag und dem Bergvolumen auf. Versuche mit anderen Bergprofilen, mehreren Gipfeln und
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mit grossräumiger Strömung zeigen, dass die Skalierung für einen grossen
Bereich des Phasenraumes gültig ist. Eine systematische Abweichung von
der Skalierung tritt erst im Grenzfall von hohen Bergen und relativ starker grossräumiger Strömung auf. Ein einfaches Konzept wird entwickelt,
welches die Volumenskalierung auf die erhöhte Energiedichte in der Atmosphere über Gebirge zurückführt. Die Abweichung von der Skalierung
wird durch die Ventilation der Hitzeanomalie über dem Berg durch die
grossräumige Strömung erklärt. Da die grossen orographischen Skalen hauptsächlich zum Gesamtvolumen von Gebirgen beitragen, suggeriert die Volumenskalierung, dass die kleinskaligen Geländestrukturen, wie zum Beispiel einzelne Berggipfel im Gebirge, im statistischen Mittel von kleiner
Bedeutung sind für den konvektiven Niederschlag im Gebirge, insbesondere während Episoden mit schwachem synoptischem Antrieb.
Zusammenfassend ist diese Dissertation eine Demonstration der Dominanz des Einflusses von Orographie, insbesondere ihrer grossen Skalen,
auf das statistische Verhalten der hochreichenden Feuchtkonvektion und
somit auf den gesamten kontinentalen Wasserkreislauf.
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1.1

Introduction

Deep Moist Convection and its Numerical Mimicry

The scales of atmospheric phenomena span several orders of magnitude,
ranging from the microscale of cloud microphysics (' 10−6 m) and turbulent dissipation (' 10−3 m) up to the planetary scale of Rossby waves
(' 106 m) (Charney, 1948; Orlanski, 1975). In the mesoscale range ('
103 − 105 m), a rich spectrum of phenomena emerges such as internal
gravity waves, sea breezes, squall lines, thunderstorms, or frontal systems
(Craig and Selz, 2017). The atmosphere is an intimidatingly difficult dynamical system to study because its numerous components interact at various scales in time, space and amplitude, and because feedbacks emerge.
To our best knowledge, the atmosphere is described by a set of partial differential equations, namely the continuity, the gas and the Navier-Stokes
equation. Since these equations need to satisfy complicated boundary conditions an analytical pen and paper solution is highly impractical. But
even for highly simplified boundary conditions, the existence of a solution
is still a frustratingly difficult problem of mathematics. In fact a proof for
the existence of a solution to the Navier-Stokes equation is considered so
important, that it is ranking among one of the six remaining "Millennium
problems" of the Clay Mathematics Institute1 . Galileo Galilei’s sobering
apprehension of the difficulty to describe fluid motion (as cited at the very
beginning of this thesis) has therefore survived for more than four centuries. And as if this wasn’t discouraging enough, the solutions emerge to
be highly dependent on the initial conditions and show chaotic behavior
(Sutton, 1954; Lorenz, 1963). The root of that problem can be found in
the inconspicuous non-linear advection term (~
u · ∇)~
u in the Navier-Stokes
equations, which simultaneously gives rise to the rich spectrum of laminar
and turbulent fluid flow phenomena we observe daily. In other words, the
atmosphere is not only a complicated but a complex dynamical system.
1 http://www.claymath.org/millennium-problems
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Despite these caveats, our understanding of many atmospheric processes
has advanced substantially, thanks to the mimicry of fluid flows by numerically integrating the equations of motion on computers. The advent
of faster supercomputers allows to explicitly resolve many fluid flows such
as microturbulence in direct numerical simulations (DNS) or macroturbulence in global climate models (GCM). In the intermediate regime of the
mesoscale we are capable to run relatively inexpensive numerical experiments in order to study one of the most fascinating atmospheric phenomena: deep-convective thunderstorms.
Deep convection is the localized, buoyancy-driven rise of saturated moist
air, often extending up to the tropopause. It redistributes water vapor, momentum, energy and atmospheric constituents, and releases latent heat.
As a consequence it influences the radiative balance, the tropopause height,
the atmospheric stability, (Stevens and Bony, 2013a; Schneider et al., 2010),
global circulation systems (Schneider, 2006; Emanuel et al., 1994) and
ultimately the planetary climate (Pierrehumbert, 2010). Deep convection has also a severe impact on societies: mesoscale feedback mechanisms, such as the interaction between the moist convective cloud field
and the planetary boundary layer moisture via cold pools (e.g. Tompkins, 2001; Schlemmer and Hohenegger, 2015) enable the organization
of moist convection into long-lasting thunderstorms (e.g. Rotunno et al.,
1988). These are accompanied by heavy and highly localized downpours,
gusty winds, lightning strikes, and damaging hail. Especially highly localized precipitation events often trigger flash floods (Frei et al., 2000;
Hicks et al., 2005; Hohenegger et al., 2008), which are challenging to predict at lead time sufficient for warnings. A key challenge in the ability
to predict deep convection initiation is its high sensitivity to initial conditions due to the strong non-linearity in moist non-hydrostatic dynamics (Weckwerth and Parsons, 2006; Trier, 2003; Kain et al., 2013; Weisman et al., 2015). Deep convection has been identified as a key process
also for climate time scales. In the majority of current climate models,
the impact of deep convection on atmospheric dynamics is parameterized based on semi-empirical considerations to mimic the dynamical effect of deep-convective updrafts and downdrafts on the computational
grid. The early development of convection parameterizations dates back
to the beginning of the numerical simulation of global circulations systems. The approaches in the convection parameterization schemes include simplified schemes with instantaneous adjustments to an adiabatic
profile (Betts and Miller, 1986), statistical plume models (Arakawa and
Schubert, 1974), bulk mass schemes (Tiedtke, 1989), eddy-diffusivity mass
flux closures (Neggers, 2009) or elements of stochasticity (Plant and Craig,
2008). Despite substantial progress in the developement of parameterization schemes, biases of convection parameterization schemes introduce
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serious misrepresentations of key processes through a cascade of error
propagation (e.g. Stevens and Bony, 2013b). For instance, a misrepresentation of deep convection affects the diurnal cycle of precipitation (Bechtold
et al., 2004; Brockhaus et al., 2008), extreme precipitation statistics (e.g.
Ban et al., 2015), the location of the intertropical convergence zone (Möbis
and Stevens, 2012), the soil moisture-precipitation feedback (Hohenegger
et al., 2009; Taylor et al., 2013) and therefore the entire water cycle. A
grand debate revolves around the question on how to represent deep convection in climate models. High-resolution climate simulations with explicit deep convection are becoming a feasible and growingly operational
tool for regional, decade-long (Leutwyler et al., 2017; Liu et al., 2017;
Ban et al., 2014; Prein et al., 2015) and global, month-long convectionresolving simulations (Miura et al., 2007; Fuhrer et al., 2018). The feasibility of long-term global climate simulations at the convection-resolving
scale is currently under debate. In particular recent proposals for conceptually novel approaches to the exploitation of computing hardware, such
as the utilization of accelerated hardware (Leutwyler et al., 2016), a novel
imprecise computing paradigm (Palmer, 2015) are being discussed and
assessed (Duben et al., 2015).
Satellite-based observations typically find more frequent and more intense deep-convective thunderstorms over land than over the ocean (e.g.
Zipser et al., 2006). The land-ocean contrast is driven by favorable conditions provided by the land surface itself. Firstly, the continental atmosphere undergoes a wider diurnal temperature range due to stronger surface heat fluxes. As a consequence the atmosphere over land usually becomes more unstable and therefore triggers a more intense restabilization
via deep convection. Simple parcel theory delivers a necessary (but insufficient) threshold for deep convection initiation, namely that the tropospheric lapse rate Γ = dT
is sufficiently negative. The threshold value subdz
stantially depends on whether water vapor is present in the atmosphere
or not. Since a saturated air parcel cools at a slower rate than dry air
(if subject to a vertical displacement) it remains longer positively buoyant. Water vapor at saturation therefore acts as a catalyst for the vertical
restabilization of the troposphere. However, even if substantial instability
for deep convection is present a convection inhibiting layer often hinders
the immediate release of the instability. To erode the convective inhibition, physical mechanisms are required. The initiation mechanisms are
often three-dimensional and render the use of one-dimensional indices
for thunderstorm activity, such as vertical gradients in equivalent potendθ
tial temperature dze , or the convective available potential energy (CAPE)
often as inadequate (Trier, 2003). This brings us to the the second reason why thunderstorms are enhanced over land. A wide range of static
and dynamic heterogeneities on Earth’s surface strongly affect the dynam-
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ics of the planetary boundary layer (PBL) and the frequency and intensity
of deep convection. Especially static components of Earth’s surface, such
as mountains, lakes, forests, and even urban areas enhance thunderstorm
activity (e.g. Pielke, 2001).
This thesis systematically investigates deep moist convection at the most
prominent component of Earth’s surface and deep convection hot spots:
mountains. The impact of mountains on atmospheric flow is described in
more detail in section 1.2, with a special focus on orographic deep convection in section 1.2.1. Another focus of this thesis is put on soil moisture
as it exerts a strong control on the surface energy balance and the vertical
destabilization of the atmosphere. How soil moisture affects deep convection is explained in more detail in section 1.3.

1.2

Hot Barriers: Impacts of Mountains on Atmospheric
Flow

Mountains cover a large fraction of the surface of Earth and provide equally
favorable and unfavorable conditions for human societies. Mountains have
likely played a major role in the development of early civilizations in the
Fertile Crescent in the Middle East in ∼ 10000 BC as they produce sharp
horizontal gradients in temperature and precipitation (Diamond, 1997).
These offered a versatile test bed for the early cultivation of plants and
the domestication of animals. Interestingly, the impact of mountains on
weather and climate is not restricted to their immediate surrounding, as
strong gradients in precipitation are also found over hundreds of kilometers from the mountain ranges, such as within the Alps (Frei and Schär,
1998) or the Cascades (Smith et al., 2005). The precipitation differences
are so substantial that they are only observed across several climate zones.
Mountains even affect large-scale flows and therefore large-scale precipitation by either exerting orographic drag (McFarlane, 1987) or by acting
as dominant barriers for global circulation systems such as the Monsoon
(Ma et al., 2010). In summary, orography directly and indirectly affects
the water supply of hundreds of millions of people.
Substantial progress in our understanding of mountain weather and climate has been attained by numerical modelling. Numerical models are
insofar attractive as they deliver a dynamically consistent picture of the
underlying processes on four-dimensional grids. Especially bottom-up approaches proved to be very successful: in these approach an orographic
flow problem is sufficiently simplified, either by introducing simplified
atmospheric dynamics (e.g. a linearized Boussinesq atmosphere such as
in Reisner and Smolarkiewicz (1994)), simplified atmospheric profiles or
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Figure 1.1: Surface height field of central Europe as represented in a kilometerscale regional climate model vs. an idealized Gaussian surface height field often
used for idealized studies of moist flow past orography.

idealized orography (e.g. a 3D axisymmetric mountain as in Figure 1.1).
These simplifications lead to substantial understanding of the physical
processes underlying many dry mountain flow phenomana, such as the
upstream low-level blocking of large-scale flow at mountain ridges (Pierrehumbert and Wyman, 1985), downslope wind storms such as the Foehn
in the Alps or the Chinook in the Rockies, internal gravity waves (Durran, 1990), the transition from around to over flow at three-dimensional
mountains (Smith and Gronas, 1993), and the vortex shedding (Schär and
Durran, 1997), which is often observed through satellite imaginary.
The similarities of these studies are that mountains act as a barrier, to
which the stratified flow adapts hydrostatically. A prominent control parameter in the fluid dynamical studies of stratified flow past a barrier is
the non-dimensional mountain height, sometimes referred to as the inverse Froude number:
N
M =H· .
(1.1)
U
Here N denotes the buoyancy frequency, U the velocity scale scale of the
flow, and H the height H of the mountain. In M  1 flow regimes an upstream stagnation point with eventual blocking results, while for M  1
flow passes over the mountain. From a meteorological point of view the
probably most interesting flow phenomena emerge, when M is of order
unity, i.e. when small changes in the parameters can lead to an abrupt
flow regime change. Since mountains act as elevated heat sources (Kirshbaum, 2013), the flow can change from one regime to the other due to the
thermally induced change of the stratification. Reisner and Smolarkiewicz
(1994) studied to what extent the transition of around to over flow regimes
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due to surface warming can be understood in terms of linearized Boussinesq equations of motion. They identified atmospheric regimes in which
the elevated orographic heating can trigger the necessary forcing for the
flow to transit from an around to an over mountain flow regime. Although
the linear model does not capture all details of the simulated flow (such
as lee vortex formation) it does capture the simulated stagnation point
removal and the flow regime transition timing surprisingly well. An important application of their study relates to the observed ventilation of the
mountainous Hawaiian island by the incident large-scale flow over the
course of a day.
The ventilation of air by mountain flows plays an important role in polluted boundary layers. Kirshbaum and Wang (2014) used linearized equations in a two-layer atmosphere to study the scaling of vertical updraft
speed W at an idealized 3D mountain in an adiabatic boundary layer
capped by a stably stratified upper troposphere. They identified three different regimes for the scaling of W , in which either the advective, heating
or stability time scales (ta , th and ts respectively) are dominant. The simulated updraft W speed scaling was well captured by the linear model in
the ventilation (ta  th , ts ) and the stratification flow regime (ts  th , ta ).
The linear model did not manage to predict the simulated W in the growth
decay regime (th  ts , ta ). This is interesting as mountain flows in the most
simple environmental conditions appear to be the most difficult to capture
with linear modeling.
The relative contributions of the mechanical forcing (i.e. as a barrier) and
the time variable thermal forcing (i.e. as a hot barriers) of orography are
decisive for the interpretation of mountain flows. Crook and Tucker (2005)
used a linear model to determine regimes in which any of the two components dominates the lifting of air masses. The location of the lifting has
important consequences for the location of updrafts and therefore for deep
convection. In their simulations of idealized flow past an elliptic mountain the relative contribution of each component strongly depends on the
wind direction. Flow parallel to the major axis results in strong lifting in
the lee, while flow across the major axis drives lifting mainly in the luv
(i.e. the wind-ward side). Tucker and Crook (2005) used the dependency
of updraft speed on wind direction as a proxy to interpret the enhanced
deep-convective precipitation in the Rockies when the large-scale flow is
aligned with the major axis of the mountain range.
Dry flow phenomena past orography, as the examples above, have been
extensively studied in a large corpus of atmospheric research. However, a
myriad of new and highly non-linear phenomena emerges, if water in the
atmosphere changes phase and precipitation is formed. While the impact
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of mountains on the precipitating stratiform clouds has been intensely
studied (e.g. Houze, 2012), a substantially smaller subset of investigations
has focused on orographic moist convection in general, and orographic
deep convection in particular (e.g. Kirshbaum et al., 2018, for the most
recent review). A key process encompassing orographic deep convection
is its strong link to surface-exchange processes of heat and moisture and
therefore to the entire state of the land surface.
A short overview of current knowledge of orographic deep convection and
the state of current research is outlined in section 1.2.1.

1.2.1

Orographic Deep Convection

Deep convection shows many facets of horizontal scale, amplitude and degree of organization. At all stages of the deep-convective life cycle, orography often plays a crucial role. Figure 1.2 shows examples of different manifestations of deep convection in the Greater Alpine region, as retrieved
from precipitation radars from the MeteoSwiss network. The phenomena range from deep convection triggered by upslope flows (Figure 1.2a),
the propagation of a single orographically triggered thunderstorm (Figure 1.2b), a squall line-like structure propagating eastwards (Figure 1.2c),
or the nighttime thunderstorm activity over the Po valley (Figure 1.2d).
The latter was most likely triggered by converging cold air outflow from
antecedent daytime thunderstorms over the Alps.
Mountains deliver the necessary trigger for deep convection either through
mechanical or thermal forcing (Kirshbaum et al., 2018). A frequently observed and relatively simple mechanism is the direct ascent of air masses
at orography, often occurring when the mountain height exceeds the level
of free convection (LFC), i.e. the height from which a vertically displaced
air parcel becomes positively buoyant. This phenomenon is often restricted
to the luv of mountains. Numerical simulations find a non-monotonic dependence on wind speed due to the occurrence of downslope propagating
deep-convective outflow (Miglietta and Rotunno, 2009, 2012). Large precipitation amounts are received locally when the cloud field organizes into
convective precipitation bands (Fuhrer and Schär, 2007). A key mechanism of that local rain enhancement relates to the anchoring of convective
cells as a result of internal gravity wave triggered by small scale orographic
features.
Enhanced surface warming in summer can shift the location of deep convection initiation from the luv to the lee of the mountain (Crook and
Tucker, 2005). Hassanzadeh et al. (2016) studied the persistent daily formation of deep convection in the lee of an idealized 3D mountain in convectionresolving simulations in diurnal equilibrium (Schlemmer et al., 2012). The
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Figure 1.2: Examples of thunderstorm activity in central Europe in summer
as retrieved from the MeteoSwiss precipitation radar network. The shading
shows the surface rain rate in mm/h. Date and time are indicated in the upper
right corner. The surface orography are indicated as grey shading. A yellow
box in each panel hightlights some prominent features: (a) thermally driven
orographic moist convection localized over the Jura and Vosges mountain, (b)
single thunderstorm triggered by the Black Forest (the storm splits into a right
and a left moving system only a few minutes later), (c) squall line propagating
eastwards on the Swiss national holiday, (d) night-time thunderstorm activity
over the Po valley.
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lee-side convergence is followed by intense deep-convective precipitation
and a mesoscale precipitation maximum. A cold pool propagates downwind and strongly controls the precipitation and cloud fields far downstream of the mountain. Immediately downstream of the rain maximum
the cold pool sweeps away growing PBL instabilities leaving a very dry region, where hardly any rain falls. The rain amount difference between the
neighboring maximum and the dry area can reach up to 700%.
The longevity of orographically triggered convective cells at the Black
Hills, an isolated mountain in South Dakota and Wyoming, has been analyzed by Soderholm et al. (2013) using both observations and convectionresolving numerical simulations. The most long-lived cells were observed
and successfully simulated when directional vertical wind shear separates
the region of cold air outflow from the region where updrafts are driven
by the upslope flows. Without directional wind shear a negative feedback
between updraft and cold air outflow suppresses the repeated updraft initiation in the same location. This dependence on wind direction and directional shear is often observed in other mountainous regions, such as the
Black Forest and the Vosges mountains (Hagen et al., 2011).
Especially during episodes of weak synoptic forcing, when thunderstorm
prediction is most challenging, upslope mountain flows (Schmidli and Rotunno, 2015; Schmidli, 2013) are a key to the widespread, diurnal reoccurrence of deep convection in mountainous areas (Weckwerth et al., 2011;
Langhans et al., 2013a). A key mechanism is the generation of elevated
moisture convergence zones by the upslope flows which provide favorable
conditions for thunderstorm activity. Although the correlation between
orography and deep convection is often obvious in radar observations (as
e.g. observed over the Vosges and Jura mountains in Figure 1.2a), our understanding of the underlying physical processes on the observational,
theoretical and numerical levels is still far from complete (Kirshbaum
et al., 2018). In order to illustrate some aspects of the physical processes,
Figure 1.3 shows the atmospheric moistening triggered by an idealized 3D
mountain in an initially resting atmosphere, as simulated by the COSMO
model (see chapter 3 for a detailed description of the modeling setup). The
moistening results from the non-linear interaction between the thermallydriven upslope flow, turbulence, and surface heat fluxes. The amplitude
of the upslope flow is controlled by the baroclinic vector, which in turn
is controlled by the mountain slope and the surface sensible heat fluxes
H. Turbulence mixes moisture and heat vertically and interacts with the
resolved upslope flow. These processes act such that over the course of the
morning a strong moisture anomaly is formed over the mountain, which
later rains out. This simple demonstration highlights the importance of
the thermal component of orography for deep-convective precipitation, in
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Figure 1.3: A COSMO simulation of upslope winds (small arrows) at t = 11:00
and the associated atmospheric moistening relative to t = 06:00 in the morning
(shading in g/kg) at a 500 m high and 20 km Gaussian three-dimensional Gaussian mountain (c.f. Figure 1.1b for the surface field). The large arrows show key
processes for moist orographic convection: surface latent (E) and sensible (H)
heat fluxes, vertical turbulent mixing (Turb) and the lateral advection by baroclinically driven upslope wind (circular arrow). The atmosphere was initially
resting.
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particular during initially fair weather days.
Evidently, the amplitude of the elevated heating depends on a set of parameters. On the one hand there is the vertical and horizontal scale of
orography, which controls the mountain slope and therefore the baroclinicity and the upslope flow strength: A taller mountain develops stronger
upslope flow and therefore enhanced moisture convergence. Since daytime flows in mountainous areas (Schmidli et al., 2018) show complex behavior, it is obvious to start studying the thermal impact of mountains on
deep convection in an idealized setup first. Another parameter controlling
the strength of the upslope flow and deep convection are the surface heat
fluxes, that determine the degree of heating and moistening of the boundary layer. The role of soil moisture for the partitioning of the surface heat
fluxes is discussed in section 1.3.

1.3

The Partitioning of Surface Heat Fluxes by Soil Moisture

Soil moisture exerts an important control on the partitioning of surface
latent and sensible heat fluxes (e.g. Seneviratne et al., 2010) and therefore
the surface energy balance (Wild et al., 2013). Especially during episodes
of weak synoptic forcing deep convection is suspected to be tightly coupled to soil moisture. Although seemingly straightforward, the question
whether it rains more over dry or over moist soils is far from trivial and has
sparked intense observational and numerical research. While moist soils
provide more moisture to the atmosphere via enhanced evaporation, the
degree of destabilization over drier soil can be expected to be substantially
higher. This trade off between moisture and heat fluxes lies at the core of
the soil moisture-precipitation feedback. Observations suggest that the
strength of the feedback strongly depends on how sensitively evaporation
responds to soil moisture (Koster et al., 2004; Tuttle and Salvucci, 2016)
and on the involved time and space scales (Guillod et al., 2015). While
high-resolution simulations with resolved convection (Schlemmer et al.,
2012; Barthlott and Kalthoff, 2011; Cioni and Hohenegger, 2017) generally
agree on the feedback sign, there is numerical evidence that the feedback
is misrepresented in models with coarser resolution and parameterized
convection (e.g. Hohenegger et al., 2009; Taylor et al., 2013). An accurate
representation of the feedback in models is crucial for weather and climate
simulations as observational evidence suggest that soil moisture memory,
i.e. the long-term storage of water from past precipitation, is a source for
predictability up to the seasonal time scales (e.g. Koster et al., 2010).
A further complication to the physics of the soil moisture-precipitation
feedback roots in the development of shallow PBL circulations in pres-
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ence of heterogeneous soil moisture. Heterogeneous soil moisture naturally occurs as a result of horizontal runoff, soil type variability, soil water
diffusion or conduction, infiltration, vegetation, and finally patchy deepconvective rain events. The shallow circulations and their interaction with
the large-scale flow have been identified as critical for the transition to
deep convection (Froidevaux et al., 2013; Taylor et al., 2011). Especially
in regions where soils are dried out close to the wilting point, the shallow
circulations can trigger deep convection even if the dryness of the atmosphere would have hampered convection maintenance (e.g. Hohenegger
and Stevens, 2018). Observations over Europe (Taylor, 2015), the Sahel
(Taylor et al., 2012) and North America (Tuttle and Salvucci, 2016) support the role of these shallow circulations for the deep-convective transition at soil moisture boundaries. In other words, the rain patterns of
yesterday can substantially affect tomorrow’s rain pattern. Consequently,
a model misrepresentation of the initial soil moisture distribution (Cheng
and Cotton, 2004), the sub-surface soil moisture dynamics (e.g. Maxwell
and Kollet, 2008) and the intricate coupling between soil moisture and
precipitation (Seneviratne et al., 2010) are suspected to deteriorate both
short-term quantitative precipitation forecasts and climate projections. The
quantification of soil moisture impacts on deep-convective precipitation
however is far from trivial, as it might be masked by substantial convective variability (e.g. Henneberg et al., 2018).
A deliberately funny illustration of the response of deep-convective rain to
a dry soil anomaly shaped as the official ETH logo is shown in Figure 1.4.
The rain enhancement over the dry soil does not result from the enhanced
temperature over the dry soil (as a test simulation with homogeneously
dry soil shows), but from the horizontal sensible heat flux contrast that
drives the shallow circulations at the soil moisture boundaries.
Most of the above studies focused on the impact of soil moisture over flat
terrain. In fact only a few authors such as Hauck et al. (2011), Barthlott
and Kalthoff (2011) and Schneider et al. (2018) evaluated the impact of
soil moisture on deep-convective precipitation in mountainous areas. This
impact might be particularly important for mountainous areas, as mountains are often drier than their surroundings due to gravitational runoff.
Regional climate models however show excessive soil moisture in mountainous areas (as opposed to observations) due to the absence of gravitational runoff parameterization (Schlemmer et al., 2018). If there is strong
coupling between soil moisture and deep convection also in mountainous
areas, the bias can translate into excessively high or low precipitation.
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Figure 1.4: Illustration of a negative coupling between soil moisture and deepconvective precipitation as simulated by the COSMO model: the rain amount
field (shading in mm) is enhanced over a dry soil anomaly shaped as the official
logo of the ETH Zürich. The dry soil anomaly has a reduced soil moisture
saturation of 40 %, as compared to the background with a saturation of 60%.
Model details are given in chapter 2.

1.4

Aims and Outline of This Thesis

Observational and numerical studies have highlighted a strong connection
between orography, soil moisture and deep convection. Given considerable uncertainties related to the soil moisture impact on deep-convective
activity and the need for an increased understanding of the physical processes driving orographic deep convection, this thesis aims to extend and
to complement current knowledge by setting the following aims:
• To deepen our understanding of summertime deep convection over
land.
• To systematically investigate the role of scale and amplitude of orography and soil moisture heterogeneities for deep convection.
To that end idealized, numerical simulations with a state-of-the-art model
of the land-atmosphere system with explicit convection are run to address
following research questions:
1. What is the relative contribution of soil moisture heterogeneities to
deep convection in flat and in mountainous regions?
2. How does the presence of mountains affect the soil moisture-precipitation
feedback?
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3. What is the relative contribution of orographic scales to deep convection?
4. How does the interaction between the mechanical and the thermal
component of orography affect deep convection and deep-convective
precipitation?
The research questions are addressed in the following chapters:
Chapter 2: Collective Impacts of Orography on Soil Moisture on the Soil
Moisture-Precipitation Feedback (Imamovic et al., 2017) Kilometerscale simulations are run to systematically compare and quantify the relative importance of orography and soil moisture for deep-convective rain
during episodes of weak synoptic forcing. The strength of the soil moistureprecipitation feedback is found to strongly depend on the mountain: once
the mountain exceeds a critical, relatively moderate height the relative
importance of the local soil moisture distribution becomes less important.
The simulations suggest that numerical weather prediction of rainfall is
less sensitive to soil moisture patchiness in mountainous areas, as opposed to flat regions. Furthermore, the high-resolution simulations allow
to identify potential misrepresentations of the soil moisture-precipitation
feedback in climate models that are incapable of treating deep convection
explicitly.
Chapter 3: Mountain Volume Control on Deep-Convective Rain Amount
(Imamovic et al., in review) This chapter addresses the role of horizontal and vertical scale of orography on deep-convective precipitation by
running an extensive set simulations. While the onset and vigor of deep
convection is strongly controlled by the strength of the upslope flow, it is
found that the rain amount scales almost linearly with the mountain volume in the statistical mean. The scaling does not depend on the details
of the underlying orography or the presence of large-scale flow. Only in
the limit of strong flow past sufficiently tall mountains the scaling breaks
down. The simulations suggest that the large-scale orographic features
dominate the water cycle in mountainous areas.
The conclusions and an outlook for further research are discussed in chapter 4. The appendices A and B complement the chapters 2 and 3, respectively.
Appendix A.1: Response of Deep Convection to Soil Moisture Perturbation in a Soil Moisture-Limited Evaporation Regime The reference
soil moisture considered in chapter 2 is representative for European summer conditions. In that regime evaporation is strongly limited by energy
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and less so by soil moisture availability. However also in Europe long dry
spells in winter can produce dry soil conditions at the continental scale
and therefore shift the evaporation regime to a more soil-moisture limited
regime. In this appendix the impact of the soil moisture perturbation of
chapter 2 are simulated for drier soil conditions. A larger sensitivity to
localized soil moisture anomaly (as compared to the sensitivities found in
chapter 2) is found for drier environments.
Appendix A.2: Response of Deep Convection to Dry Soil Anomalies as
a Function of Anomaly Size Numerous numerical simulations find that
the strongest response to surface hot spots (such as dry SM anomalies)
occurs at a hot spot radius of approximately 20 km. This appendix reproduces the response function found in the simulation of convection over
an island in the ocean simulated by Cronin et al. (2015) using a dry soil
anomaly with a fully interactive coupling between the atmosphere and the
land surface scheme.
Appendix A.3: Constraining the Impact of SM Anomalies on Deep Convection with Mountains SM anomalies and mountains can strongly affect the diurnal cycle of precipitation. In this appendix the impact of a dry
SM anomaly is expressed in terms of a "mountain-equivalent". This allows
to constrain the uncertainty related to the impact of SM heterogeneity on
deep convection.
Appendix B: Convection can introduce substantial variability in precipitation, both on time and space scales. The variability is often estimated using ensemble spreads. In this appendix the ensemble is compared against
the daily spread of deep convection over a mountain as a function of
mountain height. Furthermore the characteristics of the deep-convective
life cycle as function of mountain height and a more detailed description
on the impact of large-scale flow are presented, complementing chapter 3.
Appendix C: This appendix is dedicated to a more lengthy description
of the evaporation parameterization and land surface parameter settings
in TERRA_ML.
Appendix D: Global Dimming and Urbanization: Did Stronger Negative SSR Trends Collocate with Regions of Population Growth? (Imamovic
et al., 2016) Surface solar radiation underwent a prominent downward
trend between the 1960s and 1980s which became known as the global
dimming. The global dimming coincided with the observed evaporation
reduction and a potential attenuation of the entire water cycle. Since
many observation sites are close to urban areas the question arises weather
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global dimming was an actual global (and not an urban) phenomenon. In
this Appendix simple measures of urbanization are developed (the population index and decadal changes thereof) and used. No correlation between dimming trends and urbanization at European and Japanese sites is
found. An urbanization impact, based on the population index, cannot be
excluded for China. This paper was finalized and published in the initial
phase of the PhD.
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Collective Impacts of
Orography and Soil Moisture
on the Soil
Moisture-Precipitation
Feedback

published in Geophysical Research Letters on the 25th November 2017
Adel Imamovic1 , Linda Schlemmer1 , and Christoph Schär1
Abstract Ensembles of convection-resolving simulations with a simplified land surface are conducted to dissect the isolated and combined impacts of soil-moisture and orography on deep-convective precipitation under weak synoptic forcing. In particular, the deep-convective precipitation response to a uniform and a non-uniform soil-moisture perturbation
is investigated both in settings with and without orography. In the case
of horizontally uniform perturbations, we find a consistently positive soil
moisture-precipitation feedback, irrespective of the presence of low orography. On the other hand, a negative feedback emerges with localized perturbations: a dry soil heterogeneity substantially enhances rain amounts
that scale linearly with the dryness of the soil, while a moist heterogeneity
suppresses rain amounts. If the heterogeneity is located in a mountainous
region, the relative importance of soil-moisture heterogeneity decreases
with increasing mountain height: A mountain 500 m in height is sufficient
to neutralize the local soil moisture-precipitation feedback.

1 Institute for Atmospheric and Climate Science, ETH Zürich, Universitätsstrasse 16, 8092
Zürich, Switzerland

18

2.1

Orography, Soil Moisture, and Deep Convection

Introduction

Deep-convective thunderstorms in many extratropical regions are particularly active during the warm season, when the insolation and the atmospheric humidity reach an annual maximum. During episodes of weak
synoptic forcing, the initiation of deep convection (hereafter just convection) roots in the thermal destabilization of the troposphere due to surface
warming and the upper-level radiative cooling. As the partitioning of surface sensible and latent heat fluxes is strongly influenced by soil moisture
(e.g. Seneviratne et al., 2010), numerous studies have focused on the impacts of soil moisture (SM) on the dynamics of the planetary boundary
layer (PBL), convection initiation, deep-convective precipitation, and the
SM-precipitation feedback. E.g. Findell and Eltahir (2003) found a higher
probability for convection initiation over moister soils for a set of atmospheric soundings in the US. This positive SM-precipitation feedback is in
line with findings from high-resolution simulations of one or several diurnal cycles of precipitation (e.g. Cioni and Hohenegger, 2017; Schlemmer
et al., 2012).
Spatial SM variability as a result of deep-convective precipitation, soiltexture and horizontal runoff can feed back on deep-convective precipitation. A key component of the feedback mechanism are mesoscale circulations that develop along horizontal gradients in surface sensible heat
fluxes (Segal and Arritt, 1992; Kang and Ryu, 2016). Numerical simulations suggest an enhanced probability for shallow clouds and rain (e.g.
Avissar and Liu, 1996; Rieck et al., 2014) at SM transition regions. Observational studies of enhanced convective rainfall close to SM transition
regions in the Sahel (Taylor et al., 2011) and flat regions in Europe (Taylor,
2015) further support the important role of SM heterogeneity and the associated mesoscale circulations for deep-convective precipitation. These
intrinsically three-dimensional mesoscale circulations and their interaction with the background wind (Froidevaux et al., 2013) allow for both
positive and negative SM-precipitation feedbacks.
The role of SM heterogeneity for deep-convection in mountainous areas
has been investigated in comparatively few studies. Mountains have a considerable impact on weather and climate in many regions (Houze, 2012).
The elevated heating of mountains and the associated triggering of cloud
systems is particularly pronounced during the warm season (e.g. Keller
et al., 2016), when the clouds systems substantially contribute to precipitation (e.g. for the Alpine region Frei and Schär, 1998). As the mountaintriggered clouds systems propagate, the impact of mountains indirectly
persists far away into the forelands (Carbone and Tuttle, 2008; Levizzani
et al., 2010; Hassanzadeh et al., 2016).

2.2. Model and Methods
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The spatial heterogeneity of SM in complex orography and the resulting
simultaneous action of SM and orographic heterogeneity on PBL developement (e.g. Rihani et al., 2015) adds substantial complexity to deepconvective activity in mountainous areas (e.g. Hauck et al., 2011). Barthlott
and Kalthoff (2011) quantified the role of SM for quantitative precipitation forecasting for the Vosges mountains and the Black forest region by
uniformly increasing domain SM saturation in steps of 5 % from -50 % to
+50 % of the reference value. They found a decrease of domain mean rain
with decreasing SM, indicative of a positive SM-precipitation feedback.
Conversely negative SM-precipitation feedbacks have been found in other
regions (e.g. Hohenegger et al., 2009).
The present study aims to contrast the isolated and combined impact of
SM and orographic heterogeneity on deep-convective precipitation and
the associated SM - precipitation feedback. We assess the role of SM and
orographic heterogeneity by performing numerical simulations with a convection resolving model of the atmosphere (section 2). The simulations
are idealized in the sense, that we use simplified boundary conditions and
perform idealized SM perturbation experiments with prescribed SM. The
idealizations allow to isolate dynamical processes without a potential contamination with variability associated with complex land surfaces. In section 3 and 4 we present and discuss the impact of SM heterogeneity in
settings with and without mountains of variable height. The paper concludes with section 5.

2.2
2.2.1

Model and Methods
The COSMO Model

The numerical simulations are performed with the Consortium for SmallScale Modeling (COSMO) model (Baldauf et al., 2011) version 4.28, in
climate mode CLM (CCLM; Rockel et al. (2008)). We use the same numerical solvers to integrate the fully-compressible, non-hydrostatic equations of motion as Hassanzadeh et al. (2016). Subgrid-scale turbulent motion is based on a 1.5 order turbulent kinetic energy (TKE)-based closure
(Raschendorfer, 2001). We use a one-moment microphysics bulk scheme
with five prognostic hydrometeor types (Reinhardt and Seifert, 2006), and
a TKE-based surface layer scheme (Raschendorfer, 2001). Radiation follows the δ-two-stream approach by Ritter and Geleyn (1992). Neither
deep nor shallow convection parameterizations are used.
The atmospheric dynamics are discretized on a 256 km x 256 km x 22 km
grid, at a horizontal grid spacing of 1 km and a time step of 10 s. In the
vertical, a terrain-following Gal-Chen coordinate system with 50 levels is
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used. The vertical grid spacing increases quadratically from 20 m in the
lowest level to 500 m at 10 km altitude as in Hassanzadeh et al. (2016).
At the domain top a Rayleigh damping layer is employed to prevent the
artificial reflection of outgoing internal gravity waves. The COSMO model
at O(1 km) horizontal grid spacing has been used for many research applications (e.g. Keller et al., 2016), operational numerical weather prediction
(Baldauf et al., 2011), and since recently for regional (Ban et al., 2015)
to continental-scale climate simulations (Leutwyler et al., 2017). We refer to the horizontal resolution as convection-resolving, in the sense that
deep-convective updrafts are explicitly represented on the computational
grid. We are using Cartesian geometry and double-periodic lateral domain
boundaries. The Coriolis force is switched off.
COSMO is coupled to the second generation land surface model TERRA_ML
(Heise et al., 2003). We set the soil type to loam, the leaf area index to
2.96, the plant cover to 0.84, and the surface roughness length to 0.04 as
in Schlemmer et al. (2011). The surface albedo is a function of the soil
type and the SM content. The surface sensible heat flux follows a drag law
formulation, while the surface latent heat depends on three source terms
(bare soil evaporation, the evaporation from the interception storage, and
the transpiration from vegetation). The bare soil evaporation is taken as
the minimum of either the potential evaporation or the maximum SM flux
sustained by the soil. The latter depends mostly on the SM content and
the exerts a control on the partitioning of the surface heat fluxes. A more
detailed description of the land surface model can be found in Schlemmer
et al. (2012). For the purposes of this study SM is prescribed, while latent
and sensible heat fluxes, as well as soil temperature fully interact with the
atmosphere.

2.2.2

The Experimental Setup and the SM Perturbation Methods

At initialization vertical profiles of relative humidity RH and temperature T correspond to typical European summer climate conditions as motivated by Schlemmer et al. (2011). The tropospheric lapse rate is constant at Γ = -7 K/km, with convective available potential energy values
being smaller than 1400 J/kg in all simulations. As a limiting case of weak
synoptic forcing all simulations are initialized with a resting atmosphere
(u, v, w = 0), i.e. any motion develops due to turbulence and local baroclinicity (Figure 2.1a). The diurnal cycle of insolation is taken for 48.25 ◦ N on
12 July 2011, i.e. a typical summer day in mid-Europe.
The uniform reference SM saturation θREF in the top soil layer is set to
typical European conditions of θREF = 60 % as in Hassanzadeh et al. (2016).
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Figure 2.1: (a) Vertical profiles of temperature T and relative humidity RH at
initialization. (b) Cross section through the center of the 125 m high, circular
Gaussian-shaped mountain. (c) Localized SM perturbation experiments as a
function of the distance r from the center.

Two SM perturbation methods are devised. In the first method, the toplayer SM in the whole domain is uniformly varied to θa = θREF + ∆θa
with ∆θa ranging from -30 % to 30 % in steps of 10 % SM saturation. This
approach is qualitatively similar to the SM perturbation experiments of
real-case orography by Barthlott and Kalthoff (2011) or Hohenegger et al.
(2009). In the second method SM in the top soil layer is varied locally
within a circular region at the center of the domain using a top-hat function. The corresponding distribution is given by
θb (r) = θREF + H(a − r) · ∆θb ,

(2.1)

with r being the distance from the center and H the Heaviside function,
i.e. H(a − r) = 1 if r ≤ a and 0 otherwise (cf Figure 2.1). The radius of the
heterogeneity is set to a = 20 km, as motivated by Robinson et al. (2008)
and Cronin et al. (2015) who found the strongest deep-convective response
to a heterogeneity of that scale. Simulations are run for ∆θb in a range
from -30 % to + 30 % in steps of 10 % SM saturation. As in Hassanzadeh
et al. (2016) SM saturation in all perturbation experiments increases with
depth until it reaches 100 % at a depth of 2.5 m.
We devise following naming convention for the θa and θb experiments.
An experiment named "SMn" describes an experiment with horizontally
homogeneous SM saturation of θ = n %. An experiment named "SMna"
corresponds to an experiment with localized SM heterogeneity of a % saturation and n % saturation in the forelands (cf. Figure 2.1c).
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Orography is represented by a single, circular-symmetric, Gaussian-shaped
mountain located at the center of the domain (Figure 2.1b). The orographic height field is given by:
2

h(r) = hf + hm · 2

− r2
a

(2.2)

with r being the distance from the domain center. The height of the flat
forelands hf is set to 500 m above sea level. The half-height radius a is set
to 20 km as for the SM heterogeneity. As the study focuses on the relative
impact of SM under a range of orographic forcings, simulations are run
in absence of orography (hm = 0 m; hereafter termed "flat"), and three
mountain heights: hm = 125 m, 250 m, and 500 m. The circular symmetry
of the mountain and the localized SM heterogeneity allows to facilitate
the interpretation of the role of the toroidal-shaped mesoscale mountainvalley circulations. These provide favourable conditions for convection
initiation in particular on initially quiescent days (Kirshbaum, 2011).
For each mountain height and SM configuration the simulations are initialized at local midnight and run freely for 5 days. For each configuration
a ten-member ensemble is created. Ensemble members differ only in the
white noise of amplitude 0.02 K, applied to the temperature in the lowest
model level at initialization. Given the number of members per ensemble
(10), orographic heights (4), and SM perturbation experiments (6+7) we
analysed a suite of 520 five-day simulations.
To allow the model to develop sufficient spatial variability during the first
day, only the last four days are analyzed. For each mountain height and
SM configuration a mean diurnal cycle is calculated by first calculating an
ensemble mean of the last four days and then a daily mean thereof.

2.3

Results

This section starts with the impact of a hm = 125 m high mountain on
daily-mean accumulated rain amount (hereafter just rain amount) for homogeneous θa and heterogeneous θb SM fields. In the subsequent section
we discuss the relative impact of the two perturbation methods on rain
amount as a function of mountain height hm .

2.3.1

Impact of SM on Deep-Convective Rain in the Vicinity of
125 m high Mountain

Figure 2.2a shows the rain impact of uniformly dry (∆θa = −20 %; SM40)
and uniformly moist (∆θa = +20 %; SM80) soil on rain amount in the
vicinity of the 125 m high mountain. Figure 2.2b shows the same but for
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Figure 2.2: (a) Daily mean accumulated rain amount patterns (shading; in
mm) for the 125 m high mountain for the uniform SM perturbation experiments. The black circle shows the half-height contour line of the mountain
with a diameter of 40 km. The arrows indicate surface winds at 10 m above the
surface at 10:00 local time (wind speeds <0.1 m/s are not shown). (b) As in
(a) but for non-uniform SM perturbation. The position of the dry (SM6040) or
wet (SM6080) SM heterogeneity is indicated by a red and blue dashed circle.
(c) and (d) Cumulative area mean rain amount (in mm) as a function of radius
r (i.e. distance from the center) for the corresponding experiments in (a), and
(b) respectively. The shaded area at r ≤ 20 km indicates the radius of the SM
heterogeneity and mountain width at half-height.

a localized dry (∆θb = −20 %; SM6040) and a moist heterogeneity (∆θb =
+20 %; hereafter SM6080). Snapshots of surface sensible and latent heat
fluxes for the corresponding soil-moisture experiments are shown in Figure 2.5 in the supporting information. The results for the remaining SM
perturbation experiments (∆θa , ∆θb = −30, −10, +10, +30 %) are qualitatively similar and not shown for display purposes.
In the reference simulation SM60 in Figure 2.2a, mountain winds (the sur-
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face wind vectors at 10:00 local time are shown) transport moisture from
the forelands to the mountain tops. As a consequence of the moisture
convergence first deep convective clouds are initiated over the mountain,
where rain amount is substantially enhanced as compared to the forelands
(Figure 2.2a; SM60 at r > 20 km). In Figure 2.2c the area mean rain amount
is shown as a function of the area radius r (i.e. the distance from the mountain top), in order to infer how far the impact of the orographic and SM
heterogeneity extends. By the latter we mean the radius beyond which
the impact of the heterogeneity is not significantly distinct from the simulation without orographic and SM heterogeneity. The increase of rain
amount for uniformly greater SM and therefore enhanced surface latent
heat fluxes (see Figure 2.5 in the supporting information), supports a positive SM-precipitation feedback (Figure 2.2c). The relative increase over
the moister soil in SM80 is smaller than the relative decrease of rain in
SM40, although the SM differences are the same. Only at r < 5 km (i.e.
directly above the mountain top) SM80 receives more rain than SM60.
The asymmetric rain response (i.e. a stronger sensitivity towards drier
soil conditions) is connected to the response of the latent heat fluxes: The
difference in daily mean latent heat flux between SM40 and SM60 is substantially larger (≈ 20 W/m2 ) than the difference between SM60 and SM80
(≈ 5 W/m2 ), as shown in Figure 2.6 in the supporting information.
A fundamentally different response is found for local variations of SM,
both in terms of rain amount and sign of the rain response (Figure 2.2b).
The dry mountain in SM6040 receives substantially more rain than both
uniformly dried and uniformly moistened soils SM40 and SM80 respectively (Figure 2.2a). On the other hand, the moist mountain in SM6080
suppresses rain to values almost as low as if no mountain was present
(Figure 2.2d; SM6080). Two relatively small rain amount peaks at the
mountain top and at the boundary of the SM heterogeneity at r ' 20 km
indicate an interaction between mountain-valley circulations and the oppositely directed mesoscale circulations due to the moist SM heterogeneity, as discussed in section 4.

2.3.2

Rain Amount Sensitivity to SM Heterogeneity as a Function of Mountain Height

Figure 2.3 shows the impact of the SM heterogeneity on rain amounts for
variable mountain height hm = 0 m, 125 m, 250 m, and 500 m. Note that
Figure 2.3 (for hm = 125 m) extends Figure 2.2d with the remaining SM
heterogeneities.
In the absence of both orographic and SM heterogeneity, deep convection initiates without preferential location (c.f. Schlemmer et al., 2012)
and leads to a nearly homogeneous, quasi-random distribution of rain
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Figure 2.3: Cumulative area-mean rain amount (in mm) as a function of area
radius r for all mountain heights (panels) and non-uniform SM perturbation
experiments. Red lines indicate dry heterogeneities, whereas blue lines indicate
moist heterogeneities. The shaded area at r ≤ 20 km indicates the extent of the
SM heterogeneity and mountain width at half-height.
amount in the domain (Figure 2.3; hm = flat, SM60). For unperturbed
SM (SM60), rain amounts monotonically increase for increasing mountain height. The 500 m high mountain receives almost 10 times more rain
within the area at r ≤ 20 km as compared to the flat terrain (Figure 2.3
hm = flat vs hm = 500 m).
A dry SM heterogeneity (Figure 2.3; SM6040) over flat terrain substantially enhances the local rain amount by a factor of almost 3 as compared to the reference simulation SM60. Furthermore the strength of
the response monotonically increases for drier heterogeneities. A moist
SM heterogeneity on the other hand receives hardly any rain, despite enhanced latent heat fluxes (Figure 2.5 in the supporting information). In
terms of rain amount the simulations with localized moist heterogeneity
in SM6070, SM6080, and SM6090 are almost indistinguishable from one
another. The sensible heat flux contrast in the heterogeneous experiments,
i.e. the difference between the sensible heat flux averaged over the hetero-
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geneity and the sensible heat flux averaged over the rest of the domain,
reaches ≈ 50 W/m2 in SM6040 and ≈ -30 W/m2 in SM6080 before rain
onset (see Figure 2.7 in the supporting information).
The superposition of the mountain and the SM heterogeneity lead to a
partial addition of rain amounts. In other words, mountains drier than
their forelands can further enhance local rain amounts, while mountains
moister than their forelands can suppress rain amounts. The additivity of
the rain amounts however is only partial as the relative impact of the dry
and wet SM heterogeneity systematically decreases for increasing mountain heights.
The ensemble spread of the rain amounts for the experiments SM6040,
SM60 and SM6080 is shown in Figure 2.9 in the supporting information.
Note that the ensemble spread is substantially reduced for greater radii
(e.g. r ≥ 20 km).

2.4

Discussion

In the following section we discuss the rain amount within r ≤ 20 km distance from the center (c.f. Figure 2.3 at r = 20 km), i.e. the length scale
set by the mountain and the SM heterogeneity, which corresponds to an
area of approximately 1000 km2 . Figure 2.4 shows the relative impact
of the uniform (Figure 2.4a) and the localized soil-moisture perturbation
method (Figure 2.4b) on rain amount for different mountain heights. For
that purpose, we normalized the rain amount within r ≤ 20 km with the
rain amount received in the unperturbed reference run SM60 (∆θa = 0
and ∆θb = 0, respectively). The absolute rain amounts received in the corresponding SM60 experiments are shown in Figure 2.3 at r = 20 km as a
function of mountain height.
The positive rain response to a uniform increase of SM in the domain for
flat terrain (Figure 2.4a; hm = flat) is consistent with the findings by Findell
and Eltahir (2003), Schlemmer et al. (2012), and Cioni and Hohenegger
(2017). The response is less pronounced for SM saturation greater than
the reference saturation θ = 60 %, as compared to the response for drier
soil conditions. The asymmetry of the response is discussed by Schlemmer
et al. (2012) as a result of the energy-limited evaporation regime for soil
moister than 60 %. The latter is characterized by a smaller latent heat
flux increase for the same increase of SM (see also S6 in the supporting
information). A similar asymmetry of the response is found in settings
with the mountain, as can be seen in Figure 2.4a. The latter is in line with
the rain response found in simulations of the SM-precipitation interaction
in more realistic orography by Barthlott and Kalthoff (2011).
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Figure 2.4: Normalized mean rain amount received within r ≤ 20 km for (a)
the uniform perturbation θa and (b) the localized SM perturbation θb as a
function of mountain height. The x-axes show the amplitude of the corresponding SM perturbation relative to the reference SM saturation of θ= 60 %.
The rain amount in the unperturbed reference simulation SM60 (∆θa =0 and
∆θb =0) is used for normalization.
Dry SM heterogeneity can substantially enhance rain amounts, while the
opposite holds true for moist SM heterogeneity (Figure 2.4b). The dry heterogeneity of 40 % SM saturation in the experiment SM6040 in absence of
orography receives much more rain than the experiments with homogeneous dry or wet soil in SM40 or SM80 (Figure 2.4a vs. 2.4b). Equally the
moist heterogeneity in SM6080 of 80 % saturation receives less rain than
the moist soil in SM80 and even than the dry soil in SM40, where moisture availability in the atmosphere is decreased due to reduced latent heat
fluxes.
The co-existence of both positive (Figure 2.4a) and negative (Figure 2.4b)
SM-precipitation feedbacks illustrates the important role of horizontal SM
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gradients for deep-convective precipitation (Taylor et al., 2012). Compared to deep-convective precipitation through PBL growth in the homogeneous soil experiments over flat terrain (e.g. Schlemmer et al., 2012), the
mesoscale circulations (see Figure 2.8 in the supporting information) and
the associated PBL moisture flux convergence over the dry heterogeneity
are at least partly responsible for the enhancement. A discussion of a dynamically similar process that leads to the precipitation enhancement over
tropical islands can be found in Cronin et al. (2015). The suppression of
the rain amount over the moist heterogeneity on the other hand can be
associated with the PBL moisture flux divergence.
The negative SM-precipitation feedback is also present for the hm = 125 m
and 250 m high mountains (Figure 2.4b), however at a strength that decreases with mountain height. Finally, a 500 m high mountain is sufficient to overwhelm the sensitivity to the SM heterogeneity. Why does
deep-convective rain become systematically less sensitive to the SM heterogeneity? We think this is due to two factors. The first factor relates to
the relative strength of the circulations driven by the mountain and the
SM-heterogeneity respectively. Figure 2.8 in the supporting information
shows the time evolution of radial wind at 10 m above the surface (i.e.
the near-surface branch of the circulation) for all mountain heights and
the SM6040, SM60, and SM6080 experiments. While the strength of the
circulation triggered by the dry heterogeneity in SM6040 is comparable
to the circulation at the 125 m high mountain (Figure 2.8; hm =flat and
SM6040 vs. hm =125 m and SM60), it is much weaker than the circulation
at the 500 m high mountain. Hence the additional strengthening of the
mountain circulation by the dry SM heterogeneity and the associated relative increase of moisture convergence decreases with mountain height.
The second factor relates to the timing of the onset of rain (the surface
rain rate is shown in Figure 2.8). We note that the onset of rain is significantly earlier for taller mountains (here we define the onset time as the
instance when the rain rate exceeds 0.5 mm/h). While the rain onset over
the 125 m high mountain is at ≈12:30, it occurs well before 11:00 over the
tallest mountain (Figure 2.8; hm = 125 m vs. hm = 500 m). This is also well
before the rain onset at the dry heterogeneity over flat terrain at ≈12:30.
The earlier timing of rain and consequently earlier cold pool formation
appears to perturb the SM circulation at an early stage of its development.
The above hypothesis and the relative importance of the two factors will
be tested in a future study.

2.5

Conclusion

We simulated ensembles of deep-convectively active summer days to study
the collective impact of soil moisture (SM) and an isolated mountain on
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deep convection and the associated SM-precipitation feedback. Two SM
perturbation methods were contrasted: uniform changes of the background
SM throughout the domain and localized circular SM heterogeneities.
Uniform changes of the background SM content yield a positive precipitation response, both in cases with and without orography. This result is
consistent with previous studies and the commonly held idea of a positive SM-precipitation feedback. Localized SM heterogeneities in the absence of orography exhibit a fundamentally different response. We find a
locally negative SM-precipitation feedback; i.e., dry heterogeneities yield
a local increase in precipitation, whereas wet heterogeneities yield a local decrease. Aspects of this behavior have been noted in previous studies. Our results show that the response is asymmetric, with wet heterogeneities suppressing rain less strongly, owing to smaller sensible heat
flux gradients despite identical SM gradients. The strength and the negative sign of the response cannot be reproduced by uniformly varying SM
in the domain. The negative, asymmetric response is also found for mountains of modest height (125 m and 250 m height), yet with systematically
smaller sensitivity. In these experiments, the dry heterogeneities are superimposed on the mountain. Dry mountains strengthen mountain-valley
circulations, thus yielding an increase in precipitation. The relative sensitivity of rain amounts to SM heterogeneity decreases monotonically with
mountain height. For a 500 m high mountain no clear response to SM heterogeneities could be found. In essence, once the mountains exceed some
critical height, mountain-valley circulations and the associated convective
events dominate over the SM-precipitation feedback. A uniform SM increase consistently increases evaporation and thus leads to an increase in
precipitation when averaged over the domain.
Overall our results show that the rain response to SM perturbations strongly
depends on characteristics of the anomalies, with uniform and localized
perturbations yielding a positive and negative feedbacks, respectively. The
sign can depend on the SM perturbation method employed. While SM heterogeneity strongly affects rain amounts over flat terrain, comparatively
modest orography is sufficient to overpower the relative importance of SM
heterogeneity for deep convection.
An important emerging question relates to the role of these processes in
conventional hydrostatic models with parameterized convection. In such
models the SM-precipitation feedback is dominated by vertical exchange
processes in grid columns driven by surface anomalies. In the full setting considered in the current study, the feedback at least partly relies on
mesoscale circulations driven by surface gradients. Further work will be
needed to establish the importance of these differences in real-world me-
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teorological and climatological circumstances.
One limitation of the current results relates to the idealized experimental setup. On the one hand the SM-precipitation feedback might depend
on the details of the synoptic forcing and the horizontal scale of the SM
anomaly. On the other hand our study exclusively focuses on SM and orographic perturbations, while additional factors such as the spatial variability in vegetation, land use and surface albedo can substantially affect surface sensible heat contrasts, also in mountainous areas. As a consequence
we expect that the simulated sensible heat flux contrasts are sometimes
exceeded in mountainous regions. Further research is needed to address
these questions.
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Appendix: Supporting Information for Imamovic et
al. (2017)

This appendix is published as supporting information to Imamovic et al.
(2017).

Introduction
In the following sections we present the following characteristics of our
simulations:
1. The soil-moisture (SM) controlled partitioning of surface heat fluxes
in the absence and presence of the mountain
2. The mesoscale circulations driven by SM and orographic heterogeneity
3. The ensemble spread of rain amount patterns
4. The rain amount as a function of latent heat fluxes in the homogeneous SM experiments

SM Controlled Partitioning of Surface Heat Fluxes in the Absence and Presence of the Mountain
Since the land surface in our simulations has circular symmetry, we calculated circular means of surface sensible and latent heat fluxes. Figure
2.5 shows snapshots of surface sensible (SH) and latent heat (LH) fluxes
as a function of the distance from the center r for a selection of SM and
mountain configurations at 10:00 and 11:00 local time. Under cloud-free
conditions in the morning hours, the surface heat fluxes for a fixed SM experiment are hardly affected by the presence of the mountain. E.g. the LH
fluxes in the SM60 experiments at 10:00 in Figure 2.5 are constant at 250
W/m2 independent of the presence of the mountain. Only in the highest mountain experiment (hm = 500 m in Figure 2.5) the reduced surface
heat flux at r < 5 km at 10:00 is caused by shading effects due to cloud
formation.
The diurnal cycle of the domain mean SH and LH fluxes and their daily
means for the whole set of homogeneous SM experiments with flat terrain
is shown in Figure 2.6. Note that the LH fluxes increase with soil saturation, but level out for very moist soil conditions.Both the dry and the wet
SM heterogeneity in SM6040 and SM6080 respectively translate into horizontal gradients of surface heat fluxes at their boundaries (at r = 20 km in
Figure 2.5).
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Figure 2.5: Snapshots of circular mean surface sensible heat (SH; dashed line)
and latent heat (LH; straight line) fluxes in W/m2 as a function of the distance
r from the center at 10:00 and 11:00 local time. Columns: Orography experiments. Rows: A selection of SM experiments. The grey area in the SM6040 and
SM6080 columns (r ≤ 20 km) indicates the extent of the SM heterogeneity.
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Figure 2.6: Diurnal cycle of domain mean LH (solid lines) and SH fluxes
(dashed lines) in the homogeneous SM experiments with flat terrain. SH and
LH are the daily means of the corresponding fluxes.
The surface LH and SH fluxes over the dry heterogeneity at r ≤ 20 km in
SM6040 are comparable to the surface heat fluxes in SM40. We find an enhanced latent heat flux over the moist SM heterogeneity in SM6080 (Figure
2.5 at r ≤ 20 km) as compared to the latent heat flux in SM80. The LH flux
enhacement over the moist heterogeneity in the SM6080 experiment does
not strongly depend on the presence of a mountain.
The diurnal cycle of the SH flux contrast (calculated as the area-mean SH
flux at r ≤ 20 km minus the mean SH flux at r > 20 km) in the heterogeneous SM experiments with flat terrain is shown in Figure 2.7. The thicker
lines in Figure 2.7 indicate the times when the mean surface rain rate at
r ≤ 20 km exceeds 0.1 mm/h to estimate the SH contrast shortly before
rain onset. Note that the rain onset is gradually delayed for moister SM
heterogenities (e.g. ' 12:00 in SM6030, while at ' 13:30 in SM6090).
Horizontal temperature gradients develop (not shown) both along SH gradients at SM boundaries and at the mountain due to the elevated heating.
Aspects of the mesoscale circulations that develop due to that baroclinicity
are discussed in the next section.
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The Mesoscale Circulations Driven by SM and Orographic Heterogeneity
Figure 2.8 shows the time evolution of the the radial component of the
surface wind (10 m above the surface) for the same SM and orography experiments as in Figure 2.5. The timing and the spatial distribution of rain
are shown as contours.
In absence of orography (hm = flat in Figure 2.8), the surface wind front
triggered by the dry SM heterogeneity in SM6040 propagates inward, leading to moisture convergence over the dry SM heterogeneity. The rain onset
at r ≤ 20 km at 13:00 local time (defined as the instance when the surface
rain rate exceeds 0.5 mm/h) is almost one hour earlier than over homogeneous soil (SM60, hm =flat in Figure 2.8). Note that the cold pool that
forms due to the evaporation of rain can be recognized as a strong outflow at 12:30 at r = 20 km. In case of the moist SM heterogeneity over flat
terrain (SM6080 in Figure 2.8) surface winds at r = 20 km develop parallel to the SH flux gradients (c.f. Figure 2.5). First deep-convective rain is
found around the moist SM heterogeneity at 13:30. The subsequent cold
pool evolution can be seen in the radial wind couplet at 14:00 local time
in Figure 2.8.
As with the dry SM heterogeneity, the impact of the elevated heating of the
mountains results in converging surface winds in Figure 2.8. The strength
of the radial surface wind in the morning hours increases monotonously
with mountain height (Figure 2.8; for the SM60 experiments). Circulations at the low mountain are strongly affected if a SM heterogeneity is
superimposed: A 125 m high mountain that is drier than its forelands
develops substantially stronger circulations, whereas a moister mountain
shows weaker circulations (Figure 2.8, SM6040 and SM6080 for hm = 125).
The strengthening and weakening of the mountain circulations by a dry
or wet SM heterogeneity respectively is also seen for the taller hm = 250 m
high mountain. The relative impact of the SM heterogeneity on the circulations of the hm = 500 m high mountain is hardly discernible.

The Ensemble Spread of Rain Amount
Figure 2.9 shows the cumulative area-mean rain amount as a function of
the area radius r (distance from the center) for all mountain heights and
the SM experiments SM6040, SM60 and SM6080. Figure 2.9 is similar
to Figure 2.3 in the main text but it additionally shows the results for
the ensemble members to estimate the sampling error as a function of
radius r. The results for the remaining heterogeneous SM experiments
are qualitatively similar and not shown for display purposes. Note that,
while the ensemble spread is substantial at low radii (due to small sample
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SM60, and SM6080 experiments. The thin lines show the results for the ensemble members, whereas the thicker line shows the ensemble mean. Note that
the vertical axes differ in the range for display purposes.
sizes), it is strongly reduced for greater radii.

The Rain Amount as a Function of Latent Heat Fluxes in the Homogeneous Soil Experiments
Figure 2.10 shows the normalized domain mean rain amount as a function
of the normalized daily mean LH flux (see Figure 2.6 for the absolute values) for the homogeneous SM experiments with flat terrain. The respective
values in the reference experiment SM60 are used for the normalization.
Note that Figure 2.10 differs from Figure 2.4a (for hm = flat) only in the
horizontal axis. The rain amount depends strongly on the daily mean LH
fluxes. While the very moist soils in SM70, SM80 and SM90 strongly differ
in SM saturation, the corresponding daily mean LH fluxes are very similar.
This is indicative for an energy-limited evaporation regime. For the drier
soils in SM30, SM40, and SM50 on the other hand a SM-limited evaporation regime prevails.
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Abstract Thermally driven upslope flows in mountainous areas provide
favorable conditions for diurnal deep moist convection especially during
episodes of weak synoptic forcing. The present study investigates the response of deep convection to axisymmetric orography as a function of orographic width and height by running ensembles of idealized convectionresolving simulations with a horizontal grid spacing of ∆x =1 km, full
physics parameterizations and an interactive land surface. Deep convection is explicitly resolved and not parameterized. In order to cover a
wide range of orographic scales simulations are conducted with heights
between 250 and 4000 m and widths between 5 and 30 km. The mountain
slope strongly affects upslope wind speed characteristics, the timing and
intensity of local updrafts, and local rain intensity. Although the day-today variability is substantial, the statistical mean rain amount extracted
by the mountain scales almost linearly with the mountain volume. Simulations with alternative mountain geometries, multiple peaks and largescale flow suggest that the linear scaling is valid for a surprisingly large
portion of the parameter space. The scaling breaks down in the limit of
relatively strong large-scale flows, sufficiently tall or elongated mountains.
The existence of the simple linear scaling over such a wide range of configurations suggests that the response of thermally-driven orographic deep
1 Institute for Atmospheric and Climate Science, ETH Zürich, Universitätsstrasse 16, 8092
Zürich, Switzerland
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convection over many mountainous areas is strongly affected by mountain
volume. As a consequence, the rain amount is disproportionally dominated by the large horizontal scales of orography, as they contribute mostly
to the mountain volume.

3.1. Introduction
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Introduction

The rainiest places on Earth are not exclusively found in the tropics, but
also in mountainous areas in the extratropics. Mountains strongly shape
climate zones by irreversibly extracting substantial amounts of moisture
from the atmosphere. A prominent extraction mechanism is the mechanical lifting of moist unstable air masses (Houze, 2012), which shapes the
wet climate in the wind-ward and the arid climate in the lee side at many
mountain ranges. Smith et al. (2003) proposed the use of the drying ratio DR in order to compare the efficiency of different mountain ranges at
extracting atmospheric moisture. DR is defined as the ratio between rain
amount and moisture influx at the mountain range. The mountain range
in western Oregon reaches a DR of 0.43 (Smith et al., 2005), while a DR
of 0.3 was determined for the Sierras in Southern California (Smith and
Evans, 2007). In order to interpret these differences, Kirshbaum and Smith
(2008) ran convection-resolving simulations at an idealized 2D ridge and
found a monotonic decrease of DR with surface temperature TS . The
monotonic decrease is a cause of (a) the decrease of the condensation rate
with temperature TS and (b) the decrease of the depth of the layer in which
ice-phase vapour deposition converts supersaturated vapor into precipitation. In their simulations, moist convection affects the cloud field, but
hardly the DR.
Summer precipitation in many extratropical regions predominantly originates from deep-convective showers and thunderstorms (Carbone and
Tuttle, 2008; Leutwyler et al., 2017). Especially in mountainous areas during episodes of weak synoptic forcing deep convection is a widespread, diurnally often re-occuring phenomenon, that extracts substantial amounts
of water from the summer atmosphere. Orographic deep convection can
fundamentally alter the characteristics of the orographic air mass transformation and precipitation patterns. For instance, Hassanzadeh et al.
(2016) found, in 3D convection-resolving simulations of moist flow past
an isolated mesoscale mountain, enhanced lee-side deep convection and a
subsequent mesoscale-size precipitation maximum. Cold pools from the
deep convection subsequently removed planetary boundary layer (PBL)
instabilities downwind of that maximum and hindered the formation of
deep convection there. The rain amount difference between the resulting dry region and the upwind precipitation maximum reached up to
700% across a few tens of kilometer. The cold pool propagated further
downwind (> 200 km) and dominated deep convection also there. The
downwind propagation of deep-convective outflow and the reinitiation of
deep convection far away from the mountain is a known feature of many
orographically triggered deep-convective thunderstorms (Levizzani et al.,
2010; Carbone and Tuttle, 2008).
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Thermally driven upslope flows are an important driver of the widespread
initiation of deep convection in mountainous areas (Langhans et al., 2013b;
Kirshbaum, 2013; Schmidli et al., 2018). These flows feed on the baroclinicity at mountain slopes and advect substantial amounts of moisture
into elevated moisture convergence zones, where favorable conditions for
cumulus convection and eventually deep convection are provided (Kirshbaum et al., 2018). In principle, every horizontal and vertical scale of
orography contributes to the baroclinicity and ultimately to the characteristics of deep convection in mountainous area. Orographic deep convection is therefore the result of the simultaneous action of a wide range
of orographic scales. An important question therefore relates to the relative importance of single scales for deep convection and deep-convective
precipitation. In particular the relative importance of small-scale terrain
features (such as single peaks) is of interest, as single orographically triggered deep-convective cells can organize non-linearly into larger systems
covering the whole mountainous areas. In many numerical models however, the small-scale terrain features are often hardly resolved.
A series of studies have used numerical simulations to address the role of
orographic horizontal scales by comparing the evolution of deep convection over unsmoothed orography to deep convection over smoothed orography. The smoothing methods employ either low-pass filtering of the entire mountainous area or flattening of single mountains. Schneider et al.
(2018) studied moist orographic convection in southwestern Germany using simulations at a horizontal grid spacing of ∆x =550 m. The downwind effect of flattened mountains was pronounced especially during an
episode of strong synoptic forcing. A set of sensitivity studies showed
little sensitivity to the smoothing of terrain. Barthlott and Kirshbaum
(2013) studied the terrain forcing of the mountainous islands Corsica and
Sardinia on deep convection by shrinking the surface height with a constant factor. While the impact on timing and intensity of deep convection was strong, the sensitivity of accumulated precipitation to changes
in mountain height was rather subtle due to compensating mechanisms.
Hohenegger et al. (2009) found no substantial differences in domain area
rain amount received between simulations with resolved (∆x =2.2 km) and
smoothed orography (∆x =32 km) in convection-resolving simulations of
a deep-convective period in July 2006 in the Alpine region. Garvert et al.
(2007) on the other hand performed a numerical simulation of a heavy
precipitation event in the Cascades and found that the rain amount is increased by 12% over high-resolution orography as compared to precipitation received in simulations with smoothed orography.
Studies of the response of deep convection to orography might benefit
from studies of the response of deep convection to surface thermal hot
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(a)

(b)

( c)

(d)

Figure 3.1: Which 3D mountain extracts the largest rain amount via triggering of deep convection? (a) A narrow or (b) a wide Gaussian mountain? (c) A
cos2 -shaped or even a (d) double peak mountain?
spots, such as dry soil anomalies (Taylor, 2015; Imamovic et al., 2017), islands in the ocean (Cronin et al., 2015), or even urban areas (Freitag et al.,
2018). A similarity in these studies is the important role of baroclinicity
that develops at regions with patchy surface heat fluxes. Kang and Ryu
(2016) studied the response of the atmosphere to land surfaces with different surface heat flux distributions. While the total energy input from
the surface was the same in all simulations, deep convection only initiated
in the experiments with sufficiently strong surface hot spots. Another key
finding is that horizontal scale of the hot spot is required to be an order of
magnitude larger than the typical height of the PBL (Robinson et al., 2008;
Cronin et al., 2015).
The relative importance of different orographic scales can be addressed as
a hypothetical and somewhat academic thought experiment: If one was to
build a mountain with volume V in order to trigger deep convection for
maximum rain extraction, what shape would the mountain need to have?
As a start, one can confine the problem to smooth mountains (e.g., Gaussian) and evaluate the impact of the height and width on rain extraction
(note that only 1 parameter is free as the volume of the mountain is fixed).
This is an interesting trade off problem: a narrower and thus taller mountain drives stronger upslope flow, yet it will feed on a smaller volume of
PBL moisture. A wider but lower mountain drives weaker upslope flow,
that on the other hand feeds on a larger volume of moisture in the PBL (see
Figure 3.1a vs. b for an illustration). One can also chose different mountain geometries with steeper slopes (Figure 3.1c) or multiple peaks (Figure
3.1d). Answering this seemingly funny problem can deliver a deeper understanding of the orographic extraction of moisture via deep convection,
as it addresses the relative importance of single horizontal scales for deep
convection and deep-convective precipitation.
This paper approaches the above question for the relative importance of
different scales of orography for deep-convective precipitation by means
of convection-resolving simulations with a horizontal grid spacing of 1 km,
full physics parameterizations and an interactively coupled land surface.
Shallow and deep convection parameterization schemes are turned off.

44

Mountain Volume Control on Deep Convective Rain

Ensembles of idealized simulations are run to cover a wide range of orographic width and height scales, using Gaussian and alternative mountain
geometries, in presence or absence of large-scale flow. The paper is organized as follows: the numerical model and the simulation strategy are
described in section 3.2. The results are presented in section 3.3 and discussed in section 3.4. We conclude the study with section 3.5.

3.2
3.2.1

Methods
The COSMO Model

We use the Consortium for Small-Scale Modeling model version 4.28 (Baldauf et al., 2011, hereafter COSMO) in climate mode (Rockel et al., 2008,
CCLM). COSMO is a versatile, state-of-the-art, limited-area model that is
in use for operational numerical weather forecasts (Baldauf et al., 2011)
and atmospheric research. COSMO has been utilized for climate research
at a wide range of horizontal grid spacings, e.g. for regional climate simulations at ∆x, y ' 50 km (Kröner et al., 2017) and at ∆x, y ' 2 km (Leutwyler
et al., 2017), or idealized studies of e.g. soil-moisture atmosphere interactions over flat (Schlemmer et al., 2012) or mountainous terrain (Imamovic
et al., 2017). Recently even near-global convection-resolving simulations
have been run by Fuhrer et al. (2018). We use the same COSMO setup as
the study by Imamovic et al. (2017) and only repeat the most important
aspects. COSMO integrates the non-hydrostatic, fully-compressible equations of motions using a split explicit approach (Wicker and Skamarock,
2002). A third order Runge-Kutta scheme for time integration, and a fifthorder advection scheme for the advection of horizontal and vertical winds,
temperature and pressure are employed.
The interaction between radiation, the atmosphere and the land surface
is parameterized using the δ-two-stream approach by Ritter and Geleyn
(1992). COSMO uses a 1D (vertical), 1.5 order scheme for turbulence
(Raschendorfer, 2001) with a prognostic equation for TKE of level 2.5 after
Mellor and Yamada (1982). Horizontal diffusion of 4th order is applied in
the x and y direction. Cloud microphysics are parametrized with a onemoment scheme that includes five hydrometeor types: cloud water, cloud
ice, rain water, graupel and snow (Reinhardt and Seifert, 2006). The corresponding specific water contents are hereafter denoted by qc , qi , qr , qg and
qs respectively. Deep and shallow convection parameterization schemes
are switched off.
The domain is 512 km x 512 km wide and 22 km deep. Atmospheric dynamics is discretized on a nearly horizontally uniform grid with ∆x, ∆y =
1 km at a time step of ∆t = 10 s. The model is considered as convection-
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resolving as major deep-convective updrafts are represented on the grid.
In the vertical we employ a terrain-following, vertically stretched grid
with 50 levels. The vertical layer thickness increases quadratically from
20 m in the lowest level to approximately 400 m at the tropopause at 12 km.
We employ double-periodic lateral boundaries. Vertically propagating internal gravity waves are absorbed by a Rayleigh damping layer between
12 km and the model top at 22 km height. The Coriolis force is turned off.
The lower boundary conditions for the atmosphere of COSMO are provided by the second generation multilayer land surface model TERRA_ML
(Heise et al., 2003). The surface latent heat flux is limited either by potential evaporation or the maximum soil water fluxes from three sources:
bare soil, the interception reservoir and the transpiration from vegetation.
The surface layer scheme employs a limiter for horizontal wind speed
|u|∗ = 0.01 m/s to generate finite surface fluxes even under nearly windstill conditions. A description of the partitioning of the surface heat fluxes
as a function of soil moisture can be found in the study by Imamovic et al.
(2017).

3.2.2

Simulation Strategy

This study focuses on the thermal impact of mountains on deep-convective
precipitation during episodes of weak synoptic forcing in summer in the
midlatitudes. Therefore, we set the insolation to mimic 47◦ N latitude on
the 11th July and use typical European relative humidity RH and temperature T profiles, as motivated by Schlemmer et al. (2011) and shown in Figure 3.2a. The relative humidity of 70% in the lower part of the atmosphere
decreases to 40% at the tropopause and the temperature T decreases with
a constant lapse rate of Γ = −7 K/km. The initial surface temperature is
set to T0 = 293.65 K. The resulting convective available potential energy
(CAPE) reaches moderate amounts of < 1400 J/kg in all simulations. The
weather that develops in such an atmosphere is often observed in continental summer in the midlatitudes: fair weather in the morning, cumulus
formation due to strong surface warming, daytime flows at the mountains,
the associated transition to deep convection and finally the dissipation of
deep convection in the evening.
In terms of land surface parameter settings, we completely follow Schlemmer et al. (2011) and refer to that study for a more detailed description.
The surface roughness length is set to 0.04 m. The soil type is set to loam
and the soil moisture is set to 60 % soil-moisture saturation in the top soil
layer and increases quadratically to 100 % at a depth of approximately
2.5 m. Soil moisture is prescribed, but soil temperature and the surface
latent and sensible heat fluxes fully interact with the atmosphere. Over
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RH (in %) at model initialization. The temperature lapse rate is constant at
Γ = −7 K/km. (b) Vertical profiles of horizontal wind u at model initialization
for the experiments U0, U5 and U10, where the number denotes the maximum
wind speed which is reached at 11.5 km height.
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flat terrain, the simulated diurnal cycles of surface sensible and latent
heat fluxes reach typical maxima of 120 W m−2 and 340 W m−2 respectively. At model initialization the temperature of the top soil layer over
the flat foreland equals the temperature of the lowest atmospheric layer
(T0 = 293.65 K). To make sure that the mountain (as introduced in the
next section) is not excessively hot at model initialization, the mountain
soil temperature TS (z) is reduced with surface height in order to match
the temperature of the overlying atmospheric layer. In order to break the
horizontal symmetry at initialization, random temperature noise with an
amplitude of 0.02 K is added to the lowest atmospheric layer.
For each mountain geometry we run a 10 member ensemble. At model
initialization, individual ensemble members only differ in the temperature noise in the lowest atmospheric model layer. The model is initialized
at local midnight and run freely for 5 days, i.e. for every configuration
(discussed in the next section) an equivalent of 50 days of deep-convective
weather are simulated. This aims to sample sufficient variability to obtain
an estimate of the statistical mean deep convection that develops at the
mountain.
Gaussian Mountains
In order to facilitate the interpretation of the underlying atmospheric processes, we employ an axisymmetric Gaussian mountain, which is fully described by its height h, and half-width a measured at half the maximum
height (hereafter just half-width):
2

hgauss = h · 2−(r/a) .

(3.1)

Here r denotes the horizontal distance from the top of the mountain, which
is placed at the domain center. The volume of the Gaussian mountain can
be calculated as Vgauss = 1/log(2) · πha2 . In order to cover a wide range
of heights and widths, the height/width parameter space we explore is all
permutations of mountain heights
√ H = {250,
√ 500, 750, 1000, 1500} (in m)
and mountain widths A = {5, 5 · 2, 10, 10 · 2, 20, 25, 30} (in km). Addiotionally, simulations with 2000, 3000, and 4000 m high mountains with a
fixed half-width of a = 14 km are run. We call that experimental set VARh,
as summarized in Table 3.1. The naming convention for an experiment is
as follows: h500a14 denotes
an experiment with a Gaussian mountain of
√
500 m height and 10 · 2 ' 14 km half-width. Given the horizontal grid
spacing of 1 km, all mountains are sufficiently resolved. By construction,
subsets of H × A contain mountains with constant volume (e.g., the experiments h250a20, h500a14, and h1000a10).
As a limiting case of weak synoptic forcing we start with an initially resting atmosphere (u, v, w = 0 m/s) for the whole set of (h,a) configurations
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Gaussian
cos2
multipeaks
# of simul.
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U0
H × A & VARh
VARa
4
490

U5
VARh & VARa
150

U10
VARh & VARa
150

# of simul.
680
70
40
790
∼ 3950 days

Table 3.1: Overview of the mountain geometry and wind profile configurations
simulated. Name conventions for the sets are: A = {5, 7, 10, 14, 20, 25, 30}km,
H = {250, 500, 750, 1000, 1500} m. VARa= {h = 500m}×A is a subset of H×A,
while VARh = {a = 14km} × H ∪ {2000, 3000, 4000} m additionally explores the
tallest mountains. The wind profiles U0, U5, and U10 are shown in Figure
3.2b. 10 ensemble members were run per configuration.
(see Table 3.1). In that case, atmospheric motion is driven by the vertical destabilization of the troposphere due to surface heating, while at
the mountain, horizontal buoyancy gradients drive upslope flow. To test
the impact of alternative mountain and the impact of the large-scale flow
on the other, simulations were run with non-Gaussian mountains and for
Gaussian mountains with large-scale flow as further elaborated in the next
section.
Alternative Mountain Geometries
In the mountain geometry test we evaluate the atmospheric response to a
cos2 -shaped mountain (Figure 3.1c) with the surface profile given by:
hcos2 (r) = h · cos2 (k · r 2 /a2 ).

(3.2)

The constant k is set to π/4 such that a corresponds to the half-width
(hcos2 (r √
= a) = h/2). In√order to obtain an isolated mountain we set h(r) = 0
for r > 2a, since h( 2a) = 0. By construction, the cos2 -shaped mountain is characterized by steeper slopes than a Gaussian mountain with the
same h, a parameters. Furthermore the cos2 -shaped mountain has a flatter, i.e. Plateau-like top (see Figure 3.1b and 3.1c). The volume of the
cos2 -shaped mountain is Vcos2 = πha2 and therefore smaller than the volume of the Gaussian mountain having the same height h and width a, i.e.
Vcos2 /Vgauss = log(2). We run simulations with a cos2 -shaped mountain
for a subset of h, a configurations, in which we only vary the half-width a
and keep the height h fixed. In these tests the height is set to h = 500 m
and a is varied in the full range A = 5, 7, 10, 14, 20, 25, 30 (in km). We call
that subset VARa (Table 3.1).
An additional set of simulations uses multiple Gaussian peaks, where (a)
two h500a10 mountains (Figure 3.1d), (b) two h1000a7 mountains, (c) four
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h500a7 mountains, and (d) four h1000a5 mountains. The two mountains
in (a) and (b) are placed 10 km next to each other, while the mountains in (c
) and (d) are placed on the corners of a square with a side length of 10 km.
This simulates a mountainous area with multiple peaks. By construction,
these mountains have the same volume as the h1000a10 mountain.
Simulations with Large-Scale Flow
Both thermal and mechanical forcing can combine to drive orographic
deep convection. We simulate the impact of large-scale flow on the deep
convection at the mountain by running simulations with flow in the positive x-direction. We run simulations with two horizontal wind profiles,
which are shown in Figure 3.2b. The u-profile in the U5-experiments is
set to 1 m/s at the surface and increases monotonically to a maximum of
5 m/s at 11.5 km height, while in the U10-experiments the wind profile
has double the amplitude. The profiles are constructed as the combination
of a straight line in the lower troposphere and a parabola in the upper troposphere and the stratosphere starting at 12.5 km height. The maximum
wind at tropopause height simulates a westerly jet (see also Schlemmer
et al., 2011). Both profiles have an initially constant vertical shear in the
low and mid-troposphere. Note that near the surface a logarithmic wind
profile develops with time due to surface roughness. The impact of the
large-scale flow is tested on the VARa and VARh sets (see Table 3.1). In
VARh, we set the half-width a = 14 km and vary the height h from 250 m
to 4000 m.
Table 3.1 shows a summary of all experiments and the number of simulations per experimental set done for this study. In total 3950 deepconvective days were simulated. If not mentioned otherwise, we calculate
a daily composite (ensemble and day average of the 50 days per configuration) of all atmospheric fields to obtain a mean life cycle of orographic
deep convection. For the simulations with initially windstill conditions
we additionally calculate the circular mean.

3.3

Results

This section starts with a description of upslope flows and deep convection triggering over the 250 m, 500 m, and 1000 m tall Gaussian mountains
that have the same volume (experiments h250a20, h500a14, h1000a10,
respectively). In order to focus on the thermal impact of the mountains
on deep convection first, the experiments with an initially resting atmosphere are discussed in subsection 3a. After that we show the relationship
between the resulting rain amount P extracted by the mountain and the
mountain volume V for the full range of simulations with Gaussian moun-
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Figure 3.3: Evolution of potential temperature (shading in K) above the mountain in h500a14. Snapshots at 06:00 (stable stratification before sunrise),
08:00 and 10:00 (baroclinicity at the mountain), 12:00 (cold pool on mountain
top), and 14:00 are shown. The white, grey, and black contour lines indicate
cloudy regions with qc > 0.01, 0.05 and 0.1 g/m3 . The panels show mean conditions at the respective time averaged over all 50 days of simulation.
tains and a resting atmosphere (subsection 3b). A detailed description of
deep-convective dynamics for every (h, a) configuration is impractical, so
we constrain the discussion to the most important points. The P -V relationship for the alternative mountain geometries, and the impact of the
large-scale flow on the P -V relationship are shown at the end in subsection
3c.

3.3.1

The Deep-Convective Life Cycle at Gaussian Mountains
with the Same Volume

This section compares the deep-convective life cycles over the three Gaussian mountains h250a20, h500a14, and h1000a10 in an initially resting
atmosphere. By construction, the three mountains have the same volume. Figure 3.3 shows the evolution of potential temperature θ in the
COSMO simulation of h500a14 at four instances in time. In the early
morning hours (at t = 06:00 in Figure 3.3) the atmosphere is nearly everywhere stably stratified ( ∂θ
> 0). Only very close to the mountain the
∂z
impact of nocturnal cooling manifests itself in the bending near-surface
isentropes. At 08:00 and increasingly so at 10:00 the elevated heating reverses the gradient ∇θ, which drives the upslope flow (shown in Figure
3.4). The simulation at 10:00 is similar to the schematic transect in Figure
1 in Demko et al. (2009), with two notable differences. On the one hand
the near-surface isentropes in our simulations have a component parallel
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to the mountain surface, owing to the presence of the surface layer, while
the near-surface isentropes in Figure 1 in Demko et al. (2009) are vertical. On the other hand the isentropes in our simulations at z > 1 km bulge
over the mountain. A precipitating deep cumulus cloud forms over the
mountain top, which triggers the formation of a cold pool over the mountain top at 12:00. Over the foreland the boundary layer is approaching
an adiabatic state ( ∂θ
' 0). Deep convection there develops much later at
∂z
around 13:30.
Figure 3.4 shows the upslope flow and the spatial structure of the moistening of the atmosphere ∆wv (t, r, z) at the mountains in h250a20, h500a14,
and h1000a10 at t = 09:00, 11:00, and 13:00. The moistening ∆wv (t, r, z)
(in units of g/m3 ) at time t is defined as the difference in absolute humidity relative to t 0 = 06:00, i.e. shortly before sunrise:
∆wv (t, r, z) = ρ(t, r, z) · qv (t, r, z) − ρ(t = t 0 , r, z) · qv (t = t 0 , r, z),

(3.3)

where qv (r, z, t) is the circular mean of the three-dimensional specific humidity field, and ρ(t, r, z) the air density. The definition of ∆wv allows to
indicate the combined moistening of the atmosphere by surface latent heat
fluxes, turbulent mixing, and lateral advection by the mountain flow. The
thermally-driven upslope flow strongly moistens the PBL over the mountain. As the amplitude of the moistening depends on the strength of the
upslope flow, the tall and narrow mountain in h1000a10 generates the
most pronounced moisture anomaly over the mountain top.
Far away from the mountains (r ≥ 35 km), the moistening of the atmosphere is driven by surface latent heat fluxes and the turbulent mixing
within the growing PBL. In the vicinity of the mountain, the width scale
and the amplitude of the moistening is strongly controlled by the height
h and width a of the mountain. The vertical extent of the atmospheric
moistening above the h250a20 mountain early in the morning at 09:00 is
as deep as over the flat terrain further away. For the taller, but narrower
mountain in h1000a10, the moistening at t =09:00 extends up to 3 km
in height. In terms of moistening and upslope wind speed, the h500a14
mountain lies in between these two cases. While the moistening over the
lowest mountain h250a20 is still in progress at 11:00, deep convection has
initiated at the h1000a10 mountain and depletes the moisture pool above
the mountain. First precipitation falls at the mountain top and triggers
the formation of a diverging cold pool, visible as the intrusion of surface
dry air at r < 5 km (Figure 3.4 for h1000a10 at 11:00). The cold pool propagates down the slopes and converges with the still prevailing thermally
driven upslope flow. The convergence of the cold pool and upslope flow
leads to further initiation of deep convection shortly after the cold-pool
passage (see the discussions section for a further description).
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Figure 3.4: Wind vectors in (r, z) space and moistening of the atmosphere
∆wv (shading in g/m 3 ) for the experiments h250a20, h500a14, and h1000a10
(columns) at t = 09:00, 11:00, and 13:00 (rows). The panels show axisymmetric mean conditions at the respective time, averaged over all 50 days of simulation.
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While the deep-convective life cycle at the three mountains is qualitatively
similar (moisture convergence over the mountain top, cold-pool propagation and interaction with the prevailing upslope winds), substantial differences in timing and amplitude of deep convection and its rain intensity are
found and presented in the following. Figure 3.5a shows Hovmöller diagrams in (r, t) space of the 10 m radial wind and surface rain rate. Positive
values of the radial wind velocity correspond to flow directed away from
the mountain top, while negative value correspond to flow directed to the
mountain top. At all three mountains the upslope flow converges over the
mountain top, which is followed by deep convection and the formation of
a cold pool. The cold pool in turn collides with the prevailing portion of
the upslope flow (the position of the collision point as a function of time is
diagnosed graphically with a magenta dotted line in Figure 3.5). The taller
and hence narrower the mountain, the stronger the upslope wind flow, and
the earlier and more intense precipitation. While the extent of the mountain precipitation is strongly confined to r ≤ a, the propagation of the cold
pool persists further to r ' 2 · a. Note that the Hovmöller diagrams in Figure 3.5a also show remnants of diverging katabatic winds (at t ≤ 07:00)
and reinforced upslope winds after deep convection has dissipated after
t ≥ 16:00 at the h500a14 and h1000a10 mountains. Figure 3.5b shows
the Hovmöller diagram for vertical velocity w at a model level at approximately ' 2 km above the surface. Generally, larger updraft speeds are
found over the taller mountains. The propagation direction of the updraft
anomaly at 2 km above ground in (r, t) space is almost perpendicular to
the surface rain rate gradient in (r, t) space (e.g. between 09:00 and 11:00
at the h1000a10 mountain in Figure 3.5). This geometric consideration indicates that the precipitation is not only temporally but also spatially decoupled from its updraft, which somewhat resembles squall line dynamics (e.g., Rotunno et al., 1988), but with upslope flow instead of large-scale
flow interacting with deep-convective cold air outflow. Figure 3.5c shows
the Hovmöller diagram of the surface latent heat flux (in W/m2 ) for the
three mountains. An enhanced surface latent heat flux at the h1000a10
mountain at r ' a is found in the early morning hours at 07:00, most likely
due to enhanced evaporation as a consequence of dry air advection by the
katabatic winds (see Figure 3.5a at r = 10 km and t = 06:00). Nonetheless, the time integrated latent heat flux over the mountain is generally
smaller than over the foreland. The strong moistening and the associated
precipitation enhancement over the mountain is therefore dominated by
the lateral moisture advection by the upslope wind. In order to quantify
that lateral moistening, Figure 3.5c shows the Hovmöller diagram of the
vertically integrated water Wtot , which is calculated as:
Z z=ztop
Wtot (t, r) =
ρ(t, r, z) · qt (t, r, z)dz,
(3.4)
z=zsurf
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Figure 3.6: Daily accumulated mean rain amount P (mean over r < 30 km) in
mm/d of all 50 days of simulation for the mountains h250a20, h500a14, and
h1000a0 (all having the same volume), and the corresponding ensemble mean
for the three experiments.
where qt denotes the specific content of all water phases (vapour v, cloud
water c, ice i, snow s, and graupel g)
qt = qv + qc + qi + qs + qg .

(3.5)

The total water mass Wtot in the early morning hours strongly decreases
with surface height due to the smaller atmospheric column and reduced
specific humidity with height. However, the moistening by the upslope
winds in the course of the morning hours is considerable. While Wtot over
the h1000a10 in the early morning hours is less than 20 mm, it reaches
maxima well above 40 mm as a result of lateral moisture convergence.
The Wtot anomaly is depleted by deep convection on relatively small time
scales, e.g., 3 hours for the h1000a10 mountain. Given the differences
in atmospheric moistening and the resulting deep convection at the three
mountains, the question emerges how much moisture they extract.

3.3.2

Linear Scaling Between Rain Amount P and Mountain
Volume V

The life cycle of orographic deep convection at the h250a20, h500a14, and
h1000a10 mountains substantially differ in terms of timing and local intensities. As a next step we relate the total rain amount P received within
r < 30 km to the volume V of the underlying mountain. Figure 3.6a shows
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members (each having a duration of 5 days), and the large squares show rain
amount averaged over the ensemble. (b) shows a zoom into the shaded region
π ·100 km3 '
in (a). The rain amount P0 = 2.7 mm/d and the volume V0 = log(2)
453 km3 of the h1000a10 mountain are used for the normalization.
the daily accumulated rain amount (averaged over r < 30 km) for the three
mountains. It shows that the day-to-day variability of mean rain amounts
is substantial. For instance it ranges between 1 mm and 7 mm for the lowest mountain h250a20, and between 1.2 mm and 4.5 mm for the taller
mountains h500a14 and h1000a10, respectively. The spread is strongly
determined by day-to-day variability and less so by differences between
the ensemble members. A systematic decrease of the spread towards the
taller mountain is evident. Although the spread is substantial, the three
mountains receive the same rain amount in the statistical mean (calculated
as the consecutive application of the ensemble and daily average).
In fact the statistical mean rain amount P is found to scale almost linearly
with the volume of the mountain over nearly the full range of mountain
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heights and half-widths in H × A, as can be seen in Figure 3.7. Both volume V and total rain amount P are normalized with the volume of the
h1000a10 Gaussian mountain (V0 = 453 km3 ) and rain amount P = P0 =
2.7 mm/d. For very small volumes (V /V0 <0.5 in Figure 3.7) we find a
slight departure from the linearity, where the rain amount slightly flattens out and converges towards the rain amount that is received in the absence of the mountain (P /P0 = 0.5 for V /V0 = 0, i.e. flat terrain). Over flat
terrain surface heating and the associated boundary layer growth control
deep-convective precipitation. Also for the largest volumes a slight but
less prominent departure from the linear relationship emerges. The size
of the analysis region is set to r = 30 km which corresponds to the largest
mountain half-width considered in this study. The linear relationship is
not sensitive to the choice of the analysis regions (r = 40 km or 50 km instead of 30 km), but the average precipitation amounts decrease with the
radius.
To what extent is the linear scaling valid for alternative mountain geometries and taller Gaussian mountains and how does large-scale flow affect
this simple relationship? In the following we present further simulations,
in which we test the robustness of the nearly linear P ∝ V scaling regime.

3.3.3

Robustness Tests of the P ∝ V Scaling

We test the robustness of the linear scaling regime to a set of changes in
the mountain geometry and the presence of large-scale flow. The tests are
restricted to a subset of h/a configuration, as shown in Table 3.1.
Mountain Geometry Tests
In the mountain geometry tests, the characteristics of the upslope winds
are modified by using cos2 -shaped mountains. An additional test breaks
the axisymmetry by adding multiple Gaussian peaks. Figure 3.8 compares the atmospheric moistening of a Gaussian and a cos2 -shaped mountain, with h = 500 m and a = 14 km. By construction, the volume of the
cos2 -shaped mountain is smaller by a factor log(2), but has steeper slopes.
Stronger, but spatially more confined upslope flow develops at the cos2 shaped mountain as compared to the Gaussian mountain at 09:00. The
corresponding moistening anomaly at r ' a is more pronounced at the
cos2 -shaped mountain, and the onset of rain and the cold pool formation
occur earlier.
The relationship between rain amount P and mountain volume V for both
the Gaussian and the cos2 -shaped mountain (Figure 3.9) are nonetheless
similar. A linear scaling emerges for large volumes V , except for a slight
flattening of the scaling for very small volumes (V /V0 → 0). Figure 3.9
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additionally shows the relationship between P and V if multiple peak
mountains are considered (see Table 3.1). Note that while the spread of
the ensemble members is considerable, the mean still lies well within the
spread of rain amount at the h1000a10, which has the same volume as the
mountains with multiple peaks.
Tests with Very Tall Mountains without Large-Scale Flow
Figure 3.10 shows the total accumulated rain amount P in presence of the
h500a14, h1500a14, h3000a14 for the experiments U0. At the h500a14
and h1500a14 mountains (equally so at the h2000a14 mountain; not shown)
the precipitation increases monotonically with surface height and reaches
its maximum at the mountain top. In the h3000a14 experiment (and
similarly so in the h4000a14 experiment; not shown) precipitation increases monotonically with height but reaches its maximum at the mountain slopes (see the ring in Figure 3.10) at a surface height of approximately 2000 m. Over the mountain top a local precipitation minimum is
formed. Interestingly, the maximum precipitation at the h4000a14 mountain is found at a similar surface height. Consistent with the spatial distribution of precipitation, the Hovmöller diagrams of w at the h3000a14
and h4000a14 mountains (not shown) strongly differ from h1500a14 and
h500a14 (see Figure 3.5) in that the maximum updraft speed is not found
over the mountain top but at approximately r=10 km. Furthermore the
maximum Wtot is not reached over the mountain top for the h3000a14 and
h4000a14 mountains, indicating that the moistening at the h3000a14 and
h4000a14 mountains is limited. This will be discussed in section 4b using
considerations related to the decrease of saturation water vapor pressure
with height.
Figure 3.10 shows the horizontal wind speed u in a crossection through
the three mountains at t =12:00. The typical deep-convective structure is
evident in all three simulations: horizontal divergence at the tropopause,
convergence in the mid-troposphere and divergence over the mountain
surface due to the cold pool. Finally, Figure 3.12 shows the rain amount
P received under zero background wind conditions in U0 for the VARh
experiments, in which the mountain width is fixed to 14 km and the height
is varied in the range from 250 m to 4000 m height (the results for the U5
and U10 wind experiments are discussed in the next section). Note that
the results for the h ≤ 1500 m tall mountains are also shown in Figure
3.7 and used for comparison. For mountains with h > 1500 m the P − V relationship departs from linearity.
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Figure 3.10: Surface accumulated precipitation (shading in mm/d) at the
h500a14, h1500a14, and the h3000a14 mountain as a function of the largescale flow experiments U0, U5, and U10. Arrows show the horizontal wind
field at 500 m height at 10:00. The mountain at half its maximum height is
indicated by a black circle. The red dashed circle of radius r = 30 km indicates
the analysis region.
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Tests with Large-Scale Flow
In the previous sections we discussed thermally-driven orographic deep
convection in an initially resting atmosphere (U0 experiments). Largescale flow implies flow over or around the mountain. Therefore an additional mechanical component is added to the total orographic forcing.
Consequently, the impact of large-scale flow on the rain amount at the
mountain is not straightforward. On the one hand lee-side convergence
is often observed to provide favorable conditions for deep convection (e.g.
Hagen et al., 2011). On the other hand the large-scale flow interacts with
the thermally driven upslope winds, which can further enhance lee-side
convergence (Hassanzadeh et al., 2016), but also vent away parts of the
heat anomaly that builds up over the mountain (Kirshbaum, 2011). How
is the relationship between P and V affected by large-scale flow? In this
section we present the results for the experiments with sheared flow impinging on the mountain from the negative x-direction (see Figure 3.2 for
the utilized wind profiles U5 and U10). Figure 3.10 shows the total accumulated rain amount P in presence of the h500a14, h1500a14, h3000a14
for the experiments U0, U5, and U10. The horizontal flow field at a constant height of 500 m at 10:00 is also shown. Under zero background wind
conditions, the precipitation enhancement at the h500a14 and h1500a14
mountains is axisymmetric and confined to the mountain top for both
mountains. In case of large-scale flow the precipitation anomaly is shifted
downwind and elongated in the y direction in h1500a14_U5 and increasingly so in h1500a14_U10. Two rain amount maxima in the lee of the
h1500a14 mountain appear. This effect, which is less clear for the lower
h500a14 mountain, is likely due to the interaction of reversed flow and the
upslope flow in the lee of the mountain (the wake in the lee of h150014
in Figure 3.10). Flow reversal and vortex pair production in the lee of
mountains is an often observed feature for low Froude number flows (e.g.
Smolarkiewicz and Rotunno, 1989). Note that the resulting horizontal differences in precipitation reach more than 30 mm/day over a distance of
10 km, highlighting the strong spatial concentration of deep-convective
precipitation. Overall, the large-scale flow generates a richer response of
deep-convective precipitation than just a linear downwind translation.
Figure 3.11 shows the horizontal wind anomaly u 0 at 12:00 in a x−z−crossection
through the mountain top for the h500a14 and h1500a14 as a function of
the large-scale flow U0, U5, and U10. The anomaly u 0 is shown to infer
the impact of the mountain and the large-scale flow on deep convection.
It is defined as
u 0 (x, y = 0, z) = u(x, y = 0, z) − U (z)
(3.6)
where u(x, y = 0, z) denotes the horizontal wind field and U (z) the initial
large-scale flow profile (U5 and U10 in Figure 3.2b). With large-scale flow
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Figure 3.11: t =12:00 snapshot of the horizontal wind anomaly u 0 (shading in
m/s) in a x−z- crossection through the h500a14, h1500a14, and the h3000a14
mountain for the large-scale flow experiments U0, U5, and U10. The flow arrives from the negative x−direction. The horizontal wind anomaly u 0 is defined
as u 0 = u − U , where u is the wind field and U (z) the initial wind profile if no
mountain was present. Note that u = u 0 for the U0 experiment, since U (z) = 0
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Figure 3.12: Rain amount P /P0 vs. mountain volume V /V0 as a function
of large-scale flow (U0,U5, and U10 experiments) for the experiments VARa
(h = 500 m and a ∈ A) and for the VARh with a = 14 km and h ranging from
250 m to 4000 m. The top x-axes show the corresponding mountain widths
and mountain heights in the experiments. The volume V0 and the rain amount
P0 = 2.7 mm/d of the h1000a10 mountain are used for the normalization.
the deep-convective structure is shifted towards the lee of the mountain
and its symmetry is broken, in particular for the taller h1500a14 mountain. In the lee of both mountains a negative u 0 anomaly over the surface
at 0 < x < 8 · a indicates the existence of a wake. Especially near the surface a complicated u 0 -structure appears, that contains the cold pool, the
prevailing upslope flows, and the wake.
The rain amount that is extracted via deep convection in presence of largescale flow is calculated as follows. Given the rain amount field P (x, y) in
an experiment (see Figure 3.10) we first calculate the mean in y-direction
of the rain amount within a 30 km wide zonal strip centered around the
top of the mountain. Then we determine the location of the maximum.
In order to remain consistent with the results in the previous sections the
rain amount in a r = 30 km circle around that maximum is used for further analysis. An illustration of this analysis strategy is shown in Figure
3.10 with red dashed circles. Figure 3.12 shows the rain amount P as a
function of mountain volume V for the fixed mountain height but vary-

3.4. Discussion

65

ing width experiments in VARa. The linear scaling prevails for U5 and
U10 over almost the whole range of mountain widths considered. Only
for very small volumes, i.e. widths ≤ 10 km, the relationship slightly departs from the linear scaling for U10. Figure 3.12 also shows the rain
amount P versus the mountain volume V ∝ h for the VARh experiments
in which the height is the control parameter and a is fixed to 14 km. For
small volumes (and correspondingly small heights h ≤ 750 m) the impact
of the background flow on the scaling lies within ensemble spread. For
taller mountains (h ≥ 1000 m) however the rain amount is decreasing with
large-scale wind. For example, the rain amount received by the h1500a14
mountain in presence of the U10 flow is similar to the rain amount received by the twice as low, and therefore by a factor 2 less voluminous,
mountain h750a14 in case of U0. The volume scaling therefore starts to
break down in the limit of tall mountains and strong large-scale flow.
These findings overall suggest that the volume scaling is also valid in presence of large-scale flow for lower mountains h ≤ 750 m. However it breaks
down for large-scale flows impinging on tall mountains (mountain volume
does not predict rain amount). Nonetheless we find that the relationship
between rain amount and mountain volume is approximately linear, however at a smaller slope, if the large-scale flow is fixed. This suggests that
the impact of the orographic elevated heating on deep-convective precipitation is most pronounced in a resting atmosphere. These findings are
discussed in the next sections.

3.4

Discussion

Our study finds the existence of a deep-convective regime in which deepconvective rain amount is linearly controlled by the mountain volume.
The findings are surprising because the linear scaling is valid for a relatively large portion of the parameter space. How does the scaling emerge?
And, how does it break down for very tall mountains or intermediate
height mountains under the action of large-scale flow? We present some
hypotheses in the following.

3.4.1

Conceptual Model for the P ∝ V Scaling

Figure 3.13a shows the diurnal cycle of surface sensible and latent heat
flux (H and E respectively) averaged over r < 30 km around the h250a20,
h500a14, and h1000a10 mountains. The daily mean surface sensible and
latent heat fluxes (H and E respectively) are shown in Figure 3.13b as a
function of mountain volume V for the H × A mountains with zero background wind. H is nearly independent of V and E in fact decreases with
V : neither surface sensible nor latent heat fluxes can explain the linear
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Figure 3.13: (a) Diurnal cycle of surface sensible H and latent heat flux E for the mountains h250a20, h500a14 and h1000a10
averaged over r < 30 km. (b) The 06:00-18:00 time mean of H and E for the simulations with the Gaussian mountains with
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Gaussian mountains. The colors show different mountain heights. The volume is normalized with V0 the volume of the h1000a10
mountain. (e) Integrated influx Fv,tot vs rain amount P . The values are normalized with the corresponding values of the h500a14
mountain. All values are the ensemble mean quantities, i.e. averages over the 50 days of simulation.
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Va=Vc - Vm

Vc

Va=Vc

hPBL

Vm

Figure 3.14: Sketch of the reduced atmospheric volume Va over a mountainous region of volume Vm as compared to flat terrain. Vc denotes a cylindrical
control volume. The top of this control volume equals the top of the PBL.
P ∝ V scaling, i.e. the rain enhancement with mountain volume. It is
rather the thermally-driven (lateral) moisture convergence that drives the
rain enhancement. The volume of the atmosphere over the mountain (see
Figure 3.14a) is reduced by the volume of the mountain V . Since the simulated time-integrated surface heat fluxes H are nearly independent of
mountain height, a surplus warming of the atmosphere as compared to
the flat foreland results (Figure 3.14b). Similar energetic arguments have
already been introduced, e.g. to explain the stronger diurnal warming of
valleys as compared to the nearby plains, commonly expressed in terms of
a topographic amplification factor (see e.g. Whiteman, 1990). Therefore,
in order to explain the P ∝ V scaling, we shall examine the impact of the
mountain volume V on the moisture convergence.
The relationship between the lateral moisture advection by the upslope
flow and the total water mass Wtot in case of the h250a20, h500a14, and
h1000a10 mountains has already been shown qualitatively in Figure 3.5c.
More specifcally, Figure 3.13c shows the diurnal cycle of the associated
vertically integrated lateral influx of water vapour Fv at r0 = 30 km
Z ztop
Fv (t) = −
ρ(t, r = r0 , z) · qv (t, r = r0 , z) · ur (t, r = r0 , z) dz (3.7)
hsurf (r=r0 )

for the three mountains with identical volume. Here ρ denotes the air
density and qv the specific humidity. We integrate between the surface
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height at r = 30 km and the top of the model domain at ztop . The minus
sign is applied to obtain positive values for converging fluxes (F > 0 for
ur < 0). Since both the upslope flow ur and the humidity qv are largest in
the boundary layer, their magnitude in the lower atmosphere (z < 2 km)
dominates the lateral moisture influx. Consistent with the life cycle of the
mountain flow discussed in section 3, the lateral influx of water vapour
undergoes 4 stages over the course of the day:
1. radiatively driven katabatic flows until approximately 07:00 (drying)
2. upslope flows between t1 = 07:00 and ' t2 =13:00 (moistening)
3. cold pool outflow between 13:00 and 18:00 (drying)
4. reinforced upslope flow after 18:00 until 20:00 (moistening).
The total influx during the upslope flow period between t1 and t2
Z t2
Fv,tot =
Fv (t) dt

(3.8)

t1

gives the total influx during the period with upslope flows and deep convection between the times t1 and t2 . The shaded area under the curves in
Fig 3.13c indicates the value of Fv,tot graphically. Figure 3.13d shows the
total influx for all Gaussian mountains with (h, a) ∈ H × A as a function
of mountain volume V . Note that the times t1 and t2 differ as a function
of height h and width a, and are determined objectively from the timeevolution of the influx Fv (t). We find a linear scaling Fv,tot ∝ V over almost
the whole range, except for the slight flattening out for large mountain
volumes. The approximately linear scaling between total vapour influx
Fv,tot ∝ V therefore implies that sufficient moisture is converging over the
mountain to support a P ∝ V scaling. Finally, Figure 3.13e shows that
the rain amount P responds almost linearly to the total moisture influx
Fv,tot for the mountains with (h, a) ∈ H × A. This suggests a constant deepconvective precipitation efficiency (which is defined as the total surface
rainfall divided by the water influx into the deep-convective storm e.g.
Weisman and Klemp, 1982) over the entire range of mountains considered.
In summary, the rainfall enhancement over the mountain is proportional
to the thermally-driven moisture convergence, which in turn is proportional to the surplus warming of the mountain atmosphere relative to its
foreland. The linear, geometrically motivated, relationship between the
surplus warming of the mountain atmosphere and the mountain volume
closes the argument from the mountain volume to the rain amount.
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Note on the Interaction between the Cold Pool and the
Upslope Flow

As a final remark, we note that the simulated collision of the cold pool
with the upslope flow progresses in a somewhat counter-intuitive way and
is worth addressing in more detail. As a matter of fact, we find the propagation speed of the collision point, which is indicated qualitatively by
the magenta dotted line in Figure 3.5a, to be lower for steeper mountains. In other words, although the cold pool is a high density current
subject to the gravitational acceleration at the mountain slope, it spreads
more slowly over steeper mountains. An analysis of this phenomenon is
far from straight-forward: the cold pool intensity depends on rain intensity, which in turn depends on the formation of the elevated convergence
zone by the upslope flow. A systematic study investigating the interaction between the cold outflow from orographic deep convection and the
diurnal upslope flow as a function of mountain slope would complement
existing studies on the interaction between upslope flows and the evaporatively driven outflows (e.g. Demko et al., 2009; Soderholm et al., 2013;
Panosetti et al., 2016). This dynamical interaction strongly determines the
time evolution of orographically triggered deep convection, even under
zero or light background wind conditions (Miglietta and Rotunno, 2009).
For instance, Soderholm et al. (2013) found this interaction to produce
long-lived and vigorous deep-convective thunderstorms. At this stage we
have to leave an in-depth analysis of this potentially important component
of moist orographic convection for a future study.

3.4.3

Breakdown of the P ∝ V Scaling for Very Tall Mountains

While we find the linear P ∝ V scaling to hold over H × A (i.e. mountains with h < 1500 m in height) under zero background wind conditions,
a departure from linearity for the tallest mountains with h ≥ 2000 m is
found. Nonetheless the P − V relationship appears to remain linear also
for the tallest mountains, yet at a smaller proportionality factor. A common feature of the two tallest mountains (h3000a14 and h4000a14), which
distinguishes them from the lower mountains with h ≤ 2000 m, is the spatial distribution of the rain: in case of h ≤ 2000 m rain amount increases
monotonically with height and reaches its maximum over the mountain
top, while for the tallest mountains with h ≥ 3000 m the rain amount increases monotonically until an altitude of approximately 2100 m (i.e. at
the mountain slopes). Over the mountain top the rain amount reaches a local minimum (see the maximum rain amount ring at the h3000a14 mountain for U0 in Figure 3.10). A non-monotonous increase of orographic
precipitation with height is a well-known feature known from observations (e.g. Frei and Schär, 1998) or convection-resolving simulations (e.g.
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(a)

(b)

Figure 3.15: (a) Same as Figure 3.13d but for the VARh mountains. (b) Same
as Figure 3.13e but for the VARh mountains.
Ban et al., 2014) of Alpine summer precipitation. It is related to the decrease of total moisture availability over very tall mountains as a result
of the decrease of saturation water vapour pressure with temperature as
described by the Clausius-Clapeyron equation. Although a direct comparison with our results is not possible, similar thermodynamical constraints
might be at work. A qualitative support can be found in the Hovmöller
diagrams (not shown) of the total water mass Wtot for the h3000a14 and
the h4000a14 mountain (the corresponding diagrams for the lower mountains are shown in 3.5c). While Wtot at the lower mountains reaches a
maximum over the mountain top, it reaches a maximum at the mountain
slope for the tallest mountains h3000a14 and h4000a14.
In order to address the departure from linearity of the P − V -relationship
for mountains with h ≥ 2000 m under zero background wind conditions,
we calculated the total moisture influx Fv,tot (equation 3.8) for the tall
mountains. Figure 3.15a shows the influx Fv,tot at the mountains as a
function of mountain volume. The flattening out of Fv,tot for the tallest
mountains is similar to the flattening out of the rain amounts P as shown
in Figure 3.12b. In fact, the rain amount P scales nearly linearly with Fv,tot
for the two tallest mountains (see Figure 3.15b), implying that the breakdown of the linear scaling is caused by reduced moisture influx Fv,tot due
to weakened upslope flows and not a reduction in deep-convective precipitation efficiency. We haven’t further investigated the decrease of upslope
flow strength, but suspect it to root in the same effect as found in the study
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on upslope flow at a mountainous island by Wang and Kirshbaum (2017).
They related the weakened upslope to a weakened pressure-gradient force
due to stable ascent in the free troposphere.

3.4.4

Breakdown of the P ∝ V Scaling under the Action of LargeScale Flows

We find the breakdown of the scaling if upstream flows are present at sufficiently tall mountains. As an example, the rain amount at the h1500a14
mountain under the U10 flow decreases to a similar amount as the lower
mountain in h750a14 in a resting atmosphere (see Figure 3.12).
Studies report both enhancing and detrimental impacts of large-scale flow
on deep-convective precipitation. For instance, Nugent et al. (2014) analysed the wind speed control on deep convection over the Dominica islands, by means of observations gathered during the DOMEX field campaign and numerical modeling. Under weak wind speeds of approximately 2 m/s, thermally driven convection initiated by surface convergence leads to cloud formation in the lee of the mountain. The dominance
of the thermal component in convection initiation manifests in enhanced
mountain top surface temperatures due to the weak ventilation. In case
of strong winds of approximately 10 m/s however, the mechanical influence of the mountain starts to dominate and orographic convection shifts
windwards due to the orographic uplift. The impact of the wind speed on
precipitation, however, was not fully resolved but rain amounts tend to
be positively correlated with wind speed. Negative impacts of wind speed
on deep convection and the respective rain amounts have equally been reported. For instance Metzger et al. (2014) studied deep convection over
the mountainous island of Corsica in semi-idealized convection-resolving
simulations. Convection over the island generally was favored under weak
wind conditions. Under these conditions the flow direction, and less so
convective indices such as CAPE and CIN, had a major impact on convection over the island. Kirshbaum (2011) delivers another demonstration
of the detrimental impact of wind on deep convection over a diurnally
heated mountain using 2D convection-resolving simulations. Under conditionally unstable but strongly inhibited environmental conditions, deep
convection develops through the repeated detrainment of the inhibition
layer by updrafts originating from the thermally triggered horizontal convergence zones above the mountain. Relatively weak background wind
speeds of 3 m/s were sufficient to completely suppress deep convection
over the mountain due to two reasons. First, the ventilation of heat from
the mountain top weakens the thermally induced updraft. Second, upperlevel advection of moisture hinders the ability of shallow convection to
precondition the atmosphere for subsequent deep convection.
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In line with the studies by Kirshbaum (2011) and Metzger et al. (2014), our
study finds background winds to reduce rain amounts, as the ventilation
and the mechanical forcing become systematically stronger for increased
wind speeds and higher mountain. More concretely, once the mountain
is sufficiently tall, rain amounts systematically decrease with increasing
background flow. Consequently the linear P ∝ V breaks down as the background flow dynamics becomes important. The mountain height at which
the scaling starts to break down is about 750 m, but this value likely depends on the stratification of the atmosphere. Also it remains open how
the rain amount relates to the mountain volume if the flow regime shifts
from thermally to mechanically forced.
Another configuration in which the linear P − V scaling breaks down has
been documented in the study by Tucker and Crook (2005). They found
deep convection at an elliptic mountain to strongly depend on wind direction. For winds parallel to the main axis of the mountain the thermally
enhanced destabilization lead to the strongest rain response. As a consequence for the P − V -relationship, mountains with the same volume can
receive significantly different rain amounts. We qualitatively reproduced
the simulations by Tucker and Crook (2005) with an elliptic mountain
with the surface profile:
2

− x2 −

h(x, y) = h · 2

a

y2
b2

.

(3.9)

However, we use our T and RH profiles (see Figure 3.2) and the U5 wind
profile. The mountain parameters are set to h = 1000 m and a = 20 km
and b = 10 km. The orientation of the mountain relative to the large-scale
flow (coming from the left) is rotated by 90◦ to quantify the role of flow
direction. Figure 3.16a and 3.16b show the rain amount field at an elliptic
mountain for along and across major axis flow respectively. The results are
qualitatively similar to Tucker and Crook (2005), in that the rain amount
increases for flow parallel to the major axis. However we only find a 20%
increase, unlike the 700 % increase found by Tucker and Crook (2005). We
note that the simulations are not directly comparable. First, the sounding
used in Tucker and Crook (2005) has stronger lower level winds of approximately 5 m/s increasing to 20 m/s at 200 mbar pressure. Second, our
sounding has moderate amounts of CAPE and little CIN resulting in deep
convection in the whole domain. Contrary to that, deep-convective rain
in the simulations by Tucker and Crook (2005) is strongly confined to the
mountain top and its immediate down-wind surrounding, indicative of an
environment that is hostile to deep convection. In general, it needs to be
emphasized that rain amounts will most likely fail to scale linearly with
the mountain volume during episodes with strong convective inhibition.
In this case not the mountain volume but other parameters, such as the
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Figure 3.16: Surface accumulated precipitation (shading in mm/d) for an
1000 m high, elliptic mountain as function of mountain orientation relative
to the large-scale flow (U5 wind profile) coming from the left. Arrows show
the horizontal flow field at 500 m height at 10:00. The mountain half-height is
indicated by a black circle. The red dashed circle of radius r = 30 km indicates
the analysis region.
mountain height, might govern the behaviour. Furthermore we need to
stress that we focused on thermally driven deep convection as a precipitation generating mechanism. Large-scale lifting of marginally unstable air
masses (Miglietta and Rotunno, 2012; Smith et al., 2005, 2003) was not at
all considered in this study.

3.5

Conclusions

We used a convection-resolving model of the atmosphere with a full physics
parameterization package and an interactive land surface to simulate nearly
4000 days of deep convection in order to study the response of deep convection to different mountain heights and widths during episodes of weak
synoptic forcing. Despite a strong impact of many parameters on upslope
flow strength, deep convection intensity and precipitation statistics, we
found an atmospheric regime in which the statistical mean rain amount
extracted by the mountain scales approximately linearly with the mountain volume. The validity of the linear relationship covers a relatively wide
portion of the parameter space during episodes of weak synoptic forcing.
It needs to be stressed, that the volume scaling only emerges in the statistical mean, i.e. the scaling cannot be applied to single deep-convective
events: mountains with similar volume can receive substantially different
rain amounts due to convective variability. The scaling breaks down in the
limit of very tall mountains due to weakened upslope flows. Equally, the
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scaling is found to break down when upstream flow past sufficiently tall
mountains perturbs the formation of the elevated moisture convergence
zone.
The study has some important implications for research on orographic
deep convection. On the one hand the findings highlight the importance
to mathematically conserve mountain volume when smoothing the orography in studies of orographic deep convection. This is particularly important for kilometer-scale simulations of weather and climate, in which
mountain peaks and valleys, but also upslope winds are increasingly resolved. This study also addresses the role of different horizontal scales
for the simulated hydrological cycle in mountainous areas during often
occurring periods of weak synoptic forcing. In particular the relative importance of small-scale features is addressed: since the largest horizontal scales contribute disproportionally to the mountain volume (Turcotte,
1987), our results suggest that these scales dominate the deep-convective
precipitation amount in the statistical mean, especially during episodes of
weak synoptic forcing. This concerns the rain amount, i.e. it does not exclude small-scale features to significantly affect local precipitation statistics and single events.
A potential avenue to test the validity of the linear P ∝ V scaling in observations is the exploitation of precipitation radar systems, which deliver
the high spatial and temporal resolution necessary for observational studies of deep-convective thunderstorms in mountainous areas. An initial
target area could be the relatively low (h < 1000 m) and isolated mountains such as the Vosges in eastern France, the Black Forest mountains in
southwestern Germany, the Jura mountains in Switzerland or the Black
Hills in North Dakota, which have a well-defined volume relative to their
foreland. Precipitation radar data covering large mountainous areas and
extended time periods of more than 10 years are readily available. They
have proven invaluable for the study of deep convection in different mountainous areas (e.g. Hagen et al., 2011; Soderholm et al., 2013; Kirshbaum
et al., 2016; Panziera et al., 2018).
Orographic deep convection is the result of the three-dimensional, turbulent, and multi-phase coupling between atmospheric dynamics, radiation, surface heating and microphysics. Its study therefore remains a
formidable analytical, numerical and observational challenge. In order
to further advance our understanding of the many facets of orographic
deep convection and to further test the extent to which the P ∝ V scaling is valid, future research needs to address some open issues. On the
dynamical side for instance, one could investigate the impact of the atmospheric stratification on both the upslope flow, the deep convection and
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the precipitation response. In particular, strongly inhibited atmospheres
are of interest, since they cap the release of boundary layer moisture and
hinder the formation of deep convection. Under these hostile conditions,
mountain flows can deliver the necessary trigger for vigorous deep convection. Consequently we do not expect the mountain volume to control
deep convection initiation and ultimately the rain amount. Another potentially important dynamical issue relates to the impact of the Coriolis
force on the structure of the elevated convergence zones in mountainous
areas and the transformation of orographically-triggered deep convection
into long-lived system (Skamarock et al., 1994). Furthermore this study
focuses on thermally-driven deep convection, which is widespread, especially during recurrent episodes of weak synoptic forcing. Precipitationgenerating mechanisms that are not considered in this study include largescale mechanical lifting of marginally unstable air masses, embedded convection, shear-induced organisation of deep convection and triggering by
land-surface heterogeneities.
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Conclusions and Outlook

Thunderstorms and rain showers over complex orography and heterogeneous land surfaces are fundamental atmospheric phenomena of key importance to the climate and hydrology of the low and mid latitudes. To
investigate these multi-scale moist convective processes, high-resolution
simulations were run with the COSMO model, a state-of-the-art model of
the coupled land surface-atmosphere system. The simulations were conducted with full physics parameterization schemes, except for deep convection, which is explicitly resolved at a grid spacing of around 1 km. The
focus has been put on atmospheric conditions during episodes of weak
synoptic forcing when deep moist convection evolves out of "thin air" and
when its simulation in numerical models is most challenging. Under these
conditions, the atmosphere is most tightly coupled to the underlying orography, the land surface and variations therein.
This thesis focuses on two major components: orography and soil moisture. Over land, they provide the lower boundary condition to the atmosphere and actively influence the continental hydrological cycle. While
orography is static, soil moisture evolves in time and is therefore more
challenging to represent in models. As a consequence, these components,
directly and indirectly, affect the water resources and equally the exposure
to severe weather of millions of people. The main objective of this thesis
is to contribute to a deeper understanding of the continental hydrological
cycle, its drivers and their relative importance. The main findings of this
thesis are summarized in the following:
• In absence of orography, spatial soil moisture anomalies are crucial
in determining the location, timing and amplitude of deep-convective
precipitation. The simulations demonstrate that if the horizontal
soil moisture distribution is spatially uniform, moist soils receive
more rain, indicative for a positive soil moisture-precipitation feedback. However, in presence of localized soil-moisture anomalies,
areas with dry soil receive substantially more rain than the moist
soils, i.e. a negative feedback. This impressively demonstrates the
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role of soil moisture anomalies in flat terrain, and highlights the importance for a adequate representation of soil moisture in model of
weather and climate to adequately simulate its interaction with deep
convection. The feedback is strongly dependent on whether threedimensional shallow mesoscale circulations, located at soil moisture
boundaries, are resolved by the numerical model. The absence of
these circulations in coarser resolution models in combination with
parameterized convection suggests that the soil-moisture precipitation feedback is inadequately represented at low computational resolutions.
• The role of soil moisture heterogeneity is also assessed in mountainous areas. Mountains are often drier than their forelands due to
gravitational run-off. The idealized simulations suggest that mountains, which are drier than their forelands, develop stronger upslope flow and therefore receive more precipitation. This negative
soil moisture-precipitation feedback (dry mountains receiving more
rain than moist mountains), which ensures that the mountain does
not dry out, is most pronounced for relatively low mountains. However, once the mountain exceeds a certain height, the dynamic contribution from soil moisture anomalies to the enhancement of deep
convection is minor. The results suggests that in many mountainous
regions the relative importance of soil moisture heterogeneities for
deep-convective precipitation is relatively small.
• Real mountains are complex fractals. As a consequence weather and
climate in mountainous areas may differ strongly on all scales. In
particular, the relative importance of small-scale terrain features,
such as single isolated peaks (e.g. Mt. Säntis), embedded in a larger
mountainous region (such as the Alps) are potentially important.
Due to the underlying non-linearity, orographic deep convection triggered by small-scale features can grow into a multi-scale phenomenon
covering the whole mountainous area. A comprehensive set of idealized simulations has been conducted to investigate how the height,
slope and width of the mountain control the strength of the upslope flows as well as the timing and local vigor of deep convection. While the rain amount in the vicinity of the mountain shows
substantial day-to-day variability, the results show that mean rain
amounts scale almost linearly with the mountain volume. This linear scaling is robust to alternative mountain profiles, multiple peaks
and to vertically sheared large-scale flow impinging on the mountain. However, the scaling breaks down in the limit of strong largescale flows at sufficiently tall mountains. In such cases the flow
vents the heat anomaly over the mountain top thereby reducing rain
amounts. Theses findings overall suggest that the rain amount pro-
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duced in orographic deep convection in weak synoptic conditions is
strongly determined by a simple scaling. Given the power-law distribution of orography in spectral density space, the linear scaling
suggests that climatological convective rain amounts in mountainous areas during episodes of weak synoptic forcing is mostly controlled by the large scales of orography and less so by small-scale
terrain features, such as single mountain peaks.
• Overall, the thesis is testimony to the dominance of orography in
driving deep-convective activity over land. For weather and climate
modelers, the dominance is a lucky situation, as it suggests that orographic deep convection in its statistical mean is rather robust to
uncertainties in land-surface parameters.
High-resolution models with explicit convection are closer to first principles than low-resolution models with parameterized convection and hence
deliver a more credible representation of the key processes that shape the
continental hydrological cycle. The simulations produced and analyzed
in this thesis can help to interpret results from regional or even global
convection-resolving climate simulations. On the other hand they also deliver important tests for the model evaluation of the representation of key
atmospheric processes in models with coarser resolution, in which deep
convection is parameterized.
While the idealizations and the adopted modeling framework have enabled a coherent investigation of the targeted objectives of this thesis, the
general validity of the results remains a next question. In the following
I outline next steps towards less idealization and open questions I find
interesting:

Impact of Soil Moisture Heterogeneity on European Summer Climate
The time is ripe to step into the real world1 . A major finding of this thesis is that coupling between soil moisture heterogeneities and the atmosphere is not only dependent on the characteristics of the heterogeneity,
but also on whether mountains are present. Observations have identified
some hot spots for strong land-surface atmosphere coupling, such as the
Sahel (Taylor et al., 2012), the Great Plains (Tuttle and Salvucci, 2016)
or other semi-arid environments. European summers on the other hand
might be interesting to study after anomalously dry springs and winters.
Where in Europe might soil moisture anomalies have the larest impact?
How strong ist the impact relative to the impact of orography? Parts of
1 I’ve learned to use the word "realistic" to asses the realism of a numerical model with care.
What is considered as realistic often unveils as less idealized (e.g. Held, 2005; Heng, 2014).
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these questions are addressed with the idealized setup in appendices A.1
and A.3.
The use of large-scale computational domains and longer integration periods allows increasing the sample size and addressing sufficiently different
synoptic conditions, and to decrease the probability for spin-up effects, or
the masking of effects by convective variability (Henneberg et al., 2018).
Fortunately the emerging new generation of supercomputers and rewritten codes such as the GPU-enabled version of the COSMO code (Fuhrer
et al., 2014; Leutwyler et al., 2016) enable relatively inexpensive hypothesis testing. Such simulations would not only deepen our understanding
of the hydrological cycle but also prepare the foundation for the development of parameterization schemes for global climate models which will
continue to be used for climate projections.
Encouraging results are found in research addressing the role of land surface heterogeneities in quantitative precipitation forecasting. A center
point of that research revolves around the enhancement of the ensemble
dispersion by introducing soil moisture perturbation techniques. Results
indicate that not only the synoptic situation (Klasa et al., 2018; Keil et al.,
2014) but also regional differences are observed. They include systematically lower sensitivities of ensemble spread to soil moisture, if orography
is present (Hohenegger et al., 2009; Baur et al., 2018), which is in line with
the finding of this thesis in the idealized setup.

Interactions between the Sub-Surface Layer and the Atmosphere
In regions where soil moisture strongly interacts with deep convection, a
more accurate representation of sub-surface layer processes is suspected to
remove known biases in climate models. Since soil moisture in this thesis
has been mostly prescribed, the question emerges how essential interactive soil moisture is for daily to monthly time scales. Especially for longer
(monthly, seasonal or annual) time scales an adequate representation of
sub-surface processes is required given that the soil is running freely, often
only forced by the atmosphere. Current research investigates the impact of
gravitational runoff (Schlemmer et al., 2018) and/or full groundwater dynamics (Rihani et al., 2015; Maxwell and Kollet, 2008) to overcome some
of the most persistent biases in regional climate models. Further utilizing
the idealized setup could help compare the impact of different representations of soil moisture dynamics on deep convection, both in presence and
absence of mountains.
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Extreme Precipitation under Global Warming
Climate simulations project mean rain amount to decrease, but extreme
precipitation to increase under anthropogenic global warming (Min et al.,
2011; Ban et al., 2015; Rajczak and Schär, 2017). The scaling of precipitation extremes with temperature is an intense area of research, given
its central importance for the future exposure of societies and adaptation
measures to severe weather. I am curious how different scales of land surface and soil moisture heterogeneity affect precipitation statistics. Some
preliminary results suggest that drier soil conditions can increase convective variability (see Appendix A.1 or Wüthrich (2018)). Such studies can
complement existing investigations on the drivers of extreme precipitation, such as cold pool interactions (e.g., Haerter and Schlemmer, 2018;
Torri et al., 2015), mesoscale convergence lines or organized mesoscale
convective systems (e.g., Taylor et al., 2017).

Study of Physical Processes and Higher Resolution
Interaction between Shallow Moist Convection and the Land Surface
While kilometer-scale simulations explicitly resolve deep moist convective
updraft, the representation of deep convection simulated on kilometerscale grids is still excessively laminar, due to too low Reynolds numbers
(e.g., Craig and Dörnbrack, 2008; Bryan and Morrison, 2012). Furthermore, the variability in the PBL as simulated on kilometer-scale grids is often not adequately represented and hence still needs to be parameterized
(e.g., Rasp et al., 2018). The Reynolds number of turbulence in real deepconvective clouds, however, is several orders of magnitude higher than
feasible with current-day mesoscale models. Given the immense computational costs (a grid spacing of at least 1 mm would be required), direct
numerical simulations of entire mesoscale systems will hardly be computationally feasible within the next decades. An avenue towards highresolution modeling, but at attainable computational costs, is the utilization of large eddy simulations at a grid spacing on the order of 100m (Meneveau and Katz, 2000; Stevens and Lenschow, 2001). Large eddy simulations numerically integrate the space- and time-filtered equations of motion and explicitly resolve the turbulent eddies carrying the most energy.
When performing simulations at LES scale, new feedbacks may emerge.
For instance, Rieck et al. (2014) finds a negative coupling between land
surface temperature anomalies and shallow convective clouds. The radiative shading by clouds strongly reduces the sensible heat fluxes and as
a consequence the surface heat flux contrasts at soil moisture anomalies.
These results suggest that the sensible heat flux contrast in kilometer-scale
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simulations is likely overestimated, due to a possible underestimation of
the shallow cloud phase. Shading effects are potentially important in producing regions in the PBL, which are colder than their surrounding (e.g.,
Xiao et al., 2018). A quantification of the impact of the associated cloud
temperature feedback on deep-convective dynamics would be desirable.
Nevertheless, although not all details of deep convection are represented
in kilometer-scale simulations, studies by Langhans et al. (2012) or Panosetti
et al. (2018) find evidence for a sufficient degree of convergence of bulk
properties, which is particularly critical for climate studies.
Radiation in Mountainous Areas
An important issue, which is tightly linked to shallow clouds, relates to
the representation of radiation in models of the atmosphere. Insolation
and atmospheric moisture are important drivers of deep convection. In
mountainous areas, the complex characteristics of insolation affect the pattern and amplitude of the orographic heat anomalies, and hence the corresponding moisture convergence zones. This issue is particularly pressing
for steep slopes and valleys. Radiative transfer in mountainous areas is a
three-dimensional phenomenon and by far more complex than over a flat
ocean surface. Due to computational constraints, the 1D radiation scheme
employed in our simulations (δ-two stream plain-parallel) are relatively
simple. I would find it interesting to study the impact of more sophisticated radiation schemes on the formation of the elevated convergence
zones and deep convection. First investigations on the requirement of
comprehensiveness for radiation schemes have already been performed by
Klinger et al. (2017) in simulations of shallow convection over the ocean.
It is found that 3D radiation strongly enhances the organization of the
cloud field and the longevity of single clouds, which in turn might affect
deep-convective dynamics.
Propagation of Orographically Triggered Deep-Convective Systems
Orographically triggered deep-convective thunderstorm can propagate far
into the forelands (Tucker and Crook, 1999). The propagation away from
the mountains results from the interaction between the deep-convective
cold air outflow and the PBL air. There is evidence from Chapter 3 that
the interaction of the cold air outflow with the prevailing upslope flow
might affect the propagation speed and therefore the lifetime of the deepconvective system (c.f. Hassanzadeh et al. (2016) or Appendix B.3): A
somewhat mechanically counter-intuitive finding is that the speed of the
downslope propagating cold air outflow decreases with increasing mountain slope. A future study should systematically investigate the role of
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this interaction and quantify its role for the lifetime and the propagation
of orographically triggered deep-convective systems.
Impact of Cloud Microphysics on Deep Convection
Rain in deep-convective clouds is a product of both dynamics and cloud
microphysics. The microphysics parameterization affects the evaporation
of rain droplets and therefore the characteristics of the cold air outflow,
which in turn affects the organization of deep convection. Also the parameterization of ice phase processes has received considerable attention, as
the ice phase serves as a catalyst (e.g. via the Bergeron-Findeisen-process)
for the formation of liquid water (Kirshbaum and Smith, 2008; Fan et al.,
2017). Surprisingly, some studies indicate remarkable robustness of deepconvective precipitation to the details of the microphysics schemes. E.g.,
Keller et al. (2016) finds that single and a double moment microphysics
scheme with five hydrometeor types produces strikingly similar diurnal
cycles of precipitation in simulations of an episode of weak synoptic forcing in Central Europe, despite substantially different cloud properties.
Orographic precipitation patterns are found to be sensitive to microphysical parameters, but there are indications that environmental parameters
such as the wind speed or the temperature profile have larger impact on
precipitation amount (e.g., Morales et al., 2018).

Predictability of Deep Convection in Mountainous Areas
Given the persistence of deep convection over mountainous areas and that
its triggering mechanisms are increasingly resolved by kilometer-scale models with explicit convection, deep convection in mountainous regions might
be more predictable than over flat terrain. For climate simulations this
implies that the impact of deep convection on precipitation statistics in
mountainous areas is potentially better represented and therefore less uncertain than over flat terrain, where the scales of the triggering are less
resolved by kilometer-scale models. From a land surface perspective, this
is a somewhat ironic hypothesis as it suggests that the statistical mean
response of deep convection to complex mountain ranges is more simple
than to flat terrain. In fact, evidence is accumulating that thunderstorm
prediction in complex terrain might be easier than over flat terrain. For
instance numerical experiments by Bachmann et al. (2018) find an enhanced predictability of deep convection in presence of mountains, suggesting that the dominant scales for the triggering are adequately resolved
on kilometer-scale grids. An interesting research question is to systematically quantify the deep-convective variability over mountainous terrain as
a function of synoptic forcing.
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Response of Deep Convection to Soil Moisture Perturbation in a Soil Moisture-Limited Evaporation Regime

A major finding of Chapter 2 (Imamovic et al., 2017) is that deep-convective
precipitation responds stronger in amplitude to drier soils as compared to
moister soils. The asymmetry of that response results from the choice of
the soil-moisture (SM) perturbation range (30% - 90% SM saturation), in
which evaporation is mostly energy limited (c.f. Seneviratne et al., 2010).
This is illustrated in Figure A.1a, which shows the domain and diurnal
mean surface latent and sensible heat flux (E and H respectively) as a function of SM saturation θ. The shown surface heat fluxes are simulated by
the COSMO model with flat terrain and a uniform soil moisture distribution in the domain (the simualtion strategy is described in chapter 2).
The spread shows the corresponding minimum and maximum values at
the grid point level. The curve, sometimes referred to as the Budyko curve
(Budyko, 1961), bears some similarities with the corresponding conceptual curve in Figure 5 of Seneviratne et al. (2010).
The energy-limited regime is characterized by a small response of E to
a change in θ, while in the SM limited regime E responds much more
strongly to a change in θ. This asymmetry directly translates into deepconvective precipitation, as e.g. Figure 2.10 illustrates. The asymmetry in
the response of rain is also present for the localized SM perturbations,
for which the amplitude of the rain enhancement by a dry anomaly is
larger than the amplitude of rain suppression by the moist anomaly, despite equal SM differences.
The question arises whether the deep-convective response to SM heterogeneity is stronger and more symmetric in a SM-limited evaporation regime.
This is not only relevant for climatologically dry regions such as the Sahel (Taylor et al., 2011), India or the parts of the Great Plains in the U.S.
(Koster et al., 2004), where the coupling between SM and the atmosphere
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Figure A.1: (a) Domain and daily mean latent and sensible heat flux (E and H
respectively) as a function of soil saturation θ in % as simulated by COSMO.
The spread denotes the differences at the grid point level. The energy limited
and SM limited evaporation regimes are indicated qualitatively. The E curve is
sometimes referred to as the Budyko curve. (b) Comparison of the SM perturbation range in Chapter 2 (Imamovic et al., 2017) and the perturbation range
in this appendix. The dots indicate the reference SM saturation.
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is strong. It is potentially relevant for Europe in summers after a dry winters and springs, when the evaporation regime is potentially shifted towards a more SM limited evaporation regime.
In order to compare the impact of the localized perturbations on deep
convection in such a SM-limited evaporation regime, additional COSMO
simulations with a reference SM saturation set to 40 % are run (rather than
60 % as in chapter 2). The amplitude of the localized perturbations range
from 10 % to 70 % in steps of 10 % SM saturation, as indicated in Figure
A.1b. The naming convention follows chapter 2, e.g. SM4020 denotes
an experiment with a SM anomaly of saturation 20 % surrounded by a
background with a saturation of 40 %. Only simulations with flat terrain
are considered.
Figure A.2 shows the rain amount over the SM anomaly as a function of
SM perturbation ∆θb . In order to determine the rain enhancement or suppresion by the SM anomaly, the area mean rain amount is normalized by
the rain amount which would have been received in absence of the SM
anomaly. The corresponding response function for the experiments with
a moister background of 60 % SM saturation is shown for comparison (c.f.
Figure 2.4b in chapter 2). The sensitivity of deep-convective precipitation
to SM anomalies in drier environments is larger (θref = 40 % in Figure
A.2) than to SM anomalies in moister (θref = 60 % in Figure A.2) environments. For example, precipitation over the moist soil anomaly in SM4070
(c.f. rain amount for ∆θb = +30%) is almost completely suppressed, while
it is substantially enhanced by a factor of almost 450 % over the dry soil
anomaly (c.f. ∆θb = −30 %). The response function does not show a pronounced flattening for relatively moist soil anomalies, as for moist soil
anomalies surrounded by a moister soil (Θref = 60%). However there is a
flattening for very dry soil conditions (c.f. the transition from ∆θb = −20%
vs. ∆θb = −30 % for θref = 40 %). This is most likely due to the artificially
low SM saturation of the SM anomaly in SM4010 (∆θb = −30 %), which
is below the wilting point of the soil. In fact evaporation is completely
suppressed in soils with θ = 10 % (see Figure A.1).
Overall the differences in the response function for different background
soil conditions suggests that SM anomalies in dry environments trigger a
more vigorous deep-convective response. Also the response is more symmetric in terms of rain enhancement and rain suppression, in particular
for the perturbation range ∆θb ∈ [−20 %, +20 %]. Therefore, a potentially
stronger SM-precipitation feedback can be expected to develop in dry regions, which hinders the formation of excessively dry regions at the expense of the moist surrounding. An important component of the mitigation mechanism are the mesoscale circulations that develop at the SM
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Figure A.2: Rain amount over SM anomalies as function of the SM perturbation ∆θb , i.e. the SM difference between SM anomaly and its background.
The blue curve shows the results for the perturbation experiments with a background SM saturation of 40 %, while the blue curve shows the results for the
perturbation experiments with a background SM saturation of 60 %.
boundaries, i.e. where the sensible heat flux contrast and therefore the
horizontal baroclinicity are maximized.
Figure A.3 shows the evolution of the sensible heat flux contrast ∆H in the
simulations. The contrast is calculated as the difference between H averaged over the anomaly minus H in the surrounding of the anomaly. The
contrast in the whole experimental range goes from almost - 100 W/m2
(for SM4070) to +200 W/m2 (for SM4070), which is almost twice the range
of the sensible heat flux contrast in the experiments with a moister background with 60 % saturation (see Figure 2.7).
The amplitude and the sign of the H contrast determine the amplitude and
orientation of the mesoscale circulations that develop at the SM boundaries. Figure A.4 shows the radial circulations at the dry and moist anomalies in SM4010 and SM4070 respectively as a function of time. Generally
the dry anomaly in SM4010 exerts a larger impact on the PBL than the
moist anomaly in SM4070. The circulation in SM4070 is shallower and
weaker in amplitude than the circulation that develops in SM4010. Furthermore deep convection in SM4010 is triggered earlier than in SM4070
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Figure A.3: Evolution of the sensible heat flux contrast in (W/m2 ) for the dry
background soil experiments. The squared dots indicate times when the mean
rain rate over the anomaly exceeds 0.1 mm/h. The same is shown in Figure 2.7,
but for the moist reference SM of Θ = 60 % saturation.
(c.f. the formation of the cold pool in SM4010 at t = 12 : 00 at r = 20 km in
Figure A.4).
A consequence of these circulation is the lateral advection of moisture.
Figure A.5 shows the lateral moisture flux at the edge of the SM anomalies
at r = 20 km. The lateral moisture flux is defined as
F(z) = ρ · qv · u(r = 20 km, z),

(A.1)

where ρ is the air density, qv the specific humidity and u the radial wind
at r = 20 km. The lateral moisture flux caused by the dry anomaly SM4010
is at least twice as large as the flux triggered by the moist anomaly. The
important control of the shallow circulations for very dry land surfaces is
also highlighted in the recent study by Hohenegger and Stevens (2018).
Consistent with our findings, the strong soil atmosphere coupling for dry
soil conditions hinders the drying out of soils in already very dry conditions (in their case close to the wilting point). Moist anomalies receive
hardly any rain and can be expected to dry out due to evaporation until
the H contrast is sufficiently reduced.
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Figure A.4: Radial wind u (shading in m/s) and wind vectors (arrows) for the
experiments SM4010 and SM4070 at t=09:00, 10:00, 11:00 and 12:00. The
location of the dry and wet anomalies at r < 20 km are indicated.

A.2

Response of Deep Convection to Dry Soil Anomalies
as a Function of Anomaly Size

Localized dry soil anomalies can be categorized into a larger class of surface hot spots, i.e. regions on the surface that warm faster than their surrounding. Other examples of surface hot spots include islands in the
ocean, urban areas, or regions with an albedo lower than their surrounding. A key interest in studies of the response of deep convection to surface
hot spots is the response of area mean rain amount as function of the hot
spot size. Cronin et al. (2015) determined the corresponding response
function for tropical islands in radiative convective equilibrium. Their
response function has a steep monotonic increase from low island radii
up to approximately 20 km. For even larger radii the rain amount decreases but at a shallower slope. Cronin et al. (2015) explained the shape
of the response function by means of a sea-breeze theory. The time scale
tSB associated with the inward (i.e. toward the island center) propagation of sea-breeze fronts and the time scale associated with the growth
of the planetary boundary layer tP BL over the island are used to explain
the characteristics of the response function. The maximum response was
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Figure A.5: Radial moisture flux at r = 20 km, i.e. at the boundary of the dry
anomaly in SM4010 and the moist anomaly in SM4070, respectively in the
morning hours between t =09:00 and t=12:00. Negative values indicate convergence over the anomaly. As expected no net radial moisture flux is present
in the reference simulation SM40.
found for the island with radius r = 20 km, when the time scales are equal
tSB = tP BL . Island evaporation on the other hand does not contribute to
the precipitation enhancement. Unlike for the rain amount, the response
function for extreme precipitation (the 99th percentile) does not have a
maximum but increases monotonically with the radius of the island.
The question arises whether the response function by Cronin et al. (2015)
emerges also for dry SM anomalies over land. To that end COSMO simulations (c.f. chapter 2 for the experimental setup) using a dry SM anomaly
(SM saturation of 40 %) as a surface hot spot in a slightly moister surrounding with a SM saturation of 60 % (c.f. the experiment 60_40 in chapter 2). The radius of the SM anomaly is varied from 5 to 40 km in 5 km
steps. For each configuration 10 ensemble members are run. The remaining modeling and experimental setup are identical to the one used for the
study by Imamovic et al. (2017). An important difference between this
approach and the approach by Cronin et al. (2015), is that Cronin et al.
(2015) simulated deep convection over an island, which differs only in
terms of its reduced heat capacity from the surrounding ocean. For this
appendix however deep convection over a fully interactive land surface is
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simulated.
The response function for the dry SM anomalies, i.e. the area mean rain
amount over the dry anomaly as a function of the radius of the anomaly r,
is shown in Figure A.6. The mean and the median are shown. Overall the
differences between mean and median are small. However the median is
systematically smaller, as it is less affected by single ensemble members.
The response function is qualitatively similar to the response function
found by Cronin et al. (2015): strong monotonic increase for increasing
radii until approximately r = 20 km, followed by a weaker decrease. The
spread among the ensemble members is substantial, especially for the
smallest radii at r ≤ 10 km. This is related to the sample size which decreases with the area of the anomaly, i.e. with r 2 . In other words the large
spread at small radii is likely caused by single convective events that dominate the rain amount over the dry SM anomaly.
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Figure A.6: Mean rain amount (mm/day) over SM anomaly as function of
anomaly radius for the experiment SM6040. The shaded region indicates the
minimum/maximum ensemble spread. Ensemble mean and median (dotted
line) are shown.
Furthermore it must be noted, that there are likely artificial domain size
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effects for the largest anomaly sizes (r > 30 km). In test simulations with
a four times larger domain size (512×512 km2 instead of 256×256 km2 )
smaller rain amounts at largest dry anomalies with radius r ≥ 30 km are
found. However the response function for small radii r < 30 km are robust
to the changes in domain size.
In summary the boundary layer dynamics over a dry soil anomaly resembles the dynamics over a tropical island.

96

A.3

Appendix for Chapter 2

Constraining the Impact of SM Anomalies on Deep
Convection with Mountains

Both mountains and SM anomalies are regions that enhance deep-convective
rain owing to their action as (elevated) heat sources. The baroclinicity,
which is an essential component of the enhancement, is controlled by the
height in case of the mountain. In case of the SM anomaly, the control
parameter is soil saturation relative to the surrounding which determines
the sensible heat flux contrast. Therefore one can use the simulations from
chapter 2 to express the impact of a dry SM anomaly on precipitation in
terms of the impact of the mountain on precipitation (i.e. a "mountainequivalent"). This in turn allows to constrain the impact of soil moisture on deep convection. Estimating the impact of soil moisture heterogeneities is important, as the soil moisture distribution in numerical models is highly uncertain: most NWP systems do not directly assimilate soil
moisture, and climate models have a relatively simplistic and therefore
potentially inadequate representation of sub-surface layer water dynamics.
The diurnal cycle of precipitation at mountains of variable height and SM
anomalies of varying SM saturation are shown in Figure A.7. Figures A.7a
and A.7b show the perturbation experiments with a reference SM saturation of 40 % (as in Appendix A.1), while Figures A.7c and A.7d show the
perturbation experiments with a reference SM saturation of 60 %. Note
that the mountains have a fixed half-height width a = 20 km.
Both dry SM anomalies and the mountain can considerably shift the onset
of precipitation by almost three hours to earlier times, owing to their impact as hot spots. The diurnal cycle can be used to express (or to constrain)
the impact of dry SM anomalies on rain amount in terms of the impact of
orography. For example considering the case with a reference soil moisture of θ = 60 % (Figures A.7c and A.7d) the impact of the SM anomaly on
rain amount and the diurnal cycle is generally weaker than the impact of a
mountain of height 250 m. Figures A.7a and A.7b however show that this
constraint depends on the reference SM saturation: The driest anomaly in
SM4010 reaches larger rain amounts and a larger peak rain rate than the
250 m high mountain with a uniform SM distribution of θ = 40 %. Yet the
rain amount there still smaller than the 500 m mountain.
In order to obtain an even tighter bound, one can take into account that the
SM anomalies in the simulations are prescribed. The negative soil moisture precipitation feedback (which operates at all dry SM anomalies) will,
in a setup where soil moisture is fully interactive, increase the soil moisture of the dry anomaly and therefore reduce the sensible heat contrast.
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Figure A.7: Diurnal cycle of precipitation (mean rain rate over r < 20 km in
mm/h) over a SM anomaly as a function of SM saturation over flat terrain ((a)
and (c)) and as a function of mountain height with uniform SM saturation
of (b) 40 % and (d) 60 % respectively. The numbers in the legend show the
accumulated rain amount.
That in turn will lead to a potentially weaker response of the deep convection the next day at that anomaly and therefore a weaker time-mean
response. Given that the anomalies (e.g. in SM4010 or SM6030) have a potentially unrealistically low saturation and that their extent is designed to
maximize the impact on rain enhancement (i.e. the average dry anomaly
on the land surface covers a smaller area), the constraints provided above
are likely overly pessimistic and can be made more tight. In a more realistic setup the impact of a typical dry SM anomaly is likely even weaker
than a 250 m high mountain. Additional to that, one can take into consid-
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eration that in chapter 2 it is shown that the diurnal cycles are not additive
(at least for the reference SM saturation of 60 %): placing a dry anomaly
over a mountain to obtain a mountain drier than its surrounding, hardly
affects the diurnal cycle of precipitation at that mountain.
These constraints are important as they help quantify the uncertainties SM
heterogeneities introduce for deep convection and deep-convective precipitation. Also, these constraints potentially quantify the likelihood to
detect the impact of SM anomalies in observations and regional climate
simulations. The impact of soil anomalies in dry regions (e.g., the Sahel)
and moister regions (e.g., Europe) can be comparable to the impact of relatively low mountains with similar horizontal extent. In order to detect
the impact of SM anomalies on deep-convective precipitation in observations or in regional climate models alike, areas with relatively low mountains are promising. E.g., Taylor (2015) detected the impact of soil moisture heterogeneity on deep convection only in regions in northern Europe
without significant orography. But even there it is challenging to relate
deep-convective events to heterogeneities in soil moisture. In summary
the results from the simulations suggest, that if there is a region where the
impact of a rather low mountain on deep convection is not detectable the
impact of SM heterogeneities will not be detectable either.
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In chapter 3 the mountain volume emerged as an important control parameter for deep-convective rain. In this appendix the impact of mountain height (and therefore mountain slope) on rain amount variability, the
upslope flow and the deep-convective life cycle is presented. To that end
the experiments h250a20, h500a20, h750a20, h1000a20, and h1500a20
are discussed in more detail.

B.1

Rain Amount Variability as a Function of Mountain
Height

Deep convective activity can produce highly variable rain fields. On days
with deep convective thunderstorm activity, regions with torrential rainfall are often close to areas where hardly any rain falls. Predicting the
location of deep convection is exceedingly difficult even at very short lead
time. To infer the uncertainty of a prediction, ensembles generation techniques are often applied. In that case the prediction uncertainty is estimated from the ensemble spread.
The linear relationship between rain amount and mountain volume P ∝ V
in Chapter 3 only emerges in the statistical mean, i.e. if sufficient deep
convective events are sampled. Here the deep convective rain variability
introduced at the mountain as a function of height (h = 250, 500, 750, 1000,
and 1500 m) is investigated. The width is fixed to 20 km (c.f. chapter 3 for
the experimental setup). Figure B.1a shows the daily rain amounts averaged over an area with a radius of r < 30 km from the mountain top. The
shading indicates the ensemble spread (minimum and maximum value received by a single member). The mean and median are calculated for every
day (solid and dashed line respectively). Figure B.1b shows the daily mean
rain amount for every member and every experiment. We summarize the
most important points in the following:
1. The difference between the ensemble mean and the median is rather
small.
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2. An oscillation of rain amount with a two-day time period is consistently found over all simulations. This behavior is also observed in
the diurnal equilibrium simulations of deep convection over flat terrain by Schlemmer et al. (2011). It might be related to a resonance
effect due to the finite domain size and the periodic boundary conditions.
3. Ensemble spread and daily variability of a single member at a given
mountain are substantial. As a result, the rain amount at different
mountains can be very similar (c.f. day 2 for h250a20 vs h500a20).
4. The ensemble spread for each mountain grows most strongly during the first day of the simulations. For the h1500a20 mountain the
spread seems to continue to grow.
5. The rain amount on the first day is smaller than the 5-day mean.
This indicates that perturbations as they are characteristic for multiday simulations are instrumental in yielding higher precipitation
rates than those used for initializations (the latter are characterized
by small-amplitude perturbations. See chapter 3 for discussion of
the initialization strategy).
In summary we find that the daily and ensemble spread is substantial, independently of mountain height. Given that the members at model initialization only differ in white noise of amplitude 0.02 K added to the lowest
temperature level, this is an impressive demonstration of the exponential
growth of the initial differences between the ensemble members due to
chaos introduced by moist dynamics. As a consequence we stress that the
response of deep convection to mountains must be interpreted with care.
Especially one day long convection-resolving simulations might not have
saturated in terms of error, which means that results can often be subject
to internal variability and substantially mask the physical impact of the
mountain.
Comprehensive ensemble prediction systems (e.g., Schraff et al., 2016) suffer from underdispersion, i.e. the ensemble spread, generated to estimate
the forecast uncertainty due to model, and initial and boundary conditions uncertainty, is often systematically too low. As a consequence the
forecast is likely overconfident. Given that the ensemble generation technique applied for the simulations in this thesis is very simplistic, it cannot
be excluded that the the spread in rain amount shown in Figure 3.6 is
underestimated.
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Figure B.1: (a) Evolution of daily accumulated rain amount (in mm/day)
for the experiments h250a14,h500a14,h750a14,h1000a14, and h1500a14
(colours). The width of the shading indicates minimum and maximum of the
rain amount within the ensemble. The solid line indicates the ensemble mean
and the dashed line the median, respectively. (b) The ensemble spread of daily
rain amount is indicated by points. The mean of the daily rain amount is shown
as a horizontal bar.

B.2

The Deep-Convective Life Cycle as a Function of Mountain Height

In the following the deep-convective life cycle as a function of mountain
height and therefore slope is discussed. Figure B.2 shows the Hovmöller
diagrams in (r,t) space of
(a) radial surface wind u at 10 m above the ground and surface rain rate
(b) updraft velocity w at 2 km above ground and surface rain rate
(c) vertical water mass (Wtot ) massand surface latent heat fluxes.
for the experiments h250a20, h500a20, h750a20, h1000a20, and h1500a20.
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Note that Figure 3.5 in chapter 3 shows the same but for the experiments
h250a20, h500a14 and h100010, in which the mountains have the same
volume. With increasing mountain height h and therefore steeper mountain slope:
• The onset of rain over the mountain, defined as the instance of time
when the rain rate exceeds 0.1 mm/h, monotonically moves to earlier times, e.g. the onset in h250a20 occurs shortly before 12:00, but
in h1500a20 it occur almost three hours earlier.
• The time the upslope wind reaches it maximum at r < 20 km moves
to earlier times.
• The propagation speed of the point where the radial wind changes
sign decreases. The location where the radial wind changes sign
from minus (converging) to plus (diverging) marks the collision point
between the diverging cold pool and the prevailing upslope flow.
The collision point propagates downslope with time, which is diagnosed graphically with a magenta line in B.2a. The downslope speed
of that point, which can be inferred from the slope of the magenta
line, decreases with mountain height.
• The vertical water mass Wtot over the mountain in the early morning
hours is reduced, which is consistent with the smaller atmospheric
column over the mountain.
The amplitude of the Wtot anomaly over the mountain top does not increase monotonically with height for the tallest mountains, c.f. h1000a20
and h1500a20 in B.2. This is likely related to the reduced atmospheric
column of the mountain. Therefore the decrease of Wtot can be expected
to decrease for even taller mountains.
In order to show a more three dimensional view of the processes, Figure
B.3 shows the moistening in the experiments at 09:00, 11:00, 13:00, and
15:00 local time.
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Impact of Large-Scale Flow on Orographic Deep Convection

The organization of deep convection into long-living systems strongly depends on the interaction between the cold air outflow and the large-scale
flow (Rotunno et al., 1988). A key mechanism in that organization is the
decoupling of the region of deep convective updrafts from the cold-air outflow, which can be obtained with vertical or directional wind shear (Kirshbaum et al., 2018). In order to qualitatively illustrate the complexity of the
moist flow dynamics and the associated deep-convective life cycle at orography in the simulations in the chapter 3, Figure B.4 shows the evolution
of the surface wind field (at 10 m) for the h1500a14 under the large-scale
flow conditions U0, U5, and U10. Note that the initial 10 m wind speed of
1 m/s in the U5 (and 1 m/s in the U10) experiments are strongly reduced
due to surface roughness.
In the early morning hour at 06:00, i.e. shortly before sunrise, the katabatic flow systems are fully developed and visible as the divergent flow
structure at the mountain top. Interestingly the center of the flow structure appears to be shifted upwind for stronger wind conditions. This is
likely related to the low dimensional mountain height M of the flow in the
early morning hours due to enhanced stratification due to night-time longwave cooling of the surface. Once the insolation forces surface warming,
converging upslope flows develop. In the simulations with the large-scale
flow the convergence point is shifted downwind to the lee of the mountain
as in Hassanzadeh et al. (2016). As a consequence of the moisture convergence deep convection is triggered and produces precipitation in the lee.
The precipitation maximum is downwind of the convergence point due to
the vertical wind-shear. The propagation is followed by a cold pool, which
propagates horizontally down the slope due to its increased density. Although the rain onset is delayed for stronger large-scale flow (c.f. 11:00)
the cold pool appears much larger in extent the stronger the large-scale
flow. Due to the mountain slope and the large-scale flow the cold pool
cannot propagate far upwind of the precipitation maximum.
Figure B.5 shows the horizontal wind anomaly u 0 in the x-z crossection
through the mountain top. The anomaly u 0 is shown to infer the impact of
the mountain on the large-scale flow. It is defined as
u 0 (x, y = 0, z) = u(x, y = 0, z) − U (z)

(B.1)

where u(x, y = 0, z) denotes the horizontal wind field and U (z) the initial large-scale flow profile (c.f. U5 and U10 in Figure 3.2b). The deepconvective life cycle at the mountain is most clearly visible in the U0 case:
06:00 remnants of the katabatic flow
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09:00 intensifying upslope flow
11:00 fully developed deep convection over the mountain: diverging flow
in the upper troposphere, converging flow in the mid-troposphere
(due to the convective updraft above the mountain top), diverging
cold pool at the surface interacting with the prevailing upslope flow.
13:00 the upslope flow has almost completely decayed. The upper tropospheric structure is starting to decay.
In the experiments with initially non-zero large-scale flow following observations are made
06:00 flow reversal visible in the lee of the mountain. A gravity wave right
above the mountain is visible.
09:00 convergence of upslope flow slightly at x > 0
11:00 deep convection is fully developed
13:00 the cold pool has propagated relatively far downstream to x > 60 km.
Especially for U10 the flow structure is somewhat difficult to interpret.
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C

The TERRA_ML Model:
Evaporation and Parameter
Settings

The numerical simulations were run with the Consortium for Small-Scale
Modeling (COSMO) model version 4.28 in climate mode CLM. The COSMO
model is the result of decade-long and on-going development, optimization and testing and consists of several hundred thousands of line of code.
Versions of the code have recently been completely rewritten for heterogeneous computer architectures (Fuhrer et al., 2014). COSMO is a versatile,
state-of-the-art limited-area model used for operational forecasting at numerous weather services (Baldauf et al., 2011) and for atmospheric and for
climate research (Rockel et al., 2008).
COSMO is fully coupled to the land surface model TERRA_ML. This coupling makes it a comprehensive model of the land-atmosphere system.
Following sections present a detailed description of the parameterization
of surface evaporation and parameter settings as used to run the simulations in the chapters 2 and 3.

C.1

The Parameterization of Evaporation

TERRA_ML (Heise et al., 2003) is a second generation land surface model
with 10 layers, of which the top 7 are hydrologically active. Moisture and
heat fluxes are calculated in vertical columns. Recent developments by
Schlemmer et al. (2018) have also implemented a 1D parameterization of
gravitational run-off in order to address some biases in regional climate
models. E.g. preliminary tests show that the excessive soil moisture in
mountainous areas can be alleviated with their new formulation. Unlike
first generation models, TERRA_ML actively takes into account the interaction between vegetation and soil moisture with the atmosphere.
Evaporation exerts an fundamental control on the cooling of the Earth’s
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surface. and is therefore a key component of the surface energy balance
(e.g., Wild et al., 2013). In TERRA_ML evaporation is parameterized based
on three sources 1 :
Wi : the interception storage, i.e. precipitation that does not reach the
soil
Eb : the bare soil
Tr : the transpiration by plants
Potential evaporation Epot describes the demand by the atmosphere in
terms of evaporation and is a physical limiter for evaporation from the surface. Potential evaporation Epot (as surface sensible heat fluxes) is paremeterized using a bulk aerodynamic formula:
Epot (Ts ) = ρCd uh (qv,sat (Ts ) − qv ).

(C.1)

Here Ts denotes the skin temperature, ρ the air density in the lowest model
level, uh the horizontal wind speed in the lowest model level, qv,sat the
temperature dependent saturation specific humidity at the surface and qv
the specific humidity in the lowest level. The drag coefficient Cd for turbulent moisture transfer depends on turbulent kinetic energy. Epot > 0
denotes evaporation from the surface. In case of Epot < 0 dew formation is
allowed by TERRA_ML.
The partial coverage of a surface grid cell by interception water, i.e. water
that does not reach the soil but resides on the plants, is parameterized
based on the following empirical formula.
fi = max(0.01, 1 − emax(−5,−Wi /δi )

(C.2)

where fi denotes the fractional area coverage, Wi the water storage in the
interception storage (in mm) and δi denotes a limiter set to 0.001. If atmospheric conditions allow evaporation (Epot > 0) and if sufficient water
in the storage is available, the interception storage is used for evaporation.
It is physically limited as:
Ei = max(−ρwater /∆tWi , fi · Epot (Ts )),

(C.3)

where ∆t denotes the integration time step (set to 10 s), and ρwater = 1 kg/l
the density of water.
Evaporation from the bare soil Eb is triggered
• in areas of the grid cell that are not covered by interception (1 − fi )
or vegetation (1 − fveg )
1 Appendix D in Schlemmer (2011) discusses snow as a fourth source
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• if Epot > 0,
• if the soil type is not ice or rock.
A Biosphere-Atmosphere transfer scheme (after Dickinson, 1984) is utilized in which bare soil evaporation Eb is either limited by the atmospheric
demand (potential evaporation Epot ) or the soil supply, i.e. the maximum
vertical moisture flux Fm provided by the soil:
Eb = (1 − fi ) · (1 − fveg ) · (1 − fsnow ) · min(Epot (Ts ), Fm ).

(C.4)

Fm is a a tuning parameter, which sensitively depends on the soil type.
Consequently bare soil evaporation Eb sensitively depends on the soil type.
Finally, plant transpiration is discussed. It includes substantially more
parameters than the other sources for evaporation. Transpiration at plants
is controlled by their stomata and is calculated following
Tr = fplnt (1 − fi )(1 − fsnow ) · Epot (Ts )

1

r ,

1 + rf
a

(C.5)

where ra = Cd−1 ·uh−1 denotes the atmospheric and rf the foliage resistance,
which in turn depends on the stomatal resistance rs :
1
1
= LAI ·
.
rf
rla + rs

(C.6)

LAI denotes the leaf area index (the fractional area covered by photosyn√
thetically active leaves) and r1 = C 0 · u∗ , with C 0 = 0.05 and u∗ = (uh ) · Cd .
la
The stomatal resistance rs is calculated following the approach by Jarvis
(1976):
1
1
1
1
=
+(
+
) · (Frad Fwat Ftem Fhum )
(C.7)
rs rmin
rmin rmax
The Fi functions describe the impact of radiation, the soil water content,
temperature and ambient humidity on stomatal resistance. These function
are empirical and depend on plant biology. Their functional form is further discussed by Schlemmer et al. (2012). The maximum and minimum
resistances are set to rmax = 4000 sm−1 and rmin = 150 sm−1 , respectively.
The water is extracted uniformly from the root zone, which in turn depends on the vegetation type.

C.2

Parameter Settings

In Table C.1 a list of soil properties and parameter settings are presented.
The parameters represent typical European soil conditions as motivated
by Schlemmer et al. (2011).
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soil depth
depth of top soil layer
depth of 7 top hydrologically active layers
soil type

11.5 m
0.01 m
1.47 m
loam

plant cover
leaf-area index
root depth
surface roughness length

0.84
2.96
0.56 m
0.04 m

Table C.1: Overview of Terra_ML properties and the parameter settings for
the simulations in the thesis.
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Urbanization: Did Stronger
Negative SSR Trends
Collocate with Regions of
Population Growth?
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Adel Imamovic1 , Katsumasa Tanaka12 , Doris Folini1 and Martin Wild1
abstract Global dimming refers to the decrease in surface solar radiation
(SSR) observed from the 1960s to the 1980s at different measurement sites
all around the world. It is under debate whether anthropogenic aerosols
emitted from urban areas close to the measurement sites are mainly responsible for the dimming. In order to assess this urbanization impact on
SSR, we use spatially explicit population density data of 0.08◦ resolution
to construct population indices (PI) at 157 high data quality sites. Our
study extends previous population-based studies by incorporating distance weighting as a simple aerosol diffusion model. We measured urbanization in the surrounding of a site as the PI change form 1960 to 1990
and found no negative correlation with the corresponding SSR trends from
1964 to 1989 for the 92 sites in Europe and Japan. For the 39 sites in China
the correlation coefficients are significant at the 5 % level and reach around
−0.35, while for the 26 remaining Asian, mostly Russian sites the correlation coefficients reach around −0.55 at the 1 % significance level. Results
are similar, when the absolute levels of PIs are taken as an indicator for
urbanization. Our findings call into question the existence of an urbanization effect for the sites in Europe and Japan, while such an effect cannot
1 Institute for Atmospheric and Climate Science, ETH Zürich, Universitätsstrasse 16, 8092
Zürich, Switzerland
2 National Institute for Environmental Studies (NIES), Tsukuba, Japan
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be ruled out for the sites in Asia, especially in Russia.
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Introduction

Surface solar radiation (SSR) is the sum of direct and diffuse solar radiation incident at the surface of the Earth. Systematic and widespread
pyranometer-based measurements of SSR started in the mid-twentieth century and were compiled in databases such as the Global Energy Balance
Archive (GEBA) at ETH Zürich (Gilgen and Ohmura, 1999). From the
1960s to the 1980s the SSR underwent a prominent negative trend which
became known as the global dimming (Ohmura and Lang, 1989). It was
first discovered at sites in Europe and later worldwide (Gilgen et al., 1998).
The average SSR trend estimates (in W m−2 decade−1 ) for global land sites
during that period range between −2.3 (Liepert, 2002) and −5.1 (Stanhill
and Cohen, 2001). A more detailed overview of trend estimates can be
found in Table 1 of the review by Wild (2009). The negative trends started
to reverse generally in the 1980s and marked the beginning of a global
brightening (Wild et al., 2005). This study focuses on the time period
from the 1960s to the 1980s, which we refer to as the dimming period.
It is not completely understood what caused the global dimming. Apart
from an increasing cloudiness, one of the most prominent explanations is
an increasing aerosol optical depth (AOD) caused by rising global anthropogenic aerosol emissions from the 1960s to the
1980s. Simultaneous and systematic measurements of SSR / AOD or SSR
/ cloudiness during the dimming period are scarce. A few studies available deliver regionally dependent findings: for example Ohmura (2009)
showed for five sites in Europe and Japan with simultaneous measurement
of SSR and AOD that the aerosol direct and indirect effects are equally responsible for changing SSR. Norris and Wild (2007) used clear sky data
and found that the cloud cover effects are insignificant for the dimming
over Europe. In contrast to the sites in Europe, Liley (2009) used lidarbased measurements and showed that the AOD contributions to the dimming in New Zealand are insignificant; from record of sunshine hours an
increasing cloudiness was inferred and shown to be more consistent with
the observed SSR pattern. This consistency was also found in Japan (Stanhill, 2005).
Speculations have arisen that global dimming is only due to local pollution
sources (i.e. a growing city or an industry plant) near the measurement
sites and not a larger scale phenomenon (Alpert and Kishcha, 2008). This
idea of nearby settlements affecting atmospheric measurements is commonly referred as the urbanization effect. However, even if aerosols had
a significant impact on SSR trends, it is not clear how far the effect persists,
i.e. whether the proximity to an aerosol emission source determined the
dimming trends. Due to the lack of fine-scale emission data, an estimate
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of urbanization was restricted to the use of proxy data, from which aerosol
emissions could be inferred. Early approaches therefore used data on population to assess potential urbanization impacts on single sites, implicitly
assuming that more people lead to more emissions and hence a stronger
urbanization impact.
Gilgen et al. (1998) found the sites with the strongest dimming to be concentrated within the populated regions of the northern hemispheric midlatitudes. Stanhill and Cohen (2001) found no significant correlation between the SSR measured at 854 sites in the years 1958, 1965, 1975, 1985
and 1992 and the corresponding population densities in the one degree
(' 100 km) grid surrounding these sites in the year 2000. Alpert and
Kishcha (2008) calculated the SSR trends 1964–1989 for 317 sites worldwide and compared them against the respective population density in the
one degree cell surrounding the measurement site in the year 2000. They
found a significant dimming only in the group of GEBA sites surrounded
by a cell with a population density greater than 10 km−2 and a significant
correlation between the strength of dimming and the population density
in the year 2000. The group of sites in rural areas was found to have undergone an insignificant change in SSR. A more recent, but alternative approach by Wang et al. (2014) using night-time light data of the year 2000
came to opposite conclusions. Their analysis of 105 pairs of urban-rural
sites that were less than two degrees (' 200 km) apart showed that the geographic proximity to an urban area had small impact on both mean and
trend of SSR.
The role of urbanization in affecting SSR during the global dimming period has remained an open question. In particular, it is not clear whether
or not the population growth in the surroundings of a site adequately
explains the global dimming. This study tackles this question by using
a finer spatially explicit population data set (∆x ' 10 km) to devise a population index (PI). The PI of a site is the weighted mean of the population
density within a radius of 500 km from the site (Sect. D.2). We extend
the previous approaches that used unweighted data on population (Stanhill and Cohen, 2001; Alpert and Kishcha, 2008) in the following ways.
The SSR trends from 1964 to 1989 of 157 high quality GEBA sites in Asia,
Europe and Japan are compared against (a) the PI changes from 1960 to
1990, (b) the PI in 2000 and (c) the unweighted population density in
the 0.08◦ cell containing the site in the year 2000. The third approach
is methodologically consistent with previous studies (Alpert and Kishcha,
2008; Stanhill and Cohen, 2001), as argued in Sect. D.3. In doing so, we
attempt to answer the question whether the sites considered in this study
show a correlation between SSR trends and PI changes from 1960 to 1990
or a correlation between SSR trends and absolute levels of PI in the year
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Europe (47)
Asia (65)

Japan (45)
Figure D.1: Distribution of the 157 GEBA sites analysed in this study. The
group ”Europe” consists of 47 sites (blue circles) and ”Japan” consists of 45
sites (red triangles). The 39 Chinese, 22 Russian and 4 remaining Asian sites
were aggregated into the ”Asia” group (green squares).
2000. With our analysis, we aim to contribute to the debate on whether
global dimming is influenced by urbanization.

D.2
D.2.1

Data and Methods
Surface Solar Radiation

Data on annual average SSR since the 1960s were taken from the GEBA.
Measurement error estimates for annual mean SSR are 2 % (Gilgen and
Ohmura, 1999). We selected the same high quality sites as used in the
model data comparison by Skeie et al. (2011) and retained sites with at
least 15 SSR annual averages in each 20-year time frame from 1960 to
1990. This was fulfilled by 39 sites in China, 47 sites in Europe, 45 sites in
Japan, 22 sites in Russia and four sites in North Korea, Macau and Mongolia. The latter four sites were aggregated with the Chinese and Russian
sites into the group ”Asia”. The geographic distribution and the grouping
of the 157 sites are shown in Fig. 1. For every GEBA site, the SSR trend for
the period 1964–1989, i.e. the same period as used by Alpert and Kishcha
(2008), was estimated using a bi-square regression.

D.2.2

Population Data and the Population Index

We used the global population density data of the History Database of
the Global Environment (HYDE), which is available at a spatial resolution
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of approximately 0.08 ◦ (' 10 km) and a temporal resolution of ten years
for the years t = 1960, 1970, 1980, 1990 and 2000. Error estimates for
population density per grid cell are ±1 % (Goldewijk et al., 2010).
In order to compare the surroundings of different GEBA sites, we converted the two dimensional population distribution around single sites
into PI values. The PI is the weighted mean of the population density distribution within a radius of 500 km from the site: the weights are wn (s, y) = 1/d(s, y)n
i.e. the inverse of the distance between the measurement site and the population density cell under consideration to the nth power. Rationales for
the choice of n values for this study are explained further below in the
text. The distance between a GEBA site at s = [θs , ϕs ] and the center of
a nearby cell at y = [θy , ϕy ] with population density ρ(y, t) is denoted as
d(s, y). The distance is a function of the respective spherical coordinates
θs , ϕs , θy , and ϕy and can be looked up in mathematical handbooks.
If 1/d(s, y)n is used for the weighting of the population density cell that
contains the site, an artificially large weight will result for cells whose
center is very close to the measurement site. For consistency the population density cell that contains the measurement site is not weighted with
the inverse of the physical distance between the site and the center of the
cell to the nth power 1/d(s, y)n but with the inverse of the spatial extent l
of the cell to the nth power 1/l n instead. For the spatial extent l of a population density cell we take the square root of the area of the cell. For cells
in the mid-latitudes l is approximately 7 km. We define the PI of a GEBA
site s at the time t as the sum of all weighted population density grid cells
within the R = 500 km surrounding of the site
X

PI(s, t) = η

y: d(s,y)≤R

ρ(y, t)
.
d(s, y)n

(D.1)

With the following definition of the normalization factor η:
η=

1
ρ0 ·

P

1
y: d(s,y)≤R d(s,y)n

(D.2)

the PI becomes dimensionless and equals one for a fictitious site surrounded
by a constant population density of ρ0 = 10 km−2 . The value R = 500 km
is chosen to reflect the finite lifetime and hence finite diffusion distance of
aerosols and is obtained if one assumes a typical lifetime of 2 days at an
average diffusion speed of v = 3 m s−1 . We repeated the analysis for PIs
with R = 750 km and R = 1000 km and found no significant differences in
the results.
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The weighting 1/d(s, y)n mimics a simple aerosol transport and diffusion
model. By setting n = 0 one assumes undiluted transport of all aerosols to
the site. For n = 3 pure diffusion of a tracer in three-dimensional space is
assumed. Given these two bounds for n, we used the set n = 1, 2, 3 to calculate PIs. Note that for small n, all cells in the surrounding of the GEBA
contribute almost equally to the PI, as they receive almost equal weight.
This can be seen mathematically as wn approaches unity for decreasing
n. More precisely, a small n (' 0) together with a small R corresponds
to previous studies that only used the unweighted population density in
the one degree cell containing the site (Alpert and Kishcha, 2008). For
increasing n the weight factors converge to a δ-function (which is zero everywhere except for the cell that contains the site), the PI for large n carries
mainly information on the closest settlements. The scaling parameter n is
thus a control parameter, that enables us to test the relative importance of
aerosol travel distances.

D.3

Results

For each GEBA site analysed in this study the PIs for n = 1, 2, 3 and for the
years t = 1960, 1970, 1980, 1990, and 2000 were calculated. The PIs of
the GEBA sites averaged within the three regions Asia, Europe and Japan
generally increased from 1960 to 2000 for n = 1, 2, and 3 (Fig. 2). The 65
sites in Asia showed an average PI increase of 85 % from 1960 to 2000. The
average increase in PI for the sites in Japan is 20–30 %, while the increase
was slightly smaller for the European sites. The European sites had both
the smallest average increase in PI and the lowest absolute PI (except in
1960 for n = 1). The average increase of PI of the sites in Europe and in
Japan was similar for n = 2, 3 (similar slopes), while the absolute average
PI was greater for the Japanese sites.
We investigated the impact of urbanization on SSR trends during the dimming period by calculating the correlation coefficients for SSR trends from
1964 to 1989 vs. the PI change from 1960–1990 (Fig. 3), and vs. the absolute PI in the year 2000 (Fig. 4).

D.3.1

Europe and Japan

The results for the sites in Europe and Japan are discussed together since
they show similar features (second and third row in Fig. 3). The European
sites underwent the weakest decrease in SSR (over the time period from
1964 to 1989) with a group average of −0.17 W m−2 yr−1 . The largest decrease measured at a site in the European group was −0.56 W m−2 yr−1 .
The average decrease in SSR for the group of Japanese GEBA sites was
−0.30 W m−2 yr−1 The maximum dimming in the group of Japanese sites
was −1.44 W m−2 yr−1 . The correlations between SSR trends and PI changes
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Figure D.2: Evolutions of the region-averaged PIs of the sites in Asia, Europe
and Japan for the scaling parameters n = 1, 2 and 3 (from left to right).
(Fig. 3) for the sites in Europe and Japan are positive and smaller than 0.33
for any choice of the scaling parameter n. It is important to note that the
correlation coefficients are not negative, as would be expected from an
urbanization impact: SSR trends are actually less negative for larger PI
change. They are significant at the 5 % level only for the n = 1 case in
Europe, and for the n = 2, 3 cases in Japan. As shown in Fig. 4 similar correlation coefficients as in Fig. 3 emerge, when we take the PIs of the sites
in year 2000 instead of the change in PI from 1960 to 1990. We obtained
positive correlation coefficients at a significance level of 5 %, except for
Japan for n = 1.
For the 47 European and 45 Japanese sites considered in this study, the
SSR trends are not well explained by the respective change in population
or the absolute population in 2000.

D.3.2

China and Russia

The largest group-averaged SSR trends (−0.55 W m−2 yr −1 ) and the largest
changes in PI were reached at the GEBA sites in Asia. Figure 3 shows the
SSR trends and the PI changes of the sites. Correlation coefficients for the
changes in PI vs. the SSR trends are −0.54, −0.41 and −0.42 for n = 1, 2 and
3, respectively, as shown in the first row of plots in Fig. 3. We obtain quan-
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dashed line separates positive and negative SSR trends.
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Figure D.4: Same as in Fig. 3, but for the absolute PI of the sites in the year
2000 instead of the PI change from 1960–1990.
titatively similar correlation coefficients when we compare the SSR trends
against the PI in the year 2000, instead of the PI change from 1960 to 1990
(Fig. 4). Note that the largest dimming of approximately −2.0 W m−2 yr−1
(lowest point in row 1 of Figs. 3 and 4) does not coincide with the site that
exhibited the largest PI change or the largest PI in the year 2000. The correlation coefficients for the 30 right-most points in Fig. 3, i.e. the sites that
underwent the greatest increase in PI, and correlation coefficients for the
30 left-most points, i.e. the sites with the smallest increase in PI, are both
around ρ = −0.30.
We split the group of the 65 Asian sites further into the 39 Chinese sites
and 26 non-Chinese, mostly Russian (22) GEBA sites (Fig. 5) and repeated
the above analysis. As above, the correlation coefficients in these subgroups are quantitatively the same whether one takes the PI change from
1960 to 1990 or the PI in the year 2000 as an indicator for urbanization.
The correlation coefficients for the non-Chinese sites are significant at the
1 % level and range between −0.5 and −0.63, while for the Chinese sites the
correlation coefficients range between −0.33 and −0.35 and are significant
at the 5 % level.
Similar correlation coefficients for the sites in Asia, Europe and Japan (as
documented above) are found when the unweighted population density
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The dashed line separates positive and negative SSR trends.
in the year 2000 in the 0.08◦ cell surrounding the GEBA site is compared
against the SSR trends. Figure 6 shows that these correlation coefficients
are very close to the corresponding correlation coefficients when the n = 3
PIs in the year 2000 are used instead (third column in Fig. 4). An explanation for this can be found in Sect. D.2.

D.4

Discussions and Conclusions

Some studies argued that the observed negative SSR trends during the
global dimming period from the 1960s to the 1980s are restricted to urban
areas. In order to assess the urbanization impact on SSR, previous studies used spatially explicit population density data in the one degree cell
surrounding the site in the year 2000 (Alpert and Kishcha, 2008; Stanhill
and Cohen, 2001). We extended these studies by comparing the PI change
from 1960 to 1990 of individual sites, calculated from a ten times finer
resolved population data set, against the SSR trend from 1964 to 1989 (i.e.
the same period as in Alpert and Kishcha, 2008). The PI of a GEBA site
is the distance-weighted mean of the population distribution within a radius of 500 km from the site. Distance weights are used to mimic a simple
aerosol diffusion model.
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Overall we found positive but insignificant correlation coefficients between
the SSR trends and the change in PIs from 1960 to 1990 for the GEBA
sites in Europe and Japan. Note that an urbanization impact would require a negative correlation. We conclude for the groups of sites in Europe
and Japan that urbanization measured as a population increase in the surrounding of the site does not go hand in hand with a stronger negative
SSR trend. This is in line with the findings of Stanhill and Cohen (2009)
for the SSR measurement sites in Isreal, where SSR trends during the dimming period and the respective rates of change in population were found
to be unrelated. Our findings for Europe and Japan are also consistent
with the study by Wang et al. (2014), who showed that urbanization (inferred from night-time light data) had no discernible impact on the SSR
trends.
On the contrary our findings for the 92 sites in Europe and Japan are not
consistent with Alpert and Kishcha (2008), who exclusively focused on
population density of the year 2000 as an urbanization indicator. The
present study does not discern an urbanization impact for the sites in Europe and Japan, irrespective of the choice of indicators: PI changes from
1960 to 1990, absolute PI in the year 2000 or population density in the year
2000. In contrast to Alpert and Kishcha (2008) we furthermore avoided
aggregating sites into two single urban and rural groups, as this may induce spurious biases in their average SSR trends due to the different geographical distribution of the sites in the two groups (Wang et al., 2014).
Unlike for the sites in Europe and Japan, the present study does not preclude an urbanization impact for the sites in Asia. The correlations for
the 39 Chinese and 26 non-Chinese, mostly Russian sites are negative and
significant at the 5 % level. The correlation coefficients (SSR trend vs. PI
change from 1960 to 1990) for the non-Chinese sites in Asia are the largest
found and range from −0.5 to −0.63. For the Chinese sites the correlation
coefficients range between −0.3 to −0.34, while the average SSR trends
there are stronger than in the group of non-Chinese sites in Asia.
Our findings suggest that changes in PI from 1960 to 1990 or absolute levels of PI in the year 2000 (and hence any crude use of population density)
provide no convincing evidence that global dimming is mostly an urban
and hence local phenomenon for the sites in Europe and Japan. However,
an urbanization effect for the sites in China and, particularly, for those
in Russia cannot be ruled out. Particularly for the Chinese GEBA sites
complementary studies are necessary, given potential data inhomogeneity
and instrumentation issues which were recently reported by Wang et al.
(2014).
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Further research is required to clarify the importance of urbanization for
SSR trends during the dimming period.

Data availability
The SSR data and the population data used in this study are publicly accessible. They were taken from www.geba.ethz.ch and ftp://ftp.pbl.
nl/hyde/, respectively.
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