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Abstract
Human activities and technological developments have always been tightly conditioned by
the hydrological cycle. Understanding the processes involved in the atmospheric branch
of the water cycle and particularly the atmospheric transport pathways of water is thus
of primary importance for anticipating impacts of climate change on anthropogenic activities. Stable water isotopes can be useful in this respect as they are naturally available
tracers of phase changes of water in the atmosphere and can provide us information on
important moist atmospheric mechanisms and atmosphere-surface interaction processes
like evaporation from land and ocean or transpiration from the vegetation.
In this thesis measurements of water vapour isotopes with high temporal resolution
(from seconds to hours) in the continental and oceanic boundary layer are presented
and interpreted using complementary modelling tools. Fast variations of stable water
isotopes in water vapour have become measurable lately using novel laser spectroscopic
techniques. The primary aim of this thesis is to perform process-based investigations of
the atmospheric water cycle at the timescale of weather systems using laser spectroscopic
measurements of water vapour isotopes. An important prerequisite for such studies,
requiring automatic field measurements over several weeks or even months, is a detailed
knowledge about the sources of uncertainty of this new measurement technique.
In the first part of this thesis, a comprehensive characterisation and comparison study
of two commercial laser spectroscopic systems based on cavity ring-down spectroscopy (Picarro) and off-axis integrated cavity output spectroscopy (Los Gatos Resarch) is presented.
The uncertainty components of the measurements have been assessed in laboratory experiments. The knowledge from these tests and concurrent measurements of atmospheric
isotopes in ambient water vapour using the two analysers allowed evaluating the precision
and accuracy of atmospheric δ 2 H and δ 18 O as well as deuterium excess (d = δ 2 H−8δ 18 O)
measurements.
In the second part of the thesis, ground-based measurements in the atmospheric boundary layer at a prealpine weather station (Rietholzbach) are presented. A Lagrangian moisture source identification algorithm has been used to investigate the relation between d in
continental low-level moisture and relative humidity during evaporation h at the moisture
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source. The temporal correlation pattern of d and h found in this thesis exhibits modes
of strong anticorrelation at the timescale of one day. They can be explained by either a
higher than normal contribution of ocean sources or the dominance of soil evaporation
over plant transpiration. Periods with a weak or almost non-existent relationship between
d and h coincide with substantial moisture contribution from plant transpiration. Thus,
the strength of the d-h relationship can serve as a proxy for assessing the contribution of
ocean evaporation, soil evaporation and plant transpiration to ambient water vapour.
At timescales shorter than one day local boundary layer mixing dominates over the
low frequency control on d exerted by h at the evaporation site. Especially in summer,
processes linked to the local turbulent heat fluxes are the main drivers of variations in the
isotopic composition of water vapour in Rietholzbach. A simple box model approach has
been applied to characterise these local effects and to complement the Lagrangian perspective of large-scale moisture advection. The relative importance of the local water cycle
dynamics as compared to the effect of remote phase changes can thus be characterised
using water isotope measurements.
Three case studies of collocated rain and vapour isotope measurements are presented
in the third part of this thesis. An isotope-enabled limited-area model has been applied
for investigating these cases. By combining measurements with results from numerical
model simulations, we could illustrate the use of water isotopes in atmospheric moisture
as a constraint for validation of the model representation of processes like evaporation
and below-cloud interaction of rain with low-level water vapour.
In the last part of this thesis, water vapour isotope data are presented that have been
measured on-board an aircraft during the first special observation period in the framework of the international research programme “Hydrological Cycle in the Mediterranean
Experiment” (HyMeX). The measurement setup as well as the calibration procedure are
described, and the data quality is discussed. First analyses reveal interesting features in
the horizontal and vertical distribution of water vapour isotopes, and in their day-to-day
variability.
Overall, this thesis, together with other recently published studies, gives first insight
into short-term variations of stable isotopes in low tropospheric water vapour. The measurements in the continental interior in a prealpine setting as well as in the Mediterranean
provide unique data for studying the water cycle at the timescale of extratropical weather
systems. Further research using this valuable data in combination with various model approaches may yield new insights into several important processes involved in the climate
system like ocean and land surface evaporation fluxes, continental moisture recycling,
boundary layer mixing and interaction with the free troposphere, as well as below-cloud
evaporation of rain.
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Résumé
Les activités humaines et les progrès techniques ont toujours été étroitement conditionnés
par le cycle de l’eau. Pour anticiper les impacts du changement climatique sur les activités
anthropiques, il est primordial de comprendre les processus impliqués dans la branche
atmosphérique du cycle hydrologique. En tant que traceurs naturels des changements
de phase de l’eau dans l’atmosphère, les isotopes stables de l’eau sont utiles dans ce
contexte. Ils nous fournissent des informations sur les méchanismes liés à l’humidité dans
l’atmosphère ainsi que sur les processus d’interaction entre l’atmosphère et la surface
terrestre comme l’évaporation du sol et de l’océan, ainsi que sur la transpiration de la
végétation.
Dans cette thèse sont présentées des mesures, avec une résolution temporelle élevée
(1 s≤ ∆t ≤1 jour), de la concentration en isotopes lourds de l’eau. Ces mesures, qui ont
été effectuées dans la couche limite continentale et océanique, sont interprétées avec des
outils de modélisation complémentaires. Les variations à haute fréquence des isotopes
stables de l’eau sont mesurables depuis peu avec de nouvelles techniques basées sur la
spectroscopie laser. Le but premier de cette thèse est de réaliser des études ciblées sur
les processus liés au cycle atmosphérique de l’eau à l’échelle temporelle des systèmes
météorologiques. Pour cela des mesures spectroscopiques de la teneur en isotopes lourds
de la vapeur atmosphérique ont été effectuées sur une durée de plusieurs semaines à
plusieurs mois. Une connaissance détaillée sur les sources d’incertitude lié à ces nouvelles
techniques de mesures est un prérequis pour ce genre d’analyses du cycle de l’eau à l’aide
des isotopes.
Dans la première partie de cette thèse une étude de caractérisation et comparaison de
deux spectromètres laser commerciaux est présentée. Le premier est basé sur le principe
de la spectroscopie par absorption laser dans un résonateur optique en anneau (Picarro).
Le second utilise le principe d’absorption laser intégrée en cavité résonnante hors axe
(Los Gatos Resarch). Les composantes de l’incertitude des mesures ont été évaluées
lors d’expériences en laboratoire. Par la suite, des mesures simultanées de la composition isotopique de la vapeur d’eau ambiante avec les deux types d’instruments ont été
conduites. Les connaissances acquises par l’intermédiaire de ces tests nous ont permis
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d’évaluer la précision et les biais des mesures laser de δ 2 H, δ 18 O et du deuterium excess
(d = δ 2 H−8δ 18 O) dans la vapeur d’eau atmosphérique.
Dans la seconde partie de cette thèse, sont présentées des mesures au niveau du sol de
la teneur en isotopes lourds de la vapeur d’eau dans la couche limite réalisées à une station météorologique préalpine à Rietholzbach. Un algorithme Lagrangien d’identification
des points d’évaporation de l’humidité est utilisé pour examiner la relation entre d dans
l’humidité continentale de la basse troposphère et l’humidité relative h qui régnait lors
de l’évaporation. La série temporelle de corrélation entre d et h présentée ici, montre
des périodes de forte anticorrélation à l’échelle temporelle journalière. L’existence de ces
périodes de forte anticorrélation peut être expliqué par une dominance de la contribution de sources océaniques ou de l’évaporation du sol. Les périodes charactérisées par
une relation faible ou même inexistante entre d et h coı̈ncident avec une contribution
substantielle de la transpiration végétale à l’humidité ambiante. Les caractéristiques de
la relation d-h peuvent donc servir de proxy pour attribuer l’origine de l’humidité ambiante aux différents processus d’échange entre l’atmosphère et la surface terrestre que
sont l’évaporation océanique, l’évaporation du sol ainsi que de la transpiration végétale.
À l’échelle de temps intra-journalière les effets locaux sur d, comme la turbulence
de la couche limite dominent sur l’effet à basse fréquence de h au site d’évaporation.
En particulier en été, les processus locaux liés aux flux turbulents de surface sont les
principaux contrôles des variations isotopiques dans la vapeur d’eau à Rietholzbach. Un
modèle de bilan de vapeur d’eau dans la couche limite est utilisé pour caractériser ces
effets locaux et pour compléter la perspective Lagrangienne de l’advection d’humidité à
grande échelle. L’importance relative de la dynamique locale du cycle de l’eau comparé
aux effets de changements de phase éloignés peut être ainsi décrite.
Trois études sur des mesures simultanées d’isotopes dans la pluie et la vapeur d’eau
sont présentées dans la troisième partie de cette thèse. Un modèle régional de prévision
météorologique équipé de la physique des isotopes a été utilisé pour l’analyse de ces trois
cas. En combinant des mesures et un modèle numérique, nous avons pu montrer que les
isotopes de l’eau dans l’atmosphère sont utiles pour la validation de la paramétrisation de
processus comme l’évaporation des sols et l’interaction entre la pluie et la vapeur d’eau
sous la strate nuageuse.
Dans la dernière partie de cette thèse, des mesures d’isotopes dans la vapeur d’eau
sont présentées, qui ont été effectuées à bord d’un avion pendant la première période
d’observation intense du programme de recherche international HyMeX. Cette campagne
de mesure a eut lieu dans le bassin méditerranéen. L’installation du système de mesure,
la procédure de calibration, ainsi que la qualité des données sont discutées. Les premières
analyses révèlent des traits caractéristiques intéressants de la distribution horizontale et
verticale ainsi que de la variabilité inter-journalière des isotopes dans la vapeur d’eau.
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En résumé, cette thèse ainsi que d’autres études récemment publiées donnent un premier aperçu des variations à court terme des valeurs isotopiques dans la vapeur d’eau de
la basse troposphère. Les mesures effectuées dans un environnement continental préalpin
ainsi qu’en Méditerranée fournissent des données uniques pour l’étude du cycle de l’eau à
l’échelle temporelle des systèmes météorologiques extratropicaux. Dans le future, l’usage
de ces mesures en combinaison avec différentes approches de modélisation isotopique peuvent nous ouvrir de nouvelles portes pour l’étude de plusieurs processus importants du
système climatique comme l’évaporation des sols et des océans, le recyclage continental
de l’eau, la turbulence dans la couche limite, l’interaction entre la couche limite et la
troposphère libre ainsi que l’évaporation de la pluie sous la strate nuageuse.
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Chapter 1
Introduction
Water vapour is a central constituent of the atmosphere and one that is short-lived and
abundant enough to be practically unaffected by direct anthropogenic emissions. Compared to the other water reservoirs on our planet, atmospheric water vapour is a negligible
component of the water cycle in terms of mass and residence time (Gleick, 1993). However, it plays a primary role in interconnecting the ocean, the terrestrial waters and the
cryosphere, and consequently exerts a strong control on freshwater availability. The continental vegetation and the anthropogenic land use pattern are determined to a large
extent by the climatological properties of atmospheric moisture transport pathways. Atmospheric water vapour is also an energetically relevant component for the radiative
balance of the atmosphere and for atmospheric dynamics. A considerable part of the
incoming solar energy (23%, Trenberth and Kiehl, 2009) on the Earth surface is used for
driving the atmospheric water cycle. In turn, as one of the primary atmospheric greenhouse gases, water vapour represents an important positive radiative feedback component
in the climate system (Held and Soden, 2006). Water vapour also influences atmospheric
dynamics through the heating and cooling effect of air during phase changes of water
(Schneider et al., 2010). Studying the atmospheric water cycle and its drivers is thus
essential for a better physical understanding of the climate system in general and of highimpact events in particular (Frick and Wernli, 2012; Winschall et al., 2012). At the scale
of individual weather systems like extratropical cyclones water vapour plays a central role
through the influence of latent heating on the cyclone’s dynamics (Wernli et al, 2002; Joos
and Wernli, 2012; Čampa and Wernli, 2012). Accurate modelling of the processes affecting the atmospheric water cycle allows to better anticipate events with a strong societal
impact like droughts and heavy precipitation on the short-term as well as water resource
availability on a longer timescale.
The moisture content of the atmosphere is controlled by the planetary radiative balance, the surface water availability over continents and the atmospheric dynamics leading
1
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to moisture convergence, cloud formation and precipitation. The third of these mechanisms (atmospheric water vapour transport) is the main focus of this thesis. Surface
evaporation of water, boundary layer mixing of moisture from the free atmosphere and
from evapotranspiration, large-scale atmospheric transport of water vapour as well as
below-cloud interaction between rain drops and the surrounding moisture are the processes investigated in this thesis (Fig. 1.1). Our approach for studying these aspects of
the atmospheric water cycle is to use measurements of naturally available tracers of water phase changes, namely three of the stable isotopes of water 1 H1 H16 O, 1 H1 H18 O and
2

H1 H16 O.

Figure 1.1: A simplified schematic of the atmospheric 1 H1 H18 O/1 H1 H16 O cycle. Numbers indicate plausible δ 18 O values (see Section 1.1 for the definition of the notation).
Black and grey numbers refer to vapour, blue ones to liquid water, the darkness of the
colours indicates the state of enrichment of the water samples. Water vapour is most
depleted in heavy isotopes after the second rain in the upper right part of the schematic.
The green number represents leaf water enrichment, the brown number shows the isotopic
composition of the liquid water in the soil.

In the following a short introduction on stable water isotope concepts and definitions
will be given (Section 1.1). In Section 1.2 the available tools for measuring and modelling
stable water isotopes in the atmosphere are reviewed. Finally, the objectives and the
outline of this thesis are presented in Section 1.3.
2
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1.1

Stable water isotope notation and fractionation

1.1.1

Definitions and isotope notation

Isotopes are defined as atoms with the same number of protons and electrons, however
differing in the number of neutrons in their nuclei. The natural abundances of stable
water isotopes are summarised in Table 1.1.
Table 1.1: Natural abundances of the isotopes of hydrogen and oxygen in water (Mook,
2006).
Hydrogen
Isotope
1

H

2

H

Oxygen

Abundance [%]

Isotope

Abundance [%]

99.985

16

O

99.76

0.015

17

O

0.038

18

O

0.200

Isotopologues are defined as molecules differing in the isotopic composition of their
constituting atoms. The isotopic signature of atoms in a molecule defines its geometric
structure, i.e., the bond lengths and angles. In this thesis the term stable water isotopes
will be used interchangeably with stable water isotopologues, as from a measurement
technical point of view this differentiation is quantitatively negligible (molecular isotope
ratios ' atomic isotope ratio). Only the three species 1 H1 H16 O, 1 H1 H18 O and 2 H1 H16 O
are considered in this work.
The heavy isotopic content of a given water vapour sample is generally expressed in
terms of the relative deviation of the isotopic mixing ratio from an internationally accepted
standard:

Rsample − Rstandard
,
(1.1)
Rstandard
where R represents the ratio of the rare, heavy isotopic concentration (2 H1 H16 O or 1 H18
2 O)
δ=

to the concentration of the most abundant, lighter species (1 H16
2 O). The δ values are
generally indicated in permil (h). The internationally accepted primary standard for
water defining the scale zero is known as the Vienna Standard Mean Ocean Water
(VSMOW; Gonfiantini, 1978) distributed by the International Atomic Energy Agency
(IAEA). Rstandard is the isotope ratio of VSMOW with RVSMOW = 0.00015576 for
and 0.0020052 for

[1 H1 H18 O]
[1 H16
2 O]

[2 H1 H16 O]
[1 H16
2 O]

(Coplen, 2011). When measuring the isotopic composition of

water samples, the delta values have to be normalised according to the IAEA VSMOW2SLAP2 scale as described in IAEA (2009), which corresponds to a two point calibration
with a fixed zero point (VSMOW) and a second reference point (SLAP, Standard Light
3
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Antarctic Precipitation). By definition, the IAEA VSMOW standard has an isotopic
composition of δ 2 H=0h and δ 18 O=0h. The IAEA normalisation standard SLAP has an
isotopic composition of δ 2 H=−428.0h and δ 18 O=−55.50h.

1.1.2

Equilibrium fractionation

Due to their different atomic nuclei structure, stable water isotopes differ in their physical properties, like saturation water vapour pressure and diffusivity (Urey, 1947; Criss,
1999). The basic principle that makes the stable water isotope composition of atmospheric
moisture such an interesting quantity is isotope fractionation. During phase changes, the
composition of the water sample with respect to heavy and light isotopes is changed.
The differences in thermodynamic behaviour of the isotopes is summarised under the socalled equilibrium fractionation. Heavier isotopes have a lower saturation vapour pressure
1 16
than their lighter counterpart (p(1 H2 H16 O)< p(1 H18
2 O)< p( H2 O)). The water molecules

containing heavy compounds prefer the liquid phase due to their higher intermolecular
binding energies. These molecules are therefore more easily removed from the atmosphere
via precipitation and preferentially stay in the liquid water reservoir during evaporation
compared to 1 H2 H16 O (Fig. 1.1). These equilibrium effects are mainly controlled by temperature (see Fig. 1.2) due to their quantum mechanical nature.

Figure 1.2: Effect of temperature on equilibrium fractionation in the evaporation flux
from ocean water (δ 2 H=0 h and δ 18 O=0 h) following Majoube (1971). Dependency of

vapour δ 2 H (a) and δ 18 O (b) on temperature due to equilibrium effects (saturated conditions with respect to liquid water).
4
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Equilibrium fractionation has been studied in laboratory experiments (e.g., Horita and
Wesolowski, 1994) and is relatively well understood theoretically (Bigleisen, 1961). The
temperature-dependent equilibrium isotopic fractionation factor α is described by:
α=

Rc
Rv

(1.2)

where Rc is the isotope ratio of the condensate and Rv the isotope ratio of the vapour
1 2 16
phase. Experimental values of the equilibrium fractionation factor for 1 H18
2 O and H H O

can be found in Horita and Wesolowski (1994) or Majoube (1971). At 20o C, α is 1.0098
for δ 18 O and 1.084 for δ 2 H after Majoube (1971).
In meteoric waters, the variations of the δ 2 H signal are approximately 8 times stronger
than the variations of the δ 18 O signals, due to equilibrium fractionation:
2

α H−1
'8
α18 O − 1

(1.3)

To a first degree condensation occurs in equilibrium conditions, thus equilibrium fractionation dominates in cloud processes.
The observed climatological distribution of the stable water isotopic composition of
precipitation (Fig. 1.3) can be explained to a large extent by the Rayleigh distillation
model introduced by Dansgaard (1954).

Figure 1.3: Estimate of the spatial distribution of annual amount-averaged δ 18 O in continental precipitation using the Global Network of Isotopes in Precipitation (GNIP) station
data (IAEA/WMO, 2009) and taking latitudinal and altitudinal effects into account. The
isotope composition of precipitation over the ocean have been masked, due to the paucity
of available data. Figure taken from Bowen and Wilkinson (2002).
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In his pioneering work on stable water isotopes Dansgaard (1964) identified the moisture origin and the amount of previous rainfall as the two major controls on the isotopic
composition of precipitation. Dansgaard (1964) thus proposed the following basic formulation known as the Rayleigh model to describe the change in isotopic ratio of a water
vapour sample subject to moisture loss due to precipitation:
Rv = Rv,0 f (α−1)

(1.4)

where Rv is the isotopic ratio of water vapour, Rv,0 the initial isotopic composition of the
vapour sample and f the fraction of remaining vapour after partial rainout.
Whether condensation and precipitation from an airmass occurs (change in f ) depends
strongly on the saturation vapour pressure and, in turn through the Clausius-Clapeyron
relationship, on temperature. Cooling of an airmass eventually leads to condensation and
precipitation. The remaining water vapour and thus the precipitation formed from it
becomes more and more depleted along this rainout path.
Dansgaard (1964) observed a strong relation between surface temperature and the isotopic composition of precipitation at various stations over the globe (“temperature-effect”,
Fig. 1.4). This process description is only a first order explanation for the observed isotope signals. Especially at short timescales (minutes to days) other factors may influence
the isotopic composition of transported water vapour. Several mechanisms are neglected
in the conceptual Rayleigh approach like the isotope fractionation effects at the moisture
source as well as the post-condensation exchange between rain drops and below-cloud
vapour.
The global annual mean isotopic composition of precipitation can however be explained
to a large extent by the “temperature-effect”. The increasing depletion of precipitation
samples towards higher latitudes (“latitudinal-effect”), towards higher altitudes (“altitudinal effect”) as well as towards the interiors of the continents (“effect of continentality”)
is mainly controlled by the temperature dependent rainout effect (Fig. 1.3). The typical
seasonal cycle of isotopes in extratropical precipitation is characterised by more depleted
δ-values in winter and more enriched ones in summer and is thus also strongly correlated
with surface temperature. A further isotope effect introduced by Dansgaard (1964) is the
“amount effect” related to the strength of convective precipitation. He found that in the
tropics precipitation was more depleted at locations with stronger and deeper convection
and explained this fact using two arguments. On the one hand stronger convection is associated with higher average altitude of condensation and thus formation of rain droplets
from more depleted vapour. On the other hand stronger convection generally implies less
re-evaporation effects on the rain drops. Recent modelling studies have described the
amount effect in a quantitative way (Lee and Fung, 2007; Risi et al., 2008). The amount
effect is not of special interest here, as we focus on the extratropics and precipitation
events of low to medium precipitation intensity (Chapter 6).
6
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Figure 1.4: The annual mean δ 18 O of precipitation as a function of the annual mean air
temperature at the Earth surface. The numbers in parenthesis indicate the total thickness
(in cm) of the investigated snow layers (from Dansgaard, 1964).
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1.1.3

Non-equilibrium fractionation

Atmospheric phase change processes are often characterised by non-equilibrium with a net
transport of mass, during which a secondary fractionation occurs. Heavier molecules have
1 2 16
1 16
lower diffusion velocities (D(1 H18
2 O)< D( H H O)< D( H2 O)), which leads to fraction-

ation during transport by molecular diffusion. Turbulent transport or advection with the
large-scale wind is non-fractionating. The non-equilibrium fractionation effects during
atmospheric phase changes have not yet been fully characterised. Theoretical models
have been formulated to describe isotope fractionation during evaporation from the ocean
and the soil when the non-equilibrium effects are most prominent (see below, Craig and
Gordon, 1965; Merlivat and Jouzel, 1979; Braud et al., 2009a). Several model approaches
have been proposed for a detailed representation of fractionation processes during plant
transpiration (Moreira et al., 1997; Harwood et al., 1999; Farquhar et al., 2007). Nonequilibrium effects also play an important role during ice cloud formation (Jouzel and
Merlivat, 1984) and below-cloud rainfall evaporation (Stewart, 1975). The evaluation
and validation of the parametrisations of isotope fractionation during atmospheric phase
changes involving non-equilibrium conditions has been impeded by the scarcity of isotope
measurement data.
Different parametrisations of the non-equilibrium fractionation factor k for evaporation
of water from the surface can be found in the literature. The non-equilibrium fractionation factor primarily depends on the diffusivities of the water molecules. The classical
parametrisation of Merlivat and Jouzel (1979) additionally includes the wind speed 10 m
above ground. The wind speed independent, simpler formulation (Gat, 1996a), as used
in Cappa et al. (2003) was shown by Pfahl and Wernli (2009) in a Lagrangian modelling
study to better fit measured isotopic water vapour data:
 m
Di
k=
Dl

(1.5)

where Di is the diffusivity of the heavy isotope, Dl the diffusivity of 1 H16
2 O, m a factor
controlling the ratio of diffusive over turbulent transport, which depends on the diffusive
conditions in the atmospheric layer and is independent on the isotopic species. For purely
diffusive transport m = 1, for laminar flow m = 0.67 and for turbulent flow m = 0.5
(Dongmann et al., 1974). For ocean evaporation, theoretical and empirical studies suggest
values for m in the range 0.22-0.25 (Table 1.2, Gat, 1996a; Pfahl and Wernli, 2008; Uemura
et al., 2008). For soil evaporation, the molecular diffusivity plays a more important role
than for ocean evaporation and thus higher values for m are found in the literature. The
importance of diffusivity strongly depends on the saturation level of the soil. Mathieu
and Bariac (1996) thus introduced an empirical relation between m and soil moisture.
For evaporation of rain droplets Stewart (1975) experimentally determined a diffusive to
8
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turbulent exponent of m = 0.58.
Several slightly different experimentally established diffusivity ratios for water isotopes
D1 H18 O

in air exist in the literature. The diffusivity ratios by Merlivat (1978b) ( D1
D2 H1 H16 O
D1 H16 O

2
H16
2 O

= 0.9755,

= 0.9723) differ from those predicted by theoretic gas theory. Cappa et al. (2003)

2

suggested that this discrepency could be due to the fact that Merlivat (1978b) neglected
the surface cooling effects due to evaporation in the interpretation of their measurements.
From their laboratory measurements, Cappa et al. (2003) obtain the following diffusivity
ratios:

D1 H18
2 O
= 0.969
D1 H16
O
2
D2 H1 H16 O
= 0.984.
D1 H16
O
2

For

D1 H18 O
2

D1 H16 O

a somewhat higher diffusivity ratio of 0.9725 was found by Barkan and Luz

2

(2007) in close agreement with the ratio proposed by Merlivat (1978b). Barkan and Luz
(2007) argue that the surface cooling effect on the diffusivity ratio in their experimental
setup was of the same order as the experimental error.
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10

0.58

rain droplet

M78

M78

M78

C03

C03

M78

Diffusivities

Stewart (1975)

Mathieu and Bariac (1996)

Lai et al. (2006)

Williams et al. (2004)

Moreira et al. (1997)

Uemura et al. (2008)

Pfahl and Wernli (2009)

Gat (1996a)

Reference

m value as obtained by Pfahl and Wernli (2009)

m(s)

soil

∗)

0.5-1

soil

0.24

ocean

0.22∗)

0.25

ocean

ocean

m

Evaporation

denotes soil moisture.

Laboratory experiments

of drying soil profiles

Numerical simulation

Land surface measurements

Ship measurements

Coastal measurements

Ship measurements

Study type

-

-

various

Southern Ocean

Eastern Mediterranean

Eastern Mediterranean

Location

ocean, soil and rain droplet evaporation using the diffusivities of Cappa et al. (2003) (C03) or Merlivat (1978b) (M78). The symbol s

Table 1.2: Exponent m of the kinetic fractionation factor controlling the ratio of diffusive over turbulent transport (Equation 1.5) for
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1.1.4

Craig-Gordon model for evaporation

Evaporation from a free water surface involves the equilibrium fractionation effect, molecular diffusion as well as turbulent transport. Craig and Gordon (1965) introduced a Langmuir linear-resistance model to parametrise the isotopic composition of the evaporation
flux. In this approach each of the three above mentioned mechanisms involved in the
phase change and subsequent atmospheric transport are associated with discrete layers.
In each layer one of the processes is totally dominant (Fig. 1.5). The isotopic ratio of the
evaporation flux RE as parametrised by Craig and Gordon (1965) is:
RE = k ·
where

α · RL − h · RBL
1−h

RL

isotopic composition of the top layer of ocean water

k

non-equilibrium fractionation coefficient

h

relative humidity of the well mixed air layer in Fig. 1.5

(1.6)

with respect to sea surface temperature
RBL

isotopic composition of water vapour in the boundary layer,
(well mixed layer in Fig. 1.5)

Figure 1.5: Schematic of the isotope fractionation effects during evaporation of ocean
water following the model of Craig and Gordon (1965). αeq = α is the equilibrium fractionation factor, αkin = k the non-equilibrium fractionation factor, and αeddy is the turbulent
fractionation factor which amounts to 1 (m = 0 in Equation 1.5).
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Due to the paucity of water vapour isotope measurements, RE can often not been
calculated without making an assumption on RBL . In steady state, if the only source of
moisture for the boundary layer is ocean evaporation and if the sinks of the boundary
layer do not fractionate, then RBL = RE is a good assumption. In this so-called “closure
assumption” by Merlivat and Jouzel (1979), the effects of subsidence and rainfall reevaporation in altering the isotopic composition of the boundary layer moisture are neglected
as shown in Fig. 1.6. This assumption was used for the initialisation of most trajectorybased Rayleigh distillation models (e.g., Johnsen et al., 1989). The validity of the closure
assumption is however subject to debate especially on local scales (Jouzel and Koster,
1996; Jouzel et al., 2007).
With the global closure assumption, Craig-Gordon’s model as formulated in Equation 1.6 simplifies to the following expression (Merlivat and Jouzel, 1979):
RE = k ·

α · RL
.
1 − h(1 − k)

(1.7)

A measure for non-equilibrium fractionation is given by the so-called deuterium excess
d = δ 2 H − 8 · δ 18 O, quantifying the deviation from the equilibrium ratio of ∼8 between
δ 2 H and δ 18 O (Equation 1.3). The interesting aspect of this second order water isotopic
parameter is that d does only depend very weakly on condensation temperature and is
to first order not altered by equilibrium effects. This makes it an ideal tracer of the
processes controlling evaporation and especially of relative humidity (h) at the moisture
source (Equation 1.6, Pfahl and Wernli, 2008).
The use of the global closure assumption alters the characteristics of the theoretically
predicted relation between d and h at the evaporation site (Jouzel and Koster, 1996). It
does however not question its existence. Due to the lack of measurements of d at land
surface sites, the impact of continental moisture recycling on the characteristics of the d-h
relation is unknown. The study presented in Chapter 5 will investigate this aspect using
novel high temporal resolution (1 h) laser spectrometric water vapour isotope data.
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Figure 1.6: Assumptions involved in the global closure used in Merlivat and Jouzel
(1979), adapted from Risi et al. (2010c).

1.1.5

Isotope effects during transpiration

Over the continents, moisture input into the atmosphere by plant transpiration is an
important source of water vapour. Soil water uptake and transport to the leaves is a
non-fractionating process (Wershaw et al., 1970). The isotope signature of transpiration
in steady state, assuming that the vegetation has no water storage capacity is equal to
the isotopic composition of soil moisture (RT = RS ). The steady state assumption for
transpiration is valid over timescales of a few hours for constant environmental conditions
(Harwood et al., 1999). For shorter time scales the temporal variations in isotopic enrichment of leaf water should be taken into account either assuming homogeneous leaves
(Dongmann et al., 1974) or considering heterogeneities in leaf water enrichment due to
the so-called Péclet effect (Farquhar and Lloyd, 1993; Yakir et al., 1990).
In Chapter 4 the steady state assumption for transpiration will be used in a box model
for the simulation of the local effects of evapotranspiration and boundary layer mixing on
the daily cycle of isotopes. The advantages and limitations of this approach at the hourly
timescale will be discussed. In Chapter 5 the impact of transpiration on d at the daily
timescale is investigated. For steady state conditions during transpiration the d signature
of transpiration is independent of ambient h. Thus, strong moisture contribution of land
evaporation and particularly transpiration is expected to weaken or even suppress any
relationship between d and moisture source h. This theme will be analysed in detail in
Chapter 5.
13
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1.2

Methods in atmospheric stable water isotope
research

To use stable water isotopes efficiently for gaining a better understanding of moist atmospheric processes, advances in both modelling and the development of adequate observational techniques are needed as shown Fig. 1.7.

Figure 1.7: Schematic of currently available tools for the investigation of stable water
isotopes in the atmospheric water cycle. “t resolution” refers to the temporal resolution.

1.2.1

Sampling and measurements of stable isotopes in
atmospheric waters

The classical and nearly one century old principle for measuring stable water isotope
concentrations is mass spectrometry. The first observation of canal rays in the late 19th
century and the discovery of isotopes by Francis William Aston in the beginning of the
20th century led to the early technical developments in mass spectrometry. Following the
work of Arthur Jeffrey Dempster on the design of mass spectrometers and his discovery of
Uranium-235, research in nuclear physics established the foundation of various analytical
methods for the determination of the stable isotope composition of water. This interest
in heavy water was primarily motivated by its use as a neutron moderator in nuclear
reactors (Kirshenbaum, 1951).
14
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Stable water isotope measurements in liquid waters have been used since the 1950ies
in atmospheric and climate sciences to “clarify the laws, which govern the fractionation
processes in nature” (Dansgaard, 1964) for glaciological applications (e.g., Epstein, 1956;
Gonfiantini and Picciotto, 1959; Dansgaard et al., 1960; Lorius, 1961, and other publications by the same authors), for paleo-temperature reconstructions and as a tracer for
hydrological applications in oceanographic and meteorological research (Friedman et al.,
1964; Craig and Gordon, 1965). The dependency of the isotopic composition of precipitation on meteorological conditions during phase change has been used for inferring information on past climate over time periods of 800 kyrs from paleo-archives like Antarctic
and Greenland ice core records (Dansgaard et al., 1993; Jouzel et al., 2007). Paleoclimatic reconstructions and process understanding of the present-day atmospheric water
cycle thus have been the two large research pillars of stable water isotope applications
since the 1950ies.
Research in these two main application areas has been conducted in tight collaboration.
The progress made in the understanding and modelling of the current climate has in
turn improved the reconstruction of past climate variations from proxy archives. Isotope
measurements in precipitation have been extensively used to study the role of synoptic
airmass parameters like temperature, precipitation, moisture source region and transport
paths of water vapour (Johnsen et al., 1997; White et al., 1994; Jouzel et al., 2003;
Saurer et al., 2012). Characterising the modern relationships between δ 18 O and δ 2 H in
precipitation and climate parameters has been an important step in the interpretation of
climate proxies like ice cores and tree rings.
The IAEA and the World Meteorological Organisation (WMO) have been surveying
the content of hydrogen and oxygen isotopes in precipitation since 1961 in the framework
of their Global Network on Isotopes in Precipitation (GNIP). The data has been used for
a variety of purposes in the fields of hydrology, oceanography and hydrometeorology and
in investigations related to the Earth’s water cycle and climate change studies (Rozanski
et al., 1993; IAEA/WMO, 2009). The key mechanisms influencing the abundance of
heavy water isotopes and the variability of the deuterium excess in meteoric waters on
relatively long, typically monthly timescale have been identified based on the GNIP data
(e.g. Dansgaard’s isotope effects discussed above, Fig. 1.3, Jouzel and Merlivat, 1984;
Dansgaard et al., 1993; Gat, 1996a).
Stable isotopes in the vapour phase have been less extensively measured than in the
liquid phase, mainly because such measurements have been very laborious and error-prone
until recently, involving cryogenic trapping, collection with molecular sieves or with vacuum flasks (e.g., Yakir and Wang, 1996; Yepez et al., 2003; Sharp, 2006) followed by
mass spectrometric analysis. Recent progress in automatic water vapour and precipitation sampling techniques (Shimamura et al., 2007; Peters and Yakir, 2010) enables field
15
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campaigns in remote areas and spatially distributed sampling. Collection and laboratory
measurements of these samples is however still necessary with these techniques. Current
mass spectrometers can achieve high precision but are very expensive, time intensive to
operate and not field portable (Kerstel, 2004).
New optical measurement techniques have emerged in the last few years, which open
new horizons for the investigation of stable water isotopes in the atmospheric water cycle.
Measurements of stable water isotopes on short time scales (<1 day) in vapour and precipitation reveal significant variability (e.g. Gedzelman and Lawrence, 1990; Gat et al.,
2003; Wen et al., 2008; Welp et al., 2012), which is not yet fully understood. Spaceborne
high-resolution emission spectrometers enable globale-scale monitoring of the isotopic
composition of atmospheric water vapour in the mid-troposphere (Worden et al., 2006)
and near the surface (Frankenberg et al., 2009). However, these observations are affected
by large uncertainties and provide only data for δ 2 H. Ground-based laser spectrometers
offer the possibility of continuous, high temporal resolution, in-situ monitoring of isotopes in both water vapour (Chapters 4-7) and precipitation. The recent appearance of
commercial field-deployable instruments based on tunable diode lasers (TDL) rivals the
traditional, laboratory isotope ratio mass spectrometer instruments in terms of precision
and accuracy (compare, e.g., Horita and Kendall (2004) with Gupta et al. (2009), and see
Chapter 2). Other non-commercial techniques are continuously developed and improved
(Kerstel and Gianfrani, 2008; Lee et al., 2005; Wen et al., 2008, 2010). Depending on the
measurement method the time resolution of such measurements can attain a few seconds
for water vapour and a few minutes for liquid samples from precipitation (Kerstel and
Gianfrani, 2008; Sturm and Knohl, 2010). While improvements of laser tuning precision
may lead to further progress in the technology, it remains crucial to perform extensive
testing of the existing instruments in order to gain confidence in the measurements. Indeed some questions remain open, as for example, how such systems should be reliably
calibrated against known liquid standards. Memory effects and fractionation issues in the
inlet tubes of continuous flow systems and on the surfaces of the optical cavities are other
weaknesses in the current operation practice of laser spectrometers (see Chapter 2).

1.2.2

Atmospheric stable water isotope modelling

Water isotopes in a given water sample contain integrated information of the history
of phase change processes that it has experienced. As mentioned in Section 1.1, the fact
that the repartition of the isotopes in the different phases due to fractionation depends on
environmental conditions like temperature and relative humidity, makes isotopes an ideal
proxy for process studies of the hydrological cycle. However, due to the complexity and
diversity of the involved processes, models that reproduce the isotope physics are required
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for a meaningful investigation of observational data. By combining the models for the
process understanding and the measurements as a constraint, we can study the importance
of individual processes and validate our conceptual understanding of the atmospheric
branch of the hydrological cycle.
Models of various complexity have been used already in the early water isotope studies
in the 1960ies, generally in combination with laboratory measurements or field samples
of precipitation. Depending on the temporal and spatial scale of interest different levels
of details need to be incorporated in an isotope model to study the controlling physical
processes. Simple Rayleigh distillation models as shortly introduced in Section 1.1 have
been extended continuously by adding different processes like non-equilibrium effects during ice formation (Jouzel and Merlivat, 1984), consideration of mixed phase clouds (Ciais
and Jouzel, 1994), and more accurate trajectory-based transport conditions (Helsen et al.,
2007) including effects of airmass recharge by ocean evaporation (see Chapter 3, Sodemann et al., 2008a,b).
With the advent of atmospheric general circulation models (GCMs) providing grid
point-based information on the state of the atmosphere and including the representation
of a large number of physical processes, isotope modelling has made a great step forward.
On the one hand, GCMs provided more detailed information on the atmospheric circulation improving idealised air parcel-based approaches in terms of their representation of
moisture transport. On the other hand, isotope physics has been implemented in various
GCMs (e.g., Joussaume et al., 1984; Jouzel et al., 1987; Hoffmann et al., 1998; Noone and
Simmonds, 2002; Lee and Fung, 2007; Yoshimura et al., 2008). These isotope-enabled
GCMs provide an Eulerian perspective on atmospheric stable water isotope distributions
with continuous 3D information on the isotopic content of atmospheric moisture for a
given instant in time. The implementation of stable water isotope physics in limited-area
models has allowed to conduct more detailed process-related studies of synoptic-scale isotope variability in a specific region (Sturm et al., 2007; Yoshimura et al., 2010; Pfahl et al.,
2012). As shown in Fig. 1.8 such simulations provide detailed insights into the horizontal and vertical structures of the isotope signature in water vapour and precipitation for
specific weather systems, e.g. an extratropical cyclone. The cold and warm fronts of the
cyclone are clearly visible in Fig. 1.8 with more enriched δ 18 O values in the warm sector
(red) and more depleted values in the cold sector (yellow, green, blue).
Isotopes have also been implemented in several land surface models (LSM, HendersonSellers, 2006) with the aim of better constraining the parametrisations of the land surface
water fluxes, which represent an important source of uncertainty in the simulation of the
water cycle, especially at the synoptic to seasonal time scale (Koster et al., 2006). The
coupling of these isotope-enabled LSMs to GCMs (Aleinov and Schmidt, 2006) or limitedarea models will certainly provide new insights in the land surface recycling processes and
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their importance for the regional to continental-scale atmospheric water cycle. Especially
when studying continental, lower tropospheric water vapour isotope signals over time
scales of 1 min to 1 hour the correct representation of fractionation during evapotranspiration is important (see Chapter 6).

Figure 1.8: δ 18 O in vapour and precipitation in h at 12 UTC 19/01/1986 from the

COSMOISO validation study by Pfahl et al. (2012). (a) δ 18 O in water vapour at 850 hPa.
(b) δ 18 O in six-hourly accumulated surface precipitation. Data is only shown where the
simulated six-hourly accumulated precipitation is larger than 0.6 mm. (c) Vertical cross
section of δ 18 O in water vapour in colours, contours show temperature in o C. (d) Vertical
cross section of δ 18 O in precipitation (rain and snow), the green line shows the 0o C isoline.
Figures taken from Pfahl et al. (2012).
.

Lagrangian trajectory-based models and Eulerian modelling tools yield complementary
information for the interpretation of stable water isotope measurements. Lagrangian tools
based on (re)analysis datasets provide the best possible representation of the global-scale
atmospheric transport. The advantage of these Lagrangian methods lies in their diagnostic
capabilities to infer the air parcel history and the phase changes associated with its water
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vapour. However, sensitivity studies to investigate the importance of different processes in
the water cycle are only possible with GCMs or RCMs. The disadvantage of these Eulerian
tools is that they are generally used in the forecast-mode, they are not constrained by
observations and are thus affected by model errors.
The main drawback of using complex isotope-enabled GCMs, RCMs or LSMs is the
lack of measurements for producing robust boundary conditions and for verification. There
is a need for more spatially distributed isotope composition information of soil moisture,
leaf water, lake and ocean water as well as water vapour. For studying local processes in
the continental interiors, box models have thus often been used to reproduce the measured
isotope signals in the boundary layer water vapour. These water budget models represent
the boundary layer mixing of evapotranspiration and entrainment of free tropospheric
moisture in a simple way and allow to identify the first order controls on the isotopic
composition of water vapour isotope signals (Lai et al., 2006; Farquhar et al., 2007, see
Chapter 4). Noone et al. (2011) used a mixing model combined with isotope measurements
on Mauna Loa to understand the exchange processes between the marine boundary layer
and the free tropospheric air.
The combination of isotope measurements in water vapour and an isotope-enabled
limited-area model (Chapter 6) as well as a Lagrangian moisture source identification
scheme (Chapter 3 and 5) can be used to explain the measured signals. In turn, stable water isotope measurements offer the possibility to conduct constrained sensitivity
experiments using isotope-enabled atmospheric and land surface models with respect to
parameters controlling the isotopic equilibration of rain with the surrounding vapour
(Pfahl et al., 2012), boundary layer mixing and entrainment (Noone et al., 2011) and
the impact of land surface processes on the isotopic signature of the lower tropospheric
water vapour (Risi, 2009; Haverd and Cuntz, 2010). The aim of this thesis is to use this
combination of measurements and model tools to gain a better understanding of hourly
isotope signals in continental boundary layer water vapour.

1.3

Objectives and outline

When confronted with isotope measurements for the first time, meteorologists generally
ask: “What do I learn from isotopes in addition to what I already know from specific humidity measurements”. The question “is there more than Rayleigh distillation in isotope
signals” is indeed legitimate. The potential to use water isotope meteorology for studying phase change and mixing processes is limited to short time scales up to 48 h. The d
signature of processes like ocean evaporation and evapotranspiration (Chapter 5) as well
as the impact of below-cloud interaction of rain droplets and vapour during precipitation
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(Chapter 6) are such effects where isotopes can give new insights. For studying these
detailed and small-scale processes, however, the requirements in terms of quality of the
data are high. For this thesis, laser spectrometric measurements of stable water isotopes
at a high temporal resolution (∆t ≥ 1 min) in the lower troposphere are used. Since this
measurement technique is relatively new, detailed laboratory studies on the uncertainty of
the measurements have been performed. Using the gained knowledge from the laboratory
tests three field campaigns have been conducted:
1. Hourly water vapour and precipitation isotope measurements have been performed
between 19/07/2011 and 26/07/2011 in Zurich on the roof top of the IAC building
(Chapter 2 and 6).
2. Five months of hourly field measurements of isotopes in water vapour have been performed between August and December 2011 at the measurement site Rietholzbach,
in Northeastern Switzerland operated by the Group of Prof. Seneviratne (Chapter 4
and 5).
3. A field campaign of laser spectrometric measurements of stable isotopes in water
vapour at a temporal resolution of 1 min on-board the IBUF Dornier-128 aircraft
operated by the TU Braunschweig has been conducted during the special observation period 1 (SOP1) of the international research programme “Hydrological Cycle
in the Mediterranean Experiment” (HyMeX) in Corsica between 11/09/2012 and
11/10/2012 (Chapter 7).
The measurements are interpreted with the help of Lagrangian and Eulerian modelling
tools (see Chapter 3) as well as a simple box model approach to represent boundary layer
mixing effects (Chapter 4).
The research foci motivating the studies in the individual chapters of this thesis are
the following:
• Measurement uncertainty: In Chapter 2 a characterisation study of two commercially available laser spectrometers based on two different measurement techniques
is presented. The overall uncertainty of the laser spectrometric measurements is
assessed by investigating (1) the water vapour mixing ratio dependency of isotope
measurements, (2) the stability of the measurement system in terms of precision and
optimal calibration frequency, and (3) the response time of the measurement systems. The main aim of this study is to determine whether the measurement quality
obtained from these novel laser spectrometric systems is high enough to detect and
analyse natural signals associated with typical extratropical weather systems.
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• Timescales of isotope effects: The importance of the different processes controlling the stable water isotopic composition of atmospheric water vapour depends
on the timescale considered. Chapter 4 gives an overview of the processes affecting the δ 18 O and δ 2 H signals measured in the continental boundary layer at the
hourly to seasonal timescale. The influence of the passage of fronts as well as local
evapotranspiration and boundary layer mixing is discussed.
• Evaporation memory of continental moisture: In Chapter 5 the boundary
layer deuterium excess (d) of moisture and its dependency on the relative humidity
h at the evaporation site is investigated. In particular, the timescale of boundary
layer moisture memory of evaporation conditions and the influence of land surface
processes like continental moisture recycling and evapotranspiration on the d-h relation are analysed. Finally, the potential for the validation of Lagrangian moisture
source identification methods using measurements of d in water vapour is discussed.
• Model validation and sensitivity study: In Chapter 6 first results of a model
verification and sensitivity case study using simultaneous isotope measurements in
water vapour and precipitation are presented. The importance of (1) the correct
timing of precipitation, (2) below-cloud interaction between vapour and precipitation, and (3) the parametrisation of fractionation during land surface evaporation
is discussed.
• Spatial distribution of isotopes in the lower troposphere: First analyses
of high temporal resolution (1 min) measurements of stable water isotopes in the
lower troposphere over land and ocean during the HyMeX SOP1 in Corsica are
presented in Chapter 7. These measurements are among the first airborne measurements at high temporal resolution of water vapour isotopes in the lower troposphere.
The measurement calibration procedure, the data quality, and two preliminary case
studies are presented.
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Chapter 2
Measuring variations of δ 18O and δ 2H
in atmospheric water vapour using
laser spectroscopy: an instrument
characterisation study
This chapter presents a characterisation study of laser spectroscopic systems for measurements of stable water isotopes in water vapour. This study was published in a slightly
modified version with the following reference: Aemisegger, F., Sturm, P., Graf, P., Sodemann, H., Pfahl, S., Knohl, A., and Wernli, H.: Measuring variations of δ 18 O and δ 2 H in
atmospheric water vapour using two commercial laser-based spectrometers: an instrument
characterisation study, Atmos. Meas. Tech., 5, 1491-1511, doi:10.5194/amt-5-1491-2012,
2012.

2.1

Introduction

The atmospheric transport patterns of water vapour significantly influence local climates
and Earth’s surface hydrology. As naturally available tracers of phase transitions of water,
stable isotopes provide useful information on the atmospheric water cycle, in particular
on conditions during phase changes such as evaporation from the sea surface (Pfahl and
Wernli, 2008; Sodemann et al., 2008b; Uemura et al., 2008, and Chapter 5), plant transpiration (Farquhar et al., 2007, and Chapter 4), cloud formation (Federer et al., 1982;
Ciais and Jouzel, 1994; Spiegel et al., 2012) and post-condensation exchange with below
cloud vapour (Field et al., 2010; Pfahl et al., 2012, and Chapter 6). To investigate these
processes and their impact on stable water isotopes in atmospheric waters at the temporal
scale of significant weather events high frequency measurements of stable water isotopes
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are essential. Such measurements can also help to validate model parametrisations of
evaporation (He and Smith, 1999), transpiration (Dongmann et al., 1974) and rainfall
re-evaporation (Lee and Fung, 2007).
Stable water isotope measurements in liquid waters have been used for several decades
as a means to probe the hydrologic cycle and to gain insight into its fundamental processes (Gat, 1996a). The international atomic energy agency (IAEA) and the World
Meteorological Organisation (WMO) have been surveying the content of hydrogen and
oxygen isotopes in precipitation since 1961 in the framework of their Global Network on
Isotopes in Precipitation (GNIP; Araguas et al., 1996). The key mechanisms influencing
the abundance of heavy water isotopes in meteoric waters on relatively long, typically
monthly timescale have subsequently been identified (Craig, 1961; Dansgaard, 1964; Gat
and Dansgaard, 1972). The dependency of the isotopic composition of precipitation on
meteorological conditions during phase changes has been used for inferring information
about past climate from paleo-archives (Dansgaard et al., 1993; Jouzel et al., 1997; Johnsen
et al., 2001).
Stable isotopes have been less extensively measured in water vapour than in the liquid
phase, mainly because such measurements have been very laborious and error-prone until
recently (Helliker and Noone, 2010), involving cryogenic trapping with vacuum flasks (e.g.,
Yakir and Wang, 1996; Gat et al., 2003; Yepez et al., 2003; Strong et al., 2007) or collection with molecular sieves (Han et al., 2006) followed by isotope ratio mass spectrometric
(IRMS) analysis. Besides the extensive effort for sample preparation, involving chemical
conversion or isotopic equilibration with a gas like CO2 , these measurements are limited
in throughput (Horita and Kendall, 2004). With recent progress in optical laser systems,
point measurements of stable water isotopes in water vapour with a high temporal resolution in the order of seconds have become possible, overcoming many disadvantages of
traditional mass spectrometric measurements. The availability of relatively compact field2 1 16
deployable laser spectroscopic instruments, simultaneously measuring 1 H16
2 O, H H O

and 1 H18
2 O isotopes allow performing online, autonomous and long-term point measurements of the stable water isotope composition of atmospheric vapour.
Several research instruments (Webster and Heymsfield, 2003; Kerstel et al., 2006;
Sayres et al., 2009; Dyroff et al., 2010) and commercial measurement systems (Picarro,
www.picarro.com; Los Gatos Research, www.lgrinc.com) based on cavity ring-down, cavity enhanced and tunable diode laser absorption spectroscopy have been proposed in the
last decade. Kerstel and Gianfrani (2008) gave a thorough review of recent advances in
infrared isotope ratio spectroscopy and the main applications of this technology. Spectral
selectivity and the sensitivity of the optical components as well as electronic noise associated with the setup limit the precision of infrared isotope ratio measurements (Paldus
and Kachanov, 2005). Many recent studies indicate similar performance of laser and con23
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ventional IRMS systems in terms of precision (Kerstel et al., 2006; Gupta et al., 2009;
Sturm and Knohl, 2010). Equally relevant for atmospheric field applications, however, is
the overall measurement uncertainty resulting from a range of factors like calibration, sensitivity to variations in water concentration, and retention effects from the tubing (Brand
et al., 2009; Schmidt et al., 2010; Johnson et al., 2011; Rambo et al., 2011). Thus, a detailed assessment of the novel laser instruments and testing of their performance in field
conditions is necessary to fully characterise the measurement uncertainty and to correct
for biasing effects.
Here, we present results from a characterisation and inter-comparison study of two
commercial laser spectroscopic instruments for high frequency measurements of the three
2 1 16
1 18
stable water isotopes 1 H16
2 O, H2 O and H H O in water vapour. Our primary aim is

to provide a complete uncertainty assessment for the Picarro L1115-i system. A second
laser spectroscopic instrument, the WVIA by Los Gatos Research, which was extensively
characterised by Sturm and Knohl (2010) is used for comparison in a slightly modified
setup (improved temperature stabilisation and slightly different water vapour mixing ratio dependency). The two latest versions (L2130-i and WVIA-EP) of both systems were
tested as well and our findings concerning instrument improvements will be discussed.
The proposed assessment considers four important aspects: (1) an inter-comparison of
measurement quality between the two analysers and with IRMS is done using 10 liquid
standards, (2) the water vapour mixing ratio dependencies of isotope measurements are
quantified, (3) the stability of the systems in terms of precision as well as in terms of optimal calibration frequency is investigated, and (4) the response times of the measurement
systems after a step change in isotope and water concentration are characterised. The
structure of this paper follows the description and evaluation of these 4 characterisation
steps. At the end a short case study is presented of comparative ambient air measurements in field conditions with the two laser systems operated in a way that was found
optimal during the laboratory tests.

2.2
2.2.1

Instrumentation
Laser spectroscopic measurements of stable water isotopes
in water vapour

Two physically different measurement principles allow to quantify the isotopic composition
of natural waters. Isotope ratio mass spectrometry (IRMS) takes advantage of the differing
mass-to-charge ratio of isotopes (Horita and Kendall, 2004). Laser spectroscopic systems
use the difference in rotational-vibrational energy level structure of the different isotopic
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Table 2.1: Properties and technical details of the L1115-i, L2130-i (Picarro) and the
WVIA (Los Gatos) laser systems. The WVIA-EP instrument has a smaller cavity than
the WVIA, different ring-down times, laser path lengths but similar power consumption
(200 W).

Properties

Picarro

Los Gatos

1)

OA-ICOS2)

Technology

CRDS

Spectral domain

7183.5-7184 (in 0.01 cm−1 steps) 7199.9-7200.4 cm−1 (in 7·10−5 cm−1 steps)

Absorption path length

∼ 12 km

∼ 7 km

Ring down time

40 µs

24 µ s

Cavity size

35 ccm

∼830 ccm

Cavity pressure

46.66±0.03 hPa

50±0.007 hPa

o

Cavity temperature

80±0.002 C

∼47±0.002o C

Pumping rate

25 ml min−1

500-800 ml min−1

Cavity exchange rate

8s

2-3 s

Measurement frequency

0.5 Hz (1 Hz*)

2 Hz

H2 O range

6000 to 26000 ppmv

4000 to 60000 ppmv**

Volume

∼130 l

∼ 200 l

Power consumption

∼300 W with calibration 500 W

∼180 W (WVIA), 300 W (WVISS)

1 cavity ring-down spectroscopy
2 off-axis integrated cavity output spectroscopy
∗ L2130-i
∗∗ non-condensing

molecules, leading to isotope characteristic transition frequencies in the near-infrared
region of the spectrum (Kerstel, 2004). Three nearby absorption peaks in the near-infrared
16
1
corresponding to the three molecules 2 H1 H16 O, 1 H18
2 O, and H2 O are scanned by a laser

in continuous wave operation mode. The spectral regions scanned in the instruments
from the two manufacturers Picarro and Los Gatos is different (Table 2.1). In this work,
laser spectrometric isotope and water vapour mixing ratio measurements were performed
using two different types of commercial instruments. The Picarro L1115-i (older version)
and L2130-i (latest version) isotopic water vapour analysers (Picarro Inc., Sunnyvale,
CA, USA) are based on cavity ring-down spectroscopy (Crosson, 2008). The second type
of laser systems, the water vapour isotope analysers (WVIA and WVIA-EP, DLT-100,
version March 2011) by Los Gatos Research Inc. (LGR, Mountain View, CA, USA) are
based on off-axis integrated cavity output spectroscopy (Baer et al., 2002). Table 2.1
summarises the most important properties of the laser systems. The main improvements
in terms of measurement quality of the two latest versions of the Picarro and the Los
Gatos instruments will be discussed below.
The two systems (L1115-i and WVIA) use laser absorption spectroscopy as a working
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principle, they however differ in the measured quantity for the derivation of the delta
values. In both systems, the sample gas is drawn through an optical cavity, in which
pressure and temperature are precisely regulated. Laser light is injected into the cavity through a semi-transparent mirror. A photodetector, placed behind another mirror,
measures the light intensity leaking out of the cavity. In the WVIA spectrometer, the
optical cavity consists of two slightly astigmatic high reflectivity mirrors and the laser
beam is coupled into the cavity in an off-axis alignment. This allows for such a dense
mode structure inside the cavity that it appears to be always resonant, thus suppressing
the need for frequency coupling by adapting the mirror spacing (Paul et al., 2001). In the
L1115-i instrument, the cavity is smaller and consists of three mirrors, which are setup
in ring configuration. Laser light is injected in alignment with the mirror. In order to
obtain cavity frequencies that coincide with the source frequency, the cavity length is
adjusted over short distances by a piezo-electric transducer. The laser frequency has to
be tightly controlled by a proprietary wavelength monitor in the L1115-i instrument in
order to achieve high spectral resolution (Crosson, 2008). The fitting algorithm for the
ring-down technique is time consuming and is partly responsible for the lower measurement frequency of the L1115-i instrument (Paldus and Kachanov, 2005). Furthermore,
pressure and temperature have to be precisely regulated. The technology in the WVIA
spectrometer is based on a time-integrated measurement of the radiation intensity leaking
out of the cavity, whereas the L1115-i system determines the isotope concentration in the
cavity by measuring the exponential ring-down time of the laser intensity after the laser
source has been switched off. Ring-down measurements are also done at regular intervals
(600 Hz) in the WVIA system, in order to precisely monitor the mirror loss (Doug Baer,
personal communication 2012). In the latest version of the Picarro analyser (L2130-i) the
spectroscopic fitting algorithm is improved and the data acquisition rate is higher (1 Hz)
compared to 0.5 Hz for L1115-i. The WVIA-EP has an improved internal temperature
stability.
The tests presented here were done simultaneously for L1115-i, WVIA and WVIAEP; the same experiments were then repeated for L2130-i later, i.e., at the time this new
version of the Picarro water vapour analyser became available.

2.2.2

Calibration systems

Systematic errors in laser isotope ratio measurements result from drifts due to variations
of environmental parameters such as temperature and pressure. In order to correct for
such effects and to normalise the isotope measurements with respect to the international
reference VSMOW2-SLAP2 scale, the instruments have to be calibrated at regular intervals. Parallel vapour collection in flasks and subsequent reference measurement with
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IRMS to calibrate the laser instrument is an option suggested by Johnson et al. (2011).
However the normalisation with respect to the international reference scale is indirect in
this case and biases introduced by the flask sampling may affect the measurement quality.
Direct calibration involves the measurement of a standard vapour sample with known
isotopic composition. Calibration standards are generally liquid water standards. Primary international standards are available from IAEA and referenced working standards
are used in the different laboratories worldwide. Direct calibration of a vapour isotope
analyser thus involves evaporation of these liquid standards and mixing with a carrier gas
before introducing them into the optical cavity for an absorption measurement.
Liquid autosamplers as used for liquid isotopic laser analyses (see, e.g. Lis et al., 2008)
are not optimal for calibrating vapour instruments as the produced calibration vapour
quantity is very limited, making extended calibration runs of more than 5 min impracticable. Fractionation effects have to be accounted for if partial evaporation methods are
used (Lee et al., 2005; Wen et al., 2008; Wang et al., 2009). For example, with a dew
point generator as a calibration system, dry air is bubbled through a water reservoir at
a controlled temperature and the liquid water is continuously enriched in heavy isotopes,
following a Rayleigh distillation process. The isotopic composition of the vapour can be
determined if the initial and the residual water isotopic composition are known and if
the temperature in the water reservoir is precisely regulated or measured. Calibration
techniques allowing complete evaporation of the liquid standards operate by continuously
dripping liquid droplets into a dry air stream using a syringe pump or a capillary dripping
system as proposed by Iannone et al. (2009) and used in a slightly altered setup by Sturm
and Knohl (2010). Similar techniques are used in the commercial calibration systems
for water vapour isotope measurements from Picarro and Los Gatos, which have become
available recently and are used in this study.
The commercial calibration system for the L1115-i instrument comprises a vaporiser
and a standard delivery module A0101 (SDM; see Fig. 2.1a). This calibration system
allows for the automated use of two liquid standards in parallel (Std1, Std2 in Fig. 2.1a).
The standards are filled into collapsible bags (B1, B2). The liquid standards are then
pumped by syringe pumps (SP1, SP2) via capillary lines (C1, C2) to the injection head
(H) of the vaporiser. The injection system consists of two needle ports (P1, P2) and
a carrier gas inlet (A). The head of the needles penetrates the vaporisation chamber (C),
the temperature of which is regulated at 140o C to ensure immediate and full evaporation of the liquid standard introduced through the needles. The needle port is sealed
with three o-rings (R) to avoid ambient air penetration into the vaporisation chamber
when no calibration is done, and to prevent leaking of dry air during calibration. When
a calibration run is performed, the liquid standards are pumped into the vaporiser and
a constant dry air flow sustains immediate evaporation of the liquid in the air stream.
27

CHAPTER 2. ATMOSPHERIC WATER VAPOUR δ 18 O AND δ 2 H MEASUREMENTS

The dry air, serving as a carrier gas is pumped at a rate of 200 ml min−1 through a molecular sieve 5Å MT-D 200 cm3 (D) with Drierite indicator (Agilent) into the vaporiser.
Alternatively, dry synthetic air (Alphagas synthetic air, Carbagas, H2 O < 3 µmol mol−1 ,
Cn Hm < 0.5 µmol mol−1 , O2 = 20 % ± 1 %) was used at an over-pressure of 0.4 bar (DA)
(see Sect. 2.5), while the dry air pump was switched off. The waste port valve (W) of
the vaporiser is constantly opened in order to establish a steady flow through the vaporising chamber. To exclude memory effects from the previous calibration run and to
allow reaching moist air equilibrium in the vaporiser, the outlet valve (V) of the vaporiser
to the measurement cell is switched open only after a delay of five minutes. The water
vapour mixing ratio of the calibration gas can be varied in the range 2000–30 000 ppmv
by controlling the liquid pumping rate between 0.005 µl s−1 and 0.08 µl s−1 .
The central element of the water vapour isotope standard source (WVISS, Fig.2.1b)
by Los Gatos Research is a nebulising system (N) guiding a capillary inlet line (L), which
serves as a dripping system into a 1 l spray chamber (S) heated to 80o C. Ambient air is
pumped through a two stage drying system (D) containing a regenerative desiccant air
dryer and a replaceable Drierite cartridge. The water vapour mixing ratio can be regulated
via a mass flow controller (MFC), which adjusts the dry air flow rate (0–10 l min−1 ). This
way water vapour mixing ratios in the range 5000–30 000 ppmv can be produced. A three
way solenoid valve (SV) controls the vapour source, which is either the calibration vapour
(CV) or ambient air (AA). The system allows only for one automated liquid standard
(Std) to be measured when calibration is unattended. In addition to producing only
one vapour standard, the disadvantage of the LGR calibration system is its bulkiness
(Table 2.1), which complicates field work. However, in contrast to the Picarro system,
it allows for stable production of large quantities of calibration vapour over several days.
Therefore, in the experiments conducted in this study the WVISS was used to measure
the same standard in parallel with the Picarro and LGR instruments.
In the following sections the colour coding for the results is blue for the measurements
by the Picarro instruments and red for the measurements by the Los Gatos instruments.

2.3

Delta scale linearity

The focus of this first experiment was to verify the linearity of the calibrated laser spectroscopic measurements in the VSMOW2-SLAP2 range of the isotope delta scale with
an independent measurement technique. Ten working standards (WS 1–10, Table 2.2)
were measured with both laser instruments and the WVISS calibration unit for 10 min
each at a water vapour mixing ratio of 18 000 ppmv. The first two minutes and the last
minute of each calibration run were discarded to account for the purging time of the
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Figure 2.1: Flow diagram of the calibration units. (a) Standard delivery module (SDM)
by Picarro. Std1, Std2: liquid water standards; B1, B2: two collapsible bags for the
standards; SP1, SP2: syringe pumps; C1, C2: capillary lines; P1, P2: needle ports; C
vaporisation chamber; A: carrier gas inlet; H: injection head; R: o-rings; P: ambient air
pump; D: molecular sieve 5 Å 200 cm3 with Drierite indicator (Agilent) to dry ambient
air as a carrier gas; DA: alternative carrier gas, dry synthetic air (Alphagas, Carbagas);
W: waste port of the vaporisation chamber; V: outlet valve leading the calibration air to
the measurement cell of the laser instrument. (b) The WVISS by LGR. Std: liquid water
standard; L: capillary line; N: nebulising system; S: spray chamber; P: ambient air pump;
D: drying system containing a regenerative desiccant air dryer and a replaceable Drierite
cartridge; MFC mass flow controller for regulating carrier gas flow rate; SV: three way
solenoid valve controlling the vapour source; CV: calibration vapour; AA: ambient air.

lines. All measurements were done twice (run 1 and run 2), each time within a day.
Furthermore, between two working standard calibration runs we measured a drift standard for three minutes in order to remove memory effects from the calibration unit and
to monitor the behaviour of the measurement system over the whole calibration experiment. The standards measured with the two laser spectrometers were compared to IRMS
29

CHAPTER 2. ATMOSPHERIC WATER VAPOUR δ 18 O AND δ 2 H MEASUREMENTS

Table 2.2: Isotopic composition (in h) of the International IAEA standards and working

standards (WS) used for the characterisation of the laser systems. The indicated isotopic
δ values of working standards 1–10 were measured with IRMS.

Standard

IRMS

name
IAEA VSMOW2

δ 2 H [h ]

δ 18 O [h ]

0 ± 0.30

0 ± 0.02*

IAEA SLAP2

−427.50 ± 0.30 −55.50 ± 0.02*

IAEA GISP2

−189.50 ± 1.20 −24.76 ± 0.09*

WS 1

−107.32 ± 1.10

−14.35 ± 0.04

WS 2

−140.03 ± 1.93

−18.42 ± 0.10

WS 3

−172.52 ± 1.11

21.46 ± 0.14

WS 4

−79.29 ± 0.62

−5.24 ± 0.25

WS 5

−188.13 ± 1.57

−24.72 ± 0.14

WS 6

−78.68 ± 0.19

−10.99 ± 0.12

WS 7

−153.90 ± 1.06

−24.89 ± 0.73

WS 8

−256.11 ± 0.85

−46.02 ± 0.82

WS 9

−166.74 ± 0.35

−70.19 ± 2.74

14.89 ± 0.61

3.63 ± 0.35

WS 10

* IAEA standards’ composition as stated in IAEA (2009).

measurements, done on a DeltaPLUS XP mass spectrometer (Thermo Fisher Scientific Inc.,
Germany) using a high-temperature conversion/elemental analyser coupled on-line to the
mass spectrometer via a ConFlo III interface (Gehre et al., 2004).
Both measurements using IRMS and laser spectroscopy were calibrated and normalised
to the VSMOW2-SLAP2 scale (IAEA, 2009) using the IAEA standards VSMOW2 and
SLAP2 directly. This procedure was chosen because VSMOW2 and SLAP2 span the
whole δ scale range of our standards, and it provides a way to independently calibrate our
working standard measurements. For daily calibration purposes our internal standards
are used as recommended in IAEA (2009), i.e., not the IAEA standards.
All calibrated laser spectroscopy measurements are in very good agreement with the
calibrated IRMS values (R2 > 0.99 for both isotopes, Fig. 2.2). The largest differences
between the laser measurements and IRMS occur at the edge of the δ scale.
WS 1–10 were measured twice with the two laser systems and the average difference
between the two runs 1 and 2 over all standards are below 1h for both isotopes and both
instruments, except for the δ 2 H of the L1115-i instrument (Table 2.3d,f). This surpris30
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Figure 2.2: Difference between the laser instrument measurements (LRMS, vertical axis)
and IRMS for (a) δ 2 H of L1115-i and L2130-i, (b) δ 2 H of WVIA and WVIA-EP, (c)
δ 18 O of L1115-i and L2130-i, (d) δ 18 O of WVIA and WVIA-EP measurements for the
ten WS 1–10 (Table 2.2).

ingly high δ 2 H uncertainty in the L1115-i measurements is also reflected in the average
standard deviation of the calibration runs over all standard measurements (Table 2.3f)
and is probably due to memory effects in the instrument during the measurement of the
standards. Memory effects can be characterised by the typical response time of an instrument to a step change of the input signal. The L1115-i has much longer response times
than WVIA as will be discussed in Sect. 2.7 below. Furthermore, the memory effects
are more important for δ 2 H than for δ 18 O, which may explain the significantly higher
uncertainty obtained here for the δ 2 H signal of L1115-i.
The inter-comparison of the calibrated standard values obtained from the different
instruments shows average deviations in the range 0.5–0.8h in δ 2 H and in the range
0.1–0.4h in δ 18 O (Table 2.3a–c). These values are equivalent to the average standard
deviation over all the samples measured with the different instruments (Table 2.3f–h),
except the already discussed high δ 2 H uncertainty of the L1115-i. The standard deviation
of the drift runs is 1.2h for δ 2 H of L1115-i, 0.7h for δ 2 H of WVIA and 0.3h for δ 18 O of
both instruments. These values are in the order of the uncertainties of the measurement
systems quantified in Table 2.3.
For the ten samples measured here, the average standard deviations of the IRMS
measurements are σ(δ 2 H)=0.5h and σ(δ 18 O)=0.09h (Table 2.3). These values do not
include any sampling uncertainty (e.g., cryogenic trapping of a water vapour sample for
later analysis). The laser spectroscopic measurements however include sampling uncertainties in this experimental setup and are characterised by only slightly higher standard
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Table 2.3: Results from the delta scale linearity experiment. The two laser systems
L1115-i and WVIA were compared to IRMS using ten standards which were measured
on all the instruments twice (run 1 and run 2). The average difference over the ten
standards for the different instrument combinations are listed. σs indicates the average
standard deviation of the measurements over all working standard runs. The standard
deviation of the drift standard measurements over the individual runs was 1.2h (0.7h)
for δ 2 H of L1115-i (WVIA) and 0.3h (0.3h) for δ 18 O of L1115-i (WVIA).

Instrument
combination

δ 2 H [h ]

δ 18 O [h ]

(a) L1115-i vs. WVIA

0.8 ± 0.9

0.4 ± 0.5

(b) L1115-i vs. IRMS

0.7 ± 0.8

0.1 ± 0.1

(c) WVIA vs. IRMS

0.5 ± 0.6

0.1 ± 1.3

(d) L1115-i 1 vs. L1115-i 2

1.9 ± 1.6

0.2 ± 0.2

(e) WVIA 1 vs. WVIA 2

0.8 ± 0.6

0.2 ± 0.2

(f) L1115-i σs

1.7 ± 0.4

0.5 ± 0.1

(g) WVIA σs

1.0 ± 0.2

0.4 ± 0.1

(h) IRMS σs

0.5 ± 0.1

0.09 ± 0.04

deviations (except for the much higher δ 2 H uncertainty of L1115-i).
The uncertainties of the isotope standard measurements with the two laser spectroscopic systems obtained from error propagation after calibration depend on the δ value
of the chosen calibration standard (Fig. 2.3). The dominant uncertainty component is
the error associated with the laser measurement of the two calibration standards. The
error contribution of the laser measurement of standard 1 is highest around the δ value
of this standard (here 0h) and decreases with increasing difference to its δ value (here
decreasing δ values). The error contribution of the laser measurement of standard 2 shows
a similar behaviour, symmetric to the error contribution of standard 1, which leads to
the ”U-shaped” dependency on the δ value of the total sample measurement uncertainty.
The larger uncertainties of L1115-i standard measurements (blue crosses) compared to
WVIA (red crosses) are due to the lower short-term precision of the instrument (Sect.
2.6.1) and to the longer response time characteristics (Sect. 2.7), which introduce larger
memory effects than for WVIA.
An important aspect of the calibration strategy of a laser spectroscopic instrument is
whether a two point calibration is necessary or a one point calibration (only bias correction) is sufficient. The calibration system WVISS only allows for automatic measurements
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Figure 2.3: Uncertainty of (a) δ 2 H and (b) δ 18 O isotope calibration runs by L1115-i
and WVIA as a function of isotopic composition of the WS 1–10 as well as the IAEA
standards (Table 2.2).
using one standard. To investigate this aspect we computed the normalisation factors
and their uncertainty following IAEA (2009) for the two calibration runs (Table 2.4). For
L1115-i the normalisation factors as well as the intercepts were different in the two runs.
In the case of δ 2 H the change in the zero point was large with a difference of 11h. For
WVIA we found that the normalisation factors remained within the uncertainty range,
the intercept however changed slightly. As L1115-i, WVIA and WVIA-EP were connected to the WVISS in parallel, the large change in the δ 2 H signal calibration factors of
the L1115-i must come from the instrument itself. This might indicate that regular two
point calibration is necessary for L1115-i and that one standard might be sufficient for
WVIA calibration, but further investigation with more calibration runs would be needed
to confirm this preliminary finding.

2.4

Water vapour mixing ratio calibration

For the investigation of the water vapour concentration dependency of isotope measurements the water vapour mixing ratio data of the two instruments had to be calibrated.
A dew point generator (LI-610, LI-COR Inc., Lincoln, NE, USA) was used for this purpose. Two water vapour mixing ratio calibration series were performed. In one of these
two runs both instruments were connected in parallel to the dew point generator and
measured water vapour mixing ratios simultaneously from the same source. Another run
was performed with only the L1115-i instrument connected to the LI-610. Mixing ratios
between 3000 and 30 000 ppmv were produced in a constant flow of 1 l/min of moist air
with an uncertainty of ∼100–400 ppmv (increasing for larger dew point temperatures).
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Table 2.4: Uncertainty in calibration factors following IAEA (2009). The normalisation
slopes for both isotopes were determined for two calibration runs 1 (f 1) and 2 (f 2) using
VSMOW2 and SLAP2 as reference standards. The intercepts of the calibrations from the
two runs (b1) and (b2) are the measured VSMOW2 raw values of the laser instruments.

Calibration factors

L1115-i

WVIA

δ2H

δ 18 O

δ2H

δ 18 O

f 1 [–]

1.064 ± 0.009

1.113 ± 0.008

0.995 ± 0.003

0.939 ± 0.009

f 2 [–]

0.995 ± 0.004

1.029 ± 0.007

0.994 ± 0.002

0.942 ± 0.006

b1 [h ]

−9.0 ± 1.9

−15.2 ± 0.2

0.4 ± 1.0

4.5 ± 0.4

b2 [h ]

2.1 ± 1.2

−14.1 ± 0.2

0.7 ± 0.8

3.0 ± 0.3

Calibration runs always lasted for at least 2 h for each dew point temperature; 1 h for
equilibration of the air flow through the water reservoir in the dew point generator and
1 h of measurements considered in the data analysis. The calibration functions determined
from the laboratory experiments were then used in order to calibrate the data of each
instrument. To verify the parallel water vapour mixing ratio calibration experiment from
the laboratory, ambient measurements of water vapour mixing ratio were performed in
parallel in a field setup as described in Sect. 2.8.
The measurement range of the water vapour mixing ratio specified by the two manufacturers is between 5000 and 30 000 ppmv, which was well covered by our water vapour
mixing ratio calibration measurements. The water vapour mixing ratios measured by the
L1115-i and the WVIA instruments both show a linear relationship with the theoretical
dew point generator values over the whole measurement range as can be seen from the
calibration line of L1115-i in Fig. 2.4a and the grey line in Fig. 2.4b, which illustrates the
correspondence of the L1115-i and the WVIA values. The calibration lines obtained here
for water vapour mixing ratio for the two instruments are the following:
H2 OL1115-i,cal = 0.79 · H2 OL1115-i,m + 318 ppmv

(2.1)

H2 OWVIA,cal = 0.92 · H2 OWVIA,m + 117 ppmv

(2.2)

The water vapour mixing ratio calibration procedure using a dew point generator is
time consuming and lasts for several days due to the long equilibration and measurement
times. It can thus not be repeated regularly without a major loss of ambient measurement time. The error associated with using the same calibration parameters for the water
vapour mixing ratio during a measurement campaign can be quantified by the standard
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Figure 2.4: Calibration of water vapour mixing ratio measurements. (a) L1115-i laboratory calibration measurements. The calibration experiment with the dew point generator
was done twice; once with L1115-i connected to the LI-610 alone (full circles) and once
with L1115-i and WVIA connected in parallel to the LI-610 (open squares). A least squares
fit to all data points of the two experiments is shown by the black line. The grey lines
show the standard deviation of the least square fit. In (b) WVIA and L1115-i measurements are compared using parallel laboratory measurements (grey line) and parallel field
measurements (black dashed line). The laboratory data points (black squares show average
measured water concentration of hourly runs and their standard deviation. The grey line
represents a least square fit to the laboratory data points. The black dashed line represents
the least square fit to the ambient air measurements. The uncertainty of these fits is very
small and thus not shown.
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error of the calibration fitting in Fig. 2.4a, for which data from two independent calibration runs (full circles and white squares) were used. The water vapour mixing ratio
uncertainty resulting from the calibration parameters thus amounts to ∼400 ppmv. Compared to the parallel laboratory run with the dew point generator (white squares and
grey line in Fig. 2.4b), the parallel field run (blue line in Fig. 2.4b) shows a larger spread
(85 ppmv standard error for the field measurements vs. 20 ppmv standard error for the lab
measurements) and a bias (∼ 1300 ppmv) with respect to the laboratory correspondence
line. This indicates that the measurement uncertainty in field measurements is higher
than what could be quantified under controlled conditions in the laboratory. Effects from
the sampling lines (material and length) may play a role in this higher uncertainty. The
bias with respect to the laboratory correspondence line indicates a need for more frequent water vapour mixing ratio calibration than just sporadic laboratory calibrations if
accurate water vapour mixing ratios are required.
For the remainder of this study, we adopted the calibration lines obtained from the
laboratory calibration run to correct water vapour mixing ratios and used results from
the parallel field run as an uncertainty estimate.

2.5

Water vapour mixing ratio dependency of isotope
measurements

The spectroscopic measurements of water vapour isotopes are affected by the water vapour
mixing ratio in two ways. First, the precision of the measurement depends on the water vapour mixing ratio. Second, the isotope measurement is affected by a bias, which
depends on water vapour mixing ratio. Both aspects were already discussed by Sturm
and Knohl (2010) for the WVIA instrument. Hence, they are investigated here only for
the L1115-i and the L2130-i systems. Because water vapour mixing ratio effects directly
affect calibration we tested the water vapour mixing ratio dependency of the L1115-i system using the SDM. Furthermore, this is the set up we used during the comparative field
experiment (Sect. 2.8). Four calibration runs were performed in steps of 1000 ppmv in the
range 2000–30 000 ppmv using four different standards (WS 6–9, Table 2.2). Calibration
runs lasted for 20 min each. Depending on the type of carrier gas used, interfering effects can affect the calibration gas measurements. For example remaining ambient water
vapour, when using dry cells can change the isotopic values of the standard. Furthermore, traces of other gases also absorbing laser light in the same spectral domain can
affect the measurements. To investigate the effect of the carrier gas source, two different
carrier gases were compared: 1) synthetic dry air from a gas cylinder and 2) dried ambient
air using a molecular sieve with indicating Drierite (Sect. 2.2.2). The calibration runs
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for each standard were done twice in blocks of approximately one day. The carrier gas
sources were alternated. The data was calibrated independently using the WVISS calibration unit and the IAEA standards VSMOW2 and SLAP2 at a water vapour mixing
ratio of 18 000 ppmv. The concentration dependency of the L2130-i was tested using the
WVISS with dry ambient air as a carrier gas and only WS 6. The SDM was not available
when the experiments with L2130-i were performed.

2.5.1

Dependency of the isotope measurement precision on water vapour mixing ratio

The measurement precision of δ 2 H for the L1115-i instrument improves with increasing
water vapour mixing ratio (Fig. 2.5a). This finding concurs with a higher signal-to-noise
ratio for a larger number of molecules and is similar to the one found by Sturm and Knohl
(2010) for WVIA. The δ 18 O precision however exhibits a different behaviour (Fig. 2.5b):
The precision of δ 18 O improves with augmenting water vapour mixing ratios at very low
water vapour mixing ratios, up to around 8000 ppmv, where it reaches a maximum. For
water vapour mixing ratios above 8000 ppmv, the precision of δ 18 O deteriorates again.
This can be understood by considering the absorption spectrum. The absorption peak of
δ 18 O is stronger than the one of δ 2 H (Kerstel et al., 2002; Gianfrani et al., 2003; Rothman
et al., 2009). Thus in the case of δ 18 O the sensitivity of the measurement can be affected
by optical saturation at much lower water concentration values than in the case of δ 2 H
(Gregor Hsiao, Picarro, personal communication, 2011). The water vapour mixing ratio
dependency of δ 18 O for WVIA found in Sturm and Knohl (2010) and the results obtained
for the new version L2130-i do not show such an optical saturation effect. For the WVIA
the water vapour mixing ratio dependency is stronger in amplitude for δ 18 O compared
to our results for L1115-i as shown by the dashed lines in Fig. 2.5. For δ 2 H the water
vapour mixing ratio dependency of WVIA is practically identical to what is found here
for L1115-i. With the new version L2130-i the precision is comparable, or even slightly
better than in L1115-i (Table 2.5).

2.5.2

Dependency of the isotope measurement accuracy on water vapour mixing ratio

The average permil deviations (∆δ 2 H and ∆δ 18 O) expressed with respect to the calibrated
isotope values of the four standards at 18 000 ppmv are shown in Fig. 2.6 as a function of
water vapour mixing ratio for the L1115-i instrument. The dark blue dots (Fig. 2.6a,b)
show the average isotope measurement bias dependency of water vapour mixing ratio using
dried ambient air as a carrier gas. The standard deviation of the different runs performed
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Figure 2.5: Dependency of the δ 2 H (a) and δ 18 O (b) measurement precision (average
standard deviation σ of calibration runs) on water vapour mixing ratio for L1115-i (solid
lines and data points). The fit to the WVIA measurements (dashed lines) found by Sturm
and Knohl (2010) is shown for comparison. The shading represents the standard deviation
of all calibration runs with four different standards (WS 6–9 in Table 2.2).
Table 2.5: Standard deviation of laser spectroscopic isotope measurements at 5000 ppmv
and 20 000 ppmv water vapour mixing ratio.
δ 2 H [h ]

Instrument

δ 18 O [h ]

at 5000 ppmv

at 20 000 ppmv

at 5000 ppmv

at 20 000 ppmv

L1115-i

1.3

0.6

0.22

0.25

L2130-i

1.1

0.4

0.25

0.19

WVIA

1.2

0.6

0.38

0.22

in the corresponding water vapour mixing ratio range is represented by the shaded domain
in Fig. 2.6. Biasing effects of up to 4h for δ 2 H and 2.5h for δ 18 O (Figs. 2.6a,b) due to
varying amounts of water vapour in the gas samples can be observed with the L1115-i
instrument. These dependencies on water vapour mixing ratio are considerable compared
to the precision of the instrument (see Sect. 2.6) and they should be corrected especially
when measurements are performed at a field site where water vapour mixing ratio can
vary strongly (>1 000 ppmv in 12 h in Johnson et al. (2011)). For L1115-i we use the
following least square fits represented by the dark blue curves in Fig. 2.6:
∆δ 2 H = −6.4 × 10−13 [H2 O]3 + 1.6 × 10−8 [H2 O]2 + 1.9 × 10−4 [H2 O] − 4.9
∆δ 18 O =

−1.2 × 107 1.6 × 104
+
− 1.8
[H2 O]2
[H2 O]
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Figure 2.6: Dependency of the L1115-i isotope measurements on water vapour mixing ratio for δ 2 H in (a) and δ 18 O in (b). The data was calibrated independently using
the WVISS calibration unit and the IAEA standards VSMOW2 and SLAP2 at a water
vapour mixing ratio of 18 000 ppmv. The shading represents the standard deviation of all
calibration runs with four different working standards (WS 6–9 in Table 2.2). The full
black curves are least square fits to the data obtained using dried ambient air as a carrier gas. The dashed curves show least square 3rd order polynomial fits to the L2130-i
measurements.

Fig. 2.6 shows the uncertainty range of these corrections. This uncertainty of the water vapour mixing ratio correction propagates into the isotope measurement uncertainty.
Similar dependencies were found by Schmidt et al. (2010) for the L1102-i version of the
water vapour isotope instrument by Picarro. Since the correction can be different for every
instrument, this characterisation step has to be done individually for every instrument.
Rambo et al. (2011) found that this dependency on water vapour mixing ratio varies
significantly in time for WVIA. In our case the dependency remained similar in terms
of amplitude and shape when the experiment was repeated at a later time. However,
regular calibration of the instrument at different water vapour mixing ratios spanning the
ambient air measurements is necessary to ensure that the bias is correctly removed.
The changing bias in the isotope measurements as a function of water vapour mixing
ratio is probably due to non-linearities in the spectroscopy and uncertainties in the spectral
fitting algorithm (Gupta et al., 2009). Variations in water vapour mixing ratios also
affect the spectral baseline, thus altering the fitting of the absorption measurements to
the theoretical spectral lines.
For the new version L2130-i of the Picarro instrument much smaller dependencies on
the water vapour mixing ratio were found (Fig. 2.6, dashed lines). A water vapour mixing
ratio correction for L2130-i may only be necessary if water vapour isotope samples in
strongly varying water vapour mixing ratio conditions are taken, including some samples
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at very low water vapour mixing ratios. However for the old versions of the Picarro
instrument, water vapour mixing ratio dependent bias corrections are indispensable.

The bias dependencies on water vapour mixing ratios are different for the two tested
carrier gases in the case of δ 18 O and more similar for δ 2 H (Figs. 2.6a,b; light and dark
curves). The observed discrepancy in the δ 18 O bias may be due to changes in the baseline
of the spectrum around the δ 18 O absorption peak, caused by slight differences in trace gas
composition. Effects due to hydrocarbons or different CO2 composition can be excluded,
since filtering ambient air with a CO2 absorber and a hydrocarbon trap did not remove the
difference between the measurements. However, the effect of methane cannot be excluded
and is known to be an important interfering species especially at low water vapour mixing
ratios (Hendry et al., 2011). In the case of δ 2 H the measured dependencies diverge only
at very low water vapour mixing ratios, especially due to the large uncertainties in the
curve found for the dried ambient air as carrier gas (Fig. 2.6a). Generally, the standard
deviation of the bias in isotope measurements is smaller when gas cylinder air is used. In
the case of the dried ambient air, the residual humidity is much higher (∼ 100 ppmv) than
in the dry synthetic air (∼ 30 ppmv). The latter is only affected by memory effects from
the walls of the tubing and the cavity. In the dried ambient air, however, the background
water vapour mixing ratio influences the isotopic composition of the measured sample
significantly at low water vapour mixing ratios. This results in a higher variability of the
measurements especially at low water vapour mixing ratios. In principle, the effect of
remaining ambient water vapour in the carrier gas can be corrected. However, for such
a correction a good estimate of the true isotopic composition of the carrier gas is needed,
which is difficult to obtain due to the high uncertainty of isotopic measurements at very
low water vapour mixing ratios, especially for δ 2 H (Fig. 2.5). We estimated the isotopic
composition of dried ambient air by performing calibration runs without pumping any
liquid into the vaporiser. We found δ 2 H

dry

= (−293 ± 45)h and δ 18 Odry = (−47 ± 2)h.

Due to these high uncertainties in the estimation of dried ambient air isotopic composition
a correction for remaining ambient water vapour just introduces a higher uncertainty at
low water vapour mixing ratios and is not useful to get a better water vapour dependency
correction function. Even though using dried ambient air as a carrier gas implies the
problem of residual ambient humidity, we use it for calibration in the field rather than air
from a gas cylinder, because its composition in terms of other trace gases is the same as
for the sample gas measured.
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2.6

Stability of water vapour isotope measurements

The stability of a laser spectroscopic system is an important characteristic, which allows
to quantify the precision of the measurement system for given averaging times, the instrument internal drifts as well as the optimal calibration time. In this section we investigate
the effects of drift and choice of calibration time on precision and accuracy of the isotope
measurements in two different experiments. First, we present the results from a stability
test performed at the timescale of 1 day (Sect. 2.6.1). Then, we discuss a slightly different
experiment that was designed to analyse stability over a period of 14 days (Sect. 2.6.2).

2.6.1

Short-term stability

Short-term stability was tested by measuring WS 6 (Table 2.2) at a water vapour mixing
ratio of 15 700 ppmv over 24 h. An Allan variance analysis was then performed using the
measured δ 2 H and δ 18 O time series in order to get a quantitative estimate of the precision
of the signals at different aggregation time scales.
Introduced by Allan (1966) and presented by Werle (2011) as a general method to characterise the stability of tunable diode laser absorption spectrometers, the Allan plot is
a useful tool to analyse the precision and the drift components of such a measurement
system. The Allan variance measures the difference between two consecutive signal values
yi and yi+1 at a given aggregation time scale τ averaged over the total number of averaging
intervals n:

n

σA2 (τ )

1 X
(yi+1 (τ ) − yi (τ ))2
=
2n i=1

(2.5)

The short-term stability of the constant isotope signal in Fig. 2.7 is expressed in
terms of the square root of the Allan variance, the Allan deviation, as a function of
averaging time. Consider, for example, the Allan plot for δ 2 H of L1115-i (dark blue
crosses in Fig. 2.7a). The Allan deviation decreases towards higher averaging times up
to a minimum, which is at the optimum averaging time (τ0 = 103 s) and then increases
again for averaging times > τ0 . These two stability domains, which are separated by the
minimum of σA (τ ) at τ0 can be observed in all the Allan curves of Fig. 2.7. The left side
shows increasing precision with longer averaging times. This corresponds to statistically
independent measurements with a white frequency spectrum, as shown by the solid line.
The latter is obtained from Allan deviations computed from a randomly generated white
noise signal with the same variance as the measurements at the temporal resolution of
the data acquisition. In theory, infinite averaging would thus lead to a perfectly stable
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Figure 2.7: Short-term stability of δ 2 H (a and b) and δ 18 O measurements (c and d) at
15 700 ppmv water vapour mixing ratio by L1115-i/L2130-i (a and c) and WVIA/WVIAEP (b and d). The square root of the Allan variance is shown as a function of aggregation
time on a log-log scale. The solid lines show the expected behaviour of a pure white noise
signal with the same variance as the measured signal at the time scale of data acquisition
(5 s for L1115-i and 1 s for WVIA, WVIA-EP, L2130-i).

system (Werle, 2011). In real systems, however, a minimum is reached at the optimum
averaging time, after which the averaged signal is dominated by instrument drift. These
drifts are due to low frequency variations in controlling elements of the spectrometer like
temperature, pressure, laser current or varying environmental conditions, or due to slight
changes in the properties of the calibration vapour.
The key characteristics of the Allan plot of the four investigated laser instruments such
as the optimal integration time (τ0 ), the Allan deviation at optimal integration time (σAτ0 )
as well as the Allan deviation at high temporal resolution (σA5s ) are summarised in Table
2.6. For mesoscale meteorological applications an averaging time range of 15 min to 6 h is
useful and thus precision values as indicated in Table 2.6 for σAτ0 can be expected. Natural
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Table 2.6: Key characteristics of the short-term stability of laser spectroscopic isotope
measurements. σA is the Allan deviation. τ0 is the optimal integration time.
Instrument

L2130-i

WVIA

WVIA-EP

δ2H

δ 18 O

δ2H

δ 18 O

δ2H

δ 18 O

δ2H

δ 18 O

15

50

170

100

10

170

7

30

[h ]

0.06

0.01

0.02

0.006

0.07

0.07

0.02

0.01

[h ]

0.57

0.17

0.83

0.22

0.43

0.19

0.53

0.19

τ0 [min]
σAτo
σA5s

L1115-i

variations in water vapour isotopic composition associated with mesoscale meteorolgical
weather systems are much larger than the precision values and drift amplitude obtained
here (see Sect. 2.8). The precision of the WVIA is slightly higher than the one of the
L1115-i instrument at small integration times. However, the minimum Allan deviation is
reached later by the L1115-i signal and at integration times >20 min stability is better, in
particular for δ 18 O. The stability performance of the WVIA found here is similar to the
results by Sturm and Knohl (2010). The latest versions of the two instruments (L2130-i
and WVIA-EP) show better performance in terms of precision. The L2130-i instrument
has smaller Allan deviations than the L1115-i for all integration times and longer optimal
integration times. The precision of the WVIA-EP is not improved with respect to WVIA
for small integration times, however it is characterised by larger optimal averaging times
and reaches higher precision than WVIA at longer integration times.

2.6.2

Long-term stability

A stability analysis for time scales of several days was conducted as a complement to the
short-term stability test to investigate changes in the instrument calibration at the time
scale > 1 day and as complementary information for finding the ideal calibration scheme.
Long term stability was investigated by measuring WS 6 at regular intervals of 30 min
for a duration of 10 min. During the remaining 20 min ambient air was measured. This
regular calibration sequence was performed over 14 days. The first two minutes and the
last minute of each calibration run were discarded for the data analysis to avoid biases
due to non-steady state effects.
The long-term stability of the δ 18 O and δ 2 H calibration time series of both instruments were assessed by applying a bias correction, which was recalculated at varying
inter-calibration intervals. Because only one standard was measured here the calibration
consists of a simple bias correction. The bias correction was computed by linearly interpo43
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lating between two consecutive calibration runs. This procedure is illustrated for the δ 2 H
signal in Figs. 2.8a and b for L1115-i and WVIA, respectively. Here, the colour coding
refers to the calibration interval and not to the instrument type. Sub-daily calibration
(light blue curve in Fig. 2.8) allows to correct drifts more accurately than if calibration
is only done every few days (dark red curve in Fig. 2.8). The maximum amplitude of the

Figure 2.8: Temporal evolution of the bias correction amplitude of isotope measurements
with L1115-i (a) and WVIA (b) at 15 700 ppmv water vapour mixing ratio over 14 days.
Each line corresponds to one calibration frequency scheme. The dark blue correction curve
is obtained if the instrument is calibrated every 30 min.
corrections is rather small with ∼ 1h for δ 2 H and ∼ 0.5h for δ 18 O. These bias correction
amplitudes may be larger for δ values at the edge of the VSMOW-SLAP scale. The long
term stability experiment was only done with WS6 at δ 2 H =-79h, but the results shown
in Table 2.4 (compare the intercepts b1 and b2 for L1115-i) and discussed in Sect. 2.3
suggest that changes of up to 10h in the measurement bias can occur over several days
at δ 2 H =0h.
The observed drifts in both L1115-i and WVIA are due to low frequency changes in
instrument characteristics. They can be limited by applying regular calibration. In this
experiment artificial drifting effects introduced by the calibration system itself cannot be
excluded. However, the bias correction time series of the two instruments are uncorrelated
(Figs. 2.8a,b), which is a good indication that instrument drifts prevail over the calibration
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system drifts.
A certain memory in the amplitude and sign of the bias correction time series for
both instruments (Figs. 2.8a,b) can be observed. To find out for how long on average
a given bias correction is still useful, the autocorrelation functions of the time series of
the calibration runs were computed and are shown in Fig. 2.9. The minimum number
of lags at which the autocorrelation function of the isotope signal of a given instrument
reaches zero gives an indication about the maximum time range of validity of a bias
correction. For the L1115-i δ 18 O and δ 2 H signals it is 15 h and 2.5 days, respectively. For
the WVIA the values are 2 days and 1.5 days for the δ 2 H and δ 18 O signals, respectively.
Inter-calibration periods longer than these durations do not improve the measurements.

Figure 2.9: Autocorrelation function of the isotopic composition of the calibration runs
of the long term stability experiment for L1115-i and WVIA. A lag of 1 corresponds to
a 30 min calibration interval.
A second characteristic of the calibration scheme apart from the calibration interval
is the root mean square error (RMSE) of the calibrated time series. The dependency
of the RMSE on the calibration interval is shown in Fig. 2.10. The uncertainty of
the isotope signals increases exponentially with increasing calibration interval for both
instruments and both isotopes. For δ 2 H the uncertainty increase is of similar extent for
both instruments. The L1115-i accuracy of δ 18 O is however much better than the one of
WVIA. Accurate and precise δ 18 O measurements are essential for good quality derived
deuterium excess (d = δ 2 H−8δ 18 O) signals. Thus, when choosing the optimum calibration
interval the δ 18 O accuracy should be kept in mind.
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Figure 2.10: Root mean square error (RMSE) of laser spectroscopic isotope measurements as a function of intercalibration time on a log scale.

2.6.3

Calibration strategy

Ideally, in order to avoid any effect of drift and to obtain the best possible accuracy of
the measurements, the instruments should be calibrated at a frequency corresponding to
the optimum calibration interval, for a duration corresponding to the optimum averaging
time. However, a trade-off has to be made between minimum drift, maximum precision of
the calibration runs and minimum measurement time consumption for calibration. Calibration with the standard delivery module built for the L1115-i system is time consuming
due to the long equilibration phase in the vaporiser. With a two-point calibration run
every 12 hours using two different standards at three different water vapour mixing ratios,
one hour calibration time per day is needed in total. With such a calibration frequency at
water vapour mixing ratios of around 15 700 ppmv the precision of the L1115-i signal averaged to 15 min is σA (δ 2 H)=0.06h and σA (δ 18 O)=0.01h and the accuracy is 0.25h for
δ 2 H and 0.09h for δ 18 O. With calibration runs performed every hour using the WVISS,
the precision of the WVIA can be expected to be σA (δ 2 H)=0.07h and σA (δ 18 O)=0.07h
and the accuracy becomes 0.08h for δ 2 H and 0.07h for δ 18 O. It has to be emphasised that
these precision values were obtained in ideal laboratory conditions with well controlled
environmental parameters and thus represent an optimal case. They characterise the stability of the measurement system and do not account for the uncertainties introduced by
water vapour mixing ratio biases discussed in Sect. 2.5.
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2.7

Response time of the measurement systems

The response time of a measurement system is an important characteristic of a laser
spectroscopic instrument for field measurements of stable water isotopes. It serves as
a design quantity for an optimal gas sampling system and determines the exact timing of
the measurement. The primary aim of a good sampling system is to minimise interactions
of the sample gas with the tubing material. The parameters influencing response time are
the tubing material (Sturm and Knohl, 2010; Schmidt et al., 2010), temperature, tubing
length as well as pumping rate.
The response time of the measurement system can be described using two temporal
response components, a time lag τlag , accounting for the retardation of the vapour sample
in the tubing system and an exponential time constant τads determined by the exchange
rate of the gas in the optical cell, the effect of adsorption and desorption from the tubing
surface as well as the very slow diffusion through the tubing walls. The time lag for the
sample to reach the cavity can be derived from experimental data. It depends on the
tubing length and the pumping rate of the individual instruments. In the setup used
here τlag = 88 s for the L1115-i instrument and 75 s for the WVIA system with a common
12 mm PFA sample line length of 15 m. The separation tubings leading to the individual
instruments was 0.5 m long. Due to the difference in pumping rate of the two instruments
these short individual lines were not purged at the same rate. The flow in the common
sampling line was 1 l/min. This explains the small difference in the lag times. In Fig. 2.11
the two time constants are schematically explained using an example of a response in δ 2 H
measured by L1115-i. The input signal to the measurement system can be described by
a step-function, representing the switching of a valve between two reservoirs containing
two gases with a different water vapour mixing ratio and isotopic composition. Here step
changes were done by switching between ambient laboratory water vapour and calibration
vapour from the WVISS calibration unit.
The response function from the measurement system can be described approximately
using the two time constants τlag and τads and the concentration difference of the two
samples (c0 , c1 ). The concentration c0 of the vapour before the switch is determined by
averaging the data measured in the 30 s time period before the switch. The concentration
after the switch is averaged from 4.5 min to 10 min after the switch (see Fig. 2.11, dashed
lines). We use a simple model of gas exchange in a cavity assuming perfect mixing. The
change in concentration as measured by the instrument after a step change in the input
signal from c0 to c1 can be described as follows:


t − τlag
c(t) = c1 + (c0 − c1 ) exp −
τads
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Figure 2.11: Example of a response to a step change in δ 2 H as measured by the L1115-i
instrument. The total system response time consists of a time lag τlag , which depends on
the tubing length and pumping rate and an exponential time constant τads characterising
the measured change in concentration from C0 to C1 , determined by the cavity gas exchange
rate and the adsorption-desorption equilibrium on the tubing and cavity walls. The dashed
lines delimit the data used for computing the concentration after the switch C1 . The black
dashed dotted line indicates the switch time of the valve, the black full line indicates the
instant when the vapour front of the new sample arrives in the cavity.
This theoretical response function is fitted by least squares with quality criteria of a root
mean square error of RMSEδ18 O < 2 h RMSEδ2 H < 10 h and RMSEH2 O < 1000 ppmv.

For the fitting, the data obtained during the first two minutes of the response are weighted
by a factor of 10, thus ensuring that slight oscillations in the equilibrium value c0 do not
affect the estimated response time τads substantially. The fitting procedure serves as
a quality control of the switches and allows to eliminate step changes during which the
calibration unit did not work properly, due to blocking of the capillary tubing or air
pump problems. The exponential time constant τads of the response signals is calculated
separately for the water vapour mixing ratio, δ 18 O and δ 2 H. Step changes of ∼ 60h
in δ 2 H (between −80h and −140h), ∼ 7h in δ 18 O (between −25h and −32h) and
∼1 000 ppmv in H2 O (between 12 000 ppmv and 22 000 ppmv) were performed for external
tubing temperatures of 30o C (18 steps), 60o C (48 steps), 90o C (38 steps) and 120o C (8
steps). The temperature of the heated tubing (Lohmann Wärmetechnik und Regelung,
Graz) was regulated at the splitting end between L1115-i and WVIA using a R1140 regulator (elotech, Germany) with a SIRIUS SC semiconductor contactor (Siemens, Germany).
The response times τads for δ 2 H , δ 18 O and H2 O averaged over all performed step
changes in water vapour signal differ and amount to 36 s, 25 s, and 15 s for L1115-i and
4.5 s, 3 s and 2.9 s for WVIA, respectively. Schmidt et al. (2010) found that the response
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time of δ 2 H lags behind the one of δ 18 O by a factor of 1.7–3.3 using a PFA tubing, which
is more than the factor of 1.5 ± 0.1 found here for both L1115-i and WVIA also using
PFA tubing. The difference in the response times of the isotopes has implications for the
computation of deuterium excess. During a step change in water vapour mixing ratio
and isotope concentration the signals of water vapour mixing ratio and the two heavy
isotopes reach the new target values, when the equilibrium between the pipe gas and the
adsorbed phase on the tubing wall has been re-established. The longer response times for
the heavy isotopes compared to the bulk water concentration is an evidence for longer
interaction time scales of the heavy isotopes with the tubing and cavity walls and thus
a higher affinity with the material.
In this experiment the external tubing effects were the same for both instruments.
Internal memory effects induced by adsorption on tubing and the cavity wall of the instruments were however different. The 5–10 times smaller response times of WVIA compared
to L1115-i indicate that the influence of the external tubing on the memory effect of the
measurement systems is small. The typical residence time of the gas in the measurement
cell is shorter for the WVIA instrument than for L1115-i. Additionally, the lower surfaceto-volume ratio of the WVIA cavity compared to the L1115-i cavity implies that surface
effects are less important in the WVIA. Thus, the internal tubing and especially the cavity
exchange rate are the central elements determining response time if hydrophobic material
like PFA is used for the external tubing.
In our experimental setup a step towards lower water vapour mixing ratios always
corresponds to a step towards more depleted isotope values, which implies that both
water and isotope fluxes between the wall and the bulk gas in the tubing have the same
direction. During a step change from high to low water and isotope concentration (switch
down) water molecules desorb from the tubing and cavity walls. A step change towards
higher water and isotope concentration implies adsorption of water molecules on the
tubing and cavity material.
In Table 2.7 the average response times for L1115-i and WVIA are shown separately
for switch up (τup ) and switch down (τdown ) experiments. The response times for the
heavy isotope signals is ∼50% larger in the case of desorption (switch down) than for
adsorption (switch up). The desorption process is thus more strongly retarding heavy
isotopic molecules than adsorption. The difference in response times between switch up
and switch down steps is however much smaller for the water vapour mixing ratio signal.
The absolute difference in isotopic composition between the vapour sources (step size)
was varied using different standards, but no correlation between the step size and the
response times was found (not shown).
The adsorption and desorption processes are temperature dependent (Oura et al.,
2003) and thus higher tubing wall temperatures may reduce response times. The panels of
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Table 2.7: Average response times in s and corresponding standard deviations for the
L1115-i and the WVIA instrument and the different water isotopic species. In total 103
switching experiments were performed, 54 switches to higher water concentrations (switch
up, τup ) and 49 switches to lower concentrations (switch down, τdown ).
Picarro

WVIA

τup [s]

τdown [s]

τup [s]

τdown [s]

δ2H

29 ± 3

43 ± 4

3.3 ± 0.3

5.7 ± 2.5

18

δ O

20 ± 3

30 ± 3

2.0 ± 0.3

4.1 ± 2.5

H2 O

15 ± 2

16 ± 3

2.5 ± 0.2

3.3 ± 2.1

Fig. 2.12 show the distribution of the obtained response times for L1115-i computed from
the performed step changes as a function of external tubing temperature for δ 2 H, δ 18 O
and H2 O. For example in the case of δ 2 H in Fig. 2.12a the obtained average response time
decreases with increasing temperature. In Fig. 2.12 the response times for the different
isotope signals are separately shown for switch down cases (left panels) and switch up
cases (right panels). We find that temperature only slightly influences the time scale
of the desorption process with a decreasing tendency of the response time of δ 2 H with
increasing temperatures (Fig. 2.12a). The response time of the δ 2 H signal is 11% smaller
on average with a tubing temperature of 120o C than with a tubing temperature of 30o C.
This temperature effect is weaker for δ 18 O with a 6% decrease in response time between
a tubing temperature of 30o C and 120o C (Fig. 2.12c). The temperature effect observed
for the switch down cases is not as strong in the switch up cases. In general, temperature
effects observed in Fig. 2.12 are small in the range of 30o C to 120o C. Thus, the sampling
line heating is needed primarily to avoid condensation and does not reduce response times
significantly.
For both laser systems used here we found that it is not the acquisition time which determines the highest possible temporal resolution of the measurements but the exchange
rate of the cavity and the interaction timescale of the water molecules with the tubing
and cavity walls. Thus, the choice of the tubing material and the flow rate through the
sampling system are central aspects of an isotope measurement setup. A good knowledge
of the response time distribution of each isotope signal allows to correct for biases introduced by the sampling system and provides a framework for the uncertainty assessment
of high frequency variations in δ 18 O, δ 2 H and deuterium excess.
No significant improvements or changes were found in the L2130-i and WVIA-EP with
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Figure 2.12: Typical response times τads for the L1115-i isotope measurements. The
boxplots show the distribution of response times as a function of tubing temperature. The
left column of plots show switches to lower water vapour mixing ratios (switch down) and
the right column of plots shows switches to higher water vapour mixing ratios (switch up).
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respect to response times.

2.8

Comparative ambient air measurements

As a verification of the laboratory characterisation experiments comparative ambient air
measurements were done on the roof of a tower building in Zurich (47.38o , 8.55o , ∼500 m
a.s.l.) in the period 19–26 July 2011 with both L1115-i and WVIA connected to the
same inlet. The L1115-i was setup in a dedicated box outside with a short stainless steel
sampling line of 70 cm length with an outer diameter of 1/8 inch. The WVIA was setup
in a room and a 23 m long PTFE sampling line with an outer diameter of 1/4 inch was
used.
The L1115-i was calibrated using the SDM by performing two calibrations per day at
3 pm and 3 am for ∼ 1 h in total using WS 6 and WS 7 (Table 2.2). Calibrations were
performed at the ambient water vapour mixing ratio conditions as well as 3000 ppmv
above and 3000 ppmv below ambient water vapour mixing ratios. If variations in water
vapour mixing ratio during the day were > 1000 ppmv, the corrections found in Sect. 2.5
(i.e., Eqs. 2.3 and 2.4) were applied. The average standard deviation of the calibration
runs was 0.8h for δ 2 H and 0.2h for δ 18 O. These values compare well with the uncertainty
estimates obtained in Sect. 2.3 in the delta-scale laboratory experiment. The optimum
precision values described by the Allan deviation should however not be compared directly
to these sample standard deviations.
For the WVIA, calibration runs were performed every 15 min for 2 min using WS 6
(Table 2.2). The water vapour mixing ratio correction function was determined once on
19 July and once on 26 July using the WVISS by measuring WS 6 at different water
vapour mixing ratios in the range 5000–25 000 ppmv. The average standard deviation of
the calibration runs was 1.3h for δ 2 H and 0.6h for δ 18 O.
During the measurement period weather conditions were very variable with a cold
front passage in the evening of 19 July 2011 and with intermittent rainfall for the whole
period (black crosses in Fig. 2.13d). The sky was almost constantly overcast with a cloud
base of about 1500 m. Some longer periods of intermittent sunshine occurred especially
on the 24 and 25 July 2011. Air temperature varied between 12o C during nighttime
and around 22o C at midday. The measured isotopic composition of vapour varied in the
range −180h to −125h for δ 2 H and −26h to −18h for δ 18 O (Figs. 2.13a,b). The
data was averaged to 1 h and the shaded area shows the 1 h standard deviation based
on 5 s measured data for L1115-i and 5 s averaged data for WVIA. The correspondence
of the isotopic measurements of the two instruments was good with root mean square
differences of 2.3h for δ 2 H and 0.5h for δ 18 O. Punctually, larger differences can be
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Figure 2.13: Time series of δ 2 H (a), δ 18 O (b), deuterium excess (c) and water vapour
mixing ratio (d) from ambient air measurements in Zurich from 19–26 July 2011 with
L1115-i in blue and WVIA in red. The data is averaged to 1 h and the shaded area shows
the 1 h standard deviation based on 5 s measured data for L1115-i and 5 s averaged data
for WVIA. Crosses in (d) indicate the occurrence of precipitation.
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Figure 2.14: Dependency of the deuterium excess difference between L1115-i and WVIA
on the ambient water vapour mixing ratio during the comparative field measurement on
the roof of a tower building in Zurich from 19–26 July 2011.
observed, e.g., on 24 and especially 25 July around midday in δ 18 O. This mismatch of
∼1h in δ 18 O leads to a difference of nearly 10h in deuterium excess (Fig. 2.13c), which
is otherwise in good agreement between the two instruments with an RMSE of 3.1h.
The strong deviations on the 24 July and 25 July are responsible for the low correlation
between the deuterium excess measurements of the two instruments (ρ(d) = 0.38) and
are due to low water vapour mixing ratios. The range of measured water vapour mixing
ratios was 1 000 ppmv to 16 000 ppmv (Fig. 2.13d). The discrepancy between L1115-i and
WVIA is clearly water vapour mixing ratio dependent (Fig. 2.14). At lower water vapour
mixing ratios the difference between the two signals is larger, which highlights the crucial
importance of good water vapour mixing ratio dependency corrections. For L1115-i these
corrections were done continuously, for WVIA the water vapour mixing ratio dependency
was tested once on the 19 July and once on the 26 July and no significant change between
these two measurements could be observed. Another effect, which is linked to the water
vapour mixing ratio is the interference of hydrocarbons and especially methane (Galewsky
et al., 2011). The lower the water vapour mixing ratio the stronger the interference of
such trace gases. In the spectral region used in both L1115-i and WVIA the interference
with methane is strong (Rothman et al., 2009) and it may be slightly different for the
two instruments, which could explain the 1h deviation in δ 18 O. This methane cross-talk
effect is taken into account in the spectral fitting of the new Picarro version L2130i. No methane measurements were done during this campaign. The cross-talk effect
between water isotope measurements in water vapour and methane, if relevant, could not
be corrected for.
A second comparison measurement campaign was performed from 20/11/2011 to
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24/11/2011 in Rietholzbach (see Chapter 4 for a presentation of the measurement site
and setup). The comparison of the d signal in water vapour from the L1115-i and L2130-i
instruments is shown in Fig. A.1 in Appendix A. The root mean square difference between the two Picarro d signals during this four day campaign is 2h and the correlation is
ρ(d) = 0.8. The two Picarro instruments use the same absorption peaks of the water isotopes. Possible cross-talk effects from other ambient gases thus impact the measurements
in the same way.

2.9

Conclusions

This paper presents a characterisation study of laser spectroscopic measurements of stable
isotopes in ambient water vapour. We used two commercial versions of two laser spectroscopic systems as well as comparative IRMS measurements. The laser spectroscopic
instruments used were two systems by Picarro (versions L1115-i and L2130-i) and two
systems by Los Gatos Research (WVIA, WVIA-EP). The main properties of the laser
measurement systems investigated here were biases due to water concentration effects,
the short and long-term precision and accuracy, and response times.
The assessments presented in this paper were all pursued with the final aim of obtaining
a comprehensive picture of the uncertainty of high frequency water vapour isotope measurements using field-deployable laser spectroscopic instruments. We found that a large
part of the measurement uncertainty depends on how the instruments are calibrated, more
specifically on the calibration technique and strategy.
The inherent precision of the Picarro L1115-i instrument is dependent on water vapour
mixing ratio. In general, we found higher measurement uncertainties for lower water
vapour mixing ratios. This represents the basic uncertainty of the measurement. Other
uncertainty sources are then superimposed and depend on the sampling procedure and
calibration. The uncertainty of the calibration vapour production system adds to the
basic measurement uncertainty. An overall estimate of the bottom up uncertainty is
difficult to obtain as the different error components cannot be estimated independently.
The assessments of the different uncertainty components however allow us to determine
an optimal calibration procedure for the instruments of the two manufacturers Picarro
and Los Gatos, which is a trade-off between maximum ambient air measurement time,
maximum precision of the calibration run, typically requiring long calibration runs (10–
30 min) and a minimum calibration interval to regularly update calibration factors.
The precision at optimum averaging time is σAτ0 =15 min (δ 2 H)=0.06 h and

σAτ0 =50 min (δ 18 O)=0.01h for L1115-i and σAτ0 =10 min (δ 2 H)=0.07 h and σAτ0 =7 min (δ 18 O)=0.07 h
for WVIA at 15 700 ppmv water vapour mixing ratio. The measurement precision of both
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instruments is better in the new versions L2130-i and WVIA-EP. In both new instrument
versions Allan deviations at optimum averaging time are smaller compared to the ones
found for the previous versions.
We performed two top-down assessments of uncertainty by comparing the calibration
measurements of 10 standards as well as ambient air measurement by the WVIA and
L1115-i instruments. From the field measurements we obtained root mean square deviations between the two instruments of RMSE(δ 2 H)=2.3h and RMSE(δ 18 O)=0.5h. The
delta-scale linearity experiment showed that repeated measurements of 10 standards lead
to uncertainties of on average 1.7h (1.0h) for δ 2 H and 0.5h (0.4h) for δ 18 O for L1115-i
(WVIA). IRMS is typically characterised by similar or slightly smaller uncertainties than
found here for the L1115-i and WVIA systems.
The uncertainty of deuterium excess resulting from ambient measurements done with
the well characterised laser spectrometers used here was 3.1h. This uncertainty will
probably be reduced in upcoming versions of commercial instruments, owing to improved
spectral fitting algorithms with respect to water vapour mixing ratio dependencies and
interfering trace gases.
In summary, from the experiments presented in this paper we can formulate the following recommendations for the use of laser spectrometric systems to measure ambient
water vapour isotopes during field campaigns:
1. Calibration runs should be done regularly and ideally at the same water vapour mixing ratio as the measurements. For the L1115-i we perform a two point calibration
run every 12 h using 2 different standards at 3 different water vapour mixing ratios,
which takes 1 h calibration time per day in total. For the WVIA calibration runs
should be performed hourly for 5–10 min to obtain the highest possible accuracy.
2. Water vapour mixing ratio effects should be quantified for old versions of the laser
spectrometers. These effects are different for each instrument and the correction
functions found in this study have no general validity. In the new version of the
Picarro instrument (L2130-i) however, the water vapour mixing ratio dependency
of isotope measurements is very small and corrections are not necessary except if
measurements are performed in very dry conditions.
3. Dried ambient air is recommended as a carrier gas for calibration because its trace
gas composition is equivalent to the measured gas sample. Residual ambient water
can be a problem when calibrating at very low water vapour mixing ratios. In this
case laboratory tests with other carrier gases can be helpful.
4. If high frequency measurements are used, response time differences in δ 18 O and δ 2 H
should be accounted for. These depend on the setup and the tubing material used
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and have to be quantified experimentally. We found that response times were 1.5
times larger for δ 2 H than for δ 18 O and 10 times larger for L1115-i than for WVIA.
The response times of the measured signals depend on the exchange rate of the
measurement cell and tubing systems as well as the material affinity of the isotopes.
However, no clear dependency of the response times on tubing temperature was
found.
5. To obtain high accuracy water vapour mixing ratio measurements with uncertainties smaller than 500 ppmv regular calibration of the water vapour mixing ratio
measurements are suggested.
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Chapter 3
Lagrangian and Eulerian methods
for the interpretation of stable water
isotope measurements
In this chapter the modelling tools are shortly presented that will be used for the interpretation of stable water isotope measurements in the continental boundary layer. The
Lagrangian moisture source diagnostic tool presented in Section 3.1 will be applied for the
source temperature-δ 18 O (and δ 2 H) relationship discussed in Chapter 4 and for the interpretation of deuterium excess measurements in Chapter 5. The Lagrangian tool serves to
identify evaporation sources of the water vapour at the IAC meteorological and hydrological station Rietholzbach, where the isotope measurements were done (see Chapter 4
for a description of the measurement site). The Eulerian perspective using the regional
numerical model COSMO with implemented isotope physics (Section 3.2) will serve to
interpret rain and vapour measurements from the measurement campaign in July 2011
on the roof top of the IAC building in Zurich presented in Chapter 6.

3.1

Lagrangian moisture source diagnostic tool

An established moisture source diagnostic tool (Sodemann et al., 2008a) is used in this
thesis to identify the conditions at the sources of atmospheric water vapour, which is
analysed for its heavy water isotopic composition. This Lagrangian tool is based on the
diagnosis of changes in specific humidity along backward trajectories started at the location of measurement. Several studies have applied similar Lagrangian analysis techniques,
mainly to identify sources of moisture for precipitation event-wise (Massacand et al., 1998;
Reale et al., 2001; Turato et al., 2004; Stohl and James, 2004; Gustafsson et al., 2010) or
from a climatological perspective (Sodemann et al., 2008a; Sodemann and Zubler, 2010;
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Wei et al., 2012). Winschall (2013) investigated moisture sources for heavy precipitation events in Europe for both individual events and from a climatological perspective
using the Lagrangian diagnostic tool of Sodemann et al. (2008a). Others have used such
techniques to investigate regional water budgets (Dirmeyer and Brubaker, 1999; Schicker
et al., 2010; Wei et al., 2012). Lagrangian techniques have been used in previous studies
for the interpretation of stable water isotope measurements especially in precipitation
(Rindsberger et al., 1983; Anker et al., 2007; Barras and Simmonds, 2008; Sodemann
et al., 2008b) but also in water vapour (Gat et al., 2003; Lawrence et al., 2004; Strong
et al., 2007; Pfahl and Wernli, 2008).
The first step in the identification procedure of moisture sources is the trajectory
calculation setup as described in Section 3.1.1. Then the moisture source diagnostic tool
used to identify the moisture sources (uptake points) and the meteorological conditions
at the moisture sources is presented in Section 3.1.2, followed by a short discussion of the
linkage between moisture uptakes of air parcels and surface evaporation (Section 3.1.3)
and by a case study of above boundary layer uptakes (Section 3.1.4).

3.1.1

Trajectory calculations

Two different model datasets were used in this thesis in order to compute kinematic
three-dimensional backward trajectories by means of the tool LAGRANTO (Wernli and
Davies, 1997). On the global scale we used six hourly data from the reanalysis product
ERA-Interim (Dee et al., 2011) with an interpolated horizontal grid spacing of ∼80 km.
On the regional scale we used hourly analysis data of the limited-area model COSMO-CH
produced by Meteo Swiss (Doms and Schättler, 2002; Steppeler et al., 2003) with a 7 km
horizontal grid spacing. The properties of the two model datasets are summarised in
Table 3.1.
Table 3.1: Properties of the model datasets used for the Lagrangian moisture source
condition diagnostics.
Global

Regional

ERA-Interim

COSMO

6h

1h

Length of trajectories

10 days

5 days

Horizontal grid spacing

∼80 km

7 km

Model
Output interval

The measurement site Rietholzbach is situated in Northeastern Switzerland (47.38 o N,
8.99o E) at an elevation of 755 m a.s.l. Five horizontal starting points were selected in a
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Figure 3.1: Starting points for the trajectory calculations. Rietholzbach, the central
point, represents the isotope measurement site location. It is situated in Northeastern
Switzerland (47.38 o N, 8.99o E) at an elevation of 755 m a.s.l.

cross arrangement with the location of the isotope measurement station Rietholzbach in
the centre of the cross as shown in Fig. 3.1. The four points defining the cross edges
were shifted by 0.2 degrees in the meridional and zonal direction from the measurement
site. The vertical starting points were chosen such that they cover the lower part of the
troposphere. As the stable water isotope measurements were conducted in the boundary
layer, the model boundary layer top could have been used as a maximum starting height
of the backward trajectories. However, in order to avoid having different numbers of selected trajectories during day and night, we did not choose this option. Instead, we set a
constant maximum starting height of 1800 m a.s.l. to cover a representative part of the
lower troposphere. The influence of the day-night cycle of the model boundary layer will
be further discussed in Section 3.1.3. Seven vertical levels were thus selected as starting
points for the COSMO trajectories, corresponding to every second model level from level
1 to 13 (between 780 m a.s.l. and 1800 m a.s.l. every ∼150 m). In total 35 trajectories were
computed five days backwards in time, for every hour in the period August to December
2011 using COSMO analysis fields. With the ERA-Interim analysis data 25 trajectories
were started every second model level between levels 1 to 11 (between 780 m a.s.l. and
1800 m a.s.l. every ∼200 m). The ERA-Interim trajectories were computed ten days backwards in time every six hours for the same time period. Several meteorological variables
including specific humidity, 2 m temperature, 2 m dew point temperature, skin temperature, and boundary layer height, were interpolated along the backward trajectories from
both models.
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3.1.2

Moisture source diagnostic

The Lagrangian moisture source analysis used in this thesis was developed by Sodemann
et al. (2008a) for identifying moisture sources of precipitation. The same diagnostic tool
was applied in Pfahl and Wernli (2008) for the interpretation of water vapour isotope data.
With this technique, evaporation sites of the moisture can be identified by following the air
parcels back in time and registering changes in specific humidity along the trajectories.
Weights are assigned to each uptake in a mass consistent way. Each uptake location
is weighted according to its contribution to the final humidity of the trajectory. If a
decrease in specific humidity (i.e., precipitation) occurs after one or more uptakes the
weights of the previous uptakes are discounted (see Sodemann et al. (2008a) for a detailed
description). The meteorological conditions at the uptake points are averaged over the
uptake region using the weights determined from the specific humidity contribution. The
final contribution of each trajectory is weighted by its specific humidity at the trajectory’s
starting point. Spurious changes in specific humidity of <0.5 g/kg are not accounted for.
To interpret the water vapour isotope measurements in a quantitative sense, the moisture source identification scheme by Sodemann et al. (2008a) was primarily used in this
thesis to diagnose the conditions at the moisture sources and not only the evaporation
sites’ geographic location. Sodemann et al. (2008b) and Pfahl and Wernli (2008) also used
the moisture source diagnostics in this way, to analyse stable water isotopes in Greenland
precipitation and water vapour isotope data in Rehovot (Israel) respectively.
In Fig. 3.2 an example of identified moisture sources and associated relative humidity
conditions at the moisture sources is shown. In this example 76% of the final moisture
can be explained using the moisture source diagnostics (including above boundary layer
uptakes). The remaining 24% are either due to numerical errors, data assimilation problems or spurious changes in specific humidity. The mean relative humidity in the uptake
domain is 75.9%, the mean 2 m temperature 3.6o C and the ocean contribution is 36%.
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Figure 3.2:

Illustration of the moisture source diagnostic scheme for 22 UTC

17/12/2011. (a) Moisture sources identified from an example set of 35 trajectories.
Colours indicate the % contribution of the uptake to the final specific humidity per km2
(w). The integrated sources add up to 76%. 24% of the moisture uptakes are unexplained
and due to spurious changes in specific humidity or numerical errors. (b) Relative humidity h in % at the moisture source for the same example as in (a). The finally diagnosed
source relative humidity (or any other variable, which was traced along the trajectory) is
computed from a weighted mean of the relative humidity at the individual source points
as shown in (b). The weights are determined by the relative moisture contribution of the
individual source points to the specific humidity at the trajectory end point as shown in
(a). The spatial domain of the regional model COSMO is indicated by the curved black
frame.
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The moisture source diagnostic was applied in this thesis to investigate the moisture
sources of the water vapour, which was analysed for its stable water isotope composition at
the Rietholzbach measurement site. The method was used for both trajectories calculated
with the regional numerical weather prediction model COSMO and the ERA-Interim data.
Lagrangian moisture changes and therefore potential moisture sources were thus obtained
every hour using COSMO analysis fields and every 6h using ERA-Interim. The COSMO
data, with an approximately ten times higher horizontal resolution is expected to better
represent regional and continental moisture recycling. Due to its limited spatial domain
(see black frame in Fig. 3.2) it will however underestimate the contribution of ocean
evaporation from the North Atlantic and, more rarely, the Eastern Mediterranean when
large scale moisture advection is dominant. COSMO trajectories stay between 24 h and
120 h inside the domain, depending on the synoptic situation.
The comparison example between COSMO and ERA-Interim shown in Fig. 3.3 illustrates the above mentioned differences in the identified moisture sources. The limited
model domain of COSMO implies that the North Atlantic sources to the West of 20 o W
are missed in the COSMO setup. As expected, the ocean evaporation contribution using
ERA-Interim trajectories is higher (40%) than using COSMO trajectories (5%) in this
example. The limited temporal resolution of ERA-Interim trajectories is responsible for
the patchy distribution of moisture sources in the North Atlantic. Changes of specific
humidity in the course of the 6 h time frame between two ERA-Interim analysis time
steps cannot be accounted for. The triple-pole structure of moisture sources in Fig. 3.3b
with the 3 violet uptake maxima around the measurement station, in Northern France
and in the Bay of Biscay is probably also due to the 6 h resolution of the data. The
total explained fraction is around 80% using both models. Qualitatively the moisture
source patterns identified with COSMO and ERA-Interim inside the COSMO domain are
similar.
The sensitivity of the interpretation to the spatial and temporal resolution of the
analysis data is discussed in Chapter 5, Section 5.5. Estimates of water residence time in
the atmosphere from global model simulations show that the e-folding residence time of
atmospheric moisture is just over 8 days (Trenberth, 1998). Thus the moisture sources
identified with the 10 days backward trajectories calculated with ERA-Interim should
largely cover the sources of the moisture sampled in the Rietholzbach.
An important parameter in the moisture source diagnostic scheme is the maximum
altitude at which we consider an uptake to be vertically linked to surface evaporation.
This parameter was chosen to be dependent on the boundary layer height in previous
studies (Sodemann et al., 2008a; Pfahl and Wernli, 2008). In the following section the
uptake height distribution as well as the choice of the maximum uptake height parameter
in the moisture source diagnostic for the five months case study used in this thesis will
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be analysed.

Figure 3.3: Moisture sources identified for 00 UTC on 18/08/2011 using COSMO (a)
and ERA-Interim (b). Colours indicate the % contribution of the uptake to the final
specific humidity per km2 (w). For COSMO to be comparable to the ERA-Interim example, the moisture sources were 6-hourly averaged between 19 UTC on the 17/08/2011 and
00 UTC on the 18/08/2011.
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3.1.3

Uptake altitude of air parcels and linkages between water
uptakes and surface evaporation

To discuss the linkages between uptakes and surface evaporation, we have to consider
the concept of the water budget along an air parcel trajectory and the processes leading
to changes in specific humidity in such a framework. The water budget for diagnosing
changes of specific humidity q in an Eulerian framework can be written as
∂
(qρ) + ∇(qρu) = Q,
∂t

(3.1)

where t is the time, ρ the density of air and Q a source and sink term. Assuming continuity,
we have q( ∂ρ
+ ∇(ρu)) = 0 and thus:
∂t
ρ

∂q
+ ρu∇q = Q.
∂t

(3.2)

Changes of specific humidity along a trajectory
∂q
Dq
= ρ + ρu∇q
Dt
∂t

(3.3)

can thus only occur due to the term Q in Eq. 3.2 associated with the following sub-grid
scale processes:
1. Evapotranspiration from the land surface or evaporation from the ocean surface
2. Turbulent mixing in the boundary layer
3. Mixing in the free troposphere
4. Shallow or deep convection
5. In-cloud phase changes of water (condensation of water vapour, sublimation of ice
hydrometeors)
6. Precipitation
7. Numerical errors due to trajectory position errors e.g. at locations with strong
gradients (data assimilation, limited resolution of wind fields) and interpolation of
q to the trajectory position
Sodemann et al. (2008a) consider increases of specific humidity along the trajectory
inside the boundary layer (points 1 and 2 in the above list) to be vertically linked with
local surface evaporation. To account for the uncertainty in the boundary layer height
parametrizations (Seidel et al., 2012) in numerical weather prediction models as well as
for the fact that many uptakes of humidity occur at the boundary layer top, Sodemann
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et al. (2008a) scaled the boundary layer height by a factor of 1.5. In this envelope zone of
transition between boundary layer and the free atmosphere the fraction of moisture from
the boundary layer should be largely due to boundary layer venting. In the boundary layer
the air parcels are not well defined any more and can exchange air with their surrounding.
Sodemann et al. (2008a) refer to this as a “relaxed” Lagrangian concept in the boundary
layer. Since the vertical mixing time scale of the boundary layer is relatively short (< 1 h),
the association of the moisture increase along the trajectory with surface evaporation is
physically justified also in those situations where the uptake is diagnosed at the top of
the boundary layer.
To investigate the height at which air parcels generally take up moisture in our case
for the moisture sources of water vapour in Rietholzbach we looked at the distribution
of the ambient pressure at which an uptake occurs. Fig. 3.4 shows the distribution of
the ambient pressure during moisture uptakes for the five months of hourly COSMO
(Fig. 3.4a) and 6-hourly ERA-Interim trajectory calculations (Fig. 3.4b). Also shown in
Fig. 3.4 is the distribution of the pressure at the boundary layer top during uptakes as
well as the distribution of the scaled (1.5x) boundary layer during uptakes.

Figure 3.4: Distribution of uptake pressure, boundary layer (BL) pressure and scaled
boundary layer (1.5xBL) pressure during uptake for all trajectories calculated between
01/08/2011 and 31/12/2011 with the COSMO analyses in (a) and the ERA-Interim
data in (b). The wiggles in the distribution of the COSMO boundary layer height during
uptakes (blue line in (a)) are due to the fact that boundary layer heights in the COSMO
model are at discrete model level heights. All individual unweighted uptakes were considered for this analysis.

The distributions in panel a and b of Fig. 3.4 are very similar, meaning that the
uptake altitude pattern in COSMO and ERA-Interim are comparable. In ERA-Interim
the pressure distribution of uptakes (red curve in Fig. 3.4b) is somewhat wider, uptakes
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Figure 3.5: (a) As in Fig. 3.4 but only for COSMO and using weighted moisture uptakes.
(b) distribution of the difference between the pressure at the 1.5x scaled boundary layer
top and ambient pressure during uptake.

seem to generally occur at higher altitudes than in the COSMO model. The median
pressure at which uptakes occur is significantly lower (thus higher in altitude) than the
median of the pressure at the boundary layer top during uptake in both models. Even
a scaling of the boundary layer depth by 1.5 does not cover the majority of the uptakes
(compare the red and violet curves in Fig. 3.4).
The distributions in Fig. 3.4 show all the uptakes independently of the strength of
their contribution to the final specific humidity. In Fig. 3.5a the same distribution as
in Fig. 3.4a is shown but including the uptake weighting for COSMO. The distributions
with weighting are much narrower than without weighting, implying that significantly
contributing uptakes occur in a confined region just above the boundary layer.
In Fig. 3.5b the distribution of the pressure difference between the uptake point and
the 1.5x scaled boundary layer top shows that over the five months of data used in this
thesis a bit less than 50% of the uptakes would be covered if the 1.5x scaled boundary
layer height was taken as a maximum uptake height. For the distribution in Fig. 3.5b
the uptakes are weighted depending on their contribution to the final humidity as in
Fig. 3.5a. The distributions shown in Fig. 3.4 and Fig. 3.5 are all characterised by a
certain seasonality. However, to investigate this aspect in more detail and find a possibly
seasonally dependent maximum uptake threshold a climatological perspective with several
years of data should be considered. Furthermore, land-ocean contrasts in above boundary
layer uptake patterns may exist and could be analysed in future work.
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As mentioned at the beginning of this section, above boundary layer uptakes can be
due to in-cloud phase changes or mixing in the free troposphere. However, that such
uptakes are responsible for more than 50% of the moisture in an air parcel does not seem
realistic. Uncertainties in the boundary layer parametrisation especially over land (Seidel
et al., 2012) as well as the presence of other processes like shallow convection leading
to rapid vertical transport of recently evaporated water vapour at the surface, are more
plausible explanations for the discrepancy between the boundary layer height during an
uptake and the uptake height itself. In the following a short case study is presented,
in which (1) shallow convection over the ocean and (2) the day-night variations of the
boundary layer height over land lead to above boundary layer uptakes, which nevertheless
could well be linked to recent surface evaporation.

3.1.4

Case study on the occurrence of above boundary layer
uptakes

To investigate the occurrence of above boundary layer uptakes a short case study was
conducted using an ERA-Interim trajectory with its associated uptakes, vertical specific
humidity profile, cloud water and ice as well as updraft mass flux. The updraft mass flux
is a 3D variable in the ERA-Interim dataset. It is an important metric of the convection
scheme, which provides a good estimate of the moist convective intensity (Kain et al.,
2002).
An overview of ERA-Interim trajectories started at 12 UTC on 17/08/2011 is shown
in Fig. 3.6. The black trajectory was chosen for a detailed case study of its uptakes.
In Fig. 3.7a the altitude, the specific humidity and the boundary layer height scaled by
a factor 1.5 along the selected black trajectory of Fig. 3.6 are shown as a function of time.
Between -90 h and -80 h (event 1 in Fig. 3.7) a large uptake occurs (2 g/kg in 6 h) well
above the boundary layer. The humid plume shown in Fig. 3.7b is due to a relatively large
updraft mass flux at the uptake point and below it (see Fig. 3.7c). This uptake is clearly
linked with surface evaporation through convection and should be accounted for in the
moisture identification scheme. A similar uptake event above the boundary layer occurs
at -180 h over land (event 3 in Fig. 3.7). Both these events are collocated with relatively
deep clouds and changes in q could be confounded with cloud evaporation, however the
clear signal in the updraft mass flux points towards uptakes that are at least partially
linked to surface evaporation. One further event, in which a vertical link between surface
evaporation and above boundary layer uptake is very probable without the presence of
clouds is the uptake occurring at -140 h (event 2 in Fig. 3.7). A vertical mass flux plume
can also be identified at this location.
Based on the finding that air parcels can experience uptakes that still have a clear
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Figure 3.6: Trajectories calculated in the ERA-Interim setup for 12 UTC 17/08/2011.
Colours indicate the specific humidity of the air parcel. The trajectory marked in black is
used as an example for a case study on above boundary layer uptakes.

vertical link with ground evaporation well above the boundary layer we decided to set no
maximum uptake height, for the present study. This is a strong assumption and needs
to be systematically validated but it has several advantages. Firstly, it allows to include
all uptakes with a clear vertical connection to surface evaporation as shown in the above
events. Secondly, we avoid any day-night contrasting effects on the selected uptakes.
Over land, the strong daily cycle of the boundary layer dynamics implies very shallow
boundary layers during night in the model data, excluding many uptakes if the boundary
layer height is taken as an upper threshold for the uptake height. The sensitivity of
our ensuing analysis on the choice of the maximum uptake height will be discussed in
Section 5.5.
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Figure 3.7: Example of above boundary layer uptakes along an ERA-Interim trajectory
(black trajectory shown in Fig. 3.6) with associated vertical specific humidity, cloud water,
cloud ice (b) and updraft mass flux profiles (c). The three panels share the same x-axis
representing time running backward (from left to right) from 12 UTC on 17/08/2011. In
all three panels the boundary layer height scaled by a factor 1.5 (dashed line) is shown as
well as the trajectory height by the full black line. In panel (a) land areas are shown by a
green horizontal bar and ocean areas by a blue horizontal bar. (a) temporal evolution of
the air parcel pressure (full line) and the variation of specific humidity along the trajectory
(blue line, see scale on the right). (b) Vertical profiles of specific humidity, cloud water
(black contours) and cloud ice (grey contours) along the trajectory. (c) Vertical profile of
updraft mass flux along the trajectory. The vertical lines delimit the 3 events discussed in
the text.
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3.2

Simulations with COSMOISO

Simultaneous hourly rain and water vapour isotope measurements are interpreted and
compared to isotope-enabled limited-area model simulations in Chapter 6. Model sensitivity experiments have been performed to identify the primary controls of the water
vapour and precipitation isotope signal during two cold frontal precipitation events and
one convective event in July 2011. In the following the limited-area model with implemented isotope physics (COSMOISO ) is shortly presented, followed by a description of
the initial and boundary data used for the simulations and the model setup. Finally the
performed sensitivity experiments are described.

3.2.1

Model description

The limited-area model COSMO (Steppeler et al., 2003), used for instance by the Swiss
and German weather services for operational weather forecasts, has been widely employed
in meteorological research for studying mesoscale weather systems as well as in climate
research. In this thesis the COSMO model version 4.18 with implemented isotope physics
(COSMOISO ) was used. The water isotope implementation (Pfahl et al., 2012) includes
two supplementary parallel diagnostic water cycles for the specific humidity fields of the
1 2 16
isotopes H18
2 O and H H O in addition to the water cycle of the most abundant water

H2 O. These parallel water cycles do not affect other processes in the model. Details
of the water isotope implementation into the COSMO model on the transport, cloud
microphysics and moist convection can be found in Pfahl et al. (2012).

3.2.2

Simulation setup

The initial and boundary conditions for all the non-isotopic model variables are obtained
from the European Centre for Medium-Range Weather Forecasts (ECMWF) analysis
data. For the considered period in July 2011, this data is available every 6 h with a
spectral resolution of T1279 and 91 vertical levels. For the isotope variables, data from
the global isotope-enabled general circulation model IsoGSM data (T62, 17 vertical levels)
were used. This data from Yoshimura et al. (2008) was produced by nudging the IsoGSM
model to global reanalysis data. The chosen domain for the simulations performed for
this study is similar to the one used for operational forecasts by the Swiss weather service,
extending 100 km further to the east in the setup used here (Fig. 3.3). The simulations
were performed on a rotated grid with an approximate horizontal grid spacing of 7 km
and 40 hybrid vertical levels.
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Three case study were conducted with the following starting and ending dates:
1. Simulation 1: 00 UTC 19/07/2011 to 00 UTC 21/07/2011, 48 h, cold front passage
around 18 UTC 19/07/2011
2. Simulation 2: 00 UTC 21/07/2011 to 12 UTC 23/07/2011, 60 h, convective event
starting around 12 UTC 21/07/2011
3. Simulation 3: 12 UTC 23/07/2011 to 12 UTC 25/07/2011, 48 h, cold front passage
around 00 UTC 24/07/2011

3.2.3

Sensitivity studies

Two parametrisations for isotope fractionation during below-cloud interaction (BC) between water vapour and precipitation as well as during land surface evaporation (CG) are
tested:
• For the BC1 simulations, the below-cloud interaction parametrisation was chosen as
in the reference simulation by Pfahl et al. (2012), including equilibrium and kinetic
exchange effects between rain droplets and below-cloud vapour.
• For the BC0 simulations, the below-cloud interaction parametrisation was chosen
as in the sensitivity experiment by Pfahl et al. (2012). The effect of below-cloud
interaction between rain and vapour is switched off in these simulations. Thus
no equilibration of the rain droplets with the surrounding vapour occurs. The
isotope ratio of the vapour evaporating from the droplets is set equal to the isotopic
composition of the rain.
• For the CG1 simulations, the Craig-Gordon Model (Chapter 1) is used for the
parametrisation of fractionation effects during soil evaporation. The diffusion coefficients from Merlivat (1978b) are used with an exponent m = 0.67 (see Chapter 1.1.3). Transpiration from plants is assumed to be non-fractionating.
• For the CG0 simulations, no fractionation is assumed to occur during evapotranspiration as is often done in isotope GCM modelling (e.g., Yoshimura et al., 2008;
Risi et al., 2010b). The evapotranspiration flux thus carries the isotope signal of the
IsoGSM soil moisture. This setting is not realistic. As mentioned in Chapter 1 transpiration has been shown to be non-fractionating only at long integration timescales
of 1 day (Harwood et al., 1999). Also fractionation effects from soil evaporation are
totally neglected in these simulations. However, the comparison with CG1 type
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simulations allow us to investigate the importance of fractionation during soil evaporation for the correct representation of low-level water vapour and precipitation
isotopic composition.
For each simulation period introduced above (Section 3.2.2), 4 simulations were performed with all the possible combinations of the above mentioned parametrisations.
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Chapter 4
Variations of stable water isotopes in
continental boundary layer
moisture: from the hourly to the
seasonal timescale
4.1

Introduction

Isotope measurements in precipitation have been available for a few decades from the
Global Network of Isotopes in Precipitation (GNIP, see Fig. 1.3 in Chapter 1) operated
by the International Atomic Energy Agency (IAEA; Araguas et al., 1996). They have been
used in several studies to investigate the properties of stable water isotopes of presentday precipitation as proxies for climate parameters (e.g., Craig, 1961; Dansgaard, 1964).
Measurements of stable water isotopes in water vapour from the lower troposphere have
been much rarer, mainly because the collection of water vapour is technically more difficult
and error-prone than the collection of liquid water (see Chapter 2, Sec 2.1 for more details
on the measurement techniques). With the recent advent of novel laser spectroscopic
systems as used in this thesis, first insightful studies have been published on present
day stable water isotope measurements in water vapour at a high temporal resolution
(∼ 1 h). These measurements as well as a few others performed with older techniques
(cryogenic trapping) were done in oceanic settings, e.g., at sites close to the coast (Lee
et al., 2006; Angert et al., 2008; Noone et al., 2011) or on-board a ship (Gat et al.,
2003; Uemura et al., 2008), in tropical Africa (Tremoy et al., 2013), in continental Asia
(Wen et al., 2010, 2012) and in continental North America (Lai et al., 2006; Griffis et al.,
2011). In these studies the measurement series of water vapour isotopes were interpreted
using different hypotheses on the effect of local ecohydrological processes, local boundary
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layer mixing, as well as synoptic scale processes. To date, little stable water isotope
data with high temporal resolution in water vapour is available from continental Europe.
The impact of the Alps and the dipolar oceanic moisture source distribution with the
influence from the Mediterranean and the North Atlantic as evaporation sources provide
an interesting setting for water isotope studies to investigate the effect of continentality,
large-scale water vapour transport and local moisture recycling.
The two determining factors for the stable water isotope signal in continental boundary
layer water vapour are on the one hand the synoptic-scale background properties of the
air masses and on the other hand the influences from the local moisture fluxes from
evapotranspiration and turbulent mixing. The typical timescales of these two drivers are
different. Air mass properties affect atmospheric boundary layer water vapour isotopes
at timescales of ≥ 1 day (see also Chapter 5), whereas local fluxes and boundary layer
mixing are characterised by a timescale of ≤ 1 day. The literature on synoptic as well as
local processes affecting stable water isotopes at hourly to monthly timescales is shortly
reviewed in the following. Deuterium excess (d = δ 2 H-8δ 18 O) as a secondary parameter
and measure for non-equilibrium fractionation effects is treated separately in Chapter 5.
The large-scale atmospheric control on the stable water isotope composition of atmospheric water vapour has mainly been studied with model simulations of GCMs or RCMs
equipped with stable water isotope physics (e.g., Joussaume et al., 1984; Hoffmann et al.,
1998; Yoshimura et al., 2008; Pfahl et al., 2012) due to the above mentioned lack of measurement data. First measurement studies using datasets longer than 1 month at an ∼1 h
temporal resolution analysing the influence of the mesoscale to large-scale atmospheric
circulation on the heavy isotope content of lower tropospheric water vapour in the tropics have recently been published (Noone et al., 2011; Kurita et al., 2011; Tremoy et al.,
2013). The influence of typical tropical and subtropical phenomena like the West African
Monsoon or the Madden Julian Oscillation and the effect of convection on water vapour
isotopes were investigated in these studies. Measurements of stable water isotopes in the
extratropics have been conducted in Beijing (Wen et al., 2010) and New Haven (Lee et al.,
2006). In Beijing, the Asian Monsoon dominates the δ 2 H and δ 18 O signal at the synoptic
and seasonal time scale. In New Haven, the water isotope signals are affected by cyclones
and their fronts at the synoptic timescale.
In the mid-latitudes the synoptic-scale processes affecting the isotopic composition of
water vapour in the lower troposphere are temperature (T ) dependent. On the one hand,
the isotopic composition of water evaporating from the Earth surface is set, amongst
others, by the temperature at the point of evaporation T d (the T d -dependent equilibrium
fractionation effect is 0.11h/o C for δ 18 O and 1.3h/o C for δ 2 H, see Fig. 1.2 in Chapter 1).
On the other hand, rainout during the transport of water vapour is controlled by the
T -dependent saturation vapour pressure. Rainout during air mass advection leads to
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a progressive cooling and depletion of heavy isotopes of the air parcel (see Fig. 1.1 in
Chapter 1). Dansgaard (1964) summarised the rainout concept under the term “T -effect”
and used a Rayleigh distillation model approach based on the origin of the water vapour
and the amount of previous rainfall from an air mass to explain the observed seasonal
cycle and the poleward decrease in precipitation δ 18 O. This model has subsequently been
widely used in the literature to explain the decrease of precipitation δ 18 O with increasing
continentality (e.g., Rozanski and Munnich, 1982; Kurita et al., 2004). However, other
T -dependent processes, not represented in the classical Rayleigh model, also influence
the δ-signature of airmasses, like for example below-cloud evaporation and subsequent
recycling of this moisture, ice formation in clouds and the melting of snow. An air parcel’s
history often includes several of these T -dependent processes influencing the δ-signature
of its moisture. The umbrella term “T -effect” is thus very general and hides a complex
combination of several processes.
18

Because of the importance of the δ − T slope ( ∆δ∆T O or

∆δ 2 H
)
∆T

for paleoclimate recon-

structions from ice-core data, the present day relationship between δ 18 O (or δ 2 H) and T
(subsequently called the δ-T relationship) has been studied in detail in the literature of
the last two decades.

Figure 4.1: δ 18 O-T slope for the long-term monthly average precipitation δ 18 O and T2 m
station data from Bowen (2008).

The spatial distribution of the monthly average precipitation δ 18 O-T relationship in
the Northern Hemisphere was shown to be characterised by a distinct continentality in
several studies using GNIP station precipitation isotope data (see Fig. 4.1; Bowen, 2008;
Vachon et al., 2010). The δ 18 O-T slopes are largest at high elevation and in the continental
interior of the United States and Asia (Bowen, 2008). Near the coast the T sensitivity of
isotopes is relatively small with values in the same order of magnitude as the equilibrium
fractionation effect at the source of 0.11h/o C for δ 18 O (see Fig. 1.2 in Chapter 1, Vachon
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et al., 2010). In coastal regions, the rainout effects play a minor role, whereas geographic
shifts in moisture sources and associated moisture source T d changes probably control the
isotopic composition of precipitation. On the contrary, in the interior of the continents the
air mass cooling effect is dominant. The climatological controls on isotope seasonality thus
seem to differ regionally, which casts some doubt on the stability of the δ-T relationships
and its use in paleoclimate reconstructions (Jouzel et al., 1997; Bowen, 2008).
Besides the influence of large-scale transport on the stable water isotopic composition
of water vapour measured at a continental measurement site, a key role is played by local
evapotranspiration and mixing processes in the boundary layer. In recent years, several
studies have used stable water isotopes and their diurnal variations to estimate evapotranspiration fluxes from terrestrial vegetation (Yakir and Wang, 1996), for partitioning
the flux components (Moreira et al., 1997; Yepez et al., 2003; Williams et al., 2004; Zhang
et al., 2010) or for diverse ecophysiological applications (Cernusak et al., 2004; Farquhar
et al., 2007).
Three main local processes determine the isotope signal in water vapour as schematised
in Fig. 4.2:
1. Entrainment of free tropospheric air: Water vapour in the upper troposphere
is generally more depleted in heavy isotopes compared to vapour near the surface,
which is due to the preferential removal of heavy isotopes in condensates (Dansgaard,
1964). In the lower troposphere freshly evaporated water enriches the ambient water
vapour. Thus entrainment of dry and depleted free tropospheric air will decrease
specific humidity as well as δ 18 O and δ 2 H in the boundary layer.
2. Evapotranspiration from the continental surface: Evapotranspiration is an
important driver behind the daily cycle of the water isotope signal in the boundary
layer. Transpiration, when integrated over hours to days carries the same isotopic
signature as the liquid water taken up by plants (Harwood et al., 1999). Bare soil
evaporation generally carries a more depleted signature than plant transpiration but
is typically more enriched than free tropospheric water vapour.
3. Below cloud interaction between precipitation and water vapour: The
isotopic exchange between raindrops and their environment on their way through
the air column below the cloud to the ground generally depletes the low level water
vapour of heavy isotopes during rainfall (Lee and Fung, 2007; Field et al., 2010).
This aspect will be treated separately in Chapter 6.
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Figure 4.2: Schematic of the local driving factors for stable water isotope signals in
the atmospheric boundary layer. Fin represents the entrainment of free tropospheric air,
Fout the detrainment of boundary layer air into the free troposphere, FP precipitation, FE
evaporation and FT transpiration.

A simplified box model including boundary layer mixing of entrained free tropospheric
air, soil evaporation and plant transpiration will be applied at the end of this chapter to
qualitatively interpret the measured daily isotopic signals and to identify the relevance of
the main driving processes (points 1 and 2 above). Specifically, we would like to address
the question whether the biospheric signature from transpiration is detectable in the daily
δ 18 O, δ 2 H and d signals or whether it is completely overwritten by boundary layer mixing.
In this chapter, the measurement site Rietholzbach as well as the setup of the water
vapour measurement system are shortly described in Section 4.2, then a five months time
series of measurements at Rietholzbach is presented in Section 4.3 and the main drivers
of isotope variations at different timescales are discussed. In Sections 4.4 and 4.5 the
T -effect on the δ signals is analysed. Finally, in Section 4.6 the impact of local boundary
layer effects is discussed, and conclusions are drawn in Section 4.7.
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4.2

The measurement site Rietholzbach

o
The water vapour isotope measurement
system used in this thesis (see Chapter 2
for technical details) was operational during five consecutive months (01.08.2011 to
31.12.2011) for hourly measurements at
the research measurement site Büel in the
Rietholzbach catchment (Fig. 4.3). This
measurement site, as well as several other
monitoring devices in the river catchment
of the Rietholzbach are operated by the re- Figure 4.3: Measurement field Büel in the
search group of Sonia Seneviratne in col- research catchment Rietholzbach. For details
laboration with the Swiss Federal Office on the measurement variables used in this
for the Environment (FOEN; Seneviratne thesis see Table 4.1 and for a summary of all
et al., 2012). Figure 4.4 shows the location measured variables see Seneviratne (2011).
of the research site in the northern prealps
in Northeastern Switzerland.

The mea-

surement site of Büel is situated at an elevation of 755 m a.s.l. (47o 22’54”N, 8o 59’42”E).
Table 4.1 summarises the instruments and the variables used in this thesis. Other measurements are available and summarised in Seneviratne (2011).

Figure 4.4: (a) Situation of the Rietholzbach measurement site in Northeastern Switzerland on the satellite image from Landsat 25 m. The image is reproduced with the authorization of swisstopo (JD100042). (b) Situation of the Riet measurement site (red cross)
in the Rietholzbach research catchment (from Seneviratne et al., 2012).
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Table 4.1: List of meteorological variables measured on the measurement field Büel in
the Rietholzbach catchment and used in this thesis (Seneviratne, 2011).
Variable

Measurement type

Sensor

Manufacturer

Air temperature

Thermocouple

Thygan VTP6

Meteolabor

Relative humidity

Capacitive

HC2-S3

Vaisala

Dew point temperature

Dew point mirror

Thygan VTP6

Meteolabor

Wind speed

Anemometer

05103

Young

Wind direction

Potentiometer

05103

Young

Wind vector

Sonic anemometer

CSAT3

Campbell

CO2, H2O concentration

Infrared gas analyser

Li7500

LiCor

Air pressure

Capacitive

PTB100A

Vaisala

Precipitation

Tipping bucket

Tognini

Gertsch

Lysimeter

Lysimeter
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The setup of the laser spectrometer in the cellar of the measurement site Büel is
shown in Fig. 4.5b. The cellar was built to operate a weighting lysimeter to measure
evapotranspiration. The inlet on the measurement field is set at ∼1.5 m height and
consists of a rain protection and a 5 mm stainless steel filter (Fig. 4.5a). The heated PTFE
tubing leading to the instrument in the cellar is 6 m long and has an inner diameter of
10 mm. The tubing wall just before the connection to the laser spectrometer is heated to
70o C. Figure 4.5c shows a schematic of the flow of ambient air through the measurement
system. The main 6 m tubing is flushed by a membrane pump with a through flow of
9 `/min. The internal pump of the laser instrument induces a flow of 25 m`/min through
the instrument. The typical travel time of a water molecule from the inlet to the outflow
of the measurement system is ∼ 1 min.
The 5 s raw measurements were averaged to hourly isotope and water vapour mixing
ratio data. Calibration was done as described in Chapter 2. Two calibration periods
per day with each time two standards were chosen at 03 UTC and 15 UTC. During the
night calibration period, four calibration runs with two standards and two different water
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vapour mixing ratios were performed. The water vapour mixing ratios were chosen at
3000 ppmv above and 3000 ppmv below the ambient water vapour mixing ratio of the
previous 15 min of ambient air measurements. During the daytime calibration period only
2 calibration runs were performed at the ambient water vapour mixing ratio with the two
standards. We used standards WS 6 and WS 7 from 01/08/2011 to 18/11/2011 and WS
6 and WS 8 from 18/11/2011 to 31/12/2011 (see Chapter 2, Table 2.2).

Figure 4.5: Setup of the laser spectrometer at the Büel measurement site of the research
catchment Rietholzbach. (a) Inlet of the sampling system. (b) Setup of the Picarro
L1115-i cavity ring-down laser spectrometer (see Chapter 2 for technical details) in the
cellar of the measurement field. (c) Flow diagram of the setup including the inlet and the
laser spectroscopic measurement system.
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4.3

Isotope variations at different time scales

Figure 4.6 shows five months of continuous hourly measurements of δ 18 O and δ 2 H, d and
specific humidity q in the continental boundary layer in Rietholzbach between August
and December 2011. The δ 18 O signal varies between -30h and -10h, the δ 2 H signal
varies between -250h and -100h, and d varies between 5h and 32h. The variability
range is similar as was found in previous studies for water vapour isotopes in the extratropics (Lee et al., 2006; Wen et al., 2010). Compared to the global meteoric water line
(δ 2 H=8δ 18 O+10h ; Craig, 1961), the δ 18 O versus δ 2 H values fall on a linear regression
line of δ 2 H=7.9δ 18 O+14.8h (Fig. 4.9). The slope is thus practically equivalent to the
global mean slope found by Craig (1961) for monthly precipitation data. The intercept,
representing the mean d is however higher. This can be expected because of the inland
situation of the measurement station, where continental moisture recycling certainly plays
a non-negligible role. This aspect is further discussed in Chapter 5 together with the correlation pattern between relative humidity h in Fig. 4.7 and d in Fig. 4.6. The minima
in the two δ signals occur during precipitation and the passage of frontal systems (see
Fig. 4.7, time series of precipitation and pressure). The maxima in the δ time series were
measured at midday during summer collocated with the maxima in the latent heat flux
(Fig. 4.8). The mechanisms behind these two observations will be discussed in more detail
in Sections 4.5 and 4.6.

Figure 4.6: Five months of continuous hourly data from laser spectrometric measurements of stable water isotopes in the atmospheric boundary layer at the measurement site
Büel in Rietholzbach. In turquoise the δ 18 O signal is shown, in red the δ 2 H signal, in
violet d, and in blue the specific humidity q. The 5 s raw measurements were averaged
to the hourly data shown here. The measurement system setup as well as the calibration
procedure are explained in Section 4.2.
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o

Figure 4.7: Five months time series of hourly meteorological variables corresponding to
the water isotope measurements in Fig. 4.6. Air pressure is shown in orange, relative humidity computed from the dew point measurements is shown in light blue, 2 m temperature
is shown in red, and precipitation intensity in dark blue.

o

Figure 4.8: Five months time series of hourly meteorological variables corresponding to
the water isotope measurements in Fig. 4.6. Surface sensible heat flux is shown in dark
red, latent heat flux in blue, the CO2 flux in light red (negative values show downward
fluxes), and the wind speed in green.
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o
In Table 4.2 the isotopic composition of
bi-weakly accumulated precipitation samples is listed. The δ 18 O values of precipitation vary between -14h and -6h and
the δ 2 H values vary between −100h and
−35h. The minimum precipitation δ values are found in the second half of October, when we also find a minimum in
the vapour δ signal. Bi-weakly water samples of the soil moisture (outflow of the
Lysimeter), groundwater and river water
are shown in Tables C.1, C.2 and C.3 in
the Appendix C. The variability in the Figure 4.9: Local water vapour isotope line
isotopic composition of these water sam- with a linear fit of δ 18 O=7.9 δ 2 H+14.8. The
ples is strongly dampened compared to the data points show hourly data between Auvariability in the water vapour and precip- gust and December 2011 from the time series
itation samples. Higher variability in river shown in Fig. 4.6.
water samples and soil moisture can be expected during strong precipitation events
at a shorter timescale (∼10 min to 1 h). The isotopic composition of soil moisture, river
and groundwater samples is around -10h to -11h for δ 18 O and around -70h to -80h
for δ 2 H. In d the largest variability is found in the soil moisture samples between 8h and
13h. Generally larger d values are found in summer, smaller values in winter.
Three time scales of variability can be clearly distinguished in Fig. 4.6 and will now
shortly be discussed:
1. Monthly timescale: The progressive depletion of heavy isotopes towards winter is clearly visible in δ 18 O from ∼-15h to ∼-20h on a monthly average and in
δ 2 H from ∼-125h to ∼-175h. The decreasing trend in the isotope time series is
strongly correlated with the decrease in locally measured T m and specific humidity
q (correlation of 0.78 for both isotope measurements at ∆t =1 h with T m and q,
see Fig. 4.6 and 4.7). The correlation of isotopes with T m and q will be further
discussed in Sections 4.4 and 4.5 below. The high correlations between the δ signals
and T m and q have both been discussed extensively in the literature and are often
summarised as the “temperature-effect” (“T -effect”; Dansgaard, 1964). The probability that an air mass has experienced condensation and rainout increases with
decreasing T , leading to a decrease in q and δ values. This effect induces a seasonal
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Table 4.2: Isotopic composition of ∼10 days accumulated rainfall samples collected at
the measurement station Rietholzbach between 27.07.2011 and 12.01.2012. The samples
were measured by IRMS as described in Section 2.3.
Date

δ 18 O [h ]

δ 2 H [h ]

d [h ]

27.07-12.08

-6.96±0.08

-46.2±0.5

9.4±1.2

12.08-25.08

-7.96±0.04

-51.8±0.5

11.9±0.9

25.08-06.09

-8.11±0.07

-51.3±0.1

13.55±0.68

06.09-21.09

-5.93±0.07

-35.11±0.78

12.29±1.31

05.10-18.10

-9.28±0.06

-59.81±0.34

14.45±0.79

18.10-01.11

-13.98±0.37

-98.4±0.69

13.44±3.64

01.11-18.11

-8.55±0.05

-55.35±0.17

13.07±0.6

18.11-28.11

-8.93±0.08

-61.17±0.65

10.27±1.33

28.11-13.12

-10.9±0.06

-74.72±0.19

12.44±0.69

13.12-26.12

-12.24±0.07

-87.13±0.49

10.82±1.08

26.12-12.01

-11.37±0.17

-80.91±0.17

10.04±1.54

trend in near-ground water vapour δ values in the mid-latitudes. Furthermore the
resulting tendency in δ values is reinforced by the decreasing temperatures at the
moisture source. The combined effects of the condensation history of the air masses
and the changes in moisture source temperatures affecting equilibrium fractionation
during evaporation thus mainly determine the δ signal at the seasonal time scale in
the Rietholzbach.

2. Synoptic timescale (a few days): The passage of frontal systems, especially cold
fronts, induce large and rapid changes in the δ signals of > 5h decrease in δ 18 O
and > 40h decrease in δ 2 H in less than 24 h (Fig. 4.6, e.g., in mid-August, midSeptember and mid-October). The modulation of the slight and constant decrease
in the δ-values towards winter by these sharp features is striking. The isotopic
signature of the changing air masses during the passage of a cold front can also
be explained by the “T -effect”, i.e., the change from a relatively warm enriched
air mass to a cold, more depleted air mass that is further advanced in its condensation and rainout state as well as by the effect of precipitation. Indeed, the
influence of the change of air mass on the isotope signal is generally reinforced by
precipitation bringing depleted water vapour from below-cloud evaporation into the
boundary layer (Field et al., 2010). The effect of interaction between rain droplets
and boundary layer water vapour below the clouds will be discussed in more detail
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for a special measurement campaign in summer 2011 in Chapter 6. In Fig. 4.10
normalised, two-days filtered δ 18 O and ambient pressure p anomalies are shown.
The two-days filter removes the influence of the daily cycle that will be discussed
below (point 3) and the synoptic influence of changes in air masses becomes clearly
visible.

Figure 4.10: Time series of normalised two-days filtered ambient pressure p (orange)
and δ 18 O (turquoise) anomalies.

Overall the correlation between δ 18 O and p is inexistent, but for individual cold
front passages a high, 5 h to 20 h lagged correlation can be found. The minima in
pressure and δ 18 O are generally shifted by 5 h to 20 h. The δ 18 O minimum probably
occurs when the combined effect of subsidence of cold and dry air and precipitation
is strongest. In November the passages of three cold fronts can be noted during
which no precipitation occurred (Fig. 4.7). The decrease in δ 18 O for these two
events was weaker than for the cold fronts in mid-August and mid-October. Similar
signals in water vapour isotopes as described here during the passage of cold fronts
were found in Australia (Parkes et al., 2010), New Haven (Lee et al., 2006) and in
the Northeastern United-States (Gedzelman and Lawrence, 1990; Pfahl et al., 2012).

3. Daily timescale: A clear daily cycle can be distinguished in Fig. 4.6 induced by the
day-night cycle of solar radiation and the resulting local boundary layer dynamics.
The daily cycles of the latent and sensible heat fluxes as well as other meteorological
variables are compared to the daily cycles of the isotope measurements in Section 4.6.
The daily cycle in the isotope measurements is most dominant in summer, when
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the local latent heat flux is large. Towards winter, as the amplitudes of the latent
heat flux and sensible heat flux decrease and the horizontal wind speed increases,
the daily cycle signature in the isotope time series disappears (compare Fig. 4.7 and
Fig. 4.6). Furthermore, as will be seen in Section 4.6 plant transpiration strongly
contributes to the distinct daily cycle in the isotope time series in summer and
its mid-day maximum. With the nearly disappearing plant activity in winter (see
reduced CO2 flux in Fig. 4.6) effects of local energy fluxes on the isotope signal also
become weaker. The remaining driver of variability in winter is the frontal activity,
advection of air masses with difference isotopic signatures and precipitation.
The importance of the synoptic and daily time scales as signal modulating frequencies
of δ 18 O is clearly visible in the power spectrum in Fig. 4.11 with one peak at t = 24 h and
several peaks in the range of 3-10 days (the power spectrum for δ 2 H is not shown, but
looks similar as the one for δ 18 O in Fig. 4.11).

Figure 4.11: Power spectral density for the δ 18 O signal between August and December
2011 as shown in Fig. 4.6.

In the following two sections the controls of the rainout state of the air masses on the
δ signals (T -effect and correlation of δ with q) will be discussed in more detail. In Section
4.6 the drivers of the daily cycle of the isotope signals will be analysed.
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4.4

δ 18O and δ 2H in water vapour as thermometers

The “T -effect” (Dansgaard, 1964) is a strong driver behind the δ 18 O and the δ 2 H signals
over the whole range of timescales analysed here from 1 hour to 1 month. The correlation
between the hourly δ signals with locally measured hourly temperature T m is 0.77. The
correlation between δ and T m even increases when the data is averaged over longer time
periods to values > 0.95 for monthly averaged data (see Fig. 4.12). As mentioned in
Section 4.1 several processes are confounded behind this strong correlation between δ and
T and there is no simple mechanistic explanation of what Dansgaard (1964) referred to
as the “T -effect”. It is interesting that this strong correlation holds across all timescales
analysed here as opposed to the d-rh relationship discussed in Chapter 5, which is completely overwritten by local boundary layer dynamics at the hourly time scale and only
emerges when analysing the data at ≥ 1 day time resolution. Similarly δ and p only
correlate during the passage of fronts as discussed in Section 4.3.
The hourly δ 18 O-T relationship over
the time period August to December 2011
is shown in Fig. 4.13a for local T m and in
Fig. 4.13b for remote T d diagnosed with
the Lagrangian moisture source diagnostic
presented in Chapter 3, Section 3.1. Two
similar plots are shown in Fig. 4.14 for
δ 2 H. The slopes for the δ-T d relationships
of both isotopes are slightly steeper than
those for δ-T m . For depleted water vapour
samples the corresponding local T m are 25 o C smaller than the source T d . The cooling from the moisture source location to
the point of isotope measurement also implies a depletion of the water vapour sample, which would explain the shift for the

Figure 4.12: Correlation of δ 18 O with local
T m (red) and specific humidity q (black) as a
function of different averaging time scales.

low δ values. It seems that the cooling effect of the air masses is not as strong in summer, otherwise a parallel shift in the linear
regression of δ-T d with respect to the linear regression of δ-T m would have been obtained.
Continental moisture recycling is much stronger in summer, which leads to a weaker rainout effect (smaller T d − T m for high temperatures in Figs. 4.13 and 4.14) and moisture
sources identified closer to the measurement site. This may explain the difference in slope
between the δ-T d and the δ-T m regressions. Another possible reason for the difference in
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δ-T m and δ-T d slopes is the smaller variability in diagnosed T d compared to measured
local T m (this point is further discussed in Chapter 5, Section 5.2.2). When compared to
δ-T m relations found in previous studies for seasonal precipitation at individual sites in the
mid-latitudes the slope values found here are at the upper end of the range (0.2-0.4h/o C
for δ 18 O; Rozanski et al., 1992; Bowen, 2008; Vachon et al., 2010).

Figure 4.13: Scatter plots and regressions of δ 18 O-T m (a) and δ 18 O-T d (b) for the
period August to December 2011. The red lines show the regression of δ 18 O-T d in both
panels. The regression for δ 18 O-T m is shown in panel (a) by a black line.

Figure 4.14: Scatter plots and regressions of δ 2 H-T m (a) and δ 2 H-T d (b) for the period
August to December 2011. The red lines show the regression of δ 2 H-T d in both panels.
The regression for δ 2 H-T m is shown in panel (a) by a black line.
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4.5

What is the added information contained in isotope measurements compared to specific humidity measurements?

Due to its tight physical link with the condensation history of an air parcel, specific
humidity (q), like temperature (T ), exhibits a strong correlation with the isotope signals.
As for T the correlation increases with longer averaging time intervals and becomes >0.95
for averaging intervals of ∼12 days (see Fig. 4.12, black curve for correlation of δ 18 O with
q). At the seasonal timescale the averaged q and δ 18 O thus look very similar (Fig. 4.15)
and the question arises what the added value of isotope measurements is, i.e., what can we
learn more about the hydrological cycle than from simple specific humidity measurements.
In this thesis two possible answers to
this question are discussed in the two following chapters.

On the one hand the

second order isotopic parameter d can be
used as a proxy for meteorological conditions at the moisture source (Chapter 5).
On the other hand analysing the individual δ signals in vapour and rainfall can help
to improve our understanding of exchange
processes between water vapour and rain
droplets (Chapter 6). Indeed, when looking at the five-day moving window correlation between δ 18 O and q at the hourly
time scale several 5 day time periods can Figure 4.15:
Monthly filtered δ 18 O
be identified, during which |corr(δ 18 O,q)| (turqoise) and q (blue) measurements beis small (Fig. 4.16). These 5 days time pe- tween August and December 2011. These
riods are typically affected by local rain- time series are obtained by averaging the
fall. corr(δ 18 O,q) is high during the whole hourly data over a moving 1 month time winmonth of November, when no precipita- dow.
tion was measured in Rietholzbach. During rainfall we can thus expect to obtain
additional information from isotope data compared to specific humidity measurements.
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Figure 4.16:

Five-day moving window correlation between hourly δ 18 O and q

(corr5 d (δ 18 O, q)), black line and axis) and precipitation time series measured in Rietholzbach (blue bars and axis) between August and December 2011. The average value of
corr5 d (δ 18 O, q)) does not correspond to the correlation shown in Fig. 4.12 for different averaging time scales. In Fig. 4.12 the correlation over the whole five months time period is
shown using the data time series averaged over different timescales. Here the correlation
between hourly δ 18 O and q is computed over 5 days with a moving window.

4.6

Local boundary layer mixing effects on water
vapour isotope daily cycles during stable
meteorological conditions

The effect of local conditions on the hourly stable water isotope signal will be discussed
in this section using a simplified box model approach, which has been widely applied in
ecohydrological studies where stable water isotopes are often used as a tool to separate the
evapotranspiration flux into bare soil evaporation and transpiration. In Section 4.6.1 the
local meteorological conditions for the chosen case study in August 2011 are presented.
In Section 4.6.2 the box model used to predict the daily cycle of isotopes is described and
applied to explain the isotope measurements on 22/08/2011. This short case study and
the application of the box model representing the local boundary layer mixing processes
in a simplified way shall provide an overview of the important meteorological parameters influencing the short-term (hourly) signal of stable water isotopes in the continental
boundary layer.
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4.6.1

Daily cycle of isotopes and meteorological variables from
19/08/2011 to 22/08/2011

The daily cycle of stable water isotopes in
the continental boundary layer is strongly
influenced by local mixing between the
evapotranspiration flux and the entrainment of dry air from the free troposphere.
In the case study presented here data
between 19/08/2011 and 22/08/2011 are
shown.

The sea-level pressure distribu-

tion over Europe at 12 UTC 20/08/2011
(Fig. 4.17) is flat and geostrophic winds are
weak providing ideal conditions for studying the influence of local processes on the
stable water isotope signals.

The local

wind direction at Rietholzbach is predom- Figure 4.17: Sea-level pressure and T2m in
inantly from the West, but with mostly o C distribution at 12 UTC 20/08/2011 (from
very small wind speeds smaller than 1 m/s ERA-Interim).
(Fig. 4.18).

Figure 4.18: 10 m wind direction and speed (wind rose) measured locally in Rietholzbach
between 19/08/2011 and 22/08/2011. Colours indicate wind speeds and the concentric
circles indicate the percentage of the data in the corresponding wind speed and direction
class in colours.
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In Fig. 4.19 the isotope and q signals between 19/08/2011 and 22/08/2011 are shown.
The common pattern during the four days is the minimum in the δ signals during the night
and the maximum in the afternoon around 15 UTC. The amplitudes of the daily δ cycles
are ∼15h in δ 2 H (Fig. 4.19a), ∼2.5h in δ 18 O (Fig. 4.19b), and ∼8h in d (Fig. 4.19c). q
(Fig. 4.19d) exhibits a similar daily variation pattern as the isotopes, although less clear
than for the isotopes. d is characterised by a minimum in the afternoon.

Figure 4.19: δ 2 H (a), δ 18 O (b), d (c) and q (d) signals are shown between 19/08/2011
and 23/09/2011 in Rietholzbach. In red the signals measured with the Picarro L1115-i
instrument are shown, the blue line represents q from COSMO analysis data interpolated
to Rietholzbach and the black curve represents q as obtained from local dew point measurements. The grey dashed lines identify the time of the maximum in the δ signals and
are also indicated in Figs. 4.20 and 4.21. The black vertical lines indicate 00 UTC.

The maximum in the δ signal coincides with daily maxima in 2 m temperature (Fig. 4.20a),
5 cm soil temperature (Fig. 4.20c) and the daily minimum in 2 m relative humidity (Fig. 4.20b).
Also, at this time the daily minimum of 5 cm soil moisture is reached, indicating the time
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when evapotranspiration is switched off (Fig. 4.20d). This is confirmed by the decreasing latent heat flux at the time of the δ maximum (Fig. 4.21a). The COSMO analysis
boundary layer height interpolated to the Rietholzbach measurement location (Fig. 4.21d)
also decreases just after the maximum in the δ signal. The CO2 flux (Fig. 4.21b) typically reaches a minimum during the afternoon maximum in the δ signal indicating plant
photosynthetic activity and the contribution of transpiration to the boundary layer moisture. The friction velocity also reaches a maximum during the late afternoon (Fig. 4.21c),
pointing towards strong turbulent mixing.

Figure 4.20: 2 m temperature T2m (a), relative humidity h at 2 m (b), soil temperature
(c) and soil moisture (d) at 5 cm and 15 cm below ground. Soil temperature is also
shown at 25 cm below ground. All data shown here comes from local measurements in
Rietholzbach. The grey dashed lines identify the time of the maximum in the δ signal and
are also indicated in Figs. 4.19 and 4.21 for comparison. The black vertical lines indicate
00 UTC.
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Figure 4.21: Latent and sensible heat fluxes (a), CO2 flux with negative values for
downward fluxes (b), friction velocity (c) and boundary layer height (d). All data shown
here comes from measurements in Rietholzbach except for the boundary layer height, which
was obtained from COSMO analyses, interpolated to the Rietholzbach measurement location. The grey dashed lines identify the time of the maximum in the δ signal and are also
indicated in Figs. 4.19 and 4.20 for comparison. The black vertical lines indicate 00 UTC.

During the night, in the absence of boundary layer mixing effects and evapotranspiration the background free tropospheric δ signals are measured if no nocturnal inversion
layer is present (Noone et al., 2011). If a strong nocturnal inversion layer had played a
role over the four days investigated here, no decrease in the isotope and specific humidity
signal would have been measured in the evenings. The near-ground isotope and specific
humidity would have stayed constant at the daily maximum value, if a nocturnal inversion
layer had established itself immediately after sunset. It is possible that an inversion layer
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developed over the night but only very slowly, such that the near-ground air trapped in
the inversion layer was not moist and enriched from daily evapotranspiration but dry and
depleted like free tropospheric humidity. After sunrise and the onset of the turbulent
fluxes, evapotranspiration leads to a continuous enrichment of the boundary layer water
vapour. This enrichment is modulated by the entrainment of free tropospheric dry and
more depleted vapour. Depending on the local turbulence and mixing, the daily isotope
cycles vary slightly but the general pattern with a δ maximum in the afternoon is robust.
On the 19/08/2011 the maximum in the δ signals is reached latest of all four days
analysed here (Fig. 4.19a,b). The boundary layer is also deepest (Fig.4.21d) and the
friction velocity the highest (Fig. 4.21c) on that day. Furthermore, plant activity seems
to be weaker with a very small negative CO2 flux (Fig.4.21b). A smaller contribution of
transpiration and the deep boundary layer may explain, why the δ signal is reached so
late in comparison with the following days. It is surprising that the maximum δ is as
high as on the other days even though the boundary layer dynamics is stronger and the
transpiration flux weaker. On the 20/08/2011 the boundary layer is deep as well, but the
downward CO2 flux is much more pronounced and transpiration might have been stronger.
On 19/08/2011 in the morning a short rainfall shower occurred as can be seen from the
5 cm soil moisture data (Fig. 4.20d). The subsequent evaporation of the precipitation
water intercepted by plant leaves is probably the reason for the strong enrichment of
afternoon near-ground water vapour despite the relatively strong boundary layer mixing.
The daily cycles of boundary layer height and the CO2 flux are very similar on
21/08/2011 and 22/08/2011 (Fig.4.21b,d). The isotope pattern on these two days however are quite different. On 21/08/2011 the sharp late morning maximum in friction
velocity (Fig.4.21c) indicates that momentarily boundary layer mixing was strong and
entrainment of free tropospheric dry and depleted air has probably lead to the simultaneously occurring morning minimum in the δ-values (Fig. 4.19a,b). The relative humidity
on 21/08/2011 reaches a daily minimum value of below 40% (Fig. 4.20b) and may explain
the high d values (Fig. 4.19c) on this day as well as the lower early afternoon δ-values.
To confirm the qualitative interpretation of the daily cycle in water vapour isotopes
in the continental boundary layer, a simple box model will be applied in the next section
to predict the behaviour of δ 18 O, δ 2 H and d as a function of the driving boundary layer
fluxes.
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4.6.2

A simple box model for the prediction of the daily cycles
in δ 18 O, δ 2 H and d

A simple box model closely following the work by Lai et al. (2006), Farquhar et al. (2007)
and Lai and Ehleringer (2011) is used here to model the local drivers of the daily cycle
of the δ 18 O, δ 2 H and d measurements in the boundary layer during stable anticyclonic
meteorological conditions. Our system is defined by the boundary layer air column, which
we assume to be well mixed. We only consider vertical fluxes and neglect horizontal
advection (Fig. 4.2). Furthermore, we assume a moist adiabatic temperature profile. The
pressure profile as a function of altitude p(z) can be obtained from the ideal gas law and
the hydrostatic equilibrium:
 g·Ma

Γ · z R·Γ
(4.1)
p = p0 1 +
T0
where Γ = −6.49 · 10−3 K/m is the moist adiabatic lapse rate, z the altitude, T0 the air
temperature just above the ground, g gravitational acceleration, Ma molar mass of dry
air, R the universal gas constant and p0 the surface pressure.
The considered water vapour fluxes are incoming free atmospheric water vapour (Fin ),
outgoing boundary layer water vapour (Fout ), transpiration (FT ) and soil evaporation
(FE ). The mass balance equation for water vapour, describing the change in the mole
fraction of water vapour mv in the boundary layer is the following:
dmv
= Fin − Fout + FT + FE
(4.2)
dt
where Na is the number of moles of air in the column per unit box area and F are the
Na

above mentioned fluxes in

mol
.
m2 s

Na is calculated from the ideal gas equation using the

model boundary layer height zBL and the topography zo from the COSMO interpolated
to the Rietholzbach measurement station:
Z z=zo +zBL
Z z=zo +zBL
p
1
Na =
n · dz =
dz
A · zBL z=zo
R·T
z=zo
Z
g·Ma
p0 z=zo +zBL (1 + α · z) R·Γ
Na =
dz
R z=zo
(T0 + Γ · zBL )
where α =

Γ
,
T0

(4.3)
(4.4)

n is the number of moles of air, R the universal gas constant, T the

temperature, A is the unit box area, and p(z) is obtained from Equation 4.1. Equation 4.4
has been solved numerically.
The latent heat flux (FLH = FT + FE ) is obtained from the 10 m eddy covariance
measurements in Rietholzbach. The net turbulent exchange flux between the free troposphere and the boundary layer (Fnet = Fin − Fout ) can be obtained from the relaxed eddy
accumulation method (Oncley et al., 1993):
Fnet = βσw (mv+ − mv− )
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where β = 0.6 is an empirical coefficient (from Oncley et al., 1993) and σw =1.25u∗ the
standard deviation of the vertical velocity (from Raupach , 1988), mv+ is the mean mole
fraction of water vapour in the downdraft wind (when w0 <0) and mv− is the mean mole
fraction of water vapour in the updraft wind (when w0 >0). The friction velocity u∗ , mv+ ,
and mv− are obtained from eddy covariance measurements. Assuming that the mean
scalar water vapour concentration distribution is symmetric, and mv is the ambient mole
fraction of water vapour averaged over the typical timescale of up- and downdrafts:
mv+ = mv + m0v

(4.6)

mv− = mv − m0v

(4.7)

then, the incoming free atmospheric vapour flux is given by
Fin = βσw

Fnet
λ
+
u∗
2

(4.8)

where λ is the dimensionless scalar variance similarity (Stull, 1988) and m0v is the fluctuation of mv . For grassland λ = 1.3 was determined by Hsieh et al. (2008) using the
flux-variance method and will be used as a reference value here. For more details on the
relaxed eddy accumulation method see Oncley et al. (1993) and Lai et al. (2006).
Figure 4.22 shows the water fluxes obtained from the eddy covariance measurements
and the chosen box model setup. The two quantitatively dominant water fluxes are the
transpiration flux and the entrainment of free tropospheric air into the boundary layer.
The same mass balance equation as in Equation 4.2 can be written for the water
isotopes, which leads to the following approximation in δ notation (for details see Lai
et al., 2006)):
Na mv

dδc
= (δin − δc )Fin + (δT − δc )FT + (δE − δc )FE .
dt

(4.9)

Solving the first order linear differential Equation 4.9 for δc yields:
δc =
with a =

1
(δ F
Na mv in in

a
a
+ (δc,t=0 − ) exp−bt ,
b
b

+ δT FT + δE FE ) and b =

1
(Fin
Na mv

(4.10)
+ FT + FE ) (see also Lai and

Ehleringer, 2011). This solution is an approximation as δE is assumed to be constant. In
reality, δE depends on δc and Equation 4.9 should be solved iteratively.
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Figure 4.22: Fluxes of water into and out of the atmospheric boundary layer in Rietholzbach on 22/08/2011 following the simple box model presented in the text and summarised in Fig. 4.2. The solid violet line shows the net exchange flux between the free
atmosphere and the atmospheric boundary layer Fnet = Fin − Fout , the dashed blue line
the incoming flux from the free atmosphere, the dashed red line the outgoing flux from the
atmospheric boundary layer into the free atmosphere, the solid black line the evapotranspiration flux, the dashed green line the transpiration flux and the dashed brown line the
bare soil evaporation flux.

The fluxes Fin (Equation 4.8) and FT + FE of the box model can be obtained from
the eddy covariance measurements in Rietholzbach. The isotopic composition of the soil
evaporation flux δE can be computed using the Craig and Gordon (1965) model. However
for the partitioning of the evapotranspiration flux into transpiration and evaporation as
well as for the isotopic composition of Fin and FT some assumptions have to be made:
1. During plant water uptake by their roots no fractionation occurs (Yepez et al., 2003).
Harwood et al. (1999) showed that the isotopic signature of averaged transpiration
measured using a leaf cuvette was equal to the source water isotopic composition
when integrated over several hours. Assuming at first order that transpiration is
non-fractionating, the isotopic signature of the transpiration flux is equal to the soil
moisture isotopic composition (δT = δs ). The soil moisture isotopic composition
was chosen as follows: δ 2 H =-35h, δ 18 O =-6h, d =13h. The 10-days lysimeter
δ-values shown in Table C.1 in the Appendix C are δ 2 H =-76h, δ 18 O =-11h,
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d =13h. These values reflect the soil moisture at 2.5 m below ground. Soil moisture
isotopic composition profiles depend on the hydrological regime, on the recharge
frequency by rainfall and on the strength of evaporative enrichment in the upper
soil layers, where diffusion of water from the soil to the atmosphere is the dominant
process controlling the isotopic composition and the volumetric water content (Hsieh
et al., 1998). The enrichment of the soil moisture at the evaporation front can be
of 5-8h in δ 18 O and 25-40h in δ 2 H compared to the isotopic composition of the
deep soil water as shown by field measurements (Hsieh et al., 1998) and modelling
studies (Haverd and Cuntz, 2010). We thus chose more enriched values compared to
the 10-day lysimeter samples and slightly more enriched compared to precipitation
samples (Table 4.2).
2. Using a simple isotopic mass balance approach Ferretti et al. (2003) analysed the
seasonality of the evaporation fraction in the evapotranspiration flux (E/ET) for a
grassland in Colorado. In the growing season they found E/ET fractions between 0
and 40%. Sutanto et al. (2012) estimated a soil evaporation fraction of between 20%
and 40% for a measurement site in the Netherlands using both isotope measurements
and a hydrological mass balance model. Our case study is at the end of the growing
season, when the seasonal maximum in the leaf area index is reached. We thus chose
a rather low soil evaporation fraction of 20%.
3. The isotopic composition δin = δf of the free tropospheric water vapour can be
deduced from the night time δ measurements. During night evapotranspiration is
not active and thus the measured isotopic δ-values should reflect the background
δ value of the free atmospheric water vapour. For our example, δf was chosen as
follows: δ 2 H =-100h, δ 18 O =-15.3h, d =22.4h, in agreement with Fig. 4.19.
The box model prediction (Equation 4.10) of the daily cycle of the isotope signals as
well as the associated isofluxes are shown in Fig 4.23. The modelled daily isotope cycles
are qualitatively very similar to the measured ones. The amplitude and timing of the
daily maximum as well as the morning increase and the evening decrease are comparable.
In the details, the modelled water vapour isotopes however show some deviations from
the measurements. The increase in the δ 18 O and δ 2 H signals in the morning is somewhat
too flat in the box model and the evening decrease is too abrupt. Furthermore, the late
afternoon values are too enriched in the box model compared to the measurements. These
deviations may be due to the inaccurate description of fractionation effects associated with
transpiration in this simple model approach. The transpiration flux from the box model
enriches the boundary layer vapour too much in these periods due to the steady state
non-fractionation assumption (Fig. 4.23b,d).
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Figure 4.23: Daily cycles of measured (solid lines) and modelled (dashed lines) isotopes
(a,c,e) as well as modelled isofluxes (b,d,f) for the 22/08/2011 in Rietholzbach.

Especially during the transition phases of the boundary layer build up and decay the
transpiration flux is probably more depleted than soil moisture. Harwood et al. (1999)
showed that the isotopic steady state assumption does not hold at the hourly timescale.
The isotopic composition of the transpiration flux is especially different from steady state
values when environmental conditions change rapidly as it is the case during the early
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morning build up and the late afternoon dissolution of the boundary layer.
Several studies have shown that the isotopic composition of bulk leaf water can be
less enriched than the steady state predictions. A complete review and an application
of a non-steady state isotope box model in the boundary layer over land is given in Lai
et al. (2006). No leaf water, xylem water or high time resolution vertically resolved soil
moisture isotopic composition measurements were done during the campaign presented
here. Furthermore, the exact isotopic composition in the free troposphere is unknown.
It is certainly not constant over the whole day as assumed here, which may also partly
explain the differences between measured and modelled isotope signals.
The isofluxes in Fig. 4.23 show that the most dominant driver for the boundary layer
water vapour isotopic composition is the transpiration flux for δ 18 O and δ 2 H. The transpiration isoflux is positive for δ 2 H and δ 18 O and thus enriches low level moisture over the
whole day. The transpiration isoflux of d brings moisture with a lower d signature than
ambient water vapour d and is therefore negative. Compared to the isoflux of transpiration the effect of entrainment of free tropospheric moisture and bare soil evaporation is
of smaller but of similar importance for the two isotopes. For d however, soil evaporation
and transpiration are the driving processes, entrainment is less important, mainly because
the signature of free tropospheric entrainment is not so different from the d of boundary
layer water vapour.

4.7

Conclusions

Five months of continuous hourly measurements of δ 18 O, δ 2 H, d and q in the continental
boundary layer in Rietholzbach between August and December 2011 were described in
this chapter. The measurements were interpreted qualitatively addressing the possible
drivers at the hourly to seasonal timescales. At the seasonal timescale the “T -effect”
expresses itself in a decrease from summer to winter in the δ measurements. At the
synoptic timescale the passage of fronts modulates the isotope signals; minimum δ-values
were measured in connection with cold frontal precipitation. The daily cycles of δ 18 O,
δ 2 H and d were investigated with a short case study in August 2011 using a simplified
box model approach, which has been applied in several ecohydrological studies in the
literature. The amplitudes of the daily cycles of ∼3h for δ 18 O, 20h for δ 2 H and 8h
for d were found to be mainly driven by transpiration in the case of δ 18 O and δ 2 H and
additionally by soil evaporation for d. Transient effects during transpiration as well as
missing knowledge about the isotopic composition of the free tropospheric air and its
daily cycle may explain some discrepancies between the measurements and the modelled
signals.
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A strong δ-T correlation of >0.75 holds across all timescales from 1 h to 1 month.
The slopes of the δ-T relationships were found to be slightly different when using local
T m or diagnosed remote T d . Steeper δ-T d slopes than δ-T m slopes were found. Due to
their continuous availability stable water isotope measurements in water vapour allow
us to investigate the complexity of the δ-T relationship in the mid-latitudes from a new
perspective. Studying the variability of the δ-T relationship in time and its dependency
on different weather patterns may help to improve our mechanistic understanding of
Dansgaard’s “T -effect”.
Further analyses of these 5 months of water vapour isotope data in Rietholzbach could
be done by assessing the δ signals in terms of the dominant weather pattern. A link between the isotope data and the large-scale circulation could include a comparison between
events with the presence of weak or intense cyclones, frontal passages, blocking and high
pressure situations. In particular, rainfall events could be analysed in more detail (see
Chapter 6), possibly including disdrometer and radar data for future measurements.
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Chapter 5
Deuterium excess as a proxy for
continental moisture recycling
In this chapter the deuterium excess data in water vapour from the five months of isotope
measurements in the Rietholzbach (Chapter 4) is interpreted using the Lagrangian moisture source diagnostics introduced in Chapter 3 as well as local measurements from the
Rietholzbach site. The use of deuterium excess in continental boundary layer moisture as
a proxy for relative humidity and temperature at the location of evaporation is discussed.

5.1

Introduction

Evaporation of water from the earth surface is a key coupling process in the hydrological
cycle between the earth surface and the atmosphere. The energy available from global
radiation for the phase change from liquid water in the land surface reservoirs to water
vapour in the atmosphere is modulated by meteorological conditions. On continental
surfaces, the actual water flux from the land to the atmosphere is further constrained by
the available soil water and groundwater (Entekhabi and Eagleson, 1989). The evapotranspiration flux then in turn feeds back on the temperature and humidity conditions
of the lower atmosphere (Seneviratne et al., 2006). Long term changes in spatial and
seasonal evaporation patterns were identified in model simulations for the twentieth century (Bosilovich et al., 2005) and for a future climate (Held and Soden, 2006). Positive
trends in ocean evaporation in the last decade were diagnosed from satellite observations
(Schlosser and Houser, 2007; Yu and Weller, 2007). Such changes in surface evaporation
driven by changes in atmospheric conditions have a strong impact on the regional land
water cycle and the strength of the coupling between the land surface and the atmosphere. Studying the evaporation process and its link to the atmospheric circulation is
thus central for a better understanding of the feedbacks between the land surface and the
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atmosphere.
To investigate the impact of atmospheric circulation on surface evaporation and the
subsequent transport of moisture in the atmosphere, the use of stable water isotopologues
2 1 16
1 18
(1 H16
2 O, H H O and H2 O) as a proxy in combination with Lagrangian modelling tech-

niques is an established approach (see, e.g., Gat et al., 2003; Pfahl and Wernli, 2008;
Sodemann et al., 2008b; Pfahl and Sodemann, 2013). In a Lagrangian framework the
history of air parcels can be followed back in time using global or regional (re-)analysis
data of the three-dimensional atmospheric wind field. Such a modelling approach is appropriate to relate the geographical location of the measurement of stable water isotopes
in atmospheric water vapour with the location of surface evaporation of this moisture
(see Section 3.1 for methodological details). The dependency of the isotope fractionation
processes during phase changes on environmental variables like temperature, relative humidity and wind speed makes stable water isotopes particularly suited for the study of
the atmospheric controls on evaporation.
When thermodynamic equilibrium prevails, the variability of δ 2 H in natural waters is
approximately 8 times larger than the variability in δ 18 O (see Chapter 1.1). This is due to
the differences in the saturation vapour pressure of the two heavy isotopologues 2 H1 H16 O
and 1 H18
2 O. To quantify the deviation from the thermodynamic equilibrium during phase
changes, the second order isotope parameter deuterium excess has often been used (e.g.
Pfahl and Wernli, 2008; Welp et al., 2012):
d = δ 2 H − 8 · δ 18 O.

(5.1)

Because equilibrium fractionation is temperature dependent, the thermodynamic ratio of
the two fractionation factors s(T ) =

α2 H −1
α18 O −1

varies between 8.6 at 0o C and 7.7 at 30o C. d

can thus slightly change even under thermodynamic equilibrium conditions. Since nonequilibrium fractionation is intrinsically dominant during evaporation, d is an interesting
variable for the study of surface evaporation and the associated meteorological conditions.
Craig (1961) found that the global mean meteoric water has a d of 10h, reflecting the
fact that the ocean is generally out of equilibrium with the atmosphere.

5.1.1

d as a proxy for ocean evaporation

Merlivat and Jouzel (1979) published one of the first studies using the d signal in precipitation to derive global mean sea surface temperatures and relative humidity above the
ocean. The relationship presented by Merlivat and Jouzel (1979) involves the so-called
global closure assumption of a climate in steady state, in which ocean evaporation is
the only source of moisture for the atmospheric boundary layer, and in which the isotopic composition of evaporation is equal to the isotopic composition of precipitation (see
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Chapter 1.1.4). Using the Craig and Gordon (1965) linear-resistance model for evaporation and applying the global closure assumption discussed in their paper, Merlivat
and Jouzel (1979) obtained the following relationship between d of the ocean evaporation
flux, sea surface temperature (SST) and relative humidity with respect to sea surface
temperature hg (see coloured solid lines in Fig. 5.1).:
d = 0.35 · SST − 0.40 · hg + 33.

(5.2)

d in the evaporation flux increases with decreasing hg and increasing SST in accordance with the general physical understanding of equilibrium and non-equilibrium (“nonequilibrium”) fractionation. Equilibrium fractionation is a temperature dependent process
and non-equilibrium fractionation results from differences in the diffusivity of the different
isotopes. The temperature-dependent effect of equilibrium fractionation on δ 2 H is 8 times
stronger than on δ 18 O. For δ 18 O the variables controlling the non-equilibrium effect are
important, whereas the non-equilibrium effect on δ 2 H is small. Thus, variations in d that
are mainly driven by large changes in δ 2 H will have a stronger temperature dependency
than variations in d that are mainly driven by hg induced changes in δ 18 O.
Many early model studies use the Craig and Gordon (1965) model together with the
closure assumption to relate initial isotope concentrations in the air parcel to conditions
at the evaporative source (e.g. Jouzel and Merlivat, 1984; Johnsen et al., 1989; Petit et al.,
1991). These studies showed that the d signature of the evaporation conditions is at least
partially conserved along the trajectory of the advected vapour until rainout over the
Greenland ice sheet. GCMs equipped with stable water isotope physics (e.g. Joussaume
et al., 1984; Hoffmann et al., 1998) explicitly simulate evaporation using the Craig and
Gordon (1965) model. These models generally reproduce the climatological signals of the
individual isotopes in precipitation reasonably well. The d signal as simulated by GCMs,
however suffers from large biases (Jouzel et al., 2007; Yoshimura et al., 2008; Risi et al.,
2010b).
In several recent studies, d samples obtained from the oceanic boundary layer (Gat
et al., 2003; Uemura et al., 2008) or from a near-ocean site over land (Pfahl and Wernli,
2008) were shown to be a good proxy for the meteorological conditions over the ocean at
the point of evaporation. Pfahl and Wernli (2008) showed that for isotope data measured
in Rehovot between 1998 and 2006 on short timescales (8 hours accumulation time on
average) d was primarily a proxy for the hg at the point of evaporation of the probed
moisture and not for SST (see black line Fig. 5.1). Uemura et al. (2008) performed
ship measurements in the Southern Ocean and found a linear multivariate relationship
between d, hg and SST. The slope of the linear dependency between d and hg is very
similar in Uemura et al. (2008) and Pfahl and Wernli (2008) with respectively −0.52h/%
and −0.53h/%. Both studies analyse isotope data from moisture that directly emanates
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Figure 5.1: d in the evaporation flux as parameterised by the Craig-Gordon linear resistance model (Craig and Gordon, 1965) using the global closure assumption from Merlivat and Jouzel (1979). Different non-equilibrium fractionation factors were used for
the different lines. For the solid coloured lines the non-equilibrium fractionation factors
of Merlivat and Jouzel (1979) were used with u10m = 5 m/s. For the red and the blue
dashed dotted line the non-equilibrium fractionation factors of Merlivat and Jouzel (1979)
were used with 10 m wind speeds of u10m = 10 m/s. The black line shows the empirical
relationship of Pfahl and Wernli (2008). The dashed red line represents the evaporation
flux d from the land surface in summer assuming 40% fractionating bare soil evaporation
with non-equilibrium factors of k = 0.9961 for δ 2 H and k = 0.9925 for δ 18 O (Pfahl and
Wernli, 2009) and 60% non fractionating transpiration (Yepez et al., 2005). The soil
moisture isotopic composition for the red dashed line was chosen to be δ 2 H = −88h,
δ 18 O = −12h, which results in a source vapour ds at 100% h and 27 o C of ds = 10.8h.
The dashed blue line represents d of the evaporation flux from the land surface in winter
assuming 100% bare soil evaporation with non-equilibrium factors of k = 0.9961 for δ 2 H
and k = 0.9925 for δ 18 O (Pfahl and Wernli, 2009). The soil moisture isotopic composition
for the blue dashed line was chosen to be δ 2 H = −200h, δ 18 O = −24h, which results in
a source moisture ds = 3.5h for Tg = 5o C. The estimates for the soil moisture isotopic
composition are best guesses of typical values for winter and summer.
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from ocean evaporation without any relevant influence of continental moisture recycling
processes. Pfahl and Sodemann (2013) argued that the additional SST dependency of d
found by Uemura et al. (2008) was purely accidental and emerging from cross-correlations
between hg and SST along the ship track.
Jouzel and Koster (1996) showed that GCM-derived d in the evaporation flux over
the ocean was strongly correlated with hg and SST, when using the approach of Craig
and Gordon (1965) without global closure assumption. For this case they deduced the
relationship d = 0.38 · SST − 0.238 · h + 23.1. When assuming global closure to compute
the initial isotopic composition of water vapour over the ocean using the SST, hg and
δocean data from the GCM, Jouzel and Koster (1996) found a slightly different relationship:
d = 0.598·SST−0.381·h+25.5. The feedback of the atmospheric moisture on the isotopic
composition of the evaporation flux seems to weaken the sensitivity of d to changes in
SST and hg in the GCM used by Jouzel and Koster (1996). The closure assumption thus
leads to an overestimation of the slope of the d-hg relationship.
Based on the argument that GCM simulations show only small glacial-to-interglacial
changes in global mean oceanic hg , Johnsen et al. (1989) and Vimeux et al. (1999) proposed
to use d as a proxy for moisture source SST only. Pfahl and Sodemann (2013) derived
a global empirical linear relation from present day measurements published in Gat et al.
(2003), Pfahl and Wernli (2008) and Uemura et al. (2008) between d and hg to predict
globally near surface d. They found that hg rather than SST, was the main driver of d
and suggest to use d only as a proxy for the influence of climate on near-surface hg during
evaporation and the changes in atmospheric circulation linked with ocean evaporation.
Indeed, even if global mean oceanic hg does not vary much between glacial and interglacial
time periods, shifts in typical moisture source locations of the precipitation forming the
ice sheet can be reflected in changes in the average moisture source hg and thus d.

5.1.2

d in continental low-level moisture

There are some indications from recent vapour measurements at different continental locations in China and North America that d of surface air at continental locations can be
significantly altered by local processes on the subdiurnal timescale (Welp et al., 2012).
Welp et al. (2012) therefore cast some justified doubts on whether d can be used as a
conserved tracer of environmental conditions during evaporation at the marine moisture
source location, as has previously been assumed. Several processes affect the isotopic composition of water vapour after its evaporation from ocean water. Cloud and precipitation
processes, partial below-cloud evaporation of rain droplets, snow formation and mixing
with water vapour from evapotranspiration or from other ocean evaporative sources can
affect the isotopic composition of the water vapour transported in an air parcel. To a
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first order, the microphysical processes in clouds can be assumed to occur in conditions
of equilibrium between the different phases. Thus, these processes do not strongly affect
d.
The potential influence of land surface processes on the isotopic composition of the
evaporation flux is shown in Fig. 5.1 by the dashed lines. The slope of the d-hg relation is
expected to be smaller when transpiration plays a dominant role in the evapotranspiration
flux from the land surface. The relationship between d and hg strongly depends on the
isotopic composition of the soil moisture and the contribution of transpiration, which can
be assumed in first order to be non-fractionating (Farquhar et al., 2007). The partitioning
of the latent heat flux between transpiration and evaporation is a central parameter
for its isotopic signature. Isotopes have been used in several studies as a tool for the
separation of evaporation and transpiration of the land surface latent heat flux (e.g. Yakir
and Sternberg, 2000; Yepez et al., 2005). Welp et al. (2012) indeed found smaller d/hg
slopes using their isotope measurements in the continental boundary layer and local hg
measurements (−0.36h/% in New Haven, USA and −0.22h/% in Borden, Ontario) than
the ones mentioned above by Jouzel and Koster (1996); Pfahl and Wernli (2008); Uemura
et al. (2008) (∼ −0.5h/%).
The ratio of diffusive to turbulent transport in evaporative transition layers as well
as the diffusivity of the heavy water molecules in vapour for instance above an open
water surface or inside a porous media like in soils represent further uncertainties in
the estimation of the isotopic composition of the evapotranspiration flux. As shown in
Table 5.1 the spread of the non-equilibrium fractionation factors for ocean and bare soil
evaporation found in the literature is large. Generally a wind speed dependent description
of the non-equilibrium fractionation process is used (Merlivat, 1978a; Cappa et al., 2003).
For high wind speeds the water vapour transport is dominantly turbulent and thus the
same for all the isotopes. For small wind speeds the water vapour transport is governed
by molecular diffusivity, which leads to non-equilibrium isotopic fractionation. Based
on their Lagrangian analysis of isotope measurements in Israel, Pfahl and Wernli (2009)
suggest a wind speed independent formulation of the non-equilibrium fractionation factor
for wind speeds below 15 m/s. For soil evaporation from wet soils, the moisture transfer is
controlled by the atmospheric conditions and the same non-equilibrium factors as for an
open water surface can be applied (Mathieu and Bariac, 1996). For dry soils, the transfer
is dominated by soil processes and the transport of water vapour is primarily controlled
by molecular diffusivity in the soil. From cryogenically collected soil vapour data Braud
et al. (2009a) find that the non-equilibrium fractionation factor is not constant in time
and seems to depend on the shape of the isotopic profile.
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Study
lab
lab
field
model

Study

Merlivat and Jouzel (1979)

Cappa et al. (2003)

Pfahl and Wernli (2009)

Mathieu and Bariac (1996)

indicated for a 10 m wind speed of u10m =5 m/s.
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bare soil

open water

open water

open water

Body

12.33 (wet), 24.5 (dry)

3.90

1.57 to 3.97 (3.52)

δ 18 O

13.95 (wet), 27.7 (dry)

7.50

3.14 to 7.76 (6.91)

2.78 to 6.92 (6.17)

1 − k [h]
2.44 to 6.1 (5.45)

δ H

2

and u10m =20 m/s (values are indicated as minimum - maximum value in this range of wind velocities). In parentheses, the values are

Table 5.1: Comparison of kinetic fractionation factors 1 − k found in the literature, for 10 m wind velocities between u10m =0 m/s
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In this chapter we present a Lagrangian analysis (see Chapter 3 for the methods description) of laser-based d measurements (see Chapter 2 for details on the measurement
procedure) in continental boundary layer water vapour (see Chapter 4, Section 4.2 for
the presentation of the measurement site Rietholzbach). Five months of hourly d averages of 5 s measurements are analysed and interpreted using the corresponding diagnosed
m
moisture source hdg and temperature Tgd as well as local hm
g and ground temperature Tg

measurements (see Table 5.2 for a summary of the variable names). The goal of this study
is to tackle the question whether the isotopic composition of continental boundary layer
moisture can be considered as a tracer for hdg and Tgd at the evaporation site.
Table 5.2: Description of variable names used in the text.
Variable name

Description

hg

relative humidity with respect to ground (skin) temperature

hdg

hg diagnosed using the Lagrangian moisture source diagnostics

hm
g
hm
2m

hg measured in Rietholzbach

Tg

skin temperature

Tgd

skin temperature diagnosed

h with respect to 2 m temperature measured in Rietholzbach

using the Lagrangian moisture source diagnostics
Tgm

skin temperature measured in Rietholzbach

T2mm

2 m air temperature measured in Rietholzbach

d

deuterium excess measured in Rietholzbach

ddg

diagnosed deuterium excess of the source moisture

do

deuterium excess of ocean water

ds

deuterium excess of soil moisture

dp

deuterium excess of precipitation

The four main aspects, which will be addressed are: (1) The impact of the boundary layer dynamics on the timescale of boundary layer moisture memory of evaporation
conditions. (2) The influence of land surface processes like evapotranspiration on the
d-hdg and the d-hm
g relations of continental boundary layer water vapour. (3) Sensitivity
of the identified d-hdg relation on uptake diagnostic parameters and (4) potential for the
validation of Lagrangian moisture source identification methods using measurements of d
in water vapour.
In the following we will discuss in Section 5.2 the moisture sources of water vapour
at Rietholzbach between August and December 2011 identified with our Lagrangian approach. The timescale and modes of anticorrelation between hg and d will be discussed in
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Section 5.3. The occurrence and characteristics of events of high anticorrelation between
d
local hm
g or remote hg and d will then be analysed. In Section 5.4 we will present the prop-

erties of the d-hg relations found for the high anticorrelation events. Finally in Section
5.5 we will conduct a sensitivity analysis of our findings with respect to the parameter
setting of the moisture source diagnostics.

5.2

Moisture sources and source conditions of the
water vapour analysed in Rietholzbach between
August and December 2011

5.2.1

Geographical distribution of moisture sources

In this section, the moisture sources (see Chapter 3) obtained from trajectories calculated using both datasets for the d measurements between August and December 2011
are presented and intercompared. For determining the moisture source conditions two
different analysis datasets were used, a global (ERA-Interim reanalyses) and a regional
one (COSMO). The regional COSMO analysis has a limited spatial coverage with a horizontal resolution of 7 km and a temporal resolution of 1 h. The global reanalysis dataset
ERA-Interim has a horizontal resolution of ∼80 km and a temporal resolution of 6 h.
Figure 5.2 shows the monthly average moisture sources identified for the measurement
period using ERA-Interim (Fig. 5.2, left column) and COSMO analysis data (Fig. 5.2,
right column). The panels show percental contribution per km2 of the moisture sources
to the specific humidity at the measurement point. When considering only the domain of
the regional model, the integrated monthly moisture source distributions between August
and December 2011 obtained with ERA-Interim look very similar to the moisture sources
identified with the COSMO analyses. When looking at the global picture the limitation
of the COSMO domain have the largest impact in September, November, and December
(Figs. 5.2 b and e). In September and December the moisture source analysis using
the regional model data misses parts of the moisture sources over the western Atlantic
just outside the model domain. In November (Fig. 5.2d) the sources from the Eastern
Mediterranean are outside of the regional model domain. The average explained fraction
is 71% using COSMO and 88% using ERA-Interim. The average distance to the moisture
source diagnosed with COSMO for the whole period is ∼500 km, whereas the average
distance to the moisture source obtained for the same period using ERA-Interim is more
than three times larger.
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Figure 5.2: Monthly average moisture sources between August and December 2011 identified using ERA-Interim (left) and COSMO analyses (right). Colours coding indicate
percental contributions to the final specific humidity per km2 (w). The integral over the entire moisture source region sums up to 100% of the explained moisture in the Rietholzbach
(for details on the Lagrangian moisture source diagnostics see Section 3.1). The white
cross indicates the location of the isotope measurement site Rietholzbach. The COSMO
domain is indicated by a curved black frame.
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Contributions from ocean evaporation are estimated between 10 to 30% using COSMO
and on average 25% higher using ERA-Interim. The correlation between the time series
of the ocean evaporation contribution based on COSMO and ERA-Interim is 0.77, indicating that even if the exact amplitude is different, the temporal variability of the ocean
contribution is similar in the two datasets.
The moisture sources obtained for vapour at the measurement station Rietholzbach
between August and December 2011 compare very well in terms of general patterns with
the 7 year climatology of precipitation moisture sources from January 1995 to August
2002 compiled by Sodemann and Zubler (2010). As in Sodemann and Zubler (2010) we
find strong regional moisture recycling over the Alpine region in summer, an important
contribution of the Eastern Mediterranean during autumn and predominantly North Atlantic moisture sources in winter. However, the importance of the land surface evaporation
seems to be much larger in this study than what we would expect from the climatology.
One possible explanation for this difference might be that we analyse the sources of water
vapour and the study by Sodemann and Zubler (2010) investigates the sources of precipitation. The sources of water vapour leading to precipitation may be more remote due
to a more coherent large-scale flow situation than the sources of water vapour in general.
Furthermore, because precipitation forms at higher altitudes the remote moisture sources
certainly become more important than for the near-ground moisture. Finally, interannual
variability may play a role too in the difference between our results and the climatological
study by Sodemann and Zubler (2010).
If moisture sources identified with COSMO analyses underestimate the ocean contribution, it is possible that the moisture source diagnostics applied to ERA-Interim data
overestimates it due to the relatively lower temporal and spatial resolution of the data.
The interaction between the continental near surface vapour and the air parcels in ERAInterim is treated in a coarser way due to the 6 h temporal and ∼ 80 km spatial resolution.

5.2.2

Conditions at the moisture sources

The conditions at the moisture source were obtained as described in Chapter 3.1 by
weighting the individual moisture sources depending on their contribution to the humidity
content of the air parcel at the point of measurement. The statistical properties of the
mean hdg condition at the moisture source and actual point measurements of hm
g are
different. In the analyses below, periods with dominantly local or remote influence will
be presented. The difference between the diagnosed remote hdg and the measured local
hm
g are thus discussed in this section.
The hdg conditions diagnosed using the moisture source diagnostics are characterised by
lower variability than the locally measured hm
g conditions (Fig. 5.3). The variability in the
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diagnosed source hdg is also smaller than what has previously been found for water vapour
sources in Rehovot (Pfahl and Wernli, 2008). Due to the mixing of different air masses
during the transport and the spatial extent of the origin of the moisture, the diagnosed
source signals are expected to be smoother. Only in the case of a very coherent air flow
and very localised water vapour sources the diagnosed hdg and Tgd can be characterised by
the same variability as the local measurements. The distributions of hdg at the moisture
source as identified by COSMO and ERA-Interim are however very similar.

Figure 5.3: Distributions of local hm
2 m measurements with respect to 2 m temperature in
blue, local hm
g measurements with respect to soil temperature 5 cm below ground in red.
The distribution of diagnosed moisture source hdg using COSMO analyses is shown by the
black solid line, the diagnosed moisture source hdg using ERA-Interim data is shown by the
black dashed line. All the distributions are shown for the complete dataset from August to
December 2011.

m
The distribution of the measured hm
g with respect to Tg (red curve in Fig. 5.3) is

shifted towards lower relative humidities compared to the distribution of measured hm
2m
m
normalised to T2m
(blue curve in Fig. 5.3). This is especially the case in winter and

during the night in summer, when the soil is warmer than the air. In winter the regular
m
occurrence of fog leads to very high hm
2 m with respect to T2m . The soil is however not

necessarily saturated, because it is warmer than the air layer just above it. The relative
humidity driving soil evaporation is hm
g with respect to soil temperature. However, for
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m
transpiration hm
2 m with respect to T2m probably better describes the controlling humidity

gradient. Since at the daily timescale transpiration does not fractionate, we focus on
hg with respect to Tg here to study the effects of soil evaporation on d of continental
boundary layer water vapour.
In this chapter, d measurements in water vapour are interpreted with the diagnosed
moisture source conditions from trajectories calculated using COSMO analysis data. The
focus of our interest in interpreting d measurements in boundary layer water vapour is on
the effects of continental moisture recycling, which justifies the use of the higher resolution
regional model rather than the global model as a basis for the trajectory calculation. The
sensitivity of our results on the choice of the data for the trajectory calculation will be
discussed in Section 5.5.

5.3
5.3.1

Modes of anticorrelation between hg , Tg and d
Anticorrelation timescale between d and moisture source
hdg and Tgd

The hourly d measurement series between August and December 2011 in Fig. 5.4 shows
strong variability between 0h and 30h. In summer, clear daily cycles can be distinguished (Fig. 5.5). A few very rapid changes exceeding 10h occur in late November
2011. These are mostly anticorrelated with large changes in local hm
g (Fig. 5.4). Local
processes such as boundary layer dynamics, entrainment of free atmospheric air and evapotranspiration dominate the variability at the subdaily timescale in the warm season (see
Chapter 4 and Welp et al. (2012)) as well as in certain periods of high pressure influence
and weak horizontal pressure gradients in fall and winter (e.g., in late November). A second variability component (dark moving average d line in Fig. 5.4a), due to the large-scale
water vapour advection with a typical timescale of a few days can also be distinguished
in Fig. 5.4. This synoptic-scale variability component acts as a low frequency modulator
of the regular daily d cycle in the warm season and appears to dominate the d signal in
late fall and winter.
At the hourly timescale no overall correlation (0.02) is found between d and hm
g .
A weak anticorrelation (−0.34) is found between d and hdg as predicted by theory (see
Section 5.1 and Fig. 5.1). This confirms that the average evaporation conditions of the
advected moisture have been identified reasonably well using the COSMO trajectories and
that remote hdg conditions at the uptakes are more important than local hm
g variations.
Furthermore, this result shows that overall the effect of the large-scale moisture sources
dominates the d signal and not the effect of local evapotranspiration. Due to the spatial
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auto-correlation of especially temperature and to a lesser extent relative humidity, the
exact moisture source location verification using d is however difficult.

Figure 5.4: (a) Measured d compared to diagnosed moisture source conditions. Time
series of hourly averages of d measured in Rietholzbach in violet and moving average over
5 days in dark blue and hdg and Tgd diagnosed at the moisture source. (b) Time series of d
m
and locally measured hm
g and Tg . h for the local measurements is computed from 2 m dew

point measurements and normalised with respect to Tgm , where Tgm is the soil temperature
5 cm below ground.
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Figure 5.5: Zoom in of Fig. 5.4. Daily cycles of d between 19 and 23 August 2011.
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Daily boundary layer mixing processes
and local evapotranspiration affect the
strength of the d-hdg relationship. The influence of local boundary layer processes
can be filtered out by using averaging
timescales for d of ≥1 day. To determine
the typical timescale of the influence of
large-scale advection on the local water isotope measurements, the average five-days
moving window correlation between d and
hdg was computed over the 5 months of data
with different uniform smoothing filters of Figure 5.6: Average five-days moving win0 to 40 h for the d data (Fig. 5.6). A win- dow correlation between d and hd in blue and
g

dow of 5 days for the computation of the between d and hm in red as a function of the
g
moving correlation was chosen as a repre- averaging timescale of the filter. The dashed
sentative time window for two reasons. On vertical line indicates the averaging time corthe one hand it reflects the timescale of responding to the minimum in the two movtypical weather situations. On the other ing window correlation curves.
hand it allows to treat the data robustly in
a statistical sense, which means keeping a
representative number of data points, even when filtering the d data up to 40 h. Slightly
shorter and longer time windows for the computation of the moving correlation yielded
qualitatively similar results.
A maximum in the average anticorrelation between d and hdg was found for a filtering
period between 20 and 25 h (Fig. 5.6). A 24 h filter to eliminate the influence of the local
subdaily dynamics of the boundary layer is thus found to be appropriate. The boundary
layer dynamics is essentially regulated by the incoming solar energy and the energy budget
at the surface, which physically justifies to use a 24 h filter.
The 24h filtered d and hdg for the whole five months period are more strongly anticorrelated (−0.47) than the hourly data (Fig. 5.7). In the warm season (Tgd > 10o C),
linear regression of the 24h filtered signals of d and hdg yields a slope of −0.17, flatter
than the slopes found in the literature and discussed in Section 5.1. In the cold season
(Tgd < 10o C) the d sensitivity on hdg is much stronger than in summer with −0.57h/%
, which is somewhat larger than what Pfahl and Wernli (2008) (53h/%) and Uemura
et al. (2008) (52h/%) found for the eastern Mediterranean and the Southern Ocean,
respectively.
The average source ddg (hdg = 100%) diagnosed from linear regression in Fig. 5.7 is
smaller in the cold season (ddg = 4h) than in the warm season (ddg = 11h). In winter
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Figure 5.7: (a) Time series of 24 h filtered d signal (blue) measured between August and
December 2011 in Rietholzbach and the 24 h filtered diagnosed source hdg using COSMO
trajectories (red). (b) Scatter plot for the d and hdg signals from panel a. The colour
coding indicates temperature at the moisture source. The correlation between d and hdg is
−0.47. For the cold season (Tgd < 10o C) linear regression yields d = −0.57 · hdg + 61 (blue
line), which implies an average source d of 4h . For the warm season (Tgd ≥ 10o C) the
linear regression yields d = −0.19 · hdg + 30 with an average source d of 11h (red line).

large-scale advection dominates the d variability and continental moisture recycling is
weak. In the warm season, the larger ddg points towards much stronger continental moisture
recycling and less large-scale advection of water vapour directly evaporated from the ocean
(for which ddg = do ≈ 0h). Continental recycling increases d as the soil moisture ds is
generally higher than ocean do . Monthly precipitation samples at the GNIP stations
show a dp of on average around 10h (Dansgaard, 1964). Assuming the same value for
soil moisture implies higher dg for the moisture source of land evaporation than for ocean
evaporation. A further effect that increases d of air parcels with very strong moisture
depletion is Rayleigh distillation. In general Rayleigh distillation does not significantly
affect d for rainout fractions f = 1 −

qR
qmax,before R

(R stands for Rietholzbach) of 0 to 80%,

but at higher rainout fractions f > 80% d can be significantly increased. This process is
not expected to have a big influence in Western Europe, where new Atlantic moisture is
regularly supplied by the westerlies. But in regions under stronger continental influence,
for example in Siberia or Beijing, that are affected by continental moisture advection in
winter, this effect could be important.
Figure 5.7 clearly shows that there are periods during which the anticorrelation between d and hdg is stronger (i.e., in mid-August) than during other periods. To investigate
the effects of moisture advection and recycling on the 24 h filtered d-hdg and d-hm
g rela120
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tionships in more detail at the synoptic timescale, we identified periods which are more
strongly affected by local or remote evaporation using the five-days moving window correlation time series between d and hdg respectively hm
g . This aspect will be analysed and
discussed in the next section.

5.3.2

Moving window anticorrelations: identification of local
and remotely affected time periods

In this section the impact of large-scale water vapour advection as well as the effect
of local evapotranspiration on d is discussed. The influence of moisture advection on
d at the daily timescale is investigated here by performing a correlation analysis of d
measurements with the diagnosed remote hdg and Tgd . The three data series d, hdg and Tgd
were uniformly smoothed with a 24 h filter. The influence of local moisture recycling on
m
d at the daily timescale is analysed using the measured local hm
g and Tg . In the moisture

source diagnostics the contribution of evaporation sites are weighted depending on their
specific humidity contribution to the final humidity of the air parcel. To be consistent
m
with this weighting scheme for the remote sources, we weighted the local hm
g and Tg data

with the latent heat flux measurements in Rietholzbach. The results are qualitatively the
m
same as if a uniform filter is used for hm
g and Tg .

In Fig. 5.8 the five-days moving window correlations between d and hg as well as d
and Tg are shown. In Fig. 5.8a, five days time periods with corr5d (hdg , d) ≤ −0.5 are
named high remote anticorrelation (HRA) events. In these cases, the local water vapour
carries a distinguishable signal of the evaporation conditions at remote moisture source
locations. The imprint of large-scale transport is recognisable in these cases. In Fig. 5.8b,
five days time periods with corr5d (hm
g , d) ≤ −0.5 are named high local anticorrelation
(HLA) events, because the humidity carries the d signal of local to regional evaporation
within a footprint of <50 km2 (7 km being the spatial resolution of the COSMO analym
ses). During HLA periods, the local measurements of hm
g and Tg probably represent the

conditions of evaporation at the moisture source well. The temporal correlation structure of locally measured and diagnosed remote Tg with d as well as hg with Tg are also
shown in Figs. 5.8a,b to investigate the role of Tg for d and to allow detecting potential
cross-correlation effects.
The anticorrelation between d and diagnosed hdg at the source identified in Fig. 5.8a
(uppermost axes) strengthens towards fall and winter. An intensification of large-scale
moisture advection towards winter and a lower contribution of local evaporation to the
regional moisture budget could explain the strengthening in the anticorrelation between
d and diagnosed source hdg . However, the influence of local evaporation is probably not
negligible even in winter. The same strengthening tendency as for the anticorrelation
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Figure 5.8: (a) five-days moving window correlation between 24 h filtered d measurements and moisture source hdg and Tgd conditions. The orange band in the corr5d (hdg , d)
plot identifies HRA events. Time periods with corr5d (hdg , d) > −0.5 and corr5d (hdg , d) < 0.5
are identified as NRC events. The black solid line in the corr5d (hdg , d) plot represents a
linear fit to the moving window correlation curve. The straight blue and red line show
the corr5d (Tgd , d) = 0 and corr5d (hdg , Tgd ) = 0 lines. (b) as in (a) but moving window
correlations are shown for local conditions. A few selected HRA and HLA events in (a)
and (b), are marked by orange vertical lines (see text for details). The grey vertical line
indicates a period of five days, in which we find no anticorrelation of d neither with locally
d
measured hm
g nor with remote hg . The dates for the HRA and HLA events are given in

Tables 5.5 and 5.6, respectively.
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between d and hdg is true for the anticorrelation between d and local hm
g (Fig. 5.8b, uppermost axes). This can be explained by the weakening effect of transpiration, which can be
assumed to be non-fractionating at the timescale of one day. Furthermore, the fact that
the anticorrelation between local hm
g and d is also strong in winter may indicate more
homogeneous temperature and humidity conditions over western Europe and the North
Atlantic than in the warm season. Indeed the correlation of local hm
g and diagnosed remote hdg is generally low (0.04) from August to November and somewhat higher (0.3) in
December during the concurrent HRA and HLA periods.
Generally during HRA and HLA events, Tg and d are mostly also either strongly correlated or anticorrelated (high |corr5d (Tg , d)|). The fact that the sign of corr5d (Tg , d) is
changing however shows that there is no consistent relation between Tg and d. Furthermore, during HRA or HLA events with high |corr5d (Tg , d)| there is often also a strong
correlation or anticorrelation signal between hg and Tg (high |corr5d (hg , Tg )|). Crosscorrelation effects thus probably affect the correlation structure of Tg and hg with d. The
first and the second HRA event in August (events 1 and 2 in Fig. 5.8a, see Fig. B.2 for
geographical moisture source distribution) occur in combination with high corr5d (Tgd , d)
and anticorrelated Tgd and hdg , which could be related to shallow convection and precipitation at the moisture source locations. In the 10 days preceding HRA events 1 and 2
rain occurred at the moisture source sites according to the European daily precipitation
dataset (E-OBS; Haylock et al., 2008). Clouds and precipitation cool the surface and
moisten the boundary layer leading to high h. After the precipitation event, clouds clear
up, the ground heats up again and the relative humidity decreases, partly due to the
warming, partly due to the reduced humidity input. In winter, on the contrary, HRA
events occur in combination with highly anticorrelated Tgd , d and highly correlated hdg , Tgd .
This pattern is typical over mid-latitude ocean regions (Pfahl and Niedermann, 2011) due
to the concurrence of cold air advection and subsidence bringing dry air into the boundary
layer (HRA events 19 and 20, see Fig. B.3 for geographical moisture source distribution).
Warm and moist air advection from the Mediterranean (HRA events 3, 4, and 15) can
also result in high corr5d (hdg , Tg ). Occasionally, when the temperature variability is very
small, HRA events occur with no concurrent correlation between Tgd and d (HRA event
5).
A further confirmation that Tg may not be a very good proxy for d in our study, is the
fact that the overall correlation between hourly changes in d and hourly changes in δ 2 H is
2

very small (corr( ∆d
, ∆δ∆tH )=0.01 for ∆t=1 h). As mentioned in Section 5.1 variations in d
∆t
that are caused by changes in δ 2 H are mainly due to temperature dependent equilibrium
fraction effects. However variations in d that are mainly driven by changes in δ 18 O should
rather reflect hdg changes at the moisture source. The correlation between hourly changes
18

in d and δ 18 O, corr( ∆d
, ∆δ∆t O ) = −0.3, indicates that d should rather be interpreted as a
∆t
123

CHAPTER 5. d AS A PROXY FOR CONTINENTAL MOISTURE RECYCLING

proxy for hdg , which is consistent with the more detailed analysis above.

5.3.3

Differences between anticorrelation and no-anticorrelation
events

HRA and HLA events can occur simultaneously in some cases (e.g., HLA event 7 and HRA
event 4 in Figs. 5.8a,b) if the local hm
g variations are representative for the moisture source
region. HLA event 1 occurs during a period with no correlation between the diagnosed
moisture source hdg and the measured d. Periods such as HLA event 1 can clearly be
identified as being influenced by local processes.
Periods without anticorrelation of d with locally measured hm
g (NLC) or with remote
hdg (NRC), can be found over several successive five days periods (see, e.g., grey line
in Fig. 5.8). In summer and early autumn, these periods may be associated with a high
transpiration contribution to the land surface latent heat flux, which lowers the sensitivity
of d to hg as it can be assumed to be non-fractionating over the timescale of one day (see
also the discussion in Section 5.4 and Fig. 5.9). In November such periods of concurrent
NLC and NRC could be associated with shorter typical correlation time periods than five
days or strongly changing day-to-day moisture source dg , which changes the characteristics
of the d-hg relation. In general, periods of no correlation between d and remote hdg may
also occur due to errors in the Lagrangian moisture source analysis or due to additional
influences on d like strong below-cloud precipitation evaporation.
During HRA events, the dominance of large-scale advection at the site of isotope
measurements over local boundary layer processes and local recycling is also reflected
by smaller latent and sensible heat fluxes as well as a smaller boundary layer height
at the measurement site compared to NRC events (Table 5.3). Furthermore, during the
cold season, HRA events are connected to more distant moisture sources and higher ocean
contribution (median ocean contribution of 25.7% during HRA compared to 21.3% during
NRC).
The higher specific humidity at the evaporation site (Table 5.3) indicates wetter conditions during uptake for HRA periods than during NRC periods. In summer and over
land, recent rainfall implies evaporation from the intercept storage and a stronger contribution of soil evaporation. During and just after rainfall, the contribution of transpiration
can be temporally reduced as shown by Yepez et al. (2005). This aspect is confirmed by
the analysis of the characteristics of the HLA events. The 5 cm soil moisture and local
precipitation during HLA events is higher than in the case of NLC events (Table 5.4).
Moist soil conditions at the evaporation site thus strengthen the d-hm
g relation, due to
intercept evaporation, stronger soil evaporation and weaker transpiration. This hypothesis is underlined by the lower local downward CO2 flux (reduced transpiration) during
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Table 5.3: Median values of the conditions during HRA and NRC events. The ocean
moisture source contribution, the source distance, the explained fraction and the specific
humidity at the source are properties of the moisture source diagnostics (MSD in the
Type column, see Chapter 3). The boundary layer height (BLH) was interpolated to the
Rietholzbach site from the COSMO model. SH denotes the sensible heat flux and LH
the latent heat flux, measured locally in Rietholzbach (indicated by RHB Type column).
Numbers in bold indicate statistically significant differences between the median of the HRA
and NRC distributions according to a Wilcoxon rank sum test. For the ocean contribution
and the source distance the difference is shown only for the cold season as for the whole
time period the difference is not significant. For local rainfall only the values for the warm
season are shown, in which recent precipitation is thought to play an important role by its
inhibiting effect on transpiration.
HRA

NRC

Type

28%

23%

MSD

644 km

413 km

MSD

local rainfall for 1.8 to 30.9

1.4 mm/h

0.6 mm/h

RHB

soil moisture anomaly 5 cm

-0.7%

-4.2%

RHB

ocean contribution for 1.11 to 31.12
source distance for 1.11 to 31.12

specific humidity at the source

9.4 g/kg

6.0 g/kg

MSD

local LH

9.4 W/m

2

10.9 W/m

RHB

local SH

2.5 W/m2

3.4 W/m2

RHB

170 m

192 m

COSMO

local BLH

2

HLA events than during NLC events. Furthermore, during HLA events, the local boundary layer dynamics seems to be stronger than during NLC or HRA events with higher
boundary layer heights, larger latent heat fluxes and stronger winds pointing towards an
enhanced atmospheric forcing of local evaporation (Table 5.4).
The composites of the moisture sources for all HRA and all HLA events respectively
are very similar and do not show obvious differences in moisture source regions (compare
Figs. B.1a,b in the Appendix). In both cases land sources dominate. This indicates
once more that the anticorrelation pattern between d and hdg is not controlled by the
specific geographical distribution of moisture sources at our site but rather by the local
boundary layer mixing dynamics on the one hand and the contribution of soil evaporation
and transpiration to the total land evaporation flux on the other hand. Somewhat more
contribution from the Mediterranean than from the Atlantic can be noted for HRA events
compared to HLA events. Figs. B.2 and B.3 in the Appendix show the cumulative uptakes
for HRA events 1 to 21.
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Table 5.4: Median of conditions during HLA and NLC events. The characteristics shown
in this table were all measured at the Rietholzbach measurement site (indicated by RHB
Type column), except for the boundary layer height (BLH), which was interpolated to the
Rietholzbach site from the COSMO model. SH denotes the sensible heat flux and LH the
latent heat flux. Negative CO2 fluxes are downward. Numbers in bold indicate statistically
significant differences between the medians of the HLA and NLC property distributions
using a Wilcoxon rank sum test.
HLA

NLC

Type

3.1%

-4.2%

RHB

cumulative precipitation

453 mm

312 mm

RHB

10 m wind

1.4 m/s

0.9 m/s

RHB

-0.01 mg/(m2 s)

-0.09 mg/(m2 s)

soil moisture anomaly 5 cm

CO2
LH

14.3 W/m

6.3 W/m

SH

7.34 W/m2

8 W/m2

RHB

342 m

116 m

COSMO

BLH

2

RHB

2

RHB

In summary, moisture source hdg , local boundary layer dynamics, the partitioning of
the latent heat flux over land into soil evaporation and plant transpiration as well as
precipitation seem to play a key role in determining the d signal of continental water
vapour at the daily timescale. The role of precipitation in influencing the strength and
properties of the d-hg relationship is threefold:
1. In a quantitative sense, the amount and frequency of occurrence of precipitation determines the wetness of the soil and whether evaporation is climate controlled
or soil controlled (i.e.,water limited; Eagleson, 1978). Evaporation occurring at the
potential rate (like open water evaporation) or limited by water availability may
have a very different isotopic signature. Mathieu and Bariac (1996) suggested to
use larger non-equilibrium fractionation factors (1 − k) for dry than for wet soils
(see also Table 5.1). The differences in soil wetness and thus in the non-equilibrium
fractionation factor can lead to differences in the properties of the d-hg relationship
as will be discussed in Section 5.4. Furthermore, the occurrence of precipitation
may play an important role for HRA and HLA events in summer as mentioned
above in the discussion of Table 5.3 and 5.4, due to its momentary effect of reducing
transpiration (Yepez et al., 2005).
2. Precipitation d determines ds of the soil moisture. The global average dp of
precipitation is about 10h (Dansgaard, 1964). Recycled moisture from continental
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origin can produce precipitation samples with d > 10h. This can affect the intercept
of the d-hg relationship as will be discussed in Section 5.4.
3. The type of weather system producing precipitation is finally relevant in determining the d signature of precipitation. The “catchment” area of moisture uptakes
is very different for frontal or cyclonic precipitation than for purely convective or
orographic precipitation systems.

5.4

d-hg relation for moisture affected by continental
recycling

The d-hdg scatter plot for all HRA events shown in Fig. 5.9 reveals 5 to 10h higher d
values for the same hdg than in the relation found by Pfahl and Wernli (2008) obtained in a
region with a dominant ocean evaporation contribution to d measurements. The generally
higher d values can be attributed to continental moisture recycling, which increases the
d of moisture by repeated evaporation from soil water with higher d than the d of ocean
water (see also Section 5.3.1).
Also, a clear seasonal trend can be identified in the properties of the d-hdg relationship
in Fig. 5.9. In the warm season the slope is smaller with values between −0.16h/% and
−0.58h/% (compared to −0.19h/% for Tgd > 10o C for the overall data series of 24 h
filtered data). The source d is on average around 7h in summer and around 2h in winter. In summer and fall the d-hdg relation of continental moisture strongly depends on the
contribution of transpiration. If transpiration makes up 60% of the evapotranspiration
flux, as it may often be the case in summer (Yepez et al., 2005), and is assumed to be
non-fractionating, the d-hdg slope will be much flatter than in the cold season, when transpiration is reduced and the evapotranspiration flux largely consists of soil evaporation
(compare orange and light blue dashed lines in Fig. 5.9). The intra-seasonal variability
in the d-hdg slopes and intercept is probably due to variable contribution of transpiration
and the changing soil moisture properties impacting the moisture source dg and the nonequilibrium fractionation factors. Below-cloud interaction of precipitation with ambient
water vapour is another process that can influence the d-hdg slopes and intercept by depleting the surrounding water vapour of heavy isotopes. Post-condensational exchange
can thus lead to an increase of d in vapour during light rainfall at h < 100% (Field et al.,
2010).
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Figure 5.9: d-hdg relations for HRA events. The colourbar indicates diagnosed ground
temperature Tgd at the point of evaporation. The solid coloured and black lines are as in
Fig. 5.1. The dashed orange line represents the linear regression of the d measurements
using the moisture source hdg for Tgd ≥ 10o C: d = −0.22 · hdg + 33 and thus a source ddg of
11h. The dashed blue line represents the linear regression of the d measurements using
the moisture source hdg in winter for Tgd < 10o C: d = −0.56 · hdg + 60 and thus a source ddg
of 4h.

128

CHAPTER 5. d AS A PROXY FOR CONTINENTAL MOISTURE RECYCLING

Table 5.5: Slope and intercept of d-hdg for HRA events. The row oc>50% HRA shows
the linear regression properties for all HRA data with a direct ocean contribution of more
than 50%. The whole HRA dataset is shown in Fig. 5.9 in a d-hdg scatter plot. The scatter
plot for HRA data with strong ocean contribution (oc> 50%) is shown in Fig. 5.10. The
columns show the date of the events, the slope, the diagnosed source ddg , the mean ground
temperature and the ocean contribution during the event. The statistical significance level
for the slope obtained by linear regression was checked using a t-test with a 98% confidence
interval. The p-value for the regressions of all the events is smaller than 0.001.
HRA event

date

slope [h/%] ddg [h]

Tgd

oc [%]

1

14/08 to 19/08

-0.16±0.01

11±1

19.5

16

2

19/08 to 24/08

-0.35±0.01

6±1

23.2

13

3

29/08 to 03/09

-0.36±0.06

5±4

18.1

16

4

03/09 to 08/09

-0.51±0.07

3±5

18.6

21

5

09/09 to 14/09

-0.37±0.06

5±4

18.4

19

6

15/09 to 20/09

-0.26±0.04

10±3

15.2

15

7

20/09 to 25/09

-0.35±0.06

9±4

13.5

7

8

25/09 to 30/09

-0.58±0.10

3±8

13.7

4

9

01/10 to 06/10

-0.19±0.01

11±1

13.5

6

10

06/10 to 11/10

-0.31±0.02

8±2

12.1

28

11

11/10 to 16/10

-0.34±0.05

11±5

10.8

26

12

21/10 to 26/10

-0.25±0.04

14±3

6.0

18

13

27/10 to 01/11

-0.45±0.08

5±6

7.5

12

14

02/11 to 07/11

-0.76±0.08

-2±6

12.9

39

15

10/11 to 15/11

-0.44±0.05

8±4

4.1

8

16

18/11 to 23/11

-0.25±0.03

15±3

3.7

20

17

24/11 to 29/11

-0.67±0.11

1±9

2.1

15

18

02/12 to 07/12

-0.30±0.05

7±4

7.8

36

19

07/12 to 12/12

-0.83±0.07

-7±6

7.7

40

20

13/12 to 18/12

-0.60±0.10

1±7

5.4

33

21

18/12 to 23/12

-1.1±0.05

-5±5

2.3

27

oc>50% HRA

01/08 to 31/12

-0.28±0.04

8±3

11.0

56

all HRA data

01/08 to 31/12

-0.24±0.01

10±1

10.6

20
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As shown in Table 5.5, the slopes of the linear regression of d and hdg for the individual
events are smaller in summer and become larger in winter, which is consistent with the
tendency discussed for the warm and cold season regression of the 24 h filtered d and
hdg data in Fig. 5.7. In the cold season the slope is between −0.25h/% and −1.10h/%
(compared to −0.57h/% for Tgd < 10o C for the overall data series of 24 h filtered data).
When selecting only HRA data with
a direct contribution of ocean evaporation
of more than 50% (Fig. 5.10) the sensitivity of d to changes in hdg is stronger
(−0.28h/%) than on average for all HRA
events (−0.24h/%).

The continental

moisture contribution for this data is still
between 20% and 50%, which explains the
weaker slope than in the study of Pfahl and
Wernli (2008) (−0.52h/%).
The relationship between d and locally
measured hm
g for HLA events shown in
Fig. 5.11 also exhibits a seasonal cycle in Figure 5.10: d-hd relation of HRA events
g
the d-hm
g slopes (see also Table 5.6). In with more than 50% direct contribution of
summer the d-hm
g slopes of the HLA events ocean evaporation. The colourbar indicates
are similar to the HRA slopes (around ground temperature T d . Linear regression
g
−0.15h/%). However, for the HLA data yields a d-hd relation of: d = −0.28 · hd + 36
g
g
associated with cold temperatures the d- with a source dd of 8h(green regression line).
g

hm
g slopes remain small, with a maximum The black line shows the empirical relationvalue of −0.35h/% in December. The ship of Pfahl and Wernli (2008).
smaller d-hm
g slopes for HLA events may
be explained by lower local fractionation
factors (i.e. 1 − k values), by a non-negligible contribution of transpiration even in winter
or the intense recycling process of moisture condensing and freezing on the grass and soil
during night and evaporating again during daytime. In the cold season, the source ddg
for HLA events are higher than for HRA events. Strong local moisture recycling in wet
conditions keeps the soil moisture ds high. The bi-weekly soil moisture measurements
from the outflow of the lysimeter shown in Table C.1 in Appendix C are comparable to
the ddg diagnosed here for HLA events (Table 5.6), even though the bi-weekly samples are
dampened in their variability.
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Figure 5.11: d-hm
g relations of HLA events. The colourbar indicates ground temperature
Tgm . The dashed red line represents a fit to the data for Tgm ≥ 10o C: d = −0.12 · hm
g + 25
and thus a diagnosed soil moisture ddg of 13 h The dashed blue line represents a fit to the

d
data for Tgm < 10o C: d = −0.17 · hm
g + 27 and thus a diagnosed soil moisture dg of 10 h.

The black line shows the empirical relationship of Pfahl and Wernli (2008).
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Table 5.6: Slope and intercept of d-hm
g relation for HLA events. The whole HLA dataset
is shown in Fig. 5.11 in a d-hm
g scatter plot. The columns show the date of the events,
the slope, the diagnosed source ddg (local soil moisture d signature), the mean ground
temperature. The statistical significance level for the slope obtained by linear regression
was checked using a t-test with a 98% confidence interval. The p-value for the regressions
of all the events is smaller than 0.001.
slope [h/%]

ddg [h]

Tgm

1

03/08 to 08/08 −0.06 ± 0.01

14 ± 1

18.9

2

08/08 to 13/08 −0.19 ± 0.03

6±2

18.0

3

16/08 to 21/08 −0.20 ± 0.03

12 ± 2

19.7

4

21/08 to 26/08 −0.06 ± 0.01

18 ± 1

20.4

5

26/08 to 31/08 −0.25 ± 0.03

9±2

17.5

6

31/08 to 05/09 −0.07 ± 0.01

15 ± 1

18.3

7

05/09 to 10/09 −0.25 ± 0.02

8±1

17.7

8

14/09 to 19/09 −0.07 ± 0.01

16 ± 1

17.1

9

30/09 to 05/10 −0.14 ± 0.02

13 ± 2

15.3

10

05/10 to 10/10

−0.16 ± 0.02

10 ± 1

13.1

11

10/10 to 15/10

−0.21 ± 0.01

10 ± 1

13.1

12

21/10 to 26/10

−0.14 ± 0.02

15 ± 2

8.8

13

26/10 to 31/10

−0.18 ± 0.03

12 ± 2

9.1

14

05/11 to 10/11

−0.29 ± 0.05

8±4

10.0

15

10/11 to 15/11

−0.21 ± 0.02

10 ± 1

8.5

16

04/12 to 09/12

−0.32 ± 0.02

5±2

5.5

17

09/12 to 14/12

−0.35 ± 0.02

2±2

5.3

18

14/12 to 19/12

−0.24 ± 0.03

8±2

4.8

19

19/12 to 24/12

−0.17 ± 0.01

5±1

3.7

20

24/12 to 29/12

−0.35 ± 0.02

6±1

2.1

all HLA data

01/08 to 31/12

−0.12 ± 0.01

13 ± 1

12

event

date
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5.5

Sensitivity of anticorrelation modes to uptake diagnostic parameters

5.5.1

Global reanalysis compared to regional model analysis
data for trajectory calculation

The impact of using ERA-Interim data instead of COSMO data as a basis for the moisture
source identification on the correlation structure between d and diagnosed source hdg is
large only for a few events (Fig. 5.12), e.g., in mid November. Many HRA events discussed
in Section 5.3.3 are also found using ERA-Interim data (67%, 14 HRA events of 21).
Sometimes a small temporal shift in the start and end phase of the HRA events or a
strength in the anticorrelation can be noticed. Five supplementary HRA are found with
ERA-Interim that are not present in the d−hdg running window correlation using COSMO.
These ERA-Interim HRA events are strongly influenced by sources outside the COSMO
domain. During these five HRA events in ERA-Interim the fraction of moisture taken
up in the COSMO domain is below 50%. The seven HRA events found using COSMO
but not detected using the d − hdg running window correlation from ERA-Interim are not
identified either, when using six-hourly COSMO trajectory data. These events can thus
only be detected with higher spatio-temporal resolution of the trajectories.

Figure 5.12: Comparison of the five-days moving window correlation between 24 h filtered d and diagnosed source hdg with COSMO (grey) and with ERA-Interim (red). The
horizontal black line shows the corr(d, hdg )=−0.5 line.
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The root mean square difference of hdg at the COSMO sources and the hdg at the ERAInterim sources for the whole period between August 2011 to December 2011 is 8%. For
Tg the root mean square difference is 4o C. This gives a good estimate of the uncertainty
of the moisture source identification scheme. Due to the limited model domain, the moisture source conditions identified with COSMO trajectories strongly emphasise continental
sources. The modes of anticorrelation between d and hdg found using COSMO trajectories
thus reflect large-scale situations with a strong continental recycling component.

5.5.2

Impact of setting an uptake height threshold

The uptake height has been discussed in Section 3.1 as an important parameter in the
setup of the moisture source diagnostic. To distinguish between cloud processes and
surface evaporation an uptake height threshold can be set above which the uptakes along
the trajectories are not considered. However, as shown in Section 3.1 convection can be
associated with strong updraft mass fluxes, which can lead to a rapid vertical mixing over
a layer deeper than the boundary layer. Thus the impact of the boundary layer height
threshold on the temporal correlation pattern between d and hdg at the moisture source has
to be assessed. In Fig. 5.13a the five-days moving window correlation is shown between
24 h filtered d and source hdg using all the uptakes (grey line in Fig. 5.13a) and only uptakes
occurring below a fixed maximum uptake height of 1800 m (red line in Fig. 5.13a). The
differences between the two moving window correlation signals are small in November
and December, but larger in the warm season, in which parametrised convection plays
an important role. Choosing a maximum uptake height that is 50% higher than the
model boundary layer height does not impact the moving correlation signal significantly
(compare grey and green curves in Fig. 5.13b). Choosing a maximum uptake height using
the scaled boundary layer height implies that we miss a few HRA events (e.g., one at
the end of September, one at the beginning of October and one at the end of October).
Furthermore, the anticorrelation is generally weaker when using the the scaled boundary
layer height as an uptake threshold than without uptake threshold, especially in summer.
Differences are also obtained in summer when comparing the moving window correlation of d and hdg with 24 h filtered compared to non-filtered d (grey vs. red line in
Fig. 5.13b). As discussed in Section 5.3.1 above, the sub-daily d signal is strongly influenced by local boundary layer mixing particularly in the warm season. The 24 h filter
allows to eliminate these effects and to concentrate on the impact of large-scale moisture
advection on the d signal.
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Figure 5.13: Sensitivity of the five-days moving window correlation between d and hdg
to the uptake height threshold and the d filter. In (a) a comparison is shown of the
correlation pattern with a fixed uptake threshold altitude of 1800 m (green curve), with an
uptake threshold altitude of 1.5 times the boundary layer height (red curve) and without
an uptake height threshold (grey curve). The upper trajectory arrival height threshold of
1800 m is used for the three curves (see Section 3.1 for details). In (b) the impact of the
24 h filter on the correlation between d and hdg (grey curve) compared to no d filter (red
curve) is shown.
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5.6

Conclusions

In this chapter, we presented five months of hourly measurements of d in the continental
boundary layer. Several studies revealed that d measurements in a marine environment
are a good proxy for h at the evaporation site of the moisture (Pfahl and Wernli, 2008;
Uemura et al., 2008; Pfahl and Sodemann, 2013). Our goal in this study was to find out
whether continental moisture, affected by land surface recycling processes still can be used
as a tracer for evaporation conditions at the source. We interpreted our d measurements
m
using local hm
g and Tg measurements as well as a Lagrangian moisture source diagnostic

providing hdg and Tgd conditions at the point of evaporation.
We found that at the hourly to daily timescale d measurements were strongly influenced by boundary layer mixing of local evapotranspiration and water vapour in the free
atmosphere. These processes are driven by the daily cycle of the incoming solar energy.
At a longer timescale (≥ 1 day), this regular daily cycle of d is modulated by largescale advection of moisture from land surface and ocean evaporation with a much larger
footprint than the local evapotranspiration source.
At the timescale of 24 h a correlation of −0.47 was found between d and hdg at the
moisture source. This is a good indication that the moisture source diagnostic technique
applied here identifies moisture source conditions reasonably well. A sensitivity study
was conducted to compare the diagnosed moisture source conditions and the temporal
correlation pattern between d and hdg obtained with different spatial and temporal resolution of the backward trajectories. ERA-Interim reanalysis and COSMO 7 km analysis
data were compared as a data basis for the trajectory calculation. With the global model
and the lower resolution data we found stronger contribution of remote and especially
oceanic sources. When using COSMO 7 km analysis data the identified moisture sources
were more continental and limited in spread, due to the limited model domain. With
ERA-Interim data, remote moisture sources are probably given too much weight. The
6 h temporal resolution of the ERA-Interim dataset masks short-term (∆t <6 h) fluctuations in q. With COSMO 7 km trajectories, the remote oceanic evaporation sources were
probably underestimated. We nevertheless found similar temporal correlation patterns of
d and hdg using ERA-Interim and COSMO 7 km data for the trajectory calculations. For
future applications, we recommend using both a global and a regional dataset in a nested
framework as a data basis for the trajectory calculation.
Using a five-days running window correlation of d with hdg as well as with hm
g for
24 h filtered data, events of strong anticorrelation between d and hdg (HRA) as well as
between d and hm
g (HLA) could be identified. The moisture source diagnostic showed
similar moisture source patterns for HRA and HLA events. In the case of HRA events
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the sources were probably identified correctly as being remote, however in the case of
HLA events the strong local influence of evapotranspiration was underestimated by the
diagnostic. Thus, during HLA events the non-resolved processes of the local boundary
layer dynamics, leading to strong moisture recycling, play an important role. During HRA
events on the contrary, the unresolved processes are less relevant and/or weaker. The
higher boundary layer heights from the COSMO model and the larger locally measured
latent flux during HLA events compared to HRA events underline this hypothesis. The
analysis of the strength of the d-hdg relationship can thus provide some information on the
reliability of the moisture source diagnostics.
The temporal correlation pattern of the diagnosed hdg at the moisture source and the
measured d signal in Rietholzbach revealed different modes of strong anticorrelation between moisture source hdg and d measurements. These modes could be explained by either
a higher than normal contribution of ocean sources or the dominance of soil evaporation
over plant transpiration. Weather patterns associated with the advection of significant
amounts of recently evaporated ocean water are characterised by lower d values than
stagnant or recirculating large-scale flow situations dominated by water vapour from land
evapotranspiration. Periods with a weak or absent relationship between the d and the
source hdg coincide with periods and source locations that are probably characterised by
the dominance of plant transpiration. The clear seasonal pattern in the properties of
the d-hdg link for both diagnosed source hdg and local hm
g support this hypothesis. With
the decreasing importance of plant transpiration as well as local boundary layer dynamics towards winter and increasing importance of large-scale advection, the strength of
the five-days moving average anticorrelation between d and hdg at the moisture source
increased.
We found that Tg is a secondary predictor of d. On the one hand it indirectly characterises the seasonality in the d-hg relationship, being a proxy for transpiration intensity.
On the other hand it plays a role through cross-correlation effects between Tg and hg . Furthermore corr5day (d, Tg ) more often showed strongly negative values rather than positive
ones as it would be expected if the small temperature effect on d through the equilibrium
fractionation factor played an important role.
Due to the stronger influence of transpiration in the warm season, we found a weaker
sensitivity of d to changes in hdg at the moisture source in summer (∼ −0.2h/%) than
in winter. The d-hdg relations found for oceanic settings in the literature are larger
(∼ −0.5h/%) due to the absence of influence of moisture from continental surface evaporation and plant transpiration. In the cold season, however, the sensitivity of d to changes
in hdg at the moisture source were larger than for oceanic settings (∼ −0.6h/%). This was
probably due to stronger non-equilibrium fractionation for soil evaporation than for ocean
evaporation. The effect of precipitation on the d signature of continental evaporation is
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central. It modulates the soil moisture ds signature and indirectly impacts the strength
of the non-equilibrium fractionation over the soil wetness. The impact of precipitation
on the d signature of moisture in the continental hydrological cycle should be studied in
more detail in a numerical model setup in combination with hourly d measurements in
continental boundary layer water vapour.
The characteristics of the d-hdg relationship appears to be a useful proxy for attributing
ambient water vapour to ocean evaporation, soil/leaf intercept evaporation and plant
transpiration. Our results thus show that despite the generally intense mixing processes
in the atmospheric boundary layer a detectable imprint of the evaporation conditions of
the water vapour remains in its isotopic composition. This highlights the potential use of
d measurements as a tool for the study of evaporation conditions over land and ocean as
well as its role as a proxy for circulation patterns.
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Chapter 6
Isotope meteorology of three
precipitation events in July 2011
Rainout effects on the isotopic composition of boundary layer water vapour in continental
Europe due to Rayleigh distillation of airmasses were shortly discussed in Chapter 4 using
five months of isotope data between August and December 2011. In Section 4.5, periods
without correlation between the isotope signals and specific humidity (“non-Rayleigh
periods”) were specifically identified during precipitation events. In this chapter these
non-Rayleigh effects, namely exchange processes between water vapour in the boundary
layer and falling rain droplets below the clouds will be discussed using measurements from
a one-week campaign in July 2011 and simulations with COSMOISO (see Chapter 3.2).

6.1

Introduction

The adequate representation of precipitation in a limited-area numerical model depends on
the correct simulation of a large number of processes involving several spatial and temporal
scales. In this respect, a proper description of the large-scale water vapour transport,
the local cloud microphysics, and below-cloud interaction (BCI) between rainfall and
ambient water vapour is crucial. Due to the lack of direct measurements of several of the
variables involved in these dynamically relevant processes, the verification of the correct
mechanistic model representation is difficult. In this context, stable water isotopes can
serve as an instructive research tool. With the recent advances in measurement techniques,
stable water isotopes in water vapour have become easier to measure in-situ and at high
temporal resolution (Chapter 2). Before this technological development the collection of
high temporal resolution isotope data was difficult. This is primarily why very few studies
exist that explore the possibility of investigating dynamical and microphysical processes
involved in the atmospheric water cycle and in particular precipitation formation using
stable water isotopes.
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In this chapter, the relative importance of fractionation effects due to BCI and soil
evaporation are analysed using simultaneous isotope measurements in water vapour and
precipitation during a rainy week in Zurich in July 2011 with only liquid precipitation.
Sensitivity experiments are carried out for three precipitation events with COSMOISO
(Pfahl et al., 2012).
In the first of the two sensitivity experiments presented here we investigate the importance of the fractionation effects due to BCI. Evaporation of rain droplets, when falling to
the earth surface through unsaturated layers below the clouds has dynamical implications,
e.g., on the formation of cold pools and the development of convection (Dawson et al.,
2009). Stable water isotopes in water vapour and precipitation are highly sensitive to the
processes involved in BCI (Stewart, 1975; Gedzelman and Lawrence, 1990; Gedzelman
et al., 2003; Risi et al., 2010a; Field et al., 2010; Pfahl et al., 2012). In a GCM study concentrating on BCI effects on the seasonal timescale, Field et al. (2010) showed that BCI
universally depletes vapour of heavy isotopes. The more enriched near-surface vapour
gets depleted by the moisture input from the isotopic exchange with rainfall, which was
originally formed from more depleted high altitude vapour (Lawrence et al., 2004). In
Fig. 6.1, the distribution of water vapour isotopes measured in the atmospheric boundary layer in Rietholzbach during precipitation shows a shift in the median of 3h towards
more depleted values when compared to the distribution of water vapour isotopes during
rainless periods.
The effects of BCI on precipitation are less clear and depend on the precipitation
intensity (amount effect, Lee and Fung, 2007), on the precipitation type (snow or rainfall
dominated precipitation, Field et al., 2010) and on the recycling strength of near-surface
water vapour, which is already depleted due to BCI (Pfahl et al., 2012). If the air layer
below the cloud is unsaturated, the rain droplet partially evaporates and thus precipitation
gets enriched (see e.g., Dansgaard, 1954; Strong et al., 2007). The equilibration of rainfall
with near-surface vapour can either enrich or deplete the falling rain droplets in a saturated
air layer, depending on the difference in isotopic signature of the ambient vapour and the
vapour from which precipitation was formed. The depletion effect of BCI on near-surface
vapour can indirectly feed back on the rainfall isotopic composition and deplete subsequent
precipitation (Lawrence et al., 2004; Risi et al., 2008).
As a first order evaluation of the importance of land surface fractionation effects for
the isotopic signature of near-ground water vapour a second sensitivity study was carried
out using COSMOISO simulations with and without fractionation during soil evaporation.
In most isotope-enabled GCMs evapotranspiration from the land surface is assumed to
be non-fractionating, which can be a reasonable assumption over long timescales (several
days to weeks, Yoshimura et al., 2008). However as shown in Chapter 5, boundary layer
moisture still carries a clear relative humidity signature of the moisture source, even
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Figure 6.1: Distribution of δ 18 O from five months of water vapour isotope measurements in Rietholzbach (see Chapter 4, Figure 4.6). The red distribution includes all the
isotope measurements when no rainfall was measured locally. The blue curve shows the
distribution of isotope measurements with locally measured precipitation intensities larger
than 1 mm/h. The dashed lines show the medians of the respective distributions in the
corresponding colour.

though a large part of the water vapour comes from evapotranspiration. It is thus crucial
to investigate the importance of fractionation effects during soil evaporation on the nearsurface water vapour and precipitation isotope signature.
The aim of this chapter is to gain a better understanding of the respective role of the
different fractionation processes determining the isotopic signature of water vapour and
rainfall in the mid-latitudes. A week in July 2011 with frequent moderate to low rainfall
intensities was chosen for a campaign of simultaneous water vapour and precipitation
isotope measurements. On the roof top of the IAC building in Zurich (47.38o N, 8.55o E,
∼500 m a.s.l.) precipitation samples were collected at hourly intervals for isotope analysis, and water vapour was analysed in-situ for its isotopic signature (Section 6.2). An
overview of the isotope data as well as the meteorological situation between 19/07/2011
and 25/07/2011 is presented in Section 6.3. Possible reasons for the observed periods
of isotopic disequilibrium between water vapour and precipitation are discussed in Section 6.4. In Section 6.5, the measurements in the liquid and the vapour phase at the
ground are compared to COSMOISO simulations for three selected time periods. In Section 6.6, robust patterns from the comparison of the simulations with the measurements
are discussed. Finally, conclusions of this comparison between measurements and simulations of isotopes in near-surface water vapour and precipitation are drawn and ideas for
more detailed future analyses are given in the outlook (Section 6.7).
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6.2

Stable water isotope measurements in vapour and
precipitation

The water vapour isotope data used in this chapter were already presented in Chapter
2, in which ambient air measurements of two laser spectroscopic systems were compared.
Precipitation samples were obtained with an automatic sequential rainfall sampler from
the Institute of Agricultural Sciences (ETH Zurich), programmed for the collection of
hourly rainfall isotope samples (Fig. 6.2).

Figure 6.2: (a) Setup for water vapour isotope measurements. 1) Inlet, 2) Picarro
L1115-i in a protecting box, 3) calibration unit (Picarro standard delivery module), (b)
automatic rainfall sampler, 4) rainfall sampler (from Werner Eugster, Institute of Agricultural Sciences, ETH Zurich), 5) rainfall sensor, 6) logger for registering filling events
and other status information of the sampler.

The diameter of the aperture of the rainfall sampler is 510 cm3 . The automatic filling of
200 ml flasks was scheduled at full hours, if a minimum amount of water (∼ 50 ml, ∼ 1 mm
of rainfall) was collected. A pressure sensor inside the primary collection bucket monitors
the water level and triggers an electromagnetic valve, which opens to release the water
into a flask if the threshold pressure is reached at full hours. If the pressure threshold
is not reached, the sample is kept in the rainfall sampler and mixed with subsequent
precipitation. A circular rotating carousel with 32 flasks is located below the primary
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collection bucket. An integrated motor rotates the carousel when a flask has been filled and
thus advances a new empty bottle to the fill position. The lid of the sampler automatically
opens when the rainfall sensor registers rainfall. When no rainfall is detected the lid closes
after 1 min and remains closed during rainless periods to minimise isotope fractionation
due to post-sampling evaporation inside the sampler. The rainfall samples were collected
at the latest 36 h after the automatic sampling, in the morning of 20/07, 23/07 and 24/07.
The rainfall samples were analysed in the laboratory for their isotopic composition
with a laser measurement system comprising a Picarro L2130-i instrument, a Picarro
vapouriser A0212 operated in the high precision mode and an autosampler. Six injections
were performed per rainfall sample. The first injection as well as injections for which the
1 s raw measurement standard deviation was higher than 2h and 1h for δ 18 O and δ 2 H,
respectively were always discarded. One injection was measured for four minutes. The
average water vapour mixing ratio threshold during a valid injection had to be between
10,000 ppmv and 25,000 ppmv. Calibration was done using two standards (Tab. 6.1) following the recommendations by IAEA (2009). The standard measurements were repeated
after each suite of 5 rainfall samples.
Table 6.1: Isotopic composition of the liquid standards used for the calibration of rainfall samples during the IAC roof top measurement campaign in July 2011. The isotopic
composition of these standards was determined by IRMS as described in Section 2.3.

standard 1
standard 2

δ2H

δ 18 O

0.3 ± 1h

−0.04 ± 0.5h

−111.9 ± 1h −15.19 ± 0.5h
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6.3

Overview of the isotope signals and the meteorology between 19/07/2011 and 25/07/2011

The local meteorology during the campaign evolved from a period of two moist and
overcast days from 19/07/2011 to 21/07/2011, followed by a warmer and sunnier period
with regular showers from 21/07/011 to 24/07/2011 towards a mostly dry and sunny
period from 24/07/2011 to 25/07/2011 with a stronger influence of radiation, a more
distinct daily cycle in temperature and humidity (Fig. 6.3).
The vapour and precipitation isotope measurements collected in Zurich between 19/07/2011
and 25/07/2011 (Fig. 6.4) are in the same range as the variations measured during the
summer months in Rietholzbach (see Chapter 4).

Figure 6.3: Time series of global radiation G in orange, relative humidity h in light
blue, temperature T in red, pressure p in black and precipitation I in dark blue between
19/07/2011 and 25/07/2011 in Zurich. G, p and I were measured at the Meteoswiss
station Fluntern 1.5 km from the isotope measurement site. T and h were measured on
the IAC building roof top together with the isotope signals. The passage of two cold fronts
are marked by dashed blue lines.
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Figure 6.4: Overview of the hourly measurements of δ 2 H, δ 18 O and d in boundary layer
water vapour (red) and equilibrium vapour from the measured precipitation signal (short
light blue lines) between 19/07/2011 and 25/07/2011 in Zurich. The shaded red area indicates the 5 s standard deviation of the water vapour isotope measurements. The equilibrium
vapour data from precipitation was obtained by using 2 m temperature and the equilibrium
fractionation factors from Majoube (1971). The short red and blue lines show the isotopic
composition of vapour as well as equilibrium vapour from the measured rainfall for the
corresponding rainfall sampling intervals. Precipitation was sampled over longer intervals
than one hour when the minimum sampling volume was not reached in 1 h. For the short
red lines, the hourly vapour isotopic composition was weighted by the corresponding water
vapour mixing ratio (lowermost panel). The long red solid lines show the average vapour
isotope signal over the whole campaign, weighted by water vapour mixing ratio. The long
blue solid lines show the average precipitation isotope signal weighted by rainfall intensity.
The grey shaded bars indicate the simulation periods discussed in Section 6.5. The passage
of two cold fronts are marked by dashed blue lines.
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Due to the passage of two cold fronts in the evening of 19/07/2011 (Fig. 6.5a) and in the
early morning of the 24/07/2011 (Fig. 6.5b) the variability of the isotope signals during
this one-week measurement campaign was high. Precipitation isotope samples varied
between −110h and −42h for δ 2 H, −14h and −5h for δ 18 O and −18h and 10h for
d. Water vapour isotope samples varied between −180h and −125h for δ 2 H, −26h and
−18h for δ 18 Oh and 8h and 23h for d (Fig. 6.4). No clear diurnal signal is visible in the

Figure 6.5: Equivalent potential temperature (THE) and horizontal wind at 700 hPa
from ECMWF analysis data for 18 UTC 19/07/2011 (a) and 00 UTC 24/07/2011 (b).
The black dot shows the point of measurement in Zurich.

isotope measurements except for the rain-free day 25/07/2011 with a mid-day minimum
in the δ signals and a mid-day maximum in d. Interestingly, this is the exact inverse of
the daily cycle observed in Rietholzbach (Chapter 4.6). The measurement on the roof top
of the IAC building is done at a higher level (∼ 50 m above ground) in the boundary layer
than in Rietholzbach (1.5 m). The effect of entrainment of free tropospheric air is probably
stronger on the roof top and the influence of transpiration in an urban environment is
much weaker. However, more measurements on days without rainfall and strong boundary
layer dynamics would be needed to draw significant conclusions from such a comparison.
Between 19/07/2011 and 24/07/2011 the buildup of a convective boundary layer was
impeded by the complex large-scale flow situation. Over this period two airmasses alternately influenced the weather in Zurich (see Fig. D.2 in Appendix D). On the one hand,
a cold and dry airmass was advected from the North Atlantic. On the other hand, a
warm and moist airmass was located over southeastern Europe and the Mediterranean.
The interplay between the anticyclone located over North Africa and the Mediterranean
and the cyclone developing over northeastern Europe on 21/07/2011 set the large-scale
atmospheric circulation framework during the measurement campaign. The passage of
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two small cyclones over southern Germany and their respective cold fronts on 19/07/2011
and 24/07/2011 (Fig. 6.5) are clearly visible in the isotope data with the characteristic
V-shape in the δ-signals (Fig. 6.4).
The isotope signals first decrease by > 5h in δ 18 O and > 30h in δ 2 H in both precipitation and water vapour. After having reached a minimum, the isotope signals in both
phases increase again to reach a plateau value in water vapour, which is somewhat below
the isotopic composition of the water vapour in the warm sector before the passage of the
cold front. This typical feature during the passage of a cold front was already described in
previous studies on the isotopic composition of extratropical precipitation (Rindsberger
et al., 1990; Celle-Jeanton et al., 2004; Coplen et al., 2008; Pfahl et al., 2012) and has
also been observed in the isotopic composition of cloud water (Spiegel et al., 2012). As
described in Pfahl et al. (2012) this temporal evolution is connected to the spatial gradient
in temperature and isotopes with more enriched δ-values in the warm sector and more
depleted δ-values associated with the cold airmass. Before the passage of the front, the
precipitation is formed from more enriched warm-sector water vapour, which is lifted by
the near-surface progression of the cold air and forms prefrontal clouds. There are two
causes for the continuing depletion in water vapour and precipitation evolving in parallel
as the front progresses:
1. The water vapour that forms precipitation is more and more depleted due to the
increasing contribution of water vapour from the cold sector to the formation of precipitation (effect of Rayleigh distillation or “temperature-effect”, Dansgaard, 1964).
2. The near-surface moisture is more and more depleted because of the interaction
with precipitation (direct BCI effect). The recycling in the clouds of ambient water
vapour depleted by BCI effects leads to more depleted subsequent precipitation
(indirect BCI effect).
The strong correlation between rain and vapour of r = 0.61 for δ 18 O and r = 0.87
for δ 2 H indicates that BCI effects may have been important and/or that the near-surface
water vapour isotopic composition is directly linked with the evolution of the isotope signature of higher altitude water vapour forming the precipitation. The lower correlation for
δ 18 O in comparison to δ 2 H indicates that kinetic effects due to BCI effects have played an
important role. This is confirmed by the generally low, sometimes even negative d values
in precipitation. The d values of the two phases are not correlated at all (r=0.11) which
might reflect different evaporation conditions at the moisture source of the near-surface
vapour compared to the high altitude vapour d, the signature of which is partly reflected
in precipitation. A more probable explanation for the lack of correlation between the d
measurements in vapour and precipitation are the strong BCI effects on d that decrease
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the precipitation values to a minimum of −18h but do not substantially affect vapour d.
Due to the very small rainfall intensity and the relatively humid near-surface air, nearsurface water vapour was probably not significantly changed in its isotopic signature due
to BCI. A slight increase can however be distinguished in vapour d on 19/07/2011 as well
as on 24/07/2011 occurring simultaneously with a local maximum in specific humidity
(Fig. 6.4). If the near-surface vapour had been strongly affected by BCI effects, the correlation of vapour with precipitation d would be negative. These arguments show that the
collocated measurements of vapour and precipitation δ 18 O, δ 2 H and d give us indications
for both the importance of BCI effects and the strength of the connection between nearsurface vapour and the high altitude vapour forming the precipitation. This question will
be further investigated in the following two sections by discussing the disequilibrium between rainfall and near-surface water vapour in Section 6.4 and by conducting sensitivity
experiments using COSMOISO simulations in Section 6.5.

6.4

Disequilibrium between rainfall and near-surface
water vapour

The rainfall samples and water vapour are generally not in equilibrium (compare red and
blue lines in Fig. 6.4). Only during the intermittent rainfall on the 21/07/2011 and early
22/07/2011 the two phases are in near perfect equilibrium, even though the measured
relative humidity at the surface was slightly below 100% (Fig. 6.3). On average during
this campaign the vapour samples were 4.5h more depleted in δ 2 H and 2h more depleted
in δ 18 O than the equilibrium vapour from precipitation samples. Vapour depletion values
in δ 18 O of up to 6.4h were measured in Niamey, Niger (Tremoy et al., 2013). There are
three possible explanations for the differences in the isotopic composition of vapour and
equilibrium vapour from rain:
1. BCI is responsible for the enrichment of rainfall due to evaporation of rain droplets.
2. Dynamical effects linked to the passage of cold fronts on the 19/07/2011 and 24/07/2011
could explain why near-surface vapour is more depleted than the vapour aloft from
which the measured rain has formed. The vertical structure of a typical cold front,
inducing warm air to rise along the backward sloping cold front, implies that the
water vapour forming the precipitation could be dominantly originating from the
warm sector. Near the surface, the cold front has already progressed beyond the
point of measurement and the more depleted signature of the water vapour from the
cold sector is measured. On 21/07/2011 precipitation over the northern side of the
Alps was of convective nature, as can be seen from the isolated cells of deep clouds
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in the satellite image shown in Fig. 6.6. The water vapour near the surface and
the vapour forming precipitation probably had the same origin. This may explain
why during the passage of the two cold fronts a disequilibrium between vapour and
precipitation is found but not during the convective event. The COSMOISO simulations for the periods 1 and 3 reveal periods during which an inversion in the
vertical water vapour isotope gradient exists (Fig. 6.7). The structures found in the
simulations are not as sharp as described above. One reason for the more complex
vertical structure in Fig. 6.7 is that the cold fronts studied here are not very strong.
Furthermore, the presence of the Alps complicates the vertical structure and the
dynamics during the passage of a cold front in Northern Switzerland.
3. Sampling artefacts from evaporative enrichment of the precipitation samples inside
the rainfall sampler cannot be excluded.

Figure 6.6: Satellite image channel 1, visible range (0.56-0.71 µm) from Seviri (Meteosat) at 12 UTC 21/07/2011 (a) and at 12 UTC 22/07/2011 (b).

The correlation of the isotopic disequilibrium with the measured relative humidity is
weak with r =-0.12 and r =-0.24 for δ 2 H and δ 18 O, respectively. This makes it rather
unlikely that BCI can fully explain the observed isotopic disequilibrium between rain and
vapour. To test hypothesis 2 a detailed knowledge of the BCI processes is necessary
in order to infer the isotopic composition of the vapour forming the precipitation. The
precipitation isotope measurements may be affected by evaporative enrichment implying
biases of 1-2h in the absolute values of δ 2 H and ∼ 0.5h in the δ 18 O. However the
qualitative evolution of the isotope signal of precipitation and water vapour is robust
during the passage of the two cold fronts. The almost identical evolution of the isotope
signals in the two phases on the 21/07 gives further evidence of the good quality of the
precipitation data.
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Figure 6.7: (a) East-West vertical cross section at 47.38 o N of δ 18 O in water vapour
(colours) from COSMOISO simulation BC1CG0 at 03 UTC on 24/07/2011. (b) NorthSouth vertical cross section at 8.55 o E of δ 18 O in water vapour (colours) from COSMOISO
simulation BC1CG0 at 10 UTC on 19/07/2011. The black contour line shows the 0 o C
line and the blue contours show the cloud water in g/kg. The green vertical lines indicate
locations where an inversion in the vertical profile of δ 18 O in water vapour in combination
with a cloud can be found.

Thus, the observed disequilibrium between water vapour and precipitation isotope
measurements is probably due to a combination of all three processes. To investigate the
dynamical effects linked with the passage of cold fronts (explanation 2) on the disequilibrium between vapour and precipitation more measurements of the local atmosphere
would be necessary, including vertical soundings of wind and humidity and radar data.
Such measurements could be done in the future in a more comprehensive campaign. To
get a quantitative estimate about the impact of BCI effects on vapour and precipitation and to investigate the relative importance of this fractionation process compared to
fractionation during soil evaporation a sensitivity study is conducted in the next section
with COSMOISO . This allows us to quantify the importance of BCI for the observed
disequilibrium in vapour and precipitation.

150

CHAPTER 6. ISOTOPE METEOROLOGY OF PRECIPITATION EVENTS

6.5

COSMOISO simulations

In the three case studies a closer analysis of the cold fronts on 19/07 (case 1) and 24/07
(case 3) as well as the convective event from 21/07/2011 to 23/07/2011 (case 2) is presented. For the interpretation of Figs. 6.9 to 6.17 showing the results of the sensitivity
experiments described in Chapter 3.2.3, the four simulations performed for each individual
case study are shortly summarised here:
• BC0CG0: Simulation without below-cloud interaction effect and no fractionation
during evapotranspiration. The evapotranspiration flux has the same isotopic signature as the soil moisture from the IsoGSM.
• BC1CG0: Simulation including below-cloud interaction effects and no fractionation during evapotranspiration.
• BC0CG1: Simulation without below-cloud interaction effect and fractionation during soil evaporation following the Craig-Gordon model (Chapter 1), transpiration is
assumed to be non-fractionating.
• BC1CG1: Simulation including below-cloud interaction effects and with fractionation during soil evaporation. Transpiration is assumed to be non-fractionating.
In the following figures, the colour coding is such that the measurements are shown in
orange, the BC1 simulations with solid lines, the BC0 simulations with dashed lines, the
CG0 simulations in blue, and the CG1 simulations in green.
In the following only the isotope-related variables from the simulations will be discussed. It is clear that a correct simulation of the isotopic composition of near-surface
vapour and precipitation is strongly dependent on the correct simulation of the mesoscale
weather pattern. The time series of precipitation intensity, δ 2 H, δ 18 O, and d signals in
precipitation and vapour from the simulations were interpolated billinearly to the point
of isotope measurement. For water vapour the lowest model level data is used. Note that
the spatial variability in both water vapour and precipitation isotopes can be large. To
reproduce the isotope signal obtained from a point measurement is a demanding task for
a numerical model. A small error in the spatial structure of the isotopic composition of
water vapour or precipitation can have a high impact on the simulated isotope time series
at one specific location. The uncertainty associated with the comparison of point measurements with interpolated grid average data was quantified by calculating the standard
deviation of the isotope signals in a 56 km2 square box around the measurement station.
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6.5.1

Simulation period 1: cold front on 19/07/2011

On the 19/07/2011 a cyclone moving eastwards
from Northern France over Southern Germany towards Austria passed the North of Switzerland
(Fig. 6.8). The cold front associated with this cyclone moved over Zurich around 18 UTC 19/07/2011
and brought colder and dryer North Atlantic air.
The four COSMOISO simulations of this event reproduced the cold frontal precipitation, though the
precipitation intensity was too weak and the onset
of precipitation too late (Fig. 6.9). Furthermore,
the light precipitation after the passage of the cold
front (00 UTC to 12 UTC on 20/07/2011), probably originating from near-surface clouds in the cold
sector, was too strong in the simulations.
Sensitivity of δ 2 H and δ 18 O in vapour on BCI
parametrisation
Overall the BC1CG0 simulation performs best during this simulation period (Fig. 6.10a,b). Despite Figure 6.8: Thermal infra-red
the relatively large underestimation of the precipita- (10.3-11.3 µm) satellite image from
tion intensity with the simulated 1 mm/h at 18 UTC the advanced very high resolution
on 19/07/2011 instead of the measured 3.5 mm/h radiometer (AVHRR) on the polar
and the poor timing, the qualitative agreement of orbiting platform NOAA 19, chanthe isotope signal in water vapour simulated in- nel 4 at 12:16 UTC 21/07/2011.
cluding BCI effects with observations is surprisingly The cyclone and its associated cold
good. The delay in precipitation (Fig. 6.9) is re- front are clearly visible over France.
flected in a 3 h temporal shift of the V-shaped evolution of the water vapour isotope signal in both
BC1 simulations compared to the measured signals.
The two BC0 simulations only show a very slight and slow decrease in the water vapour
isotopes and are qualitatively similar. This weak decrease shows the impact of the classical “temperature-effect”. The measured near-surface vapour isotope signal on the short
timescale is thus strongly influenced by BCI as reflected in the much better agreement of
the BC1 simulations with the measurements.
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Figure 6.9: Comparison of simulated (blue) and measured (red) precipitation intensity
between 12 UTC 19/07/2011 and 18 UTC 20/07/2011 in Zurich. Precipitation intensity
was measured at the Meteoswiss station Fluntern, 1.5 km from the isotope measurement
site. The simulated precipitation intensity is the same for the four simulations as only
the isotopic fractionation parametrisation of soil evaporation and BCI differ between the
simulations.

Sensitivity of δ 2 H and δ 18 O in vapour on soil evaporation parametrisation
During the period with rainfall between 12 UTC 19/07/2011 and 15 UTC 20/07/2011, the
BC1CG1 simulation shows higher δ-values than the BC1CG0 simulation with a steeper
decrease towards the minimum and a more rapid enrichment after the minimum δ-value
(Fig. 6.10a,b). In the BC1CG0 simulation, the isotope signature of the evapotranspiration flux is set equal to the isotopic composition of the soil moisture from the IsoGSM.
The signature of the fractionating soil evaporation flux in the case of the BC1CG1 simulation depends on both the soil moisture and the ambient water vapour signature (Chapter 1.1.4). Thus the difference between BC1CG1 and BC1CG0 during precipitation is
probably due to the feedback of the depleted near-surface water vapour isotope signal
on the soil evaporation signature in the BC1CG1 simulation. Low near-surface vapour
δ-values induce a stronger isotope gradient towards the soil moisture isotope signature
and can produce more enriched soil evaporation than in the non-fractionating case. This
feedback of near-surface moisture on soil evaporation is absent in the BC1CG0 simulation.
In addition to the different signature of low level moisture, more spatial variability in
the near-surface vapour isotope distribution is introduced if the soil evaporation part of
the transpiration flux is fractionating. Indeed a higher spatial variability for the BC1CG1
than for the BC1CG0 simulation can be observed (compare shaded dark green and light
blue area in Fig. 6.10a,b).
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Figure 6.10: Temporal evolution of water vapour δ 2 H (a), δ 18 O (b) and d (c) between
12 UTC 19/07/2011 and 18 UTC 20/07/2011 in Zurich. In orange the measured hourly
isotope signals are shown with the standard deviation of the 5 s measurements. The lowest
model level water vapour isotope signals are taken from the simulations and interpolated
billinearly to the point of isotope measurement. For the four simulations in green (CG1)
and blue (CG0) the shading represent the standard deviation of the simulated isotope
signals in a square of 56 km2 around the isotope measurement station. The dashed lines
show BC0 simulations, the solid lines BC1 simulations.
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Non-linear feedbacks
The two BC1 simulations of water vapour δ signals show considerable differences, in
particularly during the rainfall period (Fig. 6.10a,b). On the contrary, the two BC0
simulations are very similar and do not show much variability. This illustrates the nonlinear feedbacks involved in the studied processes. The effect of the parametrisation of
fractionation during soil evaporation is not the same in the case of BC0 and BC1. In
the absence of BCI effects (BC0), the near-surface moisture is not much affected by
the cold frontal passage. Consequently the isotopic signature of near-surface moisture
in BC0 simulations stays more or less constant and the isotopic composition of the soil
evaporation flux in the BC0CG1 simulation does not change much either. In the presence
of BCI effects (BC1), the differences between CG0 and CG1 become relevant as described
above.
Sensitivity of d in water vapour on BCI and soil evaporation parametrisations
The large deviation of the CG1 simulations of water vapour d from the measurements
between 6 UTC and 18 UTC on 19/07/2011 (Fig. 6.10c) is due to a strong moisture contribution from soil evaporation in the model simulation. The strong evapotranspiration
contribution in the simulation is indicated by the large difference between the CG0 and
CG1 simulations, which must come from the difference in the fractionation parametrisation of soil evaporation. Possible explanations for the bias of the CG1 simulation compared
to the measurements could be an inaccurate source soil moisture isotopic composition from
the IsoGSM or a wrong moisture source condition representation in the model. A part
from this bias, the CG1 simulations reproduce water vapour d variability better than the
CG0 simulations. From the point of view of process representation the CG1 simulations
thus perform better than the CG0 simulations, even though they suffer from a bias in
absolute d values.
The model does not show any further strong bias in the d values in the four simulations after 18 UTC 19/07/2011. The d values from the BC0CG0 simulation are slightly
smaller than in the other simulations and the measurements. This implies that CG1 and
BC1 parametrisations both increase near-surface vapour d in this simulation period. Furthermore, it shows that the effect of the soil evaporation parametrisation is not the same
for BC1 as for BC0 during precipitation. This again illustrates the non-linear feedback
effects discussed earlier.
There is not much variability in measured d for this period. The small existing variability during precipitation, like the small local maximum around 18 UTC on 19/07/2011,
is reproduced in the two BC1 simulations with a temporal shift but not in the BC0 simulations. This local maximum thus originates from BCI effects. The temporal shift may be
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due to the delayed onset of precipitation in the simulations. The maximum in measured d
around 10 UTC on 19/07/2011 is also reproduced with a temporal shift by the CG1 simulations. This points towards a general problem of timing of the mesoscale meteorogical
processes in the model during this simulation period.
Sensitivity of precipitation isotopes on BCI
The precipitation isotopes are qualitatively well reproduced by all the simulations (Fig. 6.11),
even though the exact δ isotope values are not correct. The decreasing tendency in the
δ-values as the main feature of the temporal evolution in the measured precipitation isotopes is present in all simulations. The precipitation isotope values are very sensitive to
the timing and intensity of precipitation, cloud height, and below-cloud conditions, which
makes their simulation difficult.
As for the vapour isotopes a clear difference between the BC1 and the BC0 precipitation isotope signals is apparent. δ 18 O and δ 2 H are nearly 5h and 50h more depleted in
BC0 than in BC1. The difference between BC1 and BC0 simulations is not as clear for d
as for δ 2 H and δ 18 O, implying that BCI interaction in the model are mainly due to equilibrium exchange between below-cloud vapour and precipitation and lead to precipitation
enrichment in this simulation period. Strong kinetic effects seem to only be important for
the two weak rainfall hours simulated in the morning of the 20/07/2011. During these
two hours the d value of precipitation in the BC1 simulations is strongly negative with
values around −20h.
The BC1 simulations show an increase at the beginning of the event in δ 18 O and
δ 2 H before showing a decrease (Fig. 6.11a,b). This feature is also present in the measured
δ 18 O signal (Fig. 6.11b) and may thus be linked to physical processes that were important
during this precipitation event.
Sensitivity of precipitation isotopes on soil evaporation
The parametrisation of fractionation during soil evaporation is not relevant for the simulation of the isotopic composition of precipitation in this simulation. The differences
between CG1 and CG0 simulations become slightly larger in the second part of the simulation period in the morning of 20/07/2011. This is probably due to the feeback of the
near-surface water vapour isotopic composition on the signature of the fractionating soil
evaporation flux. Early in the simulations precipitation forms from vapour that is present
in the atmosphere at the beginning of the simulation and is not yet affected by the fractionation parametrisation of soil evaporation. Later in the simulation, precipitation forms
from vapour that has evaporated during the model run and can become different for CG0
and CG1 simulation if a considerable amount of the vapour forming precipitation comes
from soil evaporation.
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Figure 6.11: Temporal evolution of rainfall δ 2 H (a), δ 18 O (b) and d (c) between 12 UTC
19/07/2011 and 18 UTC 20/07/2011 in Zurich. The surface precipitation isotope signals
from the simulations are interpolated billinearly to the point of isotope measurement. In
blue the CG0 and in green the CG1 simulations are shown. The dashed lines show the
simulations without BCI, the solid lines simulations with BCI. For the precipitation data
from the simulations only the isotopic composition of data with precipitation intensities
larger than 0.1 mm/h are shown. Orange lines show measurements.
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6.5.2

Simulation period 2: convective rainfall on 21/07/201123/07/2011

After the passage of the cold front on 19/07/2011 discussed above, a 24 h period with a
nearly constant water vapour isotope signal followed (Fig. 6.4). The second simulation
case study begins after this water vapour isotope plateau. Between 12 UTC 21/07/2011
and 12 UTC 22/07/2011 the warmer eastern European airmass (Section 6.3) with a more
enriched isotope signature dominates. An upper-level potential vorticity (PV) streamer
is situated over the Alps (Fig. D.1 in Appendix D) and triggers orographic lifting and
convection (Fig. 6.6a). At 12 UTC 22/07/2011 the upper-level PV anomaly has moved
further east and convective activity weakens (Fig. 6.6b). At this time the influence of the
colder, more depleted North Atlantic airmass becomes stronger again (Fig. D.2 in Appendix D). For the next 12 h a stationary cold front is located at the measurement station
and weak rainfall occurs. Mixing of water vapour from the warm and cold airmasses probably produces the observed highly variable precipitation isotope signals (Fig. 6.4). Strong
kinetic BCI effects can be deduced from the low measured precipitation d values in this
second part of the simulation period.
The temporal rainfall pattern of this case study is not well simulated by COSMOISO
(Fig. 6.12). The almost continuous low rainfall activity is not captured by the model.
Furthermore, the simulated rainfall intensities are too small except for the early morning
of 23/07/2011, when the model produced 6 mm in two hours, whereas only 1 mm was
collected at the measurement station.

Figure 6.12: As in Fig. 6.9 but for the period between 00 UTC 21/07/2011 and 12 UTC
23/07/2011 in Zurich.
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Sensitivity of vapour δ 18 O and δ 2 H on soil evaporation and BCI
As in simulation period 1 the BC1CG0 simulation shows the lowest and most adequate
δ values in vapour (Fig. 6.13). The transition to a warmer airmass with a higher water
vapour isotopic signature at 12 UTC 21/07/2011 is reproduced by all COSMOISO simulations, though this transition occurs 6 h too early in the model. The return of the
influence of the colder airmass at 12 UTC 22/07/2011 with lower vapour isotope values
occurs too late in all the simulations. This points towards errors in the representation
of the mesoscale dynamics connected to the stationary cold front over Central Europe.
The even earlier transition to higher δ values during CG1 than during CG0 simulations
around 06 UTC 21/07/2011 shows that soil evaporation effects may have played a role
during the temporarily enriched isotope period. As for the change of airmass, the water
vapour isotope plateau measured from 12 UTC 22/07/2011 to 12 UTC 23/07/2011 is also
simulated a bit too late (from 21 UTC 22/07/2011 to 06 UTC 23/07/2011) and with a
positive bias in all the simulations. The most enriched simulations during this isotope
plateau are the BC0 ones. Indirect BCI effects thus probably played an important role
through the advection of water vapour that has previously been depleted by BCI during
precipitation.
Sensitivity of vapour d on soil evaporation and BCI
The BC1CG0 simulation in general reproduces the measured water vapour d signal best.
The CG1 simulations exhibit too large d variations in vapour, which hints towards too
high land surface evapotranpiration fluxes between 12 UTC and 18 UTC on 21/07/2011
as well as between 06 UTC and 18 UTC on 22/07/2011. The increase of d in vapour at
the end of the simulation period in the CG1 simulations is qualitatively similar to the
measured vapour d increase, although with a positive bias of 5h.
Sensitivity of precipitation isotopes on soil evaporation and BCI
The simulations of precipitation isotopes (Fig. 6.14) are difficult to interpret for this
simulation period due to the bad reproduction of the precipitation intensities and duration.
The fact that the precipitation d values are too low on 21/07/2011 and too high on
23/07/2011 for all simulations indicates that the water vapour forming the precipitation
already carried a biased isotope signal.
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Figure 6.13: As in Fig. 6.10 but for the period between 00 UTC 21/07/2011 and 12 UTC
23/07/2011 in Zurich.
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Figure 6.14: As in Fig. 6.11 but for the period between 00 UTC 21/07/2011 and 12 UTC
23/07/2011 in Zurich.
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6.5.3

Simulation period 3: cold front on 24/07/2011

The cold front passage in the night from 23/07/2011 to 24/07/2011 followed the period
dominated by convective rainfall. On 23/07/2011 a rise in the water vapour isotope signal
in spite of the specific humidity decrease may be due to near-surface warm air advection
from southern France (Fig. D.2 in Appendix D).
The temporal evolution of the frontal precipitation intensity is relatively well captured
by the simulations in this last period (Fig. 6.15). The maximum precipitation intensity
(3.5 mm/h) is somewhat lower than the measured (5.5 mm/h) and the post-frontal rainfall
produced by COSMOISO was not measured. This might be due to too weak BCI effects
in the model or an error in the dynmical representation of the frontal system. The timing
and duration of the rainfall is however reasonably well simulated.

Figure 6.15: As in Fig. 6.9 but for the period between 18 UTC 23/07/2011 and 18 UTC
24/07/2011 in Zurich.

Sensitivity of vapour isotopes on soil evaporation and BCI
The measured water vapour isotope signals for the simulation period 3 are qualitatively
well reproduced by COSMOISO in the BC1 simulations (Fig. 6.16). BC1CG1 is the best
simulation overall for period 3. Both BC1 simulations show a positive bias over the whole
period, which increases towards the end of the simulation. This may be due to a positive
bias in the water vapour or soil moisture isotopic composition of the IsoGSM. Additionally
it becomes clear that the CG0 simulations produce much too heavy near-surface moisture
during dry periods. During precipitation the near-surface moisture gets depleted and the
gradient between the soil moisture isotope values and the boundary layer vapour signature
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increases, inducing a heavy soil evaporation flux in the CG1 simulations as during the
simulation period 1.
The high measured variability in the δ signals from 24/07/2011 until the end of the
simulation period is not reproduced by the COSMOISO simulations. The daily cycles
in vapour d are however very well reproduced in the CG1 simulations, emphasising the
importance of the land surface fractionation effects for d at short timescales. Furthermore,
this shows how important the second order isotope parameter d is to investigate the
role of processes at the moisture source. The local maximum in measured vapour d at
00 UTC 24/07/2011 is also present in the BC1 simulations but totally missing in the BC0
simulations. This gives a quantitative estimate of the impact of BCI effects on vapour d.
Sensitivity of precipitation isotopes on soil evaporation and BCI
In addition to the good timing of precipitation and the adequate simulation of the rainfall
intensity pattern in period 3, the precipitation isotope signals are also well reproduced
(Fig. 6.17). The BC1 simulations clearly match the δ signals from the measurements
much better than the BC0 simulations. The BC0 simulations produce too low δ-values
(20-40h in δ 2 H and 5-10h in δ 18 O). Also the precipitation d signal is qualitatively well
simulated by BC1 with a d maximum value in the middle of the event. BCI effects seem
to have played an important role in the beginning and the end of the main precipitation
period around 00 UTC 24/07/2011 (note the low d values during this period in Fig. 6.17c).
BCI effects due to kinetic fractionation cause much lower precipitation d values in BC1
simulations compared to BC0 simulations (compare solid and dashed lines in Fig. 6.17c).
The differences between the CG0 and CG1 simulations are neglibible. The tendency that
CG1 precpitation δ-values are lower than for CG0 is due to the general tendency of more
depleted vapour obtained from CG1 simulations.
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Figure 6.16: As in Fig. 6.10 but for the period between 12 UTC 23/07/2011 and 12 UTC
25/07/2011 in Zurich.
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Figure 6.17: As in Fig. 6.11 but for the period between 12 UTC 23/07/2011 and 12 UTC
25/07/2011 in Zurich.
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6.6

Robust features from comparison between measurements and simulations of three precipitation
events

From all three case studies it clearly appears that for the isotopic composition of water
vapour the parametrisation of isotope fractionation during soil evaporation has a strong
impact, especially on d. During the cold front passages the BCI effects were also important
for the near-surface vapour signal. Without BCI the observed strong decrease in δ-values
during the frontal passage cannot be reproduced. Thus, both direct and indirect impacts
of BCI through interaction and recycling are central for correctly simulating the nearsurface water vapour isotope signal.
For the simulation of precipitation isotopes, the parametrisation of isotope fractionation during soil evaporation played a minor or even negligible role. This may be partly
due to the short simulation periods. The higher level moisture may not yet be affected
by the different soil evaporation fractionation parametrisation. But probably cloud and
BCI effects are much more important than source effects for precipitation. Sensitivity
studies of soil evaporation fractionation parametrisation over longer time periods should
be conducted to investigate this question in more detail.
BCI effects were very important for the correct simulation of isotope signals in precipitation. Without BCI effects the simulated precipitation isotope signals are much too
depleted (by more than 5h in δ 18 O and 20h in δ 2 H). Furthermore, the adequate simulation of the mesoscale weather (e.g., the return of the influence of a cold airmass at
12 UTC 22/07/2011 in simulation period 2) as well as a good timing of precipitation are
central. In all three simulation periods precipitation intensities are too low compared to
the measurements. Isotopes could potentially help to isolate the reasons for the model
errors in precipitation timing and intensity.
During precipitation CG1 simulations are more enriched than CG0 simulations in the
studied periods 1 and 3. This is probably due to the strong isotope gradient between the
near-surface vapour depleted by BCI and soil moisture. CG0 simulations are generally
closer to the water vapour measurements during precipitation pointing towards a need
for a more detailed parametrisation of soil evaporation to account for the evaporative
enrichment and precipitation recharge of soil moisture.
During dry periods, water vapour isotopes from CG1 simulations often show δ-values,
which are closer to the measurements than CG0 simulations. In these periods, the fractionating soil evaporation flux in CG1 simulations depletes the ambient water vapour.
Whether the soil evaporation flux in CG1 simulations is enriching or depleting near166
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surface vapour depends on the signature of soil moisture, the isotopic composition of
near-surface vapour as well as relative humidity. In CG0 simulations the soil evaporation
flux only transmits the soil moisture isotope signature, which is thus indepedent of the
near-surface water vapour signature and the relative humidity conditions.
In dry periods water vapour d signals are also much better represented by CG1 simulations indicating the importance of accounting for effects of fractionation during soil
evaporation for the correct representation of vapour d. This corroborates the good confidence in the L1115-i signal, when compared to the LGR signal discussed in Chapter 2.8.

6.7

Conclusions and outlook

In this chapter we showed that simultaneous measurements of water vapour and precipitation isotopes with the additional help of an isotope-enabled limited-area numerical
weather prediction model provide important information for model validation and process
understanding studies. The high temporal resolution of the measurements and the high
spatial resolution of the model allow to analyse the influence of specific processes like soil
evaporation or BCI effects on the isotope signals of water vapour and precipitation.
This study illustrates the primary importance of the good simulation of the mesoscale
dynamics for an adequate representation of the isotope signal in the model. This becomes
obvious in simulation period 2, in which the timing of precipitation and the change of
airmasses are not well reproduced in the model. Further investigation of this aspect with
a comparison of other non-isotope fields with surface measurements or analysis data could
be done in the future to gain a better understanding of what can be learned from the
comparison of isotope simulations with measurements.
Fig. 6.18 summarises the different processes analysed with the help of sensitivity experiment using COSMOISO . The parametrisation of isotope fractionation during soil
evaporation is of primary importance for the correct simulation of water vapour isotopes
and especially d during dry periods. During the passage of cold fronts, the BCI effects
associated with rainfall also become important for the water vapour isotope signature.
For the correct simulation of precipitation the adequate reproduction of BCI effects is
fundamental. The parametrisation of soil evaporation has only a negligible influence on
the isotope signature of precipitation.
For the investigation of dynamical effects, like the slanted vertical structure of a cold
front, which could be partly responsible for the disequilibrium between precpitation and
near-surface water vapour more precise precipitation data would be necessary. The data
presented here points towards possibly interesting dynamical information that could be
gained from parallel precipitation and vapour isotope measurements. In order to obtain
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Figure 6.18: Schematic illustrating the studied processes affecting mid-latitude water
vapour and precipitation isotopes in the three presented case studies. BC1 stands for the
presence of below-cloud interaction, CG1 stands for the Craig-Gordon parametrisation of
land surface evaporation.

high precision precipitation data, the sampling bottles should be immediatly closed after
filling to minimise post-sampling evaporative enrichment effects.
The isotope data of this short campaign could be further analysed to study the effect
of the stationary cold front (12 UTC 22/07/2011 to 12 UTC 23/07/2011) or the changes of
airmass at 12 UTC 21/07/2011 and 12 UTC 22/07/2011 in more detail. Furthermore, the
impact of different more detailed parametrisations of fractionation during soil evaporation
could be studied (e.g., taking into account transient effects of leaf water enrichment) and
including the enrichment of soil moisture isotopes due to soil evaporation. Different
literature values for the kinetic fractionation factor for soil evaporation could be tested.
The moisture source diagnostic (Chapter 3.1) could also be used to identify evaporation
locations in the model simulations and compare the results with COSMO analysis data.
This would provide additional information on the simulation of water vapour tranport
and would allow to identify possible biases in this respect.
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Chapter 7
Measurements of stable water
vapour isotopes in the lower
troposphere on-board the research
aircraft Dornier-128 IBUF during
HyMeX in September-October 2012
7.1

Introduction

The Mediterranean climate is characterised by two distinct humidity regimes with warm,
dry summers and cool, wet winters. Coupling processes of the atmosphere with the ocean
and the land are important feedback mechanisms for the water cycle in this region and
can contribute to hydrological extreme events (Fischer and Schär, 2010; Winschall et al.,
2012). Water surplus due to intense precipitation events as well as water shortage during
heat waves can both have major impacts on human activities in the densely populated
Mediterranean basin. During the transition period from the dry to the moist humidity
regime in autumn, the interaction between the warm Mediterranean Sea and the advection of cold air from Central Europe associated with Rossby wave breaking are ideal
premises for the development of heavy precipitation systems. The complex and steep
topography of the land masses surrounding the Mediterranean is another relevant component in this region favouring the lifting of moist airmasses, modifying the dynamics
of frontal precipitation systems and triggering convection. Several flooding events in the
past as in November 2001 in Algiers or in September 2002 in the Gard River in France
have caused several hundreds of deaths and costly infrastructure damages. The prediction
of these high-impact precipitation events is complicated due to the wide range of tempo169
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ral and spatial scales of atmospheric processes involved and the importance of coupling
mechanisms between atmosphere, land and ocean.
The mesoscale framework of important ingredients which can lead to heavy precipitation in the Mediterranean region is relatively well characterised. Frontal systems slowed
down or blocked by the orography, quasi-stationary mesoscale convective systems, thunderstorms or orographic rain can lead locally to large amounts of rainfall in a short time
period. Using reanalysis data, Nuissier et al. (2009) found that high-impact precipitation events in the Gulf of Lion are often associated with a pattern of low pressure over
Spain and high pressure over Central Europe. Upper-level perturbations such as potential
vorticity (PV) streamers play an important role for certain events on the Alpine south
side by inducing a strong horizontal moisture flux and upward motion (Massacand et al.,
1998; Martius et al., 2006). Such systems can trigger mesoscale ascent and embedded
strong convection. The formation of cold pools from evaporation or sublimation of falling
hydrometeors can also play an important role by inducing the development of new convective cells and increasing the persistence of a precipitation system over a certain region
(Ducrocq et al., 2008). In addition to the atmospheric circulation framework, the spatial
patterns of surface evaporation and atmospheric water vapour transport are also important elements for the formation of heavy precipitation events (Winschall, 2013). The
Mediterranean Sea is a large reservoir for water vapour during the formation of heavy
precipitation events. However, several recent studies using backward trajectory analyses
showed that large amounts of moisture leading to heavy precipitation in the southern
Alpine region originally evaporated in the North Atlantic (Turato et al., 2004; Winschall
et al., 2012). This emphasises the necessity to consider different spatial scales in the
analysis of heavy precipitation events in the Mediterranean.
The hydrological cycle in the Mediterranean is expected to be strongly affected by
climate change. Most climate models predict a warming and drying of the Mediterranean basin. The region has been identified as one of the climate system’s most responsive hotspots particularly because of the projected future increases in inter-annual
warm-season variability (Giorgi, 2006; Diffenbaugh et al., 2007; Fischer and Schär, 2010).
However the impacts of climate change on regional to local scales are difficult to anticipate also due to a lack of observations and knowledge of the feedback processes of the
water cycle at these scales. A key source of uncertainty in climate model simulations of
the hydrological cycle involves the correct representation of surface fluxes (Gedney et al.,
2000). Part of the uncertainties in modelling surface fluxes arises from the inaccurate
depiction of boundary layer processes (Holtslag, 2006).
Air-sea interactions and atmosphere-land surface interactions modulate the ambient
water vapour isotopic signature, which in turn provide additional information for evaluating and constraining land surface fluxes in models. Several studies on stable water
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isotopes have been conducted in the eastern Mediterranean in precipitation (Rindsberger
et al., 1990; Gat et al., 1994; IAEA, 2005) in ocean water (Gat, 1996b) and in water vapour
(Gat et al., 2003; Angert et al., 2008; Pfahl and Wernli, 2008). The interaction of the
Mediterranean Sea with dry airmasses advected from the continental regions was found
to lead to uncommonly high deuterium excess (d) signatures of meteoric waters especially
in the eastern Mediterranean basin (Gat and Carmi, 1970). In addition to the conditions
during evaporation, the vertical mixing in and across the boundary layer has also been
identified as a major control for the low-level isotopic signature of water vapour in a recent
study using measurements performed over land in Israel (Angert et al., 2008). As shown
in Chapter 4, over land, the strength of boundary layer mixing between evapotranspired
water vapour and moisture from the free troposphere determine the isotopic composition
of near-ground water vapour on days with negligible large-scale horizontal advection. Due
to the difference in the signature of soil water and ocean water, moisture evapotranspired
over land generally carries an isotope signature that is clearly distinguishable from the
isotopic signal of ocean evaporation. To study the isotopic signature of ocean and land
surface evaporation in more detail and their impact on the signature of boundary layer
moisture airborne measurements of stable water isotopes in water vapour provide valuable
insight.
Few profile measurements of water vapour isotopes have been conducted in the lower
troposphere up to now due to the only recent development of laser measurement techniques allowing the direct in-situ measurement of water vapour isotopes. First profile
measurements of δ 2 H in atmospheric water vapour were done in the 1970ies (Taylor,
1972; Ehhalt, 1974). Theses studies revealed strong correlations between the isotopic
signature of atmospheric moisture and specific humidity suggesting a strong control of
Rayleigh fractionation on low to mid-tropospheric moisture. Low-tropospheric airborne
measurements of water vapour isotopes using cryogenic trapping were used by He and
Smith (1999) to characterise the two-way moisture flux at the top of the boundary layer
between surface moisture and the free atmosphere. Aircraft measurements over boreal
forests in Alaska were performed recently using a laser spectrometer for the investigation
of the water cycle in this region and for comparison with isotope observations from the
Tropospheric Emission Spectrometer (TES) sensor on-board the AURA satellite (Cherry
et al., 2011). Aircraft measurements allow to probe water vapour over large horizontal
distances in a short time and provide important vertical profile data for the validation
of satellite observations of δ 2 H. Noone et al. (2013) presented water vapour isotope measurements performed on a 300 m elevator which were used to attribute boundary layer
humidity changes to the important contributing fluxes. For the better mechanistic understanding of the atmospheric water cycle and in particular for the formation of heavy
precipitation events, the ocean evaporation and land evapotranspiration patterns as well
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as the transport of moisture across the boundary layer top into the free atmosphere are
key processes that can be investigated with the help of stable water isotopes.
The international research programme “Hydrological Cycle in the Mediterranean Experiment” (HyMeX, Ducrocq et al., 2010; HyMeX, 2013) coordinated by the French meteorological community was launched in 2010 with the aim of improving our process
understanding and thus the modelling of the water cycle in the Mediterranean. A particular focus is set on the prediction of high-impact weather associated with the water
cycle. Stable water isotope measurements performed during the first special observation
period (SOP1) of HyMeX in September-October 2012 on-board a small propeller aircraft
contribute to the investigation of the mechanisms involved in the development of such extreme events. The spatial variability in isotopic composition of low-level water vapour will
be of use for investigating ocean and land surface evaporation as well as mixing processes
in the ocean and the planetary boundary layer.
The stable water isotope measurements were performed with a laser spectrometer,
which was installed on-board the Dornier-128 IBUF (D-IBUF) in collaboration with the
Technical University Braunschweig and the Karlsruhe Institute of Technology. The DIBUF is a research aircraft equipped with meteorological instrumentation for measurements in the lower troposphere (Hecker, 2013). Table E.1 in Appendix E gives an overview
of the 32 flights performed with the D-IBUF during HyMeX. The flight patterns are shown
in Figs. E.2 and E.3 in Appendix E.
In the following the measurement setup, calibration procedure and data quality are
described and discussed (Section 7.2). Two case studies are then shortly presented to
provide an overview of the potential information that is available from such high spatial
and temporal resolution airborne measurements of isotopes in water vapour in the lower
troposphere (Section 7.3). In Section 7.4 conclusions are drawn and an outlook is given.
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7.2

Measurement setup, calibration and data quality

As shown in Chapter 2, detailed laboratory characterisation is indispensable for obtaining
good quality water vapour isotope measurements. In this section the setup with the
sampling line and the laser spectrometer on the D-IBUF aircraft is first presented. Then,
the following points are discussed: (1) stability and precision of the isotope measurements,
(2) calibration procedure, (3) water vapour mixing ratio dependent bias correction of
isotope measurements, (4) comparison of water vapour mixing ratio measurements of
Picarro L2130-i with other on-board instruments, (5) response time of measurements and
correction of memory effect.

7.2.1

Inlet and laser spectrometer setup in the IBUF aircraft
for the in-situ measurement of stable water isotopes

The laser spectrometer L2130-i from Picarro, which was characterised in Chapter 2 was
installed on the D-IBUF for the HyMeX SOP1 campaign from 11/09/2012 to 11/10/2012.
A schematic of the setup inside the propeller aircraft is shown in Fig. 7.1. A stainless
steel inlet fixed on the top of the aircraft led the sample through a short stainless steel
tubing ( 4.4 mm inner diameter) to a PTFE tubing (∼4.4 mm inner diameter) inside the
aircraft. This PTFE tubing was flushed using a Thomas TF2 pump with a pumping rate
of 30 `/min. A valve was installed along this PTFE tubing to allow to switch to cabin air
in case of freezing or in any other blocking event of the inlet or to prevent contamination
in very polluted air. The Picarro L2130-i instrument was flushed with a KNF pump at a
flow rate of 100 m`/min. Flights 17 to 27 of the overall 32 flights were affected by a break
down of the inlet flushing pump (Appendix E, Table. E.1). The measurements from these
flights suffer from stronger memory effects (see Section 7.2.5).
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Figure 7.1: Setup of the Picarro L2130-i instrument on-board the Dornier-128 IBUF
aircraft for the HyMeX measurement campaign from 11/09/2012 to 11/09/2012. The
pipe connected to the inlet in the top right is not part of the inlet system.
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7.2.2

Stability and precision of water isotope measurements

Stability tests of isotope measurements with L2130-i were performed before, during and
after the HyMeX campaign using the WVISS calibration unit from Los Gatos as a standard vapour source. The calibration system is described in detail in Chapter 2.2.2 and
the stability tests were performed in a similar way as described in Chapter 2.6. For these
tests, standard WS 6 (Table 2.2) was measured for several hours at a water vapour mixing
ratio of ∼9 000 ppmv.
The Allan deviation (Equation 2.5) for the stability test before and after are shown
as a function of increasing averaging time in Fig. 7.2.

Figure 7.2: Allan deviation (Equation 2.5) obtained from the stability tests for isotope
measurements before (a) and after (b) the HyMeX campaign. The blue circles represent
δ 18 O and the orange circles δ 2 H data.

The precision values at optimum averaging time obtained from the Allan test performed before the campaign are (Fig. 7.2a):
σAτ0 =70
σAτ0 =90

min

min

(δ 2 H) = 0.05 h

(δ 18 O) = 0.02 h.

The precision values at optimum averaging time obtained from the Allan test performed
after the campaign are (Fig. 7.2b):
σAτ0 =30
σAτ0 =20

min

min

(δ 2 H) = 0.10 h

(δ 18 O) = 0.25 h.
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The stability of the measurements was degraded due to the slight adaptations that had
to be done for the flight compliance test. The optical fibres guiding the laser light into
the cavity were glued to the instrument panels for certification reasons to prevent them
from oscillating during turbulent flights. This apparently introduced an additional drift
component compared to when the optical fibres were standing free in the instrument
interior space. This can be seen in the earlier onset of the drifts and the higher Allan
deviation at optimum averaging time in Fig. 7.2b compared to Fig. 7.2a.

Figure 7.3: Time series of measured δ 2 H, δ 18 O, d, H2 O, CH4 , cavity pressure (cp) and
cavity temperature (cT) for the stability test during the HyMeX campaign. The calibration vapour was connected to the instrument directly on start up of the isotope measurements. A shut down and immediate restart was performed at 14 UTC to simulated the
measurement interruption just before flight take-off when ground power was switched off
and on-board power was switched on. The red curves represent the 60 s averaged isotope
signals during the stable measurement period.

One stability test was performed during the measurement campaign to gain information on the warm-up time of the instrument. During this test the instrument showed a
warm-up phase of nearly 2 hours before it yielded stable isotope measurements (Fig. 7.3).
The standard deviation of the 1 s and 60 s measurements during the stable measurement
period (indicated by the red curve in Fig. 7.3) are summarised in Table 7.1. During the
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campaign, the Picarro L2130-i instrument was thus started at least 2 h before take-off to
allow enough time for warm-up. This warm-up time was underestimated in the preparation phase of the campaign. The laboratory tests before the campaign never showed
warm-up times of more than 30 min. The system stabilisation might have been affected
by the optical fiber fixation as well.
Table 7.1: Standard deviation values obtained for raw 1 s and for 60 s averaged measurements from stability test 2 during the period of stable measurements as shown by the red
curve in Fig. 7.3.
1s

1 min

δ H

3.03h

2.3h

δ 18 O

0.89h 0.36h

d

7.09h 1.17h

2

7.2.3

Calibration of water isotope measurements

Calibration of the Picarro L2130-i instrument was performed with the WVISS calibration
unit from Los Gatos. The two standards WS 6 and 9 (Table 2.2) were used for calibration.
On every day with flight activity at least six calibration runs were performed each with
a duration of 10 min. Before the flight(s), one calibration run at a water vapour mixing
ratio of ∼20 000 ppmv was done with standard WS6 and WS9. After the flight(s) two
runs per standard at water vapour mixing ratios of ∼4 000 ppmv and ∼20 000 ppmv were
performed (Appendix E, Fig. E.1). Dried ambient air is used as a carrier gas in the
WVISS calibration unit. The performance of the drying system depends on the ambient
mixing ratio level and thus was not the same every day, even though we used the same
flow rates of dry air for all the calibration runs (see Chapter 2.2.2 for more details on the
operating mode of the WVISS). Unfortunately, due to limited time, most of the calibration
runs before the flights were done during the warm-up phase of the instrument and could
not be used for the calibration of the measurements, as the instrument was not yet in a
stable state. Thus, generally calibration runs performed after the flights were used for
actual calibration of the measured isotope signals, following the procedure recommended
by IAEA (2009).
The calibration runs to calibrate the measurements from each individual flight were
attributed by hand after a quality check (Appendix E, Table. E.1). Only the stable part
of the calibration period was chosen for averaging and the 1 s standard deviation during
this period had to be below 3h, 2h, and 600 ppmv for δ 2 H, δ 18 O and H2 O respectively
(values selected by experience).
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7.2.4

Water vapour mixing ratio correction for the water isotope
measurements

Laser spectroscopic measurements of stable water isotopes are affected by a bias, which is
water vapour mixing ratio dependent (see Chapter 2.5 for more details). This dependency
was very strong in the old instrument versions of Picarro as shown in Chapter 2 and less
so in the most recent Picarro L2130-i version. Nevertheless, a water vapour mixing ratio
dependency characterisation test was performed after the HyMeX campaign in October
2012 in the lab with the WVISS calibration unit using standard WS 6. The bias in δ 2 H
and δ 18 O was larger for smaller water vapour mixing ratios (Fig. 7.4). In Fig. 7.4 the
calibration runs from the lab measurements are shown in blue and two runs performed
on 18/09/2012 during the HyMeX campaign are shown in green. The shape of the water
vapour mixing ratio bias function does not change much over time, but the bias function
can shift towards higher or lower values. It is not clear what controls these shifts, probably
they are due to changing environmental conditions (pressure, temperature, specific and
relative humidity), which influence the resistance in electronical components. Characterising the water vapour mixing ratio dependency once and then correcting the absolute
bias with a calibration run at one single water vapour mixing ratio (constant δ shift in
the dependency curve) is thus sufficient.
The third order polynomial bias correction functions used for the water vapour mixing
ratio dependency correction of the L2130-i isotope measurements are the following:
∆δ 2 H = −9.91 · 10−12 · H2 O3 + 2.99 · 10−7 · H2 O2 − 2.82 · 10−3 · H2 O − 6.50 (7.1)
∆δ 18 O = −5.02 · 10−12 · H2 O3 + 1.59 · 10−7 · H2 O2 − 1.64 · 10−3 · H2 O − 6.73 (7.2)
∆d = 3.02 · 10−11 · H2 O3 − 9.69 · 10−7 · H2 O2 + 1.03 · 10−2 · H2 O − 1.11. (7.3)
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Figure 7.4: Dependency of the measurement bias of δ 2 H (a), δ 18 O (b) and d (c) on
water vapour mixing ratio. The calibration runs at different water vapour mixing ratios
were performed using standard WS 6. The error bars indicate the 1 s standard deviation
of the calibration runs. The blue points show measurements from calibration runs in the
laboratory and the two green points show two calibration runs performed on 18/09/2012
during the HyMeX campaign. The third order polynomial bias correction functions (black
dashed curves) are obtained by least square fitting to the green data points.
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7.2.5

Response time of the measurement system and memory
correction

Laboratory tests have been performed to characterise the memory of the measurement
setup presented in Section 7.2.1. Memory effects due to interaction of water molecules
with the tubing walls can have a significant impact on the measurements and thus need
to be taken into account (Chapter 2.7, Ehhalt et al., 2005). Twenty step change tests
were performed using the WVISS calibration unit. Half of these switch tests were done
including the flushing Thomas TF2 pump (Fig. 7.1), the other half of the switch tests
were done without the flushing pump.

Figure 7.5: Response time of the Picarro L2130 instrument including the inlet on-board
the IBUF aircraft as shown in Fig. 7.1. Test setup including the external flushing pump
with switch to lower water vapour mixing ratios (switch down (a)) and to higher water
vapour mixing ratios (switch up (c)). Test setup without the external flushing pump,
switch to lower water vapour mixing ratios (switch down (b)) and to higher water vapour
mixing ratios (switch up (d)). More details about response time tests in the laboratory is
available in Chapter 2.7).
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During flights 17 to 27 the flushing pump was broken. The measurements from the
latter flights are affected by much stronger retardation and memory effects in the inlet
system. The shorter response times of the setup with flushing pump than without can be
clearly seen in Fig. 7.5.
Using these laboratory tests a simple memory correction of the flight measurements
can be performed. The measurement δmeas at each time t can be assumed to represent a
mix of vapour in the instrument cavity from the previous time step δmeas (t − ∆t) and new
ambient vapour δamb (t − τlag ) which was sampled in the outside air at the time t − τlag :




∆t
∆t
δmeas (t − ∆t) +
δamb (t − τlag )
(7.4)
δmeas (t) = 1 −
τads
τads
The desired corrected data δamb (t−τlag ) can thus be estimated from the following function
assuming constant humidity:
δamb (t − τlag ) =

hτ

ads

∆t

i

δmeas (t) −

hτ

ads

∆t

i
− 1 δmeas (t − ∆t)

(7.5)

A similar memory correction was applied by Noone et al. (2013) for their measurements
of isotopes using a Picarro laser instrument installed on a 300 m elevator. The mixing
timescale τads of the vapour samples in the cavity includes exchange effects with the
instrument cavity and tubing walls. The retardation time from the inlet tubing is τlag .
From the lab experiments we obtained: τlag = 12 ± 1 s for both isotopes, τads = 2.3 ± 0.5 s
for δ 2 H, τads = 1.7 ± 0.5 s for δ 18 O and τads = 1.3 ± 0.5 s for H2 O (τads and τlag are defined
as in Chapter 2.7, Equation 2.6). The mixing time scales τads for 2 H were again found
to be approximately 1.4 longer than for

18

O as in Chapter 2.7. The small response times

of less than 10 s for the Picarro L2130-i instrument found here are comparable to the
values found for the Los Gatos WVIA instrument in Chapter 2 and are much lower than
the values of the Picarro L1115-i. This is mainly due to the higher pumping rate of the
L2130-i flushing pump. Five switch up and five switch down experiments were performed.
No significant differences between the τads values obtained during the switch up and the
switch down experiments were identified as opposed to the results found for the L1115-i
Picarro instrument in Chapter 2. More detailed tests would be necessary to confirm this
result. Probably the more than 4 times higher throughflow of the instrument compared to
the Picarro L1115-i allows to overcome the differences in response times of the two types
of step change in isotope concentration and water vapour mixing ratio. When going from
high (>10 000 ppmv) to very low water vapour mixing ratios (<2 000 ppmv) the differences
between switch up and switch down experiments may become relevant again. Such strong
changes in humidity did not occur during this campaign.
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The memory correction of the measurements described in Equation 7.5 leads to a shift
of the signal in time due to the time lag (τlag ) correction as well as to a somewhat larger
variability due to the mixing time (τads ) correction (Fig. 7.6).

Figure 7.6: Effect of the memory correction described by Equation 7.5 on the measured
signal. The blue curve shows the measured signal δmeas , the red curve shows the signal after
memory correction δamb . τlag =12 s represents the retardation time due to the sampling
system. The effect of adsorption-desorption on the instrument cavity walls as well as
the mixing between the new air sample entering the cavity and the remaining part of the
previously measured, old sample is visible in the larger variability of the memory-corrected
signal compared to the signal without memory correction.

More detailed memory corrections can be performed for individual profile flights. Taking into account several previous measurements in the memory correction instead of only
one would avoid the large increase of the signal variability that can be seen in Fig. 7.6. The
memory correction in Equation 7.5 assumes that the previous measurement (δmeas (t−∆t))
reflects the real signature of the previous vapour sample. This assumption neglects the
influence of signal noise.
For further evaluation of the memory correction, profile flights with an ascent from
low moist levels to high dry levels and again down to moist levels can be used as in the
example shown in Fig 7.7. The moisture and isotope measurements during the ascent and
the descent from such profile flights can be compared. Assuming that the atmospheric
state did not change significantly between the ascent and the descent (∼ 10 min), the
two profiles measured during the ascent and the descent should be identical. The basic
memory correction described above can thus be verified and improved if needed. In Fig 7.7
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Figure 7.7: Ascent (red) and descent profile flights over Corte in the north of Corsica
during flight 8 (see Appendix E, Fig. E.1). The profiles of δ 2 H (a), δ 18 O (b), H2 O
from L2130-i (solid lines) as compared to H2 O from a combination of humicap (capacitive
humidity sensor) and Lyman-α (optical) measurements on-board the IBUF (slow response
measurement, dashed line) (c), H2 O from a combination of dew point mirror and Lymanα measurements on-board the IBUF (fast response measurements) (d).

the isotope and specific humidity signals are shown from a profile flight with an ascent (in
red) followed by a descent 10 min later (in green) over Corte, in the northern inlands of
Corsica. The measured ascent and descent profiles of δ 2 H and δ 18 O (Fig. 7.7a and b) are
overall very similar. The δ signals for both isotopes are somewhat more depleted during
the descent, than during the ascent. H2 O measurements from L2130-i show a similar
pattern with larger specific humidities during ascent than during descent (Fig. 7.7c).
The on-board fast humidity measurement (dew point mirror combined with Lyman-α,
Fig. 7.7d) does not show a strong difference between ascent and descent profiles, only
around 700 m the deviation between ascent and descent profiles is notable with 1 g/kg.
This is a clear sign that the slower measurements from the second on-board humidity
instrument combination (humicap combined with Lyman-α, Fig. 7.7c) and the L2130-i
instrument (Fig. 7.7a-c) are affected by a memory effect despite the correction of the
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L2130-i data presented above. More detailed memory corrections will thus be necessary
to investigate high time resolution measurements (∆t<1 min) especially for the study and
comparison of vertical profile measurements.
At first sight the correlation between water vapour mixing ratio and isotope vertical
profiles is high (Fig. 7.7) confirming the findings described in the pioneer works of Taylor
(1972) and Ehhalt (1974). However, details in the profiles reveal possible deviations from
the Rayleigh fractionation control. Furthermore, the differences of vertical profiles over
land and ocean may provide useful information on the particularities of boundary layer
dynamics and surface fluxes over ocean and over land.
The highest possible temporal resolution of the isotope data is around ∆t '7 s due
to the response time. Depending on the flight speed this corresponds to a horizontal
resolution of 250 m. With longer averaging times the precision of the isotope data is
improved (see Section 7.2.1). For the first data analyses presented here 1 min averaged
data (1 measurement every ∼2 km) have been used (see Section 7.3).

7.2.6

Comparison of specific humidity measurements from the
L2130-i with IBUF dew point mirror, Lyman-α and humicap sensors

As mentioned in the previous Section 7.2.5, three independent humidity measurements
are available to which the L2130-i specific humidity measurements can be compared: a
dew point mirror, a humicap capacitive sensor and a Lyman-α instrument. The Lyman-α
measurement is very sensitive to short term fluctuations but needs to be combined with
another slower measurement to correct for its bias in the mean. The combination humicap
and Lyman-α (hcly) yields a slow response measurement and the combination of the dew
point mirror with the Lyman-α instrument (tply) yields a fast response measurement.
The difference in response time of these three measurements is clearly visible in Fig. 7.7
in the good match of ascent and descent profiles of the tply compared to the ascent and
descent profiles of the hcly and the L2130-i.
The correlation between the 1 min averaged specific humidity measurements from
L2130-i and hcly as well as tply is very good during most flights (r2 > 0.95, Fig. 7.8), except when the inlet flushing pump (Fig. 7.1) was out of service (as indicated in Table E.1)
or during turbulent flights. The calibration functions for H2 O measurements from L2130-i
using either hcly or tply from on-board humidity measurements are:

qcorr L2130-i = 0.89 · qhcly − 0.61

(7.6)

qcorr L2130-i = 0.90 · qtply − 0.76.

(7.7)
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Figure 7.8: Comparison of specific humidity measurements betwen L2130-i and hcly (a)
and betwen L2130-i and tply (b) for flight 1. The blue crosses show the memory corrected
1 min measurements, the black lines show least square fits to the measurements.

On-board humidity measurements from the IBUF can thus be used for quality control
of the L2130-i isotope measurements, especially, when looking at high temporal resolution
signals of less than 1 min a detailed comparison of the specific humidity measurements
from the different sensors can be very useful. During the flights no isotope calibration runs
were performed. Because the mixing ratio measurements of L2130-i is based on spectral
absorption of the H16
2 O molecule it uses the same measurement and fitting procedure
as for the isotope measurements and can therefore be used as a quality control. If the
isotope measurements were affected by strong drifts during the flights this would also
affect mixing ratio measurements and would therefore be detectable.

7.3

Case studies

The isotope data from the 32 flights performed during the HyMeX campaign can be
analysed in many ways. In the two short case studies presented in the following sections
the isotope signals from different flights are compared. The passage of a cold front on
13/09/2011 is analysed in the first case study (Section 7.3.1). The diurnal variability in
boundary layer dynamics in the course of two different days is investigated in the second
case study (Section 7.3.2).

7.3.1

Change of airmass

On the 13/09/2011 in the early morning hours a change of airmass occured over Corsica which was connected to a cold front near the ground and an upper-level PV streamer
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(Fig. F.2a,b and Fig. F.1 in Appendix F). As mentioned in Section 7.1, this large-scale situation with strong low-level winds from the continent (typical Mistral situation, Fig. F.2c
and d in Appendix F) and an upper-level disturbance inducing upward motion is a typical setting, which favours the development of strong precipitation in the southern Alps
(Martius et al., 2006). The low-level advection of cold and dry air over the Mediterranean
Sea induced strong ocean evaporation as can be seen from the large latent heat flux in
the ERA-Interim reanalysis data shown in Fig. 7.9b for 06 UTC on 13/09/2012. The
arrival of the dry and cold continental airmass over the warm ocean decreased the relative
humidity of air with respect to sea surface temperature (hg , Fig. 7.9d).
On 12/09/2011 and 13/09/2011 the D-IBUF flew flight pattern 5, with long legs over
sea in the north of Corsica and no flight time over land (Fig. E.2d in Appendix E).
When comparing the isotope measurements from the flight before the airmass change
(17-19 UTC on 12/09/2012, flight 3, Table E.1) with the flight after the passage of the
upper-level PV streamer and the low-level cold front (8-11 UTC on 13/09/2012, flight
4, Table E.1) the change in the airmass signature is clearly visible in the δ 18 O and the
deuterium excess (d) signals (compare Fig. 7.10a,c with b,d).
The δ 18 O signal decreased by 10 h in 18 h at all the sampled levels (from 0 to 3 000 m).

The lower δ-values on the 13/09/2012 associated with the dry continental airmass compared to the warm and moist airmass on the 12/09/2012 are an illustration of two isotope
effects. On the one hand, the dry and cold airmass is more depleted in heavy isotopes due
to its more advanced rainout history than the warm airmass present on the 12/09/72012
over Corsica (”temperature-effect”, see Chapter 4 and 6). On the other hand, the lower
temperatures and hg values of 20-30% over the Gulf of Genoa in the morning of the
13/09/2012 imply much stronger fractionation during evaporation than for warmer temperatures and hg =70-80% in the evening of 12/09/2012. When using the Craig-Gordon
model with the global closure assumption (see Chapter 1, Merlivat and Jouzel, 1979),
at temperatures of T = 20 o C, δ 18 O in the evaporation flux is ∼ −11h for hg =70-80%
(12/09/2012). For hg =30-40% and T = 15o C, δ 18 O in the evaporation flux is ∼ −14h
(13/09/2012). Thus the lower δ 18 O signature on 13/09/2012 than on 12/09/2012 is probably due to a combined effect of hg and T at the point of moisture recharge and of previous
Rayleigh distillation of the cold continental airmass.
The change of airmass is also clearly visible in d (Fig. 7.10c-d), which provides an additional information compared to the δ 18 O signal because it allows to isolate the effect of
kinetic fractionation from the equilibrium fractionation effect. As discussed in Chapter 5,
d is a good proxy for hg at the point of evaporation. The d signature of the evaporated
moisture is higher when kinetic effects are stronger and thus when hg is smaller (Chapter 1). The low hg in the night of 12/09/2012 to 13/09/2012 (Fig. 7.9d) and the strong
latent heat flux (Fig. 7.9b) adding freshly evaporated ocean water to the dry and cold
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continental airmass lead to the measured increase in low-level d between the 12/09/2012
and 13/09/2012. Using backward trajectories calculated with ECMWF forecast fields

Figure 7.9: Latent heat flux (L) and relative humidity with respect to skin temperature
(rhg ) for 12 UTC 12/09/2012 and 06 UTC 13/09/2012.

with 1.5-2 days lead time, water vapour d can be predicted from hg at the moisture source
(Pfahl and Sodemann, 2013). The 10h increase in d was correctly predicted with this
procedure (Fig. 7.11, Stephan Pfahl, personal communication). The 36 h forecast started
at 6 UTC on 11/09/2012 predicts d values between 9h and 12h in north western Corsica.
The 42 h forecast started at 18 UTC on 11/09/2012 predicts d values between 18h and
24h. This is a clear indication that the high near-ground water vapour d signature on
187

CHAPTER 7. AIRBORNE MEASUREMENTS OF WATER ISOTOPES DURING HYMEX

13/09/2012 is a signal from the nearby moisture source. The mixing of the continental

Figure 7.10: δ 18 O and d data for 17-19 UTC on 12/09/2012 (flight 3) and 8-11 UTC
on 13/09/2012 (flight 4).

dry airmass with the freshly evaporated water vapour from the ocean could be investigated in more detail with COSMO-ISO and/or with high temporal resolution backward
trajectories using e.g. COSMO analysis data.
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Figure 7.11: Forecast of d on 950 hPa using the d-hg relation presented in Pfahl and
Sodemann (2013) from 7 days backward trajectory calculations using ECMWF forecast
wind fields (Stephan Pfahl, personal communication). (a) 36 h d forecast for 18 UTC
12/09/2012. (b) 42 h d forecast for 12 UTC 13/09/2012. Crosses indicate grid boxes for
which more than 50% of the moisture sources are explained.
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7.3.2

Boundary layer mixing and strength of convection

On 23/09/2012 and 25/09/2012 two flights along pattern 1 (Fig. E.2a in Appendix E)
were performed on each day, one in the morning between 07-10 UTC and one in the early
afternoon between 11-14 UTC. Both days are characterised by high pressure and relatively high specific humidity conditions. On 23/09/2012 there was a weak southeasterly
horizontal wind at 850 hPa (Fig. F.3 in Appendix F). On the 25/09/2012 the flow had
changed to strong low-level southwesterly wind (Fig. F.4 in Appendix F). Stratocumulus
clouds were observed during all the flights. Over the day convection contributed to the
formation of cumulus clouds over the Corsica mountains on 23/09/2011 and 25/09/2011.
An enrichment of low-level water vapour in heavy isotopes can be observed during the
afternoon flights compared to the morning flights on both 23/09/2012 and 25/09/2012
(Fig. 7.12a,b and Fig. 7.12c,d) due to the higher temperatures and the larger latent heat
fluxes in the early afternoon bringing freshly evaporated water vapour with a more enriched isotope signature into the boundary layer. Overall, the water vapour over the
whole lower troposphere (<4 000 m) is much more enriched in δ 18 O on 23/09/2012 than
on 25/09/2012. The vertical δ 18 O gradient on 23/09/2012 is weaker than on 25/09/2012.
These differences in vertical isotope structure and gradient probably point towards differences in the strength of surface evaporation, convection and boundary layer structure.
On 23/09/2012 an “inversion” in the vertical δ 18 O structure is visible over the inland mountains of Corsica with δ 18 O changing from ∼-12h at low-levels to -20h around
2 500 m to -14h at 3 500 m (Fig. 7.12a,b). From climatology, continuously descreasing
δ 18 O-values with altitude are expected. Low-level moisture is enriched by surface evaporation. High-level moisture is generally more depleted, because the probability that it has
already formed precipitation is higher than for freshly evaporated moisture. An inversion
in this climatological vertical δ 18 O structure can be due to the changing boundary layer
height over the time of the flight or due to cloud formation. Because the “inversion” in the
vertical isotope structure is present during both the morning and the afternoon flight on
23/09/2012 the presence of clouds was probably responsible for this isotope pattern. The
local minimum in δ 18 O around 2 500 m in Fig. 7.12b could be due to the convective outflow
from an orographic cloud. Enriched low-level moisture was probably lifted, condensed in
the cloud and the detrained air, through which the aiplane flew was consequently depleted
compared to the moisture below and above. The more enriched water vapour above the
discontinous cloud layer could be boundary layer moisture that has not gone through the
cloud formation process.
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Figure 7.12: δ 18 O data for 07-10 UTC on 23/09/2012 (flight 12, (a)), 11-14 UTC on
23/09/2012 (flight 13, (b)), 07-10 UTC on 25/09/2012 (flight 15, (c)) and 11-14 UTC
on 25/09/2012 (flight 16, (d))

7.4

Conclusions and outlook

In this chapter, a dataset of high temporal resolution (∆t ≤1 min) isotope measurements
with a wide spatial distribution in the lower troposphere was presented. These measurements were performed in the framework of the HyMeX campaign in autumn 2012
in Corsica on-board the small propeller aircraft D-IBUF of the TU Braunschweig. The
measurement setup and the data quality were discussed and two short case studies were
presented to provide an overview of the spatial and temporal variability of the measured
isotope signals.
The important technical aspects associated with isotope measurements on-board the
D-IBUF that have been discussed in this chapter are the following:
• The isotope measurement precision at 1 min averaging was shown to be 2.3h for
δ 2 H, 0.4h for δ 18 O and 1.17h for d. The data time resolution of 1 min leads
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to a horizontal resolution of 1 averaged data point every 2 km. Higher temporal
resolution data up to 7 s are available but are worse in terms of precision.
• Instrument warm-up times of ∼2 h had to be taken into account during the HyMeX
campaign, when the instrument was started after having been off for several hours.
• Calibration was done daily with 2 standards for every flight using calibration runs
that were performed after the flight with an already warmed up instrument.
• Relatively short response times of <10 s were found with the inlet system used
during airborne measurements for all the isotopes. The response time for δ 2 H was
found to be 1.4 times longer than the response time of δ 18 O.
• A simple memory correction was applied to take into account the mixing of the
newly arrived vapour sample with the one from the previous measurement in the
continuous throughflow cavity of the instrument. An example of a vertical profile showed the necessity of further memory corrections, when data with temporal
resolution of ∆t ≤1 min are to be used.
• The additional on-board humidity instruments (humicap, dew point mirror and
Lyman-α) provide independent information on ambient humidity conditions. These
measurements can thus be used for verification of the laser spectrometric water
vapour mixing ratio measurement. Furthermore, these additional humidity measurements could also provide useful information for a more detailed memory correction
of the isotope data. Independent measurements from the on-board fast humidity
sensor combination (dew point mirror and Lyman-α) could be used as the true environmental signal. As in the presented profile example from flight 8, the ascent
and descent measurements from this fast sensor combination during vertical profile
flights are generally not significantly different. This proves that these fast humidity
measurements are not affected by strong memory effects at the 7 s to 1 min temporal resolution. From the comparison of the slow humidity measurements and the
laser spectrometer with the on-board fast humidity measurement an independent
estimate of the mixing timescale in the cavity (τads ) between the previous sample
and the new sample may be obtained. Probably the values for τads found from the
laboratory tests are too small, which would explain why some memory remained
in the data even after correction. The response times found in the lab were done
at ground-level pressure and the response times at lower ambient pressure could
be somewhat higher. Furthermore, the memory correction function should take
the mixing of several previous samples with the new sample into account. This
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would prevent the memory correction procedure from adding too much noise into
the corrected data.
Two short case studies were presented in this chapter, in which the isotope signals from
flight to flight were intercompared. In the first case study, a change of airmass and its
associated decrease in δ 18 O signal controlled mainly by the large-scale circulation pattern
was presented. A strong increase in d could be shown to be linked to an evaporation signal
at low hg in the Gulf of Genoa. In the second case study, the difference in boundary layer
dynamics during two morning flights compared to two afternoon flights on the same
day were shortly discussed. From day to day the vertical isotope structure can be very
different. Enriched high-level signals during high pressure conditions were interpreted as
signals originating from surface evaporation and convection.
The data from this campaign can be used in far more detailed manner in the future.
The legs with flights through the transition between the oceanic and the boundary layer
influenced by the Corsica land mass could for example provide interesting information on
the structural differences between the two boundary layers. Vertical profiles over land
and over sea can be analysed in a similar way. Inversions in the vertical isotope gradient
could be evaluated with respect to cloud processes.
From these flight measurements of low-level water vapour isotopes new information
can be gained on the patterns of evaporation and the exchange of moisture between the
boundary layer and the free atmosphere. These processes are key chain elements in the
study of the ingredients necessary for the development of heavy precipitation events in
the Mediterranean.
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Chapter 8
Conclusions and outlook
In this thesis measurements of stable water isotopes at high temporal resolution in water
vapour and precipitation have been shown to provide important information on key processes in the atmospheric water cycle. The importance of combining the measurements
with model simulations has been illustrated through the study on the proxy characteristics
of deuterium excess (Chapter 5) and the chapter on collocated rain and vapour measurements (Chapter 6). Due to the complex chain of processes involved in the atmospheric
water cycle, isotope models are often a prerequisite for the interpretation of the measured
isotope signals. In turn, for the validation of model parametrisations of isotope fractionation and the verification of model simulations of processes related to the water cycle, the
isotope measurement-model combination is very useful. On both measurement and modelling sides there are still many challenges left, particularly in the precise, continuous and
stable measurement of water isotopes with laser spectroscopy and in the representation
of exchange processes between the atmosphere and the land surface in isotope-enabled
numerical models.

8.1

Lessons learnt from laser-based measurements of
stable water isotopes in atmospheric moisture

This thesis begins with the study of the uncertainty associated with a novel in-situ measurement technique of isotopes in ambient water vapour. Two commercial laser spectroscopic systems based on cavity ring-down spectroscopy (Picarro) and off-axis integrated
cavity output spectroscopy (Los Gatos Research) have been characterised and compared
in terms of different measurement uncertainty components. The older versions (L1115-i,
WVIA) and the two most recent versions (L2130-i, WVIA-EP) of both systems have been
tested. The sources of measurement uncertainty have been assessed in laboratory experiments, focussing on effects of (1) water vapour mixing ratio, (2) measurement stability, (3)
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uncertainties due to calibration and (4) response times of the isotope measurements due
to adsorption-desorption processes on the tubing and measurement cavity walls. Knowledge from our laboratory experiments has been used to set up a one-week field campaign
for comparing measurements of the ambient isotope signals from the L1115-i and WVIA
systems. The optimal calibration strategy determined for both instruments was applied
during this campaign as well as the correction functions for water vapour mixing ratio effects. Using this field measurement data we have addressed the question of how
well particularly the second order isotope parameter deuterium excess (d) in atmospheric
water vapour can be determined with laser spectroscopy. d is an interesting parameter
for process-based atmospheric water cycle studies. However, up to now only very few
measurements with high temporal resolution of d in water vapour exist. The concurrent
measurements of atmospheric isotopes in water vapour using the two instrument types
allowed evaluating the precision and accuracy of atmospheric δ 2 H, δ 18 O, and d measurements.
Challenges linked with the use of these new laser-based measurement systems comprehend the regular and careful calibration, the supervision of measurement quality in
terms of stability, as well as the consideration of biases linked to changing ambient water
vapour mixing ratios. Especially with respect to this last point, cross-talk effects of other
gaseous species that have absorption lines in the same spectral region as water isotopes
need to be further analysed and monitored. The newest instrument versions of Picarro include concurrent measurements of methane. Other hydrocarbon species can also have an
impact on the measurements, especially in urban settings. Because of such interferences,
for the measurements of liquid samples, especially leaf-water extracts or other samples
that can contain organic molecules, the traditional mass spectrometric measurements still
provides the most accurate data.

8.2

The challenges in identifying continental
moisture sources of atmospheric water vapour

Since the water isotopic composition of an air parcel is determined by the integrated
history of phase changes and mixing processes from evaporation to the point of measurement, a Lagrangian perspective has been adopted to analyse the isotope measurements
in ambient air. An established air parcel trajectory-based moisture source identification
algorithm has been used to determine the moisture sources of the water vapour analysed
during five months in the continental boundary layer at a Swiss prealpine measurement
site. Two different analysis datasets have been chosen for this purpose: (1) the global
ERA-Interim reanalysis dataset with a relatively low temporal (6 h) and spatial resolution
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(∼80 km) and (2) hourly analysis fields from the limited-are model COSMO with a horizontal grid spacing of 7 km. Stronger contributions from remote and particularly oceanic
sources have been found when using the global analysis dataset compared to the sources
identified with the regional model. Due to the limited temporal resolution, short-term
fluctuations of humidity along the trajectory, especially over the continent are probably
underestimated with the global model. In contrast, COSMO trajectories are limited to
the model domain and exclude remote sources. A combination of the advantages of both
models in a nested framework would provide useful insights into the connection between
the regional Alpine and the global water cycle.
An important assumption in the moisture source identification scheme used in this
thesis concerns the link between a registered moisture uptake and surface evaporation.
Moisture sources are identified and weighted based on changes of specific humidity along
an air parcel trajectory. One possible assumption that has been discussed in previous work
as well as in this thesis is to only consider uptakes to be linked with surface evaporation if
they occur within the atmospheric boundary layer. However, especially over land, shallow
convection and orographic effects can lead to above boundary layer uptakes that are also
clearly linked to surface evaporation. Furthermore, over land, the pronounced day-night
cycle of the boundary layer as well as the uncertainty in the parametrisation of the model
boundary layer height make it difficult to rely on such a strongly limiting assumption on
the linkage between uptakes and surface evaporation. Over the investigated five months,
less than 50% of the moisture uptakes have occurred below the boundary layer top, which
was scaled by a factor of 1.5 to account for uncertainties in the boundary layer height.
Important moisture uptakes have been found to generally occur in a confined region just
above the scaled boundary layer top.
Further analysis of this issue also from a climatological perspective would provide
a better understanding of moisture exchange between the boundary layer and the free
atmosphere and the subsequent large-scale transport of water vapour. As isotopes in
water vapour provide an integral estimate of the previous phase change history of a water
sample, such measurements could be used in the future as a verification tool for Lagrangian
or Eulerian moisture source identification schemes.
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8.3

What we can learn from δ 18O and δ 2H in
continental boundary layer moisture

After the detailed laboratory instrument characterisation phase, the Picarro L1115-i laser
spectrometer was set up for ground-based measurements in the atmospheric boundary
layer at a prealpine weather station Rietholzbach between August and December 2011.
The measured δ 18 O and δ 2 H in water vapour during this 5 months period are strongly
controlled by the temperature dependent saturation vapour pressure of the air parcels.
At all investigated timescales between 1 hour and 1 month the correlation between local
temperature T and isotope signals is very high (r >0.75). The “temperature-effect” first
described by Dansgaard in his pioneer work on water isotopes and widely used in climate
reconstructions of the past thus even holds at very short timescales. A more detailed
analysis of the mechanisms behind this isotope effect can help to better constrain the δ-T
relationship, its dependence on different circulation patterns as well as on local effects.
At the synoptic timescale the passage of fronts strongly modulates the isotope signals.
Minima in water vapour δ signals have been measured during frontal precipitation. The
influence of the local surface turbulent fluxes on the water vapour isotopes in the boundary layer at the subdaily timescale has been investigated with a simple box model representing the mixing of evapotranspiration and free tropospheric moisture. The contrast
between the isotopic composition of soil moisture and the signature of free atmospheric
moisture sets the boundary conditions for the composition of boundary layer moisture.
The relative importance of the local dynamics of the water cycle compared to the effect of
remote phase changes can thus be characterised using water isotope measurements. Many
assumptions (or extrapolations from two-weekly accumulated water samples) on the isotopic composition of, e.g., soil moisture, the free atmosphere and the partitioning between
soil evaporation and plant transpiration have to be made with our box model approach.
Despite the number of involved assumptions, the daily cycle in the water vapour isotope
signal of the boundary layer has been well reproduced with this model. This shows that
the correct estimation of the total latent heat flux and the turbulent mixing, which have
been available from eddy covariance measurements, are most important for the representation of the isotopic composition of boundary layer moisture. Nevertheless, knowledge
about the isotope composition of the relevant water reservoirs (i.e., free atmosphere, soil
moisture, leaf water) is important as well. Especially when going towards more advanced
modelling of the isotope exchange processes between the atmosphere and the land surface,
complexity and data availability for the boundary conditions and for model validation has
to be carefully pondered.
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8.4

Deuterium excess as a proxy for continental
moisture recycling

A strong linkage between d and relative humidity at the moisture source hd is expected
from theoretical considerations and has been identified in previous work using d measurements in water vapour in settings near the ocean. Whether the moisture in the continental
boundary layer still carries the footprint of hd has been subject to speculation in the literature. In this thesis five months of d measurements in the continental boundary layer
in Rietholzbach have been analysed. d has been compared to locally measured relative
humidity hm and T m as well as to diagnosed remote hd and T d at the point of evaporation.
At shorter timescales than 1 day local boundary layer turbulence dominates the control
of d exerted by hd at the evaporation site. At longer timescales the regular daily cycle in d
is modulated by the large-scale advection of moisture and the influence of remote moisture
source conditions. From a correlation analysis of daily averaged d data with hm and
hd , events of strong anticorrelation between d and hm (HLA) and strong anticorrelation
between d and hd (HRA) have been identified. Although HLA and HRA events generally
do not occur simultaneously, similar moisture source patterns have been found for these
two types of events. During HLA events, strong local moisture recycling, which is not
resolved in the moisture source diagnostics, has probably been important. During HRA
events the influence of local processes is weaker or inexistent. The strength of the d-hd
relationship thus provides a framework to quantify the reliability of the moisture sources
identified with the Lagrangian diagnostics.
The occurrence of HRA events is tightly connected to plant transpiration. This hypothesis is supported by the clear seasonal pattern of HRA events. HRA events are much
more frequent in winter with the increasing importance of large-scale advection of moisture. At the timescale of 1 day transpiration can be assumed to be non-fractionating.
Thus, during periods with strong continental moisture recycling and a large contribution
of transpiration to the surface latent heat flux no strong relation between d and hd can be
expected. During summer HRA events, in periods with lower but non-negligible transpiration, the sensitivity of d to hd has been found to be weaker than in winter. The analysis
of the characteristics of the d-hd relationship during HRA events allows to infer the average isotopic composition of the moisture source (i.e., soil moisture or ocean water). Thus,
the strength of the d-hd relationship and its characteristics is a good proxy for attributing
ambient water vapour to ocean evaporation, soil evaporation and plant transpiration.
In future research the characteristics of the periods of strong anticorrelation between
d and hd could be further investigated by combining Lagrangian and Eulerian isotope
modelling frameworks. Lagrangian moisture source conditions could be diagnosed using
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COSMO-ISO simulations and then compared to the simulated d. Events of strong anticorrelation of simulated d with local hm and remote hd could be analysed in more detail
with respect to the large scale circulation favouring such events.
Despite the effects of continental moisture recycling, periods with a strong relation
between d and hd at the site of evaporation have been found in this thesis. This points
out the high value of the second order isotope parameter d, even in a continental boundary
layer setting.

8.5

Collocated isotope measurements in water vapour
and rain and their use for model validation

Measurements of isotopes in water vapour and rain were performed during a particularly
rainy week in July 2011 on the roof top of the institute building in Zurich. Three case
studies from this measurement campaign have been analysed using the isotope-enabled
limited area model COSMO-ISO. The high temporal resolution (1 h) of the isotope measurements provides the possibility of analysing the short-term dynamics involved in the
isotope exchange processes between rain and boundary layer water vapour. Collocated
measurements of isotopes in water vapour and precipitation allow to investigate whether
the two phases are isotopically equilibrated at the ground. During the campaign presented
here, equilibrium vapour from precipitation samples have been found to be generally more
enriched than low-level water vapour. Three possible reasons for such a disequilibrium
have been discussed including sampling artefacts, dynamical reasons as well as belowcloud interactions between vapour and precipitation. With the help of COSMO-ISO
simulations the impact of below-cloud interaction on both rainfall and low-level water
vapour has been estimated. Furthermore, the invoked dynamical reason for a disequilibrium between rainfall and water vapour isotopes at the ground has been illustrated with
these simulations.
Sensitivity studies have been conducted using different parametrisations of fractionation during land surface evaporation and during below-cloud interaction between water
vapour and precipitation. On the one hand, the parametrisation of fractionation during land surface evaporation is important for the correct simulation of isotope signals in
near-ground water vapour. On the other hand, this process is nearly insignificant for the
isotopic signature of rain collected at the ground. Below-cloud interaction of rain with
ambient vapour has been found to be the primary control of the isotopic signature of
precipitation. As illustrated with these case studies, measurements of water isotopes in
atmospheric moisture can be used as a constraint for the validation of the model representation of processes like evaporation, evapotranspiration and below cloud interaction of
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rainfall with low-level water vapour.
A more detailed representation of surface evaporation, in particular including the
simulation of the isotope signature of soil moisture, could be tested in the future using
these case studies. The soil moisture isotope signature is affected by evaporation and
recharge by precipitation. The implementation of stable water isotopes in the COSMO
land surface model “Terra” would be one option to better represent feedbacks from land
surface processes. The stand-alone version of this soil-vegetation-atmosphere transfer
scheme would allow testing different parametrisations of, e.g., transpiration in an idealised
and computationally efficient setup.

8.6

Spatial patterns of stable water isotopes
in low-level Mediterranean moisture

In the last part of this thesis, water vapour isotope data have been presented that
were measured in September-October 2012 on-board an aircraft (IBUF, Dornier-128, TU
Braunschweig) during the first special observation period in the framework of the international research programme “Hydrological Cycle in the Mediterranean Experiment”
(HyMeX). These measurements have been conducted around Corsica and are among the
first high-resolution airborne measurements of water vapour isotopes in the lower troposphere. In this thesis, the measurement setup as well as the calibration procedure has
been presented, and the data quality has been discussed. First analyses have revealed
interesting features in the horizontal and vertical distribution of water vapour isotopes,
and in their day-to-day variability. A case study involving an upper-level trough and the
low-level advection of continental air over the Gulf of Genoa has shown a clear signal
in low-level d. This signal can be linked to strong ocean evaporation, enhanced by the
advection of cold and dry continental air over the warm sea surface. In a second case
study the day-to-day variability in boundary layer mixing and the strength of convection
has been shown to lead to different vertical isotope gradients.
The memory correction of the data at temporal resolutions of ∆t <1 min needs to
be further improved to interpret and intercompare the vertical isotope profiles from this
campaign. Differences in vertical profiles, e.g., above ocean and land can reveal interesting properties of the two boundary layer types. Furthermore, inversions in the vertical
structure of isotopes should be investigated in more detail in terms of the influence of
cloud formation.
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8.7

Final remark

Meteorological conditions during phase changes of water leave footprints in the concentration of heavy water isotopes. The stable water isotope signal in ambient vapour thus
contains information on the past weather history experienced by the atmospheric water
vapour sample. Phase changes and transport pathways of water vapour are of central
importance for the atmospheric energy and water balance. Through the strong influence
of water vapour on radiative properties and the dynamics of the troposphere it is also
of primary importance for anthropogenic activities. Research on the atmospheric water
cycle using stable water isotopes thus helps us to anticipate and manage risks associated
with the hydrological cycle.
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Appendix A
Comparison of d measurements with
L1115-i and L2130-i

Figure A.1: Comparison of calibrated d measurements of L1115-i (blue curve) and
L2130-i (red curve) in the field in November 2011. The shaded area indicates the 5 s
standard deviation of raw measurements. The root mean square difference between the
two d signals is 2h and the correlation is 0.8.
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Appendix B
Moisture sources of high
anticorrelation events between d and
hg

Figure B.1: Comparison of average moisture sources for HRA (a) and HLA (b) events
(see Chapter 5). The color coding indicates percental contribution to the final specific
humidity per km2 (w). The integral over the entire moisture source region sums up to
100% of the explained moisture in the Rietholzbach.The white cross indicates the location
of the isotope measurement site Rietholzbach.
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Figure B.2: Integrated moisture sources diagnosed for the HRA events 1 to 10 (see
Chapter 5). The color coding indicates percental contribution to the final specific humidity
per km2 (w). The integral over the entire moisture source region sums up to 100% of the
explained moisture in the Rietholzbach. The white cross indicates the location of the
isotope measurement site Rietholzbach.

204

APPENDIX B. MOISTURE SOURCES OF HIGH ANTICORRELATION EVENTS HRA AND HLA

Figure B.3: Integrated moisture sources diagnosed for the HRA events 11 to 21 (see
Chapter 5). The color coding indicates percental contribution to the final specific humidity
per km2 (w). The white cross indicates the location of the isotope measurement site
Rietholzbach.
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The black and the violet domains in the moisture source plots of Figs. B.2 and B.3
showing the cumulative uptakes for HRA events 1 to 21 shrink towards winter as regional
recycling becomes less and less important. Three modes of moisture advection can be
distinguished in Fig. B.2 and B.3 during HRA events: 1) evaporation and moisture recycling from the European continent, mainly the Alpine region and France, 2) advection of
moisture from the Atlantic and 3) evaporation in the Mediterranean region, mainly from
the sea but also partly from the land surface in Italy and subsequent transport over the
Alps towards the isotope measurement site Rietholzbach.
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Appendix C
Two-weekly water isotope
measurements in the Rietholzbach
(August-December 2011)
Table C.1: Isotopic composition of ∼10 days accumulated soil moisture samples from
the lysimeter collected at the measurement station Rietholzbach between 27.07.2011 and
12.01.2012. The samples were measured by IRMS as described in Section 2.3.
δ 18 O [h ]

δ 2 H [h ]

d [h ]

27.07-12.08

-10.76±0.14

-73.91±0.51

12.19±1.63

12.08-25.08

-11±0.09

-75.48±0.44

12.51±1.14

25.08-06.09

-11.1±0.12

-76.97±0.69

11.8±1.62

06.09-21.09

-11.09±0.07

-78.5±0.44

10.23±0.97

21.09-05.10

-11.21±0.06

-78.65±0.22

11.05±0.69

05.10-18.10

-11.47±0.08

-80.51±0.56

11.26±1.16

18.10-01.11

-11.32±0.06

-80.22±0.11

10.36±0.55

01.11-18.11

-11.26±0.06

-79.35±0.5

10.7±0.98

18.11-28.11

-11.18±0.09

-79.2±0.65

10.21±1.39

28.11-13.12

-11.2±0.06

-81.74±0.56

7.85±1.07

13.12-26.12

-10.49±0.36

-74.56±0.38

9.33±3.26

26.12-12.01

-10.13±0.09

-68.42±0.34

12.65±1.04

Date
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Table C.2: Isotopic composition of the groundwater at the measurement station Rietholzbach between 27.07.2011 and 12.01.2012. The samples were measured by IRMS as
described in Section 2.3.
Date

δ 18 O [h ]

δ 2 H [h ]

d [h ]

12.08

-10.68±0.06

-74.6±0.3

10.3±1.5

25.08

-10.70±0.04

-73.6±0.6

11.9±0.9

06.09

-10.81±0.03

-74.1±0.4

10.5±0.8

21.09

-10.76±0.05

-75.0±0.3

11.1±0.6

05.10

-10.65±0.11

-74.6±0.5

12.7±1.1

18.10

-10.73±0.09

-74.5±0.4

11.0±0.8

01.11

-10.71±0.04

-74.7±0.5

11.4±1.2

18.11

-10.81±0.08

-73.8±0.4

10.6±1.3

28.11

-10.74±0.07

-74.8±0.1

11.1±0.7

13.12

-10.74±0.05

-75.4±0.4

12.4±0.6

26.12

-10.72±0.06

-73.8±0.4

12.0±0.9

12.01

-10.46±0.16

-73.4±0.3

10.9±0.7

Table C.3: Isotopic composition of the river Rietholzbach at the measurement station
Rietholzbach between 27.07.2011 and 12.01.2012. The samples were measured by IRMS
as described in Section 2.3.
Date

δ 18 O [h ]

δ 2 H [h ]

d [h ]

12.08

-10.72±0.12

-74.87±0.54

10.89±1.48

25.08

-10.12±0.03

-70.40±0.56

10.53±0.80

06.09

-10.60±0.04

-70.93±0.07

13.88±0.41

21.09

-10.48±0.03

-71.28±0.82

12.54±1.04

05.10

-10.77±0.07

-73.64±0.94

12.53±1.49

18.10

-10.67±0.06

-72.61±0.96

12.78±1.48

01.11

-10.67±0.16

-73.54±0.42

11.84±1.72

18.11

-10.54±0.04

-74.50±0.28

9.81±0.60

28.11

-10.50±0.04

-73.69±0.23

10.30±0.57

13.12

-10.40±0.04

-70.67±0.23

12.52±0.52

26.12

-10.54±0.09

-72.28±0.08

12.02±0.84

12.01

-10.52±0.28

-72.44±0.62

11.74±2.83
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Appendix D
Large-scale weather situation
between 19/07/2011 and 25/07/2011

Figure D.1: Potential vorticity (PV) on 330 K computed from ECMWF analysis data
between 12 UTC 19/07/2011 and 12 UTC 24/07/2011.
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Figure D.2: Equivalent potential temperature (THE) and horizontal wind at 700 hPa
from ECMWF analysis data between 12 UTC 19/07/2011 and 12 UTC 24/07/2011.
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Appendix E
Overview of HyMeX Flights with
Dornier-128 IBUF
Table E.1: Overview of Dornier-128 IBUF flights between 11/09/2012 and 11/10/2012
during the HyMeX campaign in Corsica. The flight pattern mentioned in this table are
shown in Fig. E.2 and Fig. E.3
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Figure E.1: Overview of all calibration runs during the HyMeX campaign performed before and after the flights at water vapour mixing ratios of ∼4 000 ppmv and ∼20 000 ppmv.
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Figure E.2: Flight patterns 1,2,3, and 5 of Dornier-128 IBUF during the HyMeX campaign in Corsica. The colour coding respresents the topography with red high elevation
and blue low elevation.
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Figure E.3: Flight patterns 7,9,11, and IASI comparison pattern of Dornier-128 IBUF
during the HyMeX campaign in Corsica. The colour coding respresents the topography
with red high elevation and blue low elevation. Flight pattern ”Falcon” from Table E.1 is
very similar to pattern 9.
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Appendix F
Meteorological situation for the two
HyMeX case studies

Figure F.1: Evolution of potential Vorticity (PV) on 330 K between 12/09/2011 and
13/09/2011 computed using ERA-Interim data.

215

APPENDIX F. METEOROLOGICAL SITUATION FOR THE TWO HYMEX CASE STUDIES

Figure F.2: Low-level (850 hPa) equivalent potential temperature (THE), sea level pressure (SLP), humidity (Q) and wind fields from ERA-Interim data for the change of air
mass that took place in the morning of 13/09/2012. (a) THE (colours) and SLP (contour
lines) for 12 UTC on 12/09/2012, (b) THE (colours) and SLP (contour lines) for 12 UTC
on 13/09/2012, (c) Q (colours) and wind fields (arrows) for 12 UTC on 12/09/2012, (d)
Q (colours) and wind fields (arrows) for 12 UTC on 13/09/2012.
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Figure F.3: Low-level (850 hPa) equivalent potential temperature (THE), sea level pressure (SLP), humidity (Q) and wind fields from ERA-Interim data for the 23/09/2012. (a)
THE (colours) and SLP (contour lines) for 12 UTC on 23/09/2012, (b) THE (colours)
and SLP (contour lines) for 18 UTC on 23/09/2012, (c) Q (colours) and wind fields (arrows) for 12 UTC on 23/09/2012, (d) Q (colours) and wind fields (arrows) for 18 UTC
on 23/09/2012.
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Figure F.4: Low-level (850 hPa) equivalent potential temperature (THE), sea level pressure (SLP), humidity (Q) and wind fields from ERA-Interim data for the change of air
mass that took place in the morning of 25/09/2012. (a) THE (colours) and SLP (contour
lines) for 12 UTC on 25/09/2012, (b) THE (colours) and SLP (contour lines) for 18 UTC
on 25/09/2012, (c) Q (colours) and wind fields (arrows) for 12 UTC on 25/09/2012, (d)
Q (colours) and wind fields (arrows) for 18 UTC on 25/09/2012.
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