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Summary

To satisfy the worldwide rising energy demand and simultaneously minimize the environmental impact,
an increase in energy generation from renewable resources is required. Amongst the various renewables,
geothermal power is particularly suitable for providing base-load electricity. In previous years, the progress
in geothermal power generation from conventional hydrothermal and new petrothermal resources has been
much slower than the progress in power generation from other renewable resources. The slow pace in pro-
gress is mainly related to di�culties in prior clari�cation of the energy potential of geothermal resources
and in making them accessible with minimal drilling e�orts, which is due to the fact that, other than
wind or solar power, geothermal power is stored in the Earth's interior. Therefore, improved non-invasive
exploration and monitoring techniques can decisively contribute to achieving accelerated exploitation of
geothermal resources. Signi�cant improvements lie in combining the rapidly developing seismic imaging
and monitoring techniques, which provide high resolution images at large penetration depths, with hydro-
logical, geochemical, and geological techniques, in order to obtain a comprehensive understanding of the
hydrothermal nature of subsurface geothermal resources. To this end, rock physics techniques are deve-
loped in the course of this thesis to enhance the quantitative interpretation of seismic data in terms of
reservoir properties, and to interlink seismic exploration techniques with hydrothermal, geochemical and
geological studies. This is achieved by combining laboratory and �eld-based experimental techniques with
rock physics modeling techniques.

In the �rst part of the thesis, the seismic velocity structure of an eroded fossilized geothermal system is
measured through high-frequency pulse transmission measurements on rock samples in the laboratory at
varying con�ning pressure and saturations as well as through low-frequency seismic refraction tomography
experiments on outcrops in the �eld. The results show that seismic velocities di�er by up to 1500 m/s
due to the presence of varying lithologies, and that discrepancies of up to around 15% occur between
seismic velocities measured in the laboratory and those measured in the �eld. The former indicates the
wide spread of physical properties of rock formations typically hosting magmatic geothermal systems. The
latter gives evidence for the presence and the magnitude of scaling e�ects due to the di�erent frequencies
employed and the di�erent spatial dimensions of the sampled rock volumes. To overcome challenges and
restrictions in seismic interpretation arising from the wide spread of host rock properties and from scaling
e�ects, a numerical up-scaling technique is established in the second part of the thesis. It yields frequency-
dependent seismic properties from rock properties measured in the laboratory, while accounting for hydro-
mechanical processes in �uid-saturated fracture networks. It incorporates the wide range of rock properties
observed for di�erent lithologies and the dependence on lithostatic stress and pore pressure. The hydro-
mechanical modeling con�rms the empirical observation that seismic velocities mostly render the lithology.
Most important of all, however, it is shown that seismic attenuation and the related velocity dispersion
overlying the general velocity structure are the indicators for the �uid content in the reservoir and for the
presence of rock formations with hydraulically conductive fracture networks. Speci�cally it reveals that
the attenuation magnitude is directly related with the compressibility of the �uid and with the sti�ness
contrasts in the rock, whereas the �uid viscosity and the hydraulic permeability of fractures and matrix
manifest themselves through the characteristic frequency, at which the attenuation and velocity dispersion
are pronounced the most. In the third part of the thesis, the hydro-mechanical model is complemented by
incorporating the thermodynamic behavior of the saturating �uid phases, which permits the calculation of
frequency-dependent seismic properties as a function of the energy state of the �uid. From this part it is
shown that thermodynamic energy dissipation within the pore �uid contributes considerably to the overall
attenuation of seismic waves when the �uid reaches the boiling temperatures and becomes a liquid-vapor
mixture.
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Summary

The various contributions reported in this thesis have �nally been combined to elucidate the seismic
properties of a geothermal reservoir as a function of reservoir characteristics which are of particular interest
for hydrologists, geochemists and geologists. These seismic properties provide the input model to predict
the seismic response for given reservoir conditions by forward modeling, or to infer reservoir conditions
from measured seismic data by inverse modeling. Furthermore it can be used to link seismic modeling with
the modeling in other disciplines. This is demonstrated at the end of the thesis where exemplarily the
seismic response of a geothermal reservoir is modeled with a hydrothermal structure varying over time. It
shows that e�ects of �uid-state variability on the seismic response are small compared to variations caused
by geological background heterogeneity, but that they can be identi�ed in terms of amplitude anomalies
when the variations due to geology can be ruled out such as in time-lapse seismic experiments.
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Zusammenfassung

Um den weltweit stetig zunehmenden Energiebedarf zu decken und gleichzeitig die Umweltbelastung zu
minimieren, bedarf es einer Steigerung der Stromerzeugung aus erneuerbaren Energieträgern. Dabei kommt
der Geothermie für die Bereitstellung von Grundlaststrom eine Schlüsselrolle zu. In den vergangenen Jahren
war die Steigerung der Stromerzeugung mit Geothermie aus konventionellen hydrothermalen und neuarti-
gen petrothermalen Ressourcen deutlich langsamer als diejenige aus anderen erneuerbaren Energiequellen.
Der langsameren Entwicklung der Geothermie liegt zu einem grossen Teil die Schwierigkeit zugrunde, das
Energiepotential von neuen Ressourcen im voraus abzuklären und sie mit minimalem Bohraufwand zu
erschliessen. Dies vor allem deshalb, weil Geothermale Energie, anders als beispielsweise Wind- oder Son-
nenenergie, im Erdinnern verborgen gespeichert ist. Aus diesem Grund können verbesserte nicht-invasive
Erkundungs- und Überwachungs-Techniken entscheidend dazu beitragen, geothermale Ressourcen besser
aus�ndig zu machen und e�zienter zu erschliessen. Ein grosses Verbesserungspotential bietet die Kom-
bination der sich schnell entwickelnden seismischen Methoden, die hochau�ösende Abbildungen aus grös-
serer Tiefe liefern können, mit hydrologischen, geochemischen und geologischen Untersuchungen. Dank
dieser Kombination kann ein möglichst umfassendes Verständnis für die hydrothermale Situation im Un-
tergrund gewonnen werden. Um dies zu ermöglichen, werden in der vorliegenden Doktorarbeit petrophy-
sikalische Methoden entwickelt, um die quantitative Interpretation seismischer Daten im Bezug auf die
hydro-mechanischen Bescha�enheit geothermaler Reservoirs zu verbessern, und um seismische Explorati-
onsmethoden mit hydrothermalen, geochemischen und geologischen Studien verknüpfen zu können. Dazu
werden experimentelle Untersuchungen im Labor und im Feld mit petrophysikalischen Modellierungen
verknüpft.

Im ersten Teil der Arbeit werden mittels hoch-frequenten seismischen Experimenten im Labor, bei va-
riierendem Umgebungsdruck und Wassergehalt, und mit tief-frequenter Refraktionsseismik im Feld die
seismischen Geschwindigkeitsverteilungen eines erodierten fossilen geothermalen Systems ermittelt. Die
Resultate zeigen, dass die seismischen Geschwindigkeiten je nach vorherrschender Lithologie um bis zu
1500 m/s variieren und dass zwischen den im Labor und im Feld gemessenen seismischen Geschwindigkei-
ten Diskrepanzen von bis zu 15% auftreten. Ersteres ist ein Indiz dafür, dass die physikalischen Eigenschaf-
ten der Gesteine, welche typischerweise in magmatischen geothermalen Systemen auftreten, über grosse
Bereiche variieren. Letzteres belegt das Vorhandensein und die Magnitude von Skalierungs-E�ekten, wel-
che davon herrühren dass sich Labor- und Feld-Messungen auf Signale mit unterschiedlichen Frequenzen
stützen und sie unterschiedlich grosse Gesteinsvolumen erproben.

Um trotz der grossen Spanne an Gesteinseigenschaften und trotz der Skalierungse�ekte eine quantitative
seismische Interpretationen zu ermöglichen, wird im zweiten Teil der Doktorarbeit ein numerisches Mo-
dellierungsverfahren eingeführt. Es besteht aus einem hydromechanischen Modell, mit welchem ausgehend
von im Labor gemessenen Gesteinseigenschaften frequenzabhängige seismische Eigenschaften von Wasser-
gesättigten zerklüfteten Gesteinen berechnetet werden können. Das Modell berücksichtigt die auf Grund der
unterschiedlichen Lithologien über weite Bereiche variierenden Gesteinseigenschaften und die Abhängigkeit
vom Gebirgs- und Porendruck. Wie zuvor empirisch festgestellt, bestätigen auch die hydromechanischen
Modellierungen, dass die Wellengeschwindigkeiten in erster Linie von der Lithologie abhängen. Sie zeigen
jedoch auch, dass die seismische Dämpfung sowie die Dispersion der Wellengeschwindigkeiten kennzeich-
nend sind für den Flüssigkeitsgehalt im Reservoir und das Vorhandensein von Gesteinsformationen mit
wasserdurchlässige Kluftsystemen. Insbesondere wird gezeigt, dass die Stärke der seismischen Dämpfung
direkt mit der Komprimierbarkeit der Poren�uide und mit Stei�gkeitskontrasten im Gestein zusammen-
hängen. Weiter stellt sich heraus, dass die Viskosität der Fluide sowie die Permeabilität von Klüften und
der Gesteinsmatrix für den genauen Frequenzbereich verantwortlich sind, in welchem die Dämpfung und
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Zusammenfassung

Dispersion verstärkt auftreten.
Im dritten Teil der Arbeit wird das hydromechanische Modell durch Einbezug von thermodynamischen

Eigenschaften der Poren�uide vervollständigt. Dies ermöglicht die frequenzabhängigen seismischen Eigen-
schaften als Funktion des Energiegehaltes der Poren�uide zu berechnen. Es zeigt sich, dass wenn Poren�uide
den Siedepunkt erreichen und zusätzlich zur Flüssigphase erste Gasphasen auftreten, durch thermodyna-
mische Wechselwirkung zwischen den einzelnen Fluidphasen ein Energieverlust auftritt. Dieser trägt in
beträchtlichem Ausmass zur seismischen Dämpfung bei.

Die Ergebnisse dieser Doktorarbeit ermöglichen es, die seismischen Eigenschaften eines geothermalen
Reservoirs als Funktion von Reservoirmerkmalen zu berechnen, wie sie für Hydrologen, Geochemiker und
Geologen von Interesse sind. Sie können als Inputmodell verwendet werden, um mit Vorwärtsmodellierun-
gen die seismische Resonanz für Reservoire mit gegebenen hydrothermalen Zuständen vorherzusagen, oder
umgekehrt mit inversen Modellierungen aus gemessenen seismischen Daten den Reservoirzustand abzulei-
ten. Des Weiteren können seismische Modellierungen mit quantitative Analysen aus anderen Disziplinen
gekoppelt werden. Dies wird anhand eines Beispiels am Schluss der Doktorarbeit demonstriert, in welchem
die seismische Resonanz eines geothermalen Reservoirs modelliert und gleichzeitig die hydrothermale Struk-
tur des Reservoirs in Abhängigkeit der Zeit variiert wird. Das Beispiel zeigt, dass räumliche Schwankungen
im Aggregatzustand der Poren�üssigkeiten viel kleinere Auswirkungen auf die berechneten Seismogramme
haben als die heterogene Geologie des Wirtsgesteins. Wird hingegen die Heterogenität im Wirtsgestein
ausgeblendet, wie es im Falle von über die Zeit wiederholten seismischen Messungen möglich ist, können
aus Anomalien in den seismischen Amplituden Rückschlüsse über die Entwicklung der hydrothermalen
Struktur im Reservoir gezogen werden.
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Chapter 1

General Introduction

In recent years, renewable energy sources have gained increasing acceptance worldwide. Important driving
forces behind this development are the targets set for the reduction of greenhouse gas emissions (World-
Bank, 2010) by the countries which signed the Kyoto Protocol in 1997 and the Paris Agreement in 2016.
Moreover, the decline in public con�dence on nuclear power following the Fukushima Daiichi nuclear
accident in 2011, led to a change in energy policy towards renewably energy sources in some countries
(e.g. Bird et al., 2014; Park and Ohm, 2014). To reduce the dependence on hydrocarbon, coal and nuclear
power, large sums of public and private money have been invested in electricity generation from renewable
sources including hydro, wind, solar, geothermal, and biomass.

Today, electric energy from geothermal resources still only provides a small contribution to the total
production from renewable resources on global average basis. Also, the growing rate is clearly below that
of other renewable resources (Rybach, 2014; Younger, 2015). Nevertheless, geothermal power already
plays an important role in some regions, e.g. by providing base-load electricity, and an increase was
observed globally in recent years and is expected to continue in the future. Over the period 2010-2015, a
growth of 1.8 GWe was achieved and 13 GWe operating capacity was reached in 2015, leading to around
74 TWh/year of electric energy produced worldwide (Bertani, 2016). For the future, an installed capacity
of about 18 GWe is expected by 2021 and around 32 GWe by the early 2030's, according to the geothermal
power development goals and targets of individual countries (Matek, 2016). Considering that the growth of
installed capacity was approximately linear in recent years, these goals are ambitious to achieve with today's
standard technologies, which is why strong research and development e�orts are required (Rybach, 2014).
Such e�orts are motivated by the large potential of geothermal resources which are of similar magnitude
(Turkenburg et al., 2012) or even above (World Energy Assessment, 2000) that of other renewable resources.
Geothermal resources capable of economically pro�table electricity generation are preferably high-enthalpy
systems, including the conventional hydrothermal resources, from which almost all of today's geothermal-
driven electricity is produced, and petrothermal systems, which are geographically more widespread but
not yet routinely exploitable with today's technology (Rybach, 2014).

1.1 Geothermal resources

Geothermal energy is heat energy, which to some extent has been stored in the Earth's interior since its
transformation from gravitational energy during formation of the planet's metallic core and to another
large extent has and is being continuously produced by radioactive decay in the mantle and crust. Today,
temperatures of more than 5000� C prevail at the Earth's center, whereas surface temperatures are around
14� C on average (Stober and Bucher, 2013). Driven by the resultant thermal gradient, heat is �owing
from inside the Earth to the surface with mean heat �ows of around 65 mW/m2 for the continental crust
and of around 100 mW/m2 for oceanic crust (e.g. Pollack et al., 1993). At the surface it can be used for
example directly for heating or for electricity production. Since the total amount of geothermal energy
stored in the Earth is far beyond the total human energy consumption, geothermal energy is regarded as
renewable energy, and an individual resource can be exploited sustainably, if heat is extracted at rates not
exceeding the heat-�ow rate through the crust.

As summarized by Ledru and Frottier (2010), heat transfer in the lower crust is dominated by conduction
and, thus, depends on the thermal properties of prevalent mineral constituents and is favored by a thin
crust. Regionally, heat transfer is strongly enhanced due to additional thermal convection driven by
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1 General Introduction

Figure 1.1: Typical high-enthalpy regions worldwide (map based on Geothermal Education O�ce,
geothermaleducation.org)

the emplacement of magmatic intrusions. Therefore, crustal temperatures are globally distributed in a
heterogeneous manner as outlined in Fig. 1.1. Regions with elevated crustal temperatures are concentrated
at tectonic plate boundaries with geothermal gradients signi�cantly higher than average values due to
recently active magmatism. This comprises plate boundaries with subduction zones, transform margins,
and island arc volcanism such as occurs along the Circum-Paci�c ring of �re, spreading ridges such as the
Atlantic mid-ocean ridge and the east African continental rift zone, but also regions with mantle plume-
related volcanism such as in Hawaii and, as a special case the combination of spreading ridge- and mantle
plume-volcanism in Iceland. In other regions, high production rates of radiogenic heat leads to high heat
�ow rates such as in the Tibet plateau and in the southern Australian craton (Ledru and Frottier, 2010;
Pasquale et al., 2014).

Within the uppermost few kilometers of the crust, heat �ow is locally enhanced by hydrothermal �uid
advection through permeable rock formations leading to anomalously high heat �ow rates (Ledru and
Frottier, 2010; Pasquale et al., 2014). For geothermal resources in such regions the termhydrothermal
resource is used (e.g. Rybach, 2014). They occur in situations where hydrothermal convection is enabled
by natural permeability, either through interlinked pores, as occurs in many sedimentary formations or
through fracture networks e.g. in the less permeable igneous rocks. Today, the vast majority of geothermal
power plants produce from hydrothermal resources in the high-enthalpy provinces (Stober and Bucher,
2013) shown in Figure 1, and there exists still a large unused potential (Bertani, 2016). Outside these areas,
where the thermal gradients are lower, temperatures high enough for electricity production occur at depths
of at least several kilometers mainly in the crystalline basement, where the permeability is substantially
reduced due to the larger lithostatic pressures and because dense igneous rocks predominate the lithology.
Such geothermal resources are de�ned aspetrothermal resources(e.g. Rybach, 2014), and extracting heat
requires establishing a �uid �ow circuit, for example by hydraulic fracturing. Since in petrothermal systems
hydraulic permeability is enhanced arti�cially, they are called enhanced or engineered systems (EGS), as
for example described by Stober and Bucher (2013).

Apart from the classi�cation into hydro- and petrothermal resources, it is important to include the
energetic potential into the classi�cation of resources, since this de�nes whether a resource can be used
for electricity production or not. For a binary power plant, an inlet temperate higher than 70 � C is
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required and conventional power plants operate at temperatures above 180� C (Fridleifsson et al., 2008).
No unique classi�cation has been established to date which is used across di�erent disciplines (Falcone
et al., 2013). In the earth sciences, the classi�cation into low-, intermediate- and high-enthalpy resources
is often used. To assign a speci�c geothermal �eld to one of the enthalpy classes, it is common to refer
to the reservoir temperature, which is easy to measure but does not uniquely de�ne enthalpy. Therefore,
the enthalpy-classi�cation is not precise and di�erent minimum temperatures have been de�ned for high-
enthalpy systems, generally being around 150� C or higher (Lee, 2001). Since the temperature generally
increases with depth, such high temperatures can be found everywhere at large enough depth. For an
economically feasible exploitation of the heat, favorable thermal conditions are needed at depths easily
accessible by drilling. Therefore, a reservoir depth limit was also used to de�ne high-enthalpy systems, e.g.
set to 1 km by Saemundsson et al. (2009).

The research presented in this dissertation was conducted in an interdisciplinary project, which had a
focus on high-enthalpy geothermal systems in volcanic areas with Iceland being the research area. However,
the rock physics concepts presented in this thesis can be largely applied to EGS systems as well. In
particular the detection and monitoring of fracture-network based �uid pathways is not only important
for characterizing hydrothermal systems but is also of primary interest when hydraulically stimulating
petrothermal resources.

1.2 Interdisciplinary research collaboration within project
COTHERM

To advance the understanding of geothermal systems in magmatic environments, an interdisciplinary
project was initiated under the name Cotherm , which is the acronym for "Combined hydrological,
geochemical and geophysical modeling of geotherm al systems". It was funded by the Swiss National
Science Foundation as a synergistic project linking researchers from four separate Institutes. Thanks to
the knowledge transfer between the di�erent earth science disciplines involved,Cotherm had the primary
aim of improving methods for localizing high-enthalpy geothermal resources, and to develop techniques for
monitoring them for sustainable exploitation.

Cotherm consists of four sub-projects and combines the e�orts of research groups in the �elds of
hydrology, geochemistry, geophysics, and geology, as outlined in Fig. 1.2. The �rst subproject (SP1)
addresses the hydrology and is conducted by Thomas Driesner and Samuel Scott from the Institute for
Geochemistry and Petrology, ETH Zürich. SP1 comprises numerical simulations to study how the �uid �ow
characteristics depend on the intrusion geometry, host rock permeability, and the temperature at which the
host rock changes from brittle to ductile behavior. The second subproject (SP2) deals with the geochemistry
and is conducted by Dmitrii Kulik, Georg Kosakowski, and Bruno Thien from the Paul Scherrer Institute.
SP2 focuses on the kinetics of dissolution of minerals existing in the host rock and precipitation of new
minerals in the pore space, which are processes in�uencing the pathways of hot water in the reservoir and
its surrounding. The research constituting this thesis is embedded in the third subproject (SP3), which
deals with the geophysical characterization of the reservoir. It is conducted by Hansruedi Maurer, Stewart
Greenhalgh and Melchior Grab from the Institute of Geophysics, ETH Zürich. The fourth subproject (SP4)
elaborates the dynamics of active systems in Iceland and is conducted by Andri Stefansson and Matylda
Hermanska from the Institute of Earth Sciences at the University of Iceland and by Knutur Arnason from
the Iceland Geosurvey ISOR. The scope of SP4 is to collect data from exemplary geothermal systems in
Iceland to compare the simulation results of the other sub-projects with actual data in order to re�ne,
validate, and integrate these di�erent approaches. The primary study areas ofCotherm are the Icelandic
geothermal �elds in Reykjanes and Kra�a (Fig. 1.2), which are located within the Icelandic neo-volcanic
zone and thus belong to the high-enthalpy systems. The fossilized geothermal system of Geitafell was added
to the study sites. It was largely exhumed by erosion a�ords access for various kinds of investigations.

Hydrological, geochemical, and geophysical methods provide tools to non-invasively explore reservoir
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Figure 1.2: Geophysical characterization (SP1) of Icelandic geothermal systems in the context of
Cotherm . For SP3, main inputs come from the hydrological and geochemical subprojects
(SP1 and SP2). Geological map of Iceland with red dots indicating high enthalpy systems
(after Franzson et al., 2011).

characteristics in terms of the hydrothermal structure, chemical �uid-rock interaction, and physical bulk
rock properties, respectively, and to monitor alterations in these characteristics in response to geothermal
production. Despite the very di�erent approaches adopted by these disciplines, they all aim at providing
information which is critical for successful reservoir exploitation, viz. information about �uid pathways and
the energetic state of the circulating �uids. Since di�erent disciplines are sensitive to di�erent aspects, a
cooperative e�ort promises to obtain the maximum information about an actual system, much beyond what
is possible by the individual disciplines in isolation. For e�ectively combining geophysical sensing techniques
with hydrological simulations and geochemical calculations, it is necessary to provide interfaces, which are
compatible with those of the other disciplines. This includes common key parameters, which enable the
interlinking of numerical modeling techniques, and a good understanding of how observed processes are
coupled, which facilitate the interpretation and reduce the ambiguity. Furthermore, a regular knowledge
transfer during project workshops helps to illuminate aspects which so far may have been outside the focus
of the research in individual disciplines.

1.3 Current challenges

Tester et al. (2006), Rybach (2014), Adams et al. (2015), and most recently Younger (2015) discussed
a number of challenges, which must be resolved in order to facilitate the exploitation of new geothermal
resources. Many of these challenges arise to similar degrees in both hydrothermal and petrothermal systems
and comprise the following:

� improvement of exploration techniques to reduce uncertainties in resource identi�cation and charac-
terization,

� reduction of �nancial risks in development and operation,

� prevention of damage on infrastructure and environment,
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� improvement of the public acceptance and adherence of local population concerns,

� improvement of drilling techniques and power plant installations, and

� improvement of monitoring techniques for better managing recourse exploitation in order to enhance
heat extraction and to produce sustainably.

Special challenges arise for realizing production from EGS systems, which is not a mature technology
yet but it is widely accepted that it is needed to obtain the targeted breakthrough in geothermal energy
utilization introduced above (e.g. Rybach, 2014; Stober and Bucher, 2013). Important challenges to solve
for realizing EGS systems are to enable

� hydraulic stimulation without signi�cant induced seismicity, and

� an e�cient monitoring of the development of the hydraulically stimulated new or enhanced fracture
network

(Tester et al., 2006; Rybach, 2014). Remote exploration (prior to drilling) and reservoir monitoring (dur-
ing production) are the core competencies of applied geophysics. Due to intensive research and development
e�orts in the 20th century geophysical exploration methods have been established as a mature technology,
especially in hydrocarbon exploration. Also for exploring geothermal resources, geophysical techniques
have been applied successfully for a long time, but have not yet satis�ed all demands in geothermal appli-
cations, which include the determination of subsurface temperatures, the state of stress, �uid saturation,
hydraulic conductivity and the identi�cation of the lithology. Since hydrological and geochemical strate-
gies are sensitive to many of these parameters as well, an improvement can be expected from a combined
hydrological, geochemical and geophysical approach. Improved exploration and monitoring techniques also
help to overcome other challenges listed above. A large portion of the total costs for realizing a geothermal
power plant arises early in the development process (Younger, 2015), which is why early (preferably be-
fore drilling) and accurate exploration of the reservoir is crucial for minimizing the economical risks. The
identi�cation of shallow aquifers is crucial for avoiding pollution of the groundwater by re-injected �uids
(Kristmannsdottir and Armannsson, 2003). Monitoring the groundwater table during production helps to
avoid ground subsidence (Kristmannsdottir and Armannsson, 2003) and exploring the extent of critical
formations such as anhydrite provides the information needed to avoid ground uplifts (Stober and Bucher,
2013). Both ground subsidence and uplift have occurred frequently in the past and led, with justi�cation,
to today's concerns of the population in the vicinity of planned geothermal power plants. Similarly, in
densely populated areas it is important to limit induced seismicity during reservoir stimulation, which re-
quires prior knowledge of the regional stress �eld and pre-existing faults (Majer et al., 2007; Adams et al.,
2015).

1.4 Recent advances and future perspectives for geophysical
prospecting of geothermal resources

Various geophysical exploration methods are employed for characterizing geothermal resources. A review
of the recent state of the art was given by Georgsson (2009), Bruhn et al. (2010), Stober and Bucher
(2013), and Kana et al. (2015). Geophysical methods can broadly be divided into potential �eld methods,
di�usive electromagnetic �eld methods, and wave propagation methods (seismic and ground-penetrating-
radar methods).

Potential �eld methods comprise measurements of anomalies in the Earth's gravity and magnetic �elds.
They are passive �eld methods, where no active (man-made) source signal is required. Gravity anomalies
are related to density variations in the subsurface. They deliver information about lithological variations
(e.g. showing fault-displacements, or contrast between porous pyroclastic and dense intrusive rocks),
molten intrusive bodies, high porosity and highly fractured regions, and the saturation state (Bruhn et
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al., 2010). Magnetic anomalies are related to variations in the magnetic susceptibility and remanence of
subsurface rocks. Magnetic remanence is a marker for the strength and direction of the Earth's magnetic
�eld that persisted at the time the rock was formed, whereas susceptibility is primarily dependent on the
amount of magnetic minerals in the rock at present time. Rocks may be demagnetized due to intrusions
which heat a rock above its speci�c Curie temperature, beyond which rocks lose their magnetic properties.
Magnetic anomaly maps enable one to distinguish regions with di�erent rock types, e.g. sedimentary
rocks with their low magnetic susceptibilities from igneous and metamorphic rocks, which typically exhibit
higher susceptibilities (e.g. indicating basement depth), to locate reductions in susceptibilities due to
hydrothermal rock alteration, occurring at elevated temperatures and in the presence of �ow pathways,
and to detect the depth at which the Curie temperature is reached (Bruhn et al., 2010). Potential �eld
methods are relatively cheap and in the case of air-borne measurements, high spatial coverage can be
obtained within a short time. Drawbacks are the low resolution and the often highly ambiguous results,
which is why they are usually used in combination with other exploration techniques.

Electric and electromagnetic techniques deliver information about the electric resistivity distribution
in the subsurface. They include direct current (DC), self-potential (SP), and induced polarization (IP)
measurements, which also belong to the potential �eld methods, controlled source electromagnetic (EM)
methods operating in either the frequency domain with an AC sinusoidal current input (FDEM) or the time
domain with a current pulse (TEM), and �nally natural �eld magnetotelluric and audiomagnetotelluric
(MT and AMT, respectively) measurements. All respond to variations in subsurface electric conductivity
distribution and enable its elucidation or imaging in 2D and 3D. Hot and saline hydrothermal �uids acting
as the electrolyte in permeable rocks, as well as partially molten rock, lead to enhanced conductivities in
geothermal systems, which is why the electric conductivity is regarded as a diagnostic measure of geothermal
activity in the subsurface (Georgsson, 2009). However, hydrothermal rock alteration also increases the
electrical conductivity, which is preserved after the reservoir is cooled down and, thus, likely overprints the
temperature signature of current-day geothermal activity. Due to their direct link to geothermal activity,
electromagnetic methods have established themselves as the standard method in geothermal exploration,
with MT and AMT being the principal tools due to their larger penetration depth in comparison with
FDEM and TEM, and due to their higher sensitivity to conductive features in comparison with DC methods
(Bruhn et al., 2010). Drawbacks are the low resolution due to the di�usive character of the electromagnetic
�elds, and the high sensitivity to noise, which is a particular problem in densely populated regions and
for monitoring while producing, since the geothermal power plant itself is a strong noise source. Future
advances in electromagnetic exploration can be expected from the development of 3D forward and inverse
modeling codes, improvements for devices and �ltering techniques for data acquisition at noisy sites, and
better constraints on the deduced non-unique resistivity models by geological a priori information (Bruhn
et al., 2010).

Seismic methods utilize stress waves generated from arti�cial sources (explosions, weight drops) or natural
sources (micro earthquakes) which are re�ected and refracted at subsurface interfaces where elasticity
(seismic velocities) and/or density vary. Anelastic (attenuation) properties which are diagnostic of the
rock condition can also be extracted. Both transmission and backscatter measurements can be carried
out at the Earth's surface as well as between boreholes and from borehole to surface. These methods are
frequently employed to explore geothermal resources. In the tectonically highly active areas, where most of
the magmatic geothermal systems are located, seismic velocity tomograms and hypocenter distributions are
obtained e�ciently from conventional passive seismic surveys. They deliver mechanical properties about
the rocks via seismic P- and S-wave velocities (VP and VS, respectively), estimates of �uid saturation via the
VP / VS-ratio, or locations of seismic hypocenters, which are indicative for the presence of active faults and
fracture systems, and sometimes even hydrothermal convection through fracture networks is responsible
for microseismic activity (Bruhn et al., 2010). Active seismic methods on the other hand are independent
of the seismicity in the region of interest. Refraction seismic experiments also yieldVP and VS-tomograms,
and re�ection seismic experiments enable the mapping and delineation of subsurface discontinuities and
geological interfaces such as changes in lithologies and fault structures. If an exploration borehole is
available, seismic receiver arrays can be employed inside the borehole in order to conduct vertical seismic
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pro�ling (VSP) surveys. This enables one to better image steep fault structures and VSP is often used to
calibrate surface seismic measurements.

Active seismic methods are not yet standard practice in geothermal exploration, mainly because they
are expensive. In volcanic areas problems are often encountered with strong scattering and poor coupling
of the seismic radiation into and out of the rock. But seismic techniques o�er large advantages over other
geophysical methods, and are, thus, promising with regard to the new challenges in developing alternative
hydrothermal and new petrothermal resources. Therefore, seismic methods may increasingly justify the
higher costs in the future. For instance, many unconventional hydrothermal resources no longer exhibit the
typical and with EM methods easily detectable features such as a shallow magmatic heat source or the clay
cap caused by hydrothermal alteration (Younger, 2014). Requirements for exploring petrothermal systems
are the delineation of the regional stress �eld (Bruhn et al., 2010), exploring mechanical rock properties
away from test boreholes (Tester et al., 2006), and mapping the fracture networks beyond event hypocenter
location patterns in order to quantify the �uid �ow ability (Tester et al., 2006). Large e�orts for re�ning
seismic data acquisition and processing techniques have been made and will continue to be made. These
developments are highly relevant for geothermal exploration, as recently summarized by Schmelzbach et
al. (2016). They include improved passive seismic approaches by ambient noise tomography, increasing
the resolution of velocity tomograms by full waveform inversion, di�raction imaging to focus on fracture
zones smaller than the resolution limit of conventional re�ection imaging, fraction-orientation and related
information about stress-�eld orientation from anisotropy and S-wave splitting analysis, and obtaining more
detailed structural and lithological information from seismic attribute analysis (Schmelzbach et al., 2016).
All these achievements enable focusing on subsurface features in greater detail than ever before, especially if
high-quality seismic data are available, obtained by multi-component and/or 3D seismic surveying (Bruhn
et al., 2010; Schmelzbach et al., 2016).

Seismic quantities, measured with both conventional and new seismic approaches summarized above,
are in one form or another related with travel times (seismic velocities) and amplitudes (attenuation),
and how they both change with varying frequency (dispersion). These quantities are related to geology
by the seismic properties of the individual lithologies, which are the frequency-dependent P- and S-wave
velocities, VP (! ) and VS(! ), and P- and S-wave attenuation factors,QP (! ), and QS(! ), respectively (Taner
et al., 1994; Brown, 1996). To make use of the recent developments of seismic techniques, one needs to
enable the transformation of these seismic properties into reservoir parameters. In the interdisciplinary
framework of Cotherm , reservoir parameters of interest comprise, apart from the elastic parameters of the
rock, the porosity, hydraulic permeability, �uid content, and information about the lithology. The tool for
establishing the link between these properties and seismic attributes are laboratory and �eld experimental
investigations, together with rock physics and thermodynamic calculations.

1.5 Towards quantitative seismic analysis with experimental
investigations and rock physics calculations

To take full advantage of cutting edge seismic technology, it is essential to link the measured seismic prop-
erties with accurate subsurface models which include reservoir parameters comprising hydro-mechanical
and chemical rock properties and thermodynamic �uid properties. This requires quantitative relationships
between these reservoir parameters and the seismic propertiesVP (! ), VS(! ), QP (! ), and QS(! ) at vary-
ing scales, frequencies, pressure- and temperature-conditions, and �uid content. This can be obtained by
various techniques as outlined in Fig. 1.3. The goal is to setup a quantitative seismic reservoir model as a
function of reservoir properties at in-situ conditions (elevated temperatures and pressures) and at spatial
scales which are typically in the range of 10's to 100's of meters. The latter is in the range of the resolu-
tion of the seismic methods, which depend on the frequencies, being below around 10 Hz for passive and
below around 100 Hz for active seismic experiments (Fig. 1.3d). These relationships will then enable the
prediction of the seismic response for given reservoir conditions by forward modeling, or to infer reservoir
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Figure 1.3: The thesis in a nutshell: Petrophysical characterization of magmatic geothermal systems by
combining numerical modeling with laboratory- and �eld-scale experiments at ambient and
in-situ temperature and pressure conditions.

conditions from measured seismic data by inverse modeling (Fig. 1.3e).
To relate reservoir properties with seismic properties, it is common practice to measure the seismic

properties of small rock specimens (on the scale of centimeters) of known structure and composition in the
laboratory. This can be done in a fast and cost-e�ective manner under ambient pressures and temperatures
(Fig. 1.3a) or under in-situ conditions, which involves more complex laboratory instrumentation (Fig. 1.3c).
In hydrothermal systems of the magmatic type and in petrothermal systems in the crystalline basement,
the matrix of reservoir rock is often highly impermeable and �uid transport predominately takes place
through fracture networks. Such fractures typically are much larger than the rock samples investigated
in the laboratory. Therefore, seismic properties obtained through laboratory experiments only provide
the properties of relatively intact rock and are furthermore measured at ultrasonic frequencies (100 kHz-
1 MHz), whereas seismic signals employed in the �eld exhibit seismic frequency ranges (1-100 Hz). This
leads to discrepancies between seismic properties measured in the laboratory and those measured in the
�eld, (e.g. Zamora, 1994; Vinciguerra et al., 2006). On the other hand, seismic properties can be measured
at �eld scales in exploration boreholes or on outcrops at the Earth's surface (Fig. 1.3b). Also such �eld-
scale experimental techniques exhibit some limitations. Boreholes are only available to a limited extent,
due to high drilling costs, and acoustic logging tools only operate at higher (sonic) frequencies (5-20 kHz)
and not at arbitrarily high temperatures. Measurements on outcrops only provide seismic properties at
ambient temperature and pressure and the results are a�ected by weathering of the near surface rocks.
Due to the inconsistency in spatial scales and frequency ranges and due to the limited usability at in-situ
conditions, experimental observations mostly enable a qualitative interpretation only of seismic exploration
data. Nevertheless, they provide essential information for determining input parameters of rock physics
models.

In order to more quantitatively link seismic quantities with in-situ reservoir properties across various
scales and at varying pressures, temperatures, and �uid content, analytical and numerical rock physics
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modeling techniques are required to complement the experimental techniques (indicated by arrows in
Fig. 1.3). Traditionally, e�ective medium theories were used to compute seismic properties of fractured rock
(e.g. those of Kuster and Toksöz (1974) and Berryman (1980)), �uid-substitution theories are employed
to account for saturation with di�erent �uids (Gassmann, 1951), and static mixing laws are standard
practice to compute the properties of multi-phase �uids (Wood, 1941). These approaches are based on
the assumption that individual pores and fractures are hydraulically isolated and that no thermodynamic
interaction takes place between di�erent �uid phases. However, frequency-dependent scaling e�ects and
seismic attenuation occur in geothermal reservoirs especially because they contain hydraulically interlinked
fracture networks and because they are saturated with highly energetic �uids consisting of more than one
�uid phase. To properly take this into account, rock physics concepts need to incorporate appropriate
hydro-mechanical and thermodynamic theories. Corresponding analytical approaches have been developed
in recent years, for instance by Gurevich et al. (2009) based on the theory of poroelasticity (e.g. Biot, 1941),
by Chapman (2003) using Eshelby's elastic �eld theory (Eshelby, 1957), and by Liu et al. (2009) based on
the poro-viscoacoustic theory (standard linear solid model). The poroelastic theory has also been used in
numerical modeling approaches (Masson and Pride, 2007; Rubino et al., 2008; Wenzlau et al., 2010; Quintal
et al., 2011), which are computationally more expensive than the analytic approaches but enable one to
address more complex structures such as occurs, for instance, in rocks containing fracture networks. In
numerical rock physics models, properties of multi-phase �uids can be implemented as patches of separate
�uid phases or as homogeneous e�ective �uid properties. In the latter case, thermodynamic relationships
can be implemented directly by assuming relaxed or unrelaxed �uid properties as for example derived by
Kie�er (1977), or as frequency-dependent �uid properties, computed using the approach recently developed
by Prosperetti (2015) and Fuster and Montel (2015).

1.6 Objectives and Outline of the Thesis

Various aspects were elaborated in detail in the sections above revealing the importance of developing inter-
disciplinary exploration and monitoring techniques for overcoming several of the most pressing challenges
and issues in the exploitation of geothermal resources. Rock physics plays a key role for gaining maximum
information about geothermal reservoirs from seismic exploration data, and to interlink seismic techniques
with hydrological and geochemical exploration techniques. To this end, the primary objective of the thesis
was to develop quantitative relationships between seismic properties, as can be measured with conven-
tional and novel seismic exploration techniques, on the one hand, and geothermal reservoir properties on
the other hand. The latter are critical for the �nal exploitation of hydrothermal and petrothermal re-
sources, and are needed to interlink seismic exploration and monitoring with other techniques in hydrology
and geochemistry.

To achieve the thesis objective, the di�erent experimental techniques outlined in Fig. 1.3a�c are combined
with rock physics modeling techniques (arrows in Fig. 1.3). Thereby, an additional focus is set on the
aspects which are relevant for the other subprojects withinCotherm , i.e. for the hydrological subproject
(SP1), geochemical subproject (SP2) and the subproject investigating the dynamics of active Icelandic
systems (SP4), as outlined by key words in Fig. 1.2. To combine the bene�ts of the di�erent petrophysical
techniques, the thesis has three subsidiary objectives, which are the foci of the following three chapters.

In Chapter 2 , the velocity structure of Icelandic geothermal systems is investigated with experimental
techniques. This is performed for the fossilized geothermal system in Geitafell, which was selected as an
outcropping analogue to today's active system. It provides access for near-surface investigations by ultra-
sonic pulse transmission experiments on rock samples in the laboratory and refraction seismic experiments
on outcrops. Until now, only a few studies have investigated scaling e�ects with direct experimental obser-
vations and to date it has not been conducted for determining the overall velocity structure of magmatic
geothermal systems with combined laboratory and �eld-scale measurements. Therefore, the aims of Chap-
ter 2 are, �rst, to determine the scaling e�ect between laboratory and �eld methods, second, to assess the
spread of seismic velocities due to lithological host rock heterogeneity, and, third, to measure the e�ects
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of con�ning pressure and �uid saturation by systematically varying the pressure conditions and saturation
state in the laboratory. The work presented in this chapter was published inGeothermics (Grab et al.,
2015).

In Chapter 3 , the numerical upscaling is performed for seismic velocities and attenuation factors from
laboratory- to the �eld scale with a hydro-mechanical approach. It involves a wide range of frequencies from
seismic to ultrasonic and covers the spatial scale ranging from small samples investigated in the laboratory
representing the rock's matrix up to large rock volumes containing water-saturated fracture networks.
Furthermore, Chapter 3 includes a detailed parameterization study to consider the dependence on the
lithological diversity and on variable e�ective stress. To date, the rock physics numerical techniques have
not been applied to the speci�c case of magmatic geothermal systems in such detail. Also new approaches
need to be developed, by combining analytical with numerical techniques, to incorporate the intrinsic
fracture sti�ness as a function of lithology, lithostatic stress, and pore pressure. The main objective of
Chapter 3 is to establish a quantitative link between seismic properties and hydro-mechanical properties of
magmatic geothermal reservoirs consisting of �uid saturated fractured formations. In particular, it is the
aim to provide rock physics relationships which consider the mechanical properties of varying lithologies
and the dependence on e�ective pressure. The work presented in Chapter 3 was published inSolid-Earth
(Grab et al., 2017).

In Chapter 4 the thermodynamic behavior of the �uid phases is investigated to complement the up-
scaling technique introduced in Chapter 3, where the focus was set on the hydro-mechanical aspects but
possible variations in �uid properties were ignored. Here, thermodynamic relationships are used to inves-
tigate the �uid properties at elevated pressures and temperatures, at which the �uid undergoes boiling
and becomes a two-phase liquid-vapor mixture. Considering thermodynamic interaction between the �uid
phases leads to frequency-dependent �uid properties involving �uid-internal attenuation. Considering that
heterogeneities in the two-phase �uid are smaller than the typical pore size, corresponding �uid properties
are implemented into the rock physics model as e�ective �uid properties, which has not been performed
previously. It is the aim of Chapter 4 to implement frequency-dependent properties of boiling water into
the upscaling modeling introduced in Chapter 3 and to investigate to what extent �uid internal attenuation
contributes to the overall seismic attenuation in �uid-saturated fractured rock.

At the end of Chapter 4, the results from all three Chapters are used for characterizing the seismic
properties of an active geothermal system. It takes into account pressure dependence of the rock frame
properties and pressure- and temperature-dependence of the �uid properties. The resulting seismic reservoir
model includes information from hydrology (�uid �ow through fracture network, heterogeneous distribution
of �uid properties due to hydrothermal convection) and from the geology of Icelandic geothermal system
(geological formations and geometry of fracture network), and to a lesser degree from geochemistry via
the lithology types. This gives the input model for forward modeling of the seismic reservoir response
as a function of reservoir properties. The results from forward modeling provide a means for gauging the
expected magnitudes of seismic anomalies due to �uid e�ects against the seismic response due to lithological
heterogeneities. The work presented in Chapter 4 is currently (February 2017) in the �nalization-process
to submit for publication.

In Chapter 5 a short synthesis of the �ndings of chapter 2-4 is presented, together with a discussion of
possible directions for further research on techniques for exploring and monitoring magmatic geothermal
systems and related applications.
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Chapter 2

Seismic velocity structure of a
fossilized Icelandic geothermal
system: a combined laboratory and
�eld study

Abstract: Magmatic geothermal systems, as they exist in Iceland, are complex geological structures.
Key features, such as hydrothermal upwelling zones and intrusive heat sources, are embedded in a highly
heterogeneous host rock. The latter comprise quasi-horizontally layered basaltic lava �ows of variable
texture and morphology, repeatedly intruded by magma chambers and numerous intersecting sub-vertical
dykes and sub-horizontal sheets. In order to estimate whether seismic techniques can detect the important
geothermal features, this study examined the seismic velocity structure of the fossil geothermal system of
Geitafell in southeast Iceland.
We combined seismic tomography �eld experiments with ultrasonic measurements in the laboratory to
obtain a comprehensive picture of the velocity systematics and to investigate the scale-dependence of
experimental velocity determination. We recorded six shallow seismic pro�les over outcrops of di�erent
parts of the exposed magmatic system and we investigated 10 specimens of basalt, dolerite, and gabbro
in the laboratory. Our results demonstrate that in the fossilized geothermal system of Geitafell, seismic
velocities can vary over a wide range of around 1500 m s� 1. Considering this large spread of wavespeeds,
velocity anomalies caused by geothermal activity are likely to be masked by the heterogeneity of the
host rock. This places stringent demands on acquiring high quality data and an optimal survey design
for successful seismic exploration. Moreover, we discovered that ultrasonic velocities measured in the
laboratory under comparable pressure (depth) conditions are up to 15 % higher than seismic velocities
inverted from the �eld data. This is of great importance and must be taken into account when interpreting
exploration-scale �eld tomograms with the help of laboratory test data.

2.1 Introduction

In Iceland, geothermal heat has traditionally served as an important energy source. To improve the
e�ciency of electric power production, there have recently been increased e�orts to exploit super-heated
�uids from greater depths, which are more energetic than the hot �uids used previously for electricity
production (Elders and Frigleifsson, 2010). Geothermal �elds suitable for this purpose include Reykjanes
and Kra�a, both of which are located within the Icelandic neo-volcanic zone comprised of postglacial lavas
(Fig. 2.1). Reykjanes is located in southwest Iceland near the coast and is characterized at the surface by
volcanic �ssure swarms believed to be fed from deep magma reservoirs at the base of the crust. Kra�a,
in contrast, lies at the north central part of Iceland and has in addition to the �ssure swarms a central

This chapter is published as: Grab, M., Zürcher, B., Maurer, H., and Greenhalgh, S.: Seismic velocity structure of a
fossilized Icelandic geothermal system: A combined laboratory and �eld study, Geothermics , 57, 84�94, 2015.
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volcano and caldera structure, due to the presence of an intra-crustal magma chamber (Thordarson and
Hoskuldsson, 2002). The �uids in the case of Reykjanes are saline whereas those at Kra�a are not.

Figure 2.1: Geological map of Iceland, modi�ed after H. Franzson (2011). The active systems Reykjanes
and Kra�a are located on the mid-Atlantic spreading ridge. Towards the west and east, older
units outcrop and eroded systems can be observed such as at Geitafell

To elucidate the structure of magmatic geothermal reservoirs and to detect hydrothermal activity at
depths up to several kilometers, active and passive seismic methods are among the most commonly used
geophysical techniques. Tomographic images of compressional (VP ) and shear (VS) wave velocities have
been used to map geological structures such as the geometry of the caldera (Tryggvason et al., 2002; Vanorio
et al., 2005; Alfaro et al., 2007) or the presence of active and distinct central volcanoes (Brandsdóttir et al.,
1997; Menke et al., 1998). Moreover, the state of the pore �uid within the geothermal reservoir can be
inferred, for instance from the VP =VS ratio (Tryggvason et al., 2002; Geo�roy and Dorbath, 2008; Adelinet
et al., 2011; Jousset et al., 2011).

Although such seismic methods have been used for many decades in geothermal exploration worldwide,
it is still very challenging to obtain explicit and de�nitive evidence for the presence of economically prof-
itable energy resources in the deep subsurface. The di�culty arises from the fact that typical features of
present day geothermal activity, such as hydrothermal upwelling zones and deep intrusive heat sources,
are embedded in a highly heterogeneous host medium, created over its eventful history. Layered lava �ows
of variable texture and structure, old intrusive bodies such as dykes and sills, and zones of rock alteration
due to former geothermal activity, tend to overprint the signatures of today's geothermal activity. Conse-
quently, geophysical exploration techniques yield information on the entire integrated e�ects and not just
the anomalous hot �uids. It is the objective of this work to characterize the seismic velocity structure of
typical Icelandic geothermal systems in order to estimate to what extent subsurface geothermal activity
can be detected and delineated by seismic imaging techniques.
In the past, several laboratory studies have been carried out to determine the ultrasonic velocities of the
Icelandic rocks. For example, Jaya et al. (2010) investigated a basalt from Kra�a and a hyaloclastite from
Hengill, Adelinet et al. (2010) made soundspeed measurements for a basalt from the Reykjanes penin-
sula, and Vinciguerra et al. (2006) examined basalts from Seljadur. But given the high diversity of rock
types and rock conditions present in a geothermal system, it is clear that laboratory experiments only
provide a limited number of point sample measurements, and do not deliver a holistic image of the highly
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heterogeneous seismic velocity structure of Icelandic systems. Furthermore, laboratory measurements are
usually performed on samples in the several centimeters size range and at ultrasonic frequencies. Such
measurements are not directly representative of seismic velocities observed in-situ at seismic frequencies
(below 100 Hz) and at the spatial scale of tens of meters to several kilometers. This scale-di�erence can
lead to discrepancies and uncertainties as highlighted by Zamora (1994), Vinciguerra et al. (2006), and
Tiwary et al. (2009). It is therefore useful to verify the up-scaling, for example by low frequency laboratory
experiments using strain gauges (e.g., Adelinet et al., 2010, 2011) and Adam and Otheim (2013)), or by
�eld seismic tomography experiments (e.g. Vinciguerra et al. (2006)).
For these reasons, our approach in the present study was to combine laboratory measurements on rock
samples with in-situ seismic surveying. As an analogue to today's active systems, we selected the Geitafell
fossilized geothermal system in southeast Iceland (Fig. 2.1), the geology of which has been extensively
studied in the past (e.g. Frigleifsson (1983), Burchardt et al. (2011)). Due to the e�ects of rifting and
subsequent erosion, the once deeply buried igneous formations are now exposed at the surface, enabling
the collection of rock samples for laboratory velocity determinations and the conduct of shallow seismic
tomography experiments. This makes it possible to compare the ultrasonic wavespeeds of the di�erent
rock types, which are from well de�ned parts of the ancient geothermal system but limited in number, with
seismic velocities from the �eld tomograms, which are limited in their ability to resolve single rock units,
but in return can cover a wide range of di�erent alteration zones within the geothermal system.
The structure of the paper is as follows. We �rst provide a brief overview of the Geitafell geothermal system
and describe the sites where the �eld tomograms were recorded and the rock samples were collected. In
addition, we brie�y cover the methods employed in the �eld- and laboratory experiments and show exam-
ples of the recorded data. Next we present the resultingVP �eld tomograms at 6 sites distributed over
the Geitafell system, and the results of laboratoryVP and VS measurements on 10 rock samples, including
basalts, dolerites, and one gabbro. We then compare the �eld velocities from the tomograms at depths
below weathering with laboratory velocities at con�ning pressures corresponding to similar depths. This
permits an evaluation of to what extent in-situ velocities can be explained and interpreted with the help
of laboratory wavespeed determinations. Finally, we seek to quantify the extent of background velocity
heterogeneity of Icelandic geothermal systems and answer the question of whether it is possible to recog-
nize the likely signature of hydrothermal upwelling zones and magmatic intrusions in the presence of such
background velocity variability.

2.2 Field experiment locations, geological setting and rock samples

2.2.1 Field sites

For the in-situ seismic experiments, two sites were selected which are shown in Fig. 2.2. One is at Geitafell
(from which the fossil geothermal system derived its name) and the other is at Ho�ell, a small settlement
located approximately 5km to the southeast of Geitafell. From outcrop observations, it was possible to
de�ne three main lithological units which dominate the fossil geothermal system: gabbro bodies, dolerite-
dominated host rock, and basalt-dominated host rock. The gabbro bodies outcrop at Geitafell, in the
northwest of the investigation area. They represent ancient magma chambers which intruded the host
rock, composed of layered basaltic lava �ows. At Geitafell, this host rock is intersected by a large number
of doleritic dykes and sills, subsequently referred to as the dolerite-dominated host rock. By contrast, the
host rock at Ho�ell, in the southeast of the investigation area, contains only a few dykes due to its greater
distance from the magma chambers. In what follows it will be referred to as the basalt-dominated host
rock. As a consequence of continuing former geothermal activity, the entire geology is overprinted by rock
alteration which has been mapped in the past by Frigleifsson (1983). In our study area he identi�ed four
alteration zones named after indicative minerals. These zones are depicted in Fig. 2.2 and are, in the order
of decreasing temperature alteration, the actinolite zone, the andradite zone, the epidote zone and the
chlorite zone.
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2 Fossilized geothermal sytem: combined laboratory and �eld study

Locations of the six seismic pro�les are shown in Fig. 2.2. Pro�les Ga, Gb, and Gc are located at Geitafell
and were recorded to image the P-wave velocity structure of the sub-cropping gabbro bodies and the
dolerite-dominated host rock. Pro�les Ha, Hb, and Hc are situated in Ho�ell and were recorded to deduce
the P-wave velocity structure of basalt-dominated host rock of three di�erent alteration zones, with pro�le
Ha being situated in the actinolite zone, Hb in the andradite zone, and Hc in the epidote zone.

Figure 2.2: Geothermal alteration zones (after Frigleifsson, 1983) and GPS locations of the seismic lines
QGIS Development Team (2014). Lines Ga - Gc are situated at the margin of the gabbro
body in Geitafell whereas lines Ha - Hc are in di�erent alteration zones of the distant host
rock, close to Ho�ell. Top right: Photo showing the geology and topography at Geitafell
with a gabbro body outcropping in the background and the dolerite-dominated host rock
in the foreground. Bottom right: Photo showing the situation at Ho�ell with outcropping
basalt-dominated host rock.

2.2.2 Rock samples

For the laboratory investigation, 10 intact rock samples were collected. These block samples of size 10's of
centimeters, had to be later cored in the form of small cylindrical samples of diameter 25 mm and length
32-35 mm, for ultrasonic examination. They are shown in Fig. 2.3. The samples come from the three
lithological units described above. From a gabbro outcrop, one sample (g1) was retrieved. Two dolerite
samples (g2, g3) are from dykes at Geitafell and another (h4) from a dyke at Ho�ell. They di�er in their
grain size. Four basalts samples from Geitafell (g5, g6, g7, g8) and two basalt samples from Ho�ell (h9,
h10) make up the rest of the specimens. The basalts have variable amounts and sizes of the vesicles, �lled
with secondary minerals. Sample g6 is a basalt which was located in the immediate vicinity of a magma
chamber and shows very �ne grain size due to partial recrystallization during the exposure to the heat
from the magmatic intrusion. It is for this reason also correctly referred to as a hornfels.
Due to their appreciable distance from the magma chamber, samples from Ho�ell are expected to have
undergone only low-temperature rock alteration, in contrast to samples from Geitafell, which were exposed
to much higher temperatures. All rock samples originate from solid fresh outcrops, except sample g5 which
was collected from an unconsolidated boulder found in Geitafell.
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Figure 2.3: Rock cores used in this study for laboratory wavespeed measurements. Samples collected
from Geitafell are prefaced by the letter `g', samples from Ho�ell by the letter `h'. All cores
have diameters of 25 mm and lengths varying between 32 and 35 mm.

Table 2.1: Recording parameters used for acquiring the seismic �eld data.

Pro�le Pro�le
length (m)

Source
spacing (m)

Receiver
spacing (m)

Number
of sources

Number
of receivers

Average
RMS
error (ms)

Ga 375 8 2 45 192 1.9
Gb 322 4 2 70 168 2.1
Gc 223 4 2 45 120 2.5
Ha 218 4 2 49 96 1.8
Hb 196 4 2 48 96 2.0
Hc 192 4 2 42 96 1.4

2.3 Experimental techniques

2.3.1 Refraction seismic tomography �eld experiments

The seismic �eld experiments were conducted in September 2013. Recording parameters of the six pro�les
are listed in Tab. 2.1. Three di�erent receiver arrays were deployed at Geitafell comprising 192, 168, and
120 geophone stations, respectively, and three geophone spreads were laid out at Ho�ell, each involving 94
stations. The geophones, of natural frequency 30 Hz, were spaced at 2 m intervals along all lines. GPS
locations of these pro�les are plotted on the map in Fig. 2.2. The seismic data were acquired with time
sampling intervals of 0.125 ms and record lengths of 1 s. No frequency �lters were applied during data
acquisition. To penetrate to depths where unweathered rocks prevail, we used a shotgun source �red in
shallow holes of approximately 20 cm depth at positions every 4 m (and 8 m for pro�le Ga) along the
seismic lines. On hard rock outcrops, a 3 kg sledgehammer impact had to be used as the energy source.

A sample shot gather of the data is given in Fig. 2.4. It is a band-pass �ltered record from pro�le Ha,
which is of length 218 m. The data is of good quality with easily identi�able �rst arrival refracted waves.
Pro�les Ga and Gb were recorded using longer geophone spreads (up to 375 m) in order to image a wide
lateral range of di�erent lithologies. However, at greater o�sets the signal-to-noise ratio was low due to
the limited source power and only a small number of large o�set traces could be utilized in the analysis.
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Therefore, the maximum penetration depth is limited to around 50 m even for the longer pro�les.
From the acquired seismograms, �rst arrival traveltimes were picked manually on band-pass �ltered data
records using a 4th order Butterworth �lter with corner frequencies of 10 and 200 Hz. Examples of
�rst arrival picks are shown in Fig. 2.4. The traveltime data, together with source-receiver coordinate
information from GPS measurements, were used in a tomographic inversion scheme (Lanz et al., 1998) to
generate 2D models of the subsurface P-wave velocity structure. As a starting model, we used a simple
linear velocity versus depth distribution, with a surface velocity of 2000 m s� 1 and a constant vertical
velocity gradient of 100 s� 1. Since the tomographic inversion problem is underdetermined, smoothing and
damping constraints must be applied to ensure model simplicity and to limit the model update variations
during each iteration. The inverted models �t the data with an average RMS error ranging from 1.4 ms
for pro�le Hc to 2.5 ms for pro�le Gc. This corresponds roughly to the estimated picking accuracy.

Figure 2.4: Example of a typical shot gather recorded for pro�le Ha, with trace-normalized amplitudes
for display purposes. The black dots are the �rst arrival picks and the gray shaded range
corresponds to an RMS error of 2.5 ms, which indicates the range within which the inverted
velocity models are able to predict the arrival times

2.3.2 Ultrasonic laboratory velocity determinations

Vinciguerra et al. (2005) measured wavespeeds on Icelandic basalts in three orthogonal directions and
observed only very minor anisotropy, below 3%. Since for our rock samples also there was no visible
evidence for anisotropy (e.g. no layering, banding, platy fabric), we considered them to be isotropic and
made measurements only in the axial direction for each cylindrical sample. The samples were �rst dried
at 80� C in a vacuum oven three times over time interval of 12 hours. After drying, the e�ective porosities
were measured with a gas pycnometer and the bulk densities were calculated from the sample dimensions
and sample weight. Additional VP measurements were carried out for samples h4, g5, g6, and g7 after
they were vacuum-saturated with water. For the shear wavespeedVS, the in�uence of water saturation is
predicted to be minimal although some authors (e.g., Adelinet et al., 2010) have observed an e�ect. Here
we only repeated theVP measurements under water-saturated conditions.
Ultrasonic P- and S-wave velocities were determined by the pulse-transmission technique (Birch, 1960) in
the Rock Deformation Lab at ETH Zürich, as described by Burlini and Kunze (2000). Experiments were
performed at ambient temperatures in an oil-medium hydrostatic pressure vessel, with con�ning pressure
�rst incrementally increased (up-going cycle) from 20 to 250 MPa and afterwards decreased (down-going
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Table 2.2: Recording parameters used for acquiring laboratory data.

Con�ning pressures 20-250 MPa
Pressure increments 10 MPa (forPconf � 80 MPa)

20 MPa (for Pconf > 80 MPa)
Pore pressure Undrained pore pressure,

not measured during experiments
Temperature Room temperature
Sample dimensions Diameter of 25 mm and length of 32-35 mm
Saturation Oven dried for all samples,

water saturated for samples h4, g5, g6, g7

cycle). Samples were isolated from the con�ning oil by a shrink tube, with an undrained pore space. A
pulse generator was used to send a sharp pulse to the source transducer (separate P and S-wave emitters
were used) on one side of the sample. The signal, after transmission through the sample, was picked up on
a receiver transducer (either P-wave or S-wave type) located at the opposite site of the rock sample, and
sent to a waveform analyzer where it was digitized at a sampling rate of 25 MHz. The resonant frequency
of the transducers is around 1 MHz. Firm coupling between the transducers and the rock core is enabled
by the con�ning pressure, while the shrink tube holds the assembly in the correct alignment. In order to
calibrate the system and to compensate for the system delay time associated with the sample holders and
end caps, the same experiments were performed with three steel samples of di�erent length over the same
range of con�ning pressures as for the actual experiments. Recording parameters used for acquiring the
data are listed in Tab. 2.2.

An example of the calibrated data for the VP and VS laboratory experiments is presented in Fig. 2.5
where the seismic traces are plotted for the di�erent con�ning pressures on the down-going pressure cycle.
Apart from median �ltering, the data is unprocessed. For both the P- and S-wave measurements, the �rst
arrivals are well recognizable. The �rst arrivals were picked manually as indicated in Fig. 2.5. One can
observe a clear decrease in travel time with increasing pressure. From the measured traveltimes and the
lengths of the samples (the latter are expected to be essentially constant with increasing con�ning pressure
due to very low porosity and high compressive strength of the crystalline material), the velocities of the
rock samples were calculated to an accuracy of 1% forVP and of 3% for VS. The gray shaded range in
Fig. 2.5 indicates traveltime uncertainty corresponding to these levels of accuracy.

2.3.3 Frequency spectra of �eld and laboratory data

The techniques for in-situ and laboratory velocity determination as outlined above di�er fundamentally in
their time and distance scales. In �eld measurements, seismic waves are generated by an explosive or impact
source and recorded over a distance range of 10�100 s of meters. By contrast, the laboratory measurements
involve a piezoelectric source and a distance range of just a few centimeters. The corresponding time (or
frequency) scales are also profoundly di�erent. This can be appreciated from the amplitude spectra plots
shown in Fig. 2.6. For the �eld data the spectrum is the average of the trace spectra from the shot gather
of Fig. 2.4 (but using the raw data and not the �ltered data). The spectrum for the laboratory data is the
average of the spectra for theVP and VS traces shown in Fig. 2.5. There is a 4 to 5 orders of magnitude
di�erence in frequency between the �eld data (30�150 Hz) and the laboratory data (0.4�1.4 MHz). This is
important to consider when making comparisons between the two sets of measurements.
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Figure 2.5: Examples of typical receiver waveforms for the P-wave (left) and S-wave (right) on sample g1
at di�erent con�ning pressures. Arrival time picks are indicated by black dots and the gray
shaded range shows the traveltime uncertainty.

Figure 2.6: Examples of average power spectra of the �eld data (for the shot gather shown in Fig. 2.4)
and of the laboratory data (VP and VS data shown in Fig. 2.5)

2.4 Results

2.4.1 Seismic �eld tomograms

The �nal VP tomograms obtained for the Geitafell pro�les Ga-Gc are presented in Fig. 2.7. Those for the
Ho�ell pro�les Ha-Hc are given in Fig. 2.8. They show the 2-D velocity structure over the depth ranges
which are well constrained by the ray coverage. In the case of Geitafell, it extends to a depth of 50 m and in
the case of Ho�ell it is somewhat shallower (30 m). All tomograms show a largely 1-D velocity distribution
involving a strong vertical velocity gradient, on which minor lateral variations are superimposed. Near-
surface velocities are around 1700 m s� 1 but increase rapidly to values of 4500 m s� 1 at a depth of about
15 m. Within this depth range unconsolidated gravel and weathered rocks are present at all sites. Below
15 m depth, the vertical velocity gradient decreases and the P- wavespeeds approach a limiting value. This
can be interpreted as the unweathered zone. The lateral variations at these depths are more distinctive
and re�ect the changing lithologies.
At Geitafell for depths > 15 m, velocities are higher in the west where gabbro bodies outcrop, and decrease
towards the east where dolerite-dominated host rock prevails. Additionally, we observe that pro�le Gc is
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bordered towards the west and east by basinal structures having velocities less than 3000 m s� 1 down to
depths of around 20 m. This can be explained by the presence of a swamp, �lling the western basin, and
gravel deposits from a river, �lling the eastern basin. Thus, these low velocity zones are caused by young
sedimentary deposits and are not providing information about the igneous rocks forming part of the fossil
geothermal system. At Ho�ell, velocities at depths > 15 m are generally lower than those at Geitafell.
For pro�les Ha and Hb, strong lateral variations exist, whereas they are absent for pro�le Hc. There is
no obvious surface explanation for this behavior. The outcrops look similar on all three pro�les, with
continuous basaltic lava �ows intersected by only a small number of dykes. The only di�erence is that the
three pro�les were recorded in di�erent alteration zones. However, since the velocity di�erences within a
single pro�le are stronger than those between pro�les, no compelling evidence is given for an in�uence of
alteration zones on the velocity structure.

For comparison with the laboratory results, we extracted velocities from the tomograms at locations
where the geology is well de�ned from observations on outcrops or from boreholes (Guðmundur Ómar
Friðleifsson, personal communication). These locations are marked by dashed boxes in Fig. 2.7 and Fig. 2.8.
Extensive gabbro outcrops were found in the west of pro�les Ga and Gc. Dolerite-dominated host rock
was con�rmed from boreholes to be present to depths of several 10's of meters at three locations, with one
in each of the pro�les Ga, Gb, and Gc. The basalt-dominated host rock outcrops over the entire extent
of pro�les Ha, Hb, and Hc. For each of these locations, the velocity versus depth distribution is plotted
in Fig. 2.9. Velocities were extracted from the various model cells, which are located within the dashed
boxes marked on the tomograms, and weighted by the number of seismic rays crossing each particular cell.
This means that only those cells are considered which are actually used to explain the recorded data. In
Fig. 2.9, the black lines are the median values of all velocities from a particular depth, and the colored
shading indicates the 25th and 75th percentiles. In common with the 2D tomograms, we observe strong
velocity gradients at shallow depths and more constant velocities below 15 m for most pro�les. Below 20
m the ray coverage is poor for some pro�les. Therefore, velocities in the depth range 15�20 m, marked by
the dashed lines in Fig. 2.9, are used for comparing with the laboratory velocity data.

2.4.2 Ultrasonic laboratory velocities

The results from the VP and VS laboratory measurements on dry samples are summarized in Figure 10
in the form of wavespeed versus con�ning pressure plots for each sample. The porosities and the bulk
densities of the samples are listed in Table 3. The velocity-pressure curves show the typical behavior: at
low con�ning pressures, velocities increase rapidly and non-linearly with increasing pressure. At pressures
greater than 120 MPa they increase slowly and in a quasi-linear fashion. This behavior can be explained by
the presence of micro-cracks, which are closed at higher con�ning pressures. Therefore, atPconf > 120 MPa,
the intrinsic rock properties are controlling the wavespeeds. The zero pressure velocity intercepts and the
�rst order pressure derivatives dV=dP for these intrinsic wavespeeds Vi have been calculated for the down-
going pressure cycle by linear regression and are listed in Table 3. Some of the micro cracks remain closed
after an entire pressure cycle, leading to hysteresis e�ects which are manifest in the lower velocities for the
up-going cycle compared with those for the down-going cycle, indicated in Figure 10 by dashed (up-going)
and solid (down-going) lines.
At low con�ning pressure, VP varies from 5250�6250 m s� 1 and VS from 2750�3600 m s� 1 for the gabbro
and dolerite samples. For the basalts,VP extends over a range of 4750�5850 m s� 1 and VS over the range
2750�3350 m s� 1. At con�ning pressures of more than 120 MPa, where micro cracks are closed, the gabbro
sample g1 shows the highest wavespeed, followed by the coarse grained porphyric dolerite g3 and then the
�ne grained aphyric dolerites g2 and h4. Basalt wavespeeds are in general lower than for the other rocks
and appear to correlate with the size of the mineral-�lled vesicles: the basalt samples h10, h9, and g8
having none or only small mineral-�lled vesicles exhibit higher velocities than samples g7 and g5 which
have large mineral-�lled vesicles of size comparable to the ultrasonic wavelength. The hornfels, which is
a partially recrystallized basalt, shows intermediate wavespeeds. Therefore, the texture of the rocks is a
factor controlling the wavespeeds. In contrast, the sample location and hence distance from the ancient

23
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Figure 2.7: VP tomograms for pro�les Ga (top), Gb (middle) and Gc (bottom) recorded in Geitafell, for
imaging the transition between the gabbro body in the west and the dolerite-dominated host
rock in the east. Dashed boxes indicate the parts of the tomogram where the lithology is well
known from observations on outcrops or borehole information.

magma chamber and extent of hydrothermal rock alteration, appears not to be important. The gabbro and
dolerites samples from Geitafell exhibit the highest velocities, whereas for the basalts, samples from Ho�ell
are faster. Therefore, no evidence is given for a correlation between velocities of speci�c rock samples and
their distance from the magma chamber and, accordingly, no correlation with their degree of alteration
(i.e., location within a speci�c alteration zone). Instead, the velocities depend primarily on the rock type,
i.e. gabbro, dolerite, and basalt, and variations within each rock type are due to changes in texture.
Since microcracks most likely also exist at shallow depths in the �eld situation, we will use the laboratory
velocities of the up-going cycle for comparison with the in-situ velocities. Thus, we can exclude the
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Figure 2.8: VP tomograms of pro�les Ha (top), Hb (middle) and Hc (bottom) recorded in Ho�ell, for
imaging the basalt-dominated host rock at di�erent alteration zones. Dashed boxes indicate
the parts of the tomogram where the lithology is well known from observations on outcrops.

e�ects of hysteresis and be sure to use velocities measured before the rock sample was exposed to con�ning
pressures which are potentially higher than the maximum lithostatic pressures the rocks had been subjected
to throughout their geological history. In Fig. 3.10, the red symbols denote the low-pressure laboratory
velocities V lp which are used later when comparing with �eld velocities. They are calculated by �tting
a polynomial to the data points (recorded at pressures between 20 and 100 MPa) and extrapolating to a
con�ning pressure of 0.5 MPa, which corresponds to the lithostatic pressure at a depth of approximately
15 m. Values ofV lp for P- and S-wavespeeds are listed in Tab. 2.3.

In Fig. 3.11, the results from the laboratory investigations on saturated specimens are presented. The
P-wave speeds for samples h4, g5, g6, and g7 measured during the up-going pressure cycle under water-
saturated conditions (�lled symbols) are compared with those of the dry samples (open symbols). Strong
di�erences for samples h4 and g5 can be observed at low pressures. However, since the same samples were
used for both dry and water-saturated conditions, this e�ect is probably due in part to the continuous
hysteresis e�ects caused by the irreversible closure of micro cracks. However, at higher con�ning pressures,
compliant cracks are closed in any case and hysteresis e�ects can be ruled out. At these pressures, samples
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Figure 2.9: VP as a function of depth below surface for gabbro bodies (diagrams a and b), dolerite-
dominated host rock (diagrams c, d, e) and basalt-dominated host rock (diagrams f, g, and
h). Velocities were extracted from the dashed boxes in Fig. 2.7 and Fig. 2.8 and are given
as the median value of all velocities at the corresponding depth, together with the 25th and
75th percentiles. The dashed lines in each plot indicate the depth range between 15 and 20
m from where the velocities where taken for comparing with the laboratory velocities

Table 2.3: Bulk rock density ( � bulk in g/cm 3 ), e�ective porosity ( � e� in %), wavespeeds from the up-
going cycle extrapolated to low con�ning pressures of 0.5 MPa (V lp

P ,V lp
S in m s� 1), and linear

regression of the intrinsic wavespeeds atPconf > 120 MPa from the down-going cycle (V i
P =

V i
P;0 + Pconf dV i

P =dPconf and similarly for V i
P , both in m s� 1 MPa� 1).

Sample � bulk � e� V lp
P V lp

S V i
P;0 V i

S;0
dV i

P
dPconf

dV i
S

dPconf

g1 2840 2.97 5941 2753 6478 4310 0.65 0.50
g2 2907 3.46 6281 3352 6366 4094 0.28 0.14
g3 2839 3.31 6148 3582 6418 4107 0.39 0.28
h4 2839 3.86 5273 3156 5891 3864 0.80 0.41
g5 2703 3.01 5199 3606 5428 3695 0.69 0.25
g6 2758 2.59 5286 3637 5474 3780 0.55 0.12
g7 2710 3.25 4715 2733 4968 2958 0.59 0.52
g8 2830 2.28 5502 3262 5741 3658 0.39 0.37
h9 2967 1.20 5334 3010 5986 3984 0.77 0.68
h10 2745 2.71 5829 3353 5989 3887 0.82 0.30
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Figure 2.10: VP (top) and VS (bottom) vs. con�ning pressure for gabbro and dolerites (left) and basalts
(right). Dashed lines indicate the up-going pressure cycle and solid lines the down-going
pressure cycle. Red symbols are the velocities obtained from polynomial extrapolation to
0.5 MPa

h4 and g5 show velocities which are elevated by around 200 m s� 1 compared to the dry conditions. This
increase in VP can be explained by the presence water, which �lls the cracks that remain open even at
higher pressures, thus sti�ening the rock even more. By contrast, samples g6 and g7 exhibit almost identical
wavespeeds under both dry and water-saturated conditions. Averaging the velocity change due to water
saturation for all four samples, we �nd the wavespeeds to be around 5% higher under liquid-saturated
conditions.

2.4.3 Comparison of in-situ and laboratory measurements and overall velocity
structure

To comprehensively characterize the velocity structure of the fossil geothermal system, the results from
the �eld and the laboratory experiments are combined. Fig. 3.12 shows the ranges of the in-situ P-wave
velocities and the laboratory P- and S-wave velocities, determined at comparable conditions as discussed in
sections 2.4.1. and 2.4.2. For the �eld measurements, the range is plotted as the 25th and 75th percentiles
of the VP distribution found in the tomograms at depth of 15�20 m, and for the laboratory measurements
the individual values of VP and VS are given from extrapolation to con�ning pressures of 0.5 MPa. We �nd
both the in-situ and laboratory P-wave velocities to vary over a wide range of around 1500 m s� 1. From
the laboratory measurements,VP of the gabbro and dolerite samples (5250�6250 m s� 1) is higher than that
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Figure 2.11: VP vs. con�ning pressure for dry and water-saturated samples, measured during the up-
going pressure cycle. Open symbols are for the dry samples and the �lled symbols for the
saturated samples. Red symbols are the velocities obtained by polynomial extrapolation to
0.5 MPa

of the basalt samples (4750�5850 m s� 1). The P-wave velocity for the gabbro is surprisingly low compared
with that of the dolerite samples. This can be explained by the strongly lowered wavespeed of this sample
at low con�ning pressure (see Fig. 3.10), probably due to a high density of compliant cracks. At increased
con�ning pressure, the wavespeed of the gabbro is clearly higher than that of the dolerites and we �nd
the systematic order VP,gabbro > VP,dolerite > VP,basalt . This is consistent with the in-situ velocities of the
three lithological units, where we observe the highest velocities for the gabbro bodies (5250�6000 m s� 1),
followed by the dolerite-dominated host rock (4850�5500 m s� 1) and then the basalt-dominated host rock
(4500�5350 m s� 1). Therefore, we can explain the velocity structure of these three lithological units by
the types of rocks which make up these formations and, importantly, by their volume fractions.
Taking the geometrical distribution of the lithological formations and rock types into consideration, we
�nd the overall VP structure of the fossil geothermal system to be characterized by maximum wavespeeds
slightly in excess of 6000 m s� 1 at the central locations where gabbro bodies prevail. In the surrounding
host rock, wavespeeds decrease as a function of dyke/sheet density down to velocities of around 4500 m s� 1

at marginal locations where the host rock is composed of basaltic lava �ows almost exclusively. Depending
on the textural diversity of the rock types involved, local velocity variations may be superimposed on this
general trend, with di�erences of more than 1000 m s� 1, as indicated by the laboratory results.
To estimate the scaling e�ect between velocities obtained in the �eld (large scale) and in the laboratory
(small scale), we compare the median values of VP measurements from each of the two data sets. This
leads to a relative deviation, dVP =

�
hV lab

P i � h V �eld
P i

�
=hV �eld

P i , of around 10%, with the laboratory value
being higher. Note that the laboratory measurements were on dry samples whereas the �eld measurements
were obtained over water-saturated ground. At Ho�ell with its �at landscape, highly saturated ground
was visible at depths of a �ew 10's of centimeters in the holes used for the seismic shotgun source. In
Geitafell, where there is more pronounced surface topography, the water-table was observed to be at a
depth of 2 m in the borehole along pro�le Ga, at 0.5 m in the borehole within pro�le Gb and at 5 m
meters in the borehole within pro�le Gc (Guðmundur Ómar Friðleifsson, personal communication). From
additional laboratory measurements carried out on saturated samples, we found wavespeeds which were on
average 5% higher than for the dry specimens. Thus, the laboratory wavespeeds are probably on average
15% higher than the in-situ wavespeeds.
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Figure 2.12: Comparison ofVP (together with VS) velocities determined in the laboratory for a con�ning
pressure of 0.5 MPa (top), with VP velocities measured in the �eld at depths of 15-20 m
(bottom). In brown are the velocities of the dry basalt samples and the basalt-dominated
host rock, in light green the velocities of the dry dolerite samples and the dolerite-dominated
host rock and in dark green the velocities of the dry gabbro sample and the gabbro body,
respectively.

2.5 Discussion

Our results have yielded pertinent information on the scale dependence of the seismic wavespeed determina-
tion. They also provide an indication of the degree of velocity heterogeneity within the ancient geothermal
system at Geitafell and the implications for establishing the seismic detectability of geothermal upwelling
zones and heat sources embedded in the Icelandic crust. Both points will now be elaborated upon in what
follows.

2.5.1 Upscaling from the laboratory to the �eld scales

The discrepancy between ultrasonic velocities observed in the laboratory (400 kHz � 1.4 MHz frequency
range) and seismic velocities observed in the �eld (10-150 Hz frequency range) was shown above to be around
15%, with wavespeed being greater at the higher frequency. In the literature, such velocity dispersion is
often attributed to the anelastic e�ects of wave-induced pore �uid �ow in water bearing rocks (Biot, 1956;
Winkler, 1986; Pride et al., 2004) and scattering at rock heterogeneities in both wet and dry rocks (Mukerji
et al., 1995). Theoretical calculation of such frequency-dependent velocity dispersion requires knowledge
of a large set of parameters including pore aspect ratios and hydraulic permeability. Adelinet et al. (2010)
directly measured elastic properties in the laboratory at low (10� 2 Hz) and high (106 Hz) frequencies for an
Icelandic basalt sample. In a follow-up publication (Adelinet et al., 2011) they used their results to invert
for crack aspect ratios and crack fraction and estimated the maximum velocity dispersion to be around 8%
for VS and almost 20% forVP . This is more than what we observed in our study. Hence, it is reasonable to
attribute a part of the 15% velocity discrepancy we observed in our data to frequency-dependent velocity
dispersion.
However, as shown in other studies (e.g., Batzle et al., 2006), velocity dispersion also depends on the
degree of �uid saturation, with strongest e�ects observed to full saturation, and only minor e�ects or
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none at all on dry specimens. Since in our study we observe ultrasonic velocities for dry samples to be
elevated relative to the �eld velocities, �uid �ow-related velocity dispersion cannot be the only mechanism
explaining the di�erence. As an additional factor we need to consider the di�erent rock volumes that are
being sampled by �eld- and laboratory measurements. Assuming a typical P-wave velocity of 5000 m s� 1,
the corresponding wavelength is 50 m at a seismic frequency of 100 Hz but only 5 mm at an ultrasonic
frequency of 1 MHz. Hence, seismic �eld experiments sample much greater rock volumes than ultrasonic
laboratory measurements carried out on rock cores, which have a bias towards intact specimens. The
latter are of very limited size and therefore they cannot include large-scale cracks, fracture networks, and
other defects which exist in �eld-scale rock volumes, especially at shallow depths. As is well known, rock
fracturing decreases the seismic wavespeed (e.g., Liu et al., 2000), and hence this leads to lower velocities
recorded in the �eld than in the laboratory.
For these reasons, a scaling down factor of -15% in going from laboratory wavespeed to in-situ wavespeed
as indicated by our results, seems to be a reasonable estimate. It includes both the di�erent frequency
ranges as well as the di�erent sampling (distance) scale of the two experimental techniques.

2.5.2 Velocity anomalies of geothermal resources versus background
heterogeneities

An important aspect of geothermal exploration is the elucidation of hydrothermal upwelling zones at those
depths where the highly energetic �uids can be pro�tably exploited. As evidenced by our results for
the fossilized system, such hydrothermal �uids are expected to be embedded in a highly heterogeneous
background medium with VP velocities varying over a wide range of 1500 m s� 1. Hence, evaluating the
detectability of geothermal resources requires comparing the expected magnitude of their velocity contrast
with those due to geological variations within the host rock.
Jaya et al. (2010) investigated a basaltic and a hyaloclastite sample from Iceland under water-saturated
conditions. They measuredVP over the temperature range 50� C to 250� C and at pore pressures of 8 MPa
for the basalt sample and at 1.9 MPa for the hyaloclastite sample. They observed a progressive decrease in
VP of 500 m s� 1 as temperature was increased over the full range. At these temperature-pressure conditions,
however, the pore �uid remains in the liquid state and any velocity variation is due to changes (weakening)
in the elastic moduli of the rock-pore �uid system, without �uid phase changes being involved. As shown
from �uid �ow modeling studies (e.g., Scott et al., 2015), boiling zones can be expected to be present in
higher temperature geothermal systems, leading to a further decrease of the seismic velocities. The e�ect
of the water-steam transition on seismic velocities was examined by Ito et al. (1979) for a water-�lled
sandstone. They varied the pore pressures at constant temperatures of 145� C and 198� C and observed
�uid phase transitions at 0.4 MPa and 1.5 MPa respectively. The maximum observedVP decrease of the
rock in going from the liquid to the vapor state is approximately 200 m s� 1. Thus, we can expect a total
VP reduction in the subsurface due to the presence of a hydrothermal upwelling zones to be as much as
700 m s� 1. This is signi�cant but still less than the background VP variability of 1500 m s� 1 observed in
our study and therefore likely to be masked in practice.
Another aspect of geothermal systems worthy of investigation in the context of resource exploration is
the nature of the heat source. Icelandic high temperature geothermal systems are heated by intra-crustal
magma chambers and dyke intrusions (Gudmundsson, 1995). For an appreciation of the seismic signature
of such magmatic intrusions, we refer to the work of Murase and McBirney (1973), who measuredVP

and VS of di�erent basalt types at temperatures varying from 600� C to 1500� C. For tholeiitic basalts and
alkali olivine basalts, which are of similar composition to the Icelandic basalts (Jakobsson et al., 2008),
they observed a decrease ofVP by around 3000 m s� 1 which is twice as large as the expected naturalVP

variability of the cooler enclosing medium.
In summary, it can be stated that Icelandic geothermal systems are embedded in a highly heterogeneous
host rock with strong velocity variations, which are signi�cantly larger than the seismic anomalies due to
hydrothermal upwelling zones but around half the velocity contrast associated with magmatic intrusions.
For an active system situated at depths of several kilometers, the host rock velocity structure can probably
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be expected to be somewhat less heterogeneous than reported above due to the higher lithostatic pressure
and, consequently, the closure of most of the rock cracks and fractures. Moreover, any inhomogeneities
present in the subsurface may get partially smoothed out by seismic imaging technique if they are smaller
than the resolution scale.

2.6 Conclusions

We have investigated the velocity structure of Icelandic geothermal systems, using the fossil system of
Geitafell as an analogue for today's active systems. Our results from �eld- and laboratory experiments
demonstrate the discrepancy between velocities measured at di�erent distance scales and frequencies and
yield important information for the upscaling from the laboratory to the �eld scale. To more compre-
hensively characterize the seismic velocity structure of the ancient geothermal system, we analyzed the
laboratory P- and S-wave velocities of variegated rock specimens and the in-situ P-wave velocities of dif-
ferent lithological units and di�erent hydrothermal rock alteration zones. The main �ndings of our study
can be summarized as follows:

� VP determined in the laboratory has been demonstrated to be 15% higher thanVP measured on out-
crops by �eld-scale experiments. This discrepancy can be partially attributed to frequency-dependent
e�ects but almost certainly it can also be ascribed to the fact that the rock cores investigated in the
laboratory tend to be biased towards intact specimens, whereas the in-situ rock volumes incorporate
any rock defects such as fracturing.

� The in-situ VP structure of the fossil geothermal system of Geitafell shows velocities as high as 6000 m
s� 1 at the central parts where gabbro bodies prevail, and decrease down to 4500 m s� 1 towards the
more distant edges where the host rock is predominantly basaltic lava �ows. Depending on the
texture of the rocks, local velocity variations of 1000 m s� 1 can be superimposed on this general
velocity structure.

� The in-situ VS structure was not determined by �eld investigations. In the laboratory, however, a
similar velocity pattern was found as for VP , with the gabbro sample exhibiting the highest velocities
followed by the dolerite samples and then the basalt samples. Therefore, a similar in-situ S-wavespeed
structure can be expected as for the P-wavespeeds.

� The observed velocity distribution indicates that Icelandic geothermal systems are embedded in a
highly heterogeneous medium. Velocity heterogeneities are signi�cantly stronger than the expected
seismic signatures of hydrothermal upwelling zones and have approximately half the magnitude of
seismic anomalies due to hot magmatic intrusions.

The fact that the velocity anomalies due to geothermal activity and the natural velocity variability
of the host rock are of similar magnitude highlights that exploring magmatic geothermal systems such
as in Iceland with seismic methods is a very challenging task. Thus, a successful seismic exploration
program requires high quality data and an optimal survey design for fully exploiting the information
content of seismic methods; it should go beyond travel-time tomography alone. Careful interpretation
of tomograms, in full recognition of the pitfalls, is key to better elucidation of the subsurface. We plan
to use our �ndings for a numerical modeling study and in conducting synthetic inversion experiments, to
obtain further insight into the seismic response of magmatic geothermal systems and for developing optimal
survey designs. In addition to the magnitudes of velocities presented in this study, we need to consider the
geometry of the subsurface anomalous zones, such as the spreading of hydrothermal upwelling zones which
may extend over large distances, or the dimensions of dyke intrusions with their relatively strong contrasts
but very limited size. Re�ection imaging and full waveform inversion, in combination with local earthquake
tomography, should yield important additional information to the surface refraction surveying as reported
here, especially if borehole-to-surface measurements can be incorporated. Due to their di�erent survey
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layouts, these other approaches illuminate the subsurface at di�erent depths and with di�erent resolution.
The time-lapse seismic monitoring technique holds promise at revealing subtle features such as dynamic
�uid e�ects in a strongly heterogeneous environment. Furthermore, other geophysical methods can be used
jointly with the seismic methods to reduce the ambiguity of the results. This includes magnetotellurics
and controlled source electromagnetic methods which are responsive to the electrical property variations
in the subsurface. Such electrical properties are highly sensitive to the presence of hot �uids in the rock
pore space as well as the temperature of the rock frame and chemical alteration of the host rock, and so
the electromagnetic methods yield complementary data to the seismic methods.
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Chapter 3

Numerical Modeling of Fluid E�ects
on Seismic Properties of Fractured
Magmatic Geothermal Reservoirs

Abstract: Seismic investigations of geothermal reservoirs over the last 20 years have sought to interpret
the resulting tomograms and re�ection images in terms of the degree of reservoir fracturing and �uid con-
tent. Since the former provides the pathways and the latter acts as the medium for transporting geothermal
energy, such information is needed to evaluate the quality of the reservoir. In conventional rock physics-
based interpretations, this hydro-mechanical information is approximated from seismic velocities computed
at the low frequency (�eld-based) and high frequency (lab-based) limits. In this paper, we demonstrate how
seismic properties of �uid-�lled, fractured reservoirs can be modeled over the full frequency spectrum using
a numerical simulation technique which has become popular in recent years. It is based on Biot's theory
of poroelasticity and enables the modeling of the seismic velocity dispersion and the frequency dependent
seismic attenuation due to wave-induced �uid �ow. These properties are sensitive to key parameters such
as the hydraulic permeability of fractures as well as the compressibility and viscosity of the pore �uids.
Applying the poroelastic modeling technique to the speci�c case of a magmatic geothermal system un-
der stress due to the weight of the overlying rocks requires careful parameterization of the model. This
includes consideration of the diversity of rock types occurring in the magmatic system and examination
of the con�ning pressure-dependency of each input parameter. After the evaluation of all input param-
eters, we use our modeling technique to determine the seismic attenuation factors and phase velocities
of a rock containing a complex interconnected fracture network, whose geometry is based on a fractured
geothermal reservoir in Iceland. Our results indicate that in a magmatic geothermal reservoir the overall
seismic velocity structure mainly re�ects the lithological heterogeneity of the system, whereas indicators
for reservoir permeability and �uid content are deducible from the magnitude of seismic attenuation and
the critical frequency at which the peak of attenuation and maximum velocity dispersion occur. The study
demonstrates how numerical modeling provides a valuable tool to overcome interpretation ambiguity and
to gain a better understanding of the hydrology of geothermal systems, which are embedded in a highly
heterogeneous host medium.

This chapter is published as: Grab, M., Quintal, B., Caspari, E., Maurer, H., and Greenhalgh, S.: Numerical modeling
of �uid e�ects on seismic properties of fractured magmatic geothermal reservoirs, Solid Earth , 8, 255-279, 2017.
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3 Seismic properties of fractured magmatic geothermal reservoirs

3.1 Introduction

Magmatic geothermal reservoirs consist of permeable extrusive and intrusive rock formations, situated
at depths where su�ciently high temperatures prevail. They are saturated with hot �uids, and usually
heated by magma intrusions beneath the system. Evaluating the quality of such a reservoir requires
an estimate of the �uid enthalpy and of the host rock permeability. Seismic methods are amongst the
most e�cient exploration techniques to image the deep subsurface. The key quantities which can be
obtained from a seismic survey are the geometry of subsurface interfaces (e.g. lithological boundaries,
faults, fracture zones), the P- and S-velocities (VP and VS) of various rock units, and the corresponding
seismic attenuation characteristics. The latter is expressed by the inverse of the P- and S-wave speci�c
quality factors QP and QS. The challenge in seismic interpretation is to link these seismic properties with
the geological/hydrological properties of interest.

To constrain the seismic interpretation, it is recommended to measure the elastic and anelastic rock
properties of small rock specimens in the laboratory under in situ pressure-, temperature-, and �uid
content-conditions. However, in magmatic geothermal systems, the host rock is often highly impermeable
and the �uid transport predominately takes place within macro-fracture networks, rather than through
the matrix. Such fractures are not present in the rock samples investigated in the laboratory, due to their
limited size. Therefore, laboratory experiments only provide the properties of relatively intact rock and
indicators for the presence or absence of �uids need to be deduced from �uid-rock interactions at larger
scales through rock physics concepts. Various such concepts of di�ering complexity have been used over
the last 20 years to interpret seismic tomograms from geothermal exploration campaigns in magmatic
environments.

Perhaps the simplest and most straightforward way to infer the presence of �uids in seismic interpretation
is to recognize that VP is more sensitive to �uid saturation e�ects than VS, as the presence of liquids tends
to increase VP but not signi�cantly change VS. Thus it is common practice to deduce �uid saturation
from seismic tomograms by interpreting the VP =VS ratio in a qualitative manner. For instance Sanders
et al. (1995) and Jousset et al. (2011) interpretedVP =VS anomalies to be indicative of the presence of
supercritical �uids in a formation of the geothermal system in the Long Valley Caldera, California and in
the Hengill volcanic complex in Iceland, respectively. Gunasekera et al. (2003), who conducted a time-lapse
local earthquake tomography study in The Geysers, California, over a time period of 7 years, interpreted
temporal variations in a VP =VS anomaly during the time of observation as an indication of water depletion
resulting from reservoir operation.

For a more quantitative seismic interpretation, à priori information of the physical properties of mineral
and �uid phases occurring at depth has to be taken into account. For instance, Julian et al. (1996)
interpreted VP =VS anomalies observed in The Geysers, California, in terms of steam pressure, based on
a mixing law of �uid and rock mineral properties. A more common way to incorporate �uid properties
is through well-known �uid substitution theories, such as those of Gassmann (1951) and Biot (1956 and
1956), together with estimates of the rock frame mechanics (e.g., Nur and Simmons, 1969; Dvorkin et al.,
1999). Husen et al. (2004) processed local earthquake tomography data from the Yellowstone volcanic �eld,
Wyoming, while Vanorio et al. (2005) carried out a comparable study of data from Campi Flegrei, Italy.
They concluded from �uid substitution calculations that VP =VS-ratio anomalies were caused by gaseous
pore �uids. De Matteis et al. (2008) acquired tomograms in the Lardarello-Travale geothermal �eld in
Italy and used the �uid substitution theory to identify steam bearing formations, condensation zones, and
over-pressured zones.

Other advanced petrophysical models consider �uid inclusions of speci�c shape, usually simpli�ed as
spheres and ellipsoids, for example those reported by Kuster and Toksöz (1974) or Kachanov et al. (1994).
Such a model was applied for seismic interpretation by Tryggvason et al. (2002), who modeled fractured
rock as �uid inclusions of ellipsoidal shape, with the �uids having properties either of supercritical water
or partial melt. Based on these calculations, they interpreted a lowVP =VS anomaly in Hengill, Southeast
Iceland, as a region containing fractures saturated with supercritical water and excluded the presence of
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partial melting in the same region. Adelinet et al. (2011) interpreted a VP and VS anomaly below the
Reykjanes Peninsula in Iceland and delineated a region with over-pressured supercritical �uids by �tting
the observed velocities to velocities obtained from an e�ective medium model. The latter was a function
of crack density, crack aspect ratio and liquid-versus-supercritical �uid content.

It is important to note, as highlighted by Mavko et al. (2009), that e�ective medium models, as tradi-
tionally used for rock physics-based seismic interpretation, represent the un-relaxed state (high-frequency
limit), in the cases where �uid properties are directly included in the e�ective medium model. At the
other extreme, where �uid saturation in originally dry rock frames is modeled by using �uid substitution
techniques, the e�ective medium describes the rock mechanics in the relaxed state (low frequency limit).
Between these high and low frequency limits, seismic velocity shows marked dispersion and in addition,
strong frequency-dependent seismic attenuation is observed in reservoir rocks, as a result of energy dissi-
pation associated with pore �uid �ow triggered by stress-induced pore pressure gradients. This e�ect is
referred to as wave-induced �uid �ow, and is caused by various mechanisms, depending on the frequency
spectrum of the seismic wave. Velocities at ultrasonic frequencies are a�ected by global (Darcy) �ow due to
macroscopic wavelength-scale pressure gradients (Biot, 1956a, 1956b). In the intermediate sonic frequency
range, velocities and attenuation are in�uenced by squirt �ow from microscopic compliant cracks into more
sti� pores (Winkler, 1985). At low seismic frequencies, seismic properties are a�ected by localized �uid
�ow between mesoscopic inhomogeneities of di�erent compressibility (Pride et al., 2004).

All these e�ects control how pore �uids, depending on their compressibility and viscosity, and the hydro-
mechanics of a fractured host rock, leave their footprint on the seismic response of the reservoir, expressed
in terms of frequency dependentVP , VS, QP , and QS. Thus, consideration of wave-induced �uid �ow has
a large potential for further improving the rock physics-based seismic interpretation. Moreover, it needs
to be recognized that seismic techniques cover a wide range of frequencies, from less than 1 Hz for local
earthquake tomography, to more than 100 Hz for active seismic investigations, to the tens of kHz-range
for sonic borehole tools, and up to 1MHz for piezo-electric pulse experiments in the laboratory. Thus, it is
important to not only model the seismic response of fractured rock at the low- and high-frequency limit,
but also at intermediate frequencies.

Di�erent analytical approaches exist to account for velocity dispersion and attenuation due to wave
induced �uid �ow. For instance Chapman (2003) describe the relaxation of �uid pressure between �uid
inclusions, where the compliance of the inclusions is obtained from Eshelby (1957)'s theory. By contrast,
Pride et al. (2004) and Gurevich et al. (2009) used Biot (1941)'s theory of poroelasticity, whereas Liu
et al. (2009) used the theory of viscoelasticity to consider �uid �ow in a double-porosity medium. Such
theoretical models are based on some simplifying assumptions such as low fracture density or small elastic
property contrasts, together with idealized geometries of heterogeneities. Motivated by this, numerical
modeling approaches, based on the theory of poroelasticity as in the case of Masson and Pride (2007),
Rubino et al. (2008), Wenzlau et al. (2010), and Quintal et al. (2011), became popular during the last
decade, to complement analytical models.

In this study, we use a numerical modeling technique, which is similar to those proposed by Rubino et
al. (2008) and Quintal et al. (2011), to compute the seismic phase velocities and the frequency dependent
wave attenuation in �uid saturated fractured reservoirs. The reservoir is embedded in a magmatic-type
environment, as it is typical for Iceland. We �rst de�ne the physical properties of intact rocks based on the
results of laboratory experiments reported in the literature. We take into account the diversity of typical
rock types, which are shown to exhibit a large variability of hydro-mechanical properties. Then, for the up-
scaling to the dimensions of macro-fractures, we study the properties of individual fractures in dependence
of the hosting intact rock using a semi-analytical e�ective medium approach, which is based on Eshelby
(1957)'s elastic �eld theory. Once the parameters, which describe the physics of fractured rock volumes,
are de�ned for ambient con�ning pressures under which the fractures are considered to be open, we study
how each of these parameters depends on lithostatic stress, under which fractures close gradually. After
this parameterization study, we �nally apply the numerical model to a fractured geothermal reservoir in
Iceland, as described in the structural geology literature. We examine how the frequency-dependent seismic
properties of a rock containing a fracture network are a�ected by its saturating �uid, and how the observed
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�uid e�ects di�er, depending on the hosting lithology and on the e�ective lithostatic stress.

3.2 Theoretical background

3.2.1 Numerical poroelastic modeling

To study the e�ects of �uids on the seismic properties of fractured rock, we use a numerical modeling
technique which is based on the work of Quintal et al. (2011). It primarily involves Biot's (e.g. 1941)
theory of poroelasticity and the principle of conservation of linear momentum;

r � � = 0 ; (3.1)

where � is the stress tensor, whose components in 2-D are related to the corresponding elements of the
strain tensor � by the constitutive law

� ij = 2Gd � ij + � (� 11 + � 22) � ij � �P pore � ij : (3.2)

Here � = 1 � K d=Ks is the Biot-Willis coe�cient, � = K d � 2=3Gd is Lamé's constant, and � ij is the
Kronecker delta. The quantity K d is the drained frame bulk modulus, Gd is the drained frame shear
modulus, and K s is the bulk modulus of the solid (grain) phase of the porous rock. The drained state is
equivalent to no �uid in the pores. The �rst two terms on the right hand side of (3.2) are consistent with
Hooke's law of linear elasticity, whereas the additional term�P pore � ij accounts for the sti�ening of the
rock in response to a pore pressurePpore . Biot (1941) completed his theory by adding the conservation
of �uid mass, under the assumption of �uid incompressibility. This requires that the �ow rate into or
out of an element of rock, described by Darcy's law for a global �ow of liquid in a porous medium, is
equal to the temporal change of �uid volume due to the deformation of the rock mass and due to the
change of pore pressure. Transforming the mathematical formulation used by Quintal et al. (2011) into
the space-frequency domain, the �uid transport equation is given by:

�
k
� f

r 2Ppore + i!� (� 11 + � 22)

+ i!
�

�
K f

+
� � �

K s

� � 1

Ppore = 0 ;
(3.3)

where the imaginary quantity i and the angular frequency ! = 2 �f represent the frequency domain-
equivalent of the time derivatives. Quantity k is the hydraulic permeability, � f is the �uid viscosity, K f is
the �uid bulk modulus, and � is the e�ective porosity.

To compute the poroelastic response of the medium, we simultaneously solve Eqs. (3.1) to (3.3) for
the stress relaxation resulting from an imposed strain, using theComsol Multiphysics R
 �nite element
solver. In its poroelastic representation on a �nite element grid, a fractured rock as observed in nature,
containing micro-fractures and macro-fractures of complex shape (Fig. 3.1a), is de�ned in a simpli�ed
manner (conceptual representation) by a composite of two poroelastic phases � the intact rock domain
and the fracture domain (Fig. 3.1b). The rock domain represents the parts of the rock which are intact,
apart from microscopic cracks which are not discretized individually, and it will be referred to hereafter
as the intact rock. The fracture domain comprises all the macroscopic fractures, which are in the model
individually represented by smooth elliptic structures. We simply refer to them asfractures in what follows.
As evident from (3.2) and (3.3), the hydro-mechanical behavior of each of these two media depends on a
set of parameters, which areK d , Gd , and K s, � , and k for the solid phase of intact rock and fractures, and
� f and K f for the saturating �uid phase. To distinguish between properties of the two media, we will mark
intact rock properties with a hat superscript (`^`) and the fracture properties with a tilde superscript (`~`)
throughout the text.
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Figure 3.1: Comparison of natural rock with its conceptual representations. a) Natural fractured rock
with microscopic and macroscopic fractures of complex shape. b) Poroelastic medium repre-
sentation, where intersecting macro-fractures and the background medium are both param-
eterized as isotropic poroelastic media on a �nite element grid. c) e�ective medium repre-
sentation, consisting of well-separated macroscopic elliptic voids embedded into an isotropic
elastic medium.

The model domain has undrained boundaries, meaning that there is no �uid �ow across them. To conduct
an oscillatory compressibility test, we simulate a vertical normal stress by a displacement disturbance� u
in x1-direction to the top boundary, when referring to the coordinate frame in Fig. 3.2a, and we suppress
any displacements inx2-direction at the left and right boundaries, and any displacement inx1-direction at
the bottom boundary, as de�ned in Eq. (3.37) in Appendix A. The stress-strain ratio resulting under these
conditions yields the complex P-wave modulus, which is for a P-wave propagating towards thex1-direction
de�ned by

M c(! ) =
h� 11 i
h� 11 i

: (3.4)

For an oscillatory shear test, we apply a displacement� u in x2-direction to the top-boundary, and
suppress any displacement inx2-direction at the bottom-boundary, while particles on the left and right
boundaries are free to move in both directionsx1 and x2, as summarized in Appendix A by Eq. (3.38).
From the stress-strain relation calculated by this shear-test, we obtain the frequency-dependent complex
shear-wave modulus for a S-wave propagating towards thex2-direction from the relation

Gc(! ) =
1
2

h� 12 i
h� 12 i

: (3.5)

The angle bracketshi in Eqs. (3.4) and (3.5) denote the average over the entire modeling domain. Knowing
the bulk density of the rock � b , seismic phase velocities can be obtained from the complex elastic moduli
by (e.g., Casula and Carcione, 1992)

VP (! ) =
�
Re

� r
� b

M c(! )

�� � 1

(3.6)

and

VS(! ) =
�
Re

� r
� b

Gc(! )

�� � 1

: (3.7)

The attenuation factors are de�ned as the inverse P- and S-wave quality factors by (e.g., Casula and
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Carcione, 1992)

Q� 1
P (! ) =

Im ( M c(! ))
Re (M c(! ))

and Q� 1
S (! ) =

Im ( Gc(! ))
Re (Gc(! ))

: (3.8)

These key seismic properties resulting from numerical poroelastic modeling have incorporated the dis-
persive nature of propagation due to the frequency-dependent interplay between the elastic deformation
of the fractured rock and the viscous �uid �ow in the pores and fractures, as described by Eq. (3.3). It
involves di�erent mechanisms such as localized �uid �ow in porous background and squirt-type �ow in
fractures.

Figure 3.2: a) 2-D numerical modeling scheme for a rock containing randomly oriented, well-separated
fractures, to which a normal or shear stress is applied at the top boundary. b) Scheme for
3-D e�ective medium modeling for a rock containing ellipsoidal fractures, randomly oriented
in the x1-x2 plane. Consistent with the numerical model, the applied normal stress� 11 and
shear stress� 12 is orthogonal to the long ellipsoid axisa3, whose orientation is held constant.

The price for getting such a detailed characterization of seismic properties is that the method requires
the determination of a large set of parameters. In this study, we will give a detailed overview of typical
values and likely ranges for each of these parameters, while accounting for the large diversity of rock types
in magmatic geothermal systems. Furthermore, we will study how these values depend on lithostatic stress.
A problematic feature with this approach is that parameterizing individual fractures by a homogeneous
poroelastic medium and not by �uid �lled cavities is a more conceptual rather than a direct physical
representation. In particular, the de�nition of the fracture sti�ness by intrinsic speci�c elastic moduli ~K d

and ~Gd neglects the fact that in reality the elasticity of an open fracture is a complex interplay between
the geometry of the void and the elasticity of the surrounding intact rock, which also involves a changing
behavior of the intact rock due to the presence of the fracture, as has been described by Eshelby (1957).

3.2.2 Semi-analytical e�ective medium modeling

To study the properties of individual fractures under dry conditions, as required to determine the dry frame
elastic moduli ~K d and ~Gd , we use the semi-analytical solution provided by the e�ective medium theory.
The e�ective elasticity of a composite material, consisting of an isotropic elastic intact rock containing
ellipsoidal inclusions (schematically shown in Fig. 3.1c) which are �lled with an isotropic elastic material
(or empty as in our case), is calculated with the Mori-Tanaka method (Mori and Tanaka, 1973). An
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expression for the e�ective elastic tensor for the case where the ellipsoids are randomly distributed in a
plane (holding one axis of the ellipsoids �xed, whereas the other two are randomly oriented as shown in
Fig. 3.2b), is given by Pan and Weng (1995) as

C � 1
E� = ( I + cfA ) C � 1

m : (3.9)

Here, Cm is the elasticity tensor (in Voigt's matrix notation) of the intact rock, cf the volumetric concen-
tration of inclusions, I the identity matrix and A is the eigenstrain concentration tensor, describing the
strain under zero stress. The latter quantity is de�ned by Pan and Weng (1995) to be

A = � Q (I + cfP) � 1 ; (3.10)

where
P =

D
(I � S) [(C f � Cm ) S + Cm ]� 1

E
(C f � Cm ) (3.11)

and
Q =

D
[(C f � Cm ) S + Cm ]� 1

E
(C f � Cm ) : (3.12)

In (3.11) and (3.12), angle bracketsh�i denote the orientational average of the corresponding tensor,
given in Appendix B. Quantity C f is the elasticity tensor of the fracture �lling-�uid phase and S is the
Eshelby (1957) tensor, whose components for ellipsoidal inclusions can be calculated (e.g., Mura, 1987)
from the aspect ratio of the ellipsoids and the elastic properties of the intact rock, i.e. fromK̂ d and Ĝd .
Due to the random orientation of the ellipsoids in the x1-x2 plane, the resulting e�ective elasticity tensor
is transversely isotropic and the velocities of P- and S-waves propagating along thex1-axis are calculated
from the corresponding components of the elasticity tensorCE� by

VP =

s
C11

� b
=

s
C22

� b
and VS =

s
C44

� b
=

s
C55

� b
: (3.13)

The e�ective medium theory is subject to several limitations in terms of the geometrical representation
of fractured rock. The underlying theory is exact only for non-interacting fractures (Kachanov, 1992),
and is consistent with the upper and lower Voigt-Reuss bounds only in the case of low volumetric fracture
density (Berryman and Berge, 1996). Furthermore, as stated by Kachanov (1992), the assumptions of
non-interacting fractures and of small fracture density are not equivalent, since for non-randomly located
fractures, the interaction might still be strong even for a dilute fracture density. For these reasons, fractures
are considered to be well separated from each other and randomly located in space.

3.2.3 Dry fracture elasticity estimation

Compared with the bene�ts and drawbacks of the numerical modeling technique, the semi-analytical e�ec-
tive medium theory has complementary cons and pros. The e�ective medium is limited to non-interactive
fractures, while the poroelastic theory implemented on a �nite element gird allows modeling the hydro-
mechanical interaction of complex fracture networks. On the other hand, the e�ective medium theory
implicitly includes the sti�ness of the fractures, depending on the intact rock elasticity and the geome-
try of the fractures, whereas the numerical technique requires parameterizing individual fractures by a
poroelastic medium, where ~K d and ~Gd are treated as fracture intrinsic material properties.

In the parameterization part of this paper, we will combine the two techniques to obtain appropriate
values for the dry frame fracture sti�ness's ~K d and ~Gd by varying ~K d and ~Gd until the sti�ness of the overall
fractured rock resulting from the poroelastic numerical modeling is consistent with that from the e�ective
medium theory. To ensure that the 2-D numerical fractured rock model satis�es the requirements of the
e�ective medium model, we generate models of randomly located, randomly oriented and well-separated
fractures of thin elliptic shape (black lines in Fig. 3.2a). The volumetric concentration of fractures is below
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1%, which is below the limit for the low-fracture density assumption of 10-20% determined by Berryman
and Berge (1996). We de�ne an ellipse-shaped fracture-free area around each fracture (dotted ellipses
in Fig. 3.2-a), and to guarantee that the fracture orientation is not biased by neighboring fractures, we
successively place fractures within a circular area (dashed circle in Fig. 3.2a), which allows rotating the
fracture by 360� independently from the orientation of neighboring fractures. As the numerical modeling is
in 2-D, we assume the fractures to extend continuously in the out of plane direction over distances that are
long compared to the in-plane fracture dimensions. Therefore, the 3-D e�ective medium model (Fig. 3.2b)
contains fractures with semi-major axis a3 being much longer than semi-minor axesa1 and a2, whereby
the solution of the e�ective medium theory with ellipsoidal inclusions converts to one from a composite
containing elliptic cylinders. The aspect ratio a1=a2, the fracture density cf , and the intact rock properties
are chosen to match those of the numerical model.

When estimating values of the sti�ness ~K d and ~Gd of dry fractures, no �uids are involved and the non-
interaction condition is satis�ed also for the numerical model in terms of �uid �ow between fractures. Once
appropriate values of ~K d and ~Gd are found, we will extend the complexity of the numerical fractured rock
model beyond the capability of the e�ective medium theory, giving an example of modeling the seismic
response of rocks containing �uid saturated interconnected fracture networks. Also for this case, the
volumetric fracture density is still below 1% and, thus, the low fracture density-condition is still ful�lled.
Here, uncertainty arises from the fact, that the surrounding material of individual fractures also includes a
small fraction of weaker material as fractures intersect. Uncertainties related to this e�ect can be reduced
by using a more comprehensive e�ective medium theory than the one presented here, such as the self-
consistent approach (Mavko et al., 2009, p. 185), which introduces a fractured background medium in an
iterative manner.

3.3 Geology

In the present study, we focus on Icelandic geothermal systems. Iceland is a large subaerial part of the
worldwide system of mid-ocean ridges. Thus, the crust is to some degree of oceanic type, but anomalously
thick with a maximum Moho depth of around 20 to 40 km (Darbyshire et al., 2000). The crustal sequence
has been compared with the classical oceanic ophiolite sequence (Foulger et al., 2003; Bjarnason and
Schmeling, 2009), but is of larger structural and chemical complexity (Gudmundsson, 1995). In a brief
summary, the stratigraphy of the upper few kilometers of the Icelandic crust can be subdivided into
four lithological units (Fig. 3.3). At the shallowest depths, extrusive rocks dominate, forming interlayered
sequences of pyroclastic deposits (hyaloclastits, tu�s, scoria, etc.) and lava�ow deposits (dense and vesicular
basalts). In lower regions, dyke and sheet intrusions (dolerite) become more and more abundant, which
reach down to depths were intra-crustal crystallized magma chambers (gabbro bodies) exist, which are
found at depths as shallow as 1-2 km (Gudmundsson, 1995), but typically they occur at greater depth.

The physical properties of these rock types depend to some degree on their chemistry, which is predom-
inantly of basaltic composition but, to a lesser extent, also magmatic rocks crystallized from intermediate
and acid magmas exist (Gudmundsson, 1995). Depending on the temperatures and the intensity of �uid
circulation through the formations, the chemistry of the rocks is modi�ed by hydrothermal alteration,
which additionally increases the variety of minerals, each with potentially di�erent physical properties.
But not only the chemistry in�uences the physical properties of the rocks, also the rock texture has a
strong in�uence. Dense gabbros are di�erent from e.g. vesicular basalts or a highly porous tu�, indepen-
dently from their chemical compositions. This also results in a large variability of the seismic properties as
has been reported, e.g. by Vanorio et al. (2002) for pyroclastic rocks and by Grab et al. (2015) for basalts,
dolerites and gabbros. Accordingly, a large variability is expected for the properties of the intact rock in
our models, and a large volume of data is required to provide well-grounded estimates. Pyroclastic deposits
are a typical feature of on-land volcanism. Lava�ow deposits, dykes and sheets, and magma chambers can
also be found at submarine mid-ocean ridges. Therefore we can include the database of the ocean drilling
programs for determining their physical properties.
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3.4 Model parameterization for ambient lithostatic stress

Figure 3.3: Typical stratigraphy of the Icelandic crust. Pyroclastic rocks, lava �ows, shallow dykes and
sills, and intracrustal magma chambers are characterized in our study as potential host rocks
for geothermal reservoirs.

3.4 Model parameterization for ambient lithostatic stress

The poroelastic model of fractured rock consists of two subdomains, intact rock and fractures. Their solid
matrix are described by the same type of parameters. For the intact rock these are the dry frame bulk
modulus K̂ d , dry frame shear modulusĜd , grain bulk modulus K̂ s, dry bulk density �̂ b , e�ective porosity
�̂ , and hydraulic permeability k̂. The analogous parameters for the fractures are~K d , ~Gd , ~K s, ~� b , ~� , and ~k.

3.4.1 Intact rock properties

We de�ned intact rock as those parts of the rock embedding the macroscopic fractures. Due to their limited
size, rock samples investigated in the laboratory typically are free of such macro fractures, that is why
we will refer to laboratory studies to determine intact rock properties. We here present a compilation of
published results, which include more than 500 rock samples in total of diverse types from on-land volcanic
systems as well as samples included in the database of the Deep Sea Drilling Program and the Ocean
Drilling Program.

Fig. 3.4 illustrates in the form of cross plots values for all solid-constituent parameters as they have been
reported in the literature. Assigning each rock sample to one of the main lithologies introduced in Section
3, we can study typical physical properties for each of these lithologies. This is depicted in Fig. 3.4a for
the drained bulk modulus, with the boxes indicating the 25th and 75th percentiles, and dots are values
outside these percentiles.

Values for the dry frame elastic moduli, K̂ d and Ĝd are obtained from velocitiesVP and VS, measured
in the laboratory at ultrasonic frequencies, from the relations

K̂ d = V 2
P �̂ �

4
3

V 2
S �̂ and Ĝd = V 2

S �̂; (3.14)
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3 Seismic properties of fractured magmatic geothermal reservoirs

Figure 3.4: Lithological classi�cation (a), physical properties (b-e) of dry rocks versus dry frame bulk
modulus, and hydraulic permeability versus bulk density (f), as reported in the literature
for low con�ning pressures. Bulk moduli distributions for the lithologies are given as boxes
indicating the 25th and 75th percentiles with outliers indicated by the dots. Red lines are best-
�t functions obtained from regression analysis, using dry samples only. Bold blue, orange,
yellow and purple dots are the values used to parameterize models for lithologies A, B, C,
and D.

provided the velocities were measured on dried rock specimens under drained conditions. In Fig. 3.4b,K̂ d

is plotted against Ĝd , as they have been determined at the lowest con�ning pressure of each dataset. As
for all other parameters, we seek to establish regression relationships using appropriate functions, to get
representative values to parameterize the fractured rock models. The regression analysis included diverse
exponential, logarithmic, and power functions, of which the one with the best �t was selected. For the dry
frame elastic moduli, the best-�t relationship was found to be:

Ĝd = p1K̂ p2
d + p3; (3.15)

with p1 = 1 :4 � 105, p2 = 0 :5117, and p3 = � 11:5 � 109 Pa.
The grain bulk moduli K̂ s were estimated using Gassmann's (1951) �uid substitution theory, which uses

K̂ s together with K̂ d to predict the bulk modulus of the saturated rock, whereasĜd is assumed to be
independent of liquid saturation conditions. There is evidence for the validity of this supposition in the
data shown in Fig. 3.5, where the bulk moduli of saturated rocks (b) tend to be higher than those of dry
rocks (a), and no signi�cant increase is observed for the shear moduli.

Applying the �uid substitution theory to all rock samples for which the seismic velocities were measured
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3.4 Model parameterization for ambient lithostatic stress

Figure 3.5: (a) Dry frame bulk moduli versus dry frame shear moduli, identical to Fig. 3.4b. (b) Saturated
bulk moduli versus shear moduli, reported in the literature (references given in the legend of
Fig. 3.4). Red lines are best-�t functions obtained from regression analysis on dry samples
(equation 3.15). The dashed line represents the result from the �uid substitution analysis

under dry and saturated conditions, we investigated what values ofK̂ s are needed to predict the velocities
of saturated rocks from those of dry rocks. Whilst velocities of dry rocks are expected to be frequency
independent, strong velocity dispersion is often observed for saturated rocks, especially at low con�ning
pressures, where compliant micro cracks are open. To minimize errors due to frequency e�ects, seismic
velocities measured at high con�ning pressures were used, resulting in values of̂K s as shown in Fig. 3.4c.
From the regression analysis, we �nd

K̂ s = p4 exp
�

p5K̂ d

�
+ p6 exp

�
p7K̂ d

�
; (3.16)

with p4 = 5 :82 � 1010 Pa, p5 = 3 :86 � 10� 12 Pa� 1, p6 = 8 :22 � 1008 Pa, and p7 = 3 :99 � 10� 11 Pa� 1.
To test the validity of these estimates, we useK̂ s together with the e�ective porosity �̂ obtained from
Eq. (3.18) introduced below, to predict the saturated bulk moduli from the dry bulk moduli by �uid
substitution. The resulting saturated bulk moduli are indicated by the dashed line in Fig. 3.5b, which
agrees well with average values of the observed saturated bulk moduli , which includes numerous samples
not being used for theK̂ s-estimation.

Most researchers who measured seismic velocities also documented the density and the porosity of the
rock samples in their publications. Densities are plotted againstK̂ d in Fig. 3.4d, and an exponential
relationship is indicated, which yields from the regression analysis the best-�t function:

�̂ b = p8 exp
�

p9K̂ d

�
+ p10 exp

�
p11K̂ d

�
; (3.17)

with p8 = 2628 kg m� 3, p9 = 1 :72� 10� 12 Pa� 1, p10 = � 2898kg m� 3, and p11 = � 1:38� 10� 10 Pa� 1.
Values for the e�ective porosities are shown in Fig. 3.4e, and the regression analysis yields the best-�t
relationship

�̂ = p12 exp
�

p13K̂ d

�
; (3.18)

with p12 = 0 :85, p13 = � 1:13� 10� 10 Pa� 1.
Since only a few authors measured the hydraulic permeabilitŷk and seismic velocities together, we refer

to di�erent publications to estimate values for k̂. They are plotted against the bulk density in Fig. 3.4f
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3 Seismic properties of fractured magmatic geothermal reservoirs

Table 3.1: Intact rock properties for the four lithologies A, B, C, and D. Elastic moduli K̂ d , Ĝd , and K̂ s

are given in [GPa], porosity �̂ in [%], permeability k̂ in [m2], and bulk density �̂ b in [kg m� 3].

A B C D

K̂ d 10 30 55 80
Ĝd 7 21 32 42
K̂ s 62 68 79 99
�̂ 27.46 2.87 0.17 0.01
k̂ 5 � 10� 14 3 � 10� 17 4 � 10� 19 4 � 10� 21

�̂ b 1945 2721 2887 3016

and the best �t was obtained with relation

log10

�
k̂
�

= p14 exp (p15 �̂ b ) + p16 exp (p17 �̂ b ) ; (3.19)

yielding the decimal logarithm of the permeability in m 2, with p14 = � 11:80, p15 = 4 :26 � 10� 05 m3

kg� 1, p16 = � 3:60� 10� 03, and p17 = 2 :51� 10� 03 m3 kg� 1.
Equations (3.15) to (3.19) fully describe the solid frame of the intact rock as a poroelastic medium. As

evident from Fig. 3.4a, it covers a wide range of di�erent lithologies. For the following modeling of the
seismic properties of fractured rock, we select parameters for 4 characteristic models, to which we will
refer to as lithology A-D. They were de�ned by their dry frame elastic moduli K̂ d , in order to cover the
wide range ofK̂ d -values. Since there is a substantial overlap for many properties of the di�erent magmatic
rock types, lithology classes A-D cannot uniquely be assigned to one of these rock types but they show
a tendency towards some of them, as shown in Fig. 3.4a in terms of̂K d . Lithology A resembles most a
typical pyroclastic rock (blue dots in Fig. 3.4), lithology B a relatively light lava �ow deposit (red dots),
lithology C a relatively dense dyke or sheet intrusive (yellow dots), and lithology D a dense gabbro body
(purple dots). Corresponding parameters for these four models are shown in Tab. 3.1. For readers who are
interested in lithology-speci�c intact rock properties, statistical values similar tho those shown in Fig. 3.4a
are listed in Tab. 4.3 for K̂ d , Ĝd , K̂ sat , �̂ , and �̂ . For intact rock permeability k̂, the data coverage is too
sparse for the igneous rocks and we refer to the rock physics literature for more detailed information.

3.4.2 Fracture properties

At ambient stress, fractures are assumed to be completely open, meaning that fracture walls are not in
contact with each other and they can be represented by open ellipses (Fig. 3.1c). They are considered
to be empty, i.e. containing no fault gauge, thus we set the fracture porosity to a high value,~� = 90%.
Furthermore, the mineral composition is assumed to be homogeneous across both the intact rock and the
fracture subdomains, with the grain bulk moduli of the two subdomains being identical, ~K s = K̂ s. This
also has the consequence that the mineral density is the same for both subdomains and the dry bulk density
of the fracture is de�ned as ~� b = (1 � ~� )� s, where the density of the mineral phase is� s = �̂ b=(1 � �̂ ).

Estimates for the dry frame elastic moduli of fractures, ~K d and ~Gd , are obtained by testing what
values of ~K d and ~Gd are needed to obtain the same overall fractured rock sti�ness'sM Num and GNum

from numerical modeling as the valuesM E� and GE� calculated using the e�ective medium theory. This
test is conducted for a fractured rock model with well-separated non-interacting fractures, which allows
comparing the results from the numerical modeling with those of the e�ective medium theory as discussed
above in Section 2.3. As an example,M Num and GNum calculated for a model with intact rock properties
corresponding to lithology B, and for fractures with an aspect ratio a1=a2 = 400, are shown in Fig. 3.6a
and b by the colored surface for varying values of~K d and ~Gd . The intersection of this surface with the
e�ective medium solution M E� and GE� is marked with the red lines. There is no solution where both
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3.4 Model parameterization for ambient lithostatic stress

Table 3.2: Intact rock properties sorted by lithology listed for the mean value (Mean), the minimum and
maximum outliers (Min, Max), and the 25th and 75th perventiles (25th p., 75th p.), respecitvley.
Elastic moduli K̂ d , K̂ sat , and Ĝd are in [GPa], bulk density �̂ b in [kg m� 3], and porosity �̂ in
[%].

Min. 25th p. Mean 75th p. Max.

K̂ d (Pyroclastic) 3.9 5.1 6.5 15.1 40.9
K̂ d (Basalts) 0.8 29.2 36.1 46.7 60.0
K̂ d (Dolerites) 23.7 41.3 44.8 57.1 76.0
K̂ d (Gabbro) 16.3 59.4 71.2 78.0 84.5

Ĝd (Pyroclastic) 1.1 1.9 2.4 6.8 14.5
Ĝd (Basalts) 12.8 20.1 23.7 28.7 35.9
Ĝd (Dolerites) 21.5 30.8 32.0 35.5 59.0
Ĝd (Gabbro) 20.2 36.0 40.3 41.7 46.0

K̂ sat (Pyroclastic) - - - - -
K̂ sat (Basalts) 10.8 54.2 62.2 69.3 78.5
K̂ sat (Dolerites) 20.1 52.9 67.7 72.2 79.9
K̂ sat (Gabbro) 33.6 63.8 75.5 81.6 93.7

�̂ (Pyroclastic) 1200 1250 1300 1842 2500
�̂ (Basalts) 2380 2690 2836 2877 2975
�̂ (Dolerites) 2820 2855 2906 2917 2980
�̂ (Gabbro) 2818 2900 2930 2996 3288

�̂ (Pyroclastic) 3.82 33.21 43.08 45.25 49.72
�̂ (Basalts) 0.10 1.15 2.10 3.03 17.90
�̂ (Dolerites) 0.10 0.59 1.14 2.04 13.65
�̂ (Gabbro) 0.33 0.63 0.99 1.35 2.97

P-wave- and S-wave moduli from the numerical modeling and e�ective medium theory coincide exactly.
Thus, preferential values of ~K d and ~Gd are determined by seeking the minimum in the root mean square
deviation, de�ned by

RMS =

vu
u
u
t

� �
M Num � M E�

M̂ d

� 2
+

�
GNum � GE�

Ĝd

� 2
�

2
: (3.20)

From theory, it is expected that the bulk and shear moduli of dry fractures are of similar magnitude
(e.g. Lubbe et al., 2008), assuming~K d= ~Gd ! 1. Experimental results, however, indicate a ratio for dry
fractures which is in fact small but larger than 1. Pyrak-Nolte et al. (1990) observed a ratio in the range
1:3 � ~K d= ~Gd � 5, Lubbe et al. (2008) reported1:7 � ~K d= ~Gd � 5, and Nakagawa (2013) found the ratio to
lie in the range 1:7 � ~K d= ~Gd � 1:9. Therefore, we use here a ratio of~K d= ~Gd � 1:5, which is at the lowest
end of the experimentally observed values and, thus, closest to the theoretical prediction stated by Lubbe
et al. (2008). Under this constraint we �nd a pair of ~K d and ~Gd values which results in a good agreement
(low RMS value) between the numerical modeling and e�ective medium result, shown by the red dot in
Fig. 3.6a, b and c. This procedure is repeated for all lithologies A-D and for aspect ratios varying between
100 and 600, resulting in ~K d and ~Gd values shown in Fig. 3.6d and e and listed in Tab. 4.4.

The hydraulic permeability of open fractures is de�ned from well-established empirical relations reported
in the hydro-mechanical literature. Based on calculations of laminar �ow between two parallel walls, the
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3 Seismic properties of fractured magmatic geothermal reservoirs

Figure 3.6: Comparison of the fractured rock P-wave modulus (a) and shear wave modulus (b) resulting
from numerical modeling for varying fracture elastic moduli (colored surface) with the solution
resulting form the e�ective medium theory (red lines) shown by way of example for lithology B
with fracture aspect ratios a1=a2 = 400. (c) Resulting RMS deviations between the numerical
modeling results and the e�ective medium solution with the minimum (under the assumption
of ~K d= ~Gd � 1:5) indicated by the red dot. (d) and (e): ~K d and ~Gd for all lithologies A, B,
C, and D and for the dry frame bulk- and shear moduli, respectively.

volumetric �ux through a fracture was described by the cubic law to scale with the cube of the aperture
(Witherspoon et al., 1980; Zimmerman and Bodvarsson, 1996), leading to hydraulic permeability of the
fracture de�ned as (Mavko et al., 2009)

~k =
e2

h

12
: (3.21)

where the fracture aperture (width) is given by the hydraulic aperture eh . This was de�ned to be the
aperture needed to explain the actually observed �ow rate through a fracture with rough fracture walls
in a parallel plate model. Thus, eh can be regarded as a parallel-wall equivalent aperture. Based on
experimental observations, a formula for calculatingeh was suggested by Barton et al. (1985) to be:

48



3.5 Model parameterization as a function of lithostatic stress

Table 3.3: Intrinsic bulk and shear moduli for the fractures for lithologies A-D and for variable aspect
ratios, given with units [GPa].

A B C D

~K d (a1=a2 = 600) 0.0028 0.0093 0.0128 0.0178
~Gd (a1=a2 = 600) 0.0017 0.0059 0.0080 0.0110
~K d (a1=a2 = 400) 0.0036 0.0109 0.0162 0.0220
~Gd (a1=a2 = 400) 0.0022 0.0069 0.0102 0.0135
~K d (a1=a2 = 200) 0.0058 0.0162 0.0267 0.0346
~Gd (a1=a2 = 200) 0.0037 0.0101 0.0168 0.0212
~K d (a1=a2 = 100) 0.0096 0.0290 0.0483 0.0606
~Gd (a1=a2 = 100) 0.0061 0.0183 0.0304 0.0374

eh =
JRC 2:5

�
h
eh

� 2 [� m]; (3.22)

where h is the average mechanical aperture of the fracture.JRC is the joint roughness coe�cient with
JRC = 2 :5 indicating a very smooth fracture whereas a fracture withJRC = 20 is extremely rough (Barton
and De Quadros, 1997). In our models, we useJRC = 15, assuming relatively rough fractures.

3.5 Model parameterization as a function of lithostatic stress

To study how the solid frame of the intact rock behaves with depth, we analyze their dependence on the
e�ective con�ning pressure P0, which is de�ned as the di�erence between the actual con�ning pressure
(or lithostatic stress) and pore pressureP0 = Pconf � Ppore . For the individual fractures we consider the
simplest case of an e�ective stress applied normal to the long fracture axis, given as the normal e�ective
stress� 0

n .

3.5.1 Intact rock properties as a function of con�ning pressure

In the laboratory, VP and VS are usually measured at various con�ning pressures, to simulate the lithostatic
stress conditions as a function of depth. Such datasets allow one to study the change of the bulk modulus
and the shear modulus as a function of con�ning pressure. As most drained bulk and shear moduli follow
a parabolic relationship with increasing pressure, �rst and second order derivatives were obtained from
the observed curvatures within the pressure-ranges of high data-coverage. The drained elastic moduli at a
given e�ective pressure are then given by the polynomials,

K̂ d (P0) = K̂ d,0 +
@̂K d

@P0
P0+

@2K̂ d

@P02
P02 (3.23)

and

Ĝd (P0) = Ĝd,0 +
@̂Gd

@P0
P0+

@2Ĝd

@P02
P02; (3.24)

where K̂ d,0 and Ĝd,0 are the respective elastic moduli at zero con�ning pressures. To estimate values
of the �rst and second order derivatives with respect to the e�ective con�ning pressure, we use all entries
of the literature database, for which both VP and VS were measured at varying con�ning pressures, and
where the pore pressure is known in order to calculate the e�ective con�ning pressure. These data have
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3 Seismic properties of fractured magmatic geothermal reservoirs

been divided into subsets, with rock samples which showK̂ d,0 < 20 GPa (representing lithology A),
15 GPa < K̂ d,0 < 45 GPa (lithology B), 40 GPa < K̂ d,0 < 70 GPa (lithology C) and 65 GPa > K̂ d,0

(lithology D), and average values for the derivatives with respect to P0 have been calculated for each
subset. They are valid within the range of e�ective pressure for which enough data-coverage is provided,
which is up to 70 MPa for subset A, up to 120 MPa for subset B, and up to 200 MPa for subsets C and
D. The resulting bulk and shear moduli as a function of P0 for the four lithologies A-D, approximated
by substituting the resulting derivatives into Eqs. (3.23) and (3.24), are shown in di�erent colors in Fig.
3.7a-d for the bulk moduli and in Fig. 3.7e-h for the shear moduli, together with laboratory data indicated
in gray and the individual polynomial �ts in green. Values for the derivatives are given in Tab. 3.4.
The goodness of �ts was determined in terms ofR2-values and average values above 0.93 were observed
for the bulk moduli, and above 0.97 for the shear moduli. Also higher order polynomials were tested,
which didn't improve much the data �t, why the second order polynomial was chosen as the lowest order
polynomial consistent with the data trend. The reason for the better �t of Ĝd is that shear moduli can
be obtained from singleVS experiments leading to higher quality data, whereas forK̂ d , combined P- and
S-wave experiments are required, which leads to larger errors, especially ifVP and VS were not measured
during the same con�ning-pressure cycle.

Figure 3.7: Drained elastic bulk modulus (a-d) and shear modulus (e-h) versus e�ective con�ning pres-
sure. Gray and black curves are experimental data reported in the literature (see references in
Fig. 3.4), green curves show �tted functions (according to equations 3.23 and 3.24, with aver-
age goodness of �t as indivated by theR2-values) and the thick color-coded graphs represent
average trends taken for lithologies A-D.

Referring to experimental studies, hydraulic permeability of intact rock as a function of con�ning pressure
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3.5 Model parameterization as a function of lithostatic stress

Table 3.4: Derivatives for the dry frame elastic moduli with respect to e�ective con�ning pressure (calcu-
lated for elastic moduli in GPa and e�ective pressure in MPa), and b-values representing the
slope of the log-log permeability-pressure relationship.

A B C D

@K̂ d
@P0 0.107 0.116 0.059 0.044
@2 K̂ d
@P02 -0.00056 -0.00026 -0.00014 -0.00010
@Ĝd
@P0 0.063 0.057 0.036 0.047
@2 Ĝd
@P02 -0.00021 -0.00020 -0.00011 -0.00009
b 1.5 0.5 0.25 2.0

has been described by a log-log relationship, e.g. by Lee and Farmer (1993),

log
�

k̂ (P0)
�

= log
�

k̂0

�
� blog (P0) ; (3.25)

with ambient pressure permeability k̂0 and the coe�cient b indicating the curvature of the function or the
slope when plotting log(k̂) versuslog(P0).

To determine values ofb for the four cases of lithologies A-D, we analyze the datasets which comprise
permeability measurements for intact rock cores at varying con�ning pressures. They are shown in gray
in Fig. 3.8a. For each dataset, a best-�t curve according to Eq. (3.25) was obtained. Resultant values
for coe�cient b are plotted against resulting ambient-pressure permeability k̂0 in Fig. 3.8b. Since b
represents the curvature of thelog(k̂) versusP0-relationship, its magnitude indicates the sensitivity of the
permeability to changes in con�ning pressure. It is interesting to observe that rocks with intermediate
permeability are only slightly sensitive to pressure, whereas both low and high permeability rocks show a
stronger sensitivity. Values of b chosen to represent lithologies A-D are shown in di�erent colors in Fig.
3.8b and listed in Tab. 3.4. Resulting graphs fork̂(P0) are shown color-coded in Fig. 3.8a.

Figure 3.8: (a) Hydraulic permeability versus e�ective con�ning pressure and (b) values for the coe�cient
b versus the ambient con�ning pressure-permeability. Gray graphs are the permeability data
reported in the literature and colored curves and dots indicate values used to parameterize
lithology A-D.

51



3 Seismic properties of fractured magmatic geothermal reservoirs

The change in intact rock porosity resulting from a change of applied e�ective pressure was described by
Jaeger et al. (2007). They presented an expression for the change of porosity at a speci�c e�ective pressure
P0

n due to an increment of e�ective pressuredP0, which can be written as a function of the dry frame bulk
modulus and the grain bulk modulus:

d�̂ (P0
n ) = �

"
�

1 � �̂
�
P0

n � 1

� � 1

K̂ d
�
P0

n � 1

� �
1

K̂ s

#

dP0; (3.26)

where the initial porosity and the dry frame bulk modulus are also functions of the e�ective con�ning
pressure, given at the initial pressureP0

n � 1 = P0
n � dP0. Thus, the porosity at a given e�ective pressureP0

can be calculated stepwise using small pressure incrementsdP0 and updating �̂ (P0
n � 1) and K̂ d (P0

n � 1) at
each step.

The grain bulk modulus K̂ s is assumed to be approximately constant at varying con�ning pressures. The
dry bulk density of the intact rock varies according to the porosity variation, �̂ b = (1 � �̂ (P0)) � s, assuming
the density of the mineral phase� s is constant.

3.5.2 Fracture properties as a function of normal stress

The closure of natural un�lled fractures under normal stress was described by Bandis et al. (1983) as a
function of speci�c normal and tangential fracture compliance. These quantities are related to the dry
frame bulk and shear moduli by (Mavko et al., 2009),

1
~Bn

=
~M d

h
=

~K d + 4
3

~Gd

h
and

1
~B t

=
2 ~Gd

h
; (3.27)

in the cases where~Bn and ~B t are the compliances of dry fractures.
Referring to experimental observations, Bandis et al. (1983) described the fracture closure under normal

stress being of hyperbolic form, becoming asymptotic to a small non-zero residual aperture. Based on their
expressions, we calculate the fracture aperture as a function of normal stress by

h(� 0
n ) = h0 � dh(� 0

n ) = h0 �
� 0

n

� 0
n + a ~M d,0

ah0; (3.28)

where ~M d,0 is the dry frame P-wave modulus of the fracture andh0 is the mechanical aperture, both at
ambient normal stress as indicated with the zero subscript. The coe�cient a is de�ned as the maximum
fracture closure coe�cient, being the factor relating zero stress aperture to the maximum aperture closure at
very high stress,dhmax = ah0, which we introduced to eliminate the speci�c compliance in the expressions
of Bandis et al. (1983). Stress-dependent apertures resulting from (3.23) are given in Fig. 3.9c for lithologies
A-D, with the maximum and minimum values in each case which results from the aspect ratio-dependency
of ~M d,0 (Tab. 4.4).

An expression for the dry frame elastic moduli of the fractures can also be derived from the work of
Bandis et al. (1983), leading to:

~M d (� 0
n ) =

~M d,0

�
1 � a � 0

n

� 0
n + a ~M d,0

�

�
1 � � 0

n

� 0
n + a ~M d,0

� 2 : (3.29)

This equation gives the P-wave modulus as a function of normal stress, ambient-pressure elasticity, and
fracture closure coe�cient a. Thus, ~M d,0 is an intrinsic material property, which we can de�ne without
requiring any information about the absolute aperture such ash0 or h(� 0

n ).
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3.5 Model parameterization as a function of lithostatic stress

Figure 3.9: Normalized normal (a) and tangential (b) compliances, fracture aperture (c) and hydraulic
permeability (d) versus e�ective normal stress. Gray graphs in (a) and (b) are the experi-
mental observations reported in the literature. Colored graphs are the analytical calculations
for lithologies A-D, where for each lithology the maximum and minimum values are given,
since all properties vary depending on the fracture aspect ratio or fracture aperture.

From Eq. (3.29), the e�ective bulk and shear moduli of the fracture can be calculated according to the
relations:

~K (� 0
n ) = ~M (� 0

n )
(1 + � )
3(1 � � )

(3.30)

~G(� 0
n ) = ~M (� 0

n )
(1 � 2� )
2(1 � � )

; (3.31)

where � is the Poisson's ratio, describing the ratio between bulk and shear modulus,� = (3 ~K d= ~Gd �
2)=(6 ~K d= ~Gd + 2) . We can either assume a constant Poisson's ratio� = � 0, as observed at low normal
stress, or use a stress dependent Poisson's ratio� = � (� 0

n ), in order to take stress-dependent e�ects into
account, such as the higher resistance against shear, when rough fracture walls become interlocked during
the closure at increased normal stress.

In the literature, the fracture compliance at varying normal stress has been experimentally investigated
in terms of speci�c compliances ~Bn and ~B t and we cannot directly compare it with the outcome of Eq.
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3 Seismic properties of fractured magmatic geothermal reservoirs

(3.29), because of the scaling by the absolute fracture aperture (Eq. 3.27). Instead, we can compare the
stress-dependent fracture compliance normalized by the initial zero stress compliance, where the absolute
fracture aperture cancels out:

~Bn (� 0
n )

~Bn,0
=

~M d (� 0
n )=h(� 0

d )
~M d,0 =h0

=

 

1 �
� 0

n

� 0
n + a ~M d,0

! 2

: (3.32)

This is shown in Fig. 3.9a, where the ~Bn= ~Bn,0 ratios reported in the literature are displayed in gray.
The normalized P-wave compliances for lithologies A-D, calculated according to the right-hand side of
Eq. (3.32) and using a = 0 :75, are shown in color, where for each lithology two graphs are shown for
the maximum and minimum values, depending on the aspect ratio. Using a constant Poisson's ratio,
normalized S-wave compliances are identical to the normalized P-wave compliances. They are given in Fig.
3.9b for Model A-D again color-coded and compared with the literature ~Bn= ~Bn,0 ratios in gray. Using a
fracture closure coe�cient a = 0 :75, we observe a similar behavior of the fracture compliance as reported
in the literature, such as those of Nakagawa (2013) with its strong decrease in fracture compliance already
at moderate values of� 0

n or those of Lubbe et al. (2008) which only decrease relatively slowly as� 0
n is

elevated to 60 MPa (Fig. 3.9a and b).
At zero � 0

n , we considered the fractures being open and we used the cubic law (Eq. (3.21) for calculating
the hydraulic permeability of fractures. At increased � 0

n , the fractures start to close and the two fracture
walls come locally into contact with each other. Due to these contacts, as stated by Cook (1992), the
reduction of permeability with increasing � 0

n is more rapid than the cube of the joint closure and the cubic
law is not valid anymore. For this reason, Cook (1992) extended the cubic law, yielding

~k(� 0
n ) =

eh (� 0
n )2

12
�

(1 + ln ( eh (� 0
n )=eh; 0))3 (eh (� 0

n )=eh; 0)3

2 � (eh (� 0
n )=eh; 0)

+ ~kres:
(3.33)

In Eq. (3.33), the �rst additional term leads to permeability reducing faster with increasing � 0
n than

the cube of the fracture closure. The last term is the residual permeability~kres, which incorporates the
approximately constant permeability at very high � 0

n , where all compliant parts of the fractures are closed
and �uid �ow takes place through the sti�est pores which remain open. The hydraulic permeability
resulting from (3.33) is shown in Fig. 3.9d for the maximum and minimum cases of the four lithologies
A-D and for � 0

n = 10 � 14 m2.
Assuming that the closure of the fracture is entirely compensated by a decrease of fracture void, whereas

the area which is occupied by the material comprising the microscopic roughness remains constant, leads
to a fracture porosity as a function of � 0

n , given by:

~� (� 0
n ) =

h(� 0
n ) � (1 � ~� 0)h0

h(� 0
n )

: (3.34)

The grain bulk modulus ~K s is assumed to be approximately constant at varying con�ning pressures,
as for the intact rock. The dry bulk density of the fractures varies according to the porosity variation,
~� b = (1 � ~� (� 0

n )) � s, assuming that the density of the mineral phase� s is constant.

3.6 Example - Fractured rock of variable depth and lithology

3.6.1 Model setup

After determining the hydro-mechanical properties of the intact rock and the fractures, the �nal task is
to model the seismic properties of a rock mass containing an interconnected fracture network, which is
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3.6 Example - Fractured rock of variable depth and lithology

saturated with a �uid of speci�c properties. Here we present a synthetic example using a model containing a
fracture network which represents a highly fractured geothermal reservoir. The network geometry is based
on the structural geology observations of Gudmundsson et al. (2002), who examined a highly fractured
palaeo-geothermal �eld associated with the Husavik-Flatey fault in northern Iceland. The network is
embedded in a host rock consisting of basaltic lava �ow piles, meaning that the petrography is similar to
the one we presented above as lithology B. The original depth of the system is estimated to be approximately
1.5 km below the Earth's surface. Today, the overburden has been largely removed by erosion and the
fracture network outcrops at the surface, preserved in the form of mineral �lled veins.

Gudmundsson et al. (2002) described in detail the statistics of the network geometry in terms of the
spatial fracture frequency, as well as the orientation, the width, and the length-to-width relationships of
the fossil fractures. This gives a complete image of the fracture network as it is required to setup our
model. This is done using a model generator, which places fractures randomly within the model domain,
incorporating the fracture network statistics by weighting functions which are identical to the observations
from the Husavik-Flatey fault. The resulting model is shown in Fig. 3.10 (a), together with statistical
distributions of the fracture orientations (b), apertures (c), segment half-lengths (d) and a cross plot of
fracture aperture a2 versus fracture length a1 (e). The gray line in Fig. 3.10e indicates an aspect ratio
a1=a2 = 400, which is the average aspect ratio observed by Gudmundsson et al. (2002). The half-lengths
of fracture segments were de�ned as the half of the distance between intersection points. However, for
fracture segments terminating in a fracture tip, the histogram Fig. 3.10-d accounts for the entire length,
which is the relevant quantity to estimate the di�usion length (see later in the text).

Figure 3.10: Geometry of the fractured rock example (a), and the statistical distribution of the orien-
tations (b), apertures (c), segment half-lengths (d) and aperture-length cross plot with the
gray line representing values for an aspect ratio ofa1=a2 = 400 (e). Apertures are given as
they were de�ned for zero lithostatic stress.

The variability of fracture aperture and aspect ratios is not only considered in the model geometry but
also when assigning the parameters of the poroelastic media representing the fractures. Fractures of larger
aperture exhibit higher permeabilities according to Eq. (3.21), and fractures of largera1=a2 aspect-ratios
are sti�er than those with small a1=a2-ratios as shown in Fig. 3.6d and e. Corresponding ranges for the
(normalized) fracture compliance are plotted against lithostatic stress in Fig. 3.9a and b, as they were
computed from Eq. (3.29) using the ambient pressure sti�ness's listed in Tab. 4.4. Ranges for the fracture
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3 Seismic properties of fractured magmatic geothermal reservoirs

permeability as a function of lithostatic stress are computed from Eq. (3.33) and shown by the maximum
and minimum curves in Fig. 3.9d.

The seismic properties for the fractured rock model were computed by using parameters corresponding
to the four lithologies A-D, and for e�ective lithostatic pressures ranging from ambient pressures up to a
maximum of 120 MPa. Depending on the assumed density distribution of the overburden, the e�ective
con�ning pressure of a geothermal reservoir situated at 3-4 km depth is around 60 MPa. The intact rock
and the fractures were saturated with liquid water of constant properties, viz., a �uid of bulk modulus
K f = 2 GPa, and dynamic viscosity � f = 0 :001 Pa s. The P-wave and S-wave elastic moduli,M and
G, and attenuation factors, 1=QP and 1=QS, are computed according to Eqs. (3.6) to (3.8), with M =
V 2

P (! )� b,s and G = V 2
S (! )� b,s , and with � b,s being the bulk density of the saturated fractured rock.

The normal and shear stress-strain relationships are obtained by solving Eqs. (3.1) to (3.3) with the
Comsol Multiphysics R
 �nite element solver, using the boundary conditions given in Eq. (3.37) for
the compressibility test, and those in Eq. (3.38) for the shear test. Frequencies were varied over a wide
spectrum from 10� 2 Hz to 106 Hz.

3.6.2 Results

Example results for the deduced seismic properties of the fractured rock are shown in Fig. 3.11, plotted as
the P-wave modulusM (a), S-wave modulusG (b), inverse P-wave quality factors 1=QP (c), and inverse
S-wave quality factors 1=QS (d) against the logarithmically scaled frequency. They were computed for
lithology B, undergoing a lithostatic pressure of 15 MPa.

Comparing the elastic moduli with the corresponding attenuation graphs, we observe the typical behavior
in accordance with Kramers-Kronig dispersion relation (Mavko et al., 2009). At the same frequencies at
which M and G are strongly dispersive with distinct in�ection points, 1=QP and 1=QS reach their local
maxima. In the example shown here, these frequencies, referred to hereafter as characteristic frequencies
f c, are f c = 10 � 1 Hz and the less prominent onef c = 104 Hz for the P-wave properties, andf c = 10 � 1 Hz
and most pronouncedf c = 105 Hz for the shear wave properties, the latter having secondary peaks at
around 101 Hz and 103 Hz. Norris (1993) linked the characteristic frequency with the di�usion length ld,
over which wave-induced �uid pressure di�usion takes place, by the relation

2�f c =
D
l2
d

; (3.35)

whereD is the hydraulic di�usion coe�cient, D = k=� f (�=K f +( � � � )=Ks) � 1M=M sat , and whereM=M sat

is the ratio of the dry frame P-wave modulus and the undrained (saturated) P-wave modulus. The spatial
scales of the �uid pressure di�usion during numerical oscillation tests can be best inferred from snap shots
of the Darcy �uxes q, which are deduced from the local permeability valuesk and the pore pressure
gradients through the equation:

q =
k
� f

r Ppore : (3.36)

Absolute amplitudes of the �uid �uxes jjqjj =
p

q2
1 + q2

2 (with qi being the i -th component of the �ux
vector) occurring under compressional oscillations at frequencies of10� 1 Hz and 104 Hz are shown in Fig.
3.12a and b, respectively. Absolute �uxes arising under shear oscillations at frequencies of10� 1 Hz and
105 Hz are depicted in Fig. 3.13a and b, respectively.

At the low frequency of 10� 1 Hz, we observe increased �uxes inside all fractures (see zoom-plots in Fig.
3.12a and 3.13a), as well as within large areas of the surrounding intact rock. This shows that during
one oscillation cycle, the pore �uid �ows from the strongly compressed compliant fractures deeply into
the sti�er, and less permeable, intact rock. Thus it is a �ow between heterogeneities, with the sti�ness
and permeability values di�ering by several orders of magnitudes. It takes place at scales larger than
the pore scale but smaller than the wavelength, why this dispersion mechanism is commonly called the
mesoscopic �ow (MF) mechanism (e.g. Müller et al., 2010). For the example shown here, �uxes are more
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3.6 Example - Fractured rock of variable depth and lithology

Figure 3.11: P-wave modulus (a), S-wave modulus (b), inverse P-wave quality factor (c) and inverse S-
wave quality factor (d), modeled for a fractured rock with the geometry shown in Figure 8,
and fracture- and intact rock-properties corresponding to those of lithology B at a lithostatic
stress of 15 MPa.

widespread for the compression experiment than for the shear experiment, which is in agreement with the
larger 1=QP -magnitude compared with the magnitude of 1=QS at 10� 1 Hz, shown in Fig. 3.11c and d,
respectively. Furthermore, the attenuation peak due to MF occurs as a single maximum without minor
side peaks. This is because the characteristic frequency of MF is predominantly controlled by the medium
with the lower �uid mobility k=� f (Quintal et al., 2014), which is the intact-rock subdomain here, having
a constant permeability throughout the entire model domain of 7 � 10� 18 m2. Solving Eq. (3.35) for the
di�usion length using the poroelastic parameters of the intact rock and f c = 10 � 1 Hz, we �nd ld � 0:02 m,
which is in good agreement with the width of regions with increased �uid �uxes in Figs. 3.12a and 3.13a.

At increased frequencies, �uid �uxes into the intact rock become less pronounced (Figs. 3.12b and 3.13b),
because the shorter oscillation cycles limit the pressure relaxation by �uid �ow from the fractures into the
intact rock with its low permeability. In the intact rock, �uid �ow only takes place within direct vicinity
of the fractures and is more pronounced at the tips of individual fractures. Thus, as frequency increases,
�uid �ow concentrates more and more in the highly conductive fractures. This �ow is driven by pressure
gradients between di�erent interconnected fractures, which undergo various degrees of compression, either
because they are oriented di�erently relative to the direction of the applied oscillation stress, or because they
are of di�erent sti�ness. As we identify �uid �ow between di�erent fractures at these higher frequencies,
the corresponding dispersion mechanism is equivalent to the squirt �ow (SF)-type (e.g. Müller et al., 2010),
but at a larger spatial scale. The stress for the compressibility test was oriented along thex1-axis, when
referring to the coordinate frame in Fig. 3.10a, and the stress of the shear experiment was parallel to
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Figure 3.12: Amplitudes of pore �uid �uxes occurring under oscillatory compression at 10� 1 Hz (a) and
104 Hz (b) for the fractured rock properties corresponding to lithology B at a lithostatic
stress of 15 MPa (seismic properties for the same case are shown in Fig. 3.11a and c).
Subplots at the bottom are enlarged views of speci�c regions in the top-plots, marked with
the red boxes.

the x2-axis and being of the dextral form. Therefore, �uid �ow dominates in di�erent fractures for the
compressibility and for the shear test, which is why there are di�erent numbers of peaks in the1=QP - and
1=QS-plots, and why they are occurring at di�erent frequencies varying between around10� 1 and 105 Hz.
This range can be explained by the fact that the characteristic frequencies linearly scale with fracture
permeability according to Eq. (3.35), which in the case shown here are within the range of10� 8 and
10� 11 m2. The di�usion length required to explain the observed characteristic frequencies isld � 0:1 m
which is similar to the half-length of most fracture segments between fracture-intersection points in our
model (Fig. 3.10d).

Next, the seismic properties of all lithologies were modeled. The numerical results obtained for lithostatic
pressures of 15 MPa are shown in Fig. 3.14. The red graphs, representing lithology B, are identical
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3.6 Example - Fractured rock of variable depth and lithology

Figure 3.13: Amplitudes of pore �uid �uxes occurring under oscillatory shear at 10� 1 Hz (a) and 105 Hz
(b), for the fractured rock properties corresponding to lithology B at a lithostatic stress of
15 MPa (seismic properties for the same case are shown in Fig. 3.11b and d). Subplots
at the bottom are enlarged views of speci�c regions in the top-plots, marked with the red
boxes.

with those shown in Fig. 3.11, whose characteristics were discussed above. Comparing �rst the absolute
magnitudes of the elastic moduli of all four lithologies, we observe that the fractured rock models A to D
become successively sti�er, as a logical consequence of the increased sti�ness of all the rock components.
The attenuation peak, which we interpreted to be of MF-type, occurs at characteristic frequenciesf c �
101 Hz. Comparing this peak for the four lithologies A-D, we observe (and anticipate for the cases where
f c is outside the considered frequency range) a decrease in amplitude,AA > A B > A C > A D , which can
be explained by the intact rock porosities being strongly decreasing in the order̂� A > �̂ B > �̂ C > �̂ D .
Higher porosities entail larger amounts of �uid in the saturated rocks and, hence, more energy is consumed
by �uid �ow leading to higher attenuation. This e�ect opposes and dominates over the e�ect of varying
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sti�ness contrasts, which here are of similar magnitudes for the four lithologies, but which would amplify
the attenuation when the sti�ness contrasts increase. Regarding the characteristic frequency, it is observed
(and anticipated) to decrease for the four models,f c;A > f c;B > f c;C > f c;D , which is in agreement with Eq.
(3.35) and the fact that the intact rock hydraulic permeability of the four lithologies progressively decreases
as k̂A > k̂B > k̂C > k̂D . The opposite e�ect is observed for the attenuation peaks at the higher frequencies,
which can be related with the SF-type mechanism. For the lithologies A-D the peaks occur with increasing
amplitudes AA < A B < A C < A D and at increasing characteristic frequenciesf c;A < f c;B < f c;C < f c;D .
This is because there is less resistance against the fractures closure under lithostatic stress for the softest
rock of type A compared to B, C and subsequently D (see Fig. 3.9c). Therefore, fractures embedded in
lithology D remain the most open and retain their original permeability and �uid saturated pore space the
most, which is why the SF-attenuation peak is largest and occurs at the highest frequency for lithology D
and subsequently lowers for lithology C, B, and A.

Figure 3.14: P-wave modulus (a), S-wave modulus (b), inverse P-wave quality factor (c) and inverse S-
wave quality factor (d) for the four lithology cases A-D, all modeled for a lithostatic stress of
15 MPa. The red curves are identical to those in Fig. 3.11. The dashed parts of the graphs
indicate the low frequency ranges, at which the numerical solution breaks down due to the
very low permeability and porosity of the corresponding lithologies.
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3.7 Discussion and Conclusions

Finally, to study the e�ect of lithostatic stress on the seismic properties of fractured rock, the elastic
moduli and the seismic attenuation are computed for lithology B, on which an e�ective lithostatic stress
is applied ranging from ambient pressures up to 120 MPa. Numerical results are shown in Fig. 3.15.
We observe the elastic moduliM and G to strongly increase with stress, which is predominantly due to
the strong stress-dependence of the fracture sti�ness (Fig. 3.9a and b), together with the less dominant
sti�ening of the matrix (Fig. 3.7). Comparing the attenuation peaks for varying stress, we observe the
MF-peaks occurring at an approximately constant frequency of10� 1 Hz, which is consistent with the
approximately constant permeability of the intact rock, varying by not more than one order of magnitude
for a con�ning pressure ranging from 0 to 120 MPa. The SF-attenuation peak, however, occurs at a
characteristic frequency of f c > 106 Hz in the case of zero lithostatic stress, and decreases down to
f c � 103 Hz for a lithostatic stress of 30 MPa. For higher lithostatic stress the characteristic frequency
decreases even more, down to frequencies which overlap with those of the MF-type dispersion, where
the peaks start to overlap indistinguishably. For both types of attenuation mechanism, the amplitudes
decrease with increasing lithostatic stress. This is due to the reduced porosity, and, hence, a reduced
pore water content, combined with a sti�ening of both, intact rock and fractures at elevated lithostatic
stress. This gives rise to lower amplitudes of the wave-induced �uid pressure gradients due to the smaller
compressibility contrast. As a consequence of these two e�ects, the amount of �uid �ow is reduced and
less energy is dissipated, leading to smaller attenuation peaks at increasing lithostatic stress.

3.7 Discussion and Conclusions

In �uid-saturated fractured rock, viscoelastic interaction between the intact rock, the fractures, and the
saturating pore �uid causes velocity dispersion and seismic wave attenuation. The underlying mechanisms
have been studied in the past by various researchers, as summarized by Müller et al. (2010), and there
is a broad consensus about how the degree of seismic wave attenuation and the characteristic frequency
at which it occurs depends on the hydro-mechanical properties of the materials constituting the rock.
Petrophysical models which consider such viscous �uid �ow are able to link seismic quantities which are
measured in geothermal exploration campaigns with the hydrological properties. The reason why these
models have not been used routinely to date in seismic interpretation is to a large extent because they
depend on many input parameters, some of which are di�cult to quantify.

We have determined the input parameters for magmatic geothermal systems, as required in numerical
oscillation tests, and wide ranges were observed for most properties when considering the high diversity
of magmatic rock types. Most of the input parameters also depend on lithostatic stress, which is why we
provided a compilation of functions to calculate the input parameters for varying e�ective stress. Using
these parameters, we computed the seismic properties of rock volumes containing an interconnected frac-
ture network saturated with liquid water. Results from the numerical modeling demonstrate how seismic
velocities and attenuation factors strongly depend on the lithology. This was already established for P- and
S-wave velocities in our earlier experimental study (Grab et al., 2015). Here, this is ground-truthed by a
large database extracted from the literature, which shows that the seismic velocity structure of magmatic
geothermal systems primarily re�ects the subsurface lithology. The e�ects of reservoir permeability and
�uid content are only minor. Interpreting seismic data in terms of hydrological target parameters against
the contrast of this background heterogeneity can be achieved by studying the seismic attenuation, i.e., the
decrease of seismic amplitudes with increasing distance of travel, and if available, by studying the velocity
dispersion, viz., seismic velocity di�erences at varying frequencies.

Our modeling results show how the magnitudes of seismic attenuation and its dispersion are associated
with sti�ness contrasts and porosity. Large attenuation peaks were found for a rock volume containing a
network of open fractures, which decreased considerably when subjecting the fracture network to elevated
lithostatic pressures forcing the fractures to close. The characteristic frequency, at which the attenuation
reaches its peak, is linked with the �uid mobility, which is a measure of hydraulic permeability and �uid
viscosity. At low seismic frequencies, the attenuation is observed to be controlled by mesoscopic �uid �ow
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Figure 3.15: P-wave modulus (a), S-wave modulus (b), inverse P-wave quality factor (c) and inverse S-
wave quality factor (d) for varying lithostatic stresses, modeled for a fractured rock with a
geometry as shown in Fig. 3.10 and rock properties corresponding to those of Model B. The
solid curves are identical to those in Fig. 3.11.

from fractures into the surrounding porous intact rock, with the characteristic frequency linearly scaling
with intact rock permeability and �uid viscosity. At sonic up to ultrasonic frequencies, attenuation is
associated with squirt �ow between interconnected mesoscopic fractures which are compressed to di�ering
degrees during normal and shear oscillations. Here, the characteristic frequency linearly scales with fracture
permeability and �uid viscosity.

The spread in the observed critical frequencies illustrates that �uid e�ects in fractured rock can be
detected with various seismic techniques (passive, active, sonic, etc.) or in the ideal case by the combined
use of di�erent seismic techniques to cover a broader frequency spectrum. On the other hand, there seems
to be no general rule that governs the frequencies at which the conditions are given to assume either the
relaxed state (low frequency limit) or unrelaxed state (high frequency limit), beyond which traditional
rock-physics concepts are strictly valid. Thus, concepts which incorporate wave-induced �uid �ow, like the
one we presented in our study, can help improve the quantitative interpretation of all kinds of seismic data.
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3.7 Discussion and Conclusions

In the scope of this study, we modeled the in�uence of wave-induced �uid �ow on seismic properties for
the wide range of rock properties, but kept the �uid properties constant at those of liquid water at ambient
pressure and temperature. To fully exploit the potential of the modeling technique we presented, it can
incorporate changes in �uid bulk modulus and viscosity as they vary under phase transitions from liquid
to the boiling state and ultimately to the vapor phase. This has interesting application possibilities, as for
instance the interpretation of changes in the seismic response measured by time-lapse seismic experiments
conducted to monitor changes in the �uid phase during reservoir operation. Saturating the fractured
rock with boiling �uid also raises the question of how rock properties vary with elevated temperatures.
Our modeling technique is valid only for brittle rocks, but pronounced e�ects can already be expected
at temperatures below the brittle-ductile transition. Experimental investigations on the sti�ness and
permeability of intact rock and fractures at elevated temperatures are rare. In general, it is known that
an increase in temperature results in softening of the intact rock. Thus, increasing the temperature may
cause similar behavior to moving from a sti� lithology to a more compliant one as examined in this study.

Appendix 3.A: Boundary conditions

The boundaries � of the model domain 
 consist of undrained boundaries. To conduct an oscillatory
compressibility test, we simulate a normal stress by a displacement disturbance� u in the x1-direction
to the top boundary � T , when referring to the coordinate frame in Fig. 3.2a, and we suppress any
displacements in thex2-direction at the left � L and right � R boundaries, and any displacement towards
the x1-direction at the bottom boundary � B , i.e. rigid boundaries at right, left, and bottom, given by

u1 = � u; (x1; x2) 2 � T

u2 = 0 ; (x1; x2) 2 � R [ � L

u1 = 0 ; (x1; x2) 2 � B :

(3.37)

Accordingly, we apply a displacement inx2-direction to � T for the oscillatory shear test, and suppress
any displacement towards thex2-direction at � B ,

u1 = 0 ; (x1; x2) 2 � B

u2 = � u; (x1; x2) 2 � T :
(3.38)

Meanwhile, particles on � T and � R are free to move into both directionsx1 and x2.

Appendix 3.B: Orientational average

The orientational average of a fourth-order tensor is

hX i =
1
�

Z �

0
X (� )d�: (3.39)

where the rotation around the third principal axis x3 by the angle � is obtained by applying the transfor-
mation law

X ijkl (� ) =
3X

p=1

3X

q=1

3X

r =1

3X

s=1

Rip Rjq Rkr Rls X pqrs : (3.40)

with R being the corresponding entry of the rotation matrix

R =

2

4
cos(� ) � sin(� ) 0
sin(� ) cos(� ) 0

0 0 1

3

5 : (3.41)
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This leads to the following expressions for the averaged elasticity tensorhX i , given in Voigt's matrix
notation:

hX 11 i = hX 22 i =
1
8

(3X 11 + 3X 22 + X 12 + X 21 + nX 66)

hX 33 i = X 33

hX 12 i = hX 21 i =
1
8

(X 11 + X 22 + 3X 12 + 3X 21 � nX 66)

hX 13 i = hX 23 i =
1
2

(X 13 + X 23)

hX 31 i = hX 32 i =
1
2

(X 31 + X 32)

hX 44 i = hX 55 i =
n
2

(X 44 + X 55)

hX 66 i =
n
8

(X 11 + X 22 � X 12 � X 21 + nX 66);

(3.42)

where the factor n depends on the de�nition of the shear componentsX 44, X 55, and X 66, when trans-
forming the fourth rank elasticity tensor into Voigt's matrix notation.
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Chapter 4

The e�ect of boiling on seismic
properties of water-saturated
fractured rock

Abstract: Seismic campaigns for exploring geothermal systems aim at detecting permeable formations
in the subsurface and evaluating the energy state of the pore �uids. High-enthalpy geothermal resources
are known to contain �uids ranging from liquid water up to liquid-vapor mixtures in regions where boiling
occurs and, ultimately, to vapor-dominated �uids, for instance if hot parts of the reservoir get de-pressurized
during production.

In this study, we implement the properties of single- and two-phase �uids into a numerical poroelastic
model to compute frequency-dependent seismic velocities and attenuation factors of a fractured rock as a
function of �uid state. Fluid properties are computed while considering that thermodynamic interaction
between the �uid phases takes place. This leads to frequency-dependent �uid properties and �uid-internal
attenuation. As shown in a �rst example, if the �uid contains very small amounts of vapor, �uid-internal
attenuation is of similar magnitude as attenuation in fractured rock due to other mechanisms. In a second
example, seismic properties of a fractured geothermal reservoir with spatially varying �uid properties are
calculated. Using the resulting seismic properties as an input model, the seismic response of the reservoir is
then computed while the hydrothermal structure is assumed to vary over time. The resulting seismograms
demonstrate that anomalies in the seismic response due to �uid-state variability are small compared to
variations caused by geological background heterogeneity. However, the hydrothermal structure in the
reservoir can be delineated from amplitude anomalies when the variations due to geology can be ruled out
such as in time-lapse experiments.

4.1 Introduction

Seismic methods provide valuable information about the geometry of subsurface interfaces in terms of
impedance contrasts and about the mechanical properties of subsurface rock volumes expressed through
seismic wave velocities and the decay of wave amplitudes. The primary quantities measured with seismic
techniques comprise the seismic P-wave and S-wave velocities (VP and VS), the bulk density of the rock
(� b ), and the P- and S-wave attenuation factors (QP and QS). When exploring for geothermal resources,
the main interest is on the energy state of pore �uids and their mobility which is enabled by permeable
structures. In high-enthalpy systems, it is possible that the �uid state ranges from pure liquid up to the
boiling state (Elders and Frigleifsson, 2010) and in some instances, vapor becomes the dominant phase.
The latter occurs, for example, in regions depressurized during production (Barbier, 2002) but has also
been observed in natural systems, as reviewed by Allis (2000). In the deeper parts of the crust where high
temperatures prevail, dense igneous rocks, often sealed by the precipitation of secondary minerals, domi-
nate the lithology. This is why �uid circulation is to a large extent expected to take place in episodically

At the time the thesis was printed, this chapter had been accepted with minor revisions for publication as: Grab,
M., Quintal, B., Caspari, E., Deuber, C., Maurer, H., and Greenhalgh, S.: The e�ect of boiling on seismic properties of
water-saturated fractured rock, Journal of Geophysical Research: Solid Earth , September 2017, under rewiew
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4 Boiling water in fractured rock

reactivated fracture-networks rather than through a permeable matrix such as occurs in shallower vesicular
basalt and pyroclastic deposits (Arnorsson, 1995; Elders and Frigleifsson, 2010). Interpreting the measured
seismic quantities in terms of these hydrological factors of interest requires establishing rock physics con-
cepts, which relate �uid state and permeability with seismic velocities, attenuation and bulk density, and
which address the thermo-hydro-mechanical conditions given by the local geology with its high-enthalpy
�uids and fracture-based �uid �ow pathways. In the past, rock-physics concepts have been used to link
seismic velocity observations with the physical state of the pore �uid, for instance by Tryggvason et al.
(2002), Adelinet et al. (2011), and Jousset et al. (2011).

Numerous models for describing the in�uence of varying �uid saturation on seismic properties of fractured
rock have been developed over recent decades, as reviewed by Müller et al. (2010). Many such models
are based on Biot's theory of poroelasticity (e.g. Biot, 1956a, 1956b). To compute seismic velocities and
attenuation for heterogeneous rock over a broad frequency range, Biot's theory was recently implemented in
numerical modeling schemes (Masson and Pride, 2007; Rubino et al., 2008; Wenzlau et al., 2010; Quintal
et al., 2011). In our recent study (Grab et al., 2017), we modeled the e�ects of �uids on the seismic
properties of fractured magmatic geothermal reservoirs, using a modeling technique based on the schemes
developed by Rubino et al. (2008) and Quintal et al. (2011). We considered the large diversity of crustal
rocks of the magmatic-type and examined the in�uence of elevated e�ective con�ning pressures due to the
weight of overlying rock formations, but we only investigated saturation with cold liquid water.

As water is heated up to boiling temperatures, parts of it evaporate, resulting in a two-phase �uid
consisting of vapor and liquid water. Di�erent approaches exist, as for example summarized by Toms et al.
(2006), to model seismic properties of rocks saturated with such a two-phase �uid. In the case where the
two (or more) �uid phases are distributed in heterogeneous patches at scales larger than the pore space
but smaller than the wavelength (Fig. 4.1-a), the term patchy saturation (White, 1975) is often employed.
This is observed for instance in hydrocarbon reservoirs, where the hydrocarbon gas or oil is separated
from the liquid water due to its lower density. In the case where the spatial distribution of di�erent �uid
phases is at the scale of the pore-size (Fig. 4.1-b), the seismic attenuation and velocity dispersion are best
described by the squirt �ow model (Mavko and Nur, 1979; Walsh, 1995). This occurs for example in
partially saturated rock, where in the otherwise dry pore space, the liquid phase is captured in tight pores
by capillary forces. If the vapor phase within the liquid is located in homogeneously distributed bubbles
of much smaller scale than the typical pore size (Fig. 4.1-c), then the term free liquid is used (Toms et al.,
2006) and the properties of the two-phase �uid can be incorporated in a rock physics model as e�ective
properties. This is the case where the porosity of the reservoir is dominated by large-scale fractures, which
is the situation we consider in the present study.

When all �uid phases are immiscible and of similar compressibility, the e�ective compressibility can
be well approximated by the harmonic average compressibility of the various constituents (Wood, 1941).
When the two-phase �uids comprise the same substance in its vapor and liquid phases, such as boiling
water, the two phases behave in highly dissimilar fashion and �uid-�uid interaction becomes important.
This includes heat transfer, as the gaseous phase is more readily warmed-up during compression than
the less compressible liquid phase, and mass transfer, as parts of the �uid undergo phase transition for
maintaining thermodynamic equilibrium. The e�ect of mass transfer was considered by Kie�er (1977),
who derived sound speeds of water-steam and water-air mixtures at the high- and low-frequency limits.
Determining two-phase �uid compressibility at intermediate frequencies requires incorporating the time-
dependence of the mass and heat transfer. As explained below, this is because it involves thermodynamic
equilibration of the two �uid phases, which is not accomplished in an instantaneous way. The theoretical
basis for describing this phenomenon was originally developed in the �eld of mechanical engineering, for
better understanding the occurrence of vapor bubbles due to strong pressure drops behind turbines, causing
cavitation erosion on the turbine and loss of e�ciency of the power plants. This process is equivalent to
low-pressure boiling and involves the same characteristics as boiling at higher pressures. Based on the early
work of Prosperetti (1982) and Commander and Prosperetti (1989), expressions for computing frequency-
dependent compressibility (given in terms of sound speeds) of bubbly liquids were recently derived by
Prosperetti (2015) and Fuster and Montel (2015). From this research and that of Kie�er (1977), we can
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4.1 Introduction

Figure 4.1: Conceptual illustrations of fractured rock saturated with a two-phase �uid. In the approach
used in this paper, we consider �uid heterogeneities to be much smaller than the pore size
(c), enabling to use e�ective �uid properties. This is di�erent from situations with �uid
heterogeneities larger than the pore size (a) or of similar size than the pore size (b), which
are commonly addressed with patchy saturation-type and squirt �ow-type models.

de�ne e�ective compressibility of a two-phase �uid over the full frequency range and implement it in a rock
physics model.

In recent years, �eld-scale seismic investigations of high-enthalpy geothermal resources have comprised
mainly passive (microseismic) tomography studies but with some active (controlled source) seismic experi-
ments also undertaken as reviewed e.g. by Schmelzbach et al. (2016). Such investigations employ relatively
low frequency, typically below around 100 Hz, and image a geothermal reservoir with a resolution at the
tens to hundreds of meter-scale. In comparison, the vapor-liquid distribution is at the micro scale, i.e.
smaller than the pore scale, and wave-induced �uid �ow within the rock's matrix and the embedded frac-
ture network is at the mesoscopic scale, larger than the pores but still smaller than the wavelength. Thus,
low-frequency seismic waves propagating through the reservoir sense the �uid-saturated fractured rock
as a continuum de�ned by its macroscopic seismic velocitiesVP and VS, saturated bulk density � b , and
attenuation factors 1/ QP and 1/QS. Therefore, we can decouple the rock physics modeling on the fracture
network-scale from the reservoir-scale wave propagation modeling, by �rst modeling the seismic properties
of fractured rock and using the result to setup homogeneous and heterogeneous models in terms ofVP ,
VS, � b , QP , and QS for the wave propagation modeling. This enables one to study the seismic response at
the reservoir scale by wave propagation modeling, while still taking into account the variations of seismic
properties due to the presence or absence of boiling water zones. By analyzing the response of waves
propagating through models with varying hydrothermal conditions and including lithological background
heterogeneities, we can evaluate under which conditions seismic experiments can be used for determining
in situ �uid properties within the reservoir.

The paper is structured as follows. Section 4.2 provides a brief overview of the fractured rock modeling
procedure, which is employed throughout this study. Thereafter, the study is divided into three distinct
parts, addressing the �uid e�ects on seismic properties at the di�erent spatial scales. In our approach,
these scales are assumed to be strictly separated and always with the smaller one being implemented in
the larger one as a continuum. In Section 4.3, we �rst discuss in detail the calculations of e�ective �uid
properties with a focus on �uid compressibility. This is done for the high- and low-frequency limits and
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at varying frequency for the case of water containing small amounts of bubbles at the micro-scale size. In
Section 4.4, we use these e�ective �uid properties in a �rst example to model the seismic properties of a
�uid-saturated rock containing fractures at the mesoscopic scale. We examine how these seismic properties
depend on the de�nition of the �uid properties and we assess the discrepancies between the high- and
low-frequency assumptions. Finally, in Section 4.5, we apply the fractured rock model to a more complex
fracture network to characterize the low-frequency seismic properties of a large-scale geothermal reservoir
under spatially varying �uid pressure and enthalpy. For this we use the results of the �uid �ow study of
Scott et al. (2016), which provides the spatial distribution of �uid pressure and enthalpy conditions at
di�erent stages of the evolution of the geothermal reservoir. We examine how the reservoir-scale seismic
response changes, depending on the maturity of the geothermal system. By comparing the seismograms
resulting from wave propagation modeling on a fractured reservoir embedded in a heterogeneous background
geology, we ultimately are able to gauge the observed magnitudes of anomalies due to �uid e�ects against
the seismic response due to lithological heterogeneities. The implications and special features are discussed
in Section 4.6, including the �uid e�ects over all scales and summarized in the conclusions in Section 4.7.

4.2 Rock Physics Modeling

For computing the seismic velocities and attenuation factors of �uid-saturated fractured rock, we use the
same modeling technique as employed in our earlier study (Grab et al., 2017). It was developed by Quintal
et al. (2011), based on Biot's theory of poroelasticity (e.g. Biot, 1941)). The model consists of a �rst
equation, which relates the strain tensor� with the stress tensor � , and in the 2-D case can be written as

� ij = 2Gd � ij + � (� 11 + � 22) � ij � �P pore � ij ; (4.1)

whereGd is the shear modulus,� = 1 � K d=Ks, � is Lamé's elastic constant,� = K d � 2=3Gd , Ppore is the
pore pressure, and� ij is the Kronecker delta. Eq (4.1) is similar to Hooke's law, with an additional term to
account for the sti�ening of the rock depending on the pore pressure. The model is discretized on a �nite
element grid and consists of two domains: intact rock and fractures. Each is characterized as a porous
medium having dry frame bulk modulus K d , dry frame shear modulusGd , solid bulk modulus K s, e�ective
porosity � , and hydraulic permeability k. Since the sti�ness and the hydraulic properties di�er for these
two domains, they deform to di�ering degrees according to Eq (4.1), giving rise to pore pressure gradients.
These pressure gradients in turn lead to �uid �ow between the di�erent regions of the model, which is
governed by a second equation. It equates the Darcy-type �ow with the temporal change of �uid volume
due to the deformation of the rock mass and the change in pore pressure, which in frequency domain can
be stated as,

�
k
� f

r 2Ppore + i!� (� 11 + � 22) + i!
�

�
K f

+
� � �

K s

� � 1

Ppore = 0 ; (4.2)

where � f is the dynamic viscosity, r 2 is the Laplacian operator, and K f is the bulk modulus of the
saturating �uid as indicated with the subscript f. The product i! of the imaginary quantity i and the
angular frequency ! = 2 �f represents the frequency domain-equivalent of the �rst temporal derivative.
Solving Eqs (4.1) and (4.2) numerically for the normal strain � 11 caused by a normal stress� 11 yields the
complex-valued P-wave modulus;

M c(! ) =
h� 11 i
h� 11 i

; (4.3)

where the angular brackets denote the average over the entire model domain. FromM c, we obtain the
real-valued P-wave velocity and the P-wave attenuation factor, given by (e.g. Casula and Carcione, 1992)
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VP (! ) =
�
Re

� r
� b

M c(! )

�� � 1

and Q� 1
P (! ) =

Im ( M c(! ))
Re (M c(! ))

; (4.4)

where � b is the bulk density of the saturated rock. Analogously, we obtain the complex-valued shear
modulus from the shear strain� 12 induced by the shear stress� 12 according to:

Gc(! ) =
1
2

h� 12 i
h� 12 i

: (4.5)

The S-wave velocity and the S-wave attenuation factor are given by (e.g. Casula and Carcione, 1992)

VS(! ) =
�
Re

� r
� b

Gc(! )

�� � 1

and Q� 1
S (! ) =

Im (Gc(! ))
Re (Gc(! ))

: (4.6)

For more details about the numerical implementation and the applied boundary conditions we refer to
Grab et al. (2017).

4.3 E�ective �uid properties

Fluid pressure (P) and temperature (T) uniquely de�ne the conditions at which water is in the pure
liquid and pure vapor state, except at the boundary between these regions which is de�ned by the boiling-
point versus pressure curve (Fig. 4.2-a). Along this curve, the water can either be in the pure liquid,
boiling (liquid-vapor mixture), or pure vapor state, depending on the energy level. Plotting the �uid
conditions against the speci�c enthalpy H , which is a measure of the �uid energy per unit mass, reveals
the situation within the boiling region in more detail (Fig. 4.2-b). At enthalpies close to the liquid-boiling
boundary, water is mainly liquid with only vanishingly small volumetric vapor content x ! 0, which
increases gradually (see dotted isolines in Fig. 4.2-b) with increasing enthalpy until we reachx ! 1 at the
boiling-vapor boundary. In this study, we model the seismic properties of a rock saturated with a �uid of
arbitrary enthalpy, i.e. with �uid properties varying from those of purely liquid water to a liquid-vapor two
phase �uid and subsequently to pure vapor. Fluids beyond supercritical conditions (i.e. at �uid pressures
higher than 221 bar and temperatures higher than374� C) are outside the scope of this study.

E�ective properties of the �uid, as required in our rock physics modeling approach, comprise the bulk
modulus K f , the density � f and the dynamic viscosity � f . For most cases, these properties are de�ned by
the standards of the International Association for the Properties of Water and Steam (IAPWS). They are
based on experimental observations with broad data coverage (Wagner and Pruss, 2002) and described
numerically by the fundamental equation of the speci�c Gibbs free energy (Wagner et al., 2000). A
convenient way to access their IAPWS-IF97 version is provided by theXSteam routine (Holmgren, 2006),
which is available free of charge as aMS Excel R
 and a Matlab R
 version.

For the �uid density we refer to the IAPWS-IF97 standards for the entire P-H region of interest. For the
viscosity we also refer to the IAPWS-IF97 database for pure liquid and pure vapor. The dynamic viscosity
of two-phase liquid-vapor mixture, however, is still under debate. A summary of more than 20 relationships
is given by Awad (2012). Which of these relationships applies to a speci�c case depends mainly on the �ow
regime. For simplicity, we use here a volumetric average, as was proposed by Cicchitti et al. (1959);

� f = x� v + (1 � x)� l ; (4.7)

where x is the volumetric vapor fraction and � v and � l are the dynamic viscosities of the pure vapor and
pure liquid respectively, at the given pressure and temperature.

The main focus in this study is on the �uid compressibility (reciprocal of K f ) for the liquid, boiling,
and the vapor state. We will discuss it in terms of the sound speedc, which is a function of both �uid
incompressibility and �uid density,
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4 Boiling water in fractured rock

Figure 4.2: a) Temperature-pressure relationship of the boiling curve for pure water, which separates
the regions with 100% liquid water from 100% vapor. b) Pressure-enthalpy relationships
of the boiling conditions of pure water with dashed temperature isolines and dotted vapor-
content isolines. Black, blue, red and yellow lines show the pressure-temperature (a) and
pressure-enthalpy (b) paths investigated in our study, with the dots indicating the discrete
conditions, for which we investigate �uid e�ects in a simpli�ed fractured rock properties
(black) in Section 4.4, and in a reservoir scale model in Section 4.5 (blue, red, and yellow,
after Scott et al. (2016)).

c =

s
K f

� f
; (4.8)

For the pure liquid and pure vapor sound speeds, we again refer to the IAPWS-IF97 database. They
are superimposed on theP-H diagram in Fig. 4.3-c (and identically in Fig. 4.3-d) by the black contour
lines. For the liquid phase, we observe them �rst to slightly increase with enthalpy to around 1600 m s� 1

at around 400 kJ kg� 1 enthalpy, and at larger enthalpies to decrease towards a value below 400 m s� 1

close to the critical point. For the pure vapor phase, they increase with enthalpy at rates which are far
below those of the liquid. For both, the liquid and vapor sound speeds, there is only a minor dependency
on pressure. This is mainly because of the low compressibility of liquid water, and for vapor it is because
of the increase of density with pressure, which compensates for the decrease in compressibility according
to Eq (4.8).

Calculation of the sound speeds in the boiling region is more complex and not provided by theXSteam
routine. The compressibility of boiling water describes how the mixture of the two phases (water-vapor)
expands/compresses in response to an external pressure change. This goes in parallel with a change in
�uid temperature and, consequently with phase changes at the contact between the two phases. This can
physically be described in 3 di�erent regimes, by assuming that (1) the two phases are not in thermodynamic
equilibrium, that (2) the two phases are instantaneously in thermodynamic equilibrium, and that (3) the
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Figure 4.3: Sound speeds of liquid-vapor mixture for the unrelaxed case in blue (a) and the relaxed case in
green (b) after Kie�er (1977), compared with the IAPWS IF-97 standards (in black) of pure
liquid ( xm ! 0) and pure vapor sound speeds (xm ! 1 ) for discrete pressure-temperature
pairs along the boiling curve. (c and d) Sound speed contour lines (in m s� 1) for the full
pressure and enthalpy ranges, with unrelaxed (blue) and relaxed (green) sound speeds in the
boiling region and with the pure-liquid and -vapor sound speed given by the black contour
lines.

two phases are in thermodynamic equilibrium only after some time. We will refer to these three regimes
by the terms "non-equilibrium", "instantaneous equilibrium" and "dynamic equilibrium", and for the
corresponding sound speeds and bulk moduli we will use the terms "unrelaxed", "relaxed", and "dynamic"
sound speeds and bulk moduli, respectively. In the following subsections we describe how the sound
speeds can be calculated for each of the three regimes, which deliver results valid for di�erent frequency
ranges. This has important implications, since seismic/acoustic experiments involve various techniques
being based on di�erent kind of seismic waves, ranging from low frequency waves incorporated in passive
and active seismic �eld-campaigns, waves with intermediate frequencies as employed in investigations
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with sonic borehole tools, and waves with high frequencies up to the ultrasonic range as emitted from
piezoelectric transducers, for instanced used in rock physics laboratories.

4.3.1 Unrelaxed sound speeds of liquid-vapor mixtures

In the non-equilibrium case, no mass is transferred between the vapor and the liquid phases. The corre-
sponding sound speeds approximate values for waves at the high-frequency limit where wave-induced pres-
sure perturbations occur within a time too short for the �uid to react through condensation/evaporation.
Therefore, the term unrelaxed is often used for such un-equilibrated conditions. Referring to the work of
Kie�er (1977), we can derive unrelaxed sound speeds of the two-phase �uid as a function of boiling pressure
P and vapor-liquid mass fraction xm = M v =M l , yielding,

c =
�

xm

� gv,0

P

� 1



+ exp
�

P0 � P
K l

�
1

� l,0

�
�

0

@(1 + xm )

0

@
xm g

1


v,0


P
1+ 





+
1

� l,0 K l
exp

�
P0 � P

K l

�
1

A

1

A

� 1=2

;

(4.9)

with K l being the bulk modulus of the pure liquid phase,P0 being the reference pressure (e.g.P0 = 1bar),
and gv,0 = ( T0R)=(M� 
 � 1

v,0 ). The gas constant isR = 8 :32J K � 1mol� 1, T0 is the reference temperature
(e.g. T0 = 373:15K), the molecular weight of water is M = 18:02 g mol� 1, the liquid and vapor density
at the reference temperature and pressure are� l,0 = 958 kg m� 3 and � v,0 = 0 :59 kg m� 3 respectively,
and the isentropic exponent of steam is
 = 1 :31. Transferring the reference state toP0 = P, with the
corresponding boiling temperatureT0 = T, Eq. (4.9) simpli�es to

c =
�

xm

� gv

P

� 1



+
1
� l

�
0

@(1 + xm )

0

@ xm g
1


v


P
1+ 





+
1

� l K l

1

A

1

A

� 1=2

; (4.10)

where gv = ( TR)=(M� 
 � 1
v ), with � v being the vapor density, and� l being the pure liquid density, both at

P and T as they prevail under the current boiling conditions.
Unrelaxed sound speeds resulting from Eq. (4.10) for di�erentP-T pairs of the boiling curve are comput-

ing using the input parameters given in in Tabs. 4.1 and 4.2. Resulting values are shown in Fig. 4.3-a by the
blue lines and compared with the sound speeds of the pure liquid (atxm ! 0) and pure vapor (at xm !1 )
shown by the black lines. For very low mass fractionsxm , the sound speeds accurately correspond with
the sound speeds of the pure liquid. With increasingxm , sound speed �rst decreases as the bulk modulus
of the two-phase �uid is decreasing faster than the �uid density. This is most pronounced for boiling water
at low �uid pressures and �attens out for �uids at higher pressures. At higher vapor mass fraction, the
sound speed approaches the values of the pure vapor. In Fig. 4.3-c, sound speeds resulting from Eq. (4.10)
are shown for the full boiling region by the blue contour lines.

4.3.2 Relaxed sound speeds of liquid-vapor mixtures

In the instantaneous thermodynamic equilibrium case, the �uid is allowed to react to wave-induced pres-
sure perturbations with mass transfer between the liquid and the vapor phases. Speci�cally, when the
vapor-phase is compressed/expanded, the vapor temperature increases/decreases, which results in evap-
oration/condensation of a small �uid fraction. For this reason, the vapor phase is expected to be more
compressible than in the non-equilibrium case, because the temperature variations are compensated by re-
lease/consumption of latent heat during the phase changes. This process requires time, and the assumption
that the thermodynamic equilibrium is reached instantaneously is at best valid for sound speeds at very
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Table 4.1: Fluid properties used as input parameters for computing relaxed and unrelaxed sound speeds,
obtained from Holmgren (2006) for given values of pressureP and temperature T.

P T � v
1 � l

2 K l
3 � Hevap

4

bar � C kg m� 3 kg m� 3 Pa J kg� 1

1 100 0.6 958.6 2:29� 109 2:26� 106

5 152 2.7 915.3 1:96� 109 2:11� 106

10 180 5.1 887.1 1:72� 109 2:01� 106

50 264 25.4 777.4 9:21� 108 1:64� 106

100 311 55.5 688.4 4:95� 108 1:32� 106

200 366 170.7 490.5 8:74� 107 5:84� 105

1saturated vapor density, 2saturated liquid density
3bulk modulus of liquid water, 4enthalpy of vaporization.

Table 4.2: Fluid properties used as input parameters for computing relaxed and unrelaxed sound speeds,
obtained from Holmgren (2006) for given values of pressureP and temperature T.

P T (@Vl =@P)sat
5 (@Vv =@P)sat

6 (@Hl =@P)sat
7 @L=@P8

bar � C m3 kg� 1 Pa� 1 m3 kg� 1 Pa� 1 J kg� 1 Pa� 1 J kg� 1 Pa� 1

1 100 2:18� 10� 10 � 1:58� 10� 5 1:18� 100 � 7:37� 10� 1

5 152 8:47� 10� 11 � 7:06� 10� 7 3:26� 10� 1 � 2:37� 10� 1

10 180 5:90� 10� 11 � 1:85� 10� 7 1:92� 10� 1 � 1:54� 10� 1

50 264 3:32� 10� 11 � 8:34� 10� 9 6:27� 10� 2 � 7:10� 10� 2

100 311 3:51� 10� 11 � 2:23� 10� 9 4:32� 10� 2 � 6:15� 10� 2

200 366 1:14� 10� 10 � 8:32� 10� 10 4:77� 10� 2 � 1:10� 10� 1

Derivatives with respect to pressure of the 5speci�c liquid volume,
6speci�c vapor volume, 7 liquid enthalpy, and 8 latent heat.

low frequency, where the wave period is much longer than the time needed to reach the thermodynamic
equilibrium. Therefore this case is often referred to by the term relaxed state. Relaxed sound speeds were
derived by Kie�er (1977) and can be computed by

�
V 2

c2 =(1 � xm )
�

@Vl
@P

�

sat
+ xm

�
@Vv
@P

�

sat

+ ( � � 1
v � � � 1

l )
�

V
L

�
1
L

�
@Hl

@P

�

sat
�

xm

L

�
@L
@P

��
;

(4.11)

where L is the latent heat which is the equivalent of the enthalpy of vaporization, i.e. the di�erence of
the pure vapor and pure liquid enthalpy, L = � Hevap = H v � H l . The speci�c volume V of the two-phase
�uid is given in terms of the saturated liquid and vapor densities by V = (1 � xm )� � 1

l + xm � � 1
v . The

four derivatives with respect to �uid pressure, of the saturated liquid and vapor speci�c volumes, of the
saturated liquid enthalpy and of the latent heat can be obtained from the pressure-relationships given by
thermodynamic databases such asXSteam . Corresponding values are given in Tabs. 4.1 and 4.2, which
enable the reader to reproduce the blue and green graphs is Fig. 4.3-a and -b.

Relaxed sound speeds of boiling water resulting from Eq. (4.11) are computed using the input parameters
given in in Tabs. 4.1 and 4.2 for di�erent P-T pairs of the boiling curve. Resulting values are plotted in
green against the vapor mass fractionsxm in Fig. 4.3-b and in Fig. 4.3-d for the full boiling region by the
green contour lines. At xm � 100, they approximately correspond with the sound speeds of pure vapor but
increase towards higher values ifxm is increased more. As the �uid consists mainly of liquid water at lower
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xm , sound speed strongly decrease and approach constant low values forxm ! 0. Thus, as expected, the
sound speed of two-phase water is lower when considering the instantaneous thermodynamic equilibrium
than in the non-equilibrium case. However, they remain at a low level also for vanishingly low amounts of
vapor, leading to a strong discontinuity between sound speeds of the pure liquid water and those of boiling
water. Thus, they don't converge with the sound speeds of pure liquid water and pure vapor atxm ! 0
and xm !1 , respectively.

4.3.3 Dynamic sound speeds of liquid-vapor mixtures

In the dynamic case, it is assumed that the mass- and heat-�uxes involved to maintain the thermodynamic
equilibrium between the liquid and the vapor phase require some time. Quantifying this time dependency
enables one to compute the sound speed as a function of frequency, including the intermediate frequency
range, and we can account for �uid-internal attenuation. For this, we refer to the recent work of Fuster and
Montel (2015). They assumed that the vapor is located inside spherical bubbles with equilibrium radius
R, together with some air (or another gas di�erent than H2O). They de�ned the total water mass �ux J
inside the bubble along the bubble radiusr to be the sum of the di�usive vapor �ux through the air and
the advective �ux scaled by the vapor concentration Y . At the interface, the total �ux equals the purely
advective mass �ux in the liquid, thus

JY + � bD M
b

@Y
@r

= J at r = R; (4.12)

where there is no di�usion term at the liquid side, because the air is assumed to stay in the bubble.
Quantity � b is the density of the air-vapor mixture in the bubble and D M

b is the mass di�usion coe�cient
of vapor in air. For the heat �ux, Fuster and Montel (2015) de�ned the di�erence of the conductive heat
�ux in the liquid and the bubble to be equal the vaporization enthalpy � H vap times the total mass �ux
across the interface,

� l
@Tl
@r

� � b
@Tb
@r

= J � H vap at r = R; (4.13)

where � l and � b are the thermal conductivities, Tl and Tb are the temperatures and the subscripts b and
l refer to the liquid and bubble phase respectively. In Eqs. (4.12) and (4.13), the total mass �ux of water
across the bubble-liquid interface,J (r = R) is equal the amount of vapor that undergoes phase change.
Fuster and Montel (2015) de�ned this mass �ux, which is driven by the evaporation and condensation at
the surface of the bubble, by the Hertz-Knudsen-Langmuir (see Fuster and Montel, 2015, and references
therein) expression to be

J (r = R) = � evap
P I

eq � P I
b,vaporp

2�R specTint
: (4.14)

Here � evap = 0 :35 is the accommodation coe�cient. It is de�ned as the ratio of the molecules which
absorb at the liquid surface to the total number of molecules hitting the liquid surface. The di�erence
P I

eq � P I
b,vapor is the discrepancy between the equilibrium pressure and the partial vapor pressure at the

interface, Rspec is the speci�c gas constant of vapor, which is de�ned as the di�erence of the isobaric and
isochoric heat capacities,Rspec = cP,v � cV,v , and Tint is the temperature at the bubble-liquid interface.

The mass- and heat-�uxes described in Eqs. (4.12)-(4.14) can be used to compute the frequency-
dependent sound speeds and the related attenuation factors. For this, expressions for the resonance
frequency ! 0 and the damping coe�cient b were derived by Fuster and Montel (2015), and similarly
by Prosperetti (2015). Their derivations are based on the Rayleigh-Plesset equation (e.g. Plesset and Pros-
peretti, 1977) an on the assumption that the bubbles are surrounded by a liquid expanding towards in�nity.
The corresponding expressions forband ! 0 are reproduced from Fuster and Montel (2015) in the Appendix.
Fuster and Montel (2015) then use! 0 and b for calculating the frequency-dependent sound speed of the
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liquid-bubble mixture, following the frequency-domain approach of Commander and Prosperetti (1989).
This yields the complex sound speedscc as a function of angular frequency! :

1
c2

c

�=
1
c2

l
+

3�
R2

0

1
! 2

0 � ! 2 + 2 ib!
; (4.15)

where i is the imaginary quantity, cl is the sound speed of the pure liquid phase, and� is the volumetric
bubble content. Here, it is assumed that all bubbles have the same equilibrium radiusR0. In the case
of varying radii, the volumetric bubble content becomes (Commander and Prosperetti, 1989; Fuster and
Montel, 2015)

� �=
4�
3

n

1Z

0

R3
0f (R0) dR0; (4.16)

where f (R0) is a probabilistic function for the bubble equilibrium radius and n is the number of bubbles
per unit volume. Using this expression in Eq. (4.15), the sound speed is de�ned as (Commander and
Prosperetti, 1989; Fuster and Montel, 2015)

1
c2

c

�=
1
c2

l
+ 4 �n

1Z

0

R0f (R0)
! 2

0 � ! 2 + 2 ib!
dR0; (4.17)

From the complex sound speedscc, obtained from Eq. (4.17), the real valued sound speeds of the boiling
�uid are, analogous to Eq. (4.4), computed by

c =
�

Re
�

1
cc

�� � 1

; (4.18)

and the inverse quality factors, indicating �uid-internal attenuation, by

1
Qf

=
Im( K f )
Re(K f )

; (4.19)

where the complex valued �uid bulk modulus is obtained from the complex sound speed byK f = c2
c � f

according to Eq. (4.8).
Real-valued sound speeds and attenuation factors resulting from Eqs. (4.17)-(4.19) are shown in Fig. 4.4-

b and 4.4-c for varying volumetric bubble content � , where values of e.g.� = 10 � 2 correspond with vapor
mass fractions of the order ofxm = 10 � 4. Note that the theory of Fuster and Montel (2015) is valid only
for such small bubble concentrations, because the bubbles are assumed to be surrounded by large volumes
of pure liquid water. The sound speeds were computed for boiling conditions at 50 bar pressure (i.e.
T = 264� C). The distribution of equilibrium radii f (R0) we de�ned to be a lognormal distribution with
a mean valueR0,mean = 1 mm, and a standard deviation of 0.5 (Fig. 4.4-a). ForY0, the vapor content in
the bubble at equilibrium, an intermediate value of Y0 = 0 :5 is assumed. For an analysis of how the sound
speeds depend onY0 we refer to the work of Fuster and Montel (2015), where it is shown that varyingY0

between 0.02 and 0.99 results in a shift of the frequencies in Figures4.4-b and -c by around one order of
magnitude. All other input parameters correspond with the values for the given pressure and temperature
values, computed usingXSteam and listed in Tab. 4.3.

As shown in Fig. 4.4-b, dynamic sound speeds at high frequencies correspond with the sound speed of
liquid water. This is consistent with the high-frequency limit provided by the non-equilibrium approach of
Kie�er (1977), where at such low vapor content, sound speeds also merge with the pure liquid sound speeds.
At lower frequencies, the sound speeds are signi�cantly reduced as we already observed for the low frequency
limit given by the instantaneous-equilibrium approach of Kie�er (1977). This accounts for the fact that
wave periods are long enough for thermodynamic equilibration through heat and mass transfer between
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Figure 4.4: Sound speeds and attenuation factors for water at the liquid-boiling boundary (at the dis-
continuity in Fig. 4.3b), considering a dynamic thermodynamic equilibrium. (a) Radius-
distribution of the air-vapor bubbles, used to calculate the frequency-dependent sound speed
(b) and 1=Qf attenuation factors (c) for di�erent values of volumetric vapor content � , com-
puted considering the dynamic equilibrium using the theory of Fuster and Montel (2015).

the bubble and the surrounding liquid. However, contrary to the instantaneous equilibrium calculations of
Kie�er (1977) where the sounds speeds at low vapor concentrations converged to low, constant values, the
solution of Fuster and Montel (2015) is observed to align more and more with sound speed of liquid water
as the vapor fraction vanished to� ! 0. Thus, we do not observe a discontinuous behavior between sound
speeds of pure liquid and boiling water.

The dynamic sound speeds are complex-valued and, thus, allow one to study �uid-internal wave attenu-
ation in terms of the inverse quality factors 1=Qf from Eq. (4.19). They are shown in Fig. 4.4-c, where we
observe the strongest attenuation peaks for higher vapor content� and lower values for decreasing� . The
characteristic frequencyf c of around f c = 104Hz, at which attenuation reaches its maximum, corresponds
with the frequency at which the sound speeds in Fig. 4.4-b show the strongest dispersion. It also re�ects
the approximate time needed to reach the thermodynamic equilibrium, given by the wave period at the
characterisitic frequency, T = 1=f c = 0 :1 ms. The main mechanism responsible for the attenuation at
these high frequencies is related with bubble oscillations, whereas the less dominant attenuation at lower
(seismic) frequencies is due to mass transfer (Fuster and Montel, 2015). The value off c depends to some
degree on the �uid properties listed in Tab. 4.3, but predominantly on the size of the bubbles. Bubble
sizes used here vary around a mean value ofR0,mean = 1mm (Fig. 4.4-a). Increasing the mean radius by a
factor of 10 while keeping the standard deviation constant would lead to a decrease of the characteristic
frequency by an order of magnitude.

4.3.4 Key observations for e�ective �uid properties

We examined e�ective �uid properties, depending on the �uid state. Pressure- and temperature-dependent
�uid properties of water in the pure liquid and pure vapor states are well known and provided in ther-
modynamic databases. For boiling water with a variable vapor-liquid ratio, however, there is no generally
valid approach to compute e�ective �uid properties, as discussed in detail for the two-phase �uid sound
speeds. Unrelaxed and relaxed sound speeds, obtained while assuming non- and instantaneous thermody-
namic equilibrium, respectively, di�er substantially, especially towards lower vapor contents and boiling at
relatively low �uid pressures. At vanishing vapor contents, the unrelaxed sound speed converges with the
one of pure liquid water, whereas the relaxed sound speed remains at a low constant value. For such low

82



4.4 Rock physics modeling for variable �uid properties

Table 4.3: Fluid properties used as input parameters for the dynamic equilibrium model, de�ned for 50
bar equilibrium pressure and 264� C equilibrium temperature, obtained from Holmgren (2006)

Liquid water Water vapor
Sound speed of pure liquidc (m s� 1) 1088 -
Density � (kg m� 3) 777 25
Viscosity � (Pa s) 0.00015 -
Thermal conductivity � (W kg � 1 K � 1) 0.60 0.057
Isobaric speci�c heat cP (J kg� 1 K � 1) 5032 4438
Isochoric speci�c heat cV ( J kg� 1 K � 1) - 2590
Speci�c enthalpy H (kJ kg � 1) 1155 2794
Water-vapor surface tension� (kg s� 2) 0.023

vapor fractions with large discrepancies between the relaxed and unrelaxed sound speed, which represent
the low- and high-frequency limits, we can compute frequency dependent sound speeds by assuming that
thermodynamic equilibration of the �uid-phases is dynamic, i.e. time-dependent. This enables computing
the sound speed dispersion as a function of �uid properties and bubble size and additionally accounting
for �uid-internal attenuation.

4.4 Rock physics modeling for variable �uid properties

The e�ect of �uid saturation, varying from liquid water to boiling water and �nally to water vapor, on the
seismic properties of fractured rock is next tested with a simple example. We assume the speci�c enthalpy
of the saturating �uid to vary from H = 500 kJ kg� 1 up to H = 3300 kJ kg� 1, while keeping the �uid
pressure constant atPf = 50 bar (black, dotted curve in Fig. 4.2). Thus, we can attribute all observed
e�ects to variations in �uid properties, since the e�ective pressure is constant and rock properties are
assumed to be pressure-dependent but not temperature-dependent in our fractured rock model. For the
given values ofP and H , the �uid viscosity � f and �uid bulk modulus K f are computed and inserted into
the fractured rock model via Eqs. (4.1) and (4.2). The fractured rock model is similar to the one analyzed
in detail by Quintal et al. (2014). It consists of two intersecting elliptic fractures with an intersection angle
of 45� and an aspect ratio of 400 (Fig. 4.5). These fractures are embedded within an intact rock of low
porosity and low permeability and with much higher sti�ness than the fractures. Values of all poroelastic
parameters are listed in Tab. 4.4. Referring to our earlier study (Grab et al., 2017), these properties
correspond with those of a basaltic rock, exposed to a constant e�ective pressure of 100 bar, and, thus,
with a lithostatic pressure of Plith = Pe� + Pf = 150 bar, which is equivalent to a depth of around 450 m.

Frequency-dependent seismic velocities and attenuation factors of the saturated fractured rock are com-
puted from Eqs. (4.4) and (4.6) after modeling the strain responding to a given stress by the �nite-element
implementation of Eqs. (4.1) and (4.2) in Comsol Multiphysics R
 . For calculating the saturated bulk
density of the rock, the �uid density � f is also required.

4.4.1 Fractured rock modeling for unrelaxed and relaxed �uid compressibility

At a �uid pressure of 50 bar, the boiling region extends from an enthalpy of around 1150 up to around
2800 kJ kg� 1 (Fig. 4.2-b). For liquid water at H < 1150 kJ kg� 1 and vapor at H > 2800 kJ kg� 1, �uid
properties K f , � f , and � f are obtained from the IAPWS standards. The unrelaxed and relaxed bulk moduli
of boiling water for the enthalpy range 1150 kJ kg� 1 < H < 2800 kJ kg� 1 are obtained from Eq. (4.8),
while using sound speeds derived according to Kie�er (1977) and given by Eq. (4.10) for the un-relaxed
and by Eq (4.11) for the relaxed case, respectively. The dynamic viscosity for the boiling water is obtained
from Eq. (4.7). The resulting properties over the full enthalpy range are shown in Fig. 4.6-a to -c, with
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Figure 4.5: Simple fractured rock model of0:5� 0:5 m size and consisting of two elliptic fractures (yellow)
with an intersection angle of 45� and each with an aspect ratio of 400.

Table 4.4: Fluid properties used as input parameters for the dynamic equilibrium model, de�ned for
50 bar equilibrium pressure and 264� C equilibrium temperature.

Intact rock Fractures
K d (GPa) 32 0.028
Gd (GPa) 22 0.032
K s (GPa) 68 68
� (%) 2.87 84.45
k (m2) 7 � 10� 18 1 � 10� 9

� b (kg m� 3) 2590 1070

the boundaries of the liquid-, boiling- and vapor-regions indicated by the vertical dashed lines. For this
example, we observe the bulk modulus of the liquid to be more than an order of magnitude larger than that
of the boiling water and the pure vapor. Compared with this larger di�erence, the discrepancy between
the unrelaxed (blue in Fig. 4.6-a) and relaxed (green) case are small and only visible when plottingK f

on logarithmic scale. Towards the boiling-vapor boundary, relaxed bulk moduli are slightly higher than
the unrelaxed ones, which is due to the inaccuracy of the relaxed �uid model at high vapor content,
where it does not converge with pure vapor bulk moduli (see Fig. 4.3-b). At the liquid-boiling transition at
H = 1150 kJ kg� 1, the relaxed bulk modulus is discontinuous, whereas the unrelaxed bulk modulus exhibits
a very strong gradient in the non-equilibrium case. In contrast, the viscosity and the density (Fig. 4.6-b
and 
-c) gradually decrease in the boiling zone with increasing enthalpy due to the approximately linear
increase in vapor fraction (see vapor fraction contour lines in Fig. 4.2-b).

The resulting seismic velocities and attenuation factors of the fractured rock saturated with �uid having
these varying �uid states (indicated in terms of enthalpy) are shown in Fig. 4.6-d to -g for frequencies
ranging from 10� 2 up to 106 Hz. Black curves show the seismic properties of a rock saturated with pure
liquid water and pure vapor. Seismic properties of a rock saturated with boiling water being not (unrelaxed)
and instantaneously (relaxed) in thermodynamic equilibrium, are plotted in blue and green respectively,
with the di�erences indicated by the shaded areas. For the overall frequency-dependent behavior of the
fractured rock-seismic properties, we observe the same features as in our earlier study where we considered
pure liquid water saturation only: At the characteristic frequencies where the seismic velocities show the
strongest dispersion, we also observe maxima in the attenuation factors. We can distinguish two attenuation
mechanisms. At high frequencies (in this example at aroundf c = 104 Hz), the attenuation is caused by
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Figure 4.6: Fluid bulk modulus (a), viscosity (b), and density (c) versus speci�c enthalpy for a �uid
pressure of 50 bar (black dots in Fig. 4.2-b). These �uid properties are used to compute
the seismic properties of �uid-saturated fractured rock (model in Fig. 4.5), which are shown
in subplots (d) and (f) in terms of the P-wave and S-wave velocities, and in (e) and (g) in
terms of the corresponding inverse P-wave and S-wave attenuation factors. In (d-g), green
lines represent saturation with unrelaxed �uid, blue with a relaxed �uid and shaded areas
show the discrepancies between the two. The red line results when the �uid is allowed to
equilibrate dynamically, assuming a volumetric bubble content � = 10 � 2 (shown in greater
detail in Fig. 4.7).

�uid �ow between the two fractures as they are compressed to di�ering degrees due to their di�erent
orientation, whereas at low frequencies (at aroundf c = 10 � 1 Hz) the attenuation is caused by �uid �ow
from the compressible fractures into the sti� and less permeable matrix (see Grab et al., 2017, for a detailed
analysis).

Regarding the change of the seismic properties under varying �uid state, we observe both attenuation
mechanisms to persist over the full enthalpy range. Additionally and most prominently, we observe a
strong decrease of both the seismic velocities and the magnitude of attenuation when the saturating water
changes from the liquid to the boiling or vapor state. This is directly attributed to the large contrast in
compressibility at the liquid-boiling boundary. A closer look at the characteristic frequencies, at which
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the attenuation maxima occur, reveals a sharp shift towards lower frequencies at the liquid to boiling
transition, and a gradual trend towards higher frequencies as the enthalpy increases within the boiling
zone. This behavior can be explained using the de�nition of the characteristic frequency, given by Norris
(1993), which is

2�f c =
D
l2
d

; (4.20)

whereld is the di�usion length, D is the hydraulic di�usion coe�cient, D = k=� f (�=K f+( � � � )=Ks) � 1M=M sat ,
and where M=M sat is the ratio of the dry frame P-wave modulus and the undrained (saturated) P-wave
modulus. Considering that all parameters in Eq. (4.20) are constant in our example except forK f and
� f , it is evident that the shift of f c towards lower frequencies at the liquid-boiling transition is due to the
strong reduction of K f (Fig. 4.6-a), whereas the increasing trend off c within the boiling zone is due to the
gradual decrease of� f with increasing enthalpy (Fig. 4.6-b).

The di�erences resulting from the discrepancies between unrelaxed and relaxedK f (gray-shaded areas
in Fig. 4.6-d to -g) are small at the boiling-vapor boundary. At lower vapor content, i.e. at enthalpies
decreasing towards 1150 kJ kg� 1, the discrepancy increases, but remains below around 5% for the seismic
velocities and below an order of magnitude for the attenuation factors. For enthalpies directly at the liquid-
boiling boundary, the most signi�cant discrepancy is observed, since the unrelaxedK f is becoming as high
as K f of pure liquid water, whereas relaxedK f reaches its minimum value, which is even considerably
below K f of pure vapor. Since the unrelaxed case represents the high-frequency limit, and the relaxed
case the low-frequency limit, we expect that the �rst yields accurate seismic properties of the fractured
rock at the uppermost frequencies and the later at the lowest frequencies only, whereas in between, the
deduced seismic velocities are inaccurate to degrees re�ected by the magnitude of the discrepancy between
the high and low frequency limit. Thus, computing seismic properties at the liquid boiling boundary, where
the discrepancy is very large (shaded area atH = 1155 kJ kg� 1 in Fig. 4.6-d to -g), requires one to use
frequency-dependent �uid properties as provided under consideration of dynamic �uid equilibration.

4.4.2 Fractured rock modeling for dynamic �uid compressibility

At the liquid-boiling boundary, where the vapor-content becomes extremley small, dynamicK f can be
computed using the approach of Fuster and Montel (2015). This results in a frequency-dependent bulk
modulus, since the thermodynamic equilibrium is considered to be reached dynamically only after some
time. It was computed in Section 4.3.3 for water at 50 bar pressure and of 1155 kJ kg� 1 enthalpy, with
variable bubble content of � = [10 � 4; 10� 3; 10� 2], for a bubble radii distribution as shown in Fig. 4.4-a, and
with an air-vapor ratio Y0 = 0 :5. We insert them into the fractured rock model as frequency-dependent,
complex-valued (frequency domain) quantities via Eq. (4.2).

The resulting seismic properties of fractured rock are shown in Fig. 4.7, together with the seismic proper-
ties of a rock saturated with a �uid under non- (blue lines) and instantaneous (green lines) thermodynamic
equilibrium. We observe that the seismic velocities are close to the unrelaxed case for the smallest bubble
content � and that VP (as well as VS but to a lesser degree) deviates towards the relaxed case at low
frequencies as� increases. Corresponding to the larger velocity dispersion resulting from the frequency-
dependentK f , the attenuation factors 1=QP and 1=QS exceed those of both the non- and the instantaneous
equilibrium cases. Especially at around104 Hz, the P-wave attenuation is strongly ampli�ed far beyond
the attenuation caused by wave-induced �uid �ow between fractures and matrix. This is due to the �uid-
internal attenuation, caused by energy dissipation in the form of latent heat during �uid-phase transition
and in the form of mass transfer between the liquid and vapor phases and di�usion inside the bubbles. It
peaks at a resonance frequency, which depends on the predominating bubble radii, as discussed in Section
4.3.3.

To put this phenomenon into perspective with the �uid e�ects observed over the entire enthalpy range,
we plot the seismic properties of fractured rock saturated with a boiling �uid of bubble content � = 10 � 2,
in Fig. 4.6-d to -g (red curves). For the S-wave velocity and S-wave attenuation, the e�ects are relatively
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Figure 4.7: P-wave velocities (a), S-wave velocities (b), inverse P-wave quality factors (c) and inverse
S-wave quality factors for a fractured rock as shown in Fig. 4.5 saturated with a �uid at the
liquid-boiling boundary (at H = 1150 kJ kg� 1 in Fig. 4.6d-g), which is unrelaxed (blue),
relaxed (green), and dynamic (red), the latter with varying volumetric bubble content � .

small. In comparison, the attenuation and velocity dispersion due to �uid �ow between fractures and
matrix are much more dominant than the �uid internal e�ects obtained from dynamic �uid compressibility
modeling (Fig. 4.6-e and -g). More pronounced is the P-wave velocity dispersion as it is of similar magnitude
to the large decrease ofVP between the liquid and the boiling zone (Fig. 4.6-d). The most pronounced
phenomenon, however, is observed for the P-wave attenuation, with a remarkable decrease at seismic
frequencies and an additional strong attenuation peak at higher frequency. For the example shown here,
this additional attenuation is larger than the attenuation caused by any other mechanism.

4.4.3 Key observations from fractured rock modeling

We investigated the seismic properties of fractured rock saturated with a �uid of varying �uid state. Strong
velocity dispersion and attenuation were observed for saturation with liquid water. In our example of a
fractured rock, this is prominently due to wave-induced �uid �ow between fractures and matrix for the
P-wave (at frequencies down to the seismic range) and between di�erent fractures for the S-wave (at sonic
up to ultrasonic frequencies). When the water is heated up, seismic velocities and the magnitude of their
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dispersion and attenuation slightly decrease and, eventually, drop rapidly to much lower values at the
liquid-boiling boundary. Within the boiling zone, dispersion and attenuation are slightly increased at
intermediate vapor content and reach again very small values for a rock saturated with pure vapor. The
characteristic frequency, at which dispersion and attenuation reach their maximum values, shifts towards
lower values at the liquid-boiling boundary compared with purely liquid saturation, which is due to the
lower bulk moduli of the two-phase �uid. Within the boiling zone, the characteristic frequency gradually
increases due to the increase in dynamic viscosity with higher vapor content.

Regarding the discrepancies in fractured rock seismic properties between �uid saturation under non-
(unrelaxed) and instantaneous (relaxed) thermodynamic equilibrium, we observed them to be small for
most parts of the boiling zone. However, at the liquid-boiling boundary, where the vapor fraction becomes
vanishingly small, the two solutions strongly deviate, which indicates that results are accurate only at
frequencies which can be expected to hold for the high- and low-frequency assumption. Seismic properties
of fractured rock saturated with boiling �uid at the liquid-boiling boundary are therefore computed using
dynamic, i.e. frequency-dependent, �uid bulk moduli as provided under consideration time-dependent
thermodynamic equilibriation. This enables one to study the seismic velocity dispersion at intermediate
frequencies and the �uid-internal attenuation which is superimposed on the attenuation due to wave-
induced �uid �ow through the rock frame. Especially for the P-wave attenuation, �uid internal attenuation
is observed to contribute considerably to overall attenuation.

4.5 Reservoir-scale example

In Section 4.3 it is apparent that substantial variations in the compressibility of boiling water have to
be expected if the vapor content varies, but also at constant vapor content, substantial di�erences were
observed when comparing the values at the low and high frequency limits (Fig. 4.3-a and -b). These
di�erences occur because the two �uid phases are geometrically arranged in a heterogeneous fashion at
the micro-scale (below the pore scale). Substituting such �uid compressibility in a poroelastic model with
heterogeneities in the solid frame at the mesoscopic scale (larger than pore scale but smaller than the
wavelength scale), such as with our fractured rock model of Section 4.4, results in seismic velocities and
attenuation factors of the fractured rock which also get modi�ed depending on the thermodynamic state of
the �uid (Fig. 4.6-d to -g). Field-scale seismic exploration campaigns aim at detecting such �uid-induced
alterations of seismic properties, in order to interpret them in terms of �uid state for �nding anomalous hot
�uids in the subsurface (e.g. Tryggvason et al. (2002), Adelinet et al. (2011), Jousset et al. (2011)). Due
to their low frequency/long wavelength, the seismic waves employed sense fractured rock as a continuum
and are not sensitive to single fractures. This makes it di�cult to distinguish anomalous �uid e�ects from
other irregularities such as the pervasive lithological heterogeneities. For analyzing to what degree �uid
properties can be inferred from seismograms, we next simulate a seismic �eld campaign with a reservoir-
scale example by wave-propagation modeling. We setup an exemplary input model of a geothermal reservoir
with a heterogeneous geology and with �uid properties varying with depth as they most likely would vary
in a real reservoir due to large-scale hydrothermal convection.

4.5.1 Geothermal reservoir model

The evolution of large-scale hydrothermal convection in high-enthalpy geothermal reservoirs was examined
for systems of di�erent permeability in a �uid-�ow and heat-transfer study carried out by Scott et al. (2016).
They showed that especially for intermediate permeability, being10� 15 m2 over the entire homogeneous
crust, extensive boiling plumes are able to develop over the system's life time. In their models they assumed
that at time zero magma intruded into a lithosphere which is initially relatively cold and has an average
geothermal gradient. At early times, water boiling begins at large depths close to the intrusion, whereas at
shallower depths the initial geothermal gradient is maintained longer and the water remains in the liquid
state. Here, we will refer to this state as aYoung System. The temperature-depth pro�le of such a young
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system is reproduced from Scott et al. (2016) in blue in Fig. 4.8-a. At later times, �uid convection involves
larger and larger parts of the system, up to the point where the up�owing �uid is no longer hindered by the
cold and dense overlying liquid groundwater and a boiling zone is established from large depths up to the
surface. This is shown by the red curve in Fig. 4.8-a, which follows the boiling curve over the entire depth
range, and we refer to it as aMature System. Finally, after the entire magma chamber is crystallized, the
system starts to cool down �rst at large depths through the recharge of cold meteoric water from the side
and boiling is only preserved closer to the surface for some more time. This stage is shown in yellow in
Fig. 4.8-a and we refer to it as anOld System.

Figure 4.8: (a) 1-D temperature pro�les after Scott et al. (2016), (b) Conceptual geology for the back-
ground model with source and receiver locations of a VSP-geometry.

In a young system, deep drilling is required to access highly energetic �uids. At the other extreme
of an old system, no energetic �uids remain at larger depth because the cooling has progressed to a
considerable distance, unlike the boiling water at shallow depth might promise. Therefore it is of interest
in seismic exploration to be able to distinguish the mature system from the young and old system. For the
wave propagation example, we setup reservoir models which di�er in terms of their vertical hydrothermal
structure according to these three cases. Since the seismic response is a�ected signi�cantly by geological
heterogeneities, we will use a model of heterogeneous geology unlike the model of Scott et al. (2016). A
sketch of the hypothetical geology is given in Fig. 4.8-b. We assume that the reservoir is located in a crust
which, close to the surface, consists of horizontally layered pyroclastic and basaltic deposits. At greater
depths, subhorizontal sills and subvertical dykes become more dominant. The basement rock is considered
to consist of large gabbro bodies. Fluid �ow is assumed to predominantly take place in a fracture network,
which is related to normal faulting which occurs at the margin of tectonic rifting. The rock far away from
the fault is assumed to be unfractured with porosity and permeability values appropriate for intact rock.

4.5.2 Saturated rock properties versus depth

Pressure-enthalpies curves of the �uids in the young, mature, and old system, as they were obtained by
�uid-�ow and heat-transfer modeling by Scott et al. (2016), are superimposed on Fig. 4.2-b by the color-
coded dotted lines. Properties of the �uids under these pressures and enthalpies were computed according
to Section 4.3 and displayed in Fig. 4.9. At depths below 1800 m, �uid properties are kept constant
since our fractured rock model is not valid for higher temperatures observed by Scott et al. (2016), which
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are beyond the brittle-ductile transition. The �uid density � f of water in the liquid, boiling, and vapor
states, as well as the dynamic viscosity� f and the compressibility K f of liquid water and vapor were taken
from the IASPW-standards. The viscosity of boiling water was computed from Eq. (4.7). Except for the
liquid-boiling transition, the compressibility of boiling water was obtained from relaxed (low frequency
assumption) sound speed given in equation Eq (4.11) from Kie�er (1977). For boiling water at the liquid-
boiling boundary, we used the complex-valued dynamic sound speed given by equation Eq (4.17), according
to Fuster and Montel (2015). The resulting real-valued �uid bulk moduli are shown in Fig. 4.9-a, by the
solid lines. The dotted curves indicate relaxedK f of a �uid at the liquid-boiling boundary.

Figure 4.9: Fluid properties versus depth for the young, mature and old system. Symbols indicate the
discrete input parameters used for the rock physics modeling. (a) Fluid bulk modulus, with
the dotted lines indicating K f resulting when not using the dynamic (frequency-dependent)
calculations at the liquid-boiling boundary, (b) dynamic viscosity of the �uid, (c) density of
the �uid.

Seismic velocities of intact rock, saturated with a �uid with bulk moduli according to Fig. 4.9-a, were
computed using Gassmann's �uid substitution approach (Gassmann, 1951). Elastic moduli, porosities, and
densities as a function of e�ective con�ning pressure were de�ned according to lithology B presented by
Grab et al. (2017) which corresponds with a basaltic rock having relatively low porosity below 3%. The
inhomogeneous model is obtained by varying the resulting depth-dependent seismic velocities of di�erent
regions, depending on the lithology outlined in Fig. 4.8-b. Plausible magnitudes of variations in seismic
properties were approximated from intact rock �uctuations analyzed experimentally by Grab et al. (2015)
and further discussed by Grab et al. (2017). Relative to the seismic velocities of basaltic rock, velocities
are reduced by 50% for the pyroclastic and shallow basaltic lava �ows deposits, and increased by 25% for
the doleritic sills and deep basaltic formations, by 50% for the sheeted dyke complex, and by 75% for the
deep gabbro bodies. Each lithological unit contains additional internal heterogeneities of dimensions down
to the sub-wavelength scale. They were computed as elongated (layered lithologies and sheeted dykes)
and non-directional (gabbro bodies) Perlin noise (Perlin, 1985) patches. An example of the resulting
heterogeneous model is shown in Fig. 4.10-b forVP of the old geothermal system. Due to low porosities,
seismic velocities of the background medium are only little sensitive to varying �uid properties. Thus,
VP values of the young and mature systems are almost identical with those of the old system, varying as
function of �uid bulk modulus by less than 3%. Also the variation in the VP / VS ratio is insigni�cant (in
comparison to the variation in the fracture zone introduced below). Thus, the VS structure looks almost
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identical as the VP structure shown in Fig. 4.10-b, with the color axis scaled byVS = (0 :59 � 0:03)VP .
As the seismic attenuation is expected to be very low for intact rock being saturated homogeneously on a
mesoscopic scale, we used constant high quality factors (inverse of attenuation)QP = 2000 and QS = 2000
for the full depth range of the background model.

Figure 4.10: Fracture network model, used for modeling the seismic properties of the fault zone, re-
produced from Grab et al. (2017). (b) P-wave velocity model with a heterogeneous back-
ground medium. The S-wave velocity structure is similar, with the color axis scaled by
VS = (0 :59 � 0:03)VP . The fracture zone region is indicated in gray. Depth-dependent
seismic properties of the fractured zone are shown in Fig. 4.11.

At the location of the large normal fault (labeled fault in Fig. 4.8-a), we superimposeVP , VS, QP , and
QS of a �uid-saturated fractured rock with fracture network geometry as shown in Fig. 4.10-a. For a
detailed analysis of this model, we refer to Grab et al. (2017). Seismic properties are superimposed on
the heterogeneous background model with a gradual transition between the fractured zone and the intact
rock as indicated by the gray-scale area in Fig. 4.10-b. The fracture zone is around 200 m wide, which is
most probably in excess of the usual width of fracture zones related with normal faulting. On the other
hand, all other regions of the model are completely free of fractures. This does not really re�ect reality but
compensates to some extent for the too wide fracture zone.VP , VS, QP , and QS were computed according
to Section 4.2 for seismic frequencies of 10 Hz and with �uid compressibility, dynamic viscosities, and
density varying with depth as shown in Fig. 4.9. The intact rock and fracture properties correspond with
those of lithology B introduced by Grab et al. (2017). The resulting P- and S-wave velocities are shown
by the triangles connected with the solid lines in Fig. 4.11-a and b. Overall, they increase with depth due
to the compaction of the fracture network (as discussed by Grab et al. (2017)). ForVP , additional strong
variations can be observed, which are caused by the �uid bulk moduli variations at the di�erent evolution
stages of the reservoir (compare with Fig. 4.9a). HighVP values result from the high bulk moduli of liquid
water, whereasVP of rock containing boiling water is substantially reduced. This is most pronounced
for water at enthalpies closest to the liquid-boiling transition, occurring at depths above 800 m in the
mature system (yellow graph in Fig. 4.11-a). In contrast, S-wave velocities are only slightly a�ected by
the varying �uid conditions (Fig. 4.11-b). The quality factors for the �uid-saturated fractured rock are
shown in Fig. 4.11-c and d. They are low for rock saturated with liquid water at around 50 forQP and
around 500 forQS. Quality factors of rocks saturated with boiling �uids are much higher, most pronounced
for boiling water with its low compressibility, as it results from the relation of Kie�er (1977) for relaxed
sound speeds for low vapor content. The remarkable di�erence betweenQP and QS is related to speci�c
seismic wave frequency of 10 Hz chosen in this example. As shown by Grab et al. (2017) for this particular
example, P-wave attenuation at such low frequencies is mostly due to wave-induced �uid �ow between
highly permeable fractures and the dense surrounding matrix. In contrast, S-wave attenuation is stronger
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for wave-induced �uid �ow between fractures of di�erent orientation, which arises at higher frequencies
only due to the high permeability of the fractures.

Figure 4.11: Seismic P- and S-wave velocities (a and b), and seismic P- and S-wave attenuation factors
(c, and d) of �uid-saturated fractured rock. Symbols indicate the discrete points for which
fractured rock properties were modeled, interpolated solid lines are the properties used for
creating the input models for the wave propagation modeling. The dotted lines are the prop-
erties which would result when not using the dynamic (frequency-dependent) calculations
at the liquid-boiling boundary.

For comparison, fractured rock properties resulting when using relaxed �uid bulk moduli at the liquid-
boiling boundary are shown by the dashed lines in Fig. 4.11. Most pronounced, very high quality factors
can be observed, because at low vapor content very low �uid bulk moduli occur when the �uid is assumed
to be instantaneously in thermodynamic equilibrium. Therefore, attenuation due to wave-induced �uid
�ow has almost no e�ect because the �uid is highly compressible. In the dynamic case, in contrast,
�uid bulk moduli are higher and additional �uid-internal attenuation is taken into account, resulting in
reduced quality factors. For the wave propagation modeling, we will use fractured rock properties which
are computed under consideration of dynamic equilibrium at the liquid-boiling boundary.

4.5.3 Wave propagation modeling

Wave propagation through the model shown in Fig. 4.10-b was computed with the so�2D visco-elastic
wave propagation software (Bohlen, 2002). The viscoelastic rheology implemented in the so�2D-code is
a generalized standard linear solid. The software allows one to either specify a series of standard linear
solids to �t the Q-spectrum of interest, which is the same everywhere in the model, or to use a constant
Q-value approximation for each grid point, enabling spatially variable Q over the model domain. As we are
interested in a heterogeneousQ-distribution over the model domain, we used a constantQ-spectrum within
the narrow frequency spectrum of the modeled seismic wave. For the modeling example of this study, we
use a vertical seismic pro�ling (VSP) con�guration. The source is located close to the surface (asterisk in
Fig. 4.10-b), and emits a pulse in the form of a Ricker wavelet (explosive) with a center frequency of 10 Hz.
Seismograms were recorded from a vertical receiver array, which simulates a con�guration in a borehole
(triangles in Fig. 4.10-b). The model is surrounded by absorbing left, right, and bottom boundaries and a
free surface at the top boundary.

92



4.5 Reservoir-scale example

An example of the wave �eld resulting from the model in Fig. 4.10-b with a �uid saturation according
to the old system is displayed in Fig. 4.12-a as a snap-shot att = 0 :65 s. Fig. 4.12-b shows the discrete
seismograms which were recorded at the di�erent depths of the receiver locations. Both the snapshot
and the seismograms are for the horizontal particle motion. We can distinguish di�erent events from the
snap shot. It comprises a P-wave (labeled with "P" in Fig. 4.12), followed by an S-wave ("S"), both
propagating away from the source location in the form of approximately concentric circular wave-fronts.
From the surface, a P- to S-wave converted event is propagating downwards ("PS"), and at the fracture
zone, a small portion of the P-wave energy is re�ected and propagates backward as a re�ected P-wave event
("rP"). From the seismograms in Fig. 4.12-b we observe the direct P- and S-arrivals, which have passed
through the fracture zone. Additionally, secondary events of smaller amplitudes can be identi�ed in the
coda, which arise from scattering of background heterogeneities and multiple re�ections within the fracture
zone. These secondary events do not disturb much the �rst arriving P-wave, but strongly distort the S-
wave arrivals recorded by the more shallow receivers. There, the receivers are located close to lithological
interfaces, which is why secondary events arrive at similar times like the primary S-wave arrivals, causing
interference. In contrast, seismograms recorded at greater depths where the model is less heterogeneous
are only slightly disturbed by scattered events.

Figure 4.12: Results of wave propagation modeling for a reservoir within a heterogeneous geology and
the hydrothermal structure of the old system. (a) Snap shot of the wave �eld at t = 0 :65 s,
showing the horizontal particle motions, triangles indicate receiver locations, asterisk the
source location. (b) Seismograms showing horizontal particle motions versus time, recorded
at the various depths of the receivers.

In similar fashion, wave propagation was computed for the other models containing �uid saturations
according to the hydrothermal structure of a young- and a mature system, and, as a reference, for a
model containing no fractured fault-zone at all. For comparison, the resulting seismograms are displayed
in Fig. 4.13-a, where the yellow traces recorded in the old system are identical to the traces shown in
Fig. 4.12-b. Comparing the P-wave arrivals (�rst events, shown enlarged in Fig. 4.13-b), we observe them
to be most delayed for the mature system and the least delayed for the young system (relative to the P-
arrival time in the model without fault). This is consistent with lowest VP in the fracture zone of the mature
system (boiling over the entire depth range) and highestVP in the fracture zone of the young system (liquid
water over most of the depth range). By contrast, the S-waves are much harder to identify, especially in
the case of the old system, in which the waves are attenuated the most. Due to the interference with other
scattered or re�ected events arriving at similar times, especially at shallow depths, S-wave arrival times
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and amplitudes are di�cult to compare.

Figure 4.13: (a) Comparison of seismograms recorded in the bore-hole receiver array for a model without
a fault (black) with the seismograms resulting from input models according to the Young
(blue), Mature (red), and Old (yellow) system. (b) Zoom into the �rst P-wave arrivals with
P-wave �rst break times (red dots) set to t � = 0 . (c) Detailed view on the seismograms
recorded at 775 m depth.

For detailed analysis, a zoom is plotted for the �rst arrivals recorded at a depth of 775 m in Fig. 4.13-c.
The waves arriving at this depth have passed through the fracture zone at between around 800 and 500 m
depth, which is the depth range where we observe purely liquid water in the young system, boiling water
in the mature and the transition between liquid and boiling water in the old system (see Fig. 4.8-a). In
general, we observe the P-waves to arrive later due to the presence of the fracture zone. The delay is around
0.015 s in the young system, around 0.02 s in the mature system and around 0.03 s in the old system.
This is consistent with P-wave velocity of fractured rock being reduced the most due to the saturation
with boiling water compared with saturation with liquid water. Regarding the amplitudes of the waves,
we observe them to be attenuated to similar degrees for the young and mature system, whereas for the
old system, stronger attenuation is observed, which can be attributed to the lowestQ-values occurring due
to �uid-internal attenuation at the liquid-boiling boundary. In the neighboring traces at 475 and 1075 m
(Fig. 4.13-b), this e�ect is not visible anymore. Instead, the waveform recorded in the old system at 475 m
depth is very similar to the one of the mature system (boiling in both cases atz < 700 m), whereas at
1075 m the trace of the old system is very similar to the one of the young system (liquid water in both
cases atz > 800 m).

4.5.4 Key observations from the reservoir-scale example

At the reservoir scale, we investigated how the seismic response in the form of (low frequency) seismic waves
varies, depending on the hydrothermal structure of the reservoir. P-waves were observed to be delayed
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Figure 4.14: Comparison of seismograms recorded in the borehole receiver array for a geology which is
homogeneous apart from the fractured fault zone.

the most after passing through formations saturated with boiling water and vapor, whereas saturation
with liquid water causes smaller delays only. S-waves tend to be intensively distorted by interference with
scattered and re�ected secondary events arriving at similar times and arrivals are di�cult to identify. This
becomes evident when comparing the S-wave arrivals in Fig. 4.13-a with those resulting from modeling
the wave propagation through a geology which is homogeneous (apart from the fractured fault zone). The
latter is shown in Fig. 4.14, where S-wave arrivals can be identi�ed more easily. In the homogeneous model,
S-waves are observed to be delayed compared to the case where no fault zone exists (black seismograms
in Fig. 4.14) and to be approximately independent of varying �uid properties (color-coded seismograms).
This corresponds with the well-known fact that VP is increased due to the presence of liquids whereasVS

is not a�ected signi�cantly, which is used often for qualitatively interpreting seismograms in terms of �uid
saturation by means of anomalousVP / VS ratios. Additionally, we observed how the seismic amplitudes
of both, P- and S-waves decay to a di�erent extent depending on the saturating �uid, with formations
saturated with boiling water close to the liquid-boiling boundary absorbing the wave energy the most.
Thus, all e�ects of �uids on seismic velocity and attenuation observed at the micro- and mesoscopic scales
directly merge into the reservoir-scale seismic response. However, when comparing the amplitudes of �uid-
induced anomalies with the perturbed wave response due to geological heterogeneities, we �nd �uid e�ects
to be small.
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4.6 Discussion

The analysis of unrelaxed and relaxed sound speeds of boiling water, computed using the approach of
Kie�er (1977), reveals the di�erences between calculations under the assumption that the two-phase �uid
is not in thermodynamic equilibrium (representing the low-frequency limit) and that the two �uid phases
equilibrate instantaneously (high-frequency limit). In both cases, sound speeds �rst decrease as the vapor
content is reduced from purely vapor to vapor-liquid mixtures, as it has also been observed experimentally
(Commander and Prosperetti, 1989, and references therein). Di�erences between relaxed and unrelaxed
sound speeds are small at high vapor content and increase as the vapor concentration decreases. Largest
discrepancies occur when the vapor concentration becomes vanishingly small at the liquid-boiling boundary,
since the unrelaxed sound speeds converge with the sound speeds of purely liquid water, whereas the relaxed
sound speeds approach constant values, which are even considerably smaller than sound speeds of pure
vapor. This was also observed in practice and we refer to Bostrom et al. (2004), who used the fact of
strongly reduced sound speeds at vanishingly small vapor content to detect the nucleation of bubbles when
a liquid is depressurized below bubble point pressures.

Implementing the corresponding unrelaxed and relaxed �uid bulk moduli into the poroelastic fractured
rock model, consequently, gives raise to discrepancies in the resulting seismic velocities and attenuation
factors. Since the former case is valid at the high-frequency limit and the latter case at the low-frequency
limit, the resulting seismic velocities of the fractured rock represent the upper and lower bounds, with the
true velocities lying somewhere in between, depending on the actual frequency. For high enough vapor
content, the discrepancies between these bounds are observed to be small and it is reasonable to use either
the unrelaxed or relaxed approximation to model seismic properties depending on the frequency range of
interest. For the attenuation, the results are not representing upper and lower bounds, because for the
2-phase �uid we expect �uid-internal attenuation and the actual attenuation will be larger than the atten-
uation resulting from saturation with unrelaxed and relaxed �uids. Thus, using non- and instantaneous
equilibrium �uid bulk moduli results in attenuation factors which are underestimated to some degree. This
was also experimentally observed for gas dissolution-exsolution by Tisato et al. (2015) and recently by
Chapman et al. (2017) for low-frequency regimes.

At very low vapor content, the discrepancy between the sound speeds at non- and instantaneous ther-
modynamic equilibrium is large, which gives evidence of strong velocity dispersions and wave attenuation
for boiling water at the liquid-vapor boundary. This necessitates obtaining sound speeds of boiling water
with very low vapor contents over the entire frequency range, by considering that thermodynamic equi-
libration between the �uid-phases is dynamic, i.e. time-dependent, as implied in the approach of Fuster
and Montel (2015). From such calculations, small velocity dispersion and attenuation were observed at
low frequencies (seismic) due to heat transfer, whereas the strongest dispersion and attenuation occur at
higher frequencies (sonic to ultrasonic) due to bubble oscillations and related �uid phase changes. The
characteristic frequency, at which this strong attenuation occurs, depends mainly on the bubble radii, which
was assumed in our example to vary around a mean value of 1 mm. Typical fracture apertures at greater
depths are of similar size or smaller (e.g. Gudmundsson et al., 2002). Thus, �uid-internal attenuation (on
scales smaller than the pore scales) due to bubble oscillation can be expected to play only a minor role
in passive and active seismic campaigns conducted with low-frequencies, whereas attenuation due to heat
transfer might be signi�cant. On the other hand, larger bubbles with, correspondingly, lower resonance
frequencies would be larger than the typical pore space. In this case, seismic properties could be computed
using approaches which consider patchy saturation or squirt �ow, and we refer to the work of Smeulders
and Van Dongen (1997) who also considered thermodynamic interactions for this case.

At the reservoir scale, the seismic response as a function of the hydrothermal structure of the reservoir
was computed by viscoelastic wave propagation modeling. All e�ects of �uid-state alteration on seismic
velocity and attenuation observed at the micro- and mesoscopic scale merge into the reservoir-scale seismic
response. It leads to delayed seismic arrivals and attenuated amplitudes in the seismograms. However,
some of the features being indicative for the �uid state are strongly overprinted by secondary seismic
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events, especially the S-wave arrivals which likely overlap with scattered events arriving at similar times.
Thus, seismic anomalies due to �uid e�ects are accounted to be small in comparison with variations
due to geological heterogeneities, which are usually not a priori known. In view of this, we can expect
two-phase �uid bulk moduli computed at the low- and high-frequency limit to be su�ciently accurate,
since the discrepancies between these limits are small compared with the uncertainties due to geological
heterogeneities. However, if we expect boiling water with very low vapor content to occupy large parts of
the reservoir, seismic waves passing such regions will be substantially more attenuated due to the increased
�uid-internal attenuation than it is predicted when using static �uid compressibility only. Evidence for the
existence of large boiling regions with low vapor content was found by Scott et al. (2015), who observed it
in their 2-D models to extend to large circumferential parts of the hydrothermal upwelling plumes. Also
in a seismic interpretation study, it was recently suggested by Blanchard and Delommot (2015), that �uid
internal attenuation is responsible for parts of the attenuation they observed in their data, which was above
the attenuation expected from other mechanisms.

Overall, determining properties of the �uid in a geothermal reservoir from seismograms measured with
active and passive seismic techniques remains challenging if the geology is completely unknown, especially if
the reservoir is embedded into the magmatic-type crust. While in sedimentary basins, geological structures
can be anticipated to some degree (e.g. mainly horizontal contrasts from sedimentary layers), this is much
more di�cult in magmatic systems, where for example sub-horizontal lava �ow deposits are intersected
by dykes and sills of varying orientation and in potentially large numbers. However, as examined in our
wave propagation example, if we assume that the hydrothermal conditions vary while the geology remains
unchanged (as it is the case in time-lapse seismic experiments) there are anomalies detectable which are
indicative for the properties of the �uid saturating the geological formations. In this case, a quantitative
interpretation of tomographic seismic images requires rock-physics models which predict the sensitivity of
seismic parameters to changes in �uid properties, as provided by our study. This will help to establish
seismic techniques as e�ective tools for exploring geothermal systems, complementing other techniques
such as electromagnetic investigations and geochemical �uid probing, which in the past have been used
more frequently for geothermal exploration (Bruhn et al., 2010).

4.7 Conclusions

In the present study, we have computed seismic properties of fractured rocks saturated with water ranging
from the liquid to the boiling and to the vapor state. We investigated the importance of considering
�uid-�uid interaction when computing the compressibility of boiling water, consisting of vapor and liquid
phases of variable mixing ratio, and compared di�erent approaches under which the �uid is considered to
be either not (unrelaxed), instantaneously (relaxed), or with a time-delay (dynamic) in thermodynamic
equilibrium. Under the assumption of heterogeneities within the two-phase �uid being of scales below
the pore-size, we implemented the compressibility of the �uid as an e�ective property in a poroelastic
model, which provides frequency dependent seismic velocities and attenuation factors of fractured rock as
a function of �uid state. Knowing these seismic properties, the seismic response at the reservoir scale can
�nally be computed by wave propagation modeling, delivering the viscoelastic wave �eld as a function of
the hydrothermal reservoir structure. The conclusions from our study can be summarized in 4 points:

1. Unrelaxed bulk moduli of boiling water can be used in rock physics calculations to compute seismic
velocities at high (sonic to ultrasonic) frequencies, whereas relaxed bulk moduli yield such at low
(seismic) frequencies. If the boiling water contains vapor of more than the sub-percentage range, it
will result in seismic velocities which are accurate enough for most applications, as indicated by the
low discrepancies between the low- and high-frequency limit.

2. Similarly, attenuation factors for �uid-saturated rock can be computed using relaxed and unrelaxed
�uid bulk moduli. However, here the discrepancy between the low- and high-frequency limits is not
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indicative for the possible range of uncertainty, since the true attenuation factors are larger than the
range given by the relaxed and unrelaxed bounds, as �uid-internal attenuation is neglected.

3. At the liquid-boiling boundary where the vapor content is small, the discrepancy between non- and
instantaneous equilibrium is large, and we suggest to consider time-dependent thermodynamic equi-
libration when computing two-phase bulk moduli. This enables to compute �uid bulk moduli at
intermediate frequencies and to account for �uid-internal attenuation, which is potentially of similar
magnitude as attenuation due to other mechanisms.

The present analysis of �uid properties, together with the rock frame properties investigated in our
earlier study (Grab et al., 2017) enable the computation of fractured rock seismic properties of a geothermal
reservoir with spatially varying �uid state. They can be used to compute the seismic response due to �uid
e�ects at the reservoir scale and, thus, provide a valuable tool for quantitative interpretation of seismic
velocity tomograms and seismic re�ection images. In an example, we simulated a �eld-scale vertical seismic
pro�ling campaign and observed that

4. the e�ects of �uid-state variability are small compared to variations due to geologcial background
heterogeneity. Thus, when the geology is completely unknown, determination of �uid properties
from seismograms is challenging. However, if variations due to geology can be ruled out such as in
time-lapse seismic experiments, we can observe clear indications of the hydrothermal structure in the
seismograms.

Implementing e�ective �uid properties of two-phase �uids, computed according to this study, into a
rock physics model which considers permeable fracture networks such as the one presented in our earlier
study (Grab et al., 2017), can be used to compute the seismic properties at the reservoir scale for varying
hydrothermal structures. This provides the input model required for wave propagation modeling as it is
performed for predicting the seismic response of the reservoir with a given thermodynamic structure by
forward modeling (Section 4.5 in this paper) or for deducing the reservoir conditions from observed seismic
data by inverse modeling.

Appendix 4.A: Damping factor and resonance frequency after
Fuster and Montel (2015)

Expressions for damping coe�cient b and the resonance frequency! 0, required for computing dynamic
sound speed from Eqs. (4.15) and (4.17) were derived by Fuster and Montel (2015) to be
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where � is the surface tension coe�cient, and Pg,0 is the partial air pressure. Quantity � is the transfer
function relating the bubble radius oscillations with the internal bubble pressure variations, � Pb = � �� R.
Quantity J �

0 is the non-dimensional mass �ux across the bubble-liquid interface, de�ned as
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where the non-dimensional enthalpy of evaporation is� H �
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vap =cP,b T0, and
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 is the polytropic coe�cient of the vapor phase, de�ned as the ratio of isobaric and isochoric
heat capacities,
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is either controlled by the non-dimensional vapor di�usion inside the bubble
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or by the non-dimensional transient vaporization e�ects across the interface,
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In Eq. (4.26) the Sherwood number isShD = !R 2
0=DM

b,v , where D M
b,v is the mass di�usion coe�cient

of the vapor inside the bubble, for which we usedD M
b,v = 2 :3 � 10� 4 m2s� 1 (de�ned for 25� C). The
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with the Péclet number in the liquid de�ned as Pel = !R 2
0=DT

l and the thermal di�usivity in the liquid is
D T

l = � l =(� l cP,l ).
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Chapter 5

Conclusions and Outlook

Electricity production from geothermal resources is of growing importance worldwide (Bertani, 2016), but
lags behind other renewable energy sources in both absolute produced electrical energy and growth rate
(Rybach, 2014). Suitable sites for exploiting hydro, solar, wind, and biomass resources are relatively easy
to �nd, since they all predominantly depend on processes on the Earth's surface and in the atmosphere.
By contrast, geothermal resources are hidden in the Earth's interior which makes it di�cult to evaluate
their energy potential and to make them accessible with minimal drilling e�ort. Improved subsurface ex-
ploration and monitoring techniques will help to overcome many of the currently most pressing issues and
challenges regarding the exploitation of geothermal resources (Younger, 2015). Essential improvements can
be expected from the rapidly developing seismic imaging and monitoring techniques (Schmelzbach et al.,
2016). Rock physics plays a key role to fully exploit the potential of new seismic techniques, in order to link
the measured seismic quantities with the reservoir properties of hydro-thermal-mechanical interest and to
enable collaborative approaches including hydrological and geochemical techniques. Therefore, improved
techniques were developed in this thesis to relate frequency-dependent seismic velocity and attenuation fac-
tors with the reservoir properties across spatial scales and considering the varying temperatures, pressures
and �uid content. These reservoir properties include information about the permeability of underground
formations, the energy state of the saturating �uids and the type of lithology. Thus, they are critical for the
exploitation of hydrothermal and petrothermal resources and are needed to interlink seismic exploration
and monitoring with studies about the hydrology and geochemistry of geothermal systems.

5.1 Main �ndings of the thesis

The main advances achieved in this thesis include enhanced quantitative interpretations of seismic data and
general implications for exploring geothermal resources with seismic techniques. Furthermore, the thesis
demonstrates possible options to interlink seismic exploration techniques with hydrothermal, geochemical,
and geological studies, which were conducted by the partners of the projectCotherm .

In the study presented in Chapter 2, the seismic velocity structure of a fossilized geothermal system was
recorded with ultrasonic pulse transmission experiments in the laboratory on dry and wet rock samples
across a range of pressures and with refraction seismic tomography experiments in the �eld. The �rst
noteworthy observation from this study is that considerable discrepancies were observed between labora-
tory scale- and �eld scale-seismic velocities, which were ascribed to frequency-dependent e�ects combined
with the fact that the rock cores investigated in the laboratory tend to be biased towards intact speci-
mens, whereas the in-situ rock volumes incorporate rock defects of larger scale such as fracturing. Thus,
experimental evidence was given for the presence and the magnitude of scaling e�ects due to the di�er-
ent frequencies employed and the di�erent spatial dimensions of the sampled rock volumes. The second
observation from this study is that a wide spread of seismic velocities was measured for the di�erent
magmatic rock types, with deep intrusive lithologies having the highest velocities, sub-volcanic (shallow
intrusive) lithologies exhibiting intermediate velocities and extrusive rocks showing the lowest velocities.
For hydrothermally altered rocks, no signi�cant correlation was observed between seismic velocities and
the di�ering degrees of rock alteration. However, this observation is based only on a low number of sam-
ples, which did not include the most altered rocks with very low cohesion between remaining primary
minerals. Also from the �eld-scale velocity tomograms obtained over outcrops in di�erent alteration zones,
seismic anomalies due to structural features were observed to overprint possible indications for rock alter-
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ation. Therefore, more samples should be tested to make a de�nitive statement about the in�uence of rock
alteration on seismic velocities.

The observations described in Chapter 2, �rst of all, highlight two ubiquitous pitfalls in seismic interpre-
tation. These are the limitation due to the scaling e�ects in using laboratory investigations for quantitative
interpretation of seismic data and the di�culty of distinguishing anomalous seismic e�ects due to geother-
mal activity from scatter in seismic properties (e.g. velocity) due to host rock heterogeneity. Secondly,
the �ndings from Chapter 2 have important implications for the studies contained in Chapter 3 and 4.
The pronounced discrepancy between laboratory and �eld seismic properties motivated the computation
of seismic properties of rocks containing structural features beyond the scales of rock samples investigated
in the laboratory. Therefore, the focus was set on rocks containing interconnected fracture networks at
the mesoscopic scale, larger than the pore structure typical for laboratory samples but below the wave-
length of seismic waves employed in the �eld. Moreover, the strong dependency of seismic velocities on
the lithology result in a wide spread of mechanical rock properties of the di�erent rock types involved in
magmatic geothermal systems. This necessitated an e�ort to be made for an appropriate parameterization
of the numerical models. For example a large number of additional data from the literature need to be
considered.

In Chapter 3, a numerical upscaling scheme for seismic properties from the laboratory to the �eld-scale
was re�ned for the speci�c case of geothermal systems in a magmatic environment with fracture network-
based �ow paths. It enables the distinction of �uid e�ects from lithological e�ects and incorporates a
detailed parameterization study of rock and fracture properties for the diverse lithologies and for varying
pressure conditions. In agreement with the �ndings from Chapter 2, it was observed that the overall seismic
velocity structure of magmatic geothermal systems primarily re�ects the subsurface lithology. Nevertheless,
exploiting the dispersive (frequency-dependent) character of both seismic velocity and the dissipation of
seismic energy (i.e. attenuation) o�ers information on �uid properties and hydraulic properties of the rock
formations. It is shown that the compressibility of the �uids, together with the sti�ness contrasts within
the rock and the fraction of pore volume control the velocity dispersion and attenuation magnitudes. In
the rock physics model employed this is linked with the local stress regime via the orientation distribution
of the fractures being typical for a given stress regime. Furthermore, relationships with pore pressure
and lithostatic stress controlling the sti�ness of the matrix and fractures and the closure of the fractures
are considered. Moreover, the characteristic frequency, at which attenuation and dispersion are most
pronounced, is linked with viscosity of the �uid phase and with the permeability of the fractures and
the rock's matrix. Therefore, Chapter 3 highlights the signi�cance of seismic attenuation and the related
velocity dispersion for the detection of hydrothermal �uids and investigation of �ow paths with seismic
methods. Furthermore anisotropy of seismic velocities is an indicator for the orientation of the local stress
regime, and the magnitude of attenuation is linked with lithostatic stress and pore pressure.

In the framework of the study described in Chapter 3, the in�uence of hydro-mechanical rock properties
on seismic velocity and attenuation was analyzed. Fluid properties, however, were kept constant at those
of liquid water at ambient pressure and temperature. In Chapter 4, the importance of considering ther-
modynamic �uid-�uid interaction is investigated when computing the compressibility of water reaching
boiling temperature. In such a scenario, parts of the �uid evaporate and a two-phase �uid (vapor and
liquid water) is obtained. Under the assumption that heterogeneities within the two-phase �uid are at a
scale below the pore-size, �uid compressibility was implemented as an e�ective property in the poroelastic
model. This provides frequency-dependent seismic velocities and attenuation factors of fractured rock as
a function of �uid state. It was concluded that for saturation with water at the boiling point, where
the vapor content is very small but nonzero, substantial thermodynamic energy dissipation occurs which
contributes to seismic attenuation to a similar degree as the energy dissipation through the mechanisms
of wave-induced �uid �ow. With increasing vapor content, �uid internal attenuation is small, and seismic
velocities of rocks saturated with vapor-boiling mixtures can be computed using unrelaxed and relaxed
bulk moduli of boiling water, depending on whether high (sonic to ultrasonic) or low (seismic) frequencies
are considered, respectively.

Combining the experimental results from Chapter 2 with the modeling approaches presented in Chapter 3
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and 4, provides a tool for the interpretation of seismic data in terms of key parameters that are relevant
for geothermal reservoirs. This was demonstrated by a synthetic case study at the end of Chapter 4, in
which fractured rock seismic properties were computed for a geothermal reservoir with spatially varying
lithologies, and with the �uid state, lithostatic stress and �uid pressure varying with depth. The resulting
seismic properties were used as input to compute the seismic response at the reservoir scale by numerical
wave propagation modeling. From this example it was concluded that the e�ects of �uid-state variability
are small compared to variations caused by geological background heterogeneity. Thus, when the geology is
poorly known, determination of �uid properties from seismograms is challenging. However, if variations due
to geology can be ruled out such as in time-lapse seismic experiments, clear indications of the hydrothermal
structure in the seismograms can be observed.

5.2 Implications for combining seismic exploration data with
hydrology, geochemistry and geology

The studies presented in Chapters 2 to 4 were undertaken as a part of the interdisciplinary project
Cotherm (see Section 1.2) The rock physics modeling techniques presented in Chapters 2 to 4 allow
one to connect seismic modeling with corresponding simulations in hydrology, geochemistry and geology.
The corresponding interfaces between the scienti�c disciplines are given in the form of model parameters
being essential also for one or more of the other subject areas, and by the sensitivity of the rock physics
model to processes, which in�uence seismic properties as well as hydrological, geochemical or geological
observations.

The closest connection was achieved with the hydrology. The rock physics model used to compute the
seismic properties incorporates the hydraulic permeability of the fractures and of the matrix and the �uid
properties as input parameters. From these hydraulic permeabilities, average bulk permeability could be
computed, as it is also required as input parameters for reservoir-scale hydrological modeling. On the other
hand, hydrologic modeling, such as the one of Scott et al. (2016) provides the spatial distribution of �uid
properties at di�erent stages of the evolution of a geothermal reservoir, or as a response to a hydraulic
disturbance induced by production. Implementing these �uid properties in the rock physics model enables
one to obtain a reservoir-scale seismic model with seismic velocities and attenuation factors varying in
space as a function of hydrothermal convection. Thus, seismic wave propagation modeling can be directly
coupled with hydrothermal �uid �ow modeling, which will yield the seismic response due to hydrothermal
disturbances in the reservoir. An example of such a modeling study was given at the end of Chapter 4.

Geochemical investigations of a geothermal reservoir (see e.g. Libbey and Williams-Jones, 2016) involve
the analysis of the dissolution of minerals existing in the host rock, also known as rock alteration, and
the precipitation of new minerals in the pore space (Thien et al., 2015). The connection between rock
alteration and seismic properties was investigated experimentally in Chapter 2, but no correlation was
found between the two. However, this was only tested on a limited number of samples and the existence of
such a correlation cannot be excluded based on the observations made in Chapter 2. A possible connection
between mineral precipitation and seismic properties could exist due to the change in hydraulic permeability
underlying the process of mineral precipitation. For example precipitation could reduce the porosity and
permeability of the matrix, whereas fracture permeability could be maintained by cyclically reactivated
faulting. Seismic properties varying over time due to such a scenario could be simulated with a rock
physics model, enabling for example the study of how the attenuation characteristics change when �uid
�ow from a fracture into the matrix is reduced over time. A more general link with geochemistry is drawn
during the parameterization study in Chapter 3. Many geochemical processes are strongly in�uenced by
the types of lithological units prevailing in a geothermal systems. In Chapter 3, it was investigated how
seismic properties vary, depending on the lithology. These parameters could be used to identify subsurface
lithologies with seismic methods, in order to provide this information for geochemical investigations.

Various speci�c aspects of the geology of Icelandic geothermal systems were incorporated in all thesis
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chapters, since it was the thesis objective to develop rock physics concepts to compute the seismic properties
of Icelandic geothermal systems. In the example shown in Chapter 3, a fracture network was examined
which was informed by the speci�c geometry of a fault structure observed in a structural geology study.
The input model for the wave propagation example of Chapter 4 is based on a geological model with
involves the speci�c lithologies and their geometrical arrangement as they could occur in the Icelandic
crust.

5.3 Future Perspectives

There are several remaining issues for further development of the rock physics model introduced in this
thesis. Most important is the implementation of e�ects due to elevated temperatures and due to rock alter-
ation. The dependence of the seismic properties on temperature was only implemented via temperature-
dependent �uid properties. Below the temperature where rocks start to behave in a ductile fashion, �uid
properties most probably have the strongest in�uence since they vary by orders of magnitudes, when the
�uid-temperature varied across the boiling point. Nevertheless, it is known that the sti�ness of rocks also
decreases with temperature (e.g. Murase and McBirney, 1973). Implementing this into the rock physics
model will require additional information from experimental investigations on the sti�ness and permeabil-
ity of intact rock and fractures at varying temperatures. For incorporating the rock alteration into the rock
physics model, a parameterization study should be conducted similar to the one presented in Chapter 3 for
varying lithologies. This will require laboratory investigations of rock samples showing rock alteration of
varying degrees, with the number of samples being su�ciently large for statistically signi�cant conclusions
to be drawn. Furthermore, it would be bene�cial to develop the rock physics model including the rheol-
ogy beyond the brittle-ductile transition, and, regarding the potential of other geophysical techniques, to
develop a similar rock physics model to the one in this thesis but for the electrical rock properties.

The next step following the rock physics development presented in this thesis, is to develop seismic
surveying strategies to optimally measure the seismic properties which have been shown in this thesis to
be indicative of geothermal activity. This can be achieved by simulating seismic exploration campaigns
through forward modeling and to optimize the survey design in order to better illuminate the structures of
interest. An example of forward modeling was given at the end of Chapter 4, where the seismic response
from a fault zone with varying �uid saturation was computed by simulating a VSP-experiment. Next,
other data acquisition con�gurations, such as seismic re�ection experiments, should be tested and their
ability to detect �uid e�ects in fractured rock from re�ection amplitudes (e.g. amplitude versus o�set)
should be studied.

In general, strategies need to be developed to include rock physics models in seismic attribute analyses,
and in simulating 3-D seismic surveys to detect statistical fracture orientation from seismic anisotropy
due to fracture orientation in 3-D modeling studies. This will require repeat runs of the fractured rock
modeling for varying fracture network geometries to investigate anisotropy of seismic velocities. Ideally,
such a study would be carried out in close cooperation with structural geologists to setup realistic fractured
rock models informed by the tectonic stress �eld.

Finally, interpretation of seismic data with the rock physics modeling presented in this thesis should be
tested in an application to real seismic data. Numerical modeling results discussed in this thesis indicate
that high quality data will be required for a quantitative evaluation of the state of the pore �uids and the
hydraulic permeability of the reservoir. Additionally, non-uniqueness will always be a problem, because
there is a general trade-o� between seismic e�ects caused by �uids and the fracture network, and those
originating from geological background heterogeneities. Therefore, exploration and monitoring studies will
always be more e�ective when they are conducted in interdisciplinary collaboration to better constrain the
interpretation with other information such as direct bore hole observations, �uid �ow tests and the chemical
evaluation of �uid and rock samples. Furthermore, other geophysical methods can be used jointly with
the seismic methods to reduce the ambiguity of the results. This includes magnetotellurics and controlled
source electromagnetic methods, which are sensitive to electrical property variations in the subsurface, as
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well as gravity and magnetic surveys to delineate large scale geological structures.
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