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Abstract

It is well-established that aerosol particles in
uence the radiative balance of the Earth
through scattering and absorption of solar radiation (direct and semi-direct aerosol e�ect).
They also alter the microphysical properties of clouds and precipitation and thus a�ect the
hydrologic cycle by acting as cloud condensation and ice nuclei (indirect aerosol e�ects).
Therefore, aerosols interact with the atmosphere at various temporal and spatial scales.

In order to improve our understanding of the enormous complexity of the aerosol distribu-
tion as well as their interactions with radiation, clouds and precipitation on the regional
to local scale, it is crucial to apply regional climate models with sophisticated aerosol
treatment. Therefore, a new regional aerosol-climate modeling framework is presented,
evaluated and applied for di�erent scienti�c problems. The new framework is based on
the regional climate model COSMO-CLM. It is equipped with a sulfur cycle scheme, a
bulk aerosol microphysics module and a two-moment cloud scheme to predict the number
and mass concentrations of sulfate, black carbon, particulate organic matter, sea salt, dust
and �ve hydrometeor classes. The new model accounts for direct, semi-direct and indirect
aerosol e�ects.

An evaluation of aerosol optical properties and cloud parameters shows that the new
modeling framework performs reasonably well in comparison with state-of-the-art obser-
vational data sets. However, the improved aerosol optical depth (AOD) has important
consequences for the model performance regarding near surface temperatures and precip-
itation. The reduction of AOD between the new framework and the climatology used in
the standard version [Tanr�e et al. 1984] of COSMO-CLM leads to an increase in net sur-
face solar radiation of 10{20% in the Mediterranean region, which causes 0.5{0.8� higher
2m-temperatures in the annual mean in an area that is already biased high in the model.
A comparison of three more recent aerosol climatologies with the out-dated climatology
of Tanr�e et al. [1984] illustrates that the usage of an out-dated aerosol climatology masks
biases due to other model de�ciencies.

In reanalysis-driven simulations over the period 1958{2001 with transient aerosol emis-
sions, the new model is used to simulate dimming/brightening in Europe. It is found that
despite an increase of 10 W m� 2 in Mid-European clear-sky 
uxes during the brightening
period that is in line with observations, the increase in all-sky downward solar radiation at
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the surface due to changes in aerosol emissions is hardly signi�cant in comparison with the
model's internal variability. This is due to an enhanced cloud forcing as a consequence of
reduced short-wave absorption and other e�ects. The modeled trends in all-sky radiation
are dominated by the changes in cloud fraction. Observations also suggest that clouds are
important for the shaping of dimming/brightening in Europe. Nevertheless, their role is
likely somewhat overestimated by the models.

Finally, a semi-idealized 2-dimensional setup with COSMO-CLM is used to estimate the
indirect aerosol e�ect on mixed-phase orographic precipitation in the Alps. 270 simulations
with large variability in the initial conditions for temperature, humidity and wind speed
enables a statistical approach for the quanti�cation of precipitation suppression or en-
hancement induced by changing aerosol conditions. The study shows that 50% of the warm
rain is suppressed on average between the polluted and the clean cases, whereas frozen
precipitation is neither reduced nor enhanced on average, indicating that the stronger the
in
uence of ice-phase processes and thus cloud glaciation, the weaker the precipitation
suppression in the polluted cases.
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Zusammenfassung

Es ist anerkannt, dass Aerosolpartikel die Strahlungsbilanz der Erde beein
ussen, da sie
Solarstrahlung re
ektieren und absorbieren (direkter und semi-direkter Aerosole�ekt).
Zudem k•onnen sie den Wasserkreislauf ver•andern, weil sie sowohl als Wolkenkondensa-
tionskeime wie auch als Eiskeime dienen und damit die mikrophysikalischen Eigenschaften
von Wolken und Niederschlag bestimmen (indirekte Aerosole�ekte). Somit interagieren
Aerosole auf verschiedenen zeitlichen aber auch r•aumlichen Skalen mit der Atmosph•are.

Es ist notwendig, Aerosole aufgrund ihrer komplexen Vielfalt und Verbreitung aber auch
aufgrund ihrer zahlreichen Wechselwirkungen mit Strahlung, Wolken, und Niederschlag,
in regionalen Klimamodellen zu ber•ucksichtigen. Deshalb wird im Rahmen dieser Arbeit
ein neues regionales Aerosol-Klimamodell vorgestellt, gegen Beobachtungsdaten evaluiert
und auf verschiedene wissenschaftliche Fragestellungen hin angewendet. Als Basis dient
das oft verwendete Modell COSMO-CLM. Es wurde ausgestattet mit einem numerischen
Schema zur Berechnung des Schwefelkreislaufs, einem Aerosolmikrophysik-Modul und
einem Zweimomentenschema zur Berechnung der Wolkenmikrophysik und Niederschlags-
bildung. Damit lassen sich nun Anzahl- und Massenkonzentrationen von Sulfat, Russ,
organischen Kohlensto�partikeln, Meersalz und Mineralstaub, sowie f•unf Hydrometeor-
klassen berechnen. Das neue Modell ber•ucksichtigt zudem direkte, semi-direkte und indi-
rekte Aerosole�ekte.

Die Evaluation der optischen Eigenschaften von Aerosolen und Wolken zeigt gute•Ub-
ereinstimmung zwischen dem neuen Modell und aktuellen Messdatens•atzen. Allerdings
hat die Verbesserung der optischen Dicke der Aerosole gegen•uber der Standardversion
basierend aufTanr�e et al. [1984] Konsequenzen f•ur die Qualit•at des Modells bez•uglich der
Simulation von Temperatur und Niederschlag. Die Reduktion der optischen Dicke f•uhrt
zu einer Zunahme der Solarstrahlung am Boden um 10{20% im Mittelmeerraum, wodurch
die 2m-Temperatur in dieser bereits zu warm simulierten Region um weitere 0.5{0.8�

zunimmt. Ein Vergleich von drei neuen Aerosolklimatologien mit derjenigen vonTanr�e
et al. [1984] zeigt, dass mit der bisher verwendeten Aerosolklimatologie andere bestehende
Modellfehler •uberdeckt wurden.

In reanalysegetriebenen Simulationen •uber den Zeitraum von 1958 bis 2001 mit zeitlich
variablen Aerosolemissionen zeigt das Modell eine Zunahme der Strahlung bei wolken-
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freiem Himmel von 10 W m� 2 in Mitteleuropa, in •Ubereinstimmung mit Beobachtungen.
Diese Aufhellung ist allerdings kaum sichtbar in der Strahlung unter Ber•ucksichtigung
sowohl wolkenfreien wie bedeckten Himmels. Die interne Variabilit•at des Modells ist zu
gross, als dass diese•Anderung in der Strahlung signi�kant w•are. Der Grund f•ur den
geringen E�ekt von Aerosolen auf die Gesamtstrahlung ist eine Zunahme der Wolkenbe-
deckung w•ahrend der Aufhellungsphase, ausgel•ost durch die Abnahme der Absorption
von kurzwelliger Strahlung und anderen E�ekten. Die simulierten Strahlungstrends sind
also dominiert durch Ver•anderungen der Wolkenbedeckung. Auch Messdaten deuten da-
raufhin, dass Wolken eine wichtige Rolle f•ur die Strahlungstendenzen darstellen, allerdings
scheinen die Modelle diese Rolle etwas zu •ubersch•atzen.

Schliesslich wurde das Modell in einem semi-idealisierten Aufbau dazu verwendet, den
indirekten Aerosole�ekt auf orographischen Niederschlag im Alpenraum zu untersuchen.
Hierf•ur wurden 270 Simulationen mit verschiedenen Anfangsbedingungen der Temper-
atur, Feuchte und Wind durchgef•uhrt, um in einem statistischen Ansatz die aerosolbed-
ingte Niederschlagsunterdr•uckung oder -verst•arkung zu quanti�zieren. Es zeigt sich eine
Verminderung des Regens zwischen verschmutzter und sauberer Aerosolkon�guration von
50% im Mittel. Dem gegen•uber �ndet sich keine Niederschlags•anderung im Mittel bei
Graupel und Schnee. Das deutet darauf hin, dass ein gewisser Ein
uss der Eisphase in
orographischen Wolken zum Gefrieren der Wolken und damit in mehreren F•allen sogar zu
einer Niederschlagserh•ohung f•uhren kann.
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1 Introduction

1.1 Historic background

Scienti�c interest in the role of atmospheric particulate matter for human health, weather
and climate has grown since the early 1950s. After the London smog catastrophe in 1952,
there was an increasing awareness of health e�ects caused by aerosol particles smaller
than 10 � m (e.g. due to settling in the bronchi or even penetration of lung capillaries).
Lung cancer, asthma, and also cardiovascular diseases have been reported to be the major
health e�ects of air pollution. A statistical demonstration of the relationship between
human mortality and air pollution was made byLave and Seskin[1973].

In the late 1960s,McCormick and Ludwig [1967],Budyko [1969] andCharlson and Pilat
[1969] hypothesized that aerosols of volcanic and anthropogenic origin may increase the
planetary albedo. Their rationale was that aerosol particles have the ability to scatter
and absorb solar radiation. Therefore, aerosols were expected to alter temperatures at the
surface (cooling due to light extinction) and in the troposphere (heating due to absorption).
Estimates of the radiative impact of aerosols on global climate were published byRasool
and Schneider[1971],Twomey [1974] andChylek and Coakley[1974].

During the same time period, pioneering studies of inadvertent weather modi�cation high-
lighted the possibility that aerosols may serve as cloud condensation and ice nuclei [e.g.
Schaefer1946] and thus in
uence cloud formation and precipitation downwind of polluted
surroundings [Schaefer1969,Changnon et al.1971,Hidy et al. 1972].

Augmenting awareness of air pollution and its connection to acid rain accelerated research
in the �eld of aerosol removal, particularly wet scavenging during precipitation events [e.g.
Radke et al.1980]. Subsequently, e�orts of industrial nations in clean air policy initiated
reductions of aerosol emissions in the 1980s.

More recently, broad agreement has established that aerosol particles and their atmo-
spheric impact are a key issue in current climate research [Houghten et al.2001,Solomon
et al. 2007] due to their relevance for the radiative balance of the Earth and their in
uence
on the hydrologic cycle through cloud and precipitation formation, but also because of the
many uncertainties remaining over these decades of scienti�c development.

Figure 1.1 shows the number of scienti�c articles found for the keywords (aerosol or air
pollution) and (climate or weather) from 1920 to 2009 as obtained from the ISI Web
of Knowledge platform (http://www.isiknowledge.com/?locale=enUS). The number is
increasing exponentially and has recently exceeded 1500 articles per year. Additionally,
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Figure 1.1: (a) Total number of published articles found on ISI Web of Knowledge for the
keywords (aerosol or air pollution ) and (climate or weather). (b) Fraction of articles with all
these keywords versus those with onlyclimate or weather. This includes only articles written in
English.

the relative importance of the topicsaerosol or air pollution has increased linearly by a
factor of 5 since 1970.

In the following, the various sources and climatic e�ects of aerosols are illustrated (sections
1.2 and 1.3). Section 1.4 reviews regional climate models for the study of aerosol e�ects.
An overview of this thesis, which investigates aerosol e�ects on the regional climate of
Europe and in particular the Alpine region, is given in section 1.5.

1.2 Atmospheric aerosol particles

1.2.1 De�nition and size distribution

The particulate constituents of the atmosphere excluding hydrometeors such as cloud
droplets, rain drops or ice-crystals are classi�ed as aerosol particles. The shapes of aerosols
are manifold and depend on the formation mechanism and chemical composition. They
can be crystalline (e.g. inorganic salts and silicates), liquid suspension drops (sulfates,
nitrates), chain-like (soot) or complex mixtures thereof. It is customary to distinguish
four aerosol size modes. The nucleation mode consists of particles smaller than 0.01� m in
diameter, the Aitken mode refers to particles with sizes ranging from 0.01� m to 0.1 � m
and the accumulation mode contains particles with diameters between 0.1� m and 1 � m.
All particles larger than 1� m belong to the coarse mode. This classi�cation was introduced
by Whitby [1978].



1.2. ATMOSPHERIC AEROSOL PARTICLES 3

Due to the multi-modal nature of the aerosol population,Jaenicke [1988] proposed to
describe the aerosol size distribution as a superposition of lognormal modes, such that

n(ln r ) =
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exp

2

4�
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�
r
r i

�

2 ln2 � g;i
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5 (1.1)

whereN i denotes the aerosol number concentration in modei and m is the total number
of modes. � g;i is the geometric standard deviation representing the width of the particle
size distribution of the i th mode, r i is the count median radius. Measurements of� g;i ,
N i and r i in di�erent locations of the world and aerosol regimes have been compiled by
Pruppacher and Klett [1997].

1.2.2 Aerosol particle formation

Aerosols of terrestrial origin are formed by gas-to-particle conversion, drop-to-particle
conversion and bulk-to-particle conversion. An important pathway of gas-to-particle con-
version is homogeneous nucleation either by formation of new particles in a supersaturated
environment or by chemical reactions. The �rst of these two mechanisms mainly involves
human-made aerosol particles such as sulfates and carbonaceous aerosols resulting from
combustion processes. Chemical reactions, on the other hand, are responsible for the for-
mation of sulfates, nitrates and a variety of other compounds. Sulfuric acid, for example,
forms due to the oxidation of sulfur dioxide (SO2), an important precursor gas of both
natural (e.g. volcanic) and anthropogenic origin.

Drop-to-particle conversion describes the crystallization of dissolved material when a cloud
droplet or a rain drop evaporates and thus the incorporated aerosol particle is released.
Bulk-to-particle conversion is the most important process for the generation of large nat-
ural aerosols such as mineral dust, sea salt and particulate organic matter from plants. In
the case of dust, the release of particles into the atmosphere is a consequence of weathering
or disintegration of the surface due to wind stress, temperature, and other mechanisms.
Ocean waves producing spray drops release sea salt into the atmosphere as a result of the
bubble-bursting mechanism [Day 1965].

Industrial and biogenic particles can be formed via gas-to-particle or bulk-to-particle con-
version.

1.2.3 Sources

Major aerosol components in the Earth system are sulfates, black carbon (soot), particulate
organic matter, sea salt and mineral dust. Sea salt is emitted over ocean surfaces. Mineral
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dust emissions are highest in arid regions devoid of vegetation and particularly deserts.
Large source areas of dust particles are the Saharan desert, the Saudi-Arabian Peninsula,
Gobi and parts of the Rocky Mountains, the Andes and Continental Australia [Tegen et al.
2002,Balkanski et al.2003].

Along with volcanic emissions of SO2 and biogenic dimethyl sul�de (DMS), the most
important sources of sulfur are anthropogenic: combustion of biofuels and fossil fuels in
power plants and industry, on- and o�-road tra�c and shipping, domestic, and wild �res.
Therefore, major source regions are the industrialized and developing countries on the
Northern Hemisphere, and in particular urban surroundings as well as heavily used ship
tracks. Another important source region is the tropical belt, which is often referred to as
the biomass burning region.

Black carbon and particulate organic matter originate from fuel combustion and wild
�res as well. Source regions are largely collocated with those of anthropogenic sulfur
emissions. Secondary organic aerosol precursors condensing on pre-existing particles are
mainly emitted by plants as mentioned above and thus are emitted mostly in wooded
areas.

A detailed description of the spatial distribution of aerosol emissions is provided byDen-
tener et al. [2006]. Estimates of the global annual mean emissions for sulfur precursors,
black carbon, organic matter, sea salt and dust from the AeroCom intercomparison project
(http://nansen.ipsl.jussieu.fr/AEROCOM) are given in Table 1.1.

Table 1.1: Annual mean emissions for the year 2000 fromDentener et al. [2006]

type annual mean 
ux [Tg y� 1]
anthropogenic sulfur 112.6
natural sulfur 32.8
anthropogenic black carbon 7.7
anthropogenic organic matter 66.1
natural organic matter 19.1
sea salt 7925
mineral dust 1678

Anthropogenic aerosol emissions increased strongly over the past two centuries since the
beginning of industrialization. Pre-industrial emission 
uxes are on the order of 0.8 Tg y� 1

for sulfur, 15 Tg y� 1 for particulate organic matter and 1.3 Tg y� 1 for black carbon [Den-
tener et al. 2006]. Only after the mid 1980s, developed countries all over the world made
e�orts to reduce their residential and industrial emissions [Lefohn et al. 1999, Novakov
et al. 2003,Stern 2006].

An important player in international clean air policy is Europe. Some European countries
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Figure 1.2: Annual total sulfur emissions based onStern [2006] for Western and Eastern
Europe, North America and Asia from 1850 to 2000 [Mt(S) y� 1].

reduced their emissions by more than 50% over the period 1980{2000 [Mylona 1996].
E�orts to reduce SO2 emissions in Southeastern Europe started after 1990 [Stern 2006].
Sulfur emissions for Western and Eastern Europe as well as North America and Asia from
the data set ofStern [2006] are displayed in Figure 1.2.

The reduction of black carbon and organic matter emissions is mostly attributed to a
decreased coal use in residential and commercial sectors as well as improved diesel engines
[Novakov et al.2003]. In Europe, a decline of carbonaceous emissions is observed since
the 1960s and early 1970s.

1.2.4 Aerosol removal and lifetime

On the one hand, aerosol particles grow by coagulation, condensation of sulfate onto pre-
existing particles and water uptake. Both sulfate condensation as well as water uptake
are fast processes (order of seconds) in comparison to coagulation [Chuang 2003,Zhang
and Wexler 2004]. Water uptake is determined not only by the aerosol size alone [Dusek
et al. 2006] but also the chemical composition of the aerosol particle [Baltensperger et al.
2002,Hegg et al.2006]. Coagulation is a fusion process resulting from a distribution of
relative velocities of aerosols in air. These are caused by a number of size-dependent
mechanisms such as gravitational coagulation, Brownian motion, and turbulent shear co-
agulation [Williams 1988]. The coagulation of aerosol particles reduces their number,
while the mass remains constant.
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On the other hand, aerosols (number and mass) are removed from the atmosphere by wet
deposition (in- and below-cloud scavenging) and dry deposition. Particle removal by wet
deposition is the most important process for internally mixed particles [e.g.Rasch et al.
2000,Croft et al. 2009a]. It describes the collision of aerosol particles with hydrometeors
or the formation of droplets due to nucleation. Cloud droplet nucleation depends on
supersaturation with respect to water. The higher the supersaturation, the smaller the
activated particles can be that form cloud droplets. In addition, particles are required to
be hygroscopic.

The main force driving the collision with hydrometeors and thus scavenging of the smallest
aerosols is Brownian di�usion, whereas inertial impaction is the dominant process scaveng-
ing coarse mode particles. The e�ciency to remove intermediate size aerosols with radii
of about 0.1� m is a few orders of magnitude smaller. This minimum in the scavenging ef-
�ciency is often referred to as the Green�eld gap [Green�eld 1957]. Within this size range
(accumulation mode), particles tend to accumulate in the atmosphere. Thermophoretic
e�ects, however, can lead to enhanced scavenging of accumulation mode particles because
these e�ects are dominant in the Green�eld gap.

Factors that govern dry deposition are turbulence processes in the atmospheric level clos-
est to the ground and the properties of the Earth's surface cover [Seinfeld and Pandis
1998]. Typically, dry deposition is described by a serial resistance model, following the
analogy of electrical resistances. Therefore, the dry deposition velocity of aerosol parti-
cles is described as the reciprocal of the aerodynamic and the quasi-laminar resistance.
Turbulent transport and thus atmospheric stability and surface roughness determine the
aerodynamic resistance. The quasi-laminar resistance depends on the Brownian di�usivity
of the aerosol particles and the surface properties within the layer surrounding obstacles
such as vegetation. Gravitational settling (sedimentation) reduces the resistance and thus
leads to higher deposition 
uxes for larger aerosol particles [Slinn and Slinn 1980].

The lifetime of aerosols strongly depends on the above processes and thus on the me-
teorological situation. A heavy rainfall event may wash out practically all Aitken and
coarse mode aerosols [Radke et al.1980, Andronache et al.2002]. Accumulation mode
particles, however, can remain in the atmosphere for weeks if they are transported high
up in the troposphere and even beyond into the stratosphere [Pruppacher and Klett1997].
Lifetimes are also a function of aerosol size and chemical inertia. On a global average,
sulfate and mineral dust aerosols have an atmospheric residence time of 4{5 days [Langner
and Rhode1991,Chin et al. 1996,Feichter et al. 1996,Stier et al. 2005]. The lifetimes
of black carbon and particulate organic matter are between 5 and 7 days [Lohmann et al.
1999,Stier et al. 2005]. Based on a recent parameterization of soot aging,Riemer et al.
[2004] found aging time scales in the range of 10 to 70 hours for internally mixed black
carbon. Sea salt particles tend to have shorter lifetimes of about 1 day, given their large
size and solubility [Stier et al. 2005]. In line with the �nding of short aerosol lifetimes,
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there is evidence of weekly periodicities in temperature, sunshine duration, cloud amount,
and other quantities, which is indicative of the impact of air pollution on local climate
conditions [e.g.B•aumer and Vogel 2007,Gong et al.2007].

1.3 Aerosol impact on climate at various scales

It is well established that aerosols a�ect the climate through various direct and indirect
e�ects [Lohmann and Feichter2005] and on a wide range of temporal and spatial scales.
A schematic of some aerosol e�ects that have been studied previously is given in Figure
1.3. Aerosols scatter and absorb sunlight (Figure 1.3a), reducing the surface shortwave
radiation (SSR). This e�ect is referred to as the direct aerosol e�ect. Key parameters
to describe the direct radiative e�ect are the aerosol optical properties. The latter are a
function of aerosol size, composition, and wavelength of the incident light. For scattering
aerosols, the top-of-the-atmosphere (TOA) radiative forcing is approximately the same as
the surface forcing [Forster et al. 2007]. For absorptive particles such as soot or mineral
dust the surface forcing can be much stronger than the TOA forcing [Ramanathan et al.
2001]. The global TOA direct radiative forcing of sulfate aerosols estimated for IPCC AR4
from the global models using AeroCom emissions from 1750 and present-day (year 2000) is
-0.35 W m� 2 on average, the values from the individual models ranging from -0.58 W m� 2

to -0.16 W m� 2, seeForster et al. [2007] and references therein. The mean radiative
forcing of particulate organic matter (black carbon) from these models is -0.13 W m� 2

(0.25 W m� 2). The positive nature of the direct black carbon forcing results from the
absorptive characteristics of soot.

The increase in aerosol emissions in many parts of the globe as mentioned in section 1.2.3
led to a reduction of SSR as a consequence of increased aerosol optical depth (AOD)
during the so-called dimming phase, which lasted until the late 1980s or early 1990s in the
developed world [Wild 2009]. Global estimates of the dimming trend are -5.1 W m� 2 per
decade [Stanhill and Cohen2001] for global land sites and -1.6 W m� 2 per decade [Alpert
et al. 2005] for rural measurement stations. There is, however, strong spatial heterogeneity
in the signals. Estimates for di�erent parts of Europe are within -2 W m� 2 and -10 W m� 2

[Ohmura and Lang1989]. The dimming was followed by a brightening period in regions
where aerosol emissions were found to decline. For Europe, brightening trends beginning
roughly in the 1980s until now range from 1.4 W m� 2 to 3.3 W m� 2 [Wild 2009]. In India
and China, a continuous dimming is observed [Wild 2009].

The absorption of shortwave radiation, e.g. by soot particles, causes a mid-tropospheric
warming and thus stabilization of the atmosphere. This may lead to cloud burn-o� and
therefore an enhanced warming e�ect [Ackerman et al. 2000]. A daily average radiative
forcing due to absorption was estimated as 3.7 W m� 2 during the INDOEX campaign
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[Ackerman et al. 2000]. Koren et al. [2008] show with a simpli�ed conceptual approach
that microphysical changes of clouds due to aerosol e�ects saturate roughly at an aerosol
optical depth of 0.2 in the Amazone region. Below this value, clouds are most susceptible
to microphysical changes. Under strongly polluted conditions (above 0.2), clouds are
particularly vulnerable to aerosol absorption. The semi-direct aerosol e�ect is illustrated
in Figure 1.3b.

Figure 1.3c describes the e�ect of large aerosols like mineral dust particles on longwave
(LW) radiation. These aerosol particles may induce a warming of the atmosphere since
they absorb LW radiation emitted by the earth's surface and re-emit at a colder tempera-
ture compared to the surface [Sokolik and Toon1998,Zhang and Christopher2003]. For
example,Zhang and Christopher[2003] used satellite retrievals from MISR and CERES
to determine the longwave e�ect of mineral dust over the Saharan desert. They found a
distinct reduction in the outgoing LW 
ux with increasing AOD in autumn 2000. The LW
forcing e�ciency was 15 W m� 2 per unit AOD.

Indirect aerosol e�ects in
uence cloud albedo [Twomey1977], cloud lifetime [Albrecht 1989]
and precipitation e�ciency [ Borys et al.2000; 2003,Muhlbauer and Lohmann2008,Zubler
et al. 2011a]. In a cloud with constant liquid water content, an increased aerosol num-
ber concentration leads to more and smaller cloud droplets. More smaller cloud droplets
yield a higher re
ectivity of the cloud than fewer large cloud droplets. This corresponds
to a cooling e�ect (Figure 1.3d). Since smaller droplets have lower e�ciencies to col-
lide/coalesce [Pruppacher and Klett 1997], and collision/coalescence is a major process
of rain formation in warm-phase clouds, rain formation may be decelerated and rainfall
(partially) suppressed [Givati and Rosenfeld2004,Jirak and Cotton 2006,Rosenfeld and
Givati 2006,Muhlbauer and Lohmann2008]. As a consequence, the cloud lifetime is in-
creased. This e�ect is often referred to as the second indirect aerosol e�ect (Figure 1.3e).
However,Jiang et al. [2006] andSmall et al. [2009] show that in case of non-precipitating
shallow cumuli their lifetime may not increase with smaller cloud droplets since the latter
evaporate more readily.

In addition, due to enhanced cloud droplet nucleation and slower precipitation forma-
tion, more latent heat is released, particularly when cloud droplets reach the freezing level
[Rosenfeld et al.2008]. Therefore, convection is invigorated and cloud top height is in-
creased as illustrated in Figure 1.3f [Rosenfeld et al.2008]. In orographic terrain, the
slow-down of precipitation formation can lead to changes in precipitation patterns along a
mountain ridge, such that the maximum is shifted towards or even beyond the ridge line
(Figure 1.3f). While this e�ect is well understood and often reproduced for warm-phase
clouds, it is much more complex in mixed-phase clouds. Previous studies have been incon-
clusive as to whether precipitation is enhanced or suppressed in mixed-phase orographic
clouds [Lynn et al. 2007,Muhlbauer and Lohmann2009]. A variety of other indirect e�ects
have been postulated byLohmann and Feichter[2005] and references therein.
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Figure 1.3: Schematic of aerosol e�ects: (a) direct aerosol e�ect, (b) semi-direct aerosol e�ect,
(c) longwave e�ect, (d) indirect aerosol e�ect on cloud albedo, (e) precipitation e�ciency and
cloud lifetime, (f) e�ect on cloud top height due to release of latent heat, (g) e�ect of aerosols
on precipitation e�ciency in orographic terrain.

Global estimates of the indirect aerosol forcing are very uncertain because of large dif-
ferences among the global circulation models (GCM) in terms of implementation of the
indirect e�ects [Lohmann and Feichter 2005, Forster et al. 2007]. Estimates of the ra-
diative forcing due to the cloud albedo e�ect range from -0.22 W m� 2 to -1.85 W m� 2.
Lohmann and Lesins[2002] came up with a satellite-constrained estimate of -0.85 W m� 2.
Most recent computations of the total anthropogenic aerosol e�ect range from -1.12 Wm� 2

to -0.87 Wm� 2 [Lohmann and Ferrachat2010].

The overall e�ect of aerosols depends on numerous processes on a wide range of temporal
and spatial scales. It is highly uncertain due to lack of understanding of many of the
underlying processes, particularly of the aerosol-cloud-precipitation interactions. Feedback
mechanisms induced by the modi�cation of the hydrological cycle [Ramanathan et al.2001,
Takemura et al.2005,Huang et al.2007,Wild et al. 2008,Wild 2009] make it even more
challenging to disentangle individual aerosol e�ects.

Figure 1.4 shows the annual mean aerosol optical depth (AOD) for the year 2000 at
550 nm wavelength as derived from MODIS/MISR retrievals. It highlights the major
aerosol source regions with a strong direct aerosol impact on radiation, e.g. the Saharan
desert, the polluted areas of Northern India and China as well as the biomass burning
region in the Amazon basin. Depending on atmospheric circulation, Europe is in
uenced
both by aerosol transport from the Saharan desert as well as local sources of pollution in
Eastern and Central Europe. In addition, Figure 1.4 shows the large regional gradients
in AOD caused by the rather short aerosol lifetimes as pointed out in subsection 1.2.4.
Therefore, aerosols are particularly important on the regional and local scale.
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AOD (550nm) MODIS / MISR

Figure 1.4: Annual mean aerosol optical depth (AOD) at a mid-visible wavelength of 550 nm
for the year 2000 from satellite observations. Here, a composite of MODIS [Tanr�e et al. 1997]
over water and MISR [Martonchik et al. 2002] over land is displayed.

1.4 Regional climate modeling of aerosols

It can be considered crucial to use meso-scale regional climate models (RCM) with so-
phisticated aerosol and cloud microphysics schemes in order to cope with the enormous
complexity and spatiotemporal heterogeneity of the interactions between aerosols, radi-
ation, clouds, and precipitation. Dynamical downscaling of a global model simulation
including aerosol microphysics and transport allows for the study of aerosol e�ects on cli-
mate at a higher horizontal and vertical resolution. This allows for better representation
of station data as compared to a GCM with much coarser grid boxes. Used in an idealized
framework, an RCM can be applied to study individual aerosol e�ects and their impact
on radiation, cloud formation, precipitation and other aspects of interest. With an RCM,
both lateral and bottom boundary conditions can be chosen as needed.

In general, RCMs capture the geographical pattern of climatological mean temperatures
and precipitation in Europe better than GCMs [Christensen et al.2007a]. Addition-
ally, there is evidence of skill in modeling European climate variability [Lenderink et al.
2007, Giorgi et al. 2004]. PRUDENCE (Christensen et al. [2002; 2007b], http://pru-
dence.dmi.dk) and ENSEMBLES (van der Linden and Mitchell [2009], http://www.en-
sembles-eu.org), two recent European multi-model ensemble projects, also highlight the
importance of regional dynamical downscaling of climate projections. However, many
models used in these ensembles apply aerosol climatologies �xed in time to compute ra-



1.5. OVERVIEW OF THE THESIS 11

diative transfer. The most popular among these climatologies such asTanr�e et al. [1984]
and Tegen et al.[1997] are known to be wrong in terms of the pattern of aerosol optical
depth for large parts of Europe and Africa, mainly due to unrealistic representation of
mineral dust [Hohenegger and Vidale2005].

Clearly, there is a need for RCMs to include the variety of aerosol e�ects described above,
be it in order to be consistent with the driving GCM that accounts for aerosol e�ects, or
be it for the study of aerosol e�ects at smaller scales, e.g. the Alpine region.

1.5 Overview of the thesis

In this work, the regional climate and weather prediction model COSMO-CLM is used
[Steppeler et al.2003]. It was coupled to the aerosol module M7 [Vignati et al. 2004,
Stier et al. 2005] and the cloud microphysics scheme ofSeifert and Beheng[2006]. Both
schemes are based on a two-moment approach, predicting number and mass of aerosols
and hydrometeors. The sulfur cycle scheme ofFeichter et al. [1996] was implemented
in order to account for the sulfate precursor gases DMS and SO2. In addition, aerosol
removal processes including in- and below-cloud scavenging and dry deposition have been
implemented, largely following approaches ofCroft et al. [2009a],Croft et al. [2009b] and
Ganzeveld et al.[1998]. Furthermore, the radiative transfer scheme of COSMO-CLM was
adapted in order to account for the transient evolution of aerosol optical properties and
aerosol indirect e�ects.

For the evaluation of its performance the new model framework is compared against state-
of-the-art observational data sets of aerosol optical properties and important cloud param-
eters (Chapter 2). The analysis focuses on monthly means of aerosol optical depth, ab-
sorption optical depth, Angstrom exponent, cloud e�ective radius, cloud radiative forcing,
near surface temperature and precipitation. Therefore, simulations have been conducted
over the period from 1997{2003. The lateral boundary conditions include ERA-Interim
reanalysis data [Simmons et al.2007] for the meteorological �elds and aerosol number
and mass tracers from an SST-driven T106 simulation with ECHAM5-HAM [Stier et al.
2005,Lohmann et al.2007]. Aerosol emissions on a monthly resolution are taken from the
Aerosol inter-Comparison project (AeroCom, http://nansen.ipsl.jussieu.fr/AEROCOM/,
Dentener et al.[2006]).

Furthermore, the coupled model is compared with the standard model version that applies
a simpler one-moment cloud scheme [Reinhardt and Seifert2006] and uses the climatology
of Tanr�e et al. [1984] to compute the direct aerosol forcing within the radiation scheme
[Ritter and Geleyn1992]. The climatology is constant in time and is based on a very coarse
spectral resolution of T10. It accounts for the combined e�ect of urban, land, maritime,
desert, volcanic, tropospheric and stratospheric background aerosol. In addition, optical
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properties in the climatology do not vary with relative humidity [Hohenegger and Vidale
2005]. This model setup does not include aerosol microphysics and transport and does not
consider indirect aerosol e�ects.

The new model system is used for three di�erent applications:

� Study of the impact of two more recent aerosol climatologies [Tegen et al. 1997,
Kinne et al. 2006] and the monthly mean aerosol optical properties derived from the
coupled simulation with the included aerosol microphysics module. ERA-interim
driven simulations with the di�erent aerosol climatologies over the period 1997{
2003 are compared with the standard model version. The former uses the out-dated
climatology ofTanr�e et al. [1984]. Here, only the direct aerosol e�ect is accounted for.
The focus is on annual mean changes in surface shortwave radiation, temperature
and precipitation (Chapter 3).

� Transient simulations from 1958{2001 using ERA-40 [Uppala et al.2005] at the lat-
eral boundaries in combination with aerosol tracer information from a global simula-
tion and anthropogenic emissions from the global inventory of the National Institute
for Environmental Studies (NIES) of Japan [Stier et al. 2006]. Two simulations are
performed, one with transient emissions and tracer information at the lateral bound-
aries, another one with climatological emissions. This study is presented in Chapter
4.

� A semi-idealized process study of mixed-phase orographic precipitation over a two-di-
mensional cross-section in the Alps (Chapter 5). For this study, 270 simulations have
been performed in order to investigate the sensitivity of aerosol e�ects on orographic
precipitation to the incident wind, temperature and humidity pro�les.
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Abstract

A new aerosol modeling framework is presented within the regional climate model COSMO-
CLM. The model accounts for the microphysical interactions of internally and externally
mixed aerosol particles. Sulfate, black carbon, particulate organic matter, sea salt, and
mineral dust are considered. The model is applied over Europe at a horizontal resolu-
tion of 50 km. The lateral boundary conditions are given by the ERA-interim reanalysis
for the meteorological �elds and by a global ECHAM5-HAM simulation for the aerosols.
Present-day AeroCom emissions are used for the evaluation period from 1997 to 2003.
The model largely reproduces the annual mean pattern of the aerosol optical depth de-
rived from satellite data over Europe (model and observed domain mean: 0.17, but 0.37
with standard model version). The annual cycle is overestimated in COSMO-CLM in some
regions due to strong dust transport across the Mediterranean in late spring. Day-to-day
variability in aerosol optical depth and the Angstrom exponent is also captured by the
model. The corresponding correlations of the daily mean timeseries between measure-
ments from AERONET stations and the model range from 0.17 to 0.74. In comparison
with the standard model version, which does not account for aerosol transport and indirect
aerosol e�ects and uses an out-dated aerosol climatology, the Mid-European summer cold
bias disappears with the new framework. The new framework allows studies of meso-scale
interactions between aerosols, clouds, precipitation and radiation on climatological time
scales due to the advanced physical representation of the underlying processes.
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2.1 Introduction

Aerosols a�ect the climate through various direct and indirect e�ects [Lohmann and Fe-
ichter 2005]. Scattering and absorbing sunlight, aerosols cool the earth's surface as they
reduce the shortwave (SW) downward radiation (direct aerosol e�ect:Wild et al. [2005],
Norris and Wild [2007],Wild et al. [2007]). As discussed byNorris and Wild [2007], a
signi�cant decline of the surface SW 
ux of 2.7{3.5 W m� 2 per decade was found between
1971 and 1985 most likely caused by an increase in sulfate aerosol concentrations over
Europe (referred to as thedimming phase). In the period from 1986 to 2002, however,
an increase of 2.0{2.3 W m� 2 per decade in the surface SW 
uxes was observed likely
as a consequence of the pursuit of a cleaner atmosphere and the subsequent reduction in
atmospheric sulfate concentrations (brightening period).

Mid-tropospheric absorption of solar radiation by aerosols such as soot and mineral dust
may a�ect atmospheric stability, leading to cloud burn-o� (semi-direct aerosol e�ect:Ack-
erman et al. [2000],Koren et al. [2008]). It has also been argued that due to the modi�ca-
tion of SW radiative 
uxes, aerosols have the potential to spin-down the hydrologic cycle
[Ramanathan et al.2001,Liepert et al. 2004,Wild et al. 2008,Wild 2009].

Additionally, large aerosols like mineral dust particles may induce a warming of the at-
mosphere since they absorb longwave (LW) radiation emitted by the earth's surface and
re-emit at a colder temperature compared to the surface [Sokolik and Toon1998,Zhang
and Christopher 2003].

Aerosols also serve as cloud condensation and ice nuclei. Consequently, they in
uence
the microphysics of clouds and hydrometeors, thereby a�ecting the re
ectivity of a cloud
(cloud albedo e�ect: Twomey [1977]), its lifetime (cloud lifetime e�ect: Albrecht [1989])
and precipitation e�ciency [ Borys et al.2000; 2003,Muhlbauer and Lohmann2008,Zubler
et al. 2011a].

Since tropospheric aerosols are washed out within time scales of hours to days [Andronache
et al. 2002], they are particularly important on the regional and local scale. Hence, it is
crucial to use high-resolution climate models with sophisticated aerosol and cloud mi-
crophysics schemes in order to cope with the enormous complexity and spatiotemporal
heterogeneity of the interactions between aerosols, radiation, clouds, and precipitation.
To our knowledge,Solmon et al.[2006] were the �rst to apply a regional climate model
(RCM) coupled to an aerosol model.

In general, RCMs capture the geographical pattern of climatological mean temperatures
and precipitation in Europe better than general circulation models (GCM) [Christensen
et al. 2007a]. Additionally, there is evidence of skill in modeling European climate
variability [ Lenderink et al. 2007, Giorgi et al. 2004]. PRUDENCE (Christensen et al.
[2002; 2007b], http://prudence.dmi.dk) and ENSEMBLES (Hewitt and Griggs [2004],
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http://www.ensembles-eu.org), two recent European multi-model ensemble projects, also
highlight the importance of regional dynamical downscaling of climate projections.

The primary objective of this work is to provide a new regional modeling framework
within the COSMO-CLM model [Steppeler et al.2003] in order to simulate aerosol e�ects
on radiation, clouds, and precipitation at meso-scale resolution, also allowing applications
on climatological time scales, e.g. the simulation of decadal European temperature and
precipitation trends. Thus, the RCM is coupled to the bulk aerosol microphysics module
M7 [Vignati et al. 2004] and the two-moment cloud scheme ofSeifert and Beheng[2006].
First long-term simulations over the ERA-40 period [Uppala et al. 2005] with transient
aerosol emissions have already been performed. A paper about these simulations is in
preparation.

In this study, we document the implementation of the cloud and aerosol microphysics in
COSMO-CLM (section 2.2) and evaluate the performance of the new model with respect
to aerosol and cloud properties in multi-year simulations over Europe driven by the ERA-
interim reanalysis [Simmons et al.2007] for the meteorology and a T106 simulation with
the ECHAM5-HAM GCM for the aerosol 
uxes at the lateral boundaries and present-day
aerosol emissions at the lower boundary (section 2.3). A comparison with state-of-the-
art observational data is provided to show that the new model framework is appropriate
for the above-mentioned applications. Furthermore, we compare the new setup with the
standard version of the model. The latter does not include aerosol microphysics and
transport. Indirect aerosol e�ects are not accounted for in this model version and it only
uses a simpli�ed one-moment cloud microphysics scheme. The purpose of this comparison
is to show that the new version can compete with the standard version, which has been
used frequently in previous studies and proved to be a valid tool to simulate European
temperatures and precipitation. In addition, we study the e�ect of introducing new cloud
microphysics and more realistic aerosol treatment on 2m-temperature and precipitation.
The results of the evaluation are discussed in section 2.4.

2.2 Model formulation and setup

2.2.1 The regional climate model COSMO-CLM

In the present study, we use the limited-area model COSMO-CLM, version 4.0. COSMO-
CLM is also known as CCLM and formerly CLM. The model has initially been devel-
oped and applied for operational weather prediction purposes by the German Weather
Service, MeteoSwiss and other members of the COSMO consortium (http://www.cosmo-
model.org) [Doms and Sch•attler2002,Steppeler et al.2003]. COSMO-CLM refers to the
climate version of the model (http://www.clm-community.eu). Previous applications cover
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a wide range of horizontal scales from 1 to 50 km (e.g.Brockhaus et al.[2008],Hohenegger
et al. [2008],Suklitsch et al.[2008]) and geographical regions [Dobler and Ahrens2008,
Rockel and Geyer2008].

The model integrates the hydro-thermodynamical equations in conservation form. A split-
explicit third order Runge-Kutta scheme is used for time integration [Wicker and Ska-
marock 2002, F•orstner and Doms 2004]. The spatial discretization is based on a �fth
order upstream advection scheme on a rotated Arakawa C-grid with a terrain-following
pressure-based hybrid coordinate. The second order Bott scheme is applied for the advec-
tion of the moisture variables and the aerosols [Bott 1989].

Vertical turbulent di�usion is treated with a diagnostic TKE scheme. In our simulations,
a modi�ed version of the Tiedtke scheme [Tiedtke 1989] is applied to parameterize large-
scale cumulus convection. The radiative transfer scheme was developed byRitter and
Geleyn [1992]. Its standard con�guration uses the aerosol climatology fromTanr�e et al.
[1984], which is constant in time and does not allow indirect aerosol e�ects. For this study,
the scheme has been adapted in order to account for the transient evolution of the aerosol
optical properties as well as indirect aerosol e�ects. A description of the modi�cations is
given in subsections 2.2.2 and 2.2.3. Soil processes are calculated with the multi-layer soil
model TERRA-ML [Schrodin and Heise2002,Helmert et al. 2008].

The model is coupled to the aerosol module M7 [Vignati et al. 2004], which is also used
within the framework of the ECHAM5-HAM GCM [Stier et al. 2005,Lohmann et al.2007].
Furthermore, we apply the two-moment bulk cloud microphysics scheme fromSeifert and
Beheng [2006]. More detailed information on the aerosol and cloud physics in the new
framework is provided in the two following subsections.

2.2.2 Aerosol microphysics

Resolving the full aerosol size spectrum with a bin-microphysical approach is not e�cient
enough for use in a regional climate model designed for decadal-scale transient simulations.
Herein, we therefore apply the bulk scheme M7 [Vignati et al. 2004]. Its modal concept is
represented by a superposition of seven lognormal size distributions, such that
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In equation (2.1), N i denotes the aerosol number concentration in modei . � g;i is the
geometric standard deviation representing the width of the particle size distribution of
the i th mode. The count median radiusr i can be determined from the respective aerosol
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number and mass in each mode. Number and mass concentrations are advected as tracers
in the model. The standard deviations have been adopted fromWilson et al. [2001]: � g;i =
1.59 for nucleation, Aitken and accumulation modes is considered an intermediate solution
between self-preserving theory of particulate coagulation (1.45) and observations ranging
from 1.4 [Raes et al.1997] to 2.0 [Clarke et al. 1997]. The latter is used for the coarse
modes. The di�erential form of the equations for the aerosol mass concentrationqi;j of
componentj in mode i and the number concentrationN i is

@qi;j
@t

+ vr qi;j = S + M, and (2.2)

@Ni
@t

+ vr N i = S + M, respectively. (2.3)

Here,vr is the advection operator, S are grid-scale sources and sinks, M are sub-gridscale
processes, e.g. vertical turbulent di�usion.

The module M7 consists of four internally mixed modes, containing both soluble and
insoluble compounds, and three insoluble modes including aerosol species characterized by
low water solubility. The internally mixed modes can contain sulfate (SU), black carbon
(BC) and particulate organic matter (POM), sea salt (SS), dust (DU) and aerosol water.
In M7, the modal composition depends on aerosol microphysics and thus processes such
as homogeneous nucleation of sulfuric acid [Vehkam•aki et al. 2002], intra- and intermodal
coagulation, coating of particles with sulfate and water uptake [Petters and Kreidenweis
2007].

Coagulation of an insoluble with a soluble aerosol or sulfuric acid condensation on to an
insoluble particle transfers it into the corresponding internally mixed mode. In the case
of sulfate coating, a single monolayer of sulfate is required to consider a particle internally
mixed. An overview of the modal structure is provided in Table 2.1. For the sake of
brevity, we refer to Vignati et al. [2004] andStier et al. [2005] for further information on
the aerosol microphysics in M7.

Sulfur chemistry

Sulfate aerosols are either directly emitted or form via gas-to-particle conversion from
precursor gases. In our model, we consider gaseous sulfate (SO4), sulfur dioxide (SO2)
and dimethyl sul�de (DMS). Their advection and vertical di�usion is calculated as for
the aerosol number and mass tracers. The sulfur cycle is modeled followingFeichter et al.
[1996], using prescribed climatological monthly means of the oxidants OH, H2O2, NO2 and
O3 from the chemical transport model MOZART [Horowitz et al. 2002]. The chemistry
module distinguishes day- and night-time gaseous reactions and aqueous chemistry based
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Table 2.1: Modal composition of the aerosol module M7

Modea Soluble/internally mixed Insoluble
r i [� m]
Nucleation
r 1 � 0.005 N1, MSU

1

Aitken
0.005< r 2;5 � 0.05 N2, MSU

2 , MBC
2 , MP OM

2 N5, MBC
5 , MP OM

5

Accumulation
0.05< r 3;6 � 0.5 N3, MSU

3 , MBC
3 , MP OM

3 , MSS
3 , MDU

3 N6, MDU
6

Coarse
r 4;7 > 0.5 N4, MSU

4 , MBC
4 , MP OM

4 , MSS
4 , MDU

4 N7, MDU
7

a The boundaries for each mode are given as ranges for the count median radiusr i . N i

and M j
i correspond to the aerosol number in modei and the mass compoundsj in mode

i , respectively.

on the oxidation of SO2 by O3 and H2O2. During the day, DMS and SO2 are oxidized by
reaction with the OH-radical, thereby forming SO4. At night, NO 3 removes DMS. For the
night-time chemistry with DMS, a steady state between the production and the loss terms
of NO3 is assumed. Reactions and corresponding reaction rates are given byFeichter et al.
[1996].

Aerosol water uptake

Hygroscopic growth of aerosols, herein also referred to as water uptake, is known to a�ect
the ability of aerosols to act as cloud condensation nuclei (CCN) or ice nuclei (IN) in the
case of aged biomass burning aerosols [Herich et al. 2008] or mineral dust [Herich et al.
2009]. Hygroscopic particles were shown to form cloud droplets more e�ciently than less
or non-hygroscopic aerosols [Svenningsson et al.1992; 1994]. Additionally,Hoose et al.
[2008a] found that if insoluble aerosols are coated with hygroscopic compounds such as
sulfates, which then allow for water uptake, their ice nucleation ability may be reduced.
This process may be referred to as quasi-deactivation. Consequently, water uptake of
aerosol particles also a�ects scavenging due to nucleation. Water uptake can be quanti�ed
with the hygroscopic growth factor GF, which is the ratio of the ambient or wet radius of
an aerosol to its dry radius [Herich et al. 2008]. Values of GF range from 1 for completely
non-hygroscopic aerosols to about 2 for particles that are composed almost exclusively of
inorganic salts, depending on relative humidity. A typical range of GF for aged remote-
continental aerosols measured at 82% and 85% relative humidity is between 1.3 and 1.6
[Sj•ogren et al. 2007,Herich et al. 2008].
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Table 2.2: Hygroscopicity factor � and complex refractive indexn (550 nm) with references for
each aerosol species including water

� n (550 nm)
SU 1.19 1.43 + 1.0� 10� 8 i [Hummel et al.1988]
POM 0.06 1.53 + 5.5� 10� 3 i [Koepke et al.1997]
BC - 1.75 + 4.4� 10� 1 i [Twitty and Weinman 1971]
SS 1.12 1.50 + 1.0� 10� 8 i [Volz 1972]
DU - 1.53 + 8.0� 10� 3 i [Volz 1972]
water - 1.33 + 2.0� 10� 9 i [Hale and Querry1973]

Here, we apply a parameterization based on� -K•ohler theory [K•ohler 1936], which predicts
CCN activity as a function of the chemical composition, solute mass, molecular weight,
bulk density, dissociable ions and activity coe�cient [Petters and Kreidenweis2007]. The
hygroscopicity parameter� may be considered a volume of water in association with a unit
volume of dry particle [Petters and Kreidenweis2007]. It in
uences the water activity of
the aqueous solution droplet. Values of� j are given for the individual aerosol components
(Table 2.2). For a multicomponent particle,� i is de�ned as a volume-weighted composite
of the hygroscopicity parameters� j in mode i , such that

� i =
X

j

� i;j � j (2.4)

where � i;j corresponds to the volume fraction of componentj in mode i . According to
Petters and Kreidenweis[2007], the following relationship can be derived from the� -K•ohler
equation:

RH
�
exp

�
A

2r i GFi

�� � 1

=
GF3

i � 1
GF3

i � (1 � � i )
, with (2.5)

A =
4� s=aMw

RT� w
(2.6)

Here, r i is the dry count median radius of thei th aerosol mode.A is a parameter derived
from traditional K•ohler theory with the surface tension � s=a, the molar weight Mw and
the density � w of water as well as temperatureT and the universal gas constantR. RH
is the relative humidity. Thus, GFi strongly depends on RH and� i . In the model, the
growth factor for each internally mixed mode is obtained from a look-up table, depending
on relative humidity, particle size, composite hygroscopicity parameter and temperature.



20 2. AEROSOL AND CLOUD MICROPHYSICS IN COSMO-CLM

Sedimentation

Sedimentation is the slowest aerosol removal process. It strongly depends on aerosol size.
The sedimentation velocity for the aerosol number tracers is based on Stokes' law of
friction. Stokes' law is derived from the Navier-Stokes equations, assuming 
ow around a
spherical particle falling through a viscous 
uid due to gravity at very small (atmospheric)
Reynolds numbers. The settling velocity is

vsed =
2gr 2

i � i Cc;i

9� air
(2.7)

with g being the acceleration due to gravity,� i being the particle density of modei , and
Cc;i being the corresponding Cunningham slip correction factor. The particle density is
an average value over all constituents. A slip correction is required for a particle size near
the mean free path of air� air to account for non-continuum e�ects. Here,� air = 66 nm
is used, representing conditions at norm pressure (1 atm) and norm temperature (298 K).
The calculation of Cc;i follows Seinfeld and Pandis[1998]:

Cc;i = 1 + 1 :257
� air

r i
+ 0:4 exp

�
� 1:1

r i

� air

�
(2.8)

The sedimentation velocity for the mass tracers is computed similarly except for the use of
the mass median radius forr i . The dynamic viscosity of air� air [kg m� 1 s� 1] in equation
(2.8) is computed with an empirical relationship as a function of temperatureT following
Lohmann and Diehl [2006]:

� air = 10� 5 kg m� 1 s� 1 (s1 + s2 T + s3 T2) (2.9)

with the constantss1 = 1.718, s2 = 0.0049 K� 1, and s3 = -1.2 � 10� 5 K � 2. The sedimenta-
tion 
ux through a model layer is described byC vsed, with C being the mass or number
concentration in the respective model level. A zero-
ux assumption is made for the top
boundary condition.

Dry deposition

Dry deposition 
uxes are the product of the surface layer aerosol concentration and the
dry deposition velocity. The latter is a function of aerosol size, density, turbulent coe�-
cients and, thus, roughness length for momentum and surface cover. We apply the serial
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resistance model ofGanzeveld et al.[1998]. The dry deposition velocity is related to the
aerodynamic resistance and the quasi-laminar boundary layer resistance [Slinn and Slinn
1980]. Gravitational settling reduces the resistance, enhancing dry deposition of large par-
ticles. For the gaseous species, we currently use a simple approach with di�erent constant
dry deposition velocities over land and over water, followingFeichter et al. [1996].

In-cloud scavenging

Wet deposition describes the scavenging of aerosols either in or below clouds. It is the
most e�cient removal process for aerosol particles [Rasch et al.2000,Croft et al. 2009b].
Only for heavy particles such as mineral dust and sea salt, dry deposition may contribute
approximately 50% to their total mass removal [Stier et al. 2005]. In clouds, the scavenging
due to nucleation of aerosols is the most important process for the removal of sulfates,
black carbon, organic matter and sea salt [Croft et al. 2009a]. We therefore neglect e�ects
of in-cloud impaction and interception scavenging between aerosols and cloud droplets.
For dust the assumption of no impaction scavenging may not be valid [Croft et al. 2009a].
This should be revised in the future.

Nucleation scavenging is considered such that an aerosol, once it activates and forms
a cloud droplet or an ice-crystal via immersion/condensation freezing, is then removed
from the system. Re-evaporation of cloud droplets and the subsequent release of the
incorporated aerosols into the interstitial state is not yet taken into account, but is subject
of on-going work. Aerosol nucleation is treated followingLin and Leaitch [1997]. A
short description of the cloud droplet nucleation scheme is provided below. Assuming
that scavenging is progressing from the biggest to the smallest particle in each mode,
the scavenged mass of each species in each mode is calculated by using a critical radius
r crit , which determines the lognormal tail of the size distribution to be removed from the
atmosphere. FollowingCroft et al. [2009b], the critical radius is given by

r crit ;i = r i exp
� p

2 ln � g;i erf� 1

�
1 � 2 Nc

f N;i

N> 35nm

��
(2.10)

Here,Nc is the number concentration of the newly formed cloud droplets due to nucleation,
N> 35nm is the total number of particles larger than 35 nm [Lin and Leaitch 1997]. f N;i

is the fraction of aerosols larger than 35 nm in the respective soluble modei . f N;i for
i 2 f accumulation, coarse modeg equals 1. The inverse of the error function erf is
the best estimate for the inverse normal cumulative distribution function, for which no
closed-form solution can be derived.
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Below-cloud scavenging

Wet deposition due to rain and snowfall is considered in our model. Graupel is assumed
to have very short atmospheric residence time due to its large sedimentation velocity and
is therefore not scavenging aerosols. The scavenging coe�cient �(d), which is de�ned for
both rain and snow, is based on the equation given byZhao and Zheng[2006] andCroft
et al. [2009b], such that

�( d) =
Z D d;max

D d;min

�D 2
d

4
[U(Dd) � U(d)] E(dp; Dd) nd(Dd) dDd (2.11)

Here,Dd represents the diameter of the hydrometeor,Dd;max and Dd;min are the maximum
and minimum hydrometeor size de�ned within the cloud microphysics scheme, andd is the
aerosol particle diameter.U denotes the terminal fall velocity,nd(Dd) corresponds to the
number density size distribution of the hydrometeor class. The non-dimensional scavenging
e�ciency E(d; Dd) is described by the sum of the e�ciencies due to Brownian di�usion,
interception and inertial impaction. The individual forces are described as functions of
the Reynolds number, the Stokes number and the Schmidt number byZhao and Zheng
[2006].

Integrations of �( d) over the aerosol size distributionn(d) yields

� m =

Z 1

0
�( d) d3 n(d) dd

Z 1

0
d3 n(d) dd

(2.12)

for the mass scavenging coe�cient �m, and

� n =

Z 1

0
�( d) n(d) dd

Z 1

0
n(d) dd

(2.13)

for the number scavenging coe�cient �n. Both coe�cients have been calculated o�-line
and are provided in a look-up table as functions of the count median radii of the size
distributions of aerosols and hydrometeors. Thus, the rate of change of a tracer mixing
ratio C due to scavenging by rain (or snow) is given as

dC
dt

= � C f prec � m; (2.14)
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with f prec being the fraction of rain (or snow) precipitating to the surface within a timestep.
A corresponding expression also exists for the aerosol number tracers. Thermo- and dif-
fusiophoretic e�ects are not accounted for in this approach.

Aerosol optical properties

Mie calculations have been performed o�-line to create a look-up table for the extinction
coe�cient, the single scattering albedo and the asymmetry factor of the phase function.
The extinction coe�cient is a measure of how much electromagnetic wave intensity is
extinguished, the single-scattering albedo explains how e�ciently an aerosol scatters or
absorbs light in a single event (multiple scattering is not considered). The asymmetry fac-
tor is an indicator for the range of scattering angles. A large asymmetry factor corresponds
to strong forward scattering. Within the look-up table, the aerosol optical properties are
given as a function of the complex refraction index and the aerosol count median radius.
The real and imaginary part of the refraction index are calculated for each lognormal
mode, using the volume-weighted average of the individual components including aerosol
water. It was shown byLesins et al. [2002] that this approximation of a homogeneous
mixture of the aerosol components within the particle results in a negligible error, that is
only important in extreme cases of mixtures between BC and water. Table 2.2 displays the
refractive indices for each component at the mid-visible wavelength� = 550 nm and the
corresponding references. Using solar irradiance, the three optical properties have been
mapped onto the three spectral bands in the visible wavelength range of the COSMO-CLM
radiation scheme [Ritter and Geleyn 1992]. For longwave e�ects, the mapping to the �ve
infrared bands of the model was performed with a Planckian function.

2.2.3 Cloud microphysics

Within the new framework, cloud-microphysical processes are treated with the two-moment
bulk scheme fromSeifert and Beheng[2006]. A total of �ve hydrometeor classes are ac-
counted for: cloud droplets, rain, ice-crystals, snow and graupel. FollowingHeyms�eld
and Kajikawa [1987], ice-crystals are assumed to be hexagonal plates, whereas snow
akes
have the shape of mixed aggregates [Locatelli and Hobbs1974]. For graupel, the shape
parameters for so-called lump graupel [Heyms�eld and Kajikawa 1987] are applied. Gen-
eralized gamma-distributions based on the corresponding shape parameters are applied
for the size distributions of the �ve classes.

The simulated warm-phase processes are the nucleation of cloud droplets (see subsection
2.2.3), autoconversion of cloud droplets to rain drops and accretion of cloud droplets
by rain, as well as self-collection of cloud droplets and rain, evaporation and breakup
of rain drops. Microphysical processes for the ice-phase are heterogeneous freezing in
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condensation/immersion and contact mode [Muhlbauer and Lohmann2009], di�usional
growth of ice-crystals, aggregation, self-collection, riming, conversion to graupel, melting
and sublimation. Graupel shedding of liquid water and Hallett-Mossop ice-multiplication
are considered as well. The Wegener-Bergeron-Findeisen process is represented implicitly
such that in a lifting air parcel that is supersaturated with respect to ice, but not saturated
with respect to water, all condensate evaporates and ice-crystals grow by vapor di�usion.
For a description of the processes we refer to the comprehensive article bySeifert and
Beheng[2006].

Cloud droplet nucleation

The activation of the internally mixed aerosols and cloud droplet nucleation is treated
with a parameterization followingLeaitch et al. [1996],Lin and Leaitch [1997],Lohmann
[2002a]. The number of activated cloud droplets at a certain point in timeN t

c is given by

N t
c =

w N> 35nm

w + � N > 35nm
(2.15)

Here, � = 0.023 cm4 s� 1. The simulated vertical velocity is averaged over a gridbox and,
thus, too small at a resolution of 50 km. Therefore, the updraft velocityw is expressed
as the sum of the grid-scale vertical velocitywg and a subgrid-scale turbulent component
described by the turbulent kinetic energy (TKE) [Lohmann et al.1999]. Thus, the updraft
velocity is

w = wg + f
p

TKE (2.16)

The parameterf = 0.1 was used for tuning of the model with respect to the cloud droplet
e�ective radius against satellite data (see evaluation below). The value is lower compared
to the ECHAM GCM because of the higher resolution of the RCM simulations. The cloud
droplet nucleation rate followsLeaitch et al. [1996] andLin and Leaitch [1997], such that

@Nc
@t

= max
n 1

� t

h
0:1

�
N t

c

� 1:27
� N t � 1

c

i
; 0

o
(2.17)

Additionally, we do not allow cloud droplet numbers below a threshold of 40 cm� 3 in ac-
cordance with ECHAM5-HAM [Lohmann et al.2007]. In case of an undershoot below the
minimum due to precipitation processes (e.g. autoconversion, accretion, and riming), an
adaptation to the minimum cloud droplet number is performed. This arti�cial nucleation
of cloud droplets is currently not considered an aerosol sink.
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Ice nucleation

We consider immersion/condensation and contact freezing for the heterogeneous nucle-
ation of ice-crystals. Condensation and immersion freezing are implicitly combined in
our model as pointed out byMuhlbauer and Lohmann[2009]. The scheme combines the
singular and the stochastic hypothesis, assuming heterogeneous freezing to occur inside
supercooled cloud droplets. The probability of freezing is therefore considered to depend
on temperature, droplet volume and the e�ciency of the immersed particle to act as an
ice nucleus [Pruppacher and Klett 1997]. The freezing e�ciencies for each aerosol species
are provided byDiehl and Wurzler [2004].

Contact nucleation is based onYoung [1974],Cotton et al. [1986] andLohmann and Diehl
[2006]. The scheme considers the collision of insoluble aerosols with supercooled liquid
droplets due to Brownian di�usion, which depends on temperature, aerosol radii and air
viscosity, as described byMuhlbauer and Lohmann[2009].

Black carbon and dust in the soluble/mixed modes larger than 35 nm may act as immersion
IN, whereas for contact freezing only insoluble dust is considered. For a detailed description
of the implementations regarding immersion/condensation and contact nucleation within
CCLM we refer to Muhlbauer and Lohmann[2009].

Cloud optical properties

In the standard radiation scheme only the liquid water content (LWC) was used to cal-
culate the cloud optical properties (extinction coe�cient, single-scattering albedo, and
asymmetry factor) [Ritter and Geleyn 1992]. Hence, there was no apparent representa-
tion of cloud droplet or ice-crystal size and therefore no consideration of the �rst indirect
e�ect, which corresponds to an enhanced cloud albedo with smaller cloud droplets and
ice-crystals. Additionally, the single-scattering albedo and the asymmetry factor were as-
sumed to be linearly dependent on LWC as inTsay et al. [1989]. For drop sizes larger
than 12 � m this assumption is not valid anymore since the �tting curves strongly deviate
from a straight line [Hu and Stamnes1993]. Therefore, new parameterizations with non-
linear �tting for cloud optical properties have been introduced. These schemes compute
the optical properties of clouds as a function of the e�ective radius (re� ) of cloud droplets
and ice-crystals. For cloud droplets, the parameterization ofHu and Stamnes[1993] is
used:

� ext

LWC
= a1 r b1

e� + c1 (2.18)

1 � ! = a2 r b2
e� + c2 (2.19)

ga = a3 r b3
e� + c3 (2.20)
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� ext is the extinction coe�cient, ! is the single-scattering albedo, (1-! ) is the so-called
co-albedo. ga is the asymmetry factor. For ice-crystals, we apply the parameterization
following Edwards et al.[2007]:

� ext

IWC
=

2X

k=0

xk D k
e� (2.21)

1 � ! =
3X

k=0

yk D k
e� (2.22)

ga =
3X

k=0

zk D k
e� (2.23)

IWC is the ice water content, k determines the order of the above equations.De� is the
e�ective dimension. The e�ective radius/dimension followsHansen and Travis[1974] and
Korolev et al. [1999], such that

2 re� = De� =

Z 1

0
D 3

d f (Dd) dDd

Z 1

0
D 2

d f (Dd) dDd

(2.24)

Here, f (Dd) denotes the generalized Gamma-distributions applied for cloud droplets and
ice-crystals afterSeifert and Beheng[2006]. Parametersa, b, c, x, y and z for the pa-
rameterizations of the cloud optical properties in equations (2.18){(2.20) and equations
(2.21){(2.23) have been calculated for the eight spectral bands of CCLM using the solar
irradiance data fromLabs and Neckel[1970] in the visible range and a Planckian function
in the infrared.

2.2.4 Model setup

The horizontal resolution is 0.44� � 0.44� (approx. 50 km, number of grid points in the
horizontal: 109� 121). 32 vertical levels with increasing thickness towards the top of the
model atmosphere (22 km altitude) are used. The time-step is 300 s. The model domain
covers entire Europe and parts of Northern Africa (Figure 2.1).

Simulations are performed over the period from January 1997 to December 2003. The
�rst year is used for spin-up to reach the soil moisture equilibrium. The soil moisture �eld
from a previous long-term simulation conducted within our group is used at initialization in
order to guarantee a rapid spin-up. The period from 1997 to 2003 was primarily chosen for
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Figure 2.1: Model domain and topography [m]. Some European cities with high aerosol emis-
sions in their surroudings are indicated as follows: (1) London, (2) Paris, (3) Madrid, (4) Warsaw,
(5) Moscow, (6) Bucharest. The black boxes represent the regions from the PRUDENCE project
[Christensen et al. 2002; 2007b] which are used for the analysis of certain model parameters:
British Isles (BI), Iberian Peninsula (IP), France (FR), Mid-Europe (ME), Scandinavia (SC),
Alps (AL), Mediterranean (MD) and Eastern Europe (EA).

its good satellite data coverage. Additionally, it is justi�ed to assume constant present-day
(year 2000) aerosol emissions for the considered period since the in
uence of the Pinatubo
eruption in 1991 can be neglected. At the lateral boundaries, our model simulations are
forced by ERA-interim reanalysis data [Simmons et al.2007]. A global simulation at T106
with ECHAM5-HAM driven by an ensemble mean of sea surface temperatures (SST) is
used for the lateral boundary conditions of the aerosol components.

2.2.5 Emissions

Present-day aerosol emissions are interpolated from the 1� 1� data set provided by the
Aerosol interComparison project (AeroCom, http://nansen.ipsl.jussieu.fr/AEROCOM/,
Dentener et al. [2006]). The organic carbon emissions are multiplied with 1.4 to obtain
the total emission 
ux of POM [Stier et al. 2005]. In order to account for the enhanced
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Table 2.3: Type, source, temporal resolution, annual mean of the domain total 
uxes and
fractional contribution to the global 
ux of the emissions (year 2000) within the regional model
domain

type & temporal domain total fraction of
source resolution 
ux [Tg/y] global 
ux [%] a

anthropogenic BC yearly 0.7 15
anthropogenic POM yearly 0.9 11
anthropogenic SO2 yearly 26.2 24
volcanic SO2 yearly 4.7 32
biogenic POM monthly 0.8 6
natural DU monthly b 410 24
BC (wild �res) monthly < 0.001 < 0.1
POM (wild �res) monthly < 0.001 < 0.1
SO2 (wild �res) monthly < 0.001 < 0.1
DMSc - 1.0 6
SSc - 240 5

a Global estimates used to calculate the fractional contributions are taken from [Dentener
et al. 2006]. Our model domain covers 6% of Earth's surface.
b AeroCom provides dust emission 
uxes with daily resolution. We use monthly means
since daily values may not correspond to the lateral 
uxes from ECHAM5-HAM.
c On-line calculated emissions with CLM4-M7 (see text), fractional contribution of Aero-
Com global mean.

emissions of carbonaceous aerosols in winter due to more intense heating of buildings, the
annual mean emissions of black carbon and organic matter are multiplied with a scaling
factor for each month [Rotty 1987]. The factors are 1.146, 1.139, 1.081, 0.995, 0.916,
0.920, 0.910, 0.907, 0.934, 0.962, 1.019, and 1.072 for January to December. Black carbon
emissions are attributed to the insoluble Aitken mode. 65% of the organic matter emissions
are assumed soluble [Stier et al. 2005].

Table 2.3 lists the sources and temporal resolution of the aerosol emissions used in this
study. It illustrates that Europe is an important player in de�ning future targets regarding
clean air policy, because Europe contributes 24% of the global emissions of SO2 although
the domain area fraction is only 6% of Earth's total surface. Anthropogenic black carbon
(organic matter) emissions amount to 15% (11%) of the corresponding global 
ux.

Anthropogenic black carbon and organic matter emissions are highest near major indus-
trial areas and densely populated regions such as the urban surroundings of London, Paris,
Milan, Madrid, Warsaw, Bucharest and Moscow (Figures 2.1 and 2.2). The emissions of
black carbon and organic matter mainly result from the combustion of fossil fuel and biofu-
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els. Biogenic particulate organic matter emissions (prescribed secondary organic aerosol)
are tied to natural terpene release from plants (seeDentener et al. [2006] and references
therein). The corresponding 
uxes are largest in the forests of Scandinavia and the Black
Forest in Southern Germany during summer time. In addition, wild �re emissions of black
carbon, organic matter and SO2 play a role on the Iberian Peninsula, Russia and Scan-
dinavia in summer. Concerning the sulfur emissions, the most important polluters are
power plants and industry, followed by domestic pollution, transportation and shipping.
Volcanoes eject SO2 into the atmosphere between two speci�ed model levels. Mount Etna
in Eastern Sicily is the most important source of volcanic SO2 in Europe.

Mineral dust is emitted above desert soil. In our model, dust emission 
uxes are currently
prescribed as monthly means.

Sea salt and DMS emissions depend on the modelled 10 m wind speed above ocean water.
DMS emission is a result of biogenic activity and hence also depends on SST. In the
model, the piston velocity is calculated that describes the speed at which DMS is injected
into the atmosphere, followingNightingale et al. [2000]. DMS emissions over land are
anthropogenic and about two orders of magnitude smaller than emissions over the ocean.
The prescribed monthly mean terrestrial DMS emissions are not displayed in Figure 2.2.
In the case of sea salt, mass and number emission 
uxes are interpolated linearly from the

uxes for di�erent wind speed classes provided byGuelle et al.[2001]. Sea salt emissions
are highest in the area of the North Atlantic storm tracks.

More detail on the prescribed emissions, e.g. with regard to the assumptions made for
the count median radii and the standard deviations of the size distributions of the freshly
emitted particles, is provided byStier et al. [2005].

2.3 Evaluation

The �rst simulation (herein referred to as CLM4-M7) was conducted with the aerosol
module M7 coupled to the two-moment cloud scheme ofSeifert and Beheng[2006]. CLM4-
M7 accounts for direct, semi-direct and indirect aerosols e�ects.

The second simulation (herein referred to as CLM4-ST) uses the standard one-moment
cloud microphysics scheme [Reinhardt and Seifert2006] and the simple aerosol climatology
of Tanr�e et al. [1984] for the radiative transfer calculations. The climatology is constant in
time and is based on a coarse spectral resolution of T10. It accounts for the combined direct
radiative e�ect of urban, land, maritime, desert, volcanic, tropospheric and stratospheric
background aerosol. In addition, optical properties in the climatology do not vary with
relative humidity. This model setup does not include aerosol microphysics and transport
and does not consider indirect aerosol e�ects. Due to the more complex physics, the
computational cost of CLM4-M7 increases by about a factor 5 compared to CLM4-ST.
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(a) Ant. black carbon (b) Ant. organic matter (c) Ant. sulfur dioxide (d) Vol. sulfur dioxide

(e) Dimethyl sulfide (f) Biogenic organic matter (g) Mineral dust (h) Sea salt

Figure 2.2: Present-day (year 2000) annual mean emission 
uxes of (a) anthropogenic black
carbon, (b) anthropogenic particulate organic matter, (c) anthropogenic and (d) volcanic sulfur
dioxide, (e) dimethyl sul�de (DMS), (f) biogenic particulate organic matter, (g) mineral dust
and (h) sea salt. SO2 and DMS 
uxes are given in [g(S) m� 2 y� 1], all other emissions have the
unit [g m � 2 y� 1]. Anthropogenic emissions include contributions from wild �res. White color
indicates no emission. A linear scale is applied for sea salt and DMS.

An intermediate simulation, CLM4-INT, was conducted using the monthly mean aerosol
optical properties from CLM4-M7 instead of the climatology. Otherwise, the setup of
CLM4-INT is equal to CLM4-ST in order to estimate the impact of the more realistic
aerosol load and treatment on temperature and precipitation. Hence, CLM4-INT and
CLM4-M7 di�er by the use of a di�erent cloud scheme, whereas CLM4-INT and CLM4-
ST di�er by the use of a di�erent aerosol con�guration. In CLM4-INT and CLM4-ST only
the direct radiative forcing and semi-direct e�ect of aerosols is taken into account.
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Figure 2.3: Mean e�ective cloud droplet radius [� m] at cloud top for (a) POLDER satellite
data according to Br�eon and Colzy [2000] and (b) CLM4-M7 from March to May 1997. For the
scatter plot (c), the model data was remapped bilinearly to the POLDER grid. The black solid
line indicates the 1:1 ratio, the dashed lines show where the modeled data are within� 2 � m of
the observations. Blue crosses: grid points over ocean, red crosses: grid points over land.

2.3.1 Model evaluation against observations of clouds and aero-
sols

Cloud droplet e�ective radius . The predicted cloud droplet e�ective radius is com-
pared with the data from the POLDER satellite mission from March to May 1997 [Br�eon
and Colzy2000] using the corresponding modeled monthly means on 800 hPa (Figure 2.3).
Cloud-free situations are omitted from the analysis. CLM4-M7 captures the land-sea con-
trast as found in the observations. Over land, the simulated e�ective radii range from
6 � m above the Balkans to 10� m over Central Europe. Concerning the e�ective radius
above the ocean, the model shows larger values than over land and a similar pattern as
the POLDER satellite. In Figure 2.3c the scatter plot indicates that the smallest e�ec-
tive radii found over land in the POLDER data are overestimated by about 1{2� m in
the model due to insu�cient cloud droplet nucleation. Over ocean, the agreement with
POLDER is better.

Cloud radiative forcing . The simulated all-sky monthly mean TOA cloud radiative
forcing (CRF) is compared against satellite observations from CERES-EBAF [Loeb et al.
2009]. Results are displayed for two PRUDENCE subregions (Figure 2.4). CRF is de�ned
as the di�erence between the all-sky 
ux (Fall � sky) and clear-sky 
ux (Fclear� sky) following
Ramanathan et al.[1989]. Hence, if a domain is cloud-free and Fall � sky = F clear� sky, then
CRF = 0. The top-of-the-atmosphere (TOA) SW cloud forcing is negative due to a cloud-
induced enhancement of the planetary SW albedo [Ramanathan et al.1989], resulting in
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a cooling e�ect.

Clouds also absorb LW radiation emitted by the warm surface of the earth, re-emitting at
colder temperatures at cloud top, which reduces the LW radiation back to space and, thus,
corresponds to a greenhouse e�ect induced by clouds. The TOA net cloud forcing (FSW

+ F LW ) has a distinct annual cycle over the North Atlantic Ocean. In summer, clouds
have a cooling e�ect, whereas they warm in winter due to the reduction of outgoing LW
radiation.

The region SC is representative for the part of the domain which is most strongly a�ected
by polar lows forming along the North Atlantic storm tracks. Thus, the annual cycle
over this region is very strong (100 W m� 2 in the observations). The annual cycle is
overestimated with both model setups (130 W m� 2) due to an overestimation of the cloud
cover in the northern half of the domain. The mean bias of the SW cloud forcing in SC
over the measurement period of CERES-EBAF is -8.1 W m� 2 in CLM4-ST and -3 W m� 2

in CLM4-M7, mainly resulting from a reduction in cloud cover. The modeled LW cloud
forcing shows a mean bias over this period of 2 W m� 2 in CLM4-ST and -3.1 W m� 2 in
CLM4-M7. Thus, a weak overestimation of the net cloud forcing is found for both model
versions with -6.2 W m� 2 in CLM4-ST and -6 W m� 2 in CLM4-M7.

In Eastern Europe (EA), we �nd a better agreement with the satellite observations because
of compensating errors of SW and LW cloud forcing. A larger negative bias of the SW cloud
forcing is found in CLM4-M7 (-9.2 W m� 2 on average) than in CLM4-ST (-3.6 W m� 2).
For the net cloud forcing a mean bias of 1.4 W m� 2 results in CLM4-M7 compared to
-2.2 W m� 2 in CLM4-ST.

Aerosol burdens . In order to explain the quality of the simulated aerosol optical depth
(AOD), we show the aerosol burdens (column-integrated mass concentration of a given
aerosol species) of (a, b) SU, (c, d) POM, (e, f) BC, (g, h) SS, and (i, j) DU in Figure
2.5. The sulfate burden in all PRUDENCE subregions is highest during summer due to
reduced wet deposition as compared to winter. The August peak in the SU burden is also
a consequence of the condensation of sulfate onto pre-existing particles such as dust and
organic matter emitted from plants. The highest SU burdens are found in July in Eastern
Europe (EA) and in August in the Mediterranean region (MD).

Black carbon emissions in major cities such as Milan, Warsaw, London and Amsterdam
lead to rather high local burdens. In these areas, roughly 30% of the annual mean burden
is due to BC in the insoluble Aitken mode. The domain mean contribution from insoluble
BC is 11%. For the burden of POM, a contribution of roughly 20% from insoluble particles
is found in the industrial regions of Eastern Europe and the forests of Scandinavia. The
domain mean is 6%.

The enhanced BC and POM burdens in winter are a result of intensi�ed heating of build-
ings. Strong peaks in the POM burdens due to biogenic sources and wild �res are obtained
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Figure 2.4: Monthly mean top-of-the-atmosphere (TOA) cloud radiative forcing [W m � 2]. (a,
d) shortwave cloud forcing, (b, e) longwave cloud forcing, and (c, f) net cloud forcing for the
PRUDENCE subregion (a{c) Scandinavia (SC) and (d{f) Eastern Europe (EA) from March 2000
to December 2003. The dashed vertical lines indicate January.

in August in the subregions IP and SC. The late summer peak in the black carbon bur-
dens in most regions is explained by wild �re emissions and less scavenging. The highest
burdens of organic carbon found in the south of the domain belong to the boundary zone
of the model and are thus values inherited from the driving GCM.

The sea salt burden is highest over the ocean. Regardless of their large size, and thus quick
removal, sea salt burdens are also comparatively large over land. The winter maxima in
all regions are explained by the stronger horizontal winds and, thus, enhanced sea salt
emissions and transport in winter.

Over land, particularly in the South of Europe, the most abundant aerosol species in terms
of mass is mineral dust. The annual mean DU burden is highest over the Northern Sahara
(> 100 mg m� 2), from where it decreases evenly towards the North. The fraction of the
insoluble DU burden to the total burden of DU is roughly 50% over Europe. The dust
burden peaks in May and increases with proximity to the Saharan desert. Dust outbreaks
from the Saharan desert are the most important events causing high AOD even in Central
and Eastern Europe [D'Almeida 1986,Angelis and Gaudichet1991,Delmas et al.1995,
Schwikowski et al.1995,Rodriguez et al.2001].

For the annual mean of most aerosol species we �nd the expected good agreement with
GCM output with respect to the large-scale pattern (see Figure 2 ofStier et al. [2005]). In
the case of sea salt, however, CLM4-M7 produces higher burdens over the Atlantic ocean,
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Figure 2.5: Annual mean column-integrated mass (burden) and the corresponding monthly
means in CLM4-M7 for the eight PRUDENCE regions of each aerosol type for the climatology
from 1997 to 2003: (a, b) sulfate [mg(S) m� 2], (c, d) particulate organic matter [mg m � 2], (e, f)
black carbon [mg m� 2], (g, h) sea salt [mg m� 2], (i, j) dust [mg m � 2].

most probably because of an underestimation of the in-cloud scavenging process in this
area. Therefore sea salt is transported farther into the continent as compared toStier
et al. [2005].

Aerosol optical depth . Column-integrated AOD is evaluated at a mid-visible wave-
length of 550 nm (Figure 2.6). The AOD from the climatology ofTanr�e et al. [1984] used
in CLM4-ST and all previous applications of COSMO-CLM is between two to three times
higher over the Mediterranean and Central Europe than observations suggest, mainly be-
cause of an overestimation of the AOD contributed by the desert aerosol type [Hohenegger
and Vidale 2005]. Furthermore, the climatology does not represent the spatial variability
in AOD induced by anthropogenic aerosol emissions and the maximum AOD is obtained
over Northeastern Africa instead of the western Saharan desert.

CLM4-M7 simulates more realistic patterns of AOD. For the comparison with CLM4-M7,
we use a composite of MODIS satellite data [Tanr�e et al. 1997] over water and MISR
[Martonchik et al. 2002] over land. MISR is preferred over the MODIS land retrieval
[Kaufman et al. 1997,Stier et al. 2005], because the multi-directional MISR-sensor allows
for the subtraction of disturbing radiances from the earth's surface, which is particularly
important over bright land surfaces, e.g. the snow-covered polar regions but also deserts.
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Figure 2.6: Aerosol optical depth (550 nm). The annual mean is shown for the year 2000 of
(a) CLM4-M7, (b) MODIS/MISR, and (c) CLM4-ST. Corresponding monthly means for all the
PRUDENCE regions are displayed in panels (d{k) for MODIS/MISR (black line) and CLM4-M7
(gray line).

In contrast to CLM4-ST, the agreement between the annual mean AOD for the year 2000
simulated with CLM4-M7 and the satellite observations is good (Figure 2.6a{b). The
domain mean of the model as well as that of the MODIS/MISR composite correspond to
0.17. The domain mean obtained with the climatology from CLM4-ST is 0.37. In CLM4-
M7, a bias below 0.05 is found in large areas of Eastern and Central Europe, the Iberian
Peninsula, and Italy. The AOD is overestimated by 0.05-0.1 over the Mediterranean Sea
and Northern Africa most probably due to the constant dust input as a consequence of
the use of monthly mean dust emissions instead of a wind-driven approach.

Over the North Sea, the British Isles and Southern Scandinavia, the overestimation of
AOD is related to the expected error in the scavenging process as described above. In
the Mediterranean region, the AOD bias is 0.15 in April and 0.25 in May. The latter is
a consequence of dust outbreaks from the Saharan desert in combination with an average
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southwesterly large-scale 
ow (Figure 2.5). Some areas show a distinct second peak of
AOD in late summer or early fall (ME, EA, IP, and AL), mainly due to an increase in BC
and POM emissions of biogenic origin and wild �res. In most regions, the second peak is
well captured by the model. In case of the subregion IP, the second peak also coincides
with enhanced dust transport in fall toward this region (Figure 2.5).

A comparison of daily mean aerosol optical depth of the year 2000 in CLM4-M7 with
thirteen AERONET stations [Holben et al.2001] shows that the model is capable of re-
producing the observed day-to-day variability in aerosol optical depth for some stations.
Table 2.4 displays the modeled and observed daily mean, the standard deviations, and
the correlation coe�cient between the modeled values and the station observations. Since
AERONET optical depths are provided for the wavelengths� = 670 nm and � = 440 nm,
the AOD at � = 550 nm is interpolated using a linear relationship between log(AOD)
and log(� ), following Chin et al. [2004]. We use quality-assured and cloud-screened level-2
AERONET data [Smirnov et al. 2000]. The simulated values correspond to squared in-
verse distance weighted averages from the four grid points closest to the respective station.
Only the exact same days for which the AERONET station data is available are compared.
Correlation coe�cients range from 0.17 to 0.70. For nine stations correlations are higher
than 0.3, despite the use of monthly mean emissions. This highlights the importance of
meteorology for aerosol removal or accumulation at a given location. However, to reach
higher correlations one would probably require more sophisticated (photo-)chemistry and
emission 
uxes on higher spatial and at least daily resolution.

The mean bias in the daily averages ranges from -0.15 to 0.05. Ten stations have an
absolute bias of less than 0.05. Stations for which the largest bias is obtained are located
mostly in the South of the domain. These stations experience single days with extremely
large aerosol optical depth due to local dust emissions. The standard deviations of the daily
means agree within 0.03 in most cases. Plotted timeseries for each station are provided in
the appendix to this chapter.

Absorption optical depth . The absorption optical depth (ABS) is the fraction of the
optical depth due to absorption, such that ABS(550 nm) = (1-! )�AOD(550 nm), with !
being the single-scattering albedo. The annual mean pattern of ABS is closely related to
that of the dust burden (Figure 2.7a). The simulated monthly mean ABS for the year 2000
is compared against measurements from the AERONET stations at Lille in the North of
France, El Arenosillo in Southwestern Spain, Ispra and Venice in the Po Valley (Figure
2.7b{e).

The most absorptive aerosol components in the atmosphere are mineral dust and black
carbon (Table 2.2). Coen et al. [2004] show that the single-scattering albedo is strongly
reduced in case of Saharan dust events (SDE) at the remote-continental location on top
of Jungfraujoch in the Swiss Alps. Consequently, SDE as well as primary emissions of
insoluble black carbon increase ABS over Europe, mostly in late spring as illustrated
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Table 2.4: Daily mean aerosol optical depth (550 nm) from CLM4-M7 for thirteen AERONET
stations (year 2000) with standard deviations (std. dev.), daily mean bias and correlation coef-
�cient R

AERONET latitude, observed daily modeled daily
station name longitude mean (std. dev.) mean (std. dev.) bias R
Avignon 43.9, 4.9 0.14 (0.10) 0.14 (0.09) 0.00 0.32
El Arenosillo 37.1, 6.70 0.14 (0.15) 0.19 (0.13) 0.05 0.28
Hamburg 53.6, 10.0 0.17 (0.10) 0.19 (0.11) 0.02 0.34
IMC Oristano 39.9, 8.5 0.17 (0.12) 0.19 (0.12) -0.02 0.64
IMS METU ERDEMLI 36.6, 34.3 0.24 (0.20) 0.17 (0.13) -0.07 0.36
Ispra 45.8, 8.6 0.29 (0.27) 0.14 (0.11) -0.15 0.23
Lampedusa 35.5, 12.6 0.23 (0.13) 0.25 (0.12) 0.02 0.70
Lille 50.6, 3.1 0.17 (0.13) 0.18 (0.15) 0.01 0.17
Moldova 47.0, 28.8 0.19 (0.10) 0.21 (0.13) -0.02 0.51
Nes Ziona 31.9, 34.8 0.24 (0.13) 0.21 (0.12) -0.03 0.32
Palaiseau 48.7, 2.2 0.16 (0.10) 0.19 (0.17) 0.03 0.31
SEDE BOKER 30.9, 34.8 0.18 (0.13) 0.22 (0.11) 0.04 0.34
Venice 45.3, 12.5 0.26 (0.18) 0.19 (0.14) -0.07 0.28

above. Thus, values larger than 0.05 are found near the southern lateral boundary of the
model above the Saharan desert. In the northern half of the domain and particularly in
winter, a minor contribution due to about an order of magnitude smaller mass comes from
the black carbon and particulate organic matter burdens.

AERONET ABS (550 nm) is interpolated from the wavelengths 670 nm and 440 nm with
the same approach as described above for the AOD measurements. The overestimation
of the dust peak found for AOD consistently results in higher ABS compared to the
AERONET stations. The second peak observed in late summer in ABS is captured well
by the model. AERONET retrievals of absorption optical depth require large values of
AOD due to possible corruption by natural or instrumental disturbances under low aerosol
loading conditions [Dubovik et al. 2002]. Therefore, the monthly means produced by
AERONET may consist of only a small number of quality-assured measurements, ranging
from 1 to more than 150 measurements per month. Thus, results should be interpreted
with caution. The comparison shows that model and observations agree largely on the
order of magnitude of the absorption optical depth, but there are also large di�erences in
some months, particularly in winter.

Angstrom exponent . The column-integrated Angstrom exponent (ANG) expresses the
dependence of the aerosol optical depth on the wavelength of the incident light, such that
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Figure 2.7: Absorption optical depth (550 nm). (a) The annual mean is shown for the year
2000 simulated with CLM4-M7. Monthly means of year 2000 are shown for four AERONET
stations (black line) and CLM4-M7 (gray line): (b) Lille, (c) El Arenosillo, (d) Ispra, and (e)
Venice.

ANG =
ln(AOD 0) � ln(AOD 1)

ln(� 1) � ln(� 0)
(2.25)

where AOD0 and AOD1 are the optical depths at the corresponding wavelengths� 0 and
� 1. For aerosol particles small enough to act in the Rayleigh scattering regime, ANG
reaches 4. For coarse mode particles, ANG is close to zero or even negative.

Figure 2.8 shows the modeled ANG (550 nm/865 nm) for the year 2000 in comparison
with ANG from AeroCom climatology (550 nm/865 nm) [Kinne et al. 2006]. Our model
captures the land-sea contrast. However, it tends to underestimate the Angstrom exponent
in comparison with the AeroCom climatology, particularly over Continental Europe. This
underestimation is mainly due to lower values in winter and spring in all regions (Figure
2.8c{j). In the PRUDENCE subregions BI, SC, and ME, the Angstrom exponent is below
0.5 in January and December. The bias can reach -50% as in EA or SC. The major cause
is the overestimation of the sea salt burden as suggested above and, thus, water uptake
which leads to large aerosol sizes. Since ANG is simulated better in summer, the amplitude
of the annual cycle is overestimated by a factor 2 in some areas, e.g. BI, ME, and EA.

Furthermore, we analysed the daily mean Angstrom exponent of the year 2000 in CLM4-
M7 in comparison with the thirteen AERONET stations used above for the evaluation
of AOD (Table 2.5). The measured ANG is based on the AOD at the wavelengths
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Figure 2.8: Same as �gure 2.6, but for the Angstrom exponent. (a) AeroCom climatology, and
(b) CLM4-M7.

Table 2.5: Same as table 2.4, but for daily mean Angstrom exponent (model: 550 nm/865 nm,
observations: 440 nm/870 nm)

AERONET observed daily modeled daily
station name mean (std. dev.) mean (std. dev.) bias R
Avignon 1.38 (0.31) 1.13 (0.52) -0.25 0.32
El Arenosillo 0.88 (0.39) 0.77 (0.34) -0.11 0.46
Hamburg 1.51 (0.36) 1.12 (0.43) -0.39 0.43
IMC Oristano 1.08 (0.52) 1.03 (0.48) -0.05 0.66
IMS METU ERDEMLI 1.40 (0.41) 1.23 (0.44) -0.17 0.34
Ispra 1.52 (0.39) 1.39 (0.48) -0.13 0.43
Lampedusa 0.97 (0.47) 1.26 (0.56) 0.26 0.74
Lille 1.23 (0.40) 0.95 (0.56) -0.28 0.65
Moldova 1.36 (0.35) 1.13 (0.49) -0.23 0.27
Nes Ziona 1.10 (0.38) 1.05 (0.37) -0.06 0.43
Palaiseau 1.33 (0.37) 1.09 (0.49) -0.24 0.52
SEDE BOKER 0.95 (0.40) 0.92 (0.33) -0.02 0.46
Venice 1.58 (0.37) 1.23 (0.49) -0.35 0.46

440 nm/870 nm. The correlation coe�cients between the modeled daily mean values
and the ground-based observations range from 0.27 to 0.74. The average bias over all days
is negative for all stations except one (Lampedusa: 0.28) due to the underestimation of
the modeled ANG in the cold parts of the year. Lampedusa provides only data for the
months of July, August and September. The timeseries of ANG for each station are also
provided in the appendix to this chapter.
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2.3.2 Comparison of the new model framework with the stan-
dard version

Bias of 2m-temperature and precipitation . The standard setup of the COSMO-
CLM model (version 4.0) is known to have a distinct cold bias in summer of about -1� C
to -3� C over Europe [Jaeger et al.2008]. In winter, a weaker cold bias was identi�ed over
the Iberian Pensinsula. In Scandinavia, a warm bias was found during the winter season.
These biases are also evident in the current analysis (Figure 2.9).

The model is compared to the ENSEMBLES data set (EOBS:Haylock et al.[2008]). The
summer temperatures increase in CLM4-M7 as compared to CLM4-ST, almost in the whole
domain. In Mid-Europe, the 2m-temperature increases by more than 1.5� C, such that the
cold bias disappears. In the Mediterranean region, temperatures are 0.7� C higher, which
leads to an enhanced warm bias in the regions closest to the coast and in Eastern Europe.
The overestimation of summer temperatures in these regions was a common feature in
previous studies and was often related to a lack of precipitation and thus drying of the
soil, enhancing the sensible heat 
ux [Jacob et al.2007,Christensen et al.2007a].

On the one hand, the warmer summers can be partly attributed to the reduced AOD in
CLM4-M7 as shown above. CLM4-INT in comparison with CLM4-ST shows 30 W m� 2

more solar net radiation at the surface over the Mediterranean region in summer, causing a
temperature increase of 0.7� C. This indicates that the di�erences between CLM4-M7 and
CLM4-ST in the southern half of the domain most certainly arise from improved AOD. In
the northern half of the domain the major reason for the temperature increase by up to
2� C over land is the enhanced soil drying, which leads to a 4% reduction in cloud fraction
for JJA over most of Continental Europe (not shown).

Due to the summer warm bias of up to 6� C and the winter cold bias reaching -5� C in
North Africa, the amplitude of the annual cycle is strongly overestimated. The stronger
cold bias in CLM4-M7 is explained by the reduction of cloud fraction by 2% due to the
drier soil and new cloud microphysics treatment as well.

The general bias pattern of temperature in summer for all simulations is partly related
to the error of the cloud cover [Jaeger et al.2008]. Figure 2.10a shows the cloud cover
bias of CLM4-M7 against ground station measurements (CRU TS 2.1,Mitchell et al.
[2005]). An overestimation of cloud coverage in the northwestern half of the domain of
more than 8% and a maximum of 32% over parts of Norway and Sweden explains the
lack of solar radiation reaching the surface (Figure 2.10b). The net radiative 
uxes from
ERA-40 [Uppala et al.2005] are used for comparison. In the southern part of the domain,
a lack of clouds causes the opposite error. Here, the surface net shortwave radiation is
overestimated by 20{80 W m� 2. It is not compensated by the bias of the outgoing longwave
radiation (-20 to -40 W m� 2) (Figure 2.10c).
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Figure 2.9: Biases (model - observation, period 1998{2003) of (a{d) seasonal mean 2m-
temperature [� C] and (e{h) monthly mean precipitation [mm/d] for the three model simulations
CLM4-ST, CLM4-INT and CLM4-M7. Observations: EOBS, Haylock et al. [2008]. The model
data was interpolated to the gridded observations, 0.44� horizontal resolution.

Figure 2.10: Summer biases of (a) seasonal mean cloud cover [%], (b) surface net shortwave
(SW) radiation [W m 2� ] and (c) surface net longwave (LW) radiation [W m2� ] for CLM4-M7.
Observations for (1) cloud cover: CRU TS 2.1,Mitchell et al. [2005], and reference values for (2)
surface SW and (3) LW radiation: ERA-40, Uppala et al. [2005].

The new two-moment cloud scheme in CLM4-M7 generally produces less precipiation than
the one-moment scheme applied in CLM4-ST and CLM4-INT. A wet bias of 1 mm d� 1

is found in CLM4-ST and CLM4-INT in winter for Northern Europe and 0.5 mm d� 1 for
Mid-Europe. In CLM4-M7, the winter precipitation bias is reduced. In summer, CLM4-
M7 tends to be too dry, particularly in the proximity of mountains. Further e�orts are



42 2. AEROSOL AND CLOUD MICROPHYSICS IN COSMO-CLM

needed to investigate the cause and to reduce the biases in the present model.

2.4 Discussion and conclusions

We performed RCM simulations with COSMO-CLM (version 4.0) at a horizontal resolu-
tion of 50 km over the period 1997{2003. The �rst simulation (CLM4-M7) was conducted
applying a newly coupled aerosol microphysics module and a two-moment cloud micro-
physics scheme. A second simulation (CLM4-ST) was based on the standard model version
using a one-moment cloud scheme and a constant aerosol climatology. The third inter-
mediate simulation (CLM4-INT) uses the monthly mean aerosol optical properties of the
coupled CLM4-M7 but the standard cloud scheme as in CLM4-ST. All simulations use
ERA-interim reanalysis data for the meteorological boundary conditions.

The new model framework was evaluated against state-of-the-art observational data sets of
aerosol and cloud optical properties. CLM4-M7 is capable of reproducing the large-scale
patterns of the e�ective cloud droplet radius, aerosol optical depth, and the Angstrom
exponent. AOD is much more realistic than with the climatology used in CLM4-ST. For
aerosol optical depth and absorption optical depth we found that the model overestimates
the spring peaks related to Saharan dust transport towards Europe. The Angstrom expo-
nent is underestimated in winter due to high sea salt burdens and far transport of large
particles into the Continent, most probably as a consequence of too weak washout of these
particles. Nevertheless, the day-to-day variability is surprisingly well captured at some
AERONET stations. For these stations, this variability may be controlled more by the
meteorology (aerosol washout or accumulation locally) than the emissions.

The comparison of seasonal mean temperature and precipitation biases between the three
simulations shows that the reduction of AOD between CLM4-M7 and CLM4-ST leads to
a warming of 0.7� C in summer in the southern half of the domain. In the northern half,
the drying of the soil due to less precipitation with the two-moment scheme is responsible
for a temperature increase of up to 2� C. Previous versions of the model have been up to
a factor 2 too wet in winter in some regions of Europe. The new model framework is
too dry in summer, while reproducing the winter precipitation particularly in Eastern and
Northern Europe well. The new cloud scheme and subsequent indirect aerosol e�ects have
the stronger in
uence on the simulated temperature and precipitation as opposed to the
direct radiative forcing change induced by the improved AOD.

The present version of the model has short-comings related to the representation of aerosol
scavenging and the current lacking of sub-grid convective tendencies for the prognostic
tracers. Furthermore, the model does not account for nitrates and ammonia, which may be
important for hygroscopic growth of aerosols. Future work will involve (1) the introduction
of a complex aerosol-tracking approach within cloud droplets and hydrometeors following
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Hoose et al. [2008b], (2) a dynamic dust emission scheme, and (3) sensitivity studies
with respect to parameters such as the minimum cloud droplet number threshold and the
sub-gridscale vertical velocity.

Despite the drawbacks, the new regional aerosol modeling framework enables the study
of the whole diversity of interactions between aerosols, clouds, radiation and precipitation
on climatological time scales. To our knowledge, this is the �rst regional climate model to
account for such a variety of aerosol-related physical processes and climate interactions.
It presents a strong improvement as compared to models that use simplistic aerosol cli-
matologies. Unfortunately, the latter are still the overwhelming majority in the regional
climate modeling community.

2.5 Appendix: Auxiliary material

This section includes auxiliary �gures. Figure 2.11 shows the timeseries of daily mean
aerosol optical depth (AOD) at 550 nm for the year 2000. Observations (black) are ob-
tained from sun photometer measurements at 13 AERONET stations [Smirnov et al.2000,
Holben et al.2001]. Modeled values from the coupled simulation CLM4-M7 (red) corre-
spond to squared inverse distance weighted means of the four grid points closest to the
respective AERONET station.

Figure 2.12 displays the daily mean Angstrom exponent (ANG): 865 nm/550 nm for
CLM4-M7 and 870 nm/440 nm for the observations from the AERONET stations.

The location of the stations used for the analysis of daily means and thus day-to-day
variability is shown in Figure 2.13.



Figure 2.11: Daily mean aerosol optical depth (AOD) for the year 2000. Red colors indicate
modeled values (squared inverse distance weighted means over the four grid points closest to the
station). Black colors indicate observational data from AERONET stations. The stations are
(a) Avignon, (b) El Arenosillo, (c) Hamburg, (d) IMC Oristano, (e) IMS METU ERDEMLI, (f)
Ispra, (g) Lampedusa, (h) Lille, (i) Moldova, (j) Nes Ziona, (k) Palaiseau, (l) SEDE BOKER,
and (m) Venice. Only days with actual measurements at the respective AERONET stations are
shown. The boxplots to the right of each subplot show the median, the lower and the upper
quartile. The whiskers extend to the 1st and the 99th percentile. Outliers are not displayed.
Additionally, for each station the modeled mean over all daily averages and the corresponding
standard deviation is given behind the legend entries. In the top right corner of each supblot,
mean bias and correlation coe�cient R are shown. The �gure is continued on the next page.
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Figure 2.11: continued.
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Figure 2.12: Same as Figure 2.11, but for the daily mean Angstrom exponent (ANG). The
�gure is continued on the next page.
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Figure 2.12: continued.
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Figure 2.13: Model domain extent including boundary zone, topography of the 50 km resolution
grid, and the station locations. The stations are numbered from 1 to 13 in alphabetic order:
(1) Avignon, (2) El Arenosillo, (3) Hamburg, (4) IMC Oristano, (5) IMS METU ERDEMLI,
(6) Ispra, (7) Lampedusa, (8) Lille, (9) Moldova, (10) Nes Ziona, (11) Palaiseau, (12) SEDE
BOKER, and (13) Venice.
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Abstract

Many regional climate models (RCM) and numerical weather prediction (NWP) mod-
els use old aerosol data sets to calculate the direct aerosol radiative e�ect. In this study,
three multi-year simulations with COSMO-CLM using di�erent aerosol climatologies and a
simulation with monthly mean aerosol optical properties, stemming from a COSMO-CLM
simulation with coupled aerosol microphysics and transport, are evaluated. The climatolo-
gies ofTegen et al.[1997], the AEROCOM-climatology for present-day conditions [Kinne
et al. 2006], and the monthly mean optical properties fromZubler et al. [2011b], with
realistic patterns of aerosol optical depth (AOD), lead to an increase of downward surface
shortwave radiation (SSR) of 35 W m� 2 (20%) in the Mediterranean region in comparison
with the climatology of Tanr�e et al. [1984]. The former is known to strongly overestimate
AOD over Europe. The associated bias in SSR exceeds the observed variations of the
recent decades by up to a factor 5. Despite an annual mean temperature increase of 0.5 K
above Southern European land surfaces owing to enhanced SSR, the newer climatologies
yield colder temperatures in the mid-troposphere because of a reduction of the shortwave
absorption by desert dust. This reduced heating destabilizes the atmosphere relative to
the simulation with the climatology of Tanr�e et al. [1984], enhancing cloud formation and
precipitation in those simulations. It is recommended that the RCM community uses
updated aerosol information for radiative transfer calculations.
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3.1 Background

Inspite of the growing awareness that atmospheric aerosols play a signi�cant role in de�n-
ing global and regional climate and climatic change, many numerical weather prediction
(NWP) and regional climate and models (RCM) still apply out-dated data sets of aerosol
concentrations and optical properties in order to calculate radiative transfer [Hohenegger
and Vidale 2005].

One of the most popular data sets in use is the aerosol climatology ofTanr�e et al. [1984].
For example, it is applied in COSMO, the NWP model used by the weather services
of Germany, Switzerland, Italy, Greece, Poland and Russia) and climate models such as
RACMO [van Meijgaard et al.2008], REMO [Jacob et al.2001], COSMO-CLM, and the
ARPEGE-Climate general circulation model [Hu et al. 2001]).

The Tanr�e et al. [1984]-climatology is characterized by very low resolution (T10) and by a
dominant, unrealistic desert dust component [Hohenegger and Vidale2005]. In addition,
all aerosol components are �xed in time, while in reality, aerosol concentrations and thus
aerosol optical depth undergo an annual cycle over Europe [Yu et al. 2003], mainly owing
to seasonally varying emissions and wet deposition e�ciency, dust transport and changes
in circulation [Zubler et al.2011b].

Biases of the aforementioned models related to erroneous aerosol representation are largely
unknown. Therefore, we investigate the impact of di�erent aerosol climatologies on multi-
year simulations over Europe and North Africa.

3.2 Numerical model and setup

Simulations are performed with COSMO-CLM, version 4.14, a widely used state-of-the-art
RCM [Rockel and Geyer2008]. The model has initially been developed and applied for
operational weather prediction purposes by the German Weather Service, MeteoSwiss and
other members within the COSMO consortium (http://www.cosmo-model.org) [Doms and
Sch•attler 2002,Steppeler et al.2003]. The model's radiative transfer scheme was developed
by Ritter and Geleyn [1992]. Its standard con�guration uses the aerosol climatology from
Tanr�e et al. [1984].

The horizontal resolution is 0.44� (approx. 50 km); 32 vertical levels with increasing
thickness towards the top of the model atmosphere (22 km altitude) are used. The time-
step is 300 s. The model domain covers entire Europe and parts of North Africa.

All simulations are performed over the period 1997{2003, for which present-day aerosol
settings can be considered representative. The simulations are driven by the ERA-interim
reanalysis [Simmons et al. 2007]. Here, only the direct radiative e�ect of aerosols is
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considered. Each of the four model simulations uses a di�erent aerosol climatology. A
rapid spin-up of the model is guaranteed owing to the use of initial soil moisture data
from a long-term COSMO-CLM simulation driven by ERA-40.

3.3 Aerosol climatologies

The control simulation (TAN84) uses the standard model setup with the climatology of
Tanr�e et al. [1984].

The second simulation (TEG97) uses theTegen et al.[1997]-climatology. This global data
set is used successfully in the current version of IFS, the NWP model of the European Cen-
tre for Medium-Range Weather Forecast (ECMWF, http://www.ecmwf.int). Its temporal
resolution is monthly. The spatial resolution is only T21. Therefore, regional features in
the aerosol distribution such as urban areas or local dust sources are not well represented.
The dust distribution over Africa appears to be unrealistic as the maximum is found near
the Southern edge of the Arabian Peninsula rather than over the Western Sahara.

A very recent climatology was developed within the AEROCOM-project [Kinne et al.
2006] (AEROsol Comparisons between Observations and Models, http://dataipsl.ipsl.-
jussieu.fr/AEROCOM/). It is based on a compilation of global climate model simulations
that use highly complex aerosol microphysics and transport schemes together with emission
data from Dentener et al.[2006]. The data is provided as monthly means for present-day
(year 2000) conditions at a resolution of 1� . The AEROCOM-climatology is characterized
by a large contribution from anthropogenic sources over the Eastern Europe. It is used in
the third simulation (AEC06).

An additional simulation (ZUB11) is performed with the monthly mean aerosol optical
properties (extinction coe�cient, asymmetry factor and single-scattering albedo for all
spectral bands of the model) obtained from an extended simulation of COSMO-CLM with
coupled aerosol microphysics and transport [Zubler et al. 2011b]. This model version
simulates aerosol emission, transport, mixing and washout for sulfate, black and organic
carbon, sea salt and dust over Europe for the period 1997{2003. The lateral boundary
conditions for the aerosols were taken from a global simulation with ECHAM5-HAM [Stier
et al. 2005,Folini and Wild 2010] and present-day AEROCOM-emissions [Dentener et al.
2006]. A detailed description of the physics in the coupled model used to obtain the
monthly mean optical properties and its evaluation against observed AOD is given in
Zubler et al. [2011b].

Figure 3.1 shows the annual mean AOD at a mid-visible wavelength of 550 nm for the
four data sets as compared to AERONET ground observations [Holben et al.2001] and
a MODIS/MISR satellite composite [Kaufman et al. 2002,Martonchik et al. 2002]. We
used quality-assured level 2.0 data from AERONET over the period from 1997 to 2003
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[Smirnov et al. 2000]. The 12 stations used here are those with the best coverage over
the simulated period. Since AERONET optical depths are provided for the wavelengths
� = 670 nm and � = 440 nm, the AOD at � = 550 nm is interpolated using a linear
relationship between log(AOD) and log(� ), following Chin et al. [2004]. The simulated
values correspond to squared inverse distance weighted averages from the four grid points
closest to the respective station.

As seen in Figure 3.1a{b the AOD of theTanr�e et al. [1984]-climatology is up to 0.5
too high (factor 2{3), mainly over Africa and in Southern and Eastern Europe where the
unrealistic dust component dominates AOD. The mean bias over all seasons against the
AERONET stations considered here is 0.3 in case of TAN84. The domain mean AOD
of TAN84 is 0.37 as compared to 0.17 in ZUB11 and the satellite composite. In general,
TEG97 exhibits too small AOD over most parts of Europe as compared to the observations.
For TEG97 and AEC06, the domain averages are 0.13 and 0.21.

The patterns of the more recent climatologies, showing the anthropogenic sources in Cen-
tral and Eastern Europe, are much more realistic in comparison with MODIS/MISR than
TAN84. While AEC06 overestimates the anthropogenic contribution in Eastern Europe
by more than 0.15, TEG97 particularly underestimates the AOD from dust over North
Africa and the Mediterranean (Figure 3.1c{d).

The seasonal cycles in all climatologies except TAN84 capture the increase of AOD in early
summer owing to dust transport across the Mediterranean and the reduced washout. The
climatologies TEG97 and AEC06 can be considered equally applicable over Europe. Nev-
ertheless, both climatologies have di�culties reproducing observed AOD due to biomass
burning South of the equator. Over Southeast Asia, TEG97 tends to produce too low AOD
because of underestimated anthropogenic sources (see AOD of all global climatologies in
Appendix).

3.4 Results

As a consequence of the strong reduction in AOD as compared to TAN84 more short-
wave radiation penetrates the atmosphere (Figure 3.2a) throughout the whole year in the
simulations AEC06, TEG97, and ZUB11. The annual mean increase in downward sur-
face shortwave radiation (SSR) between AEC06 and TAN84 is larger than 20 W m� 2 in
the Southern half of the domain and 34 W m� 2 over the Eastern Mediterranean Sea. In
relative terms, an increase in the annual mean SSR of 10{20% is found South of 46� N.
This di�erence in SSR exceeds the observed variations of the recent decades (dimming and
brightening) by up to a factor 5 [Wild 2009].

Owing to the relatively small di�erences between AEC06, TEG97, and ZUB11, we here
focus on the di�erences between AEC06 and TAN84 unless otherwise speci�ed. AEC06,
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Figure 3.1: Annual mean aerosol optical depth (AOD) for (a) 12 AERONET stations and
(b) TAN84, (c) TEG97, (d) AEC06, (e) ZUB11 and (f) the satellite composite with MODIS
over water and MISR over land. In case of ZUB11 and MODIS/MISR the average for year
2000 is shown. AEC06 is representative for present-day conditions (year 2000). Stations: (1) El
Arenosillo, (2) Palaiseau, (3) Avignon, (4) IMC Oristano, (5) Lampedusa, (6) Lille, (7) Ispra,
(8) Venise, (9) Moldova, (10) IMS METU ERDEMLI, (11) SEDE BOKER, and (12) Moscow
MSU MO.

TEG97, and ZUB11 are also referred to as the more recent climatologies than TAN84. As
TEG97 is slightly lower in AOD than the other climatologies, it leads to marginally larger
di�erences against TAN84 than the other two data sets.

The annual cycle of the di�erences in the SSR, and all other quantities a�ected by the
change in AOD, is relatively 
at. The reason is that the di�erences in AOD between
the more recent climatologies and TAN84 are smallest in summer (the period with the
largest amount of in-coming shortwave radiation) because of the larger amount of dust
over Europe during this part of the year. As an example, a maximum increase of SSR of
48 W m� 2 is obtained in July with AEC06 and similar values with TEG97 and ZUB11.

The modeled monthly mean SSR of each simulation was evaluated against 149 ground
stations from the Global Energy Balance Archive (GEBA) [Gilgen and Ohmura1999].
The GEBA measurements have an accuracy of 2% in terms of annual means [Gilgen et al.
1998]. All 149 stations cover the entire simulation period. The simulated values are based
on the squared inverse distance weighted means from the four closest model grid points
to the respective station.

Figure 3.2b{c shows the relative bias in SSR (model minus observation) for winter (DJF, b)
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Figure 3.2: (a) Annual mean di�erences between AEC06 and TAN84 for downward surface
shortwave radiation (SSR). Relative bias (climatology - observation)/observation in (b) winter
(DJF) and (c) summer (JJA) mean SSR as a function of station latitude; the data of 149 GEBA
stations is displayed for TAN84, TEG97, AEC06, and ZUB11. For more detail on the observation
data see text.

and summer (JJA, c) as a function of station latitude. In winter (DJF), the negative biases
are generally replaced by positive values that are largely independent of the latitude. 58%
(91%) of all winter biases of TAN84 are below� 10% (� 20%). The simulations TEG97,
AEC06, and ZUB11 perform worse with about 60% of the biases below� 20% and roughly
30% below� 10%.

In summer, the distribution of the biases remains similar in all simulations with 90% of
all values below� 20% and 55% below� 10%. The summer bias of SSR exhibits a clear
dependence on latitude, such that it decreases towards the North and becomes negative
North of about 46� N. This relationship is even stronger with the more recent climatologies
as compared to TAN84 due to a distinct increase South of the Alps. The correlation
coe�cient R between the bias in cloud fraction as compared to the CRU TS 2.1 data
set [Mitchell et al. 2005] and the bias in SSR for each station increases from -0.63 (too
high cloud fraction yields too low SSR) in summer with TAN84 to -0.73 with TEG97 and
ZUB11 and to -0.72 with AEC06. In winter,R increases from -0.13 in TAN84 to -0.49 with
the newer climatologies. This indicates that the bias in SSR due to a bias in cloud fraction
is masked to some degree by using an out-dated aerosol climatology such as TAN84.

The improved AOD with TEG97, AEC06, or ZUB11 does not lead to an overall reduction
of the biases in SSR. This is not surprising as the model underwent implicit and explicit
tuning during its development, likely compensating the overestimation of AOD by the
Tanr�e et al. [1984]-climatology, e.g. by the cloud fraction and possibly other factors.

The change in net outgoing long-wave radiation at the surface as compared to TAN84
does not exceed 10 W m� 2 and thus does not compensate for the increase in shortwave
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radiation. Therefore, we �nd higher average 2m-temperatures over land in Central and
Southern Europe, both in the annual mean and throughout all seasons when using the
newer climatologies (Figure 3.3a). They increase by 0.4{1.2� C over the Iberian Peninsula,
the Balcans and North Africa in the annual mean. Surface temperatures increase by more
than 1.5� C in the annual mean over North Africa and up to 1� C along the coastlines of
the Mediterranean.

The signal in 2m-temperature shows a distinct land/sea contrast. While the 2m-tempera-
ture over Southern land areas increases with AEC06 as compared to TAN84, a cooling is
found over the ocean surface. The sea surface temperature is prescribed in all simulations.
Hence, the skin temperatures over water are equal, which translates into rather small
di�erences in the local surface sensible heat 
ux (1.5 W m� 2 over the Mediterranean versus
15{20 W m� 2 along the coastlines in the annual mean). The main reason for the lower
2m-temperature over the sea is a reduced heating in the mid-troposphere (Figure 3.3b{c).
The reduction of the shortwave heating rate is strongest over the Mediterranean (South
of 40� N in the zonal means). It is a result of the reduced absorption by dust in AEC06,
TEG97, and ZUB11. Solar radiation absorbed by the atmosphere (top-of-the-atmosphere
minus surface in-coming radiative 
ux) decreases by 30 W m� 2 in the Mediterranean region
between AEC06 and TAN84. Average near surface shortwave heating rates in AEC06 over
the Mediterranean decrease by about 0.5 K d� 1 (-30%). In quantitative terms, this e�ect
is comparable with the values obtained during INDOEX [Ramanathan et al.2001], where
the impact of strongly absorbing carbonaceous aerosols on shortwave heating over India
was investigated. Due to the heavy aerosol loading over the study area, this may be
considered an upper bound for the aerosol e�ect on shortwave absorption.

The above mentioned cooling of the atmosphere has consequences for the formation of
clouds and precipitation (Figure 3.3d{f). A colder mid-troposphere with a warmer surface
reduces the atmospheric stability and leads to more convection and thus cloud formation.
As a consequence, an increase in cloud fraction is found. In the Northern half of the
domain, it increases by roughly 2.5% in the annual mean. Over Scandinavia, this e�ect
is stronger than the increase in SSR due to reduced AOD, such that colder temperatures
result. The increase in annual mean precipitation in the Northern half of the domain is
between 0 and 10%.

3.5 Discussion

Multi-year simulations from 1997 to 2003 with the regional climate model COSMO-CLM
using di�erent aerosol climatologies [Tanr�e et al. 1984,Tegen et al.1997,Kinne et al. 2006,
Zubler et al. 2011b] have been compared. We showed that the annual mean downward
surface shortwave radiation (SSR) increased by more than 20 W m� 2 (10{20%) in the
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Figure 3.3: Annual mean di�erence between AEC06 and TAN84 (1997{2003) for (a) 2m-
temperature [K], (b) zonal mean temperature T [K], (c) shortwave heating rate SHR [%, relative
deviation], (d) cloud fraction CF [%], (e) precipitation [mm d � 1], and (f) the zonal mean sum of
liquid water qwat and ice qice [mg kg� 1].

Mediterranean region with the more recent climatologies as compared to that ofTanr�e
et al. [1984] (TAN84). The increase in SSR is attributed to the drastic reduction of aerosol
optical depth. Furthermore, we illustrated that the newer climatologies lead to a cooler
mid-troposphere resulting from reduced absorption by dust. This contributes to enhanced
cloud and precipitation formation.

As the changes in the direct radiative e�ect of aerosols due to the use of di�erent climatolo-
gies have a strong impact on the quality of the simulated regional climate, we recommend
that regional climate models use updated aerosol climatologies. Important model biases
may be masked by an overestimated aerosol e�ect. We found that a strong link between
errors in cloud fraction and SSR was masked to some degree by the high aerosol optical
depth of TAN84.

Over Europe, the climatologies ofTegen et al.[1997] and the AEROCOM-project [Kinne
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et al. 2006] can be considered equally applicable. Particular caution is advisable for sim-
ulations over Africa and Southeast Asia, where all the climatologies have substantial dif-
�culties reproducing observed aerosol optical depth in terms of annual mean but also the
annual cycle due to the complexity of the dust emissions and anthropogenic aerosols.

3.6 Appendix: Auxiliary material

This section includes auxiliary �gures. Figure 3.4 shows the annual mean aerosol optical
depth (AOD) at 550 nm for all the global climatologies TAN84, TEG97, AEC06, and the
satellite composite with MODIS over water and MISR over land (year 2000).



Figure 3.4: Global annual mean aerosol optical depth (AOD) at 550 nm for (a) TAN84, (b)
TEG97, (c) AEC06, and (d) MODIS/MISR (year 2000). White areas represent missing values.
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Abstract

The present study applies a regional climate model with coupled aerosol microphysics and
transport in order to simulate dimming and brightening in Europe from 1958 to 2001. Two
simulations are performed, one with transient emissions and another with climatological
mean emissions over the same period. Both simulations are driven at the lateral boundaries
by the ERA-40 reanalysis and by large-scale aerosol concentrations stemming from a global
simulation. We �nd distinct patterns of dimming and brightening in the aerosol optical
depth and thus clear-sky downward surface shortwave radiation (SSR) in all analyzed
subregions. The strongest brightening between 1973 and 1998 under clear-sky conditions
is found in Mid-Europe (+3.4 W m� 2 per decade, in line with observations).

However, the simulated all-sky SSR is dominated by the surface shortwave cloud radiative
forcing (CRF). The correlation coe�cient R between �ve-year moving averages of the
CRF and all-sky SSR equals 0.87 for entire Europe. Both model simulations show a
similar evolution of cloud fraction and thus all-sky SSR due to the constrained circulation
induced by the reanalysis at the lateral boundaries. For most subregions, the modeled
di�erences in all-sky SSR due to transient versus climatological emissions are insigni�cant
in comparison with estimates of the model's internal variability.
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4.1 Introduction

It is well established that aerosols a�ect the climate through various direct and indirect
e�ects [Lohmann and Feichter2005]. Aerosols scatter and absorb sunlight, thus reducing
the surface shortwave radiation (SSR). This e�ect is referred to as the direct aerosol
e�ect. Absorptive aerosol particles warm the mid-troposphere while cooling the surface.
Therefore, they enhance the atmospheric stability and thus may cause cloud burn-o�
(semi-direct e�ect) [Ackerman et al. 2000]. Indirect e�ects on cloud albedo [Twomey
1977], cloud lifetime [Albrecht 1989] and precipitation e�ciency [Borys et al. 2000; 2003,
Muhlbauer and Lohmann2008,Zubler et al.2011a] arise from the role of aerosols as cloud
condensation and ice nuclei.

A decline of SSR observed in Europe roughly until the mid 1980s has been attributed
to increasing anthropogenic aerosol emissions (dimming phase). Likewise, the pursuit of
clean air has been suggested to be responsible for the subsequent brightening in Europe.
Trend estimates of SSR for the dimming phase range from -2 to -10 W m� 2 per decade,
whereas an increase of 1 to 5 W m� 2 was found during the brightening period [Wild 2009].

It has been argued that the modi�cation of radiative 
uxes due to aerosols has an impact
on the hydrologic cycle [Ramanathan et al.2001,Takemura et al.2005,Huang et al.2007,
Wild et al. 2008,Wild 2009]. Nonetheless, the overall e�ect of aerosols on temperature
and precipitation remains highly uncertain.

A study by van Oldenburgh et al.[2008] highlights the importance of aerosol representation
in models in order to be able to simulate regional trends in SSR appropriately. The regional
models within ENSEMBLES did not capture the strong European warming over the last
decades, which might be explained to some degree by the use of constant rather than
transient aerosol forcing in the majority of these models (van der Linden and Mitchell
[2009], http://www.ensembles-eu.org).

The present study is the �rst to our knowledge to use a regional climate model (RCM) in
order to quantify the e�ects of transient aerosol emissions on the European climate over
the period from 1958 to 2001. We take the advantage of having a realistic meteorological
forcing by using the ERA-40 reanalysis data [Uppala et al.2005] to drive the RCM. This al-
lows us to represent European temperature, cloud fraction and precipitation trends better
than coupled or uncoupled general circulation models (GCM). Even when prescribing ob-
served sea surface temperature (SST), the latter traditionally have di�culties reproducing
the temporal evolution of the North Atlantic Oscillation (NAO) [ Bretherton and Battisti
2000,Cohen et al.2005] and more generally the evolution of the large-scale circulation
patterns. The importance of NAO for dimming and brightening due to its in
uence on
clouds in Europe has been stressed byChiacchio and Wild [2010].

Here, we compare an RCM simulation using transient aerosol emissions with another
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simulation applying climatological mean emissions over the above-mentioned period. We
focus on the e�ect of the changing anthropogenic emissions of sulfur dioxide (SO2), black
carbon (BC) and particulate organic matter (POM), which are expected to have a major
e�ect on SSR. Simulations are performed with COSMO-CLM, the RCM that has recently
been equipped with interactive aerosol and cloud microphysics [Zubler et al.2011b]. Our
analysis focuses on the following questions: Does the model show dimming and brightening
in Europe? What is the e�ect of transient versus climatologically constant emissions?
How well can aerosols and clouds explain the temporal variability and trends in clear-
sky and all-sky SSR? Is the simulated temporal evolution of radiative 
uxes consistent
with observations? Can the simulated temperature trends be improved by using transient
aerosol emissions?

We give a short description of the RCM and the setup of the simulations in Section 4.2.
Results are illustrated in Section 4.3. Section 4.4 discusses the results and provides the
conclusions.

4.2 Numerical model and simulation strategy

We use the regional climate and weather prediction model COSMO-CLM, version 4.0
[Doms and Sch•attler 2002,Steppeler et al.2003]. The model has a third order Runge-
Kutta core with a �fth order upstream advection scheme. The second order Bott scheme
is applied for the advection of the moisture variables and the aerosols [Bott 1989]. A
modi�ed version of the Tiedtke scheme [Tiedtke 1989] is applied to parameterize large-
scale cumulus convection. The radiative transfer scheme was developed byRitter and
Geleyn [1992]. It was adapted in order to account for the transient evolution of the
aerosol optical properties as well as indirect aerosol e�ects as described in detail byZubler
et al. [2011b]. Soil processes are calculated with the multi-layer soil model TERRA-ML
[Schrodin and Heise2002,Helmert et al. 2008].

The model is coupled to the aerosol module M7 [Vignati et al. 2004], which is also used
within the framework of the ECHAM5-HAM GCM [Stier et al. 2005,Lohmann et al.2007].
Thus, aerosol mass and number are advected as tracers and they undergo microphysical
changes. The considered aerosol species are sulfate (SU), black carbon (BC), particulate
organic matter (POM), sea salt (SS), mineral dust (DU) and aerosol water. Furthermore,
we apply the two-moment bulk cloud microphysics scheme fromSeifert and Beheng[2006]
in order to simulate the e�ects of aerosols on clouds. For a complete descriptions of the
aerosol and cloud microphysical processes in the model we refer toZubler et al. [2011b]
and references therein.

The horizontal resolution is 0.44� � 0.44� (approx. 50 km, number of grid points in the
horizontal: 109� 121). 32 vertical levels with increasing thickness towards the top of the
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Figure 4.1: Model domain and topography [m]. The black boxes represent the regions from the
PRUDENCE project [ Christensen et al. 2002; 2007b] which are used for the analysis of certain
model parameters: British Isles (BI), Iberian Peninsula (IP), France (FR), Mid-Europe (ME),
Scandinavia (SC), Alps (AL), Mediterranean (MD) and Eastern Europe (EA). Region EU (entire
Europe) corresponds to the envelope of all smaller regions.

model atmosphere (22 km altitude) are used. The time-step is 300 s. The model domain
covers entire Europe and parts of North Africa (Figure 4.1). Results are analyzed for the
eight subregions de�ned in the PRUDENCE project [Christensen et al.2002; 2007b] and
a nineth region corresponding to the envelope of all eight subregions (Figure 4.1).

The model is driven by the ERA-40 reanalysis [Uppala et al.2005]. In addition, aerosol
number and mass concentrations from a SST-driven ECHAM5-HAM simulation at T106
resolution are used at the lateral boundaries [Folini and Wild 2010]. Emissions of SO2,
black carbon and organic matter are obtained from the global emission inventory of the
National Institute for Environmental Studies (NIES) of Japan [Roeckner et al.2006,Stier
et al. 2006,Folini and Wild 2010]. Monthly mean dust emissions are taken from the above-
mentioned ECHAM5-HAM realization in order to be consistent with the lateral boundary
data from the same GCM. The wind-driven sea salt emissions are calculated online based
on wind-speed as described byGuelle et al.[2001] andZubler et al. [2011b].

Two simulations are performed with the RCM over the ERA-40 period 1958{2001. The
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�rst simulation, herein referred to as CLIM, uses climatological monthly mean emis-
sions and aerosol number and mass concentrations at the lateral boundaries over this
period. The second simulation (TRANS) applies monthly mean transient emissions and
aerosol boundary data. A twenty-year moving average was applied on the input data
from ECHAM5-HAM for the transient aerosol tracers at the lateral boundaries in order
to smooth out inconsistencies between the GCM circulation and that of the reanalysis.

The regional mean transient emissions of SO2, black carbon and organic matter are dis-
played in Figure 4.2. Global anthropogenic sulfur emissions increased during the twentieth
century until the late 1980s [Lefohn et al. 1999,Stern 2006], the main source being the
combustion of solid and liquid fuels [Mylona 1996]. Consistently, an increase of SO2 emis-
sions during the �rst part of the simulated period is found in all subregions of Europe
except the British Isles (BI), where SO2 emissions have been reduced by more than a
factor 2 from 1960 to 2000. Central and Northern Europe show declining emissions due
to the recession at the beginning of 1980s and air pollution control. E�orts to reduce SO2

emissions in Southeastern Europe (MD, EA) started after 1990 [Stern 2006].

BC and POM emissions peaked in the mid 1970s in most regions and thus earlier than SO2.
The major reason for the reduction is the decreased coal use in residential and commercial
sectors as well as improved diesel engines [Novakov et al.2003]. A POM/OC ratio of 1.4
is assumed to obtain POM emissions from OC emission 
uxes. OC is the carbon mass in
particulate organic matter.

4.3 Results

4.3.1 Clear-sky conditions

The �rst question we address is whether the model shows dimming and brightening in
Europe. Figure 4.3 displays a clear signal in the simulated timeseries of aerosol optical
depth (AOD) and clear-sky SSR for TRANS as well as for the di�erence between TRANS
and CLIM. All PRUDENCE regions show increasing AOD and declining clear-sky SSR
until the early or mid 1970s (dimming), followed by a pronounced brightening. The largest
reductions of AOD of about 0.1 over the whole brightening period are obtained for Mid-
Europe, Eastern Europe and the Alps. These regions contain important aerosol sources
such as major European cities, large industrial areas in Eastern Europe, or the Po Valley
in the Alpine subregion. The subregions IP and SC are subject to the smallest absolute
changes in emissions and thus also AOD and clear-sky SSR.

Some regions show a peak in the �ve-year moving average of the AOD at about 1970 in
TRANS and CLIM. During that time, both simulations yield a positive anomaly in mean
sea level pressure, less clouds and a reduction in precipitation over Central Europe (not
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Figure 4.2: Five-year moving averages of transient annual mean emissions of sulfur dioxide
(SO2: solid line, left ordinate), black carbon (BC: dash-dotted line, right ordinate) and partic-
ulate organic matter (POM: dashed line, right ordinate) for the PRUDENCE subregions (see
Figure 4.1). Units: g m� 2 y� 1 for black carbon and organic matter and g(S) m� 2 y� 1 for SO2.
The �rst and the last three years of the simulated period from 1958 to 2001 are not shown due
to the moving average procedure. Only grid points over land are considered in this and all other
�gures, unless speci�ed di�erently.

shown), which leads to an accumulation of aerosols. This peak in the timeseries of AOD
appears in both simulations because the responsible changes in atmospheric circulation
are induced by the lateral boundary forcing and prescribed SST. The e�ect of the latter
on the overall trends in AOD and clear-sky radiation in TRANS can be estimated from
the respective trends in CLIM.

Trend estimates in clear-sky SSR depend on the reversal year, which describes the point in
time when the SSR trends changed from dimming to brightening [Makowski et al.2008].
The reversal year for each region is estimated from third order polynomial �ts to the �ve-
year moving average timeseries based on annual means of clear-sky SSR (Figure 4.4). In
case of IP and SC a third order �t does not allow for an equally reliable estimate of the
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reversal year in the model since R2 of the �t is about half as compared to the other regions.
For all regions, the calculcated reversal years are earlier than SO2 emissions would suggest,
highlighting the relative importance of black and organic carbon emissions for the onset
of brightening in the model.

A compilation of corresponding linear trends for clear-sky SSR with con�dence bounds for
all regions is provided in Table 4.1. The best estimates of the brightening trends range
from 0.9 W m� 2 per decade in BI to 3.4 W m� 2 per decade in Mid-Europe. Entire Europe
shows a trend of 1.9 W m� 2 per decade over the period 1973{1998.Norris and Wild
[2007] estimated a clear-sky SSR brightening trend of 1.7 W m� 2 per decade for Europe
from 1987 to 2002 based on global radiation measurements and satellite observations of
cloud fraction. The modeled amplitude of change (integrated linear trend over the whole
brightening period) ranges from 2.1 W m� 2 in IP to 11.0 W m� 2 in ME. For entire Europe,
the modeled amplitude of change is 5.2 W m� 2, whereas the estimate ofNorris and Wild

Figure 4.3: Five-year moving average of the aerosol optical depth (AOD) at 550 nm (solid
lines, left ordinate) and clear-sky downward surface shortwave radiation [W m� 2] (dashed lines,
right ordinate). The red (blue) lines are the anomalies of TRANS (CLIM) w.r.t. the 1958{2001
mean. The thick black lines are the di�erences between TRANS and CLIM.
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Figure 4.4: Years of trend reversal from dimming to brightening derived from third order
polynomial �ts applied to the �ve-year moving average of clear-sky downward surface shortwave
radiation (SSR). Uncertainty range is indicated by thin solid lines derived from 95% con�dence
bounds of the �ts. The R 2 of the �ts is provided on the top of the �gure for each region.

[2007] corresponds to 2.6 W m� 2. Note the shorter brightening period in the observations
as compared to the model.

The brightening trends for (TRANS - CLIM) are slightly smaller than those for TRANS in
most regions. This implies that European brightening is not only explained by changes in
aerosol emissions, but to a lesser degree also by changes in aerosol advection and removal
induced by the boundary forcing from the reanalysis, as pointed out above. For entire
Europe, the brightening trend in clear-sky SSR from 1973 to 1998 in CLIM is 0.2 W m� 2

per decade. The comparison with the trends computed for TRANS and (TRANS - CLIM)
illustrates that the e�ect of transient emissions versus climatological emissions dominates
the overall clear-sky SSR trends in TRANS.

Despite the use of seasonally resolved emissions we did not �nd substantial di�erences in
patterns or signals in timeseries for the seasonal means as compared to the annual means
of clear-sky SSR, albeit smaller values in winter and larger values in summer. For ME, the
region with the strongest e�ect of changing AOD on clear-sky SSR, we found a brightening
amplitude of 15 W m� 2 in summer and 3 W m� 2 in winter with the simulation using
transient emissions. The reversal year indicating the onset of brightening is independent
of the season.
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Table 4.1: Linear decadal brightening trends in clear-sky SSR [W m� 2 decade� 1] for TRANS
and the di�erence between TRANS and CLIM with 95% con�dence bounds. Trends are calcu-
lated from reversal year to 1998. The integrated trend over the whole brightening period [W m� 2]
for the best linear trend estimate is given in brackets.

Reversal Trend Trend
Region year TRANS (TRANS - CLIM)
BI 1967 0.9� 0.2 (3.0) 1.0� 0.1 (3.5)
IP 1984 1.3� 0.5 (2.1) 0.9� 0.2 (1.4)
FR 1972 2.0� 0.3 (5.5) 1.6� 0.1 (4.4)
ME 1968 3.4� 0.3 (11.0) 3.0� 0.2 (9.6)
SC 1978 1.3� 0.4 (2.8) 0.9� 0.1 (2.0)
AL 1971 2.5� 0.2 (7.3) 1.9� 0.1 (5.5)
MD 1974 2.2� 0.2 (5.8) 1.8� 0.2 (4.6)
EA 1973 3.2� 0.4 (8.5) 2.7� 0.3 (7.3)
EU 1973 1.9� 0.3 (5.2) 1.7� 0.1 (4.6)

4.3.2 All-sky conditions

How well can aerosols and clouds explain the temporal variability and linear trends in
all-sky SSR? Figure 4.5 shows the �ve-year moving average of the standardized anomalies
of all-sky SSR and cloud fraction for TRANS, CLIM and ERA-40. A very strong anti-
correlation between �ve-year moving averages of cloud fraction and those of all-sky SSR is
found. For example, the correlation coe�cientsR in ME (EU) are -0.94 (-0.94) for TRANS,
-0.94 (-0.89) for CLIM, and -0.92 (-0.96) for ERA-40, respectively. In all regions,R does
not vary strongly with the moving average window width. Hence, both interannual as well
as low-frequency variability (long-term trends) in all-sky SSR are mostly determined by
changes in cloud fraction.

The surface shortwave cloud radiative forcing (CRF) represents changes in cloud fraction
and in cloud optical properties and thus shows the total cloud e�ect. CRF is de�ned as
the di�erence between all-sky and clear-sky radiative 
uxes [Ramanathan et al.1989] but
for the surface, such that

CRF = F all � sky � Fclear� sky: (4.1)

Correlation coe�cients R for the �ve-year moving averages of CRF and all-sky SSR in
ME (EU) are 0.75 (0.87) for TRANS, 0.98 (0.99) for CLIM, and 0.999 (0.999) for ERA-
40, respectively. The simulation with climatological aerosol emissions and the reanalysis
show a stronger dependence of all-sky SSR on CRF than the simulation with transient
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aerosol emissions, indicating that aerosols also play a role under all-sky conditions. In
TRANS, the correlation between CRF and all-sky SSR decreases with increasing moving
average window width up to about 15 years with minimumR of 0.71 (0.82) for ME (EU).
This is due to the low-frequency variability in the clear-sky SSR caused by aerosols that
is missing in the CRF signal. In addition, this may explain the fact that correlations
between CRF and all-sky SSR are smaller than those between cloud fraction and all-sky
SSR. Nevertheless, the in
uence of aerosols on all-sky SSR in our simulations is small in
contrast to that of the clouds. The correlation coe�cient between the smoothed anomalies
of AOD and all-sky SSR in TRANS is -0.01 (-0.11) for ME (EU).

Both the RCM simulations as well as ERA-40 exhibit a similar development of the all-sky
SSR and cloud fraction. On the one hand, this is not surprising as the RCM inherits the
circulation pattern at the lateral boundaries from the reanalysis. On the other hand, this
supports the �nding that transient aerosol emissions only have a minor impact on all-sky
SSR. The aerosol e�ects on all-sky SSR, described by the di�erence between TRANS and
CLIM, are discussed in more detail below.

It is important to note at this point that some fraction of the large-scale and long-term
aerosol forcing is included in the prescribed SST and indirectly also in the circulation
inherited from ERA-40, as our simulation strategy with CLIM and TRANS restricts at-
tention to emissions within the RCM domain. For the moment, we cannot quantify by how
much observed SST in the North Atlantic and Mediterranean are o�set by tropospheric
aerosol.

The linear trends in all-sky SSR for the RCM simulations and the reanalysis are shown
for the brightening period in Table 4.2. For these trends an underestimation is found
in all regions with the RCM. Observations suggest about 4{5 W m� 2 per decade for the
Iberian Peninsula, 2.5{4.6 W m� 2 per decade for countries in Mid-Europe, 2.3 W m� 2

per decade in Eastern Europe and 5 W m� 2 per decade in Great Britain for the period
of roughly 1980s to 2000s [Wild 2009]. In contrast, the modeled best estimates do not
exceed 3.3 W m� 2 per decade (region MD). Signi�cant positive trends at the 95% level
are only found for IP and MD in TRANS.

The trends obtained with the reanalysis are more realistic since ERA-40 does not exhibit
such a strong decrease in all-sky SSR during the 1990s as the regional model. The cloud
fraction in ERA-40 does not increase as strongly during the 1990s as in COSMO-CLM.
The quality of the simulated cloud fraction is discussed below. Nevertheless, the best
estimates of the ERA-40 trends are at the lower end of observed estimates. Whether or
not this may be explained by the lack of transient aerosol treatment in the reanalysis is
not clear.

The reversal calculated from the clear-sky SSR is 5 to 10 years earlier than the reversal
under all-sky conditions. The fact that the reversal years under clear-sky conditions and
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Figure 4.5: Standardized anomalies of the �ve-year moving average of all-sky downward surface
shortwave radiation (solid lines) and the cloud fraction multiplied with -1 (dashed lines). Gray:
ERA-40, red: TRANS, blue: CLIM.

those under all-sky conditions di�er by several years supports the �nding that clouds play
an important role in shaping the all-sky dimming/brightening trends in the model. A
comparison with the reversal years obtained from measurement of the diurnal temper-
ature range (DTR) by Makowski et al. [2008] shows that the model simulates realistic
transition times from dimming to brightening under all-sky conditions in Central Europe.
For example, observations suggest that the shift occured in 1980 in France and about 1977
in Mid-Europe. In the model, the reversal happens in 1979 in both regions.

The reason for the distinct minimum in 1979 is that the years 1978{1981 are characterized
by negative anomalies in 500 hPa geopotential height of 3 decameters (dm) on average over
the four years in Europe. In association with the anomalously low geopotential height we
found positive anomalies of the cloud fraction of up to 6% during these years in TRANS.
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We provide the mean 500 hPa geopotential height and cloud fraction anomaly of the years
1978{1981 w.r.t. the climatological mean over the period from 1961 to 1990 as simulated
with TRANS and obtained from ERA-40 as auxiliary material1.

The strong links between circulation and cloud fraction on the one hand, and all-sky
SSR and clouds on the other, suggest a dependence of all-sky SSR on the NAO index
[Chiacchio and Wild 2010]. Here, the NAO index refers to the standardized anomalies
of the pressure di�erences between Gibraltar and Rejkjavik, followingJones et al.[1997].
The year 1979 exhibited a strong negative NAO phase in winter [e.g.Sizov 1997,Sanchez-
Lorenzo et al. 2009]. A negative NAO index is indicative of a relatively weak Icelandic
low and a weak high over the Azores. Under these conditions, westerlies bring moist
air to the Mediterranean region and cold air to Northern Europe. The related increase
in cloud fraction in Central and Southern Europe, however, hardly a�ects the annual
mean all-sky SSR because of small values of in-coming shortwave radiation during winter
time. Therefore, it is mainly the circulation-induced enhancement of cloud fraction in the
summers from 1978{1981 that causes the minimum in �ve-year moving average all-sky
SSR in 1979. Note that due to the remarkably cloudy, wet and thus cold summer months
during this period the volume of Alpine glaciers recovered temporarily [Dyurgerov and
Meier 2000].

To what extent does NAO explain trends in all-sky SSR? Observations show signi�cant
positive correlations of about 0.7 (negative correlations of -0.5) between the �ve-year
moving average of the NAO index and surface shortwave radiation in summer (winter) for
Northern Europe [Chiacchio and Wild 2010]. For Southern Europe a positive correlation
of 0.8 is found during winter, which is the opposite signal as compared to Northern Europe
[Chiacchio and Wild 2010]. Our simulation TRANS is consistent with this observational
study in that positive correlations of 0.6 and 0.55 (negative correlations of -0.32 and -0.61)
result between the modeled NAO index and modeled all-sky SSR for BI and SC in summer
(winter) for the period from 1958 to 2001. In addition, our model also shows strong positive
correlations in Southern European winter, e.g. in the Mediterranean region (0.79) and the
Alps (0.72). The correlations resulting for entire Europe (EU) are 0.75 (0.38) in winter
(summer). The modeled NAO index is computed from the grid points closest to Gibraltar
and Rejkjavik. The model is capable of reproducing both the high- and the low-frequency
variability of the NAO index. The correlation coe�cient R between the modeled and
the observed equivalent NAO index is 0.98 for both the annual mean timeseries and the
�ve-year moving average. All the correlation coe�cients discussed here are signi�cant
w.r.t. the 95% signi�cance level. Signi�cance of the correlation is determined performing
a student's t-test with the t-value,

1Supporting materials are available at ftp://agu.org/apend/jd/2010JD015396/
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t = R

r
N � 2
1 � R2

(4.2)

where R is the correlation coe�cient and N is the number of years in the time series,
(N - 2) is the degrees of freedom. The null hypothesis where no relation exists between
two variables is rejected ift exceeds a critical threshold, herejtj > 1.67.

Table 4.2: Linear decadal brightening trends in all-sky SSR [W m� 2 decade� 1] for TRANS,
the di�erence between TRANS and CLIM, and ERA-40 with 95% con�dence bounds. Trends
are calculated from reversal year to 1998. The minimum value of the all-sky SSR anomalies
of TRANS is used to indicate the onset of brightening. The integrated change over the whole
brightening period [W m � 2] for the best linear trend estimate is given in brackets.

Reversal Trend Trend Trend
Region year TRANS (TRANS - CLIM) ERA-40
BI 1979 0.9� 2.2 (1.8) 0.3� 0.3 (0.7) 0.0� 0.8 (0.0)
IP 1973 1.3� 0.7 (3.6) 0.5� 0.2 (1.3) 3.0� 0.4 (8.0)
FR 1979 1.9� 3.2 (4.1) 0.9� 0.4 (1.9) 3.8� 1.8 (7.9)
ME 1979 2.0� 3.3 (4.2) 1.7� 0.4 (3.6) 3.7� 1.3 (7.8)
SC 1983 1.0� 2.1 (1.7) -0.1� 0.7 (-0.2) 1.0� 0.9 (1.6)
AL 1979 1.1� 2.5 (2.9) 0.9� 0.6 (1.8) 2.9� 1.3 (6.0)
MD 1974 3.3� 1.0 (8.7) 1.2� 0.2 (3.1) 3.2� 0.9 (8.4)
EA 1979 1.4� 2.9 (2.9) 1.7� 0.4 (3.7) 2.1� 1.0 (4.5)
EU 1979 1.4� 1.7 (3.0) 1.0� 0.2 (2.1) 1.6� 0.5 (3.3)

The e�ect of transient aerosol emissions on all-sky SSR trends in comparison with clima-
tological emissions is shown by the di�erence (TRANS - CLIM) in Figure 4.6. A negative
trend in CRF from 1970 to 2000, as found in most regions, indicates an increasing cool-
ing e�ect of clouds (enhancement of cloud radiative forcing due to an increase in cloud
fraction). Since Fall � sky = CRF + F clear� sky (see also equation 4.1), a negative trend in
CRF leads to a reduced positive trend in all-sky SSR as compared to clear-sky conditions
from 1970 to 2000 for the di�erence (TRANS - CLIM). Therefore, in our simulations the
impact of aerosols on all-sky SSR is found to be weaker than on clear-sky SSR.

The largest amplitude of change in all-sky SSR during the brightening period due to
aerosol e�ects of roughly 3{4 W m� 2 in the annual mean is found for ME, the region
also exhibiting the strongest trend in clear-sky SSR (11 W m� 2). An increase in all-sky
SSR of 10 W m� 2 is found in summer. For all regions except Mid-Europe, the changes
due to emissions are largely insigni�cant as they do not exceed uncertainties arising from
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internal variability in all-sky SSR of the model. The latter was estimated byRoesch et al.
[2008] for the COSMO-CLM model, using an ensemble of ERA-40 driven simulations with
di�erent initialization times. Note that the model version used byRoesch et al.[2008] is
not the same as the one used for the present study.

Why does CRF become more negative during the brightening period in Europe and thus
reduce brightening trends as compared to the simulation with climatological emissions?
The altered CRF between the simulations TRANS and CLIM may be a consequence of the
semi-direct aerosol e�ect, indirect e�ects on cloud lifetime and albedo, and other aerosol
e�ects. The semi-direct aerosol e�ect describes the change in cloud fraction as a result of
changing mid-tropospheric stability (cooling at the surface and warming aloft) [Ackerman
et al. 2000]. The latter is induced by changing concentrations of absorptive aerosol particles
such as black carbon. These a�ect the SW absorption in the middle troposphere. During
the brightening phase, a reduction in black carbon aerosol leads to a decline of the SW
absorption, cooling the mid-troposphere while heating the surface and thus destabilizing in
lower atmospheric levels. This may promote cloud formation or abate burn-o� of existing
clouds. The absorption optical depth is reduced in all regions, the strongest reductions
of 0.02 (0.015) from 1970{2000 occuring in ME (EA). This corresponds to a decrease
by roughly 50% in comparison with 1958 levels. Consequently, the shortwave heating
rate decreases in TRANS from 1970 to 2000 from 0.8 K d� 1 to 0.4 K d� 1 in the lowest
levels of the troposphere in Mid-Europe, whereas it remains almost constant in CLIM.
This may partly explain the increase in cloud fraction of 0.5% in ME. Other regions
show a similar change in SW absorption. In general, the cloud fraction increases in the
brightening period by 0.5{1.5%, consistent with the enhancement of the CRF and in line
with observational evidence [Norris and Wild 2007]. However, while the shortwave heating
rates and absorption optical depth decrease evenly, the di�erence in cloud forcing between
TRANS and CLIM is subject to much more temporal variability. At the moment, this
discrepancy is not understood, but it is reasonable to assume that it may be caused by
indirect aerosol e�ects and feedback mechanisms involving changes in the surface sensible
and latent heat 
ux.

4.3.3 Validation of simulated radiative 
uxes and cloud fraction

So far, we have learned that a strong dimming/brightening signal due to transient aerosol
emissions is found in the clear-sky SSR. However, the modeled interannual variability and
long-term trends of all-sky SSR were shown to be strongly dependent on the cloud fraction.
Therefore, an important question arising at this point is whether or not modeled all-sky
SSR and cloud fraction agree with observations.

A validation of modeled all-sky SSR against ground station data from the Global Energy
Balance Archive (GEBA) [Gilgen and Ohmura1999] was performed for the stations (a)
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Figure 4.6: Five-year moving average for the di�erence of the two simulations (TRANS - CLIM)
of the all-sky downward surface shortwave radiation (SSR) [W m� 2] (black lines) and the surface
shortwave cloud radiative forcing (CRF) [W m � 2] (gray lines). Dashed lines indicate the internal
model variability for all-sky SSR from the simulations performed by Roesch et al.[2008]. Here,
the standard deviation of the annual means over all four ensemble members is used as a measure
of internal variability.

Belsk, Poland, (b) Bucharest, Romania, (c) Kolobrzeg, Poland, (d) Potsdam, Germany, (e)
Bergen, Norway, (f) Kilkenny, Ireland, (g) Kloten, Switzerland and (h) Lerwick, Scotland
(Figure 4.7). An accuracy of 2% in terms of annual means has been estimated for the
GEBA measurements byGilgen et al. [1998]. Annual mean GEBA data are based on
monthly means. In years with less than six months missing, the respective climatological
monthly mean was used to obtain the annual mean (empty squares). Years with more
than six months missing were not taken into account. The modeled timeseries are based
on the squared inverse distance weighted means from the four closest model grid points
to the respective station.
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Figure 4.7a{d shows stations located in Eastern Europe that are subject to relatively high
anthropogenic sulfur emissions (green lines, right ordinate) as compared to the stations
in Figure 4.7e{h. A common feature of all stations in the �rst column of Figure 4.7 is
that the RCM simulates a 5{10 years earlier onset of brightening than the observations
suggest. While interannual variability is partly captured, the correlation between observed
and modeled all-sky SSR decreases for the �ve-year moving average due this o�set in the
reversal year. The observed onset of brightening is in line with the beginning of the
decrease in anthropogenic sulfur emissions in these regions. Here, mean sulfur emissions
from NIES within a circle of 5� radius around the station are shown. Hence, the temporal
evolution of the sulfur emissions may explain the change in observed all-sky SSR to some
degree but not necessarily the modeled timeseries. We know from the previous section
that the modeled variability of all-sky SSR is dominated by the variability in CRF (both
interannual and low-frequency). Thus, for Eastern Europe the strong dependency on
clouds leads to an important bias in the modeled all-sky SSR trends.

Figure 4.7e{h displays the model evaluation for stations in Northern and Central Europe.
Observed and modeled all-sky SSR strongly depends on clouds in these regions. This is
highlighted by the relatively good agreement in terms of the correlation coe�cientR for
interannual and low-frequency variability as compared to the �rst column of Figure 4.7.
In addition, sulfur emissions cannot explain the changes in all-sky SSR for these stations.
All-sky SSR is not increasing despite the declining emissions between 1970 and 2000.

A general feature in all subplots of Figure 4.7 is that there are no obvious di�erences
between TRANS and CLIM. Therefore, the use of transient emissions does not improve
the simulated timeseries of all-sky SSR. The reanalysis shows similar temporal development
as the RCM simulations at most stations except in Poland, where the onset of brightening
is even earlier than in TRANS and CLIM.

The �ve-year moving average of the cloud fraction anomalies is shown in Figure 4.8 for the
two RCM simulations, ERA-40, CRU TS 2.1 gridded ground station data [Mitchell et al.
2005] and ISCCP-D2 [Rossow and Schi�er1999]. Trends in the ISCCP data set may be
in
uenced by viewing geometry artifacts of the satellite [Evan et al. 2007]. Additionally,
there are probably large uncertainties in the observations made by human eye inspection
of the skies for CRU TS 2.1. Di�erences in the trends between the two data sets may
therefore be a consequence of di�erences in the detection method as well as uncertainties
related to the respective method.

The ENSEMBLES RT3 multi-model mean and standard deviations are also shown. EN-
SEMBLES is a EU-funded regional climate modeling project, for which several European
institutions contributed their simulations, both reanalysis and GCM-driven (van der Lin-
den and Mitchell [2009], http://www.ensembles-eu.org). Here, results for the ERA-40
driven simulations are displayed for a comparison with the simulations performed for this
study.
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In most regions, e.g. BI, FR, ME, SC, and MD, our RCM simulations as well as the
ENSEMBLES models are within uncertainties given by the spread between the two ob-
servational data sets during the period from 1984 to 2000. We consider CRU TS 2.1 more
appropriate for our study because of the similar resolution of the data as the RCMs. In
contrast, ISCCP has a coarse resolution of 2.5� 2.5� .

Consistent with the �ndings for all-sky SSR a distinct peak in cloud fraction is simulated
around 1979 in the regions BI, FR, ME, AL, EA and thus also EU. It is also found in the
ground-based observations from CRU. Therefore, the strong 1960 low bias of more than
5% in some regions is responsible for the exaggeration of the peak in 1979 in the RCM
simulations. The reanalysis exhibits similar problems, having the largest bias of all data
sets shown here between 1970 and mid-1980s. While the long-term trends in cloud fraction
from 1960 to 1990 are negative in the CRU observations, the models and ERA-40 show
increasing cloud fraction until 1979.

Assuming a linear relationship between cloud fraction and the CRF (meaning that non-
linear indirect e�ects are of subordinate role) estimated from CLIM for entire Europe, one
�nds that CRF = -1.6 W m � 2 %� 1 f c + 49 W m � 2, with f c being the �ve-year moving
average of the cloud fraction. Given this relationship, one would expect a weakening of
the CRF in the observations from 1960 to 1990 of roughly 5 W m� 2. This corresponds
to a cloud-induced brightening that is not consistent with the observed negative trends
of all-sky SSR during this period (compare to Figure 4.7). TRANS and CLIM predict an
enhancement of CRF of about 2 W m� 2 for EU over this period as shown in Figure 4.5i.

Our model, all ERA-40 driven ENSEMBLES models as well as the reanalysis itself suggest
a strong relationship between clouds and all-sky SSR. Observations, however, show a
dimming until about 1985 in all-sky SSR for di�erent GEBA stations as shown above,
whereas the trend in clouds would rather support a brightening. Therefore, assuming that
both all-sky SSR measurements and cloud observations are reasonable, clouds seem to be
of somewhat lesser relevance for the all-sky SSR in case of ground-based measurements as
compared to the models.

4.3.4 Temperature trends

Can the simulated temperature trends be improved by using transient aerosol emissions?
There is no signi�cant di�erence of the 2 m temperature between TRANS and CLIM in
all regions. Both simulations can be considered equal in representing interannual and low-
frequency temperature variability, independent of the underlying aerosol emissions. The
use of transient emissions in TRANS does not improve the temperature trends simulated
with CLIM. In line with the change in cloud fraction and thus all-sky SSR, both RCM
simulations show a similar dimming/brightening signal in temperature (not shown).
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In comparison with EOBS v3.0 observations [Haylock et al. 2008], the brightening by
TRANS and CLIM is underestimated due to a 0.5 K drop in temperature after 1990 in
EU. It is explicable with the increase in cloud fraction until 2000. As a result, the RCM
underestimates the temperature trends simulated over the whole period from 1961 to
2000, e.g. 0.12 (0.26) K per decade in TRANS (EOBS) for the British Isles, 0.06 (0.31) K
per decade for Mid-Europe and -0.10 (0.21) K per decade for Eastern Europe. This is
consistent with all ENSEMBLES regional climate models. They show a similar bias in
cloud fraction and temperature. The range of trends obtained from the reanalysis-driven
models in ENSEMBLES is 0.11 to 0.20 K per decade for BI, 0.06 to 0.26 K per decade for
ME, and -0.09 to 0.13 for EA [van der Linden and Mitchell2009]. It is thus a consistent
phenomenon caused by the fact that all these models have di�culties reproducing the
trends in cloud fraction over Europe.

4.4 Discussion and conclusions

Two ERA-40 driven simulations were performed with the regional climate model COSMO-
CLM using an aerosol transport and microphysics module. The �rst simulation (CLIM)
applied constant climatological emissions, whereas the second simulation (TRANS) used
transient aerosol emissions over the period from 1958 to 2001.

We found consistent patterns of dimming and brightening in the timeseries of aerosol
optical depth (AOD) and clear-sky downward surface shortwave radiation (SSR) over all
PRUDENCE subregions of Europe. A strong brightening of up to 10 W m� 2 in the annual
mean over the period 1970{2000 was found for Mid-Europe.

Under all-sky conditions, we showed that the changes in cloud fraction and thus surface
shortwave cloud radiative forcing (CRF) are dominant over the e�ect of AOD for shaping
dimming/brightening trends, both in the two RCM simulations but also the driving re-
analysis. Signi�cant correlations between all-sky SSR and the NAO index were found with
a dipole pattern, such that in winter positive (negative) correlations are obtained in the
South (North) of Europe and the opposite in summer. We also showed that the minimum
in all-sky SSR around 1979 is due to cold and wet summers between 1978 and 1981 which
were associated with anomalously low geopotential height over Europe.

The trend due to transient changes in aerosol emissions was found to be negligible in com-
parison with the model's internal variability of the all-sky SSR. The only region showing a
signi�cant increase in all-sky SSR due to transient aerosol emissions was Mid-Europe. An
enhanced CRF weakened the signal of transient versus climatological emissions under all-
sky conditions. We showed that in particular the reduction in mid-tropospheric shortwave
absorption by black carbon may cause an increase in cloud fraction during the brightening
phase.
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As both simulations showed a similar all-sky dimming/brightening signal regardless of the
underlying emissions, one may conclude that the driving reanalysis data and prescribed
SST are more important than the regionally changing aerosol emissions. To what de-
gree the driving data themselves contain accumulated aerosol e�ects from past emissions
remains an open question at the moment.

Due to the dominating dependence of all-sky SSR on clouds, our study implies that it
may not be necessary to use transient emissions in order to simulate dimming/brightening
in Europe with an RCM. Simulated temperature trends were roughly una�ected by the
transient aerosol emissions. However, we showed that the regional model may somewhat
overestimate the sensitivity of all-sky SSR to changes in cloud fraction. For example, at
some Eastern European measurement stations for which trends in all-sky SSR could be
explained by anthropogenic aerosol emissions, the modeled trends do not agree as well as
for stations in Western and Northern Europe that are cloud-dominated. Moreover, this
study highlights that a correct simulation of trends in cloud fraction is crucial for the
proper reproduction of all-sky SSR trends on the regional scale. Further e�orts have to
be made in the future in order to understand the model de�ciencies w.r.t. trends in cloud
fraction.

4.5 Appendix: Auxiliary material

This section includes auxiliary �gures. Figure 4.9 shows the mean 500 hPa geopotential
height (dm) and the cloud fraction anomaly (%) of the years 1978 to 1981 w.r.t. the
reference period from 1961 to 1990, both for the simulation TRANS and the ERA-40
reanalysis. A 5% increase in cloud fraction is collocated with anomalously low geopotential
height in Central Europe.



Figure 4.7: Annual mean (thin lines) and �ve-year moving average (thick lines) of all-sky
downward surface shortwave radiation (SSR) [W m� 2] for eight GEBA stations in Europe [Gilgen
and Ohmura 1999]. Black lines: GEBA, gray: ERA-40, red: TRANS, blue: CLIM, green: �ve-
year moving average of anthropogenic sulfur emissions [g(S) m� 2 y� 1] from NIES. The correlation
coe�cients R with GEBA are given for the annual means and the �ve-year moving averages (in
brackets), the text colors corresponding to the lines.
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Figure 4.8: Five-year moving average of the cloud fraction anomalies [%] w.r.t. corresponding
mean over satellite period 1984{2000: ISCCP-D2 (solid black line), ERA-40 (gray), CRU TS 2.1
(dashed black), TRANS (red), and CLIM (blue), ENSEMBLES RT3 models (green). Regional
averages are made over all data points within region boundaries, except for CRU, where only
data over land are available. The region AL is too small such that no average was calculated
from the ISCCP data set. The ENSEMBLES multi-model mean anomaly is displayed with a
solid green line, standard deviations from the mean with dashed lines.
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Figure 4.9: (a, c) 500 hPa geopotential height (unit: dm) and (b, d) cloud fraction anomaly
(unit: %) of the years 1978{1981 w.r.t. the reference period 1961{1990: (a, b) TRANS, (c, d)
ERA-40.
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Abstract

Increasing the aerosol number in warm-phase clouds is thought to decrease the rain for-
mation rate, whereas the physical processes taking place in mixed-phase clouds are more
uncertain. Increasing number concentrations of soluble aerosols may reduce the riming
e�ciency and therefore also decrease precipitation. On the other hand, the glaciation of a
cloud due to heterogeneous freezing of cloud droplets may enhance the formation of graupel
and snow. Using a numerical weather prediction model with coupled aerosol microphysics,
it is found in a statistical framework with 270 clean and polluted 2D-simulations of mixed-
phase precipitation over an Alpine transect, that the presence of the ice phase determines
the magnitude and the sign of the e�ect of an increasing aerosol number concentration on
orographic precipitation. Immersion/condensation freezing is the only ice-nucleating pro-
cess considered here. It is shown that this indirect aerosol e�ect is much less pronounced
in cold simulations compared to a warmer subset, and that cloud glaciation tends to com-
pensate the loss of rain in polluted situations. Comparing the clean and polluted cases,
a reduction of rain by 52% on average (standard deviation: 25%) over the transect is ob-
tained in the polluted cases. For frozen precipitation a much broader range of di�erences
is found (mean: +4%, standard deviation: 60%). Furthermore, this study shows that in
comparison with the clean cases more precipitation spills over to the leeward side of the
major ridge in the polluted cases (median: +14.6%).
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5.1 Introduction

Earliest human cultures detected that orography has a strong in
uence on precipitation
and therefore plays an important role in de�ning local hydrology and climate. Orography
is considered a major factor for modifying or amplifying precipitation [Smith 2006]. A
variety of di�erent mechanisms that trigger orographic precipitation have been described
[Roe 2005]. Classically, orographic precipitation is associated with moist-adiabatic ups-
lope ascent in a stably strati�ed environment. In this case, a moisture-laden airmass is
mechanically forced above the lifting condensation level (LCL) where the atmosphere is
supersaturated with respect to water, so that water vapor condenses onto cloud conden-
sation nuclei (CCN) and latent heat is released. The formation of an orographic cloud
may be followed by precipitation. Precipitation in a warm-phase orographic cloud is ini-
tiated by collisional growth and collection of cloud droplets. Once the airmass is lifted
above the freezing level cloud droplets may eventually freeze. With the onset of the
Wegener-Bergeron-Findeisen process, which describes the deposition of water vapor upon
ice-crystals at the expense of evaporating cloud droplets due to the di�erences in vapor
pressure over water and ice in a supercooled cloud between 0� C and -38� C, ice-crystals
grow to larger sizes. Finally, snow
akes can form due to aggregation of ice-crystals. Grau-
pel particles are generated when frozen drops or ice crystals collect liquid droplets which
freeze on the ice surface.

Estimating the role of aerosols for cloud and precipitation formation is considered one of
the key challenges in current climate science according to the latest Assessment Report of
the Intergovernmental Panel on Climate Change (IPCC) [Solomon et al.2007]. The role
of microphysical processes for orographic clouds was reviewed byKhvorostyanov [1995].
Aerosols can act as CCN and ice nuclei (IN) and therefore in
uence the microphysical
characteristics of clouds [Pruppacher and Klett 1997]. Increasing the number of potential
CCN in a cloud with constant liquid water content (LWC) leads to more but smaller cloud
droplets [Twomey et al. 1984, Peng et al. 2002, Lowenthal et al. 2004]. Since smaller
droplets have lower collision e�ciencies than larger droplets [Pruppacher and Klett1997],
and collision/coalescence is a major process for the formation of rain in warm-phase clouds,
precipitation is potentially suppressed due to a reduction of the precipitation e�ciency.
Observations from Borys et al. [2000] andBorys et al. [2003] suggest that in mixed-
phase clouds the snowfall rate tends to decrease with higher anthropogenic aerosol load
due to an inhibition of the accretion of cloud droplets by snow
akes (snow-riming). As
a consequence of this inhibition in combination with the slow-down of rain formation,
generally a suppression of precipitation can be expected in mixed-phase clouds in such
cases.

However, insoluble aerosol components serving preferably as heterogeneous IN such as dust
and maybe black carbon may cause an inverse e�ect and enhance precipitation formation
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via the ice phase [glaciation indirect aerosol e�ect;Lohmann [2002b],Lohmann and Diehl
[2006]]. Their presence may lead to an enhanced freezing of cloud droplets, which would
amplify the Wegener-Bergeron-Findeisen process and subsequently also aggregation and
riming.

Heterogeneous ice formation occurs through deposition, condensation/immersion freezing
and contact freezing, depending on ambient temperature and ice supersaturation [Prup-
pacher and Klett1997,Vali 1985]. Most of the current models still apply simple diagnostic
schemes to predict ice-crystal number concentrations as a function of temperature [Cooper
1986,Fletcher 1962] or supersaturation with respect to ice [Meyers et al.1992]. Recently,
several parameterizations have been developed in order to account for the interactions be-
tween di�erent IN types and clouds [Khvorostyanov and Curry2004,Phillips et al. 2008,
Diehl and Wurzler 2004]. As a major progress, these schemes include surface properties
of the IN and therefore account for the importance of the chemical composition and the
presence and e�ciency of active sites on a particle [Eidhammer et al.2009]. Both the pa-
rameterizations ofPhillips et al. [2008] andDiehl and Wurzler [2004] make the assumption
of the singular hypothesis. The validity of the singular hypothesis is supported by various
recent observational studies [DeMott 1990,Marcolli et al. 2007,M•ohler et al. 2006]. In the
present study, a modi�ed version of the scheme developed byDiehl and Wurzler [2004] is
applied [Muhlbauer and Lohmann2009].

Because of the above mentioned complex and competing e�ects no conclusive quanti�ca-
tion of the indirect aerosol e�ect on precipitation in mixed-phase clouds has been made
so far [Denman et al. 2007]. Statistical approaches based on annual precipitation data
by Givati and Rosenfeld[2004],Rosenfeld and Givati[2006],Rosenfeld et al.[2007] and
Jirak and Cotton [2006] suggest that the second indirect aerosol e�ect presumably leads to
precipitation losses of 15{25% downwind over topographic barriers in Colorado and Israel.
Precipitation was suppressed on the windward slope, and an enhancement of precipitation
was found on the lee side. This e�ect was shown for relatively polluted areas in which
aerosol emissions increased over the last decades, whereas in more pristine surroundings
no changes in the precipitation data were detected. On the other hand,Alpert et al. [2008]
�nd contradicting results regarding changes of orographic precipitation over time in Israel,
which re
ects the large uncertainty of aerosol e�ects on precipitation. Modelling studies
by Lynn et al. [2007] obtained a 30% decrease of precipitation if aerosol conditions were
changed from maritime to continental. In a sensitivity study, they show that the rela-
tive humidity and the horizontal wind speed are important factors governing the cloud
structure and precipitation amounts. Muhlbauer and Lohmann[2008] conducted ideal-
ized simulations and showed that the sensitivity of orographic precipitation to changes in
the aerosol depends strongly on the orographic 
ow dynamics. Furthermore,Muhlbauer
and Lohmann [2009] suggest that the aerosol indirect e�ect on orographic precipitation
can change sign depending on the mixing state of the aerosols and their inherent freezing
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properties.

In order to improve our understanding and to quantify uncertainties regarding the indirect
e�ect of aerosols on orographic precipitation we evaluate the microphysical processes in
mixed-phase clouds for di�erent thermodynamic conditions in a statistical sense. We
conducted 270 pairs of 2D simulations with clean and polluted remote-continental aerosol
con�gurations typical for the Alpine region and Switzerland, using a numerical weather
prediction model coupled to a sophisticated two-moment cloud and aerosol microphysics
scheme. Permitting very large variability in the thermodynamic initial state and boundary
conditions, the statistical perspective allows us to give a more reliable estimate of the
potential range of changes in orographic precipitation due to an increase of the aerosol
number concentration. The primary goal of this article is to explore the importance of the
ice phase for the indirect aerosol e�ect on precipitation in the presence of black carbon
and dust as e�cient ice nuclei in the condensation/immersion freezing mode. Estimating
the large uncertainties in the physical representation of the underlying processes, however,
is beyond the scope of this article.

The model and domain setup for these simulations is given in section 5.2. Section 2.3
provides the results of the statistical evaluation which are summarized and discussed in
section 2.4.

5.2 Methods

5.2.1 Numerical model

In this study we apply the non-hydrostatic weather prediction model COSMO, version
3.19. The model has initially been developed and applied by the German Weather Service,
the Swiss National Meteorological O�ce (MeteoSwiss) and other members within the
Consortium for Small-Scale Modeling (http://www.cosmo-model.org) [Doms and Sch•attler
2002,Steppeler et al.2003].

COSMO integrates the fully compressible, hydro-thermodynamical equations in conserva-
tion form. A split-explicit third order Runge-Kutta scheme is used for time integration
[Wicker and Skamarock2002, F•orstner and Doms 2004]. The spatial discretization is
based on a �fth order upstream advection scheme on a Arakawa C-grid with Lorenz verti-
cal staggering. In the vertical, height-based Gal-Chen coordinates are applied [Gal-Chen
and Sommerville1975].

The second order Bott scheme is used for the advection of the moisture variables and
the aerosols [Bott 1989]. Vertical turbulent di�usion is treated with a turbulence scheme
using Smagorinsky-type stability functions [Herzog et al.2002]. Open boundary conditions
are imposed at the lateral boundaries [Davies 1976]. For the upper boundary a Rayleigh
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damping layer starting at 11 km of altitude is introduced to reduce gravity wave re
ections
from the top.

Due to the semi-idealized 2-dimensional setup of our simulations the in
uence of the
Coriolis force is neglected to avoid wind perpendicular to the 
ow direction. As the focus
of the present study is on microphysical e�ects only, aerosol-radiation interactions and
likely accompanying feedback mechanisms are not accounted for. This may be considered a
major caveat of the framework applied here. However, there is evidence that microphysical
e�ects on clouds dominate the radiative e�ects below a certain threshold of aerosol optical
depth [Koren et al. 2008]. Given the very remote-continental regime of this study (see
details on model setup below), one can expect that the microphysics should dominate.

Furthermore, as the focus of this study is on stably strati�ed orographic 
ow, no param-
eterization for convection is employed. Soil processes are neglected due to the short time
scale of our simulations.

A detailed description of the model topography and initial conditions is given below in
subsection 2.2.4.

Aerosol microphysics

The model is coupled to the aerosol module M7 [Vignati et al. 2004]. It is also used within
the framework of the general circulation model ECHAM5-HAM [Stier et al. 2005]. The
modal concept of M7 is represented by a superposition of seven lognormal size distribu-
tions, such that
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In equation (5.1), N i denotes the aerosol number concentration in modei . � g;i is the
geometric standard deviation representing the width of the particle size distribution of
each mode. The count median radiusr i can be determined from the respective aerosol
number and mass in each mode. Number and mass concentrations are advected as tracers
in the model.

The module consists of four internally mixed modes, containing both soluble and insol-
uble compounds, and three insoluble modes including aerosol species characterized by
low water solubility. The internally mixed modes can contain sulfate (SU), black (BC)
and particulate organic matter (POM), sea salt (SS), dust (DU) and aerosol water. In
M7, the modal composition depends on aerosol microphysics and, thus, processes such
as homogeneous nucleation of sulfuric acid [Vehkam•aki et al. 2002], intra- and intermodal
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Table 5.1: Modal composition of the aerosol module M7

Modea Soluble/internally mixed Insoluble
r i [� m]
Nucleation
r 1 � 0.005 N1, MSU

1

Aitken
0.005< r 2;5 � 0.05 N2, MSU

2 , MBC
2 , MP OM

2 N5, MBC
5 , MP OM

5

Accumulation
0.05< r 3;6 � 0.5 N3, MSU

3 , MBC
3 , MP OM

3 , MSS
3 , MDU

3 N6, MDU
6

Coarse
r 4;7 > 0.5 N4, MSU

4 , MBC
4 , MP OM

4 , MSS
4 , MDU

4 N7, MDU
7

a The boundaries for each mode are given as ranges for the count median radiusr i . N i

and M j
i correspond to the aerosol number in modei and the mass compoundsj in mode

i , respectively.

coagulation, coating of particles with sulfate and water vapor uptake [Jacobson et al.1996,
Stier et al. 2005]. For the sake of brevity, we refer toVignati et al. [2004] andStier et al.
[2005] for further information on the aerosol microphysics in M7. An overview of the
modal structure of M7 is given in table 5.1.

Cloud microphysics

Cloud-microphysical processes are treated with a two-moment bulk scheme fromSeifert
and Beheng[2006], which is coupled to the aerosol microphysics module as discussed in
detail in Muhlbauer and Lohmann[2008; 2009]. A total of �ve hydrometeor classes are
accounted for: cloud droplets, rain, ice-crystals, snow and graupel. FollowingHeyms�eld
and Kajikawa [1987], ice-crystals are assumed to be hexagonal plates, whereas snow
akes
have the shape of mixed aggregates [Locatelli and Hobbs1974]. In addition, the proper-
ties for so-called lump graupel [Heyms�eld and Kajikawa 1987] are applied. Generalized
gamma-distributions based on the corresponding shape parameters are applied for the size
distributions of the �ve classes.

The simulated warm-phase processes are the nucleation of cloud droplets (source of cloud
water), autoconversion of cloud droplets to rain drops and accretion of rain by cloud
droplets, as well as self-collection of cloud droplets and rain (sources for rain but sinks
for cloud water), evaporation and breakup of rain drops (sinks for rain water). Mi-
crophysical processes including the ice phase are heterogeneous freezing in condensa-
tion/immersion mode, di�usional growth of ice-crystals (sources for ice), aggregation,
self-collection (sources for snow, sinks for ice), riming, conversion to graupel (sources
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for graupel; sinks for ice, cloud droplets, rain and snow), melting and sublimation (sinks
for ice). Graupel shedding of liquid water and Hallett-Mossop ice-multiplication are con-
sidered as well. The Wegener-Bergeron-Findeisen process is represented implicitly such
that in a lifting air parcel that is supersaturated with respect to ice but not saturated
with respect to water all condensate evaporates and ice-crystals grow by vapor di�usion.
For the description of the corresponding parameterizations of these processes we refer to
Seifert and Beheng[2006] andMuhlbauer and Lohmann[2008; 2009].

In the framework of this study, contact nucleation was neglected since all aerosols were
assumed to be internally mixed and, hence, contributions from insoluble dust or soot
particles were not taken into account. Observational �ndings fromWeingartner et al.
[2002] support this simpli�cation in a climatological mean. Additionally, homogeneous
nucleation is not considered, as temperatures below -38� C are required for this process.
These are typically found in the upper troposphere [Pruppacher and Klett1997] in a mid-
latitude atmosphere and, hence, do not play a role in low- or mid-level orographic clouds
over the Alps.

Furthermore, Ansmann et al. [2008] argue based on LIDAR observations that in mixed-
phase clouds the time required by deposition freezing to form ice-crystals may be too short.
Water saturation is reached in the updrafts already after several minutes. They indicate
that for deposition freezing to be e�cient in nature at temperatures of about -10� C and
relative humidities of 90-95%, a complete absence of vertical motion is necessary. Thus,
we also neglect deposition nucleation.

Condensation and immersion freezing are implicitly combined in our model as pointed out
by Muhlbauer and Lohmann[2009]. The scheme combines the singular and the stochastic
hypothesis. Thereby it is assumed that heterogeneous freezing occurs inside supercooled
cloud droplets. The probability of freezing depends on supercooling and droplet volume
[Pruppacher and Klett1997]. The probability of freezing is enhanced for a �xed tempera-
ture by the immersed aerosols depending on its immersion nucleation e�ciency. Reason-
able arguments have been provided recently byMarcolli et al. [2007] andVali [2008] that
a pure stochastic approach may not be appropriate for condensation/immersion freezing.
The parameterization used here is based on the freezing e�ciencies of black carbon and
mineral dust presented byDiehl and Wurzler [2004] and is described in great detail in
Muhlbauer and Lohmann[2009]. The major equations are given in appendix A.

5.2.2 Model setup

Computational domain

A 2-dimensional setup along a meridional transect through the Alps with 50 vertical model
levels is used for this study. The horizontal grid spacing is 2.2 km as used operationally
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Figure 5.1: (a) Topography of COSMO with 2.2 km horizontal resolution and (b) the corre-
sponding transect. The thick dashed line in (a) gives the location of the transect for which the
topography is shown in (b). It leads through the Jungfraujoch, the highest point of the model
topography.

by MeteoSwiss. The timestep applied in all simulations is 20 s. Integrations over 12 hours
are performed.

Topography

Due to the availability of local aerosol size distribution measurements, the e�ect of aerosols
on stratiform orographic precipitation is evaluated in the surroundings of the Jungfraujoch
(JFJ), a high mountain ridge in Central Switzerland that is oriented almost parallel to
the Alps. The JFJ is located at 46.6� N 8.0� E and its altitude corresponds to 3571 m
with respect to the Mediterranean Sea. In the model the height at the JFJ is 3454 m
due to �ltering of the topography. Figure 5.1 shows the operational topography and the
corresponding transect used for this study.

Initial conditions

In order to perform a statistical analysis, a series of pairs of model simulations was con-
ducted. The initial state as well as the lateral boundary conditions of all simulations are
given by an aerosol size distribution and a 00 UTC sounding from the station of Payerne
(LSMP 06610), a station northwest of the JFJ. The sounding provides vertical pro�les for
absolute temperatureT, pressurep, relative humidity RH , and the wind componentsu
(zonal) and v (meridional). The vertical pro�les are interpolated linearly from the orig-
inal soundings to the model levels. For the horizontal wind speed, the absolute value of
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Figure 5.2: (a) Temperature T [� C], (b) equivalent potential temperature � e [� C], (c) speci�c
humidity qv [g kg� 1] and (d) horizontal wind speed U [km h� 1] from all initial soundings. Each
gray line corresponds to one sounding. The median is given by the thick solid line, 25th (75th)
percentile is indicated by a dashed (dash-dotted) line.

the wind vector U =
p

u2 + v2 is applied to avoid arti�cial shear layers in the 2D simula-
tions. Night-time soundings are used to minimize the possibility of small-scale (embedded)
convection.

The soundings have been selected such that the average relative humidity in the lowest
3000 meters is between 80-90% in order to yield orographic clouds. Hence, the temperature
determines the speci�c humidity such that more moisture is available in warm simulations.
The second criterion for the choice of the soundings was that temperatures and wind
speeds correspond to climatological measurements at the JFJ. A comparison is provided
in section 5.3. 270 initial soundings from all seasons of the years 2002{2006 were simulated
separately with a clean and a polluted aerosol setup. Several simulations showed no
orographic precipitation within the domain. Therefore, we only analyze simulations that
produced more than 0.5 mm 12h� 1 precipitation at a given gridpoint in the domain. The
number of remaining clean and polluted simulations which are analyzed further is 166.
Figure 5.2 shows the range of values for temperatureT, speci�c humidity ( qv), horizontal
wind speed (U) and equivalent potential temperature (� e) from all soundings used in the
statistical analysis. At the surface,T and � e range from -5� C to +20 � C and from 0� C
to 50� C, respectively. The speci�c humidity decreases rapidly with height. Surface values
are between 2 and 15 g kg� 1. The surface horizontal wind is set to zero. Near the highest
mountain crests of the domain, the winds range from 0 to about 120 km h� 1. Note that
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Figure 5.3: Aerosol spectra for clean (solid) and polluted simulations (dashed) according to
Weingartner et al. [1999] andMuhlbauer and Lohmann[2008]. (a) shows the number size distri-
bution, (b) shows the derived mass distribution.

all soundings are stably strati�ed or close to neutral strati�cation.

For the evaluation of the indirect aerosol e�ect on precipitation, two aerosol setups are
applied separately for each sounding. Figure 5.3 shows the corresponding number and
mass distributions that are obtained from a typical winter and a summer climatology of
SMPS (Scanning Mobility Particle Sizer) measurements at the Global Atmosphere Watch
station on top of JFJ [Weingartner et al. 1999]. The total number (mass) concentration
is 350 cm� 3 (0.5 � g m� 3) in winter (clean case) and 790 cm� 3 (2.2 � g m� 3) in summer
(polluted case). The geometric standard deviations are 1.59 for the nucleation mode, 2.13
for the Aitken mode, 1.61 for the accumulation mode and 2.00 for the coarse mode. For
the nucleation and coarse mode, the values have been adopted fromStier et al. [2005],
whereas the standard deviations of Aitken and accumulation mode have been taken from
the above-mentioned measurements.

The attribution of the mass fractions derived from the total aerosol mass in each mode to
black carbon, particulate organic matter, sulfate and dust is based on aerosol mass spec-
trometry data as discussed inCozic et al.[2007a]. For the aerosol components potentially
acting as immersion nuclei, 5.5% (4.9%) of the total mass of the Aitken (accumulation)
mode are attributed to black carbon in the clean case. In the polluted case, the fractional
contributions of black carbon are 3.8% (3.5%) in Aitken (accumulation) mode. Mineral
dust is only considered in the accumulation mode at initialization, the corresponding dust
fractions of the total mass being 11% (8.1%) in the clean (polluted) case. A contribution
from sea salt is neglected due to the choice of remote-continental Alpine aerosol conditions.
The particle number and mass concentrations are assumed constant with height.

Aerosols with a radius greater than 35 nm (larger part of the Aitken mode, complete
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accumulation and coarse mode) can be activated to form cloud droplets in the model,
depending on the vertical velocity. The activation scheme is based onLin and Leaitch
[1997] and further explained inMuhlbauer and Lohmann[2008].

The same two aerosol con�gurations have previously been used byMuhlbauer and Lohmann
[2008]. Note that aerosol removal processes such as dry deposition, sedimentation and wet
scavenging are not taken into account due to the relatively short duration of the simulations
and due to the lack of appropriate emission inventories on the Alpine scale.

5.3 Results

In this section we analyze the indirect aerosol e�ect of the 2D simulations statistically
with respect to mixed-phase cloud formation and orographic precipitation. We focus
on the evaluation of the spillover factor, mean domain precipitation and mixed-phase
microphysical conversion rates.

5.3.1 Aerosol e�ects on precipitation patterns and mean domain
precipitation

The reduction of the precipitation e�ciency that is suggested to result from an increased
aerosol number may lead to a shift in the precipitation pattern such that the windward
precipitation is reduced while on the lee side an enhancement is found [Givati and Rosenfeld
2004,Rosenfeld and Givati2006,Rosenfeld et al.2007]. Figure 5.4 depicts the pattern
of the mean accumulated precipitation after 12 hours of integration over all simulations.
The largest amount of precipitation in the clean cases is found on the windward side of
the major ridges R1, R2, and R3 (JFJ). In the mean for the polluted cases, the maximum
total precipitation (sum of rain, snow and graupel) is found at R2 because it is the primary
orographic barrier (air 
ow from the left). The maximum is shifted by 9 km toward the
top of R2 as compared to the clean case mean due to the slow-down of rain formation.
The rainfall maxima coincide with the maxima of total precipitation. Table 5.2 lists the
maxima for all precipitation types within the ranges indicated for the three ridges (see
bottom panel of �gure 5.4).

As frozen precipitation may also form in higher cold clouds, it is more wide spread and
thus of similar magnitude at R2 and R3. R1 is a comparatively weak orographic barrier
due to lower height, such that less precipitation forms within its range as compared to R2.
Frozen precipitation (sum of snow and graupel) is highest at R2 in the clean cases and
R3 in the polluted cases. In the lee of R2 and at R3, the frozen precipitation increases
in the polluted cases. The locations of the frozen precipitation maxima do not shift. The
increase is therefore caused by enhanced mixed-phase conversion rates in the polluted cases
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Figure 5.4: Mean over all simulations of the accumulated precipitation [mm 12h� 1] (a: total
precipitation, b: rain, c: frozen precipitation) and (d) topography. The total precipitation (a)
corresponds to the sum of rain, snow and graupel. Snow and graupel are summarized as frozen
precipitation (c). The general 
ow direction is from the left to the right. Additionally, (d) shows
the extent of the three major ridges R1, R2, and R3. R3 corresponds to the Jungfraujoch.

Table 5.2: Maximum of the accumulated precipitation [mm 12h� 1], averaged over all analyzed
simulations. Total precipitation is the sum of snow, graupel and rain. Frozen precipitation takes
into account snow and graupel, but not rain.

Precipitation [mm 12h� 1] Total Rain Frozen
Ridge clean polluted clean polluted clean polluted
R1 6.9 2.5 5.9 1.4 1.2 1.1
R2 23.3 11.3 17.7 5.3 6.8 6.4
R3 7.2 9.1 1.9 2.4 5.3 6.9

as discussed below and not by a shift of the maxima.

Rain dominates most simulations and therefore the mean because snow
akes or graupel
particles, which may have formed above, melt as they fall below the freezing level. The
temperatures in the initial soundings are above 0� C in most cases below 1000 m altitude as
shown in �gure 5.2. At the JFJ, the temperatures of the initial soundings range from -20� C



5.3. RESULTS 93

to 5� C [mean: -6.2� C, standard deviation (std. dev.): 6.7� C]. The measured climatological
daily mean over the period 2002-2006 corresponds to -6.5� C (std. dev.: 6.6� C) at this
station. The daily mean wind speed within this time period is 7 m s� 1 (std. dev.: 4 m s� 1).
The corresponding values in the initial soundings at the altitude of the JFJ range from
almost 0 m s� 1 up to 28 m s� 1.

According to studies byJiang [2003],Jiang [2006],Jiang [2007],Miglietta and Buzzi [2004]
and Colle [2004] orographic clouds tend to form close to the top of a ridge in the case
of narrow and steep slopes or situations of windward blocking resulting from a strong
orographic barrier and weak horizontal winds in the lower troposphere. In comparison
with a clean case, these clouds may be advected upstream in a polluted case due to the
slow-down of precipitation formation, leading to a shift in the precipitation pattern. Such a
shift is commonly evaluated by the spillover factor (SP) [Jiang and Smith2003,Muhlbauer
and Lohmann2008]. It corresponds to the ratio of lee precipitation to total precipitation
such that

SP =

nX

i = b+1

Pi

nX

i = a

Pi

: (5.2)

In equation (5.2), b represents the location (gridpoint) of the mountain peak.a denotes
the beginning of the slope on the windward side of the corresponding mountain.Pi is the
accumulated precipitation after 12 hours, whilen simply equals the lowest altitude on the
leeward side ([Pi ] = kg water equivalent). We calculated SP and conducted Wilcoxon rank-
sum tests1 individually for each of the three major ridges in the computational domain
(table 5.3). A median increase of lee side precipitation in the polluted cases is found for
the two primary ridges R1 and R2. The change at R1 is comparatively small because
the ridge is not such a strong orographic barrier as R2 and R3. Given the relatively high
precipitating clouds (see below) in comparison with the altitude of R1, a smaller change
is expected as more precipitation can spill over R1 than for example over R2.

A decrease of lee side precipitation is obtained for R3. This corresponds to an increase
in precipitation on the windward side of R3, which is explained by the enhanced frozen
precipitation beyond R2. The di�erences in SP at R2 and R3 are signi�cant as indicated
in table 5.3.

1Following Gibbons [1985], the Wilcoxon rank-sum test is nonparametric (independent of the distribu-
tion of the underlying samples, a Gaussian distribution is not required) and two-sided, and is equivalent
to a Mann-Whitney U-test. It is therefore also equal to a classical analysis of the variance of ranks. The
test examines whether two samples of the same size have equal values. The Wilcoxon rank-sum test is
applied for each of the statistical analyses since our data is not normally distributed.
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Table 5.3: Wilcoxon rank-sum test for the di�erences in spillover factor (SP) for the elevations
R1, R2 and R3. Median values are given in %. Signi�cance level of the rank-sum test is p
< 0.05. In case of a signi�cant di�erence between the spillover factor in the polluted and the
respective clean cases the nullhypothesis H0 is rejected. H0: the distribution of SP (clean) and
SP (polluted) have equal medians.

Ridge Median Statistics
clean polluted polluted-clean p reject H0

R1 42.1 44.5 +2.4 0.07 no
R2 22.0 36.6 +14.6 < 0.001 yes
R3 53.2 43.4 -9.8 < 0.001 yes

The changes in spillover precipitation at R1 and R2 due to an increase in the aerosol
number are primarily related to the e�ect of these aerosols on warm-phase microphysics
and, hence, the direct formation of rain from cloud droplets. As �gure 5.4 indicates,
the decrease in polluted case frozen precipitation on the windward side of R2 is much
smaller in magnitude than its enhancement beyond that ridge. This suggests that ice
phase microphysics could potentially weaken, compensate for or even reverse the second
indirect aerosol e�ect on rain formation.

If the lee side precipitation is not enhanced enough to compensate for the loss of precip-
itation on the windward side the accumulated mean domain precipitation is decreased in
the polluted case as compared to the clean case. Here, we analyze the relative di�erences
in mean domain precipitation between clean and polluted cases (RPD). It is interpreted as
the relative change in the net precipitation budget. RPD does not give information about
the nature of the precipitation event (e.g. short and heavy burst or slow and widespread
drizzle). However, the mixed-phase conversion rates reach an equilibrium within the �rst
one to three hours (not shown). Thereafter, precipitation increases evenly in general.

For a single case RPD is de�ned such that

RPD (12 h) =

nX

i =1

Ppoll
i (t = 12 h)

nX

i =1

P clean
i (t = 12 h)

� 1: (5.3)

P clean
i is the clean case precipitation at gridpointi ([Pi ] = kg water equivalent) andPpoll

i

corresponds to the precipitation in the polluted case. The domain sizen equals 350.
Here, negative values of RPD represent an overall loss of precipitation due to an increase
in aerosol number, whereas positive values indicate that more precipitation is formed on
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Figure 5.5: Empirical cumulative distribution functions for the relative precipitation di�erence
(RPD). Total precipitation equals the sum of rain, snow and graupel. Snow and graupel are
summarized to frozen precipitation.

average in the polluted cases as compared to the clean cases. Figure 5.5 shows the empirical
cumulative distribution functions for RPD of rain, frozen, and total precipitation for all
166 simulation pairs (see section 5.2.2.2.4 for details on the selection of the simulations). In
case of rain, nearly all simulations yield negative values. More than half of the simulations
show a decrease in rainfall of more than 50% (RPD< -0.5). The mean corresponds to
-0.52 (std. dev.: 0.25).

The processes which form snow or graupel are much more complex than the warm-phase
microphysics and therefore, as argued previously, the frozen precipitation may be both
increased (glaciation indirect aerosol e�ect) or decreased (reduced riming e�ciency) in the
polluted cases. Therefore, the distribution of RPD for frozen precipitation is much broader
with a mean of +4.2% and a standard deviation of 60%. About half of the simulations
produced more frozen precipitation in the polluted cases than in the clean cases. About
10% of all cases show an increase of frozen precipitation of more than 100% (RPD> 1).
Therefore, the e�ect on total precipitation is reduced in comparison with the e�ect on
rainfall, such that an average reduction of 36% is found.

5.3.2 Impact of environmental conditions on aerosol e�ects

In order to investigate under what conditions a strong (large negative RPD) or a weak
second indirect aerosol e�ect (small negative or positive RPD) is to be expected, we
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Figure 5.6: Relative precipitation di�erence (RPD) as a function of the mean domain precip-
itation Pclean [mm 12h� 1] in the corresponding clean case. The gray box indicates the range of
data used for further analysis (threshold: 1.5 mm 12h� 1). Explanations, see text.

�ltered the data further to exclude cases in which heavy precipitation in both clean and
polluted simulation is produced. In these cases, RPD tends to be small mainly because the
di�erence between the polluted and the clean simulation is much smaller than the absolute
value of the precipitation in the clean case (see equation 5.3). Figure 5.6 displays RPD as
a function of the clean case mean domain precipitation. It shows that the spread of RPD
values is very small for cases with stronger mean domain precipitation and rather large for
those with less precipitation in the domain. Thus, RPD asymptotically approaches zero
with increasing precipitation rate, implying that clouds are less susceptible to changes in
the aerosol number in case of strong precipitation formation.

Therefore, simulation pairs with more mean domain precipitation than those in the gray
box in �gure 5.6 are excluded. The threshold corresponds to 1.5 mm 12h� 1 (85%-
percentile) and was chosen arbitrarily. Hence, 112 simulation pairs remain for further
analysis.

25% of the 112 analysed cases have an RPD> -14.1%. They are hereafter referred to
as the cases showing a weak second indirect aerosol e�ect (IAE). The 25% cases with
the strongest IAE have an RPD< -67.6%, respectively. Thus, we expect the strong
e�ect to be related to rather warm simulations that primarily produce rain and exhibit
only negligible contributions of ice phase microphysics. On the other hand, enhanced
cloud glaciation (ice-crystal formation through condensation/immersion freezing) in cold
soundings is suggested to counteract the second indirect e�ect and increase precipitation
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Figure 5.7: Equal to �gure 5.4, but separately for the mean accumulated precipitation
[mm 12h� 1] over the 25% of all simulations with the strongest second indirect aerosol e�ect
(IAE) (black lines) and the 25% with the weakest indirect aerosol e�ect (gray lines).

via aggregation and riming to form snow and graupel, presumably yielding a weak second
IAE.

As shown in �gure 5.7, the simulations featuring a strong IAE on orographic precipita-
tion indeed produce more rain than the cases which correspond to a weaker e�ect. At
ridge R2, the maximum rainfall for the cases with a strong (weak) IAE is 13 mm 12h� 1

(0.5 mm 12h� 1) in the respective clean case mean. The cases with a weak IAE show a
di�erent precipitation pattern with a maximum beyond R3. In the polluted situation, the
cases with a strong IAE show the expected large decrease in precipitation (-12 mm 12h� 1

at R2). No average change in precipitation is found for the cases with a weak IAE. The
latter exhibit frozen precipitation of 5 mm 12h� 1 at R2, indicating that the cold phase is
of much higher importance in these simulations compared to the subset with a strong IAE
in which the maximum frozen precipitation is smaller than 0.5 mm 12h� 1.

We use the distance from the freezing level (LFR, here: atmospheric level above which
temperatures are below 0� C) to the lifting-condensation level (LCL) from the initial sound-
ings as an indicator for the importance of ice phase processes in the simulated mixed-phase
clouds. The lower the freezing level at constant LCL and, therefore, the smaller the dis-
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Figure 5.8: Polluted case mean mixing ratio of (a, b) cloud water and (c, d) rain water for (a,
c) the subset with a weak IAE and (b, d) the subset with a strong IAE (gray scale). Di�erences
between the respective polluted and clean mean quantities are displayed with black contour lines.
Negative (positive) values are indicated by dashed (solid) lines. Unit: g kg� 1. Only a fraction
of the domain is shown.

tance between LFR and LCL, the more important is the ice phase contribution to hydrom-
eteor formation. With an LFR higher than 5000 m, there would be no ice formation at all
since there is hardly any moisture available above this altitude (see �gure 5.2). Boxplots
for the distributions of (LFR-LCL) for both the subset with the weak as well as the strong
IAE are displayed in �gure 5.9a. The medians of the two individual distributions (0 m
for a weak IAE, 2000 m for a strong IAE) di�er signi�cantly (p < 0.001), as determined
with the previously applied rank-sum test. Another indicator for the potential strength
of the ice phase is the distance from the LFR to the mixed-phase cloud top. The latter is
also larger in the cases with a weak IAE since the LFR is lower than in the subset with a
strong IAE for a similar cloud top height (�gures 5.8a{b 5.10a{b).

Figure 5.9b shows that a strong IAE is related to larger di�erences in the warm-phase
conversion rates (autoconversion + accretion) between the polluted and the clean cases.
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Figure 5.9: (a) Distance between freezing level (LFR) and lifting-condensation level (LCL),
(b) di�erence between the warm-phase conversion rates (sum of accretion and autoconversion),
rw;poll { r w;clean ), and (c) the same as in (b) but for the mixed-phase conversion rates ri;poll and
r i;clean (sum of all riming and aggregation rates). The boxplots show the median (solid line
through boxes), 25th (q25) and 75th (q75) percentile (box edges). The whiskers extend to the
most extreme values not considering outliers. Outliers (crosses) are values> q75 + 1.5 � (q75 -
q25) or < q25 - 1.5 � (q75 - q25), where (q75 - q25) denotes the interquartile range. The domain-
integrated conversion rates are averaged over the last 2 hours of a simulation.

On average, the polluted case rates (rw;poll ) are 3 � g m� 3 s� 1 smaller than the ones for
the clean cases (rw;clean ), as rain drop formation is decelerated in case of a strong IAE.
The di�erences between clean and polluted mixed-phase conversion ration rates (r i;clean ,
r i;poll ) are about of the same order of magnitude for the weak IAE, but remain near 0
for the cases with a strong IAE (�gure 5.9c). This indicates that riming and aggregation
rates can both increase or decrease in the polluted cases, depending on the thermodynamic
conditions of the atmosphere. It also shows that warm-phase processes cause the major
di�erence between the two subsets. These processes are much less important in the cases
with a weak IAE.

Thus, the major di�erence between the two subsets is the vertical distribution of tem-
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Figure 5.10: Same as �gure 5.8 but for (a, b) cloud ice and (c, d) frozen precipitation.

perature (�gure 5.11a). The temperatures within the lowest 7000 m of the atmosphere
are 7{16� C colder in the subset with a weak IAE than in the cases with a strong IAE.
The latter is therefore also referred to as the warm subset, whereas the simulations with
a weak IAE are referred to as the cold subset. The temperature di�erences are near -7� C
in the areas of the dry downdrafts, where strong evaporative cooling occurs in the warm
subset. At an altitude of 4000 m, the average temperature of the cold subset is about
-20� C as compared to -8� C in the warm subset. Below 2500 m, the temperatures in the
cold subset are negative, whereas they are positive in the warm subset. Therefore, graupel
and snow can melt below 2500 m in the warm subset and, thus, fall out as rain. Adiabatic
warming on the lee side of the major mountain ridges explains the temperature increase
in comparison with windward side conditions.

Another important aspect a�ecting the cloud formation and precipitation pattern in the
two subsets is the vertical velocity. Depending on the location and strength of up- and
downdraft regions, more or less cloud droplet nucleation or evaporation occurs. The
vertical velocities are mainly determined by the incident horizontal wind and the steepness
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Figure 5.11: (a) Temperature [� C], (b) horizontal wind speed [km h� 1] and (c) vertical velocity
[cm s� 1] in the cold subset (weak IAE, contour lines) and di�erence between cold and warm
subset (color scale). Only a section of the domain is displayed. In (c), negative (positive) values
of the vertical velocity are indicated by dashed (solid) lines. Contours are drawn for -100, -10,
10, and 100 cm s� 1.
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of a mountain slope. Even under stably strati�ed conditions, vertical velocities can be
higher than 1 m s� 1 in typical mountain waves [Lilly and Kennedy 1973].

In addition to the warmer temperatures, the subset with a strong IAE is also characterized
by stronger horizontal winds (�gure 5.11b). A maximum di�erence of 17.5 m s� 1 is found
in the downdraft region of the JFJ. As a result, these downdrafts are weaker by more than
1 m s� 1 in the cold subset (�gure 5.11c). Additionally, the weaker horizontal winds also
slow down the updraft on the windward side of R3.

Due to a combination of lower temperatures and smaller vertical velocities in the updraft
zones one order of magnitude less cloud water is formed within 12 hours in the cold subset
(�gure 5.8a{b). It can be assumed that the temperature e�ect is more important since
there is a strong dependence of the liquid water content on temperature, e.g. in frontal
mixed-phase clouds below -10� C [Korolev et al. 2003]. In absolute terms, an increase in
cloud water of up to 0.5 g kg� 1 is found in the polluted case mean of the warm subset
in comparison with the corresponding clean case mean. Much smaller absolute di�er-
ences between polluted and clean are obtained in the cases with a weak IAE (order of
0.01 g kg� 1).

In contrast to the changes in cloud water, rain water is neither reduced nor enhanced in
the cold subset (�gure 5.8c). The di�erences between the clean and the polluted mean are
negligible. However, a reduction from 0.09 g kg� 1 to 0.04 g kg� 1 is obtained in the warm
subset on the windward side of R2 (�gure 5.8d). Consistently, R2 shows the strongest
di�erence in accumulated precipitation between clean and polluted cases as mentioned
above. Thus, in the polluted cases of the subset with a strong IAE not only more cloud
water is formed due to warmer temperatures and stronger vertical winds, but also less is
converted to rain via autoconversion and accretion.

This �nding implies that under conditions of warm and moist air advection from the
south, e.g. from the Mediterranean region, accompanied by strong winds, the largest
e�ect of aerosols on precipitation can be expected. Such events are most frequent during
the late spring and early summer months and are often related to transport of Saharan
dust towards the Alps [Coen et al.2004]. Dust transported this far would most probably
be internally mixed. In air warm enough for immersion nucleation to be ine�cient as
in the warm subset dust would be deactivated as an IN [Hoose et al.2008a]. It would
preferably act as a CCN and hence contribute to a stronger IAE on precipitation rather
than enhance glaciation.

In the cold subset, more cloud droplets freeze via condensation/immersion freezing as a
consequence of the lower temperatures. Thus, the increase in cloud water due to slower
autoconversion and accretion is partly compensated by glaciation and subsequent aggre-
gation and consumption of cloud droplets by riming-processes. Figure 5.10a shows that
cloud ice forms more e�ciently in the subset with a weak IAE.
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In the warm subset, the average mixing ratio of cloud ice reaches a maximum of only
6 mg kg� 1 in a small ice cloud detached from the major updraft zone of ridge R2. Note
that this cloud is not formed in the clean cases (�gure 5.10b). Below this cloud, almost
no ice forms along the mountain slopes in contrast to the simulations with a weak IAE.

Hence, the formation of frozen precipitation is much stronger in the cold than in the warm
subset (�gure 5.10c{d). On average, the atmospheric mixing ratio of graupel and snow
reaches values of about 0.06 g kg� 1 in the proximity of R2 and the JFJ in the cold subset.
Consistent with the horizontal and the vertical extent of cloud ice, much smaller areas
of the domain are subject to the formation of frozen precipitation in the cases with a
strong IAE. The snow
akes and graupel particles generated here only reach the surface
near the crest of R2, causing very small contributions of frozen precipitation. Most of the
precipitation in the warm subset is falling to the surface as rain.

The di�erences in cloud droplet number concentrations between the warm and the cold
subset are consistent with those for the cloud water mixing ratio. Due to weaker hor-
izontal and, thus, vertical winds, less cloud droplets nucleate in the cold subset (�gure
5.12a). Additionally, more cloud droplets freeze in the cold subset due to stronger con-
densation/immersion freezing. Therefore, the cloud droplet number concentrations are
generally smaller in the cold subset that in the warm subset (�gure 5.12a{b). A maximum
of 140 cm� 3 is found in the polluted case mean of the subset with a strong IAE at the top
of the JFJ (R3), where cloud droplet nucleation is strongest due to the highest updraft
velocities. Another maximum is located above R2. In the subset with a weak IAE, the
maximum cloud droplet number concentration is obtained above R1 (50 cm� 3). Note that
these average values are rather small due to remote-continental aerosol concentrations in
our simulations. In addition, the averaging was performed over all gridpoints and not just
the cloudy part. The cloud droplet number concentration maximum over all 112 analyzed
simulations is 1150 cm� 3 in a polluted simulation and 140 cm� 3 in a clean simulation.
About 30% of all cloudy gridpoints in all polluted (clean) simulations have cloud droplet
number concentrations above 100 cm� 3 (20 cm� 3).

Mixed-phase clouds form between ground level and a height of 5500 m in the cold subset
(�gure 5.12c). The temperatures are within a range of -8 to -24� C in and close to the main
orographic clouds. The ice-crystal number concentrations of the mixed-phase clouds are
within 0.01 L� 1 and 1 L� 1 in the mean polluted case of the subset with a weak IAE and
up to 3 orders of magnitude smaller in the warm subset (�gure 5.12c{d). In this subset,
temperatures near the surface are too warm. Ice-crystals are only found above 2000 m
(�gure 5.12d).

An orographic wave cloud consisting only of ice is found at a distance of 400 km from
the domain edge and above 4500 m, where the temperatures are near -38� C in the mean
(�gures 5.11a and 5.12c). This cloud does neither precipitate in the clean cases nor in the
polluted cases. There, ice-crystal numbers are larger than 100 L� 1 on average, which leads
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Figure 5.12: Similar to �gure 5.8 but for (a, b) the cloud droplet number concentration [cm � 3]
and (c, d) the ice-crystal number concentration [L� 1]. The gray color scale in (c) and (d) is
logarithmic. In (c) and (d) mean di�erences between polluted and clean cases are not displayed
because they can be neglected.

to very small ice-crystals.

In order to illustrate the physical mechanism behind the formation of these clouds, we
show the ice-crystal number concentration after 12 h as a function of the corresponding
temperature at each gridpoint for the polluted cases over all 112 analyzed simulations
(�gure 5.13). Despite the large spread in the data caused by di�erences in thermodynamics,
two major peaks can be determined. The �rst peak at approximately -5� C is associated
with Hallett-Mossop ice-multiplication [Hallett and Mossop1974], which is active between
-3� C and -8� C. The corresponding 95th percentile is 10 L� 1. Note that this peak already
disappears in the 90th percentile and is not visible in the median, indicating that Hallett-
Mossop ice-multiplication is not the major process responsible for large ice-crystal numbers
in our simulations. In the range from 0� C to -20� C the median of the ice-crystal number
concentrationsN ice increases approximately log-linearly with decreasing temperature from
10� 3 L � 1 to 1 L� 1. Below -25� C N ice 
uctuates around 0.1 L� 1. Condensation/immersion
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Figure 5.13: Ice-crystal number concentration N ice [L � 1] as a function of temperature [� C] for
each gridpoint of the 112 polluted cases after 12 hours of integration. The data is summarized
to bins of 1� C width. The median and the 95th percentile (q95) of each bin are displayed at the
bin mean temperature.

freezing causes the second, much broader peak in the 95th percentile at about -30� C
and colder. Temperatures in this range are very rare in our simulations at gridpoints
where ice is nucleated. Hence, the high-level orographic wave cloud mentioned above is
a consequence of strong ice nucleation of supercooled droplets (strong updrafts, adiabatic
cooling and temperatures below -32� C).

As shown by equations (5.4{5.6), in our model the condensation/immersion freezing rate
for ice water depends on the mean cloud droplet mass, the liquid water content and
the immersion nucleation rateJIF R . The latter increases linearly with the immersion
nucleation e�ciency of the immersed ice nuclei and the Lagrangian cooling rate. The
frozen fractions of black carbon and dust as predicted from the ice nucleation scheme are
displayed in �gure 5.14 for a typical cloud droplet radius of 10� m. Measurements between -
20� C and -40� C made in the AIDA (Aerosols Interaction and Dynamics in the Atmosphere)
chamber at the Karlsruhe Institute of Technology in Germany byField et al. [2006] show
frozen fractions of dust from 0.1 to 1. For black carbon, frozen fractions from laboratory
measurements do not exceed 1%, even at temperatures below -40� C [DeMott 1990,DeMott
et al. 1999,M•ohler et al. 2005]. Consequently, the ice nucleation scheme applied here is
within the range of measurements for dust with a tendency to overpredict the frozen
fraction. In the case of BC the scheme yields too high frozen fractions at temperatures
colder than -35� C but agrees with observations above this temperature [Eidhammer et al.
2009]. The large ice-crystal number concentrations in the orographic wave cloud are a
direct consequence of freezing in the respective temperature range. Nevertheless, it has
to be noted that ice-crystal number concentrations of several hundred per Liter are not
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Figure 5.14: Frozen fraction of black carbon (BC, thin gray line) and dust (DU, thick black
line) as a function of supercooling [� C]. The results are valid for a cloud droplet radius of 10� m.

unusual under the conditions presented here, e.g.Cooper and Vali [1981]. Korolev et al.
[2003] found particle concentrations of 2{5 cm� 3 in glaciated frontal clouds. Additionally,
an empirical parameterization byVerheggen et al.[2007] based on measured data from
the JFJ yields ice-crystal number concentrations of more than 1 cm� 3 in mixed-phase
orographic clouds with an aerosol particle number of 100 cm� 3 for ice mass fractions
greater than 10%. Thus, our ice-crystal number concentrations are rather on the low side
of measurements at the JFJ.

Due to the considerable number of parameters in
uencing the freezing mechanism and,
in particular, the subsequent formation processes for graupel and snow, large variability
results for the e�ect of increasing aerosol numbers on mixed-phase cloud formation and
precipitation. There is a tendency towards an increase in precipitation in the polluted case
when the ice phase processes become dominant and, thus, if the cloud is glaciated. On the
other hand, clouds in which warm-phase processes dominate show a distinct suppression
of rainfall.

It is important to note at this point that the microphysical processes in the simulated
mixed-phase clouds strongly depend on the environmental conditions. Thus, the sign and
the magnitude of the aerosol e�ects on cloud and precipitation formation are not only
determined by the amount of aerosol present, but are also depending to a large extent on
the ambient temperature, wind speed, and humidity.
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5.4 Conclusions and discussion

In the present study, we conducted pairs of simulations with a clean and a polluted case.
The aerosol number and mass concentrations used to initialize the model represent a
climatology of winter and summer aerosol conditions in the proximity of the Jungfraujoch
(JFJ), a high ridge in the Swiss Alps. The 270 simulation pairs are characterized by large
variability in the thermodynamical initial state. We show that on average the spillover
factor (SP) is increased at the �rst two major ridges by 2.4{14.6% in the polluted cases
as a consequence of the decelerated and reduced hydrometeor formation.

Our study provides cumulative frequency distributions for the relative change in total
domain precipitation (RPD) with an average decrease in the polluted case of 36% for
total precipitation. Rain is reduced by 52% (standard deviation: 25%), frozen precipita-
tion increases on average in the polluted cases by 4%. We found a remarkably broader
distribution of RPD for frozen precipitation (standard deviation: 60%).

The cases with the strongest IAE are shown to have little contribution from cold-phase
microphysical processes. The ice phase signi�cantly in
uences the strength of the IAE
on orographic precipitation in the colder simulations. There, more e�cient riming and
aggregation, triggered by an enhancement of the condensation/immersion freezing mode,
yields slightly more frozen precipitation in the mean of the respective polluted cases. In
some simulations this is found to compensate for or even exceed the superimposed loss
of rain. We therefore suggest that the magnitude and the sign of the IAE on orographic
precipitation depends on the strength of the ice phase and particularly the freezing of
cloud droplets in the presence of ice nuclei such as mineral dust or black carbon particles.
One may argue that the IAE on precipitation is subject to seasonal variability due to the
dependence on temperature.

Limitations of the present study are (1) the semi-idealized framework and the restriction
to a 2-dimensional setup, which does not allow for 
ow around the mountain ridges. How-
ever, a 2D con�guration enables a large number of simulations. Additionally, 
ow around
the JFJ is improbable due to its geographical structure. In essence, it is a long ridge
surrounded by higher mountains. With the current setup, we cannot quantify aerosol
e�ects on 3D 
ow over the Alps. (2) Here, the quanti�cation of the IAE on orographic
precipitation is limited to the uncertainty range caused by the thermodynamical initial
conditions. It is also important to study the e�ect of di�erent aerosol mixing states. Fi-
nally, a major focus of future work in this �eld should be the quanti�cation of uncertainties
due to di�erences in the parameterization of the underlying physical processes, e.g. het-
erogeneous ice nucleation, which would have gone beyond the scope of this work. Given
the overprediction of ice nucleation for black carbon aerosols in the scheme applied here,
an adaptation of the scheme at temperatures below -35� C could be an option for future
studies. (3) The current study focusses on immersion/condensation freezing as the only
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ice-nucleating process considered. In the future, the sensitivity of other freezing modes
should be investigated as well.

In summary, we showed that the environmental conditions have a strong impact on the
e�ect of aerosols on orographic precipitation. It is the �rst study to quantify this e�ect in a
statistical sense by providing distributions of possible changes in the precipitation budget
in Alpine terrain. Previous studies based on a single control simulation and another one
with altered conditions were not able to give a conclusive statement with respect to the
sign and the magnitude of this second indirect aerosol e�ect on mixed-phase precipitation.

5.5 Appendix: Parameterization of condensation/im-
mersion freezing

The rates of change for the ice-crystal number density Nice [m� 3] and mass density Lice

[kg m� 3] are given by:

@Nice

@t
= �

L c

� w
JIF R (T) (5.4)

JIF R (T) = a b
�
ea(T0 � T ) � 1

� dT
dt

(5.5)
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=

� c + 2
� c + 1

xc
@Nice

@t
(5.6)

Here, Lc and xc are the mass density and the mean mass of cloud droplets, respectively.
� c is the shape parameter of the gamma size distribution of cloud droplets (� c = 1), � w

is the density of water. Parametera equals 1 K� 1, b is the surface-weighted average
ice nucleation e�ciency of the immersed aerosol components acting as ice nuclei. The
immersion freezing rate in the modi�ed parameterization is only calculated for negative
Lagrangian cooling ratesdT/ dt and temperatures belowT0 = 273.15 K. Note that the
original formula of Diehl and Wurzler [2004] forJIF R was adapted using exp[a(T0 - T)] -
1 instead of simply exp[a(T0 - T)] to obey the obvious no freezing boundary condition for
T �! 273.15 K [Khain et al. 2000].

Additionally, the maximum predicted crystal number concentration due to immersion
freezing is limited by the available number concentration of potentially nucleating parti-
cles in condensation/immersion freezing mode as discussed inEidhammer et al. [2009].
Therefore,b is de�ned according toMuhlbauer and Lohmann[2009] such that

b =
1
S

X

j

B j Sj , with j 2 f BC, DUg (5.7)
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B j is material-speci�c and equals 2.91� 10� 3 m� 3 for BC (soot) and 32.3 m� 3 for DU
(montmorillonite). The total surface areaSj of speciesj is given by the sum of the surface
areas of componentsj in each internally mixed modei , only taking the activated fraction
into account (Aitken mode large than 35 nm, accumulation and coarse mode). Formally,
the surface areasSj and S are

Sj =
X

i

Sj;i , and (5.8)

S =
X

j

X

i

Sj;i (5.9)

with

Sj;i = �N i r 2
j;i exp

�
2 ln2 � g;i

�
(5.10)
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3mj;i

4�� j N i

� 1
3

exp
�

�
3 ln2 � g;i

2

�
(5.11)

Here,N i denotes the prognostic aerosol number density of thei -th lognormal aerosol mode
with the geometric standard deviation� g;i . r j;i is the count median radius andmj;i the
prognostic mass density of aerosol componentj in aerosol modei .

Consequently, the ice nucleation e�ciency changes with the chemical composition of an
aerosol particle. The importance of taking the chemical composition into account for
describing the ice-nucleating ability of an aerosol has been stressed by numerous studies,
e.g.Sassen et al.[2003],DeMott et al. [2004],Cozic et al. [2007b;a].

The corresponding frozen fractions of black carbon and dust as a function of supercooling
(T0 - T) are displayed in �gure 5.14. For further explanations we refer toMuhlbauer and
Lohmann [2009].





6 Conclusions and outlook

6.1 Conclusions

6.1.1 Model evaluation

A new aerosol modeling framework based on the bulk aerosol microphysics module M7
[Vignati et al. 2004] and the two-moment cloud scheme ofSeifert and Beheng[2006]
was presented within the regional climate model COSMO-CLM. The model physics were
presented in Chapter 2. As a �rst step, the new framework was evaluated against state-of-
the-art observations of aerosol optical depth and the Angstrom exponent. In addition, the
new model framework was compared with the standard version, which does not account
for aerosol microphysics and transport and does not allow for aerosol-cloud-precipitation
interactions due to the use of a �xed climatology of aerosol optical properties.

It was shown that the model is capable of reproducing aerosol optical properties and cloud
parameters over Europe. For the aerosol optical depth good agreement was found with a
satellite composite from MODIS/MISR, both in the annual mean (0.17 for the year 2000
in both model and observations) and the annual cycle. In spring, the model overesti-
mated the peaks in AOD due to dust transport towards Central Europe. Consistently,
the AOD due to absorption was highest in spring, when southwesterly 
ow brings Saha-
ran dust across the Mediterranean. The annual mean pattern of the Angstrom exponent,
a measure of aerosol size, showed the characteristic land/sea contrast. In addition, the
model performance was illustrated with respect to day-to-day variability. Despite the use
of monthly mean emissions, the model was largely capable to reproduce the daily means
observed at a selection of AERONET stations. This �nding highlights the importance
of the meteorological forcing for aerosol removal that predominantly determines aerosol
burdens and thus AOD and the Angstrom exponent.

Furthermore, the new framework was shown to be competitive with the standard model
version with regard to its overall climatological performance (temperature and precipita-
tion biases), while providing a whole new range of applications, e.g. transient simulations
of dimming/brightening in Europe. The new framework also allows for better consistency
with the driving model ECHAM5-HAM.

111



112 6. CONCLUSIONS AND OUTLOOK

6.1.2 Simulations using di�erent aerosol climatologies

Four simulations were conducted with the standard model version di�ering only by the
use of di�erent aerosol climatologies for the computation of the direct radiative forcing of
aerosols (Chapter 3). The results with the more recent and much more realistic climatolo-
gies showed an increase of more than 20 W m� 2 (10{20%) in downward surface shortwave
radiation south of the Alps, a warming near the surface of 0.5{0.8� over land, and a cooling
of similar magnitude over water in the Mediterranean region.

While the reduction in AOD enhanced the downward shortwave radiative 
uxes, a cooling
in the mid-troposphere was found as a consequence of less heating due to absorption. This
cooling favored cloud and precipitation formation, increasing cloud fraction by roughly 3%
in the Northern half of the European model domain and increasing precipitation locally
by up to 10%.

Given these strong e�ects, there is clearly a need for regional climate modeling commu-
nities to revise their usage of aerosol climatologies for climate projections in Europe and
particularly Africa. The African Continent is strongly a�ected by changes in clear-sky
radiation due to the vast area covered by deserts.

6.1.3 Transient simulations of dimming/brightening in Europe

The new regional aerosol-climate model was used to analyze the e�ect of transient versus
climatological aerosol emissions over the ERA-40 period (1958{2001) on dimming/brighte-
ning in Europe (Chapter 4). Therefore, two reanalysis-driven simulations were performed.
The �rst simulation used transient monthly mean aerosol emissions and aerosol 
uxes at
the lateral boundaries. In contrast, the second simulation applied climatological monthly
mean emissions for the period 1958{2001. Emission 
uxes from the NIES data set were
used. The lateral boundary conditions originated from a GCM simulation with ECHAM5-
HAM at a resolution of T106, driven by an ensemble mean SST and NIES emissions for
consistency.

In the simulation with transient emissions a decline of downward shortwave radiation at
the surface until about 1970 due to increased AOD, followed by a distinct brightening
caused by reduced anthropogenic emissions was found under clear-sky conditions. The
amplitude of the brightening in Europe was 10 W m� 2.

It was illustrated that the interannual variability as well as long-term trends in all-sky SSR
were governed by the surface shortwave cloud radiative forcing. Under all-sky conditions,
the brightening onset was in 1979 for most subregions of Europe, mainly due to the fact
that around 1979 some years showed anomalously low geopotential height during sum-
mer, leading to more cloud formation in Southern and Central Europe and thus negative
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anomalies in all-sky radiation.

The di�erences in all-sky radiation between the simulation with transient emissions and
tracers and the simulation with climatological boundary conditions for the aerosols were
considerably smaller than those for clear-sky radiation. The main reason was an enhanced
cloud forcing during the brightening phase. The latter is inconsistent with the concept
of indirect e�ects, which would lead to a smaller cloud albedo and shorter cloud lifetime
during the period of reduced aerosol emissions. The reduction in aerosol absorption may
partly explain the enhanced cloud formation due to reduced solar heating and subsequent
destabilization of the atmosphere.

For the simulation with transient emissions, the brightening trends for the period 1979{
1998 were weaker than observed, mostly due to a second short dimming phase between
1990 and 1998, caused by an increased cloud fraction. Most measurement stations in Cen-
tral Europe do not show a decline in all-sky SSR during 1990{1998. The increase in cloud
fraction, however, was found in the driving ERA-40 reanalysis and also in observational
data sets, e.g. the CRU synoptic observations. Despite the good agreement since roughly
1980, the model and the driving reanalysis were shown to have substantial problems re-
garding the trends in cloud fraction between 1960 and 1970. While the model and ERA-40
suggest a strong impact of clouds on all-sky radiation (correlation of 0.87 between 5-year
running mean of cloud forcing and all-sky SSR), decreasing trends in observed cloud frac-
tion during the dimming phase until about 1985 indicate that the role of clouds may be
somewhat overestimated by the model.

6.1.4 Sensitivity study of mixed-phase orographic precipitation
in the Alps

In order to investigate the impact of di�erent meteorological conditions on the indirect
aerosol e�ects on mixed-phase orographic precipitation, a set of 270 2-dimensional simula-
tions was performed over a transect through the Alps with altered pro�les for temperature,
relative humidity and wind speed. Each sounding was used with a clean case (aerosol con-
centrations from a winter climatology at the Jungfraujoch) and a polluted case (summer
conditions).

A suppression of rainfall was found in most polluted simulations as compared to the
respective clean cases. However, frozen precipitation such as graupel or snow was found
to increase or decrease with roughly the same probability of 50%. This suggests that the
ice-phase may considerably change the signal of the indirect aerosol e�ect on orographic
precipitation.

Therefore, the 25% of all simulations with the strongest total precipitation reduction were
compared to those 25% with the smallest precipitation reduction or even precipitation



114 6. CONCLUSIONS AND OUTLOOK

increase in the polluted case. It was found that the latter are signi�cantly colder than
the previous. Hence, cloud glaciation may outbalance or even overcome the precipitation
suppression induced by aerosols on warm-phase processes such as autoconversion and
accretion. This study was the �rst to provide a statistical estimate of the uncertainty
range of indirect aerosol e�ects on orographic precipitation due to changes in temperature,
humidity and wind speed.

6.1.5 General conclusions

The complexity of aerosol-cloud interactions and their impact on regional climate calls for
well-evaluated models that are able to reproduce both microphysical and macrophysical
(cloud-dynamical) processes and radiative transfer. The new modeling framework pre-
sented here is an important step towards more complex physical representation of aerosols
and clouds in a regional climate model designed for long-term simulations that is also
applicable at cloud-resolving resolution. The study highlights the necessity to further im-
prove our knowledge regarding the manifold aerosol e�ects on the regional to local scale.
The relationship between aerosols, clouds and precipitation are highly regime-dependent,
such that the most fruitful pathway is to work through the related issues regime by regime
[Stevens and Feingold2009]. Due to the multi-scale nature of the interactions, it is crucial
to continue our e�orts in evaluating models on the process-level but also apply them on
larger timescales in order to quantify the climatological relevance of the aerosol.

6.2 Outlook

Further model development is needed with regard to the parameterization of wet deposi-
tion, convective tracer tendencies and implementation of a dynamic dust emission scheme.
The fact that the laws of aerosol and cloud physics do not arise from �rst principles asks
for sensitivity studies to quantify and reduce uncertainties in model parameters, e.g. the
refractive indices of dust or particulate organic matter or the subgrid-scale vertical ve-
locity. The sensitivity of the transient dimming/brightening signal to di�erent emission
inventories should also be investigated [e.g.de Meji et al. 2006].

The new regional aerosol-climate model allows for a wide range of scienti�c applications on
various temporal and spatial scales. A major focus of future work may be long-term climate
change scenarios, e.g. down-scaling ECHAM5-HAM realizations. As an example for an
emission scenario, the total SO2, black and organic carbon emissions from the RCP4.5
scenario for the �fth Assessment Report of the Intergovernmental Panel on Climate Change
(IPCC, http://www.ipcc.ch) are shown in Figure 6.1. The selected years are 2005, 2050
and 2100. In order to quantify the regional direct and indirect regional aerosol forcing in
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Figure 6.1: Anthropogenic emissions for the RCP4.5 scenario (http://www.iiasa.ac.at) of sulfur
dioxide (a{c), black carbon (d{f) and organic carbon (g{i). Units: g m � 2 y� 1 for BC and OC,
g(S) m� 2 y� 1 for SO2. Here, only the years 2005, 2050, and 2100 are displayed. RCP provides
decadal changes for the future scenarios. The resolution of the gridded data is 0.5� 0.5� .

accordance with IPCC, a comparison of pre-industrial versus present-day conditions may
also be performed.

Furthermore, it would be interesting to examine the e�ects of the climatologies ofTegen
et al. [1997] and that derived from the AeroCom intercomparison project [Kinne et al.
2006] with the newest version of the COSMO-CLM model, mainly with regard to the
improvement of overall climatological model performance. In addition, it is uncertain to
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what extent aerosols a�ect climatic extremes such as droughts or 
oods [Rosenfeld et al.
2008]. Further study is desirable to investigate the aerosol impact on the regional climate
of other major emitters apart from Europe, e.g. China, India, and the United States.

The process-oriented validation of the model calls for the explicit simulation of ship tracks,
industrial snow, Saharan dust events, and other excellent experiments for the whole model
system at cloud-resolving resolution (boundary layer turbulence, radiation scheme, aerosol
module, and cloud microphysics). For example, ship tracks involve all these aspects of
atmospheric science and they have been observed in great detail in the past [Stevens and
Feingold 2009], thus allowing sophisticated model evaluation.

It is therefore anticipated to move towards higher (e.g. cloud-resolving) resolution. It
would also be intriguing to investigate aerosol e�ects on the Alpine region, e.g. in time
slice experiments for present-day and pre-industrial or future conditions. The Alpine region
is mostly a�ected by anthropogenic emissions in the adjacent Po Valley and the industrial
areas in the Swiss lowland. Given the results from this thesis, e�ects on local precipitation
patterns and amounts can be expected, that may vary seasonally. So far, no studies have
been conducted to analyze the seasonality of indirect aerosol e�ects on precipitation. A
seasonality is suggested since cold conditions tend to yield more precipitation with larger
aerosol number concentrations than warm conditions, where precipitation is predominantly
suppressed.
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