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Summary

The ocean owes much of its ability to regulate the CO2 content of Earth’s atmosphere to the activity

of photosynthesising microorganisms in its sunlit surface, which take up CO2 and export it to the

deep sea in the form of organic matter. Much of this export of carbon is accomplished by diatoms,

siliceous algae that have a vital requirement for silicon (Si). Diatoms tend to flourish in dynamic

regions of the ocean that play a key role in controlling the exchange of CO2 between the ocean and

the atmosphere, with the result that the cycles of Si and carbon in the ocean are closely linked. In this

thesis, I investigate the marine Si cycle by analysing the stable isotope composition of Si dissolved

in seawater, expressed as δ30Si. The uptake of dissolved Si by diatoms in the surface ocean is

associated with the fractionation of Si isotopes, such that biological activity, which drives the cycling

of Si in the sea, produces an isotopic signal that may be used to trace the pathways and processes

by which Si is cycled within the ocean.

I begin by using simple models to illustrate some fundamental characteristics of stable isotope sys-

tems in the sea. This discussion highlights the pitfalls associated with the use of non-dimensional

models to interpret data that possess spatial structure, and suggests mechanisms that can be ex-

pected to exert control on the oceanic δ30Si distribution. Specifically, I show that physical transport

processes must play an important role in producing the gradients observed in δ30Si values, as well

as other stable isotope tracers, in the subsurface ocean.

In the second part of this thesis, I present δ30Si data from the deep Atlantic Ocean over a latitudinal

range from Denmark Strait (64° N) to Drake Passage (56° S). In Atlantic deepwaters, δ30Si values

exhibit a pronounced and systematic meridional gradient, ranging from low δ30Si values in the South

Atlantic to high values in the subpolar North Atlantic. Through analysis of the Atlantic δ30Si systemat-

ics, I show that this meridional gradient documents the quasi-conservative mixing of Si between the

two sources of deepwater in the Atlantic Ocean, North Atlantic Deep Water (NADW) and Antarctic

Bottom Water (AABW). This strong mixing control on the δ30Si distribution implies that the dissolution

of diatom opal sinking through the Atlantic water column contributes negligibly to the Si inventory

of Atlantic deepwaters. In addition, the documented quasi-conservativity also necessitates that pro-
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cesses such as boundary exchange, which have been suggested to be large sources of Si to the

ocean, do not add significant amounts of Si to the deep Atlantic Ocean.

Considering the Si mass balance of the North Atlantic in the context of the meridional overturning

circulation (MOC), I argue that the high δ30Si value of NADW reflects the transport of high δ30Si values

into the North Atlantic by thermocline- and intermediate-level watermasses in the upper return path of

the MOC. Since these watermasses, Subantarctic Mode Water (SAMW) and Antarctic Intermediate

Water (AAIW), are formed at high southern latitudes, this inference implies that the meridional Atlantic

δ30Si gradient ultimately owes its origin to diatom Si uptake and export in the surface Southern Ocean,

which fractionates Si isotopes between the upper and lower limbs of the MOC.

The third part of this thesis presents a detailed analysis of the δ30Si distribution in the thermocline

of the Atlantic Ocean. Elevated values of δ30Si are not restricted to the surface ocean, where they

are produced by biological activity, but extend to significant depths within the thermocline. Building

upon the fundamental arguments regarding oceanic stable isotope systematics introduced earlier, I

show that this observation documents that a significant proportion of Si in the upper Atlantic Ocean

is transported into the interior in its dissolved form, i.e. as a preformed component. In the context of

theories of thermocline ventilation and nutrient supply, I suggest a mechanism by which the observed

subsurface δ30Si gradient may be produced.

The final dataset presented in this thesis is from the eastern South Pacific Ocean, which is an im-

portant location for the formation of SAMW and AAIW. By analysing the δ30Si distribution from the

Antarctic Zone of the Southern Ocean (62° S) to the tropical Pacific (12° S), I trace the introduction of

high δ30Si values into the ocean interior by these watermasses. I show that high-latitude winter mixed

layers partially preserve the high δ30Si values created in the summer by diatom growth, as a result

of efficient export of diatom opal past the depth of deep winter convection. These high winter mixed

layer δ30Si values are subducted into the interior during the formation of SAMW and AAIW, and are

conserved as the watermasses transit the South Pacific to the subtropics.

Unlike the deep Atlantic Ocean, the deep Pacific Ocean shows no significant variation in δ30Si val-

ues, which remain indistinguishable from those in the deep Southern Ocean. Whilst uncertainties

stemming from contradictory literature data in the North Pacific Ocean hinder firm conclusions, the

southern and equatorial Pacific δ30Si distribution appears to indicate that deepwater δ30Si values are

not strongly altered by the dissolution of opal along their deep circulation path. This implies that

deepwater δ30Si values vary little in the absence of the introduction of a preformed δ30Si signal, such

as in the North Atlantic Ocean.

The data presented in this thesis thus bear witness to the strength of δ30Si as a tracer of the trans-

port and cycling of Si in the sea, and provide a coherent view of oceanic Si biogeochemistry that

emphasises the importance of the Southern Ocean for the marine Si cycle.



Zusammenfassung

Der regulierende Einfluss des Ozeans auf den atmosphärischen CO2-Gehalt ist zu einem grossen

Teil dem oberflächennahen Wachstum von photosynthetisierenden Mikroorganismen zu verdanken,

die CO2 aufnehmen und in Form von organischem Material in die Tiefsee exportieren. Ein Grossteil

dieses Kohlenstoffexports wird von Diatomeen bewerkstelligt – kieselige Algen, die für den Bau ihrer

Opalschalen auf Silizium (Si) angewiesen sind. Diatomeen gedeihen in dynamischen Ozeanregio-

nen die für den Austausch von CO2 zwischen Ozean und Atmosphäre massgeblich sind. Die mari-

nen Kreisläufe von Si und Kohlenstoff sind daher eng verbunden. In dieser Doktorarbeit untersuche

ich den marinen biogeochemischen Kreislauf von Si mittels der Isotopenzusammensetzung von im

Meerwasser gelöstem Silizium (δ30Si). Die Aufnahme von gelöstem Si durch Diatomeen führt zu

einer Si-Isotopenfraktionierung. Biologische Aktivität im Oberflächenozean produziert daher ein iso-

topisches Signal im Meerwasser, das zur Studie des Si-Kreislaufs eingesetzt werden kann.

Zu Beginn dieser Arbeit mache ich einige grundsätzlichen Überlegungen zur Systematik von stabilen

Isotopen im Ozean, die ich anhand von einfachen Modellen illustriere. Diese Diskussion zeigt die

Probleme auf, die durch die Anwendung von nichtdimensionalen Modellen auf Daten mit räumlicher

Stuktur auftreten, und identifiziert Mechanismen, welche die marine δ30Si-Verteilung massgeblich

beeinflussen können. Speziell weise ich darauf hin, dass physikalische Transportprozesse einen

wesentlichen Beitrag zur Erzeugung der beobachteten Variation von δ30Si-Werten im Ozeaninnern

leisten müssen.

Im zweiten Teil dieser Arbeit präsentiere ich δ30Si-Daten aus dem tiefen Atlantischen Ozean von

Dänemarkstrasse (64°N) bis Drakestrasse (56° S). Die δ30Si-Werte in atlantischen Tiefenwässern

weisen einen klaren und systematischen meridionalen Gradienten auf, von tiefen δ30Si-Werten im

Südatlantik zu hohen Werten im subpolaren Nordatlantik. Eine Analyse der atlantischen δ30Si-

Systematik zeigt, dass dieser Gradient das quasi-konservative Mischen von Si aus Nordatlantischem

Tiefenwasser (NADW) und Antarktischem Bodenwasser (AABW) dokumientiert. Das konservative

Verhalten von Silizium im tiefen Atlantik belegt, dass die Auflösung von sinkendem Opal vernach-

lässigbar wenig zum Si-Inventar der atlantischen Tiefenwässer beiträgt. Zudem weist es darauf hin,
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dass der Austausch von Stoffen an den Ozeanrändern keine signifikante Quelle von Si im tiefen

Ozean darstellt.

Eine Betrachtung der Si-Massenbilanz des Nordatlantiks im Kontext der meridionalen Umwälzzirku-

lation (MOC) deutet darauf hin, dass der hohe δ30Si-Wert von NADW einen hohen δ30Si-Wert in den

Thermoklinen- und Zwischenwässern des oberen MOC-Astes widerspiegelt, die Si in den Nordat-

lantik zuführen. Da diese Wassermassen – Subantarktisches Modewasser (SAMW) und Antarkt-

isches Zwischenwasser (AAIW) – in hohen südlichen Breiten gebildet werden, kann der hohe δ30Si-

Wert des Nordatlantiks letzendlich durch die Aufnahme und den Export von Si durch Diatomeen im

Südlichen Ozean erklärt werden, welche Si-Isotopen zwischen dem oberen und unteren Ast der MOC

fraktioneren.

Der dritte Teil dieser Arbeit beinhaltet eine detaillierte Analyse der Si-Isotopenverteilung in der at-

lantischen Thermokline. Erhöhte δ30Si-Werte werden nicht nur in der euphotischen Zone beobachtet,

wo sie durch biologische Si-Aufnahme erzeugt werden, sondern erstrecken sich auch bis in sig-

nifikante Tiefen in die Thermokline. Aufbauend auf die vorangegangenen Überlegungen zur mari-

nen Isotopensystematik dokumentiert diese Beobachtung einen signifikanten Anteil an preformed (in

gelöster Form in die Thermokline transportiertem) Silizium im oberflächennahen Si-Inventar. Unter

Berücksichtigung von Theorien zur Ventilation und Nährstoffversorgung der Thermokline stelle ich

einen Mechanismus zur Erzeugung der beobachteten δ30Si-Verteilung vor.

Im letzten Teil der Arbeit präsentiere ich einen δ30Si-Datensatz aus dem östlichen Südpazifik, der

eine wichtige Quelle von SAMW und AAIW darstellt. Durch die Analyse der δ30Si-Verteilung von der

antarktischen Zone des Südlichen Ozean bis in den tropischen Pazifik verfolge ich die Erzeugung

der hohen δ30Si-Werte dieser Wassermassen, sowie ihr Einbringen in das Thermoklineninnere. Die

hohen δ30Si-Werte, die während des australen Sommers im Oberflächenwasser der hohen südlichen

Breiten produziert werden, bleiben in den Wintermischungsschichten teilweise erhalten. Dies ist

eine Folge des effizienten Opalexports in Tiefen, die der jährlichen Konvektion nicht zugänglich sind.

Die hohen δ30Si-Werte der Wintermischungsschichten werden während der Subduktion von SAMW

und AAIW in das Thermoklineninnere eingebracht; diese bleiben während des Transports dieser

Wassermassen bis in die Subtropen erhalten.

Im Gegensatz zum tiefen Atlantik weist der tiefe Pazifik keine signifikante δ30Si-Variabilität auf. Ob-

wohl widersprüchliche Literaturdaten aus dem Nordpazifik verlässliche Rückschlüsse erschweren,

deutet die δ30Si-Verteilung im Süd- und Äquatorialpazifik darauf hin, dass die δ30Si-Werte von Tiefen-

wässern nur minim durch die Auflösung von sinkendem Opal verändert werden. Dies impliziert, dass

eine signifikante Variation von δ30Si-Werten im Tiefenwasser das Einbringen eines preformed δ30Si-

Signals wie im Nordatlantik voraussetzt.



Chapter 1

Introduction

Energy from the Sun is harnessed by photosynthetic phytoplankton – free-floating microscopic al-

gae and other simple microorganisms – in the ocean’s sunlit surface, enabling them to produce their

organic tissues from carbon dioxide (CO2) dissolved in seawater. This production of fixed carbon,

termed oceanic primary productivity, forms the nutritional basis for almost all oceanic life, whilst the

associated oxygen production supports aerobic life over the entire surface of the planet. Further-

more, the ecosystem supported by primary productivity in the surface ocean produces a sinking flux

of organic matter into the deep ocean, a biologically-driven “pump” of carbon (Volk and Hoffert, 1985)

that plays a vital role in determining that 98% of the CO2 in the ocean–atmosphere system resides

within the ocean. Due to the greenhouse properties of CO2, this strong partitioning of the exogenic

carbon inventory has important consequences for Earth’s radiative balance, and thus global climate:

it is estimated that the partial pressure of CO2 (pCO2) in Earth’s atmosphere would be about 60%

higher in the absence of this pump (Sarmiento and Toggweiler, 1984).

Phytoplankton have obligatory requirements for certain elements – macro- and micronutrients – in or-

der to photosynthesise, and thus the magnitude and distribution of oceanic primary productivity is de-

pendent on the distribution of dissolved nutrients within the accessible near-surface ocean (Falkowski

et al., 1998). These distributions are, in turn, the result of the interaction between the ocean’s circula-

tion, which transports dissolved nutrients through the global ocean, and biogeochemical processes,

which remove nutrients from the surface ocean and export them to the deep. The global oceanic

cycles of nutrients and carbon are thus controlled by a complex series of interacting processes, the

unravelling of which is necessary to understand how the ocean modulates atmospheric pCO2 (Ito and

Follows, 2005), how it has reacted to changes in external forcing in the past (Sigman et al., 2010),

and how it is likely to do so in the face of the current anthropogenic climate perturbation (Sarmiento

et al., 2004b). This thesis employs the tools of isotope geochemistry to investigate the oceanic cycle

of silicon (Si), a nutrient that is particularly relevant for the oceanic carbon (C) cycle. The pathways

1



CHAPTER 1. INTRODUCTION 2

and processes by which Si is cycled through the ocean are elucidated through the analysis of the

stable isotope composition of silicic acid, its dissolved form in seawater.

1.1 Oceanic nutrient cycles

The oceanic distributions of dissolved nutrients can be understood as a dynamic equilibrium between

the creation of spatial concentration gradients due to biological activity, and their erosion by ocean

mixing processes (Gruber and Sarmiento, 2002). The importance of the dynamics of the ocean sys-

tem in maintaining this balance is illustrated by the fact that, in the absence of replenishment from

the deep, biological export of particulate matter would deplete the upper ocean of nutrients within

approximately 50 years1. Conversely, without biological drawdown, ocean models indicate that the

surface ocean nutrient distribution would begin to resemble that of the underlying thermocline within

a decade (Sarmiento and Gruber, 2006). Thus, global oceanic nutrient distributions reflect a steady

state in which the downward export of particulate organic matter is balanced by an upward flux of dis-

solved nutrients. Where and how dissolved nutrients are returned to the near-surface ocean depends

on the mechanisms and pathways by which dense, nutrient-rich deepwaters are brought towards the

surface in the ocean’s meridional overturning circulation (MOC; Fig. 1.1). Thus, the replenishment

of nutrients in the near-surface – one side of the balance that cycles nutrients through the ocean

– is strongly dependent upon the nature of the physical circulation. This necessitates that the bio-

geochemical cycling of nutrients in the ocean be viewed in the context of its circulation, and thus

conceptual models of ocean biogeochemistry have evolved with changing physical oceanographic

paradigms. In the following, I provide a brief history of this evolution, which also allows the introduc-

tion of key concepts that will be referred to throughout this thesis.

1.1.1 Classical paradigms of ocean circulation and biogeochemical cycling

A major feature of the ocean’s structure is its permanent thermocline, a region of enhanced verti-

cal temperature, salinity and density gradients that extends across the upper 1 km of the ocean at

mid- to low latitudes (Locarnini et al., 2010). Robinson and Stommel (1959) presented a theory of

the oceanic thermocline that interpreted it as the result of a vertical diffusive–advective balance be-

tween warm surface waters and cold waters of the abyss. Following this theory, the classical ocean

circulation models of Stommel (1958) and Stommel and Arons (1960) assumed that while dense wa-

ter is added to the deep ocean at localised deepwater formation regions in the North Atlantic and

Southern Ocean, it is removed through a uniformly-distributed upwelling across the thermocline. This

1assuming, following Palter et al. (2010), a thermocline phosphate inventory of 150 Tmol and an export flux of 3 Tmol/yr.
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a

b

Figure 1.1: Two schematic representations of the meridional overturning circulation by (a) Schmitz (1996a) and (b) Lumpkin
and Speer (2007). In panel b, colours correspond to neutral density (γn) ranges: red, γn < 27.0; yellow, γn = 27.0–27.6;
green, γn = 27.6–28.15; blue, γn > 28.15. These correspond to upper, intermediate, deep and bottom waters respectively.
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a

b

Figure 1.2: Two representations of the Global Ocean Conveyor. From (a) Broecker and Peng (1982) and (b) Broecker
(1987, by Joe Le Monnier, Natural History Magazine).
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physical model thus implies a widespread communication between the deep and the near-surface

ocean, such that surface primary productivity can be supported by a nutrient transfer directed ver-

tically everywhere in the ocean, with nutrients being supplied by the diffusive–advective balance of

upwelling and turbulent mixing that maintains the oceanic thermocline. This concept is an important

component of the “Global Ocean Conveyor Belt” (GOCB; Broecker and Peng, 1982; Broecker, 1987,

1991). The GOCB, represented schematically in Figs. 1.2 and 1.3a, is a conceptual model that aims

to explain the fact that oceanic deepwaters become increasingly nutrient-rich from the North Atlantic

to the North Pacific Ocean. In accordance with Stommel and Arons (1960), this model assumes that

some of the deepwater formed in the North Atlantic is continually lost to upwelling along the deep

circulation path. However, since upwelled waters are exposed to biological activity at the surface,

their nutrients are stripped out and re-exported to depth along their surface transit to the North At-

lantic. This constant export flux of nutrients, together with the directed transport towards the North

Pacific, progressively enriches deepwaters in nutrients (Fig. 1.3a). The GOCB paradigm thus inter-

prets deep interbasin nutrient gradients as a dynamic equilibrium between the advective transport of

nutrient-poor North Atlantic waters towards the North Pacific and a lateral diffusive mixing flux that,

due to the concentration gradient, is directed towards the North Atlantic (Broecker and Peng, 1982).

The explanatory potential of this simple concept, together with the powerful image of the conveyor

belt (Fig. 1.2b), resulted in it becoming the dominant paradigm in ocean biogeochemistry for al-

most three decades. However, the GOCB relegates a vital feature of the abyssal ocean to a minor

role: the formation of Antarctic Bottom Water (AABW) in the Southern Ocean is conceptualised

simply as a “recooling” (Fig. 1.2a) of North Atlantic Deep Water (NADW), even though this water

mass possesses very different biogeochemical properties to that of NADW, such that its spreading in

the abyssal ocean strongly influences biogeochemical tracer fields at depth (Broecker, 1974, 1979;

Broecker et al., 1985, 1991). More fundamentally, numerous observations were at odds with the

uniform upwelling envisaged by Stommel and Arons (1960), and thus with the physical basis for the

GOCB. Worthington (1977) highlighted the fact that the Si-depleted upper waters leaving the Pacific

for the North Atlantic (Fig. 1.2) could not be fed by the upwelling of Si-rich Pacific deepwaters unless

vast amounts of opal sediment were deposited in the Pacific, contrary to observations. In addition,

a diffusive thermocline sensu Robinson and Stommel (1959) requires strong turbulent mixing across

density surfaces in the thermocline, i.e. a large value of diapycnal diffusivity κv . Tracer studies be-

gan to indicate that there was little observational support for strong diapycnal mixing: Rooth and

Östlund (1972) drew upon the distribution of tritium in the subtropical North Atlantic thermocline to

argue that diapycnal mixing is minor compared to lateral exchange processes associated with the

formation of thermocline watermasses (see also Fine et al., 1981), a concept suggested by Welander

(1959) that was formalised by the ventilated thermocline theory of Luyten et al. (1983). In the early
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1990s, additional observational support for low diapycnal mixing in the open ocean thermocline came

from deliberate conservative tracer release experiments (e.g. Ledwell et al., 1993, 1998; Law et al.,

2001) and direct measurements of ocean microstructure (e.g. Toole et al., 1994; Polzin et al., 1995).

These studies demonstrated that, contrary to the assumption of Stommel and Arons (1960), turbu-

lent diapycnal mixing in the open ocean thermocline is an order of magnitude too small to support

the observed magnitude of dense-to-light water transformation associated with the MOC. Thus, an

alternative means of dense-to-light water transformation must exist.

b

Figure 1.3: Conceptual models of the controls on oceanic nutrient distributions from Sarmiento et al. (2007). Panel a is
a representation of Broecker and Peng’s (1982) GOCB, while panel b represents the model presented by Sarmiento et al.
(2004a, 2007). See text for details.

1.1.2 Southern Ocean winds and a new biogeochemical paradigm

An alternative mechanism of upwelling ocean deepwaters was provided by Toggweiler and Samuels

(1993a; 1993b), based on their analysis of the Pacific radiocarbon (∆14C) distribution. They showed

that numerical ocean models of the time, which upwelled deepwaters into the low-latitude thermo-

cline, produced a ∆14C distribution that is inconsistent with observations. The most realistic ∆14C

distribution was produced by a model configuration where Pacific deepwaters were returned to the

Southern Ocean at mid-depth, rather than upwelling to the surface. Toggweiler and Samuels (1993a;

1993b) proposed that most deepwater upwelling occurs in the Southern Ocean, driven ultimately by

the divergent Ekman transport produced by the strong westerly winds that encircle Antarctica. This

view was later summarised in a schematic diagram by Toggweiler et al. (2006), shown in Fig. 1.4.

The waters upwelled to the surface are transported to the north and south in the surface Southern

Ocean by Ekman transport. In the far south, the upwelled waters experience buoyancy loss along

the Antarctic shelf and sink to ultimately form Antarctic Bottom Water. The upwelled waters that
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Figure 1.4: Toggweiler et al.’s (2006) cartoon representation of the ocean circulation, separated into two “loops” that upwell
to the surface in the Southern Ocean.

are transported northward gain heat and freshwater, which decreases their density, such that, when

subducted, they enter the interior as intermediate or mode waters, as illustrated in Figure 1.4.

As can be drawn from Fig. 1.4, this mechanism of deepwater upwelling implies a radically different

transport of dissolved nutrients through the ocean from that envisaged by Broecker and Peng (1982).

In such a regime, nutrients in the oceanic thermocline are not replenished directly from the deep

ocean, but are rather heaved upwards in the Southern Ocean and supplied to the thermocline via

a more circuitous route through the surface Southern Ocean, where they are exposed to biological

activity. This route means that biological utilisation of nutrients in the surface Southern Ocean plays

an important role in determining the supply of nutrients to the rest of the surface ocean, with con-

sequences for the magnitude of primary productivity that can be supported, as well as its ecological

composition. Sarmiento et al. (2004a) provided strong support for this mode of nutrient transport

by analysing the oceanic distribution of a novel tracer, Si*, which they defined as the difference be-

tween the concentrations of silicon, Si, and nitrate, NO3, in a water parcel2. Sarmiento et al. (2004a)

showed that the unique negative Si* signature of Subantarctic Mode Water (SAMW, Fig. 1.4), which

documents a deficit in Si relative to NO3, is transmitted to the oceanic thermocline everywhere ex-

cept in the North Pacific. Sarmiento et al. (2007) argued that this is due to the exceptionally high opal

production in the Southern Ocean, which shunts Si (and, to a smaller degree, other macronutrients)

from the surface to the deep Southern Ocean (i.e. from the red to the blue loops of Fig. 1.4), thereby

trapping Si within the Southern Ocean. Their conceptual model, which emphasises the importance

of localised upwelling in the Southern Ocean (and, to some extent, in the North Pacific) is able to

2i.e., Si∗ = Si− NO3.
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Figure 1.5: A representation of the key features of the analytical model of Gnanadesikan (1999b). D is the depth of the
oceanic pycnocline that separates light upper ocean waters from dense abyssal waters. See text for details.

explain the observed subtle variations in the relative enrichment of Si and NO3 in the deep ocean

from the simple relationship expected based on the Global Ocean Conveyor Belt paradigm (Fig. 1.3a

Broecker and Peng, 1982).

1.1.3 The ocean’s dynamic balance: a simple model

The discussion above has described two contrasting conceptual models of how nutrients are trans-

ported through the ocean. These two models differ because the physical paradigms they are based

upon assume different driving mechanisms of the MOC: the classical model of Broecker and Peng

(1982) relies largely on uniform upwelling of deepwaters to the surface produced by downward di-

apycnal mixing of heat, whilst the revised model of Sarmiento et al. (2004a, 2007) restricts deep

upwelling largely to the Southern Ocean, where it is directly driven by winds. In actual fact, consid-

ering the energy required to drive the overturning circulation, it appears likely that both wind-driven

upwelling and diapycnal mixing contribute to the MOC (Wunsch and Ferrari, 2004; Kuhlbrodt et al.,

2007). Thus, in order to understand how the ocean circulation transport nutrients, supports biological

activity in the surface, and interacts with it to produce the observed biogeochemical tracer fields, we

require a framework that considers both these driving mechanisms. Such a framework is supplied by

the simple analytical model of Gnanadesikan (1999b).

As shown in Fig. 1.5, Gnanadesikan’s (1999b) model interprets the depth D of the oceanic pycno-

cline, which separates the light waters of the upper ocean from the dense waters of the deep, as a

function of a few key processes within the ocean: the formation of deepwaters in the North Atlantic,

the wind-driven upwelling of deepwaters and their northward Ekman transport in the Southern Ocean,

the southward eddy-induced advection of light waters, and low-latitude deepwater upwelling. Waters

that sink in the North Atlantic can return to the surface by the two pathways discussed in Sections

1.1.1 and 1.1.2 (Fig. 1.5). Firstly, diapycnal mixing within the thermocline results in a downward heat
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flux, which lightens the dense waters and produces an upwelling flux through the thermocline (i.e.

following Robinson and Stommel (1959)). Secondly, the wind stress acting on the surface South-

ern Ocean produces a surface Ekman transport divergence that drives the upwelling of deepwaters,

which are converted to lighter waters at the surface (i.e., following Toggweiler and Samuels (1993b)).

Gnanadesikan (1999b) showed that the partitioning of deepwater upwelling between these two path-

ways depends on the importance of both diapycnal mixing and the advective (“bolus”) effects of

eddies, represented by the diapycnal and isopycnal eddy diffusivities κv and AI respectively. When

κv and AI are negligible, both low-latitude upwelling and the eddy return flow are minimal (Fig. 1.5),

such that deep upwelling is driven by the Ekman transport in the surface Southern Ocean, as pro-

posed by Toggweiler and Samuels (1993b; 1995; 1998). If, on the other hand, AI is large enough that

the southward advective eddy transport in the Southern Ocean compensates the northward Ekman

transport, most upwelling of deepwater takes place at low latitudes (Stommel, 1958; Stommel and

Arons, 1960). This simultaneously requires a large κv in the pycnocline, in order to maintain the

observed depth of the oceanic pycnocline in the face of a large upwelling flux.

This simple model thus makes an important point: the pathways by which dissolved nutrients in

dense waters of the deep ocean return to the surface ocean to support primary productivity depend

on the vigourousness of turbulent mixing across and along density surfaces (κv and AI). There is

no consensus on the relevant values of these parameters for the real ocean (Holloway, 1986; Olbers

and Wenzel, 1989; Ledwell et al., 1998; Munk and Wunsch, 1998; Toggweiler and Samuels, 1998),

which results in uncertainties in the main pathways of the MOC and associated nutrient transport. As

mentioned in Section 1.1.1, tracer release experiments and microstructure measurements find low

values of κv (O(10−5 m2/s)) in the pelagic thermocline, a value that is small enough to require sig-

nificant wind-driven upwelling in the Southern Ocean. However, Munk and Wunsch (1998) argue on

the basis of the abyssal stratification that basin-average diapycnal diffusivities are considerably larger

(O(10−4 m2/s)) due to strong boundary mixing (e.g. Polzin et al., 1997). Low values of diapycnal

diffusivity are supported both by model sensitivity studies constrained by observations of export pro-

duction and biogeochemical tracer distributions (Gnanadesikan and Toggweiler, 1999; Gnanadesikan

et al., 2002, 2004; Schmittner et al., 2009), and by observations of the thermocline ∆14C distribution

(Toggweiler et al., 1991), whilst the distribution of the biogeochemical tracer Si* provides strong sup-

port for a Southern Ocean source of nutrients to the thermocline (Sarmiento et al., 2004a). However,

other syntheses of observational hydrographic data (Talley et al., 2003; Talley, 2008) would appear to

support a diapycnal diffusivity ofO(10−4 m2/s). A recent modelling study took into account the uncer-

tainty in upwelling pathways implied by these various studies (Palter et al., 2010), and estimated that

nutrients supplied from the Southern Ocean via SAMW support anywhere between 33% and 75% of

low-latitude primary productivity.
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To sum up, whilst considerable recent advances have been made and novel ideas have been pro-

posed within the last decade that have provided a new view of the cycling of nutrients within the

ocean, significant uncertainties regarding the pathways of oceanic nutrient transport remain that are

intimately linked to our incomplete understanding of the dynamics of the meridional overturning cir-

culation.

Table 1.1: Fluxes associated with the marine Si cycle, as presented by Tréguer et al. (1995).

Flux source Tmol Si yr−1

Inputs
Riverine 5.0±1.1
Aeolian 0.5±0.5
Seafloor weathering 0.4±0.3
Hydrothermal 0.2±0.1
Total inputs 6.1±2.0
Outputs
Coastal 1.2±0.7
Abyssal 5.9±1.1
Total outputs 7.1±1.8
Biological fluxes
Opal production 240±40
Opal export 120±20
Ratio internal cycling:inputs 23–53

1.2 The marine Si cycle

The discussion in Section 1.1 has focused on large-scale interrelationships that apply to all dissolved

nutrients, but also highlighted the fact that Si behaves differently from other oceanic macronutrients

(Section 1.1.2). In the following, I briefly introduce the marine Si cycle and, without attempting an

exhaustive review of the literature, discuss some key features of its marine cycle that lead to its

singular behaviour and coupling to the carbon cycle in the ocean.

1.2.1 Fundamentals

The global ocean contains about 1017 moles of dissolved Si in the form of monomeric orthsilicic

acid (Si(OH)4; Iler, 1979; Stumm and Morgan, 1981), corresponding to an average concentration

of 71 µM (Tréguer et al., 1995). Inputs of Si to the ocean, which are primarily riverine (see Table

1.1), contribute about 6×1012 mol Si per year, yielding a residence time of Si in the ocean of about

15,000 years (Tréguer et al., 1995; DeMaster, 2002, 2009). In the absence of biological cycling, Si

concentrations would thus be essentially constant throughout the ocean, varying only with seawater

salinity. In fact, they range from <1 µM in the low-latitude surface to >170 µM in the mid-depth North
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Figure 1.6: Global depth sections of (a) Si concentration and (b) NO3 concentration. The sections begin in the North
Atlantic on the left, reach the Southern Ocean in the centre, and continue towards the North Pacific on the right. Silicon
concentrations display sharp lateral gradients around the Southern Ocean, and are low in the upper 1 km of the water
column, increasing only slowly with depth, unlike NO3 concentrations. Marked similarities also exist between the two
distributions, such as the low-nutrient tongue of North Atlantic Deep Water extending southwards from the North Atlantic
at around 3000 m depth, and the higher nutrients extending northwards at intermediate Atlantic depths, associated with
Antarctic Intermediate Water. From Sarmiento and Gruber (2006), using data from the CLIVAR and Carbon Hydrographic
Data Office (http://cchdo.ucsd.edu/).
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Pacific (Garcia et al., 2010b), as is to be expected for an element that is cycled vigorously through

the ocean3 (Section 1.1.2). The biogenic flux of particulate Si out of the surface ocean is estimated

to be 120×1012 mol/yr (Nelson et al., 1995; Tréguer et al., 1995), such that the fluxes associated with

the biological cycling of Si within the ocean are 20 times larger than the fluxes of Si into the ocean.

Figure 1.6a shows the distribution of dissolved Si in the ocean in a section from the North Atlantic,

through the Southern Ocean, to the North Pacific. A comparison with the NO3 distribution in Fig.

1.6b reveals both similarities and clear differences, highlighting the fact that Si does not behave iden-

tically to other macronutrients. The two distributions are most similar at the large scale, exhibiting a

tongue of low concentrations extending throughout the mid-depth deep Atlantic, a shoaling of isolines

in the Southern Ocean, and a mid-depth maximum in the deep Pacific. These are features that are

controlled by the circulation processes discussed in Section 1.1 (see also Levitus et al., 1993). How-

ever, in other aspects the distributions are remarkably different: unlike the rapid increase of NO3 with

depth away from the surface, Si concentrations remain relatively low throughout the upper 1 km of

the water column, except in the equatorial and northern Pacific. Conversely, Si concentrations show

a much sharper lateral gradient around the Southern Ocean, especially within the upper ocean, but

also extending to depth. There is, in fact, a general enhancement in the lateral or interbasin con-

centration gradient of Si relative to NO3 in the deep ocean: Si concentrations increase around 6.5

times more strongly than NO3 concentrations between the North Atlantic and the North Pacific, with

a significant local Si maximum in the Southern Ocean. Thus while the similarities between the two

nutrient distributions can be related to the large-scale circulation, the observed differences must have

their ultimate origin in biogeochemical processes that differentiate between Si and other nutrients.

These are discussed in the following.

1.2.2 The relationship between diatom ecology and Si and C biogeochemistry

In the ocean, Si is utilised almost exclusively4 by a single group of photosynthetic phytoplankton,

diatoms (Bacillariophyceae), which take up silicic acid to form their opaline cell walls, called frustules

(Del Amo and Brzezinski, 1999). The metabolic and morphological response of diatoms to environ-

mental stress factors results in increased silicification, such that diatoms that are stressed – e.g. by

grazing pressure, low light or paucity of micronutrients such as iron – have higher ratios of Si to or-

ganic tissue (e.g. Brzezinski, 1985; Takeda, 1998; Claquin et al., 2002; Marchetti and Harrison, 2007;

Pondaven et al., 2007; Marchetti and Cassar, 2009).

3These concentrations additionally show that the ocean is strongly undersaturated with respect to opal over its entire
depth, given an opal solubility of 900–1500 µM (Sarmiento and Gruber, 2006).

4Silicon is also utilised by other planktonic organisms such as dinoflagellates and radiolaria, and by benthic organisms,
such as siliceous sponges. However, these can be neglected to first order, due to the dominant influence of diatom uptake
and export on oceanic Si fluxes (Nelson et al., 1995; Tréguer et al., 1995; Ragueneau et al., 2000; DeMaster, 2009).
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The ecological strategy of diatoms plays an important role in determining their importance for oceanic

carbon export and for the oceanic distribution of Si. In nutrient-replete conditions, diatoms have

a strong competitive advantage and tend to dominate the phytoplankton assemblage (Ragueneau

et al., 2000, and references therein). This is likely the combined result of the reduced energetic re-

quirement of producing their silica frustules compared to an organic cell wall (Raven, 1983), reduced

grazing mortality due to their relatively large cell size and the protection afforded by their frustule

(Smetacek, 1999; Pondaven et al., 2007), and their ability to rapidly take up and store nutrients within

their cell vacuoles, depriving competing organisms of nutrients while allowing their own rapid growth

(Raven, 1983; Falkowski et al., 2003). Diatoms thus tend to flourish in dynamic physical settings

that provide turbulent pulses of nutrients (Margalef, 1978; Tozzi et al., 2004; Armbrust, 2009), whilst

their large cell size (and thus low surface area to volume ratio) is a disadvantage in nutrient-depleted

waters. Thus, nutrient-replete biomes such as coastal upwelling zones and regions of upwelling in

the open ocean, such as the Southern Ocean, select for diatoms (Follows et al., 2007; Dutkiewicz

et al., 2009). In such regions, diatom populations follow strongly seasonal bloom–dump patterns, with

rapid growth followed by population collapse, aggregation and sinking once the bloom has depleted

surface nutrients (e.g. Smetacek, 1985).

This combination of the restriction of diatoms to regions of strong upward water flux and their ten-

dency to sink rapidly out of the surface upon death results in a “trapping” of dissolved Si within regions

of upwelling such as the Southern Ocean5 (Fig. 1.6). It is also an important factor in determining the

important role that diatoms play in the soft-tissue pump of carbon to the deep sea (Smetacek, 1999;

Dugdale and Wilkerson, 2001; Dunne et al., 2005; Jin et al., 2006), although the relationship between

diatom production and carbon export is not simple. In his review of the oceanic export efficiency of

carbon, Buesseler (1998) found that efficient carbon export from the surface ocean is associated with

blooms formed by diatom-dominated ecosystems. This is consistent with the suggestions by Dugdale

et al. (1995) and Dugdale and Wilkerson (1998) that new and export production are regulated by the

supply of Si that supports diatom production in the equatorial Pacific.

Ragueneau et al. (2000) documented that although Si:C ratios of export vary considerably between

ocean regions, a systematic correlation exists between the export fluxes of Si and C within ocean re-

gions, with a systematic increase in Si:C ratios from the Si-poor Atlantic to the Si-rich Southern Ocean

and North Pacific (Fig. 1.7). This led them to suggest an extension of the hypothesis of Dugdale et al.

(1995) to the entire ocean, i.e. that the supply of Si regulates C export via its control on diatom pro-

duction. Similarly to Goldman (1988), Buesseler (1998) and Smetacek et al. (2004), they suggested

that, amongst other factors, the nature of the food web structure associated with diatom-dominated

5In the Southern Ocean, this effect is amplified by the fact that diatoms are heavily silicified due iron- and light-limitiation
(e.g. Chisholm and Morel, 1991).
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Figure 1.7: Relationship between Si and C export fluxes in a wide range of ocean regions. Note the low Si:C ratios of
export in the Atlantic Ocean, and high ratios in the Southern Ocean and North Pacific. From Ragueneau et al. (2000).

ecosystems may play a significant role in governing this connection. As exported particulate matter

sinks, its Si:C ratio increases in the mesopelagic (Ragueneau et al., 2002), producing a decoupling

between Si and C that is possibly related to the mesopelagic foodweb that feeds on sinking organic

matter (Ragueneau et al., 2006). This decoupling of Si and C appears to be at least partially coun-

teracted by the tendency of diatoms to form rapidly-sinking aggregates that efficiently transport opal

and organic matter to depth (Ragueneau et al., 2006; Loucaides et al., 2011).

Thus, the above brief discussion highlights the fact that the singularity of the marine Si cycle, and

its coupling to that of carbon, is at least partially the result of the peculiarities of the ecological spe-

cialisation of diatoms: their opportunistic bloom–dump behaviour (Smetacek, 1985; Buesseler, 1998;

Ragueneau et al., 2006), their tendency to form aggregates that sink rapidly through the water col-

umn (Alldredge and Gotschalk, 1989; Nelson et al., 1995), their biomineralisation response to graz-

ing (Pondaven et al., 2007) and growth-rate limitation (Martin-Jézéquel et al., 2000, and references

therein), and their large cell size, which favours their packaging within the rapidly sinking-faecal pel-

lets of larger heterotrophs (Ragueneau et al., 2000). This strong export tendency (Dugdale et al.’s

(1995) “silicate pump”) combines with the physical circulation processes discussed in Section 1.1

to produce the observed oceanic Si distribution; in this thesis, I attempt to tease apart these two

influences by examining the stable isotope composition of dissolved Si in the sea.



CHAPTER 1. INTRODUCTION 15

1.3 Silicon isotope geochemistry

Silicon, a tetravalent metalloid with atomic number 14, is the second-most abundant element in

Earth’s crust after oxygen. It possesses three stable, non-radiogenic isotopes with nominal atomic

masses 28, 29 and 30. These isotopes are present in terrestrial materials in the approximate abun-

dances 92.2%, 4.7% and 3.1% respectively (Rosman and Taylor, 1998).

The differences in isotope mass result in systematic differences in their behaviour during chemical

reactions and certain physical processes6 (Bigeleisen and Mayer, 1947; Urey, 1947; Bigeleisen,

1949a; Bigeleisen, 1955, reviewed in Young et al., 2002), a process commonly known as mass-

dependent isotope fractionation. Such isotope fractionation may be the result of mass-dependent

differences in the vibrational energy of bonds formed by the isotopes of an element (equilibrium

isotope fractionation) or be due to differences in their rates of reaction (kinetic isotope fractionation).

The mass-dependent isotope fractionation associated with a chemical reaction A ⇀↽ B or A → B

can be characterised by its fractionation factor α, defined as α = RB/RA, where RA and RB are the

isotope ratios in the phase A and B, respectively. Since fractionation factors are generally numbers

very close to unity, they are often expressed as the isotope effect ε (in ‰), given by the approximate

relationships ε ≈ 1000 ln α or ε ≈ (α− 1)× 1000.

Due to mass-dependent fractionation processes, the isotope composition of Si varies in different

materials on Earth (Reynolds and Verhoogen, 1953; Douthitt, 1982; Ding et al., 1996; De La Rocha

et al., 1997, 2000; Opfergelt et al., 2008; Georg et al., 2009) as well as in the Solar System (Epstein

and Taylor, 1970; Georg et al., 2007; Fitoussi et al., 2009; Armytage et al., 2011). These variations

are usually expressed in the delta notation as δ30Si, which is the deviation of the 30Si/28Si ratio in a

material from that of the standard reference material NBS28 (NIST RM8546), expressed in parts per

thousand:

δ30Si (in ‰) =




(
30Si
28Si

)
sample(

30Si
28Si

)
NBS 28

− 1


× 1000

As can be drawn from this definition, a positive δ30Si value indicates that a given material is enriched

in the higher-mass isotopes relative to the reference, whilst negative δ30Si values indicate a depletion.

The δ30Si value of the Bulk Silicate Earth is estimated to be −0.29 ± 0.08‰ (Fitoussi et al., 2009;

Savage et al., 2010). Terrestrial δ30Si values in nature range from about −6‰ to +3‰ (Fig. 1.8), with

the lowest values observed in silcretes (Basile-Doelsch et al., 2005) and the highest in dissolved Si

in rivers and surface ocean waters (Ding et al., 2004; Reynolds et al., 2006a).

6such as diffusion (Criss, 1999).
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Figure 1.8: A summary figure indicating the observed range of δ30Si values in terrestrial materials (from Reynolds, 2011).

1.3.1 Oceanic Si isotope systematics

In this section, I introduce the processes relevant to the marine Si cycle that produce mass-dependent

Si isotope fractionation, and summarise observations of δ30Si values of seawater and key sources of

Si to the sea published in the literature up to the commencement of this thesis in 2007.

Fractionating processes

There are three processes that are known to fractionate Si isotopes in the ocean. The uptake of Si

by diatoms during the formation of their frustules is associated with an isotope effect ε of approxi-

mately −1.1‰ (De La Rocha et al., 1997; Milligan et al., 2004; Varela et al., 2004), such that diatom

frustules possess a lower δ30Si value than the seawater they grow in. Based on the absence of a

detectable dependence on temperature (12° C–22° C; De La Rocha et al., 2000) and growth rate

(Milligan et al., 2004), it has been suggested that this is the result of a kinetic isotope effect related

to transport of silicon across the cell membrane (Milligan et al., 2004). The isotope effect associated

with the dissolution of diatom frustules in seawater has been estimated at −0.55‰ independent of

temperature (3° C–22° C) and dissolution rate (Demarest et al., 2009), whilst Si uptake and spicule

formation by benthic siliceous sponges is associated with a large and variable isotope effect of up to

−4‰ (De La Rocha, 2003; Wille et al., 2010). Of these three processes, it is the fractionation of Si

isotopes during Si uptake by diatoms that is the most important control on seawater δ30Si values, as

the following brief history of δ30Si observations will show.



CHAPTER 1. INTRODUCTION 17

Observations of seawater δ30Si

The discovery that the fractionation of Si isotopes by diatoms appears to be independent of both

species and temperature (De La Rocha et al., 1997) awakened hopes that the record of δ30Si values

in diatom opal sediment could be used to reconstruct the past nutrient state of the surface ocean

(De La Rocha et al., 1998, cf. Altabet and François, 1994). Refining the use of this sedimentary

geochemical record required a better understanding of the Si isotope system in the oceans. Towards

this goal, De La Rocha et al. (2000) attempted to characterise the δ30Si values of Si sources to the

ocean, as well as the δ30Si distribution within the ocean. They analysed Si isotope compositions

of a number of major & minor rivers as well as hydrothermal fluids from the East Pacific Rise, and

published the first seawater δ30Si data from a number of sites in the global ocean (Fig. 1.9). De La

Rocha et al.’s (2000) riverine data indicated that dissolved Si in rivers possesses a higher δ30Si value

(+0.4‰ to +1.2‰, averaging +0.8 ± 0.3‰)7 than igneous silicate materials (−0.3‰), the ultimate

source of riverine Si. Hydrothermal fluids (n = 2), however, are similar to igneous silicates (−0.2‰ to

−0.4‰). On the basis of this data and the source partitioning of Tréguer et al. (1995), De La Rocha

et al. (2000) estimated a δ30Si value for Si input to the ocean of +0.6‰.

The seawater δ30Si analyses of De La Rocha et al. (2000) were restricted to waters with Si concen-

trations, [Si], above 10 µM, which excludes most near-surface and surface waters. Nonetheless, they

were able to show that seawater δ30Si values increase towards the surface, up to values of +1.7‰

in the euphotic zone of the Californian coastal upwelling. They attributed this increase to Si isotope

fractionation by diatoms, which preferentially incorporate the light isotopes of Si into their frustules

and export this low δ30Si signature to depth, leaving seawater enriched in the heavier isotopes. In

addition, De La Rocha et al. (2000) were able to show that δ30Si values in deep seawater decrease

from values of about +1.3‰ in the North Atlantic to about +0.9‰ in the North Pacific, which they inter-

preted to be related to the cumulative effect of opal dissolution along the “ocean conveyor” (Broecker,

1987).

Strong support for a major control of diatom Si uptake on seawater δ30Si values came from Varela

et al. (2004), who studied the latitudinal variation of δ30Si values in the surface Southern Ocean

(70°S to 50°S along 170°W; Fig 1.9). They showed that the strong [Si] gradients across Southern

Ocean fronts, associated with the enhanced drawdown of Si by heavily silicified diatoms (Brzezinski

et al., 2003), are associated with significant gradients in the δ30Si value of dissolved Si. Values of

δ30Si increased systematically with decrease in [Si], from +1.6‰ south of the Southern ACC Front to

+3.1‰ just south of the Antarctic Polar Front. The δ30Si systematics of these surface waters, together

with analyses of simultaneously sampled biogenic silica, confirmed that natural diatom assemblages

7Georg et al. (2006a) arrived at a similar average δ30Si value of +0.8±0.2‰ (1σSD) for four rivers in the Swiss Alps,
although Ding et al. (2004) found δ30Si values as high as +3.4‰ in the Chang Jiang.
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Figure 1.9: Distribution of published seawater δ30Si data in 2007, along with schematic representations (grey lines
and dots) of the cruise tracks and stations from which samples were obtained for this thesis. Published data are from
De La Rocha et al. (2000, squares), Varela et al. (2004, green line), Cardinal et al. (2005, diamonds) and Reynolds et al.
(2006a, circles) and are colour-coded according to whether samples were collected over the entire water column (red), the
mesopelagic (blue) or the surface (green).

fractionate Si isotopes to a similar degree to that observed in the laboratory (De La Rocha et al.,

1997).

Following the development of multicollector ICP-MS methods for δ30Si analysis (De La Rocha, 2002;

Cardinal et al., 2003) and the inclusion of a preconcentration step for low-[Si] samples (Cardinal

et al., 2005), the first complete water column δ30Si profiles (including surface-water samples with [Si]

as low as 2 µM) were published by Cardinal et al. (2005), from a transect in the Southern Ocean

south of Australia (65°S to 47°S at ∼140°E; Fig 1.9). They showed that the deep Southern Ocean

has an essentially invariant δ30Si value of +1.2‰. As observed by Varela et al. (2004), Cardinal et al.

(2005) documented an increase in surface δ30Si values towards the north, but observed additional

complexity in the Subantarctic Zone, which exhibited lower δ30Si values at lower [Si] than further

south. In addition, they documented a meridional δ30Si gradient in the upper subsurface ocean, with

higher δ30Si values towards the north that they attributed to seasonal interaction with the mixed layer

and the influence of opal dissolution.

Reynolds et al. (2006a) presented full depth profiles from the subarctic and subtropical North Pacific

(150°–170°E; Fig 1.9). They found low δ30Si values of around +0.6‰ similar to those documented

by De La Rocha et al. (2000), associated with the very high Si concentrations of North Pacific Deep

Water, and slightly higher values of +1.1‰ in more southerly abyssal waters of Southern Ocean
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origin. This value of +1.1‰ is identical within error to the constant value of +1.2‰ found by Cardinal

et al. (2005) in the deep Southern Ocean. Reynolds et al. (2006a) thus argued that deepwater δ30Si

variability in the deep Pacific Ocean is controlled by large-scale water mass mixing of waters from the

North Pacific with those of Southern Ocean origin.

These pioneering contributions have thus established that seawater δ30Si values are variable and

strongly controlled by isotope fractionation during diatom Si utilisation in the euphotic zone. The iso-

tope effect of this utilisation in the field has been estimated, using simple models, to be similar to that

observed in the laboratory. Furthermore, these studies have revealed that the deep ocean exhibits

interbasin differences in δ30Si, a finding that contrasts with the homogeneity of the stable nitrogen

isotope composition of deep ocean nitrate, δ15N–NO3. Although the oceanic δ15N–NO3 system is

more complex than that of δ30Si (Sigman et al., 2009b), the two systems have some clear similarities,

such as the production of an elevated δ-value in the euphotic zone by biological utilisation. More

fundamentally, the fact that both elements are drawn down to low values over most of the surface

ocean (Garcia et al., 2010b) places a strong mass-balance constraint on the isotopic composition of

the particulate material exported from the surface8, such that this flux should have little potential to

influence the isotopic composition of the dissolved pool in deepwaters. In this context, little deep-

water variability is expected for both isotope systems. Indeed, a global circulation model study that

traced the fractionation of Si isotopes in the ocean (Wischmeyer et al., 2003) produced little interbasin

deepwater δ30Si variability (<0.05‰).

Thus, the unexpected presence of an interbasin deepwater gradient in δ30Si indicates an incomplete

understanding of the controls on the oceanic δ30Si distribution. Identification of the origin of such

large-scale variability, which represents a fundamental, unique feature of the δ30Si tracer field, should

provide key insights into the processes and pathways by which Si is cycled in the ocean. Furthermore,

a better understanding of the controls on seawater δ30Si is a vital prerequiste for the robust interpre-

tation of diatom opal δ30Si palæorecords, since these may record a conflated signal of changes in

both the source of Si as well as the degree of Si utilisation. However, the early studies of the marine

δ30Si distribution were unable to provide a coherent picture of the origin of seawater δ30Si variation at

the global scale, with the interbasin δ30Si gradient being variously ascribed to opal dissolution along

the circulation path of deepwaters (De La Rocha et al., 2000) or the mixing of watermasses of dif-

ferent origins (Reynolds et al., 2006a). This thesis aims to improve our understanding of the relative

importance of these processes, as detailed below.

8although this constraint is partially relaxed for δ15N–NO3 where N2 fixation takes place.
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1.4 Aims of this thesis

1.4.1 Strategic aims

The geographical distribution of seawater δ30Si data published before the commencement of this

thesis, shown in Figure 1.9, highlights the limited spatial coverage of the time. The Atlantic Ocean,

typically the most thoroughly sampled ocean basin, was essentially unsampled. Thus, an important

aim of this thesis was to expand the seawater δ30Si database by sampling ocean regions that were

severely underrepresented in the extant database. The distribution of expeditions from which sam-

ples were collected for this thesis (marked in Fig. 1.9) illustrates this strategy. Naturally, expanding

the observational database is not an end in itself, but serves the purpose of enabling us to better

characterise the oceanic δ30Si distribution. An important feature of this distribution is the interbasin

δ30Si gradient in the ocean’s deepwaters (see Section 1.3.1). Deepwater δ30Si variability is small

compared to the large δ30Si variations in the upper ocean, which predicated the second important

aim of this thesis: to produce high-precision δ30Si data that would enable a robust characterisation of

the δ30Si distribution even in the deep – in other words, a strong focus on quality before quantity.

1.4.2 Scientific aims

The introduction to this thesis has highlighted the relevance of the marine Si cycle to the ocean’s

biological pump, which sequesters atmospheric CO2 in the deep sea. It has also presented some

key questions regarding the cycling of Si and other nutrients in the sea that remain inadequately

answered, limiting our predictive power of the ocean’s response to changed boundary conditions in

the future (e.g. Schmittner et al., 2009) and the mechanisms by which it has altered atmospheric CO2

levels in the past (e.g. Sigman et al., 2010). The distributions of dissolved biogeochemical tracers

harbour vital information on ocean biogeochemistry that can be used to resolve such ambiguities

(e.g. Najjar et al., 2007), especially since, by their inherently integrative nature, they compensate for

the strong undersampling of the ocean that results from its vast size.

The discussion in Section 1.3.1 has shown that the δ30Si value of Si in seawater traces the cycling

of Si in the sea, and that its large-scale distribution exhibits unexpected features that must reflect

a fundamental, and possibly underappreciated, characteristic of oceanic Si biogeochemistry. The

oceanic δ30Si distribution may thus deliver us a new, more detailed view of the oceanic biogeochem-

ical cycle of Si, by providing an additional, direct and element-specific constraint on the processes

and pathways that cycle Si in the ocean. Thus, this thesis aims to provide a better understanding of

the dominant controls on the oceanic δ30Si distribution, with a view to providing new insights into the

transport and cycling of Si within the ocean. Specifically, I hope to address the following questions:
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How do biological isotope fractionation and the physical circulation interact to produce the observed

δ30Si distribution? What does this reveal about the primary pathways of Si transport and the nature

of Si cycling in the sea?

1.4.3 Outline

What follows is arranged in six chapters. Chapter 2 provides a brief overview of the sample prepa-

ration and analytical methods used to produce the δ30Si data, along with an evaluation of the perfor-

mance of these methods. In Chapter 3, I show that consideration of the nature of biogeochemical

cycling, and the physical setting in which biological isotope fractionation takes place in the ocean,

precludes the use of non-dimensional isotope distillation models to interpret marine stable isotope

distributions. Chapter 4 deals with the δ30Si distribution in the deep Atlantic Ocean from Denmark

Strait (64° N) to Drake Passage (56° S), which documents a coherent meridional δ30Si gradient re-

lated to the quasi-conservative mixing of Si from the two sources of deepwater to the Atlantic Ocean,

North Atlantic Deep Water (NADW) and Antarctic Bottom Water (AABW). I show that this deep merid-

ional δ30Si gradient most likely owes its origin to the export of a high δ30Si signature from the Southern

Ocean in Antarctic Intermediate Water (AAIW) and Subantarctic Mode Water (SAMW). Chapter 5 is

devoted to the distribution of δ30Si values in the ventilated Atlantic thermocline; I relate the vertical

gradient in thermocline δ30Si values, observed to extend to potential densities of σθ = 27, to the pre-

formed component of Si, transported into the interior during the subduction of the water masses that

ventilate the thermocline. In Chapter 6, I present δ30Si data from the eastern South Pacific Ocean,

which is a key location for the formation of AAIW and SAMW. I exploit the broad latitudinal sampling

range, from the Antarctic Zone of the Southern Ocean to the equatorial Pacific, to trace how high

δ30Si values in the surface Southern Ocean are incorporated into AAIW and SAMW and exported to

the low-latitude thermocline. Finally, Chapter 7 provides a brief synthesis of the data presented in this

thesis, which allows the distillation of some fundamental insights regarding the controls on seawater

δ30Si values and the biogeochemical cycle of Si in the sea.





Chapter 2

Methods

The concentration of silicon in seawater, [Si], varies by more than two orders of magnitude (from

<1 µM to ∼180 µM), while the salt content of seawater varies only minimally around an average of

∼0.5 M (primarily Na+, Mg2+, Cl− and SO2−
4 ). The resulting matrix-to-analyte mole ratios of 4×103

to 5×105 represent an analytical hurdle that must be overcome before Si isotope compositions can

be measured by multicollector inductively-coupled plasma mass spectrometry (MC-ICPMS), which

requires highly pure solutions of the analyte (Albarède and Beard, 2004). Here, this separation of Si

from sea salt is achieved by a combination of two procedures: preconcentration of Si from seawater by

adsorption to a precipitate, and chromatographic separation using a cation-exchange resin, following

procedures developed previously at ETH Zurich (Georg et al., 2006b; Reynolds et al., 2006a). Some

modifications were made to the existing procedures in order to best adapt them to the sample set

on which this thesis is based: the diverse nature of the seawater samples included in a large-scale

survey necessitates that the preconcentration procedure can assure reproducibly near-quantitative Si

yields from both highly nutrient-depleted and nutrient-enriched seawater samples. In addition, in the

interest of efficiency, an improvement in the sample throughput of the chromatographic separation is

advantageous.

2.1 Preconcentration of Si from seawater

Reynolds et al. (2006a) applied a modification of the MAGIC (MAGnesium-Induced Coprecipitation)

method of Karl and Tien (1992) to preconcentrate Si from seawater. This method relies on the ad-

sorption of Si onto the surface of a brucite (Mg(OH)2) precipitate. The formation of this precipitate

is induced by the addition of a base (NaOH) to seawater, resulting in the spontaneous precipitation

of seawater Mg as brucite above pH ∼9.7. Subsequent centrifuging of the sample allows easy sep-

aration of silicon (in the precipitate) from a large proportion of the salt matrix (in the supernatant).

23
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However, in contrast to phosphorus, for which the method was originally developed, the adsorption

of silicon after a single coprecipitation step is not quantitative, with some 6–7% of Si remaining in

the supernatant. This is undesirable, since the adsorption of silicon onto brucite is accompanied by

isotope fractionation, such that non-quantitative yields will result in a systematic error in measured

δ30Si values. Reynolds et al. (2006a) solved this problem by using a two-step precipitation procedure

to achieve quasi-quantitative yields of >97%. Based on this encouraging result, I attempted to im-

prove Si yields to ∼100% and achieve this level of Si yield for all seawater sample types. This was

accomplished by a systematic study of the behaviour of Si during the coprecipitation procedure. It

was observed that the yield of the coprecipitation procedure is dependent on:

• Seawater Si concentration: The yield of the single-step precipitation decreases with increas-

ing seawater [Si], from 95% at 30 µM to 90% at 100 µM.

• Reaction time: The silicon yield for a given base addition increases during agitation of the

sample for ∼1 hr after formation of the precipitate (from 88% to 93% for a nutrient-rich seawa-

ter). For highly nutrient-rich samples, long reaction/settling times of ∼1 day were observed to

further improve the yield.

• Amount of Mg precipitated: High Si yields (98–99%) are achievable in a short time with the

single-step procedure if a large amount (40–60%) of seawater Mg is precipitated.

An optimum coprecipitation procedure is one that provides reproducible and high Si yields while con-

currently minimising the associated Mg matrix. The two-step precipitation procedure was found to

eliminate the dependency of Si yield on seawater [Si] and increase the overall yield of the procedure.

When 10% of seawater Mg was precipitated in each of the two precipitation steps and long reac-

tion/settling times (∼1 day) were implemented, the procedure provided yields generally in excess of

99% independent of seawater type. This method is highly suitable for water samples with [Si] above

∼13 µM, but for more depleted samples the Mg:Si ratio becomes unacceptably high (À800). For

seawaters with low [Si], I thus followed Reynolds et al. (2006a) in duplicating the preconcentration

step: I used my improved-yield procedure to scavenge Si from a large volume of Si-poor seawater

onto Mg(OH)2, then dissolved this precipitate and added it to a small volume of the original (un-

processed) seawater sample, producing a high-Si (and high-Mg) seawater. Samples thus enriched

have [Si] >13 µM and can be processed identically to other Si-rich samples. Use of this repeated

precipitation necessitates very high Si yields, since two scavenging steps (and thus two possible frac-

tionation steps) are implemented. Tests of the procedure, in which the same sample was subjected

to the preconcentration procedures for both Si-rich and Si-poor samples, show that the ∼99% yields

in each step are high enough to prevent any significant systematic error in measured δ30Si values, as

documented by a difference of 0.04±0.10‰ (propagated 2σSEM, n = 12) in measured δ30Si values.
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At the end of the preconcentration procedure, the Mg(OH)2 precipitate is dissolved in a small amount

of 6 M HCl and the solution diluted with ultrapure water to 64 µM Si for further chromatographic

separation of Si. At this point, the solutions contain 3–53 mM Mg as their main matrix. The matrix-to-

analyte ratio has thus been reduced 100- to 600-fold during the preconcentration procedure, which

allows the use of relatively small chromatographic columns for the subsequent purification of Si.

2.2 Chromatographic purification of Si

Georg et al. (2006b) developed an innovative chromatographic method for the purification of Si solu-

tions. Recognising that Si in mildly acidic solutions is present as uncharged orthosilicic acid (H4SiO4),

they used a cation-exchange chromatographic medium (AG50W–X12, Bio-Rad Laboratories, USA)

to separate the cationic matrix, which binds to the medium at low acid strength, from Si, which does

not interact with the medium as long as it remains in its uncharged orthosilicic acid form. The lack of

interaction between Si and the resin results in very rapid and well-defined Si elution from the chro-

matographic column, and reduces the potential for isotope fractionation associated with binding to

and/or release from the exchange sites, thus assuring both quantitative yields (given suitable loading

conditions; Fitoussi et al., 2009) and rapid sample processing. A disadvantage of this method is that

it does not separate Si from the uncharged and anionic matrix, which similarly does not interact with

the resin. It is thus to be expected that seawater samples processed in this way will contain chloride

and sulphate from residual seawater in the precipitate pellet after centrifugation, as well as seawater

phosphate, which is also quantitatively scavenged by the Si preconcentration procedure (Karl and

Tien, 1992). As detailed in Section 2.4, the seawater contribution of Cl− and SO2−
4 is minimal, whilst

matrix- and standard-addition tests have shown that the mass-spectrometric procedure is insensi-

tive to the presence of these anionic components, such that the chromatographic method of Georg

et al. (2006b) can be applied for the purification of Si from my preconcentrated seawater samples.

Given the low cation load of the sample solutions (≤110 µeq per ml), it was considered feasible to

use a chromatographic medium with a lower retention capacity (and thus higher flow rate) than the

12% crosslinkage resin used by Georg et al. (2006b). The 8% crosslinkage cation-exchange medium

AG50W–X8 (Bio-Rad Laboratories, USA) has a retention capacity of 1.7 meq/ml wet resin, such that

a 1 ml resin bed should provide sufficient retention of the ≤0.11 meq cations present in 1 ml of the

sample solution. Tests of this medium against AG50W–X12 used by Georg et al. (2006b) showed that

this is indeed the case; levels of cation matrix in the purified Si solutions were negligible, independent

of the medium used, while Si yields remained quantitative. Since use of AG50W–X8 reduces the

time required for chromatography by about 25%, it was used for the purification of Si from all samples

reported in this thesis. A detailed schematic of the chromatographic procedure is given in Table 2.1.
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Table 2.1: Scheme for chromatographic purification of Si from preconcentrated seawater samples. Chromatography was
carried out in polypropylene BioSpin columns with a polyethylene bed support, filled with 1 ml of pre-cleaned AG50W–X8
chromatographic medium.

Step Volume Concentration Reagent
Clean Fill 3 M HCl

Fill 6 M HCl
0.3 ml conc. HNO3

Fill 6 M HCl
Fill 3 M HCl
Fill 6 M HCl
Fill 3 M HCl

Rinse Fill mQe
(...continue until elute pH ≈ 7)

Load 1 ml sample
Elute & 1 ml mQe
collect 1 ml mQe

2.3 Mass spectrometry

2.3.1 Analytical protocol

Multicollector inductively-couple plasma mass-spectrometric (MC-ICPMS) analysis of all three iso-

topes of silicon (28Si, 29Si, 30Si) requires high mass resolution in order to fully resolve polyatomic

interferences, especially that of 14N16O+ on 30Si+. The double-focussing high-resolution MC-ICPMS

NuPlasma 1700 (Nu Instruments, UK) is capable of the required mass resolution (∼1800) while main-

taining peak flatness, such that it is possible to resolve all major polyatomic interferences (12C16O+,
14N14N+, 14N14N1H+ and 14N16O+) from the three Si+ ion beams, as shown in Fig. 2.1. The measured
29Si/28Si ratios are used to verify mass-dependency (i.e. complete resolution of all interferences), but

will not be reported in this thesis.

The sample is taken up by a 6mm PFA nebuliser and introduced into the plasma via the Nu Instru-

ments DSN-100 desolvating unit. Silicon isotope composition is measured in static mode using a

standard–sample bracketing protocol (Albarède and Beard, 2004) and reported as deviation from the

standard reference material NBS28 in standard delta notation as δ30Si:

δ30Si (in ‰) =




(
30Si
28Si

)
sample(

30Si
28Si

)
NBS 28

− 1


× 1000

In the protocol used here, one sample analysis is represented by five measurements (36×5 sec

integrations each) of a sample, each of which is bracketed by the primary standard NBS28. Each

analysis thus requires ∼1 hr of instrument time and consumes ∼ 30 nmoles of Si, although I typically

chromatographically purify 64 nmoles Si per sample.
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Figure 2.1: An instrumental mass scan illustrating that the polyatomic interferences are clearly resolved from the three Si+

beams.

2.3.2 Error statistics

The secondary isotopic standard Diatomite (Brzezinski et al., 2006; Reynolds et al., 2007) is analysed

repeatedly during each batch of sample analyses as a control on analysis accuracy. The resulting

large number of analyses (∼300 over >3yr) allows estimation of the long-term analytical reproducibil-

ity from the variance of the values obtained from these analyses. As shown in Fig. 2.2, the measured

values are normally-distributed with a mean of +1.22‰ and a standard deviation of ±0.06 ‰. The

long-term analytical reproducibility is thus ±0.12‰ (2σSD), similar to the reproducibility of ±0.14‰

reported by Reynolds et al. (2006b) using the same method and on the same mass spectrome-

ter. This reproducibility is similar to that reported by Brzezinski et al. (2006) using gas-source mass

spectrometry (±0.14‰; 2σSD), and compares favourably with the precision achieved by most other

laboratories as estimated in the laboratory intercomparison of Reynolds et al. (2007, their Table 2).

In general, errors on seawater δ30Si values in this thesis are reported as twice the standard error of

the mean (2σSEM) of multiple analyses, at least two of which are from separate analytical sessions.

Exceptions are samples that could only be analysed a single time, either due to their low Si content

or because of time constraints. In these cases, errors on the datapoints are reported as the exter-

nal reproducibility (2σSD). Each analysis is, as noted in Section 2.3.1, the mean of five bracketed

measurements of the sample, such that each analysis can be viewed as a group of 9 values. In this
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Figure 2.2: External reproducibility of the standard–sampling bracketing protocol, represented by ∼300 analyses of the
secondary standard Diatomite. Panel a shows the probability density function of measured δ30Si values, with a mean of
+1.22±0.12‰(2σSD). Panel b is a probability diagram that allows evaluation of conformance to normal distribution. All
δ30Si analyses but one plot along a linear array, indicating that they sample from a single normal distribution, which is
strong evidence that the observed standard deviation of ±0.06‰ characterises long-term external reproducibility of the
analytical protocol. Plots were created using Isoplot (K. R. Ludwig, Berkeley Geochronological Center).

case of a set of data groups with equal group sizes, the estimate of the standard error of the mean

simplifies from its general form:

ŜE(y ) =

√∑k
i=1 n2

i

N2 σ̂2
b +

σ̂2
w

N

to the usual expression for the standard error of the set of group averages:

ŜE(y ) =

√∑k
i=1(y i − y )2

k (k − 1)

where ŜE(y ) is the estimate of the standard error on the mean value y , k is the number of groups,

ni is the number of observations in each group, N is the total number of observations and σ̂2
w and σ̂2

b

are estimates of the within-group and between-group variances, respectively.

2.4 Method evaluation

2.4.1 Reagents

All acids used for Mg(OH)2 precipitate dissolution and cation chromatography were purified either

by sub-boiling distillation in PFA elbows or using the PicoTrace distillation system (PicoTrace GmbH,
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Germany). The intensity of the 28Si+ beam in the MC-ICPMS for chromatography blank samples

was indistinguishable from that for ≥18.2 MΩcm water and is negligible. Reagent-grade sodium

hydroxide (Merck KGaA, Germany) exhibited a detectable Si blank (corresponding to 1 ppm Si in

the solid) during photospectrometry (Hach Lange GmbH, Germany), and thus semiconductor-grade

NaOH (Sigma-Aldrich, USA) with an undetectable Si blank (<10 ppb Si in the solid) was used for

precipitation of all samples included in this thesis. The maximum Si blank that could be associated

with NaOH addition is thus a negligible ∼0.003% of sample Si.

2.4.2 Anion matrix effects

The fact that the cation exchange procedure does not separate the sample’s anionic matrix from Si

is a potential source of concern for the mass-spectrometric analysis of δ30Si. The principal anionic

matrix of seawater consists of Cl− and SO2−
4 , while the MAGIC co-precipitation procedure also quan-

tatively scavenges PO3−
4 from seawater, such that the Si:P mole ratio in the final solution should be

essentially identical to that of seawater, in which this ratio ranges from 0.02 to 0.2. It is thus vital to

assess the presence and magnitude of any influence this anionic matrix might have on the accuracy

of the δ30Si analyses.

Most of the Cl− and SO2−
4 matrix from seawater is removed along with the supernatant solution after

centrifugal separation of the Mg(OH)2 precipitate and adsorbed Si. Any seawater Cl− and SO2−
4 that

remains in the sample is from residual seawater in the sample tube after removal of the supernatant,

for example within the precipitate porosity. The magnitude of this contribution was assessed by ICP-

OES analysis of seawater samples after pre-concentration of Si, which indicated that the samples

contained only about 3–4 µmoles of SO2−
4 , equivalent to only ∼100 µl of residual seawater. The

same samples contain 300–400 µmoles of Cl−, most of which (∼210 µmoles) is contributed by HCl

used for dissolution of the precipitate. The influence of these anions on the measurement of δ30Si

was assessed by adding primary and secondary standards to either a silicon-free artificial seawater

prepared in-house ([Cl−] = 490 mM, [SO2−
4 ] = 25 mM), or natural seawater samples from which Si had

been stripped using Mg(OH)2, and processing these as normal seawater samples. This approach

gave values of δ30SiNBS+SW = +0.03±0.09‰ (2σSEM, n = 6) and δ30SiDIATOMITE+SW = +1.24±0.05‰

(2σSEM, n = 10). These values are identical within error to the expected values of 0‰ and +1.22‰

for the undoped NBS28 and Diatomite respectively, indicating that no significant matrix effects are

related to the Cl− and SO2−
4 matrix of my seawater samples. However, these tests cannot assess

the influence of the PO3−
4 matrix, since no PO3−

4 -bearing salt was added to the artificial seawater

and PO3−
4 had been stripped along with Si from the natural seawater samples used. I did not perform

specific PO3−
4 -doping tests, but rather performed standard addition tests as detailed below.
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2.4.3 Testing accuracy by standard addition

I verified the accuracy of the seawater δ30Si analyses using the standard addition method applied

to standard-sample bracketing isotopic analyses by Tipper et al. (2008). Briefly, a pure standard of

known isotopic composition is added to a sample at different standard:sample ratios, the resulting

mixtures chromatographically purified and subsequently analysed by standard-sample bracketing. If

the analyses are accurate, i.e. no analytical artefacts are associated with any subtle differences

between the matrices of the sample and the bracketing standard, the isotopic compositions of the

standard-sample mixtures should vary linearly with the proportion of standard in the mixture, fSTD,

from the value of the standard (at fSTD = 1) to the value of the sample (fSTD = 0).

In the standard addition tests, I utilised the standard IRMM-018, since its δ30Si value of –1.61‰

(Reynolds et al., 2007) produces a significant δ30Si change even at low fSTD values. Figure 2.3 shows

the results of two such standard addition tests. The standard-sample mixtures show a clear and

strong linear variation with fSTD (MSWD of 0.83 and 0.84), with excellent agreement of the measured

δ30Si values of both the pure standard and the pure sample with those predicted by linear regression

of the standard-sample mixtures. These results thus clearly document that my chromatographic and

mass spectrometric procedure produces accurate and precise δ30Si data.
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Figure 2.3: Plots showing the linear variation of δ30Si values of standard-sample mixtures with the fraction of standard
in the mixture, fSTD. Filled circles at the extremes of the x-axis represent the pure sample and standard (at x = 0 and
x = 1 respectively). Linear regressions utilise only mixture data and are calculated in Isoplot (K. R. Ludwig, Berkeley
Geochronological Center) using the algorithm of York (1968). MSWD values less than unity would seem to indicate that
the errors on the datapoints (external 2σSD) are slightly overestimated.
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Figure 2.4: A comparison of raw 30Si/28Si ratios measured in our laboratory (diamonds) and by Zambardi and Poitrasson
(2011) (circles), modified from their Figure 2a (grey symbols represent the bracketing standard, white symbols represent
samples). The contrasting stability of instrumental mass bias is apparent. Error bars are internal 2σSD (diamonds) or not
specified (circles).

2.4.4 A comparison to external normalisation protocols

A number of laboratories analysing Si stable isotopes by MC-ICPMS utilise an external normalisation

protocol that relies on the addition of magnesium (Mg) to the purified Si solution, following which in-

strumental mass bias variations are corrected for by normalising measured Si isotope ratios using the

mass bias estimated from Mg isotope ratios (e.g. Cardinal et al., 2003; Engström et al., 2006; Zam-

bardi and Poitrasson, 2011). These studies, almost exclusively performed on the ThermoFinnigan

Neptune, typically highlight the necessity for external Mg normalisation in order to conduct precise

and accurate Si isotope analyses. I have shown above that the standard-sample bracketing protocol

in use in our laboratory is capable of producing accurate and precise δ30Si data. A reason for this

apparent discrepancy in the necessity for external normalisation is suggested by a comparison of

the instrumental mass bias variations observed in our laboratory with a time series of measured Si

isotope ratios published by Zambardi and Poitrasson (2011). As Fig. 2.4 shows, instrumental condi-

tions in our laboratory are vastly more stable, in terms of mass bias, than those documented in the

data of Zambardi and Poitrasson (2011). This might be due to a number of factors. It is possible that

mass bias variability of the NuPlasma 1700 is instrinsically smaller than that of the Neptune, or that

our sample introduction system provides more stable conditions at the interface. However, Van den
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Boorn et al. (2006) did achieve a similar order of external precision using a Neptune MC-ICPMS with-

out external normalisation, which would argue against a fundamental difference between instruments

or desolvating nebuliser systems. Another possibility is the care taken in maximising the stability of

the conditions at the interface. The use of a dedicated desolvating nebuliser system for silicon isotope

measurements has proven useful in improving stability and minimising instrumental Si background.

Additionally, no isotopic analyses are carried out in our laboratory during the first ∼12 hours of an

analytical session, in order to allow conditions at the front end of the instrument to stabilise, with

fine-focusing of the ion beams being performed only after this time period. This precaution, which is

a luxury that might not be available to researchers in a full economic costing environment, ensures

that during a typical session, mass bias variability is minimal, i.e. considerably less than 1‰ in δ30Si

over 12 hours, as opposed to the ∼5.5‰ drift observed over 8 hours in the data of Zambardi and

Poitrasson (2011) (Fig. 2.4).



Chapter 3

Isotope fractionation in the sea: what

should we expect?∗

Abstract

The stable isotopic compositions of elements dissolved in seawater are a valuable source of informa-

tion on elemental cycling within the ocean, since by their integrative nature they provide a synoptic

view of ocean biogeochemistry. However, oceanic stable isotope distributions are often interpreted

using overly simplistic models, notably the Rayleigh equation (Rayleigh, 1902), which ignores criti-

cal complexities of the system as well as the spatial separation of biogeochemical processes in the

ocean. Here we utilise simple models to illustrate the necessity of accounting for these factors in order

to correctly interpret the observed oceanic stable isotope tracer fields. We use a simple advection-

diffusion-reaction model to examine the processes determining oceanic stable isotope distributions

in the upper ocean, where the strongest vertical isotopic gradients are observed. The model demon-

strates that these subsurface gradients owe their existence to physical processes that introduce the

isotopic signal of biological uptake into the subsurface. This schematic physical-biological framework

thus not only allows a more accurate interpretation of novel stable isotope distributions, but also em-

phasises the importance of the physical circulation in controlling the distribution of biogeochemically

cycled elements in the upper ocean.

∗a version of this chapter will be submitted to Nature Geoscience as: G. F. de Souza and B. C. Reynolds, What controls
stable isotope distributions in the sea?
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3.1 Introduction

Whilst the study of the stable isotopic composition of dissolved components of seawater has a long

history (Miyake and Wada, 1967), the past decade has seen a surge of interest in the development

and application of novel stable isotope tracers in the sea (Bermin et al., 2006; Ripperger et al., 2007;

Lacan et al., 2008). This renewed interest has been driven both by the recognition of the importance

of transition metals in modulating oceanic productivity (Martin, 1990) and by significant analytical

developments in the field of isotope geochemistry. Furthermore, the growing realisation of the com-

plexity of oceanic trace element distributions (e.g. Measures et al., 2008; Boyd and Ellwood, 2010)

makes stable isotope data a welcome additional element-specific constraint on the processes that cy-

cle elements in the ocean. These developments have culminated in the international GEOTRACES

programme to sample the global ocean for analysis of trace elements and their isotopes over the

coming decade (SCORWorkingGroup, 2007), with the hope of setting the stage for a paradigm shift

in our understanding of ocean biogeochemistry. At the threshold to this new era, it seems appropriate

to critically review our expectations for the behaviour of stable isotope systems in the sea.

In the case of elements that are cycled within the oceans by biogeochemical processes, the most

pronounced variations in stable isotope composition are generally caused by isotopic discrimination

during uptake by photosynthesising biota in the sunlit surface ocean, the euphotic zone (e.g. Sig-

man et al., 1999; De La Rocha et al., 2000; John et al., 2007; Ripperger et al., 2007). It is thus in

the near-surface ocean that the strongest gradients in the stable isotopic composition of dissolved

elements are observed (e.g. Sigman et al., 1999; De La Rocha et al., 2000; Reynolds et al., 2006a;

Ripperger et al., 2007), associated with gradients in their concentration. These isotopic gradients are

commonly (Altabet et al., 1999; De La Rocha et al., 2000; Altabet, 2001; Ripperger et al., 2007; Lacan

et al., 2008) analysed and interpreted using the Rayleigh distillation equation (Rayleigh, 1902, see

caption of Fig. 3.1). The Rayleigh equation has a tradition of application in the field of stable isotope

geochemistry, and has been applied with success in the oceanic setting to describe changes in the

nitrogen isotopic composition of surface ocean nitrate (δ15N–NO3; Sigman et al., 1999). Possibly as

a consequence of this, the expectation that the stable isotope systematics of dissolved elements in

the global ocean can be described by a “Rayleigh-like” system is now implicitly or explicitly voiced

in numerous publications (e.g. Wischmeyer et al., 2003; Ripperger et al., 2007). However, we ar-

gue that the complexities of elemental cycling, together with the spatially heterogeneous distribution

of biogeochemically relevant processes in the ocean, violate the fundamental assumptions of the

Rayleigh equation, and that in order to correctly interpret the effects of biogeochemical cycling on

stable isotope distributions, the oceans’ spatial dimension must be taken into account, as we do in a

simple one-dimensional advection-diffusion-reaction (1-D ADR) model.
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Figure 3.1: Behaviour of a closed system with periodic back-reaction. a, Time evolution of the reactant (blue) and product
(red) pools of an element that is isotopically fractionated during formation of the product. The chemically closed system
tends towards equilibrium but is periodically disturbed by intervals of back-reaction of the product to the reactant (grey bars
along the x-axis), with no associated isotope fractionation, leading to minor saw-tooth undulations in reactant and product
concentrations; b, Evolution of the isotopic composition of the reactant (green line) as permil deviation of the isotope ratio
from a constant value, plotted against its normalised concentration f = C(t)/C(0). The solid black curve represents the
isotopic composition of the reactant predicted by the Rayleigh equation R/R0 = f α−1, where R is the ratio of two stable
isotopes of a reactant, R0 is its initial isotopic ratio, f is the proportion of reactant still available for reaction, and α is
the isotopic fractionation factor associated with the reaction. The dashed line represents the isotopic composition of the
reactant predicted by a model that assumes equilibrium conditions. Although the forward reaction is sufficiently dominant
that the system draws down the reactant to low concentrations (f < 0.1), the isotopic composition of the reactant evolves
to markedly less extreme values in this closed system with back-reaction than predicted for an irreversible reaction by the
Rayleigh equation. All isotopic compositions are calculated using α = 0.9989 (see Appendix A.1.1).



CHAPTER 3. ISOTOPE FRACTIONATION IN THE SEA 36

Is
o
to

p
e
 c

o
m

p
o
s
it
io

n
 [

‰
]

ln(Concentration)

4.8 5.2 5.6 6.0 6.4 6.8

1.4

1.8

2.2

2.6

25% utilisation

80% utilisation

Prescribed ε  = -1.1‰

εregressed = -0.69±0.09‰  

r
2
 = 0.98

εregressed = -0.99±0.03‰
  

r
2
 = 1.00 

Is
o
to

p
e
 c

o
m

p
o
s
it
io

n
 [

‰
]

4.8 5.2 5.6 6.0 6.4 6.8

1.4

1.8

2.2

2.6

3.0

3.4

a

b

R
AY

LE
IG

H
 

Rayleigh

Mixing, 25% utilisation

Mixing, 80% utilisation

Deep ocean

Figure 3.2: The effect of ocean heterogeneity on stable isotope systematics. a, Consider a hypothetical, initially ho-
mogeneous two-box ocean (Appendix A.1.2) in which the concentration of an element in the surface box is set by the
concentration in the deep box. If the element is consumed irreversibly in the surface box, its isotopic composition evolves
according to the Rayleigh equation, i.e. along the solid black line. When water from this surface box subsequently mixes
with water from the deep, the resulting water mass will have characteristics determined by a binary mixing array (coloured
lines). The deviation from the Rayleigh curve depends strongly on the degree to which the element is stripped from the
surface box (red vs. green line). After Sigman et al. (1999). b, The same behaviour is shown in the spatially-resolved
1–D ADR model (see text). Gridpoints at 50 m depth intervals have been chosen to simulate typical near-surface sampling
density for stable isotope analyses. At low utilisation (25%; f = 0.75), the water column is well approximated by the loga-
rithmic relationship predicted by the Rayleigh equation, with the regression yielding an estimated isotope effect, εregressed,
almost identical (−0.99 ± 0.03‰; 2σSE) to that prescribed in the model (−1.1‰). However, at relatively high utilisation
(80%; f = 0.2), physical mixing processes result in significant deviation from Rayleigh-like systematics, such that εregressed

is significantly lower (−0.69 ± 0.09‰; 2σSE) than the prescribed model value. Note that the linear correlation coefficient
remains very high, an argument often presented as support for the suitability of applying the Rayleigh equation (the value
of 0.98 also applies to a regression through all model grid points). ε is defined as (α− 1)× 1000 in units of permil.
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3.2 The Rayleigh equation: conditions and limitations

Three principal conditions must be fulfilled for a fractionating process to be described by the Rayleigh

equation, only one of which is commonly explicitly acknowledged in oceanographic studies of stable

isotope tracers. This is the condition that the system is chemically closed, such that no replenishment

of the reactant can occur. This closed-system condition is frequently taken into account (e.g. Sigman

et al., 1999; Varela et al., 2004), for example by applying the Rayleigh equation to the surface mixed

layer only in settings where it is sufficiently isolated from subsurface waters by density stratification.

Most workers, however, neglect the fact that the Rayleigh equation also requires that the fractionating

process is irreversible, since any back-reaction similarly constitutes a replenishment of the reactant.

This irreversibility condition, which has been referred to in discussions of kinetic isotope fractionation

for over half a century (Bigeleisen, 1949b; Buchanan et al., 1953; Kendall and Doctor, 2003), is

highly relevant to oceanic stable isotope systems, since any recycling of an element within the zone

of active biological uptake will fundamentally alter the isotopic evolution of the dissolved pool. We

illustrate this using a numerical model of isotope fractionation (Appendix A.1.1): when the product

of a fractionating reaction is periodically allowed to back-react, the stable isotopic composition of the

dissolved pool is strongly affected (Fig. 3.1). At the low concentrations typical for biogeochemically

cycled elements in the surface ocean, the Rayleigh equation predicts a markedly different stable

isotope composition of the dissolved pool compared to the model with periodic back-reaction, in

which the isotopic signal of biological utilisation is strongly dampened. Thus, for elements that adsorb

to and desorb from particles, or are recycled within the euphotic zone due to remineralisation of

organic matter (e.g. transition metals incorporated into metalloenzymes) or hard parts (e.g. silicon),

application of the Rayleigh equation will result in erroneously low estimates of the isotope effect

associated with biological uptake. The significance of this complexity has apparently been overlooked

while adopting the methods used to interpret oceanic δ15N–NO3, for which it is not relevant: although

significant nitrogen recycling takes place within the euphotic zone, the conversion to nitrate – i.e. the

reaction that leads to replenishment of the reactant – occurs primarily, albeit not exclusively, at depth

(Ward, 2008).

A further central characteristic of the Rayleigh model that is commonly ignored is its essentially non-

dimensional nature. Since the equation describes the evolution of the isotopic composition of a

single pool of reactant, it requires chemical homogeneity within the system. If only a portion of a

dissolved pool reacts, as is the case in the ocean (i.e. at its surface), a fractionation signal is only

produced in this pool. The system-wide isotopic distribution is then determined by the interaction

between fractionated and unfractionated pools, e.g. during mixing. This is illustrated by a two-box

model (Fig. 3.2a), which represents the spatial heterogeneity of biological activity in the ocean in the
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simplest possible form. Significant deviations from Rayleigh behaviour result from the interaction of

the surface ocean with the subsurface when strong vertical concentration gradients exist, as is the

case for biogeochemically cycled elements over most of the ocean. This simple model result clearly

indicates that it is erroneous to expect (Wischmeyer et al., 2003) the global ocean to behave as a

“Rayleigh-like” system.

3.3 A simple spatial framework

The physical separation of biogeochemically relevant processes thus requires that oceanic stable

isotope distributions be interpreted in an appropriate spatial framework. This is especially true in

the near-surface ocean, where the strongest gradients in concentration and stable isotope compo-

sition are observed (Sigman et al., 1999; Reynolds et al., 2006a; Ripperger et al., 2007). Thus, in

order to interpret these strong isotopic gradients, we require an alternate model that captures the

most important features of the near-surface ocean. One-dimensional advection–diffusion–reaction

(1-D ADR) models fulfil this requirement well (Appendix A.1.3). A vertical ADR model applied to the

near-surface ocean correctly describes the system insofar as the elements necessary for biologi-

cal production are provided from below by physical transport processes, and are returned to depth

by particulate export. Of course, this 1-D model process only schematically represents what is in

actuality a complex three-dimensional recycling pathway (Jenkins and Doney, 2003; Williams and

Follows, 2003). Nonetheless, analysis of the systematics of this simple model affords insights into

the mechanisms that exert control on stable isotope distributions in the upper ocean, as we show

below.

Figure 3.3 illustrates the result of coupling an advective-diffusive transport scheme (Appendix A.1.3)

to the non-dimensional isotope fractionation model used to produce Fig. 3.1. The simplicity of the

model’s equilibrium solutions allows us to assess the role played by individual processes in determin-

ing the near-surface isotopic distribution. Within the euphotic zone, where active biological uptake

and isotope fractionation take place, the stable isotope composition of the dissolved pool is deter-

mined by the equilibrium between supply by the physical circulation and particulate export to the

deeper water column. Importantly, however, the extent of an isotopic gradient in the subsurface wa-

ter column is strongly controlled by the model’s vertical diffusivity (Fig. 3.3b). The isotopic signal

produced by biological uptake in the euphotic zone is increasingly propagated into the subsurface

as diffusivity increases (Fig. 3.3c). This feature follows directly from the nature of the ADR model,

but nonetheless provides a vital insight: where a gradient in the concentration of a biogeochemically

cycled element in the upper ocean is accompanied by an isotopic gradient towards the value of the

euphotic zone (Altabet et al., 1999; Sigman et al., 2000; De La Rocha et al., 2000; Altabet, 2001;
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Figure 3.3: Results of the vertical advection–diffusion–reaction model. Depth profiles of (a) concentration and (b) isotopic
composition of a dissolved element for two values of mixing length (z∗ = κz/w), a measure of the strength of diffusive mix-
ing relative to advection (κz and w respectively; see also Appendix A.1.3). The dashed grey lines schematically represent
the end-member case of zero diffusivity; c, Variation of the concentration-weighted mean isotopic composition below the
zone of active uptake with mixing length. The increase in weighted mean isotopic composition is due to deepening of the
isotopic gradient with increasing diffusive mixing, as also illustrated in panel b.
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Reynolds et al., 2006a; Ripperger et al., 2007) both these gradients must be primarily the result of an

oceanic process equivalent to the model’s diffusivity parameter; i.e. mixing. Vertical turbulent mixing

across the density gradient in the upper ocean is not sufficiently vigorous (Ledwell et al., 1993) to

produce such gradients at the scale of the main thermocline, such that the observed distributions

may be produced by boundary mixing (Munk and Wunsch, 1998), or by horizontal mixing where the

density surfaces of the ocean’s thermocline impinge upon its surface (Wunsch and Ferrari, 2004, see

also Chapter 5). Irrespective of the exact mechanism, it is clear that the observed subsurface iso-

topic gradients must be produced by the physical transport, into the subsurface, of water parcels that

have experienced active uptake. This inference is substantiated by mass balance considerations (Ap-

pendix A.1.4), which indicate that the remineralisation of sinking particles cannot produce an isotopic

gradient of the correct sign.

3.4 Implications

Given the strong physical control on the upper ocean isotopic distribution, it is not surprising that the

Rayleigh equation consistently underestimates the isotope effect of biological uptake when applied to

water column data (Fig. 3.2b; Altabet et al., 1999; Altabet, 2001), since it attributes concentration and

isotopic composition variations with depth to utilisation, not physical processes. More fundamentally,

however, the fact that the isotopic signature of utilisation is observed within the subsurface upper

ocean for a number of biologically cycled elements (Chapter 4; Sigman et al., 2000; Ripperger

et al., 2007) bears witness to the importance of the physical circulation in determining the upper

ocean distribution of these elements. Specifically, the presence of such a utilisation signature in

the isotopic composition of an element in the subsurface implies that a significant proportion of its

upper ocean inventory is ‘preformed’, i.e. advected into the subsurface by the physical circulation,

rather than being added by remineralisation of sinking particles. This inference is consistent with an

emerging view of the transport of biogeochemical tracers in the ocean: it is becoming increasingly

clear that waters of Southern Ocean origin are a dominant source of macronutrients in the low-latitude

thermocline (Sarmiento et al., 2004a; Palter et al., 2010), a three-dimensional conception of nutrient

transport by the large-scale ocean circulation that explains numerous previously puzzling features of

ocean biogeochemistry (Gruber and Sarmiento, 2002). Provided that they are not rapidly scavenged

out of the water column, the large-scale circulation will similarly introduce other biogeochemically

cycled trace elements into the upper ocean, making them accessible for supply to biota in the sunlit

surface ocean and associated isotope fractionation. Conceptual models of oceanic stable isotope

systematics must take this dynamic setting into account, by paying heed to (a) the effects of ocean

circulation, which can be considered to set the ‘background’ isotopic distribution of biogeochemically
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cycled elements in the upper ocean, and (b) the vertical balance of elemental supply and export,

which may modify this distribution both through elemental cycling and additional effects such as

isotope fractionation during remineralisation. This same conceptual framework may also be applied

to understanding the oceanic distribution of elemental ratios (e.g. Elderfield and Rickaby, 2000). As

the GEOTRACES programme begins to ease data limitation in the modern ocean, such a conceptual

physical-biological framework will provide the foundation for a broader-based understanding of the

interaction between biological utilisation and the physical circulation in determining stable isotope

distributions in the sea.





Chapter 4

The basin-scale Atlantic δ30Si

distribution∗

Abstract

The fractionation of silicon (Si) stable isotopes by biological activity in the surface ocean makes the

stable isotope composition of silicon (δ30Si) dissolved in seawater a sensitive tracer of the oceanic

biogeochemical Si cycle. We present a high-precision dataset that characterizes the δ30Si distribution

in the deep Atlantic Ocean from Denmark Strait to Drake Passage, documenting strong meridional

and smaller, but resolvable, vertical δ30Si gradients. We show that these gradients are related to the

two sources of deep and bottom waters in the Atlantic Ocean: waters of North Atlantic and Nordic

origin carry a high δ30Si signature of ≥+1.7‰ into the deep Atlantic, whilst Antarctic Bottom Water

transports Si with a low δ30Si value of around +1.2‰. The deep Atlantic δ30Si distribution is thus

governed by the quasi-conservative mixing of Si from these two isotopically distinct sources. This

disparity in Si isotope composition between the North Atlantic and Southern Ocean is in marked

contrast to the homogeneity of the stable nitrogen isotope composition of deep ocean nitrate (δ15N-

NO3). We infer that the meridional δ30Si gradient derives from the transport of the high δ30Si signature

of Southern Ocean intermediate/mode waters into the North Atlantic by the upper return path of the

meridional overturning circulation (MOC). The basin-scale deep Atlantic δ30Si gradient thus owes its

existence to the interaction of the physical circulation with biological nutrient uptake at high southern

latitudes, which fractionates Si isotopes between the abyssal and intermediate/mode waters formed

in the Southern Ocean.
∗submitted to Global Biogeochemical Cycles as G. F. de Souza, B. C. Reynolds, J. Rickli, M. Frank, M. Saito, L. J.

A. Gerringa and B. Bourdon: “Southern Ocean control of silicon stable isotope distribution in the deep Atlantic Ocean”.
Orthography follows American rules, as required by the journal.
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4.1 Introduction

The oceanic biogeochemical cycle of silicon (Si) is tied to that of carbon by the important role played

by diatoms – siliceous phytoplankton – in global new production (Smetacek, 1999; Ragueneau et al.,

2000, and references therein). Diatoms additionally tend to dominate the phytoplankton community

in dynamic upwelling regions (Margalef, 1978; Jin et al., 2006; Dutkiewicz et al., 2009) such as the

Southern Ocean, which play an important role in the oceanic control of atmospheric pCO2 (Marinov

et al., 2006; Gruber et al., 2009). Silicon fluxes associated with diatom productivity and export are so

large that they dominantly control the Si cycle in the sea (Tréguer et al., 1995; DeMaster, 2009). Since

diatoms preferentially incorporate the lighter isotopes of Si into their opaline frustules (De La Rocha

et al., 1997), diatom uptake of Si in the sunlit surface ocean alters the stable isotope composition of

dissolved Si in seawater (expressed as δ30Si; see Section 4.2.2). As a result of this, seawater δ30Si

values trace biogeochemical processes affecting Si, and thus constraining the mechanisms that gov-

ern the oceanic δ30Si distribution allows direct inference of the pathways and processes by which Si

is cycled within the ocean. This is particularly interesting in the context of an emerging paradigm of

oceanic nutrient cycling (Gruber and Sarmiento, 2002; Sarmiento et al., 2004a, 2007; Palter et al.,

2010) that stresses the importance of lateral transport processes, modulated by biology in the South-

ern Ocean, in determining global oceanic nutrient distributions, and thus ultimately oceanic primary

productivity (Sarmiento et al., 2004a). In addition, a better knowledge of the processes that control

the modern δ30Si distribution will allow more robust interpretations of diatom opal δ30Si records from

deep-sea sediment cores (e.g. De La Rocha et al., 1998; Beucher et al., 2007; Pichevin et al., 2009),

improving our understanding of how diatom productivity may have affected atmospheric pCO2 over

glacial–interglacial cycles (Brzezinski et al., 2002; Matsumoto et al., 2002; Crosta et al., 2007). To-

gether, these two complementary issues provide strong motivation to study the modern oceanic δ30Si

distribution, particularly in the Atlantic Ocean.

The Atlantic is the best studied of the major ocean basins. Ever since the first description of its deep

hydrography (Thomson, 1878), both the physical and chemical oceanography of the Atlantic Ocean

have been the subject of intense study, such that much is known about Atlantic circulation (e.g. Wüst,

1935; Reid, 1989; Tsuchiya, 1989; Peterson and Stramma, 1991; Schmitz and McCartney, 1993;

Dickson and Brown, 1994; Reid, 1994; Schmitz, 1996b; Larqué et al., 1997; Jenkins, 1998; Stramma

and England, 1999; Stramma and Schott, 1999; Sloyan and Rintoul, 2001a; Lumpkin and Speer,

2003) as well as the distribution of biogeochemical tracers (e.g. Broecker et al., 1980; Broecker and

Takahashi, 1980; Kawase and Sarmiento, 1985, 1986; Broecker et al., 1991; Tsuchiya et al., 1992,

1994; Sarmiento et al., 2007). This well-founded understanding of the system, combined with the fact

that the deep Atlantic exhibits strong meridional contrasts in physical and chemical tracers, makes
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the Atlantic Ocean ideally suited to constraining processes determining the behavior of a relatively

novel isotopic tracer such as seawater δ30Si.

In-depth studies of seawater δ30Si (Varela et al., 2004; Cardinal et al., 2005; Reynolds et al., 2006a;

Beucher et al., 2008) have thus far focused on high-nutrient, low-chlorophyll (HNLC) regions that are

the key areas for ocean–climate interaction and overlie opal-rich sediments. The Atlantic Ocean has

been somewhat neglected, most likely due to its modest contribution to biological Si cycling in the

modern ocean, reflected by a very low opal export flux for its area (6% of global export; Sarmiento

et al., 2007). However, the fact that the primary formation regions of the deep and bottom waters that

fill the global ocean are situated at its northern and southern end (Warren, 1981) makes the Atlantic

highly relevant to the global oceanic Si cycle. Furthermore, as it contains the world’s youngest and

least Si-rich deepwaters (0–300 yr ventilation ages; Matsumoto, 2007), a firm handle on the δ30Si

distribution in the deep Atlantic is crucial to better resolve an interesting feature of the oceanic δ30Si

distribution: it appears that the North Atlantic and North Pacific have distinct deepwater δ30Si values,

which would contrast the homogeneity of the stable nitrogen isotopic composition of deep oceanic

nitrate, δ15N-NO3. However, the Atlantic end of this interbasin gradient is represented by only three

depth profiles near Bermuda (De La Rocha et al., 2000). This poor spatial resolution hinders a robust

analysis of the mechanisms leading to the observed distribution, and modeling studies have delivered

conflicting results in this regard (Wischmeyer et al., 2003; Reynolds, 2009).

In order to characterize the δ30Si systematics of the Atlantic Ocean, we have analyzed a suite of

Atlantic seawater samples from Denmark Strait to Drake Passage. Chapter 5 discusses the δ30Si

distribution in the main thermocline, whilst this chapter focuses on the Atlantic δ30Si distribution below

2000 m water depth. We show that the deep Atlantic exhibits a strong meridional δ30Si gradient, which

we relate to the interaction of the global meridional overturning circulation (MOC) with biological Si

cycling processes at high southern latitudes, thereby providing evidence for the importance of a

Southern Ocean source of nutrients to the low-latitude thermocline. Furthermore, we show that the

distribution of seawater δ30Si values robustly confirms earlier interpretations of quasi-conservative

behavior of Si at depth in the Atlantic Ocean.

4.2 Methods

4.2.1 Sample collection

A total of 84 seawater samples from the Atlantic Ocean and adjacent basins are included in this study

(Fig. 4.1, Table 4.1). These include 25 samples originally collected for analysis of neodymium and

hafnium isotopic composition (Rickli et al., 2009) at 6 stations in the eastern Atlantic Ocean during



CHAPTER 4. THE BASIN-SCALE ATLANTIC SILICON ISOTOPE DISTRIBUTION 46

Table 4.1: Location of expeditions and stations from which samples were collected for this study. See also Fig. 4.1.

Cruise Region Station No. Location Latitude Longitude
64PE318 North Atlantic 7 Faroe–Shetland Channel 60° 6’ N 5° 48’ W
64PE319 North Atlantic 2 Irminger Basin 64° N 34° 15’ W

3 Irminger Basin 62° 21’ N 36° W
5 Irminger Basin 60 ° 26’ N 37° 55’ W
8 Labrador Sea 54° 4’ N 45° 50’ W

11 Newfoundland Basin 47° 48’ N 39° 24’ W
ANT XXIII/1 Eastern Atlantic PS 69/3 Bay of Biscay 46° 25’ N 5° 55’ W

(subtropical and tropical) PS 69/6 Bay of Biscay 45° 45’ N 5° 32’ W
PS 69/11 Canary/Cape Verde Basin 22° 30’ N 20° 30’ W
PS 69/14 Cape Verde Basin 10° 37’ N 20° 8’ W
PS 69/18 Guinea Basin/Chain Fracture Zone 0° 42’ S 11° 16’ W
PS 69/21 Angola Basin 11° 52’ S 2° 31’ W
PS 69/26 Cape Basin 25° S 8° 17’ E

KN 192–5 Tropical Atlantic 3 Brazil Basin 11° 30’ S 25° W
(eastern and western) 13 Angola Basin 13° 29’ S 0° W

ANT XXIII/3 South Atlantic PS 69/140 Drake Passage 56° 26’ S 63° 18’ W
PS 69/224 Drake Passage 56° 56’ S 62° 21’ W

expedition ANT XXIII/1 of R/V Polarstern (October–November 2005). Two detailed depth profiles (17

samples each) from the tropical Brazil and Angola Basins were collected during expedition KN192-

5 of R/V Knorr (November–December 2007). A further 23 samples were collected at 6 stations

along GEOTRACES section GA02 in the northeastern and northwestern Atlantic, during expeditions

64PE318 and 64PE319 of R/V Pelagia (April–May 2010). In addition, two samples from Drake Pas-

sage (R/V Polarstern expedition ANT XXIII/3) were procured. All samples were filtered onboard using

0.45 µm nitrocellulose (Polarstern), 0.45 µm polycarbonate (Knorr ) or 0.2 µm cellulose acetate (Pela-

gia) filters. Samples from Polarstern expeditions were acidified onboard with 0.1% v/v distilled 9.5

M HCl (Rickli et al., 2009), while samples from expeditions KN192-5, 64PE318 and 64PE319 were

acidified with 0.1% v/v distilled 6 M HCl in the laboratory at least 12 hr before preconcentration of Si.

4.2.2 Sample preconcentration and analysis

We typically process 64 nmoles (1.8 µg) of Si for each mass-spectrometric analysis of Si stable iso-

tope composition. Prior to the chromatographic separation of Si from sea salt, Si is preconcentrated

by coprecipitation with brucite using a method modified from Karl and Tien (1992). This preconcen-

tration decreases the associated salt cation and anion matrix by more than two orders of magnitude,

permitting the use of small ion exchange columns. Our two-step precipitation procedure (similar to

that used by Reynolds et al. (2006a)) achieves Si yields generally in excess of 99% (and always

>97.5%): in a first step, ∼10% of seawater Mg is precipitated as Mg(OH)2 by adding ∼1% v/v of 1 M

NaOH solution (semiconductor grade; Sigma-Aldrich) to the pH-neutralised seawater sample. This

solution is shaken for 1 hr and allowed to react and settle for 24 hr before being centrifuged. The

second precipitation step is carried out by further addition of 1 M NaOH to precipitate ∼10% of the
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Figure 4.1: Map of the Atlantic Ocean illustrating locations from which samples for this study were collected. Depth
contours are shown at 2000 m (dark gray) and 4000 m (light gray). Numbers represent cruise station designations. See
also Table 4.1.



CHAPTER 4. THE BASIN-SCALE ATLANTIC SILICON ISOTOPE DISTRIBUTION 48

remaining sample Mg, followed by shaking for 1 hr, settling for at least 24 hr and centrifuging. The

supernatant is removed and the yield of the coprecipitation determined by photospectrometric analy-

sis of supernatant Si concentration using the molybdate blue method (Strickland and Parsons, 1968).

The precipitate is then dissolved in a small volume of 6 M HCl and diluted with ultrapure water (>18.2

MΩcm) to 64 µM (1.8 ppm) Si, at which point it contains ≤53 mM Mg (i.e. ≤0.11 meq Mg/ml) as its

main cationic matrix at a pH of 2–3. One milliliter of this solution is passed through a cation-exchange

column with a retention capacity of 1.7 meq (1 ml AG50W-X8; BioRad Laboratories) to separate un-

charged H4SiO4 from the cationic matrix. The uncharged and anionic matrix, which consists primarily

of Cl−, SO2−
4 and PO3−

4 , is not removed by this method, such that the final solution contains ∼1.5

mM Cl− (mainly from HCl), ∼1 µM seawater SO2−
4 , and a PO3−

4 concentration that depends on the

seawater P:Si ratio (which ranges from ∼0.02–0.2). Phosphate, sulphate and chloride doping tests

have shown that the presence of these anions does not result in analytical artifacts; in fact, the insen-

sitivity of our analytical setup to the presence of SO2−
4 has been previously documented by Georg

et al. (2006b), a finding that contrasts with the matrix effects observed by van den Boorn et al. (2009)

using a different analytical system, perhaps due to the different sample introduction systems used.

We verified the accuracy of our seawater δ30Si analyses using the standard addition method applied

to isotopic analyses by Tipper et al. (2008, see Section 2.4.3).

The purified Si solution is analyzed for Si stable isotope composition using a high-resolution multicol-

lector inductively-coupled plasma mass spectrometer (MC-ICPMS NuPlasma 1700; Nu Instruments,

UK) in static mode by standard–sample bracketing, with one δ30Si analysis consisting of 5 bracketed

measurements (36 × 5 s integrations each) of the sample. Detailed descriptions of the chromato-

graphic separation and mass-spectrometric methods used are given by Georg et al. (2006b).

Silicon stable isotope composition is reported as the permil deviation from the standard reference

material NBS28, δ30Si, which is defined as:

δ30Si =




(
30Si
28Si

)
sample(

30Si
28Si

)
NBS 28

− 1


× 1000 [‰]

The long-term external reproducibility of our δ30Si analyses is ±0.12‰ (2σSD), as estimated from

the variance of >300 analyses of the secondary isotopic standard Diatomite (Brzezinski et al., 2006)

over >3 yr. The average δ30Si value of Diatomite measured over this period is +1.22±0.01‰ (2σSEM),

consistent with the inter-laboratory comparison study of Reynolds et al. (2007). Except in the case

of near-surface samples with low amounts of Si, reported sample δ30Si values are the mean of at

least 3, and up to 11, complete replicate analyses in at least 2 separate analytical sessions. External

errors on the seawater data, reported as 2 standard errors of the mean (2σSEM), are usually ±0.07‰
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or better (see Table 4.2).

In the following, the notations Si, [Si] and δ30Si will refer to dissolved silicon (i.e. silicic acid), its

concentration, and its stable isotope composition respectively.
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Figure 4.2: Depth profiles of (a) δ30Si values and (b) Si concentrations. The western North Atlantic (Irminger and New-
foundland Basins; 64PE319 Stas 5 and 11) is offset towards higher δ30Si values and lower [Si] than the South Atlantic
(Brazil and Angola Basins; KN192-5 Stas 3 and 13). Note the increase in δ30Si at the base of the water column in the
Irminger Basin, associated with the lower [Si] of Denmark Strait Overflow Water. See Appendix A.2.1 for δ30Si and [Si]
depth profiles from all stations included in this study.

4.3 Results

Depth profiles of δ30Si (see examples in Fig. 4.2a) show the typical increase in δ30Si values towards

the surface that is expected from the preferential uptake of lighter Si isotopes by diatoms in the sur-

face ocean . Values of δ30Si range from approximately +1.2‰ in bottom waters to almost +3‰ in

the surface mixed layer (Table 4.2; all depth profile diagrams are provided in Appendix A.2.1). The

gradient towards higher δ30Si values is largest in the upper ocean, above the salinity minimum at

∼1000 m associated with Antarctic Intermediate Water (AAIW) in the South Atlantic. Below this,

δ30Si gradients are much smaller, but δ30Si values generally continue to decrease with depth, with

the exception of the northernmost North Atlantic (Irminger Basin; 64PE319 Stas 3 and 5), where

δ30Si values increase slightly with depth near the very bottom of the water column (Fig. 4.2b), as-

sociated with stronger gradients in temperature and [Si] (Table 4.2). Furthermore, the entire water

column exhibits a clear difference in δ30Si values between the North and South Atlantic (Fig. 4.2). At

temperate northern latitudes around 45°N, the western Atlantic (64PE319 Sta 11) exhibits lower [Si]
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and higher δ30Si values than the eastern Atlantic (ANTXXIII/1 Stas 3 and 6; Table 4.2).

A remarkably strong coherence in the δ30Si systematics of the entire sampled Atlantic is illustrated

by the relationship between concentration and isotopic composition of Si. Graphs of δ30Si values

versus [Si] (Fig. 4.3a) and its reciprocal, 1/[Si] (Fig. 4.3b) reveal that samples from all regions exhibit

the same relationship between these parameters, even when their δ30Si depth profiles exhibit clear

differences. In Fig. 4.3b, the existence of two linear arrays with different slopes is apparent. These

arrays intersect at a δ30Si value of +1.55–1.6‰ and 1/[Si] of 0.09–0.06, corresponding to a potential

density σθ of 26.75–27.00 (water depth 300–400 m), i.e. in the range of densities of Subantarctic

Mode Water (SAMW) in the Atlantic (Larqué et al., 1997; Sallée et al., 2010).

In the following discussion, we describe and discuss the deep Atlantic δ30Si distribution below 2000 m

water depth (Section 4.4.1), and draw upon the δ30Si signature of the intermediate and upper Atlantic

to explain its ultimate origin (Sections 4.4.2, 4.4.3 and 4.4.4) in the context of the MOC.

4.4 Discussion

4.4.1 Quasi-conservativity of Si

It is a striking feature of the deep Atlantic δ30Si distribution that the North Atlantic water column

exhibits consistently higher δ30Si values than the South Atlantic (Fig. 4.2, Table 4.2). In a plot of δ30Si

values against the reciprocal of Si concentration, 1/[Si], this meridional gradient is expressed as a

linear array for water samples below 2000 m (Fig. 4.3d). The existence of such a linear relationship is

indicative of conservative mixing between two distinct reservoirs, or endmembers (see e.g. Albarède,

1996, for a derivation). The deep Atlantic δ30Si systematics thus strongly suggests that the distribution

of Si in the deep Atlantic is controlled by binary mixing, with no significant sources or sinks. This

would imply that Si is quasi-conservative in the deep Atlantic, which might intuitively seem unlikely for

a biologically cycled nutrient. As we show below, however, it can be demonstrated that this is indeed

the case in the deep Atlantic Ocean.

Broecker et al. (1991), and more recently Sarmiento et al. (2007), have shown that while the effect

of opal dissolution on deep Atlantic [Si] can be resolved by careful analysis, this effect is of minor

importance (<5% contribution) in controlling deep [Si]. Similarly, in their analysis of GEOSECS nu-

trient data, Anderson and Sarmiento (1994) find that “the remineralization signal in the deep Atlantic

is practically non-existent”. In the case of Si, this is partially due to the low Atlantic opal productiv-

ity (Sarmiento et al., 2007), but the leading-order control is the order-of-magnitude disparity in [Si]

between the two water masses filling the deep Atlantic, i.e. North Atlantic Deep Water (NADW, [Si]

<20 µM) and Antarctic Bottom Water (AABW, [Si] ∼120 µM). This pronounced [Si] contrast means
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Figure 4.3: Silicon isotope systematics of the Atlantic Ocean, plotted as δ30Si vs. [Si] (left panels) and as mixing diagrams
of δ30Si vs.1/[Si] (right panels). Panels a and b include all samples, while c and d focus on the water column below 2000
m. A clear and coherent relationship between δ30Si and [Si] or 1/[Si] is seen in all panels. The mixing diagram in panel
b exhibits two linear relationships between δ30Si and 1/[Si], intersecting at δ30Si values of +1.55–1.6‰. Panel d focuses
on the Si isotope systematics of the deep Atlantic below 2000 m, emphasizing the tightness of the linear relationship at
depth. Stars in c and d represent the deep water mass endmembers of Southern Ocean and North Atlantic origin (CDW:
Circumpolar Deep Water, ISOW: Iceland-Scotland Overflow Water, LSW: Labrador Sea Water, DSOW: Denmark Strait
Overflow Water). Note that the water mass labeled as ISOW for clarity would more correctly be named Faroe-Shetland
Overflow Water, which is a dominant component of ISOW (Dickson and Brown, 1994).

that admixture of Si-rich AABW to Si-poor NADW leads to large [Si] changes, such that mixing of

these two water masses exerts by far the strongest control on variations in Atlantic [Si] below a water

depth of around 2000 m. Silicon concentrations are thus closely correlated with conservative and

quasi-conservative tracers of water mass mixing such as salinity (Holfort and Siedler, 2001) and PO∗4
(Broecker et al., 1991, see also Appendix A.2.2) in the deep Atlantic, with the exception of a few local

anomalies (e.g. van Bennekom and Berger, 1984).

The influence of the contrasting northern and southern water masses on the deep Atlantic δ30Si

systematics is apparent in Fig. 4.3d. Low δ30Si values are associated with the high Si concentrations

of AABW, whilst the highest δ30Si values are observed for the precursors of NADW, i.e. the dense Si-

poor overflows from the Nordic seas (Denmark Strait Overflow Water and Iceland-Scotland Overflow
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Water, DSOW and ISOW) as well as Labrador Sea Water (LSW) (Dickson and Brown, 1994). These

northern and southern sources of deepwater thus represent the two isotopic endmembers inferred

above to be controlling the Atlantic δ30Si distribution. By calculating the deviation of measured δ30Si

values from those expected from pure mixing of these endmembers, we can quantify the degree of

conservativity of Si. Following Gruber (1998), we utilize the quasi-conservative tracer PO∗4 (Broecker

et al., 1991) to independently calculate the contribution of North Atlantic waters fNA to each sample

(see Appendix A.2.2 for details). The δ30Si value expected from pure binary mixing, δ30Simix , is then:

δ30Simix =
fNAδ30SiNA[Si]NA + (1− fNA)δ30SiSO [Si]SO

fNA[Si]NA + (1− fNA)[Si]SO

where NA and SO refer to the North Atlantic and Southern Ocean components respectively, and

δ30Sii and [Si]i are the isotopic composition and concentration of Si in the component i . The deviation

of the measured value from this value is given by ∆δ30Simsr−mix , defined as:

∆δ30Simsr−mix = δ30Simeasured − δ30Simix

Values of ∆δ30Simsr−mix for the deep Atlantic are, with some notable exceptions, generally smaller

than the associated uncertainties (Fig. 4.4b; Appendix A.2.2). This close correspondence of mea-

sured and calculated δ30Si values demonstrates that Si is predominantly quasi-conservative in the

deep Atlantic. The sample most strongly offset from the 1:1 line in Fig. 4.4a is a sample from the

Bay of Biscay, whose chemistry (PO∗4, δ30Si, or both) is influenced by Mediterranean Overflow Wa-

ter (Gruber, 1998). There is a slight tendency of measured δ30Si values in the South Atlantic to be

marginally lower than calculated values (Fig. 4.4). These offsets are associated with samples from

the deep Angola basin, where seawater neodymium isotope compositions appear to be affected by

the Congo Fan (Rickli et al., 2009). The observed slight δ30Si deviations from pure mixing might thus

indicate that Si release from the Congo Fan (van Bennekom and Berger, 1984; Warren and Speer,

1991; Ragueneau et al., 2009) plays a minor role in modulating deep δ30Si values here.

The strongest control on the deep Atlantic δ30Si distribution is the physical circulation: Antarctic Bot-

tom Water advects a low δ30Si value of around +1.2‰ into the Atlantic from the south, while high δ30Si

values of +1.7‰ to +1.85‰ are introduced into the North Atlantic by the NADW-precursors. Mixing

between these water masses results in the observed small δ30Si gradients with depth in the water

column of individual stations, but also in the large-scale meridional δ30Si gradient. The propagation of

the high δ30Si signal from the North Atlantic also traces the path of deepwater circulation: as noted in

Section 4.3, the mid-latitude western Atlantic water column, which is strongly influenced by the deep

western boundary current transporting NADW southwards, displays both lower [Si] and higher δ30Si
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Figure 4.4: Quantifying the degree of conservativity of δ30Si for samples below 2000 m. (a) A cross-plot of measured δ30Si
values with δ30Simix values based on endmember contribution calculations (see Appendix A.2.2) shows good correspon-
dence between the two values. Note that the sample affected by Mediterranean Outflow Water (MOW) lies most strongly
away from the 1:1 line. (b) The latitudinal distribution of the deviation of measured δ30Si values from those expected from
mixing (∆δ30Simsr−mix ; see text) for the same samples, emphasizing that binary mixing explains deep δ30Si values over the
entire latitudinal range, with most sample plotting within error of ∆δ30Simsr−mix = 0. Errors are propagated from δ30Si and
δ30Simix values. Samples whose PO∗4 values were corrected to the North Atlantic endmember value of 0.76 µmol/kg (see
Appendix A.2.2) are indicated as gray datapoints in both panels.
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Figure 4.5: A cartoon illustration of large-scale features of the meridional overturning circulation, modified from Toggweiler
et al. (2006).

values than the eastern Atlantic at the same latitude (Supplementary Figure A.2, Table 4.2).

By documenting the quasi-conservativity of Si and emphasizing the dominant influence of circulation

on the δ30Si distribution, our data robustly confirm minimal influence of opal dissolution on the Si

distribution in the Atlantic (Broecker et al., 1991; Sarmiento et al., 2007), and indicate that processes

such as boundary exchange, which has been suggested to result in a significant flux of Si into the

global ocean (Jeandel et al., 2009), do not play a significant role in controlling the Si budget in the

deep Atlantic.

4.4.2 Origin of δ30Si signatures

The distinct δ30Si signatures of North Atlantic and Southern Ocean waters are at odds with their

homogeneity in δ15N-NO3 (e.g. Sigman et al., 2009a). Such a difference between these two broadly

comparable nutrient isotope systems is surprising, and must reflect a dissimilarity in the oceanic

cycles of Si and N. In the following, we first elucidate how the North Atlantic and Southern Ocean

water masses obtain their distinct δ30Si signatures, and the implications that this has for the oceanic

Si cycle. Comparison with the δ15N-NO3 system allows us to suggest a reason for the difference

between oceanic δ30Si and δ15N-NO3 distributions.

Toggweiler et al. (2006) introduced a cartoon representation of the ocean circulation that provides

an illustrative schematic framework for the following arguments (see also Gordon, 1991; Schmitz,

1996b,a). They separate the meridional overturning circulation (MOC) into two domains, or “loops”,

as shown in Fig. 4.5: a southern loop dominated by AABW, and a northern loop dominated by NADW,

fed by northward flow through the thermocline. These two domains interact to form Circumpolar Deep
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Water (CDW) that upwells in the Southern Ocean, feeding both circulation loops. The prolonged ex-

posure of the northern loop to biological activity at the surface leads to a strong depletion in nutrients.

Below, we explain the origin of deepwater δ30Si values in the context of this schematic, beginning

with the southern loop.

Antarctic Bottom Water forms in the high latitudes of the Southern Ocean, primarily in the Weddell

Sea (Weiss et al., 1979; Orsi et al., 1999), through a series of interactions of surface waters with shelf

waters densified by brine rejection (Foster and Carmack, 1976; Huhn et al., 2008). Due to a combina-

tion of high upwelling rates and micronutrient- and light-limitation of plankton growth (e.g. Chisholm

and Morel, 1991), these waters all contain high levels of macronutrients. The waters brought to the

surface Antarctic by upwelling of CDW thus experience little Si depletion before they sink and are

incorporated into AABW (Fig. 4.5), such that their nutrient properties remain similar to those of the

upwelling CDW. Furthermore, the sinking waters entrain significant volumes of surrounding water

as they traverse the slope, and experience strong mixing in the region of the Antarctic Circumpolar

Current, such that they exit the Southern Ocean containing a considerable admixture of CDW (e.g.

Mantyla and Reid, 1983). Considering this formation process, it is unsurprising that the δ30Si value

of AABW is indistinguishable from that of CDW at about +1.2‰ (this study and Cardinal et al., 2005),

a value that in turn must reflect the balance of silicon inputs to and outputs from the Southern Ocean.

The North Atlantic water masses that contribute to NADW (i.e. DSOW, ISOW and LSW), on the other

hand, are formed by the buoyancy loss of surface waters from lower latitudes that are transported into

the high-latitude North Atlantic by the Gulf Stream/North Atlantic Current (e.g. Hansen and Østerhus,

2000; McCartney and Mauritzen, 2001; Brambilla et al., 2008), as represented by the northern loop

of Fig. 4.5. Deep convection in the subpolar North Atlantic leads to the formation of Subpolar Mode

Water, including its densest type, Labrador Sea Water (McCartney and Talley, 1982; Brambilla et al.,

2008). Similarly, the Nordic overflows DSOW and ISOW are fed by light-to-dense conversions of wa-

ters of shallow North Atlantic origin in the Norwegian Sea (Mauritzen, 1996a,b; Hansen and Østerhus,

2000; Isachsen et al., 2007; Eldevik et al., 2009). In both of these cases, the surface waters that ex-

perience buoyancy loss have very low [Si] (Garcia et al., 2010b), such that, although they may have

elevated δ30Si values as a result of biological uptake of Si, they have limited potential to influence the

δ30Si value of a water mass formed by deep convection. This is because the Si budget – and thus

δ30Si signature – of the homogenized watermass formed by convection is strongly weighted (∼95%)

towards the entrained subsurface waters. In the case of both LSW and the Nordic overflows, these

subsurface waters possess North Atlantic characteristics (McCartney and Talley, 1982; McCartney

and Mauritzen, 2001). Thus, in order to trace the cause of the high δ30Si value of NADW, we must

understand what controls the Si budget, and thus δ30Si value, of the North Atlantic subsurface.
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4.4.3 Influence of the large-scale circulation

The northern loop of Fig. 4.5 indicates that the deep export of NADW from the North Atlantic is

compensated by northward flow of waters in the upper ocean. This feature is supported by numerous

observational constraints and inverse models (Schmitz and McCartney, 1993; Schmitz, 1995, 1996b;

Ganachaud and Wunsch, 2000; Sloyan and Rintoul, 2001b,a; Lumpkin and Speer, 2003, 2007).

The flow of upper Atlantic waters into the North Atlantic is associated with a northward transport

of nutrients in the subsurface (e.g. Rintoul and Wunsch, 1991) that strongly influences the North

Atlantic nutrient budget; indeed, the advective nutrient transport associated with the MOC is vital in

maintaining North Atlantic nutrient stocks in the long term (Williams et al., 2006; Palter and Lozier,

2008). Such a dominant term in the nutrient mass balance should be a strong control on the δ30Si

value of the North Atlantic subsurface. Below, we estimate a δ30Si value for this input.

Since the magnitude of diapycnal mixing in the main thermocline is small (Ledwell et al., 1993; Tog-

gweiler and Samuels, 1993b; Toole et al., 1994; Schmittner et al., 2009), it is likely that the nutrients

transported by the northward flow in the Atlantic thermocline are dominantly sourced from the wa-

ters that introduce nutrients into the thermocline in the south, i.e. SAMW and AAIW (Tsuchiya, 1989;

Schmitz and McCartney, 1993; Sarmiento et al., 2004a; Williams et al., 2006; Palter and Lozier, 2008;

Moore et al., 2009; Palter et al., 2010). The importance of a southern source of nutrients to the ther-

mocline is also indicated by the δ30Si systematics, in which the intersect between the upper- and

deeper-ocean δ30Si–1/[Si] relationships occurs at potential densities corresponding to these water

masses. The intermediate cross-equatorial transport into the North Atlantic takes place in the σθ

interval 26.8–27.2 (Schmitz, 1995, and references therein), which closely corresponds to the density

range of SAMW and AAIW in the South Atlantic (σθ = 26.8–27.3; Larqué et al. (1997); Sallée et al.

(2010)). The corresponding samples in our South Atlantic dataset have δ30Si values ranging from

+1.45‰ to +1.6‰, with an average of +1.5‰ when weighted by [Si] in the water mass. The NADW

complex being transported southwards at 45°N has a concentration-weighted average only slightly

higher than this (+1.6‰). In the context of the large-scale circulation represented by Fig. 4.5, this

similarity suggests that the 0.4‰ offset in δ30Si values between NADW and AABW is largely the re-

sult of the δ30Si difference between the water masses of Southern Ocean origin, i.e. between AABW

and SAMW/AAIW.

We investigate this possibility using an 8-box model based on the 7-box models of Toggweiler (1999)

and Reynolds (2009) (see Appendix A.2.3). As illustrated in Fig. 4.6a, the circulation simulated by this

model bears a close resemblance to the schematic view of Fig. 4.5. In its standard configuration, the

model reproduces the observed deep δ30Si gradient (Fig. 4.6b), which Reynolds (2009) has shown to

be a robust feature of such models. In order to identify the ultimate source of this gradient, a simple
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Figure 4.6: Results of the 8-box model. Panel a shows the model architecture, modified from Toggweiler (1999), with water
fluxes in Sv (solid lines) and particulate export (dashed gray arrows). Boxes are p: southern polar surface, s: subantarctic
surface, l : low-latitude surface, n: northern high-latitude surface, m thermocline and intermediate, ds: deep southern, dl :
deep low-latitude, dn: deep northern box. Panels b and c show model results with isotope fractionation during utilization
(represented by the isotope effect ε) prescribed (b) throughout the surface ocean and (c) everywhere in the surface ocean
except the surface Southern Ocean boxes (filled). It can be seen that the North Atlantic–Southern Ocean δ30Si gradient
produced by the control model b disappears in the test case c. Modeled Si concentrations are identical for both model runs.

test is performed: by “switching off” isotope fractionation during utilization in the surface Southern

Ocean, the model is prevented from creating an isotopic difference between intermediate and deep

Southern Ocean waters. This approach has the advantage of leaving the elemental distribution of Si

unaffected, which considerably simplifies the interpretation of model results. In this test configuration

(Fig. 4.6c), the δ30Si value of the North Atlantic is essentially identical to that of the deep Southern

Ocean, despite isotope fractionation in the low- and high northern latitude surface ocean and a deep

[Si]-gradient identical to that of the standard configuration. The presence of a deep δ30Si gradient in

the model is thus dependent upon the introduction of a high-δ30Si signal into intermediate waters from

the surface Southern Ocean. This model result thus supports the inference, based on knowledge of

the large-scale circulation and the similarity between SAMW/AAIW and NADW δ30Si values, that the

transport of Si with a high δ30Si value into the North Atlantic by the upper return path of the MOC must

play an important role in producing the δ30Si difference between NADW and AABW. Silicon uptake

and isotope fractionation by diatoms in the surface Southern Ocean thus effectively fractionate Si

isotopes between the two MOC loops of Fig. 4.5, producing a Si biogeochemical divide analogous to

that for carbon (Marinov et al., 2006).

4.4.4 Si and N cycles

If the contrast in the δ30Si signatures of NADW and AABW is due in large part to a δ30Si difference

between shallow and deep Southern Ocean waters, we should address (a) what in turn causes this

difference, and (b) why this process does not result in a similar contrast in δ15N-NO3. A comparison of

δ30Si and δ15N-NO3 data in the Southern Ocean is highly instructive in this regard (Fig. 4.7; Sigman

et al., 2000; Cardinal et al., 2005; DiFiore et al., 2006).
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Sigman et al. (2000) found that δ15N-NO3 values in the Subantarctic thermocline were too low to be

explained by mixing in the Subantarctic alone (Fig. 4.7a), and hypothesized that this feature might

be due to the influence of subtropical waters whose isotopic composition has been affected either

by nitrogen fixation or by mixing with very N-depleted low-latitude surface waters. The same mixing

calculation for the δ30Si data of Cardinal et al. (2005) reveals that, unlike δ15N-NO3, δ30Si values in the

Subantarctic thermocline are consistent with mixing between Antarctic and Subantarctic waters (Fig.

4.7b), as also concluded by Fripiat (2010). Figure 4.8 clearly illustrates the relationship between the

salinity minimum of AAIW in the Subantarctic subsurface and elevated δ30Si values there (Fig. 4.8b),

an association that is not observed to the same extent for δ15N-NO3 (Fig. 4.8a). Considering that

mixing with low-nutrient subtropical surface waters should affect both δ30Si and δ15N-NO3 values in

the Subantarctic thermocline to a similar degree, we suggest that the lower-than-expected δ15N-NO3

of the Subantarctic thermocline (Fig. 4.7a) results rather from the influence of low-latitude nitrogen

fixation.

This suggests a cause for the difference between the oceanic δ30Si and δ15N-NO3 distribution at the

basin scale: SAMW/AAIW δ15N-NO3 values are depressed even at high latitudes due to the influence

of regions of nitrogen fixation, a signal that is reinforced by “downstream” nitrogen fixation at low

northern latitudes (Knapp et al., 2008) that further reduces the δ15N-NO3 of the Atlantic thermocline.

No such complexity influences the Si isotope system, such that southern mode and intermediate

waters (a) form with a higher δ30Si value than the deep Southern Ocean and (b) can impart this high

value to the entire Atlantic thermocline. The MOC-driven nutrient transport into the North Atlantic

– the northern loop of Fig. 4.5 – is thus significantly different in δ30Si, but not in δ15N-NO3, from

the deep Southern Ocean. The δ30Si and δ15N-NO3 signatures of NADW thus ultimately reflect

processes related to the interaction of biology and the physical circulation in the Southern Ocean

(nutrient utilization, water mass subduction) and the global low-latitude upper ocean (nitrogen fixation,

thermocline ventilation, MOC closure).

4.5 Global δ30Si distribution: Perspectives

Although the focus of this paper is the biogeochemistry of Si in the Atlantic Ocean, it would be amiss

not to at least briefly discuss this first comprehensive Atlantic δ30Si dataset in the global context. In

their “first look” at seawater δ30Si values, De La Rocha et al. (2000) argued for a diatom dissolution

flux into deepwaters with, on average, a lower δ30Si value than seawater. Beucher et al. (2008), in

contrast, utilized a compilation of Southern Ocean and Pacific data to argue for a δ30Si value of the

dissolution flux that is higher than that of deepwaters. This study has highlighted the important role,

also recognized by De La Rocha et al. (2000), that physical processes – i.e. deepwater formation
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and nutrient transport by the ocean circulation – play in setting deep ocean δ30Si values. We would

thus argue that global deepwater δ30Si gradients cannot be interpreted quite as simply as either of

these previous contributions has done. Rather, interpretation of the oceanic δ30Si distribution must

consider the influence of both biological cycling and ocean circulation – that is, the remineralized and

preformed contributions to the observed δ30Si distribution.

Such analyses may be performed in the quantitative framework of global circulation models (GCMs),

provided that these models conform to the observational constraint of a strong deepwater δ30Si gra-

dient, which is not the case for the only published GCM study (Wischmeyer et al., 2003). Reynolds

(2009) did reproduce this gradient with box models, but could not adequately explain the disagree-

ment with GCM results. In fact, several plausible reasons do exist for the inability of Wischmeyer

et al.’s (2003) model to produce deepwater δ30Si gradients. An evaluation of the ventilation behav-

ior of 13 ocean models (Dutay et al., 2002) has demonstrated that the physical model employed by

Wischmeyer et al. (2003) strongly underestimates the ventilation of intermediate waters, which our

analysis would indicate are vital for the production of a large-scale deepwater δ30Si gradient. The

poor intermediate water ventilation in Wischmeyer et al.’s (2003) model might be due to its repre-

sentation of lateral mixing (Maier-Reimer et al., 1993), which does not parametrize the advection of

density and tracers by mesoscale eddies (Gent and McWilliams, 1990). This eddy-induced transport

plays an important role in the subduction of water masses in the Southern Ocean (Marshall, 1997),

and its correct parametrization has been shown to improve GCM representation of the oceanic Si

cycle (Gnanadesikan, 1999a; Gnanadesikan and Toggweiler, 1999). Additionally, models lacking the

Gent-McWilliams parametrization tend to overestimate the Si export flux from the Southern Ocean

(Gnanadesikan, 1999a; Dunne et al., 2007), which is perhaps why the coupled biological-physical

model of Wischmeyer et al. (2003) displays its strongest deviation from observational [Si] data in the

surface Southern Ocean, suggesting that Si cycling in this region is inaccurately captured. Further-

more, the physical model in Wischmeyer et al.’s (2003) study employed an upwind tracer advection

scheme (Maier-Reimer et al., 1993) that results in large numerical diffusion (e.g. Gerya, 2010). This

implicit strong mixing might inhibit large isotopic gradients at depth, as well as diluting any high-δ30Si

signal in intermediate waters by strong vertical mixing with the deep. It is thus possible that the com-

bination of these dynamical and biogeochemical weaknesses prevented Wischmeyer et al.’s (2003)

model from forming southern intermediate and mode waters with the correct biogeochemical prop-

erties, such that it did not accurately represent the northward MOC-driven nutrient transport. Future

modeling efforts should focus on reproducing the large-scale, first-order observational constraints

that we have documented here.
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4.6 Summary and Conclusions

Our high-precision δ30Si dataset for the Atlantic Ocean demonstrates the strength of seawater δ30Si

as a tracer of the biogeochemical cycling of Si in the sea. The stable isotope composition of dissolved

silicon traces mixing between water masses of North Atlantic and Southern Ocean origin, which

implies that Si has no significant sources or sinks at depth in the Atlantic Ocean. The contrasting

δ30Si values of the North Atlantic and the deep Southern Ocean are, in turn, most likely the result of

the fractionation signature introduced into the thermocline by the interaction of biological Si uptake

with mode- and intermediate-water mass formation at high southern latitudes. Biological activity in

the surface Southern Ocean thus imparts distinct δ30Si values to the two “loops” of Toggweiler et al.’s

(2006) MOC representation, with the large-scale interaction of these loops producing the basin-scale

Atlantic δ30Si distribution.

The Si isotope data presented here thus provide strong evidence for a regime of nutrient transport

in the ocean that is closely coupled to lateral transports related to the meridional overturning circu-

lation. In combination with our box-modeling approach, the δ30Si data robustly and independently

corroborate previous inferences (Sarmiento et al., 2004a) of the importance of the Southern Ocean’s

biogeochemical divide (Marinov et al., 2006) in determining global oceanic nutrient distributions, and

thus the distribution and magnitude of oceanic primary productivity. Furthermore, the pathways of

large-scale tracer transport in the ocean are directly relevant to the fundamental mechanisms driv-

ing the MOC (Gnanadesikan, 1999b). The insights provided by seawater δ30Si data thus reach far

beyond the oceanic Si cycle and touch upon fundamental questions in modern oceanography.



Chapter 5

Controls on δ30Si in the Atlantic

thermocline∗

Abstract

The distribution of nutrients within the global low-latitude thermocline regulates the magnitude and

distribution of oceanic primary productivity, with implications for marine food webs and ocean– atmo-

sphere CO2 exchange. We present a high-precision dataset of the stable isotope composition (δ30Si)

of dissolved silicon (Si) in the thermocline of the Atlantic Ocean that provides new insights into the

processes governing the thermocline distribution of Si. Although depth profiles of δ30Si values vary

with location, the entire sampled thermocline exhibits a single, coherent δ30Si–[Si] relationship. The

Atlantic δ30Si systematics reveals the presence of two biogeochemical regimes of Si cycling, sepa-

rated by lower-thermocline waters of Southern Ocean origin. The pivotal role of these water masses

bears witness to their importance as a source of Si to the Atlantic thermocline. Within the thermo-

cline, high δ30Si values are not restricted to the euphotic zone where fractionation of Si isotopes by

diatom productivity takes place, but extend significantly into the subsurface. The presence at depth of

elevated δ30Si values, which trace Si that has been previously fractionated at the surface, documents

that a significant proportion of the Atlantic Si inventory is preformed, i.e. transported into the interior

by the circulation. Thermocline ventilation and the associated mixing processes are thus instrumental

in determining the thermocline δ30Si distribution by introducing the signal of biological Si utilisation

into the interior. This emphasizes the importance of physical ventilation processes, and their in-

teraction with biological nutrient drawdown over the surface ocean, in determining the thermocline

distribution of Si.
∗A version of this chapter will be submitted to Global Biogeochemical Cycles as G. F. de Souza, B. C. Reynolds, and B.

Bourdon: “Strong physical control on the silicon stable isotope distribution in the oceanic thermocline”.
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5.1 Introduction

The supply of nutrients from the shallow subsurface ocean supports marine primary productivity in the

ocean’s sunlit surface layer, the euphotic zone. The food web that is supported by this photosynthetic

production of fixed carbon produces organic matter that sinks through the oceanic water column.

Some of this organic matter escapes degradation in the shallow subsurface – both in the seasonal

thermocline accessible to wintertime entrainment, and in the main thermocline below it – and exports

nutrients and carbon to the deep sea, where they are sequestered for tens to hundreds of years.

Thus, in order for primary productivity to be maintained on multiannual timescales (Williams and

Follows, 2003), the shallow subsurface nutrient inventory must be replenished by a flux of dissolved

nutrients from the deep ocean into the main thermocline, and from there to the seasonal thermocline,

which interacts with the euphotic zone over the annual cycle.

In the classical view, this nutrient transfer is directed vertically everywhere in the ocean, with nutrients

being supplied from below by upwelling and/or turbulent mixing across density surfaces. However, nu-

merous observations (e.g. Rooth and Östlund, 1972; Toole et al., 1994; Ledwell et al., 1998) indicate

that such diapycnal mixing is inhibited by the strong density gradient of the open ocean thermocline,

requiring that both the replenishment of thermocline nutrients and their distribution within the ther-

mocline be re-interpreted in the context of a thermocline that mixes primarily along density surfaces,

i.e. a thermocline that is to a large degree isopycnal, or adiabatic (Iselin, 1939; Stommel, 1979;

Luyten et al., 1983), with diapycnal mixing restricted to a few suitable locations (Munk and Wunsch,

1998; Naveira Garabato et al., 2004). Williams and Follows (1998) were the first to emphasize the

importance of lateral, wind-driven processes in transferring nutrients from the main thermocline to the

euphotic zone at the scale of the subtropical gyre, whilst Sarmiento et al. (2004a) demonstrated the

near-global importance of mode waters formed at high southern latitudes for the transfer of nutrients

from the deep ocean to the base of the main thermocline.

Since the distribution of nutrients in the thermocline determines the distribution (Palter et al., 2005),

magnitude (Sarmiento et al., 2004a) and ecological assemblage (Egge and Asknes, 1992; Cermeño

et al., 2008) of low-latitude primary productivity, a more complete understanding of the processes re-

sponsible for the observed nutrient tracer fields will improve our understanding of the ultimate controls

on primary productivity, allowing better assessments of how ocean productivity may change in the fu-

ture (Sarmiento et al., 2004b; Cermeño et al., 2008) and why it has changed in the past (Brzezinski

et al., 2002; Kohfeld et al., 2005; Galbraith et al., 2008).

The export of organic matter to the deep ocean is strongly driven by diatoms (Buesseler, 1998),

siliceous phytoplankton with an opportunistic ecological strategy (Margalef, 1978) that results in their

forming large blooms in times of sufficient nutrient availability, followed by population collapse and
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Figure 5.1: A one-dimensional schematic indicating the effect of biological cycling on oceanic δ30Si values. Consider an
initially homogeneous water column (panel a; gray band marks the euphotic zone); diatom utilization of Si in the euphotic
zone (panel b) will result in a decrease in [Si] and corresponding increase in δ30Si value of the euphotic zone, since diatoms
preferentially incorporate the lighter isotopes of Si. The subsequent export and dissolution (panel c) of this diatom opal with
low δ30Si value (with or without accompanying isotope fractionation) will lead to decrease in δ30Si values in the subsurface.
The panels of the schematic may be viewed as snapshots of a stagnant water column or equilibria of a purely advective
(upwelling) scheme and follow from simple isotopic mass balance. Whilst the exact shape of the gradient produced by
dissolution in panel c depends on the assumed depth evolution of the opal dissolution flux, mass balance demands that
dissolution lower the δ30Si value of the subsurface, such that it cannot produce a δ30Si gradient towards the δ30Si value of
the euphotic zone.

sinking once nutrients are depleted. This boom–bust behavior makes diatom productivity and export

the most important mechanism for the cycling of silicon (Si) within the ocean (Tréguer et al., 1995;

DeMaster, 2009) and strongly couples the marine cycles of carbon and Si (Smetacek, 1999; Dugdale

and Wilkerson, 2001). The stable Si isotope composition of silicic acid in seawater (expressed as

δ30Si; see Section 5.2.2) is an excellent tracer of this cycling, since the uptake of silicic acid by

diatoms in the euphotic zone is associated with Si isotope fractionation (De La Rocha et al., 1997):

diatoms preferentially incorporate the lighter isotopes of Si into their opaline frustules, such that a

dissolved Si pool that has been partially utilized by diatoms in the euphotic zone is enriched in its

heavier isotopes, and hence bears a high δ30Si value (e.g. Cardinal et al., 2005). The dissolution of

diatom opal, on the other hand, tends to lower seawater δ30Si values, an effect that might be amplified

by Si isotope fractionation during opal dissolution (Demarest et al., 2009). Seawater δ30Si values may

thus be applied to infer the processes that are are dominantly responsible for the observed oceanic

Si distribution, and pathways by which oceanic Si transport takes place.

In this contribution, we focus on the δ30Si distribution in the main thermocline, where the strongest

δ30Si depth gradients are seen (Reynolds et al., 2006a; Beucher et al., 2008, 2011). Thus far, the ori-

gin of these gradients has not been discussed in detail. This is surprising, since it is not obvious how

they are produced: as illustrated by the one-dimensional (1D) schematic of Fig. 5.1, the biological

cycling processes discussed above cannot produce the observed higher δ30Si values in the subsur-

face water column. Some other processes must thus introduce high δ30Si values, produced in the

euphotic zone, into the subsurface. We utilize our Atlantic thermocline δ30Si data, which represent
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the first comprehensive δ30Si dataset from the subducted thermocline, to elucidate the processes by

which the subsurface gradients in δ30Si are produced. We show that the Atlantic δ30Si systematics

documents a decoupling of thermocline Si cycling from the deep ocean, which provides evidence

for the importance of Southern Ocean sources of nutrients to the thermocline and minimal influence

of low-latitude deepwater upwelling. By considering the magnitudes of the relevant processes and

their timescales, we show that the vertical δ30Si gradient within the thermocline must be related to

the preformed component of Si, which is transported into the thermocline during water mass subduc-

tion. In the conceptual framework of ventilated thermocline theory (Luyten et al., 1983), we elucidate

the processes by which this preformed δ30Si gradient may come about, and discuss the processes

that lead to the coherent δ30Si systematics of the Central Waters of the Atlantic thermocline. This

analysis provides insights into the complex series of physical–biological interactions that controls the

distribution of Si within the ventilated thermocline.
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5.2 Methods

5.2.1 Sample Collection

Our sampling of the Atlantic thermocline can be viewed as a combination of two strategies: six

stations cover a wide latitudinal range of the eastern Atlantic at relatively low depth resolution, while

two stations in the eastern and western Atlantic are sampled at high depth resolution (≤ 100 m in the

thermocline). This combination allows both a broad overview of the Atlantic thermocline distribution,

as well as a more detailed analysis of selected depth profiles.

A total of 61 seawater samples from the Atlantic Ocean and adjacent basins, previously introduced in

Chapter 4, are included in this study, although our discussion will focus primarily on 30 samples with

potential density σθ ≤ 27.3. Twenty-nine samples were collected at 6 stations from the Bay of Biscay

to the Cape Basin in the eastern Atlantic Ocean, during expedition ANT XXIII/1 of R/V Polarstern

(Rickli et al. (2009); October–November 2005; see Fig. 5.2 and Table 4.1 for all station locations).

Two detailed profiles (17 samples each) from the tropical Brazil and Angola Basins were collected

during expedition KN192-5 of R/V Knorr (November–December 2007). In addition, two samples from

Drake Passage (R/V Polarstern expedition ANT XXIII/3) were procured. All samples were filtered

onboard using either 0.45 µm nitrocellulose (Polarstern) or 0.45 µm polycarbonate (Knorr ) filters.

Samples from the Polarstern expeditions were acidified onboard with 0.1% v/v distilled 9.5 M HCl

(Rickli et al., 2009), while samples from expeditions KN192-5 were acidified with 0.1% v/v distilled 6

M HCl in the laboratory at least 12 hr before preconcentration.

5.2.2 Sample Preconcentration and Analysis

A detailed description of sample processing and isotopic analysis is given in Chapter 4. Briefly, Si

is pre-concentrated from seawater samples by co-precipitation with brucite, following a method mod-

ified from Karl and Tien (1992). After this preconcentration step, cation exchange chromatography

(AG50W-X8; BioRad Laboratories) is employed to separate uncharged H4SiO4 from the cationic ma-

trix. The stable isotopic composition of Si is subsequently measured on a high-resolution MC-ICPMS

(NuPlasma 1700; Nu Instruments, UK) using a standard–sample bracketing protocol. Silicon stable

isotope composition is reported as the deviation from the standard reference material NBS28, δ30Si,

expressed in permil:

δ30Si (in ‰) =




(
30Si
28Si

)
sample(

30Si
28Si

)
NBS 28

− 1


× 1000
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The long-term external reproducibility of our δ30Si analyses is ±0.12‰ (2σSD), as estimated from

the variance of >300 measurements of the secondary isotopic standard Diatomite (Brzezinski et al.,

2006; Reynolds et al., 2007) over >3 yr. The average δ30Si value of Diatomite measured over this

period is +1.22±0.01‰ (2σSEM), which is consistent with the inter-laboratory comparison study of

Reynolds et al. (2007). Except in the case of near-surface samples with low amounts of Si, reported

sample δ30Si values are the mean of at least 3, and up to 11, complete replicate analyses in at least

2 separate analytical sessions. External errors on the seawater data, reported as 2 standard errors

of the mean (2σSEM), are usually ±0.07‰ or better (see Table 4.2).

In this contribution, the notations Si, [Si] and δ30Si will refer to dissolved silicon (i.e. silicic acid), its

concentration and isotopic composition respectively.
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Figure 5.3: Full depth profiles of (a) δ30Si, (b) Si concentration and (c) salinity for two stations from the eastern (Angola
Basin, open squares) and western (Brazil Basin, solid squares) Atlantic Ocean. The gray bar in all panels corresponds to
the depth of the salinity minimum associated with AAIW.

5.3 Results

Values of δ30Si increase upwards in the water column from +1.2‰ in bottom waters to almost +3‰

in the surface mixed layer (see Table 2 and examples in Fig. 5.3). The δ30Si gradient is strongest

within the thermocline, above the salinity minimum associated with Antarctic Intermediate Water (Fig.

5.3c). Figure 5.4 shows the upper ocean distributions of [Si] and δ30Si at two stations (Stas 3 and

13 from expedition KN192-5) in the eastern and western South Atlantic (Angola and Brazil Basins

respectively). The depth profiles in Fig. 5.4a and 5.4b show close similarity in both [Si] and δ30Si

values up to a depth of ∼200 m, above which they diverge. When plotted against potential density

σθ, however, the [Si] and δ30Si distributions are very similar at both stations (Fig. 5.4d and e).
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Figure 5.4: Upper ocean profiles above the depth of the salinity minimum (see Fig. 5.3). Depth profiles of (a) δ30Si, (b) Si
concentration and (c) potential density are shown in the upper panels, whilst in the lower panels (d) δ30Si, (e) [Si] and (f )
[NO3] are plotted against potential density. In panels e and f, the gray shaded areas emphasize the difference between the
strong remineralization signal observed for [NO3] in the Angola Basin, as opposed to a minor [Si] signal.

There is generally a surprisingly strong coherence in the δ30Si systematics throughout the sampled

Atlantic thermocline, as illustrated by the relationship between δ30Si and [Si]: values of δ30Si show

well-defined relationships with both [Si] and its reciprocal 1/[Si], as shown in Fig. 5.5. The δ30Si–

1/[Si] relationship (Fig. 5.5b) exhibits two linear relationships intersecting at a 1/[Si] value (0.09–0.06)

corresponding to water samples with σθ of 26.8–27.0. In a θ–S diagram (Fig 5.6), it can be seen

that almost all samples defining the thermocline (i.e. σθ ≤ 27) δ30Si–1/[Si] relationship are from the

Central Waters of the Atlantic thermocline, with samples from all but one station (Sta 11 of expedition

ANTXXIII/1) within the South Atlantic Central Water (SACW). Exceptions are three samples from the

Bay of Biscay that are denser and Si-poorer than most other samples with similar δ30Si values (Fig.

5.5b). Water-column structure, as evinced by θ–S curves (Fig. 5.6), is considerably different in the

Bay of Biscay, reflecting the influence of Mediterranean Overflow Water (MOW).
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5.4 Discussion

Unlike the continuous [Si] and δ30Si depth profiles (Fig. 5.3), the Atlantic δ30Si systematics exhibits

a surprisingly sharp discontinuity: the Atlantic δ30Si–1/[Si] relationship (Fig. 5.5b) consists of two

intersecting linear arrays. In Chapter 4, we show that the steep array in deepwaters (σ2 ≥ 36.95)

is related to the mixing of Si from northern and southern deepwater sources. Shallower waters do

not extend this deepwater array, but scatter closely around a linear relationship with lower slope,

extending towards samples in the euphotic zone where Si isotopes are actively fractionated during

diatom uptake of Si. Interestingly, the intersection between these two arrays is associated with waters

characterized by potential densities of σθ = 26.8–27 (colors in Fig. 5.5b) and negative values of Si*

around –15 µM (Si* = [Si] - [NO3]; Table 2 and Supplementary Figure A.10). Thus, potential den-

sities at the sharp discontinuity in the Atlantic δ30Si–1/[Si] relationship correspond to a fundamental

oceanographic feature, the base of the main thermocline. Additionally, the negative Si* values are

characteristic of Subantarctic Mode Water (SAMW), which ventilates the base of the main thermo-

cline from the south (e.g. Hanawa and Talley, 2001) and has been shown to play a vital role in the

replenishment of thermocline nutrients (Sarmiento et al., 2004a; Palter et al., 2010).

These observations indicate that the dichotomy in the Atlantic δ30Si–1/[Si] relationship is brought

about by the coherent evolution of δ30Si values of thermocline waters from the pivotal intersection

point reflecting SAMW. A simple, coherent δ30Si–1/[Si] relationship applies to the entire latitudinal

range of the thermocline sampled in this study, with a clear and continuous gradation in δ30Si val-

ues with potential density (Fig. 5.5b) except in the Bay of Biscay, which is influenced by overflows

from the Mediterranean Sea. Taken together, these characteristics imply a strong control of physical

ocean structure on the δ30Si distribution. Although such a strong physical influence on a nutrient

that is cycled through the upper ocean might seem counterintuitive, it is consistent with the nature of

dissolved chemical tracers, which record a signal that is integrated over their residence time within

the system. This necessitates that we interpret the thermocline δ30Si distribution in the context of the

circulation and ventilation of the thermocline – an approach that is necessary to explain the observed

δ30Si systematics.

5.4.1 Relevant controls on δ30Si

The fractionation of Si isotopes during the uptake of Si by diatoms in the euphotic zone (De La Rocha

et al., 1997) is the ultimate source of the δ30Si gradients observed within the ventilated thermocline

(and, indeed, the global ocean). However, diatom uptake cannot, of course, be directly responsible

for any variability in waters outside the near-surface region of active uptake, and thus other processes

must transmit the high-δ30Si signal of utilization into the subsurface. Taken at face value, the linear
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δ30Si–1/[Si] relationship defined by thermocline waters (Fig. 5.5b) implies mixing between basal

thermocline and near-surface waters (e.g. Albarède, 1996). However, the diapycnal diffusivity of the

open ocean thermocline is not sufficiently large (e.g. Toggweiler and Samuels, 1993b; Ledwell et al.,

1993; Toole et al., 1994) to be relevant over the lengthscales related to the observed δ30Si–1/[Si]

relationship – i.e. ∼500 m depth and ∼5000 km length. This is illustrated by the thermocline Péclet

number that compares vertical diffusive and lateral advective timescales, which has a value of 50

(see Appendix A.3.1). The indicated importance of lateral (strictly, isopycnal) advection is consistent

with the clear gradation of δ30Si values with potential density (Fig. 5.5b), a point we shall return to

later.

The dissolution of sinking diatom opal is typically implicitly or explicitly assumed to cause δ30Si gra-

dients in the upper mesopelagic ocean (e.g. Cardinal et al., 2005; Beucher et al., 2011). This as-

sumption stems from the intuitive deduction that the inventory of Si contributed by opal dissolution

should increase with depth. Since diatom opal generally bears low δ30Si values (e.g. core-top and

suspended opal in De La Rocha et al., 1998; Varela et al., 2004; Pichevin et al., 2009), this increasing

contribution should result in lower δ30Si values. Additionally, isotope fractionation during opal disso-

lution (Demarest et al., 2009) bears the potential to further amplify this effect. In other words, this

view expands the simple 1D schematic of Fig. 5.1, by taking into account the increasing age of water

parcels with depth, which allows them to accumulate more remineralized nutrients. This holds true

for the subducted thermocline as well, where estimated ventilation ages increase by a factor of 2–5

(Sabine et al., 2005; Karstensen et al., 2008) over the σθ range of the thermocline δ30Si–1/[Si] rela-

tionship. However, it is important to note that the degree to which the isotopic signal of opal dissolution

is expressed depends not on the inventory of remineralized Si, but its relative contribution to total Si

– i.e. on the proportion of remineralized to preformed Si in the water parcel. Whilst the preformed

contribution to total Si is generally low in the thermocline (Sarmiento et al., 2004a), it does increase

significantly with depth. Lighter isopycnals ventilated within the subtropical gyre are estimated to have

low preformed [Si] (1–3 µM; e.g. Poole and Tomczak, 1999), while the σθ = 27 isopycnal exhibits a [Si]

of around 10 µM near its winter outcrop at ∼50°S (Garcia et al., 2010b). This increasing contribution

of preformed Si diminishes the potential of opal dissolution to significantly change δ30Si value. In ad-

dition, the Si dissolution flux with depth decreases, due a decrease in both the sinking opal flux and

water temperature by 20–50% and ∼8°C respectively over the 100–400m depth range (Ragueneau

et al., 2002; Sarmiento and Gruber, 2006; Sarmiento et al., 2007; Loucaides et al., 2011).

The change in relative importance of ventilation versus remineralization over the depth range of the

thermocline can be assessed by scale analysis (e.g. Palter et al., 2005): consider the dimensionless

number UC/LJdiss, which is the ratio of the timescales of remineralization and ventilation (where U

is lateral velocity, C is a reference (preformed) Si concentration, L is the length scale and Jdiss is the
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dissolution rate). Over the depth range of the thermocline, the ventilation timescale L/U increases by

a factor of 2–5, whilst the dissolution timescale C/Jdiss increases by a factor of 3–10 (see Appendix

A.3.1). This results in an increase in the value of UC/LJdiss with depth in the thermocline, from

∼1 just below the mixed layer to ∼10 at the depth of the σθ = 27 isopycnal (see Appendix A.3.1).

The scale analysis thus indicates that, rather than increasing, the influence of opal dissolution dimin-

ishes across the thermocline δ30Si gradient. Thus, opal dissolution cannot be the first-order process

responsible for the decrease in δ30Si with depth.

The above analysis has an important implication: if the observed thermocline δ30Si gradient cannot

be related to remineralized Si, it must be associated with the preformed component of Si, introduced

in dissolved form into the subsurface by the physical circulation during water mass subduction. This

can be conceptualized by considering that high δ30Si values are a signal of diatom Si uptake at the

surface of the ocean. Values of subsurface δ30Si that are higher than the δ30Si value of the source of

Si for productivity (ultimately, the deep ocean) must thus document the presence of Si that has been

fractionated within the surface ocean, i.e. preformed Si.

The inferred dominant preformed-Si influence on subsurface δ30Si values implies that (a) hydro-

graphic control on the thermocline δ30Si distribution should be relatively strong and (b) δ30Si should

be invariant along isopycnals given low diapycnal mixing. These expectations are borne out by the

detailed upper ocean δ30Si and [Si] profiles from the eastern and western South Atlantic (Fig. 5.4a

and b), which exhibit surprising similarity despite a separation of nearly 3000 km and the proximity

of the eastern profile to the Namibian oxygen minimum zone (OMZ). The sections of the [Si] and

δ30Si distributions that do diverge in the depth profiles (the upper ∼200 m) become exactly (δ30Si)

or almost ([Si]) identical when plotted against σθ (Fig. 5.4d and e), which accounts for differences

in the water column structure of the two stations (Fig. 5.4c). The constancy in δ30Si values along

isopycnals suggested by Fig. 5.4d is robustly confirmed by the single, simple δ30Si–σθ relationship

for all thermocline samples (Supp. Fig. A.11).

The similarity observed for [Si] is in marked contrast to the [NO3] distribution (Fig. 5.4f), which shows

an excess of NO3 associated with the OMZ in the east. The general applicability of this clear contrast

is shown by the zonal WOCE section A08 (11°S; Supp. Fig. A.12), which exhibits minimal east-west

gradients in [Si] along thermocline isopycnals, contrasting with significant gradients in [NO3]. This

contrasting behavior of [Si] and [NO3] suggests that the effect of remineralization is considerably less

pronounced for Si than for the other macronutrients (compare the size of the gray fields in Fig. 5.4e

and f). Such [Si] differences as do exist between the two stations in Fig. 5.4e – presumably due to

opal dissolution – do not produce a significant difference in δ30Si values.

These observations thus confirm our inference, drawn initially from simple scale analysis, that the

observed vertical gradient in thermocline δ30Si values is related to a δ30Si gradient in the preformed
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component of Si. In the following, we elucidate how such a gradient may be created in the context of

a simple schematic view of thermocline ventilation.

5.4.2 Producing a preformed δ30Si gradient

Figures 5.4d, 5.5b and A.11 show that higher δ30Si values are associated with the lower [Si] of

shallower thermocline isopycnals (Fig. 5.4d, e; Supp. Fig. A.11), whilst deeper isopycnals exhibit

lower δ30Si values at higher [Si]. The strong isopycnal control on the δ30Si distribution necessitates

that we consider how and where the thermocline is ventilated, and how it gains its preformed nutrient

inventory.

Figure 5.7 is a simple schematic of thermocline ventilation based on adiabatic thermocline theory

(Stommel, 1979; Luyten et al., 1983) and incorporating the mechanisms by which nutrients are sup-

plied to the subtropical gyre (Williams and Follows, 2003). The ventilation of the thermocline isopyc-

nals is achieved in the region of their wintertime surface outcrop, through the subduction of surface

waters below the depth of the seasonal thermocline, a process driven by a combination of Ekman

pumping and lateral mode water subduction (e.g. Karstensen and Quadfasel, 2002). In the Atlantic,

the outcrop region spans the subtropical gyre, with shallower isopycnals being ventilated further north

than deeper ones (Fig. 5.7). These shallower isopycnals are associated with a higher preformed δ30Si

value, which implies that – analogous to its θ–S distribution (e.g. Iselin, 1939; Poole and Tomczak,

1999) – the vertical δ30Si gradient in the thermocline reflects an isotopic gradient set up at its sur-

face. Following the path of nutrients within the subtropical gyre allows us to suggest how this surface

gradient may be produced.

In an oceanic regime where the diapycnal flux of nutrients from the deep ocean is small, the primary

means of replenishing thermocline nutrients is by lateral transport across the poleward boundary of

the subtropical gyre (Williams and Follows, 2003), the Subtropical Front (STF), where a combination

of both wind-driven Ekman transport as well as diffusive and advective eddy fluxes carries Si and

other nutrients into the thermocline from the Subantarctic, both at the surface and at depth (Fig.

5.7). Consider any surface ocean volume bounded by two isopycnals and the base of the seasonal

thermocline in Fig. 5.7: over the annual cycle, the Si pool supplied to this volume by the geostrophic

circulation is (a) partially utilized in the euphotic zone and exported to the seasonal thermocline and

deeper, (b) partially subducted into the permanent thermocline at the end of winter, and (c) partially

transported further into the gyre within the seasonal thermocline, which shoals equatorward. Thus,

Si is cycled numerous times within the seasonal thermocline as it is transported further into the gyre

(Williams and Follows, 1998), where the lighter thermocline isopycnals are ventilated. Since a portion

of the opal in each surface ocean volume is exported below the seasonal thermocline (Fig. 5.7), there
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Figure 5.7: Schematic view of the processes transporting Si into and within the ventilated thermocline. White-headed
arrows are Ekman and geostrophic transport at the STF and in the gyre interior respectively, solid horizontal arrows are
eddy advective (‘bolus’) fluxes, dotted arrows are eddy diffusive fluxes. Particle export is indicated by downward wavy
arrows, whilst the black arrows crossing the seasonal pycnocline represent the annual subduction flux. The shading
gradient schematically reflects [Si] and δ30Si, with darker grays corresponding to lower [Si] and higher δ30Si values.

is potential to produce a fractionation signal: since opal preferentially incorporates the lighter isotopes

of Si, this series of utilization, remineralization and export events will result in an increase in δ30Si

value of the Si available for biological utilization toward the center of the gyre. Thus, a gradient in

[Si] and δ30Si values is set up within the seasonal thermocline that is subducted annually into the

permanent thermocline (gray shading in Fig. 5.7).

Considering the interaction of biological nutrient utilization within the euphotic zone with the gyre-

scale nutrient transport thus provides a mechanism for the development of a preformed δ30Si gradient

within the thermocline. The simplicity of the observed δ30Si–1/[Si] relationship may be explained by

the fact that the thermocline is ventilated primarily in a few highly dynamic ocean regions such as the

Brazil–Malvinas Confluence (Fig. 5.2; Gordon, 1981; Sprintall and Tomczak, 1993; Karstensen and

Quadfasel, 2002) that are associated with intense eddy activity (e.g. Legeckis and Gordon, 1982).

Thus, the mechanisms of thermocline nutrient transport considered above take place over a back-

ground of significant mixing (Gordon, 1981; Piola and Matano, 2001) and mass exchange between

the subtropical gyre and the Subantarctic (e.g. McCartney, 1982; Maamaatuaiahutapu et al., 1999;

Jullion et al., 2010). The eddy fluxes play an important role in transferring nutrients to the gyre

(Williams and Follows, 2003), and the homogenizing effect of the lateral mixing they induce may

contribute to the simple δ30Si systematics of the subducting water masses (see Wunsch and Fer-

rari, 2004). Alternatively, diapycnal mixing in the complex equatorial current system (Stramma and

Schott, 1999) may play some role in transferring Si and its associated isotopic signature across isopy-

cnal surfaces, although there does not appear to be significant mixing of high δ30Si signatures into

the subsurface in the eastern equatorial Pacific (Beucher et al., 2011).
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5.4.3 Open Questions

We have shown that the thermocline δ30Si distribution is strongly coherent both in terms of its isotope

systematics (Fig. 5.5) and its isopycnal distribution (Figs. 5.4d, A.11), and that this is related to the

dominant influence of preformed Si on the δ30Si distribution. The preformed nutrient inventory of

the thermocline is set during thermocline ventilation, and it is thus a surprise that the samples from

within the North Atlantic Central Water (n = 2), which is ventilated from the north, show no significant

difference in isotope systematics or distribution from the bulk of the samples that are within SACW

(Fig. 5.6). On the other hand, the Bay of Biscay shows a distinctly different δ30Si–σθ relationship and

hosts the few samples that do not conform to the otherwise coherent Atlantic thermocline relationship.

The reasons for these similarities and differences are difficult to elucidate given the sparse sampling

associated with these two regions.

Additionally, our interpretation of the simple Atlantic δ30Si systematics as essentially a ventilation

signal implies that the ventilated thermocline in other ocean basins should show similar systematics;

this remains to be shown. Published water column δ30Si studies have thus far focused on high-latitude

or equatorial sites (Cardinal et al., 2005; Beucher et al., 2008, 2011) where the thermocline is either

not present or significantly altered by the complexity of the equatorial current system, precluding a

comparison; data from the ventilated thermocline are limited to a few (n ≤ 5) points from which no

clear systematics can be inferred (Reynolds et al., 2006a). In the light of these questions, it is clear

that both large-scale as well as detailed studies of the thermocline δ30Si distribution are required to

further our understanding of the δ30Si systematics in the sea.

5.5 Summary and Conclusions

In this contribution, we have presented the first comprehensive δ30Si dataset from the ventilated

thermocline. The δ30Si systematics unambiguously documents two features of the Si tracer field that

are not otherwise apparent: (a) the Atlantic thermocline is strongly decoupled from the deep ocean

in terms of its nutrient cycling, and (b) a significant proportion of the thermocline Si inventory is in

fact preformed, as documented by its high δ30Si values that record the signal of diatom Si utilization

at the surface. The strong hydrographic control on the δ30Si distribution indicates that it integrates

over a number of interacting processes over the residence time of Si within the thermocline, such

that water column δ30Si data from the ventilated thermocline cannot be directly used to estimate the

isotope effect of diatom Si utilization. Rather, seawater δ30Si values in the upper ocean are a useful

tracer of the pathways of Si transport.

The strikingly coherent Atlantic δ30Si–1/[Si] relationship distinguishes between Si cycling within the
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ventilated thermocline and the deeper ocean, which follow two separate and well-defined linear ar-

rays. The properties of the pivotal intersection between these arrays correspond to the characteristics

of SAMW, which provides strong support for the notion that this water mass is a key player in the re-

turn of nutrients from the deep sea to the thermocline (Sarmiento et al., 2004a, Chapter 4).





Chapter 6

The South Pacific δ30Si distribution∗

6.1 Introduction

In the preceding chapters, I have discussed the Atlantic δ30Si distribution both at the basin scale and

over the depth range of the thermocline. In both these cases, the data led me to infer that the intro-

duction of high δ30Si values into the subsurface during the ventilation of intermediate and thermocline

isopycnals was necessary to explain the observed δ30Si distribution, not only within the thermocline

but, ultimately, at the scale of the entire Atlantic Ocean. The inferred importance of the process

of subduction in determining the distribution of δ30Si values implies the need for a more detailed

understanding of how high δ30Si values, created by biological activity in the surface ocean, can be

introduced into the interior. Thus, in this chapter, I focus on a δ30Si dataset from the eastern South

Pacific Ocean, which is a key location for the formation of Subantarctic Mode Water and Antarctic In-

termediate Water (SAMW and AAIW; McCartney, 1982; Hanawa and Talley, 2001; Aoki et al., 2007;

Iudicone et al., 2007; Sallée et al., 2010). This study, which presents the first seawater δ30Si data

from the South Pacific, encompasses a latitudinal range from the Antarctic Zone to the tropics. This

broad scope allows me to trace the evolution of δ30Si values from the surface Southern Ocean into

the ventilated subtropical thermocline.

Thermocline, mode and intermediate waters subducted in the South Pacific Ocean also play an im-

portant role in the supply of both oxygen and nutrients to the upwelling zones of the equatorial Pacific

(Tsuchiya et al., 1989; Toggweiler et al., 1991; Fine et al., 2001; Dugdale et al., 2002; Karstensen,

2004; Qu et al., 2008; Sallée et al., 2010), a biogeochemically dynamic region that represents the

largest oceanic source of CO2 to the atmosphere (Gruber et al., 2009). The inefficiency of the equa-

∗The data and discussion presented here will be the focus of a future publication in collaboration with the principal
investigators of the CLIVAR P18 re-occupation expedition, John L. Bullister and Gregory C. Johnson (National Oceanic
and Atmospheric Administration).
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Table 6.1: Station locations from which samples presented in this chapter were collected.

Station No. Station Location Latitude Longitude
70 Peru Basin 11° 45’ S 130° W
95 Sala y Gómez Ridge 26° 20’ S 130° W

114 Southeast Pacific Basin 37° 25’ S 130° W
136 Southeast Pacific Basin 50° 15’ S 130° W
149 Southeast Pacific Basin 57° 45’ S 130° W
158 Southeast Pacific Basin 62° 15’ S 130° W

torial Pacific biological pump, manifested by its strong CO2 outgassing, appears to owe its origin at

least partially to the disparity in Si content of South and North Pacific thermocline waters, both of

which contribute nutrients to the equatorial Pacific (Dugdale et al., 2002). The Si deficiency of the

South Pacific thermocline, produced at high southern latitudes (Sarmiento et al., 2004a), reduces

the supply of Si relative to NO3 in the equatorial Pacific. This reduced Si supply limits the produc-

tivity of diatoms that can efficiently export carbon to depth (Dugdale et al., 2002), a condition that is

exacerbated by iron limitation (Brzezinski et al., 2008). I will show that the δ30Si distribution in the

equatorial thermocline reflects the influence of both sources of Si to, and cycling of Si within, this

biogeochemically complex system.

6.2 Sampling and hydrographic description

The samples for which δ30Si data are presented here were collected on expedition 33RO20071215

of R/V Ronald H. Brown (15th December 2007 to 23rd February 2008), a re-occupation of the World

Ocean Circulation Experiment (WOCE) line P18 undertaken within the Climate Variability and Pre-

dictability (CLIVAR) project of the World Climate Research Programme1. Samples were collected at

six stations along a meridional section at 103° W, from 12° S to 62° S (Fig. 6.1 and Table 6.2). All

samples were filtered onboard using 0.2 µm GFF filters and acidified with 1% v/v distilled 6 M HCl in

the laboratory at least 12 hr before sample processing. Sample processing and analytical methods

are described in detail in Chapter 2.

In the following, the general hydrography of line P18 will first be briefly described in order to introduce

the water mass structure and circulation of the region (Section 6.2.1). This allows a discussion of the

hydrography of the six δ30Si stations in the regional context (Section 6.2.2).

1http://www.clivar.org/ and http://www.wcrp-climate.org/
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6.2.1 South Pacific hydrography

Line P18 traverses the western margin of three deep ocean basins (Fig. 6.1): the Southeast Pacific

Basin, the Chile Basin, and the Peru Basin, which are separated from each other by Chile Rise (35°

S at 103° W) and Sala y Gómez Ridge (26–27° S). The deep Pacific Ocean displays little variabil-

ity in the conservative parameters potential temperature θ and salinity S, since it only possesses

one source of deep water, Circumpolar Deep Water (CDW) from the Southern Ocean (e.g. Schmitz,

1996a). The main salinity feature at depth (Fig. 6.2) is a muted maximum in the far south, deepening

from about 1200 m at 70° S to the bottom at ∼45° S. This is a highly diluted North Atlantic Deep

Water signal in the Upper Circumpolar Deep Water (Warren, 1973; Tsuchiya and Talley, 1998; Tom-

czak and Godfrey, 2003). The potential temperature distribution shows the cold Circumpolar Deep

Water extending northwards along the bottom up to Chile Rise, whilst bottom waters in the Chile and

southern Peru Basins are warmer. Oxygen concentrations, [O2], follow the cold tongue of CDW to

Chile Rise. Above this lies a mild mid-depth [O2] minimum (Fig. 6.3) that has been associated with

return flow from the North Pacific (Reid, 1986; Tsuchiya and Talley, 1998). The basins to the north

of Chile Rise are generally less well-oxygenated at depth; in the Peru Basin, [O2] decreases in two

steps that are both associated with increases in Si concentration, [Si] (Fig. 6.3). The low [O2] and

high [Si] in the northern Peru Basin are related to the westward flow of deepwaters of North Pacific

origin that enter the Peru Basin at its northeastern margin (Reid, 1986, 1997).

In contrast to the deep ocean, the upper ∼1 km of the South Pacific water column shows rich water

mass structure, reflected most clearly in the salinity distribution (Fig. 6.2). The most striking feature

is the tongue of low salinity (34.2–34.3 psu) that extends from the sea surface at high latitudes to

20° S, associated with the spreading of AAIW and SAMW (Tsuchiya and Talley, 1996, 1998) that are

formed by deep winter convection in the subantarctic South Pacific (Hanawa and Talley, 2001; Sloyan

et al., 2010). Subantarctic Mode Water can be identified as a pronounced potential vorticity minimum

within the salinity minimum (not shown). The high [O2] (Fig. 6.3) of SAMW and AAIW highlight

the importance of these waters for the ventilation of the subtropical subsurface at thermocline and

intermediate depths. The northern end of the pronounced salinity minimum at 20° S is related to

the anticyclonic subtropical circulation, which advects AAIW and SAMW westwards at this latitude.

The salinity minimum persists to the north at slightly higher salinity (∼34.55), tracing AAIW that has

entered the zonal equatorial circulation further west (Tsuchiya, 1991; Tsuchiya and Talley, 1996,

1998).

Another major feature of the salinity distribution is the bowl of high-salinity water that extends from

the Subtropical Front to about 10° S at the surface (and further north within the subsurface), with a

maximum depth of ∼300 m. The potential vorticity distribution (not shown) allows the distinction of
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Figure 6.2: South Pacific (a) salinity and (b) potential temperature distributions along line P18. Note the difference
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South Pacific Eastern Subtropical Mode Water (SPESTMW) centred around 150m depth (σθ = 25.3)

from the salinity maximum of Subtropical Water (STW) above it (Tsuchiya and Talley, 1996; Johnson

and McPhaden, 1999; Hanawa and Talley, 2001; O’Connor et al., 2002; Wong and Johnson, 2003; Qu

et al., 2008). The SPESTMW, which forms equatorward of the subtropical front (Wong and Johnson,

2003), plays an important role in ventilating mid-thermocline isopycnals (Karstensen et al., 2008; Qu

et al., 2008); it is highly nutrient-depleted, with Si concentrations below 1 µM over its entire depth and

lateral extent (Fig. 6.3).

North of 20° S, the water column below SPESTMW and STW is dominated by more uniformly saline

waters of the equatorial regime. These waters host the South Pacific oxygen minimum zone (OMZ),

with [O2] <30 µM within the most intense portion of the OMZ centred at 400 m water depth and 6°

S (Fig. 6.3). A minor oxygen minimum extends further south to about 27° S at ∼400 m, associated

with a weak halostad. A similar feature observed at 88° W has been suggested to record influence

from waters of the Peru–Chile Undercurrent (Tsuchiya and Talley, 1998), although it is questionable

whether the influence of these waters can be expected to be observed as far offshore as line P18.

6.2.2 Hydrography at δ30Si stations

The stations from which samples for analysis of δ30Si were collected are presented in a θ–S diagram

in Fig. 6.4. As is to be expected from the general description above, the θ–S relationships of all

stations are very similar at depth, with minor variability associated with the strength of the UCDW

salinity maximum. Station 158 at 62° S shows the near-surface temperature minimum typical of

the water column south of the Antarctic Polar Front (Whitworth and Nowlin, 1987; Pollard et al.,

2002). Salinity decreases monotonically towards the surface at Sta 158, as it does just south of the

Subantarctic Front at Sta 149 (58° S), except for some minor interleaving. Stations further north all

exhibit the deep salinity minimum of AAIW, while both Subantarctic stations Sta 136 (50° S) and Sta

114 (37.5° S) additionally show a salinity maximum above this, at potential densities of σθ = 26.95.

At shallower depths, salinities decrease towards the surface at both these stations. Station 114

appears as a transitional station in terms of its upper water column structure, with salinity decreasing

towards the surface (as at the stations further south), while temperature rises strongly (as at the

stations further north). This apparently transitional character is possibly related to the presence of

Shallow Salinity Minimum Water at these latitudes (Karstensen, 2004). Station 114 also exhibits

strong interleaving of salty, warm water with fresher, cooler waters in the upper 400 m of the water

column (σθ ≤ 26.9).

Station 95 at 26° S is situated north of the Subtropical Front (Fig. 6.1), a fact that is clearly reflected in

its θ–S relationship: above the AAIW salinity minimum, salinity increases more strongly than further
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south, exhibiting a mildly low-oxygen (<150 µM) halostad at σθ = 26.4–26.8 (400–500 m) that has a

very sharp upper transition to the highly saline SPESTMW and STW at σθ = 26.38 (360 m). At Sta 70

(12° S), the θ–S relationship is markedly different from those at all other stations. The AAIW salinity

minimum is shifted to higher salinities, reflecting the presence of the equatorial variety of AAIW, with

only 25% of the oxygen concentration of AAIW at Sta 95 (Fig. 6.3). A halostad at σθ = 26.1–26.62

(170–250 m) is associated with the lowest [O2] observed at any of the six stations (< 10 µM). Above

this, the high-salinity signature of STW is apparent as a subsurface S maximum around σθ = 25.2

(100 m).
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6.3 Results

Depth profiles of δ30Si values are displayed over colour maps of salinity and Si* (defined as [Si] –

[NO3]) in Fig. 6.5 and tabulated in Table 6.2. The extremely low [Si] (0.5–1.5 µM) in the uppermost

water column 37.5° S, 26° S and 12° S precluded analysis of these samples, given collected sample

volumes of 50–100 ml.

Values of δ30Si generally increase upwards through the water column, with the highest values (up to

+3.2‰) found within the surface mixed layer. At depth, the Southern Ocean is exceptionally homoge-

neous, with an average δ30Si value of +1.25±0.05‰ (2σSD, n = 6) at water depths ≥ 1000 m (equiv-

alent to neutral density γn ≥ 27.93 or potential density σθ ≥ 27.70)2. Deepwaters at stations further

north show similarly low δ30Si values: the average δ30Si value for all samples outside the Southern

Ocean below the salinity minimum of AAIW (≥1400 m, γn ≥ 27.77, σθ ≥ 27.56) is +1.32±0.11‰

(2σSD, n = 20). Over the same density range as the deep Southern Ocean (γn ≥ 27.93) the average

δ30Si value is +1.30±0.08‰ (2σSD, n = 13). A Monte Carlo t-test indicates a probability of only 7%

that these values are significantly different at the 95% level (see Appendix A.4.1), emphasising the

high degree of homogeneity in deepwater δ30Si values. Visually, the Chile Basin appears as an ex-

ception, with the entire deep water column exhibiting a slightly higher δ30Si value than in the Southern

Ocean (Fig. 6.5), but the Monte Carlo approach indicates only a 25% probability that this difference

is significant.

In general, seawater δ30Si values show the strongest vertical gradients within the uppermost 1000 m

of the water column, although the depth extent of these gradients varies strongly with latitude (Fig.

6.5) and, on visual inspection, appears to follow the salinity minimum associated with the spreading of

AAIW. The strong deepening of the gradient can be quantitatively illustrated by considering the depth

at which seawater δ30Si values nominally exceed +1.6‰: this surface deepens from 175 m at 62° S

to a maximum of 858 m at 37.5° S before shoaling northwards, reaching ∼150 m at 12° S3. Figure

6.6 compares the depth of this surface to two surfaces that follow the deepening and spreading of

AAIW north of 50° S (Tsuchiya and Talley, 1998; Sarmiento et al., 2004a): the γn = 27.25 surface

and the deepest surface with negative values of the tracer Si*. Figure 6.6 shows a clear similarity

between the latitudinal depth changes of these two surfaces with the depth of elevated δ30Si values4.

This similarity implies a strong isopycnal component of the δ30Si distribution, confirming the visual

impression given by Fig. 6.5. Considering the significant variation in the depths of isopycnal surfaces

across the latitudinal range of this study, a direct comparison of δ30Si depth profiles cannot be made.

2Here and in the following, I refer to neutral density γn (Jackett and McDougall, 1997) since this allows a better com-
parison of seawater density over large depth ranges. Values of potential density σθ are included for the reader’s reference,
since these values are likely to be more familiar.

3The same pattern is produced by considering any other elevated δ30Si value, e.g. +1.5‰.
4The high subsurface δ30Si values are similarly associated with high oxygen concentrations (Fig. 6.3).
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A more appropriate and systematic view is provided by Figs. 6.7a & b, which plots δ30Si values

and [Si] against neutral density γn. The density profiles of δ30Si emphasise the coherence in the

δ30Si distribution along isopycnals. Profiles in the deeper water column (γn ≥ 27.7) show that δ30Si

values do not change significantly at depth (Fig. 6.7c), even though [Si] increases northwards along

isopycnals by as much as 63% (Fig. 6.7d). In the upper water column, however, both marked

differences as well as clear structure are seen in the δ30Si distribution. The summer and winter

mixed layers (stars in Fig. 6.7) of the polar stations (62° and 58° S) show high δ30Si values (+1.8‰

to +3.2‰) at relatively high densities (up to γn = 27.5) that outcrop at these high latitudes. In the

subsurface water column below the depth of the winter mixed layer, all stations from 62° S to 37.5° S

exhibit very similar δ30Si–γn relationships, increasing to δ30Si values of around +1.8‰ at γn ≈ 27.15

(σθ = 27.0). A completely different δ30Si–γn relationship is seen at 12° S, where δ30Si values remain

constant around a value of +1.4‰ up to densities as low as γn = 26.6. The only non-monotonic

δ30Si–γn relationship is observed at 26° S, which remains similar to the more southerly stations up to

γn ≈ 27.15, after which it appears to follow the relationship defined by the water column at 12° S.
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Figure 6.6: A comparison of the deepest depth of elevated δ30Si values (> +1.6‰) with the depths of two surfaces that
follow the spreading of AAIW northwards, showing the strong similarity in evolution with latitude. Note that both the Si* <
0 and δ30Si > +1.6‰ surface shoal more strongly than the isopycnal γn = 27.25 surface in the equatorial Pacific Ocean,
documenting an additional control on δ30Si here, as discussed in Section 6.4.2.
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6.4 Discussion

The latitudinal range covered by the samples in this study, from high polar latitudes to the tropics,

provides a rare glimpse into the evolution of seawater δ30Si values, and thus the cycling and transport

of Si, in a region of the ocean that is particularly important for providing nutrients and oxygen to the

low-latitude thermocline (McCartney, 1982; Hanawa and Talley, 2001; Karstensen et al., 2008; Palter

et al., 2010; Sloyan et al., 2010). In the following, I will first discuss the handful of δ30Si values

from the surface summer and winter mixed layers, as a prelude to following their introduction into

the subsurface, where I am able to document a coherent water mass control on the δ30Si distribution

within the realm of the Pacific subtropical circulation (Section 6.4.1). The distribution of δ30Si values

in the equatorial Pacific thermocline differs from the distribution seen in the subtropics, a feature

that documents a change in the dominant source of Si in the thermocline and/or the accumulation

of remineralised Si in the eastern equatorial Pacific (Section 6.4.2). Finally, I briefly discuss the

homogeneous δ30Si values observed in the deep Pacific, and identify key questions related to the

sources of Si to the deep Pacific that will require more detailed study in the future (Section 6.4.3).

6.4.1 Introduction of high δ30Si values into the subsurface

Values of δ30Si are high in the surface mixed layers of the Antarctic and Polar Frontal Zone stations at

62° S and 58° S, as well as in the nutricline just below the base of the mixed layer at 58° S and at the

Subantarctic station at 50° S. These elevated δ30Si values are the direct result of Si isotope fractiona-

tion during uptake of Si by diatoms; satellite-based estimates5 indicate that the highest chlorophyll a

concentrations were attained about 6–8 weeks before the Ronald H. Brown arrived at high latitudes

in late summer (February 2008). The extremely high values of up to +3.2‰ confirm previous obser-

vations that diatom Si isotope fractionation in the surface Southern Ocean produces highly elevated

δ30Si values at relatively high [Si] of 3–6 µM6. Thus, the late summer mixed layers at high latitudes

represent a considerable inventory of high-δ30Si silicic acid, such that they have the potential to in-

fluence seawater δ30Si values when mixed with other water masses by physical processes. Below, I

show that this influence is clearly visible, and trace the introduction of the surface nutrient utilisation

signal into the ocean interior over a number of steps.

Deep winter convection: At high latitudes, strong cooling of surface water in winter leads to desta-

bilisation of the water column and convection to depths of 100–>400 m (e.g. Dong et al., 2008),

forming a thick winter mixed layer with uniform properties. Analysis of the δ30Si sytematics of the

5MODIS Aqua data. See Supplementary Figure A.13.
6Mixed layer data from this study are compared with surface Southern Ocean data from other sectors in Supp. Fig.

A.14.
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near-surface water column at the polar stations shows that the high δ30Si values produced in the

surface during summer are communicated to the winter mixed layer7 during deep winter convection:

the mixing diagram in Fig. 6.8 shows that the winter mixed layers lie on a mixing line between the

summer mixed layer and the deeper water column. Since the Si-depleted surface waters mix with

Si-replete subsurface waters during convection, the δ30Si signal of utilisation is strongly attenuated

at this step, from values over +3‰ to values around +2‰, but the influence of the high-δ30Si signal

is still clearly expressed, as similarly observed by Fripiat (2010), who identified numerous ‘mixing

interfaces’ in the Indian sector of the Southern Ocean.

Viewed in terms of annual mass balance, the high δ30Si value of the winter mixed layer implies

that a significant portion of the opal produced in the surface ocean is exported past the depth of

deepest convection, and that this opal has a low δ30Si value. Thus, the effects of a strongly expressed

isotope effect of Si utilisation, efficient particulate export, and buoyancy-driven mixing combine over

the annual cycle to fractionate Si isotopes between the deeper Southern Ocean and the annually

accessible surface. This is the first step in the production of a high δ30Si value in the ocean interior,

as I discuss below.

Formation of Mode and Intermediate Waters: The winter convection that leads to deep mixed lay-

ers in the Subantarctic Zone is the first step in the formation of SAMW, of which southeast Pacific

7Winter mixed layers were identified by the temperature minimum at 62° S and a potential vorticity minimum at 58° S.
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AAIW is the densest type (McCartney, 1977; Hanawa and Talley, 2001)8. These water masses are

introduced into the interior thermocline by the combined effects of lateral induction, Ekman pump-

ing, and mesoscale eddy-induced advection (Karstensen and Quadfasel, 2002; Sallée et al., 2010).

When they subduct, the water masses introduce the properties of the Subantarctic winter mixed layer,

such as high concentrations of oxygen and anthropogenic chlorofluorocarbons (CFCs) and negative

Si* values (Sarmiento et al., 2004a), into the permanent thermocline (Stommel, 1979). This same

process also necessarily subducts the high δ30Si values of the winter mixed layer into the ocean

interior. As the δ30Si–γn relationship documents (Fig. 6.7), these high values are not destroyed by

mixing downstream, but rather conserved exceptionally well along the flow path of SAMW and AAIW

within the thermocline interior. It can be seen that for all samples within the SAMW–AAIW density

range of γn = 27.15–27.3, the δ30Si values of all stations south of 12° S are essentially identical to

each other (and to the winter mixed layer at 58° S, although this is most likely fortuitous); the same

feature is illustrated in a less quantitative but more visually striking manner in Fig. 6.5, where the

high δ30Si values are seen to follow the tongue of low salinity and negative Si* that corresponds to

SAMW/AAIW. The close correspondence of the presence of these well-ventilated waters with high

δ30Si values in the subsurface is further illustrated by the correlation between high δ30Si values and

significant concentrations of anthropogenic CFC-11 in subsurface waters, as shown in Fig. 6.9.
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Figure 6.9: CFC-11 concentrations plotted against δ30Si values for samples below the depth of the mixed layer. The
poorly-ventilated equatorial Pacific station is excluded. Datapoint colour corresponds to neutral density.

8Winter (July–September) outcrops of the γn = 27.15 − 27.3 isopycnals corresponding to the density range of SAMW
and AAIW are located at 56°–61° S at this longitude (Antonov et al., 2010; Locarnini et al., 2010)
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The analysis of this unique dataset spanning both high southern latitudes and the subtropical ther-

mocline thus allows the analysis of the development and introduction of high δ30Si values into the

upper ocean interior by intermediate and mode waters of Southern Ocean origin. I have shown that

the high δ30Si values of SAMW and AAIW derive from the properties of the high-latitude mixed layer,

which possess high δ30Si values due to the balance between efficient opal export and deep winter

convection. The good conservation of these high values as the waters transit equatorwards indicates

that either the Si inventory of the SAMW and AAIW remains dominantly preformed (i.e. introduced

in dissolved form during subduction), or that the δ30Si value of sinking opal that dissolves in them

is not sufficiently to have a significant influence on their isotope compositions. The close similarity

of [Si] along isopycnal surfaces for all stations south of the equatorial regime at the density level of

SAMW and AAIW (Fig. 6.7b) indicates that, as in the waters of the Atlantic thermocline (Chapter 5),

the preformed component is indeed dominant. This picture changes dramatically in the equatorial

regime north of 20° S, and it is to this section of the dataset that I now turn.

6.4.2 Low δ30Si in the equatorial Pacific

The δ30Si distribution at 12° S is completely different from that at the more southerly stations, with

uniformly low values throughout the upper water column. It is apparent that the high δ30Si signature of

SAMW and AAIW, which is strongly conserved further south, has been lost in the equatorial Pacific.

In the following, I attempt to identify the origin of this difference, which requires consideration of the

circulation and nature of biogeochemical cycling in the equatorial Pacific Ocean.

As noted in Section 6.2.1, θ–S relationships (Fig. 6.4) and geographical tracer distributions (Figs.

6.2 and 6.3) show that the thermocline water column at 12° S is very different from that within the

gyre: it is more saline, poorer in oxygen and richer in nutrients. These features are the result of a

number of processes. Thermocline waters of the subtropical gyre transit to the equatorial regime

via a northward western boundary undercurrent in the western Pacific. The downward mixing of up-

per, more saline waters in the undercurrent is the most likely cause of the salinity increase observed

(Tsuchiya and Talley, 1996), since AAIW already exhibits the typical salinity and density of its equa-

torial type (S = 34.5, γn = 27.45) when it reaches the western equatorial Pacific (Tsuchiya, 1991).

Within the equatorial system, conservative parameters show little zonal variability below the surface.

In stark contrast to this, biogeochemical tracers such as oxygen and nitrate show strong zonal gra-

dients along ispycnals, with the eastern Pacific being nitrate-richer and oxygen-poorer than the west

(Fig. 6.10a,b); indeed, the eastern Pacific hosts the ocean’s most extensive oxygen minimum zones

(OMZs). The oxygen depletion and nitrate enrichment are the result of a combination of sluggish

ventilation, strongly zonal flow, and the remineralisation of organic matter that leads to a high oxy-
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gen demand (e.g. Karstensen et al., 2008). These processes lead to the build-up of a large pool of

regenerated nutrients in the eastern subsurface (e.g. Toggweiler and Carson, 1995).

Interestingly, Si is an exception to the general rule of strong zonal concentration gradients (Fig. 6.10c):

Si concentrations primarily show a strong meridional gradient, with no zonal component along the

equator, while a mild zonal gradient is associated with the Peruvian coastal upwelling centred at

about 10° S. These two gradients reflect two different processes that control the Si distribution in the

equatorial Pacific thermocline. The meridional gradient is the result of the very marked difference in

the Si content of thermocline waters of South and North Pacific origin. This disparity is displayed in

the distribution of the tracer Si*, which increases from negative values in the south (representing a Si

deficit) to highly positive values in the north (Fig. 6.10d; Sarmiento et al., 2004a). At the depth level of

the Equatorial Undercurrent that is fed by both northern and southern sources (Tsuchiya et al., 1989;

Toggweiler et al., 1991), Dugdale et al. (2002) have shown that, although northern and southern

waters contribute equally to equatorial waters in terms of volume flux, their disparate Si content

results in waters of North Pacific origin contributing disproportionately to the Si budget, supplying

70% of Si in the EUC. This lateral influence of the Si-rich North Pacific is reflected in the meridional

Si* and [Si] gradient across the equatorial Pacific Ocean.

However, in addition to this meridional gradient, there is also a zonal [Si] gradient south of the equator,

associated with the Peruvian coastal upwelling. This gradient can be viewed as the result of an

additional enrichment of Si on isopycnals towards the east, over and above the enrichment caused

by the incorporation of a North Pacific Si-rich component. Such an enrichment is analogous to the

accumulation of regenerated nitrate documented by the model of Toggweiler and Carson (1995),

suggesting that there is a significant contribution of remineralised Si at the eastern margin of the

equatorial Pacific thermocline, which may find its surface expression in the tongue of high surface [Si]

(6–8 µM) extending westwards from the Peruvian coast (Garcia et al., 2010b).

Thus, the >100% increase in [Si] (from 21 µM to 46 µM) at SAMW densities (γn ≈ 27.15) between

26° S and 12° S can be viewed as the combined result of lateral input of Si from the North Pacific, and

the accumulation of remineralised Si within the shadow zone of the eastern equatorial Pacific ther-

mocline. A simple isotope mass balance calculation indicates that to explain the observed decrease

in δ30Si values at the density level of SAMW (from +1.76‰ to +1.38‰) between 26° S and 12° S,

these two processes would need to add Si with an isotopic composition of +1.2‰, a value that is not

abnormal for either seawater or diatom opal. An estimate of the value for the North Pacific source is

hampered by the paucity of data. However, at 24° N 170° E, Reynolds et al. (2006a) reported δ30Si

values of +1.31‰ and +1.32‰ at depths that bracket the γn = 27.15 surface (600 m and 900 m),

indicating that the input of North Pacific Si would be expected to lower δ30Si values in the equatorial

Pacific thermocline. The dissolution of opal produced in the Peruvian coastal upwelling may also add
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Figure 6.10: Concentrations of biogeochemical tracers along the γn = 27.15 surface that corresponds to SAMW in the
South Pacific Ocean. Data are from the eWOCE database (Schlitzer, 2000), plotted using Ocean Data View (Schlitzer,
2009). Note that values of Si* in the eastern Pacific Ocean are affected by denitrification in the suboxic water column.
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Si with a low δ30Si value to the thermocline, by a similar mechanism to that we have seen at work

in another upwelling region, the Southern Ocean. In the Peruvian upwelling, Si utilisation is below

100%, as documented by elevated [Si] at the surface (Garcia et al., 2010b). As a result, opal ex-

ported from the surface will tend to add a low δ30Si value to the subsurface when it dissolves. Thus,

the possibility exists for subsurface waters to accumulate a pool of Si with lower δ30Si values during

their long residence in the shadow zone of the equatorial thermocline.

In the light of these considerations, it becomes apparent that the observed differences in the δ30Si

distribution in the subtropical and equatorial Pacific thermocline are due to the fact that (a) the equa-

torial Pacific is one of the few ocean regions where the thermocline Si inventory is not dominantly

supplied by waters of Southern Ocean origin (Dugdale et al., 2002; Sarmiento et al., 2004a) and/or

that (b) the remineralised component of Si appears to be higher in the southeast equatorial region,

associated with the Peruvian coastal upwelling. In other words, the subsurface δ30Si distribution

traces the cycling of Si within the upper ocean, but records the combination of a preformed signal

and a remineralised signal that is integrated over the entire circulation history of the water mass in

which the dissolved Si pool is transported, and must be interpreted as such. Although the conflation

of source and cycling signals in the equatorial Pacific means that the effect of dissolution cannot be

robustly separated from the signal of Si addition from the North Pacific, it appears that the sluggish

circulation of the eastern equatorial Pacific, which contains some of the most poorly-ventilated wa-

ters of the global ocean (Karstensen et al., 2008; Garcia et al., 2010a) allows such a remineralisation

signal to be recorded, whilst within well-ventilated thermocline waters, the δ30Si signal is dominated

by the preformed component of Si introduced into the thermocline by SAMW and AAIW.

6.4.3 The deep Pacific δ30Si distribution

Unlike the rich structure observed in the upper ocean, the deepwaters analysed in this study exhibit

remarkable homogeneity in δ30Si values. In the Southern Ocean, δ30Si values average +1.25±0.05‰

over the entire deep water column. This value is indistinguishable from the δ30Si value of +1.21±0.06‰

reported in Chapter 4 for CDW from Drake Passage, and from that of 1.22±0.12‰ reported by Car-

dinal et al. (2005) for the deep Southern Ocean south of Australia (∼140° E). It thus appears that the

δ30Si value of Circumpolar Deep Water is zonally homogeneous at the sub-0.1‰ level at densities

higher than γn ≈ 27.7, despite a significant [Si] gradient within these waters. I confirmed this strong

zonal homogeneity by analysing six Southern Ocean deepwaters from 2040 m – 5120 m at 44° S 30°

E (i.e. south of Africa), which similarly exhibit an average δ30Si value of 1.26±0.13‰(Table 6.2).

Additionally, the statistical tests detailed in Section 6.3 indicate that one cannot attribute significance

to the small nominal δ30Si variations observed further north in the deep South Pacific. Thus, to first
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order certainly, δ30Si values are homogeneous in the deep southern and equatorial Pacific Ocean.

The degree of δ30Si homogeneity is illustrated by Fig. 6.7c, which shows no significant δ30Si differ-

ences for deepwaters with γn > 27.7 – including those from the northern Peru Basin (12°S) whose

properties suggest a North Pacific origin – whilst δ30Si values in less dense waters begin to increase

(Fig. 6.7a). Although uncertainties regarding the deep Pacific δ30Si distribution (discussed below)

make firm conclusions difficult, I would argue that this marked constancy may reflect a fundamental

property of the oceanic δ30Si distribution. The density level below which no significant δ30Si variation

occurs corresponds closely to the density that separates the upper and lower cells of the overturning

circulation in the inverse model of Lumpkin and Speer (2007, γn = 27.6); i.e. the two “loops” of

Toggweiler et al.’s (2006) schematic alluded to earlier in this thesis (Fig. 4.5). This separation reflects

the fact that the only source of deepwaters to the Pacific is CDW from the deep Southern Ocean,

the lower limb of the MOC9. If the δ30Si values of these deepwaters remain constant over their mul-

ticentennial sojourn in the deep Pacific (Matsumoto, 2007), the implication is that the accumulation

of Si from the dissolution of sinking diatom opal produces no significant δ30Si signal in the deep Pa-

cific Ocean. This would, in turn, indicate that the production of significant deepwater δ30Si variation

requires the presence of a δ30Si signal in the preformed component, analogous to the case for both

SAMW/AAIW (Section 6.4.1) and North Atlantic Deep Water (Chapter 4). However, as I detail below,

there are a number of inconsistencies in the deep Pacific δ30Si distribution that need to be resolved

before this conclusion can be robustly made.

Beucher et al. (2008) and Beucher et al. (2011) have analysed δ30Si in waters of the equatorial

Pacific (4° N–3° S) and documented average deepwater10 δ30Si values +1.32±0.11‰ (n = 6) and

+1.39±0.07‰ (n = 6) at 110° W and 140° W respectively. These values are very similar to the aver-

age deep South Pacific δ30Si value of +1.30±0.08‰ reported here. Beucher et al. (2008), however,

attributed significance to the fact that their average deep equatorial Pacific δ30Si value is nominally

higher than that of CDW reported by De La Rocha et al. (2000) and Cardinal et al. (2005). In the light

of the high δ30Si values they observed in the extremely Si-enriched waters of the Cascadia Basin

(adjacent to the North American coast at 47° N), they hypothesised that the higher values observed

at the equator might result from mixing of the low δ30Si value of CDW with a more positive δ30Si

signature in the plume of high [Si] the emanates from the northeast Pacific at mid-depth. I test this

hypothesis in Fig. 6.11, which is a mixing diagram that compares the Cascadia Basin δ30Si data of

Beucher et al. (2008) to all data from the deep southern and equatorial Pacific Ocean (this study;

9Whilst a North Atlantic signal is resolvable in some properties of CDW, such as S, the low [Si] of NADW means that it
plays a completely negligible role for δ30Si, as documented by the homogeneity in deep Southern Ocean δ30Si values, even
within the freshly imported NADW salinity maximum at 30° E south of Africa (Table 6.2).

10Beucher et al. (2008) use a criterion of ≥2000 m water depth, which is essentially equivalent to my criterion of γn ≥
27.93 outside the Southern Ocean.
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Beucher et al., 2008, 2011) with [Si] equal to or higher than that of the deep inflow of CDW into the

Pacific Ocean (120 µM; e.g. Warren, 1973). These data are compared to the Cascadia Basin data

of Beucher et al. (2008). Figure 6.11 shows that although waters of the Cascadia Basin are clearly

both Si-richer and higher in δ30Si than the deep Southern Ocean, waters at intermediate latitudes

show no systematic relationship between δ30Si values and [Si] that would be expected from mixing

(such as seen in Chapter 4, Fig. 4.3). Any variability is clearly at the limit of analytical resolution, es-

pecially considering that offsets on the order of ±0.1‰ between laboratories are possible (Reynolds

et al., 2007). The lack of clear variation from the equator southward indicates the necessity of a more

systematic study of the δ30Si distribution in the northeast Pacific, which hosts the core of the high-Si

plume, before Beucher et al.’s (2008) inference of an influence of Cascadia Basin waters on the deep

Pacific δ30Si distribution can be robustly confirmed or excluded.
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Figure 6.11: A mixing diagram showing deepwaters from the Pacific sector of the Southern Ocean to the Cascadia Basin
in the North Pacific (47° N). All deepwater (γn ≥ 27.93) samples with [Si] ≥ 120 µM (i.e., the [Si] of the deep CDW inflow
into the South Pacific) are included. Cascadia Basin and Equatorial Pacific data are from Beucher et al. (2008, 2011).

The need for such independent confirmation is highlighted by the fact that low δ30Si values of approx-

imately +0.8‰ were documented by De La Rocha et al. (2000) and Reynolds et al. (2006a) in the

deep northwest Pacific (25°–45° N, 150°–170° W). These low δ30Si values are difficult to reconcile

with the values of around +1.3‰ observed in deepwaters of North Pacific origin in this study and by

Beucher et al. (2008, Fig. 6.11). The pioneering analyses of De La Rocha et al. (2000) do, however,

show variations of as much as ±0.5‰ below 2000 m at a single North Pacific station, as well as

values as low as +0.8‰ at 300 m water depth at 24° N. Considering the bandwidth of seawater δ30Si

variation documented by the literature published since that first study, these features do cast some
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doubt on the accuracy of these data. The data of Reynolds et al. (2006a), on the other hand, do not

appear anomalous. However, producing the δ30Si values of +0.86‰ to +1.05‰ observed by them in

CDW at 24° N requires the addition of Si with a δ30Si value of +0.1‰ to −0.8‰ as CDW flows north

from the western South Pacific. Such low values, which are unlikely to be associated with diatom

opal or seawater Si, would seem to indicate that the deep North Pacific δ30Si distribution might be

affected by hydrothermal input of Si (δ30Si ≈ −0.3‰; De La Rocha et al., 2000) or some as yet

undocumented process. Furthermore, considering that the Si-rich deepwaters in the equatorial and

southern Pacific, which should represent the return flow from the North Pacific Ocean, exhibit δ30Si

values that are higher than those observed further north, it appears that if low δ30Si values exist in the

northwestern Pacific, they are contained there by the cyclonic circulation of the region (Reid, 1997).

The above discussion, with its many uncertainties, clearly indicates that a systematic regional-scale

study of the North Pacific is required, especially including the high-Si plume that emanates from the

northeastern Pacific. In the absence of this, it is not possible to come to firm conclusions regarding

the large-scale Pacific δ30Si distribution and what features of the oceanic Si cycle it records. This is

unfortunate, since a more robust handle on the Pacific δ30Si distribution would allow us to make firm

statements regarding the controls on the ocean’s global-scale δ30Si distribution. Nonetheless, the

low δ30Si variability I observe at densities associated with the lower cell of the meridional overturning

circulation, including high-[Si] waters returning from the North Pacific Ocean, suggests that the δ30Si

values of deepwaters are not strongly altered by opal dissolution along their deep circulation path;

i.e. that large variations in deepwater δ30Si signatures requires the introduction of a preformed δ30Si

signal, as in the Atlantic Ocean (Chapter 4). This conclusion must, however, remain tentative until

the North Pacific δ30Si distribution is better constrained.

6.5 Conclusions

In this chapter, I have presented new δ30Si data from the eastern South Pacific and the Pacific sector

of the Southern Ocean, a region that plays an important role in the ventilation of the mid- and low-

latitude thermocline. By analysing the evolution of the δ30Si distribution from the Antarctic Zone into

the ventilated thermocline, I was able to trace the incorporation of high δ30Si values into AAIW and

SAMW, as I had previously inferred (Chapter 4), and their export to the thermocline interior. Here,

the δ30Si distribution documents the dominant influence of the spreading of AAIW and SAMW in

determining the mesopelagic δ30Si distribution, tracing the important contribution of the preformed

component to the Si inventory of the thermocline. The data also reveal that the high δ30Si signature

of AAIW/SAMW is not conserved in the equatorial Pacific. This marked change in the thermocline and

intermediate δ30Si distribution appears to record two phenomena: a switch in the dominant source
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of thermocline Si from the Southern Ocean to the North Pacific (Dugdale et al., 2002; Sarmiento

et al., 2004a), and the accumulation of remineralised Si in the shadow zone of the eastern equatorial

Pacific. The strong difference in thermocline δ30Si values thus shows that seawater δ30Si values trace

Si cycling within the ocean, but that the signal it records must be interpreted in the context of water

mass history.

The low variability of δ30Si values in deep South Pacific waters denser than γn = 27.7, which circulate

within the lower limb of the meridional overturning circulation (Fig. 1.1; Lumpkin and Speer, 2007),

suggests that the dissolution of opal is able to produce only a small change in deepwater δ30Si values.

However, the certainty of such a conclusion is undermined by uncertainties that still exist regarding

the deep Pacific δ30Si distribution, especially in the North Pacific. A detailed study of the meridional

and/or zonal δ30Si distribution in the North Pacific, including its high-Si plume, is needed before robust

conclusions can be drawn.

Table 6.2: Hydographic, nutrient and Si isotope data for all samples from CLIVAR line P18 re-occupation. n denotes
number of complete replicates. Also included are 6 datapoints from the deep Southern Ocean south of Africa, collected on
the CLIVAR re-occupation of WOCE line I06S (expedition 33RR20080204).

Station Latitude Depth σθ θ S [O2] [Si] [NO3] [PO4] Si* δ30Si 2σSEM
a n

m kg/m3 ° C psu µM µM µM µM µM ‰ external

CLIVAR P18 re-occupation, 103° W:

70 11° 45’ S 5 24.559 22.717 35.714 227.0 1.4 6.7 0.7 -5.2 -

33 24.624 22.453 35.700 226.4 1.5 6.8 0.7 -5.2 -

83 25.175 20.638 35.764 219.3 2.1 4.2 0.9 -2.2 -

133 25.382 19.036 35.483 186.4 2.7 7.4 2.6 -4.7 1.73 0.21 1

182 26.226 13.080 34.804 8.7 19.1 25.1 2.6 -6.1 -

215 26.496 11.685 34.803 14.2 24.2 29.7 2.5 -5.4 1.49 0.12 1

265 26.652 10.783 34.790 - 27.0 33.4 2.6 -6.4 1.57 0.12 1

314 26.737 10.152 34.758 20.9 31.3 35.6 2.8 -4.3 1.50 0.07 3

430 26.872 8.957 34.676 23.4 35.5 38.8 3.0 -3.3 1.42 0.11 2

625 27.088 6.959 34.572 27.5 46.4 43.8 3.1 2.7 1.39 0.07 3

824 27.254 5.399 34.527 49.0 62.8 44.8 3.1 18.0 1.38 0.11 3

1024 27.39 4.280 34.539 74.4 82.6 43.3 3.0 39.3 1.35 0.08 2

1172 27.458 3.762 34.557 85.7 94.0 42.4 2.9 51.6 -

1454 27.564 2.957 34.593 97.6 114.8 41.4 2.8 73.4 1.36 0.17 1

1848 27.655 2.269 34.632 118.1 131.1 39.7 2.7 91.5 1.25 0.07 3

2241 27.713 1.831 34.661 135.8 137.7 38.4 2.6 99.3 1.26 0.08 2

2831 27.748 1.565 34.680 141.8 147.4 38.1 2.6 109.2 1.27 0.06 4

3533 27.753 1.497 34.679 141.1 153.4 38.2 2.6 115.2 1.27 0.08 2

3776 27.754 1.489 34.680 141.3 154.2 38.2 2.6 115.9 -

4132 27.755 1.484 34.681 141.1 154.4 38.2 0.1 116.1 1.27 0.08 2

95 26° 20’ S 6 24.4 24.293 36.116 217.4 0.7 0.2 0.1 0.5 -

46 25.026 21.742 35.966 232.4 0.7 0.2 0.1 0.5 -

105 25.315 20.554 35.918 235.0 0.7 0.2 0.2 0.5 -

table continues on next page
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Station Latitude Depth σθ θ S [O2] [Si] [NO3] [PO4] Si* δ30Si 2σSEM
a n

m kg/m3 ° C psu µM µM µM µM µM ‰ external

206 25.556 18.276 35.458 233.9 0.7 0.5 1.3 0.2 -

366 26.392 10.706 34.440 188.2 5.6 17.8 2.1 -12.1 1.80 0.08 2

430 26.713 8.581 34.398 136.2 13.9 27.8 2.0 -14.0 1.66 0.14 2

629 27.03 5.841 34.313 210.1 15.2 29.7 2.1 -14.5 1.76 0.06 4

727 27.09 5.332 34.310 197.0 21.4 31.9 2.4 -10.6 -

826 27.167 4.89 34.343 171.6 31.9 35.0 2.6 -3.1 1.55 0.08 2

924 27.257 4.442 34.393 144.5 46.7 37.8 2.6 8.9 1.33 0.13 2

1022 27.336 3.905 34.422 140.8 58.5 38.5 2.7 19.9 1.31 0.07 3

1122 27.403 3.608 34.468 134.6 70.3 39.0 2.7 31.2 1.39 0.12 3

1223 27.456 3.322 34.500 134.9 78.5 39.0 2.6 39.5 -

1321 27.529 2.908 34.543 143.0 88.1 38.2 2.6 49.8 -

1418 27.571 2.663 34.568 149.4 93.1 37.8 2.5 55.3 1.36 0.12 1

1518 27.616 2.396 34.596 154.0 101.5 37.3 2.5 64.2 1.35 0.08 2

1650 27.641 2.207 34.608 156.8 107.3 36.9 2.5 70.4 1.33 0.08 2

1849 27.686 1.969 34.640 159.7 116.5 36.7 2.5 79.9

2044 27.702 1.850 34.649 160.4 120.9 36.6 2.5 84.3 1.28 0.08 2

2105 27.711 1.810 34.656 160.3 122.6 36.6 0.4 86.0 1.27 0.08 2

114 37° 25’ S 9 24.044 20.267 34.150 237.4 0.1 4.6 0.6 -4.5 -

116 25.84 12.414 34.136 271.8 0.6 7.6 1.0 -7.0 -

191 26.29 10.361 34.230 249.5 1.3 14.2 1.5 -12.8 -

379 26.904 6.822 34.316 252.3 6.4 22.9 1.7 -16.5 2.05 0.21 2

660 27.024 5.680 34.280 254.4 10.7 25.7 2.0 -15.0 1.91 0.15 5

858 27.124 4.768 34.271 228.0 20.1 29.9 2.4 -9.8 1.79 0.14 1

1057 27.263 3.872 34.326 191.6 38.8 34.3 2.5 4.5 1.49 0.08 4

1156 27.35 3.486 34.387 167.0 53.7 36.6 2.7 17.2 1.48 0.06 4

1319 27.45 3.156 34.473 139.9 73.4 38.5 2.7 34.8 1.45 0.06 4

1516 27.538 2.807 34.543 134.9 90.4 38.6 2.5 51.8 -

2106 27.695 1.955 34.650 163.6 109.1 35.9 2.5 73.3 1.36 0.10 4

2499 27.744 1.680 34.686 193.0 117.5 35.4 2.4 82.1 1.39 0.08 2

2891 27.757 1.567 34.691 173.8 119.6 35.1 2.4 84.5 1.35 0.09 2

3365 27.79 1.250 34.704 185.6 123.8 34.5 1.2 89.3 1.31 0.08 2

136 50° 15’ S 5 26.406 9.385 34.170 290.2 1.7 16.7 1.4 -15.0 -

99 26.736 7.345 34.194 299.9 3.2 17.8 1.5 -14.6 2.79 0.14 1

322 26.948 6.402 34.300 281.3 7.2 21.8 1.8 -14.6 2.05 0.19 2

644 27.022 5.530 34.255 256.1 13.5 26.0 2.2 -12.5 1.77 0.13 2

940 27.21 4.230 34.305 216.3 32.2 31.7 2.3 0.4 -

1087 27.302 3.576 34.338 206.8 42.9 33.5 2.5 9.5 1.54 0.06 4

1579 27.565 2.489 34.543 176.1 75.7 35.7 2.4 40.1 1.47 0.07 3

1972 27.684 2.161 34.657 174.7 89.6 34.7 2.4 54.9 1.37 0.06 4

2366 27.745 1.827 34.701 178.7 102.2 34.3 2.4 67.8 -

2757 27.775 1.513 34.708 182.1 113.2 34.3 2.4 78.8 1.32 0.08 2

3538 27.821 0.921 34.714 198.8 125.9 34.0 2.4 91.9 1.29 0.08 2

3928 27.842 0.538 34.711 209.5 135.8 34.1 1.5 101.7 1.27 0.08 2

149 57° 45’ S 15 26.721 6.551 34.038 309.2 3.4 21.0 1.5 -17.7 3.23 0.12 1

58 26.735 6.459 34.039 308.7 3.4 20.9 1.6 -17.6 -

107 26.893 5.392 34.070 309.5 6.3 22.2 1.8 -15.9 2.70 0.12 1

215 27.039 4.328 34.104 300.0 11.4 25.6 2.1 -14.2 2.07 0.08 2

428 27.155 4.046 34.213 248.4 23.8 30.0 2.3 -6.2 1.63 0.10 2

table continues on next page
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Station Latitude Depth σθ θ S [O2] [Si] [NO3] [PO4] Si* δ30Si 2σSEM
a n

m kg/m3 ° C psu µM µM µM µM µM ‰ external

624 27.271 3.271 34.262 228.5 37.3 32.8 2.4 4.5 1.59 0.15 2

824 27.391 2.846 34.363 204.2 52.8 34.7 2.5 18.1 1.54 0.17 1

1054 27.511 2.586 34.485 183.4 67.8 35.7 1.7 32.2 -

158 62° 15’ S 4 26.938 3.807 33.910 328.5 6.3 25.1 1.7 -18.8 3.07 0.12 1

32 26.956 3.698 33.918 329.3 6.8 25.2 2.2 -18.4 2.97 0.19 1

174 27.287 0.901 34.048 313.7 33.3 31.2 2.4 2.1 1.83 0.12 1

330 27.396 2.094 34.290 227.6 52.3 34.7 2.5 17.6 1.57 0.12 1

428 27.467 2.327 34.403 198.8 62.4 35.8 2.4 26.6 1.57 0.12 1

987 27.698 2.097 34.668 182.0 83.9 34.1 2.3 49.7 1.26 0.09 4

1382 27.764 1.816 34.722 191.8 91.4 32.8 2.3 58.6 -

2102 27.814 1.209 34.729 202.2 108.9 33.0 2.3 76.0 1.23 0.07 3

2494 27.824 0.963 34.721 205.8 116.6 33.2 2.3 83.4 -

2918 27.833 0.721 34.714 210.0 124.2 33.5 2.3 90.7 1.29 0.08 2

3405 27.843 0.475 34.707 214.1 130.4 33.6 2.3 96.8 1.26 0.06 4

3891 27.854 0.233 34.704 219.1 134.9 33.8 2.3 101.0 1.23 0.07 3

4378 27.863 0.089 34.704 221.7 139.5 33.8 2.4 105.7 1.26 0.14 1

4863 27.864 0.026 34.702 222.7 143.5 33.9 0.0 109.6 -

Indo-Atlantic Sector of the Southern Ocean, 30° E (CLIVAR I06S re-occupation):

33 43° 30’ S 2041 27.775 2.45 34.801 213.1 60.9 28.1 1.9 32.8 1.38 0.12 1

2602 27.821 2.09 34.821 224.7 65.2 27.2 1.9 38.0 1.18 0.14 1

3202 27.839 1.53 34.789 222.1 83.9 28.8 2.0 55.0 1.27 0.12 1

3799 27.840 0.84 34.731 219.0 108.6 31.5 2.2 77.1 1.25 0.12 1

4400 27.840 0.34 34.693 220.3 125.8 33.1 2.3 92.7 1.26 0.12 1

5125 27.846 -0.15 34.669 231.2 134.5 33.6 2.3 100.9 1.25 0.12 1

a where n = 1, errors are external 2σSD.





Chapter 7

Concluding remarks

7.1 Summary

In this thesis, I have presented a seawater δ30Si dataset that spans a broad geographic range within

the Atlantic and South Pacific Oceans. These data present a coherent view of the oceanic δ30Si

distribution, and provide strong evidence for an oceanic Si cycle that is strongly dominated by the

interaction between the physical circulation and biological activity in the Southern Ocean.

The deep Atlantic Ocean displays a highly coherent δ30Si distribution at the basin scale, exhibiting a

surprisingly large and systematic meridional gradient in deepwater δ30Si values, as well as small but

resolvable vertical gradients within the deep water column. In Chapter 4, I was able to show that these

gradients are the result of the quasi-conservative mixing of Si from the two sources of deepwater to

the Atlantic Ocean: high δ30Si values are associated with the Si-poor watermasses that combine

to form NADW, whilst low δ30Si values are transported into the abyssal Atlantic by Si-rich AABW

from the Southern Ocean. The quasi-conservativity of Si documented by the deep δ30Si distribution

indicates that the dissolution of sinking opal in the Atlantic Ocean contributes insignificantly to the Si

inventory of the deep watermasses.

Furthermore, I argued that the high δ30Si value exported from the North Atlantic in NADW must

reflect the supply of Si with a high δ30Si value to the North Atlantic via the upper return path of the

meridional overturning circulation (MOC). This implies that the high δ30Si value of NADW ultimately

owes its existence to diatom Si utilisation at high southern latitudes, which fractionates Si isotopes

between the shallow (AAIW/SAMW) and deep (AABW) waters exported from the Southern Ocean,

i.e. between the upper and lower limbs of the MOC.

The Atlantic silicon isotope sytematics also document a sharp discontinuity in the δ30Si distribution at

the transition to the ventilated thermocline, documenting that the thermocline is strongly decoupled

from the deep ocean in terms of its Si cycling (Chapter 5). The properties of the water column at this
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sharp transition correspond to those of SAMW, indicating that this watermass plays a key role in the

supply of Si to the ventilated thermocline. Building upon arguments developed from the fundamental

considerations introduced in Chapter 3, I argue that the vertical δ30Si gradient, which extends to

significant depth within the thermocline, must be created by the physical transport of Si from the

surface ocean into the interior during ventilation of thermocline isopycnals. This mechanism implies

that a significant proportion of the subsurface Si inventory is preformed, rather than being added by

the dissolution of sinking opal, an inference that is supported by the strong hydrographic control on

the thermocline δ30Si distribution.

In Chapter 6, I presented a δ30Si dataset from the southeast Pacific Ocean, extending from the

Antarctic Zone of the Southern Ocean to the equatorial Pacific. This wide latitudinal span allowed

me to trace the incorporation of high δ30Si values into SAMW and AAIW, and their export to the

thermocline interior. The data reveals that high δ30Si values created in the surface Southern Ocean

by diatom Si utilisation are partially preserved in the winter mixed layer following deep convection,

such that they can be introduced into the interior thermocline during the subduction of SAMW and

AAIW. These watermasses conserve their δ30Si signature as they transit the subtropical gyre, as

documented by the strong isopycnal control on the δ30Si distribution. In the equatorial Pacific Ocean,

the high δ30Si values subducted at SAMW and AAIW densities are absent, a feature that most likely

documents a combination of the introduction of North Pacific Si into the equatorial thermocline, as well

as the accumulation of remineralised Si within the poorly-ventilated waters of the eastern equatorial

Pacific Ocean.

Dense Water

Low Latitude

Light Water

Upwelling

Northern

Sinking

Ekman flux

D
Eddy

return flow

Figure 7.1: A representation of the key features of the analytical model of Gnanadesikan (1999b). The depth of the oceanic
pycnocline D may be maintained by balancing the northern sinking of waters either by upwelling through the pycnocline at
low latitudes, or by wind-driven upwelling at high southern latitudes.



CHAPTER 7. CONCLUDING REMARKS 109

7.2 Synthesis

This thesis has documented that the oceanic δ30Si distribution exhibits clear structure at the large

scale, which is brought about by the transport of δ30Si signatures by watermasses that play a key role

in the meridional overturning circulation. Specifically, the data show that the low-latitude thermocline

bears the high-δ30Si signature of SAMW and AAIW at all locations where the Si* distribution indicates

that they dominate the Si inventory of the thermocline. This coherent picture allows me to come

full circle and address the questions regarding the pathways of large-scale ocean nutrient transport

posed at the beginning of this thesis.

As summarised in the schematic diagram of Fig. 7.1, nutrients may be supplied to the thermocline

from the deep ocean either through the upwelling of deepwaters at low latitudes (Stommel and Arons,

1960), or by a lateral supply of waters that have been exposed to biological activity in the surface

Southern Ocean (Toggweiler and Samuels, 1993a). A dominance of the latter pathway would predict

that the nutrient properties of waters in the thermocline reflect such a biological signal from the

surface Southern Ocean. This is precisely what the thermocline δ30Si distribution documents, both in

the Atlantic as well as in the Pacific Oceans: rather than the low δ30Si value that would be expected to

be supplied by the upwelling of deepwaters, the upper ocean exhibits elevated δ30Si values – tracing

Si that has been fractionated by biological activity in the surface ocean – that extend to density levels

ventilated from the south by SAMW and AAIW.

In principle, the propagation of a high δ30Si signal to the base of the thermocline and below could also

be produced by a high diapycnal diffusivity, which in turn would suggest strong, diffusely-distributed

upwelling. However, I would argue that the oceanic δ30Si distribution provides strong evidence against

this. The data presented here have shown that surface δ30Si signatures in the mixed layer are ele-

vated to similar values of around +3‰ at both high and low latitudes. Since the higher Si content

of the high-latitude mixed layer provides it with greater leverage during mixing with the subsurface,

large diapycnal mixing in the Stommel and Arons (1960) paradigm would be expected to result in a

deeper vertical δ30Si gradient at high latitudes. As we have seen, the exact opposite is the case (e.g.

Fig. 6.5). Rather, the data presented here document a strong isopycnal control on the upper ocean’s

δ30Si distribution, both over large distances as well as when isopycnal surfaces deepen by over half

a kilometre, strengthening the evidence for a small value of diapycnal diffusivity in the thermocline.

The insights provided by the upper ocean δ30Si distribution are complemented by observations of

δ30Si in the deep sea. The transequatorial coherence of the deep Atlantic δ30Si distribution doc-

uments quasi-conservative behaviour of Si at depth. This quasi-conservativity indicates that the

dissolution of opal contributes negligibly to the Si content of Atlantic deepwaters, in contrast to the

expected behaviour if significant upwelling of deepwaters were to occur at low latitudes. Furthermore,
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Figure 7.2: A cartoon representing the mechanism by which the Southern Ocean produces large-scale subsurface δ30Si
variation in the ocean. Silicon taken up from upper (red) limb of the overturning circulation is exported to depth as opal
(white arrow), some of which sinks past the density level that separates the upper and lower (blue) limbs of the overturning
circulation. This incomplete mass transfer is associated with a fractionation of Si isotopes between the two limbs of the
overturning circulation. Figure based on schematics by Sarmiento et al. (2004a) and Toggweiler et al. (2006).

the fact that the high-δ30Si signature of the Southern Ocean watermasses SAMW and AAIW is im-

parted to NADW implies minimal entrainment of deeper waters during their northward passage to the

North Atlantic.

In summary, the view of oceanic nutrient transport provided by the δ30Si distribution is one in which

the Southern Ocean plays a vital role in supplying the nutrients that support primary productivity in

the surface ocean. The δ30Si distribution implies that large-scale subsurface δ30Si variability in the

ocean ultimately has its origin in the surface ocean at high southern latitudes. The ability of the

Southern Ocean to create large isotopic signals is the combined result of the unique configuration of

its circulation and the efficiency with which the heavily silicified diatoms of the Southern Ocean export

opal to depth (Figure 7.2). In the Southern Ocean, the upward heaving of Si-rich waters in a highly

seasonal and dynamic setting supports a strongly diatom-dominated ecosystem. Diatoms take up Si

from the upwelled deepwaters that are transported northwards in the upper limb of the overturning

circulation, producing a residual high δ30Si signature in the near-surface high-latitude ocean that

documents the export of low-δ30Si opal. This export flux partially sinks to depths where its dissolution

contributes to the lower limb of the overturning circulation, effectively leading to a fractionation of Si

isotopes between the two limbs of the MOC. The high δ30Si, low [Si] signal produced by diatoms in the

surface waters of the upper MOC limb persists in the deep winter mixed layers of the region, which

are eventually subducted as SAMW and AAIW and transported equatorwards. The upper ocean

δ30Si distribution traces this high-latitude δ30Si signal through the low-latitude thermocline, with a
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strong hydrographic control that indicates that preformed Si represents a large proportion of the Si

inventory. Together, these observations imply that the low Si content of the ocean’s thermocline does

not primarily document a generally slow dissolution of opal (Broecker and Peng, 1982), but is rather

a distal signal of its efficient export past the base of the winter mixed layer in the Southern Ocean

(Sarmiento et al., 2004a, 2007).





Appendix A

Supplementary Information

A.1 Appendix to Chapter 3

A.1.1 Closed system isotope fractionation with periodic back-reaction

The model simulates isotope fractionation during the transfer of an element from a reactant pool to a

product pool:

R
ki→ P

This is implemented by tracing the concentrations of two isotopes (‘light’ and ‘heavy’) of the element

in the two pools: Rl ight and Rheavy in the reactant pool, and Pl ight and Pheavy in the product pool.

Isotope fractionation during the reaction is modelled by allowing the two isotopes to react at different

(first-order) rates, kl ight and kheavy , with the relationship:

kheavy = α · kl ight

where α is the fractionation factor associated with the reaction (α is a unitless number close to 1, while

the isotope effect ε is defined as (α− 1)×1000 and has units of permil). The backward reaction,

P
kd→ R

proceeds at the same rate, kd , for both isotopes, such that this reaction is not associated with an

113



APPENDIX A. SUPPLEMENTARY INFORMATION 114

isotopic fractionation. This can be formulated as a set of ordinary differential equations (ODEs):

d
dt




Rl ight

Pl ight

Rheavy

Pheavy




=




−kl ight kd 0 0

kl ight −kd 0 0

0 0 −kheavy kd

0 0 kheavy −kd



×




Rl ight

Pl ight

Rheavy

Pheavy




For kd = 0, the solution of this system produces an evolution of the isotopic composition of the

reactant pool (Rheavy/Rl ight , or the corresponding δ-value) according to the Rayleigh equation (solid

black curve in Fig. 3.1). If kd > 0, the system evolves to a stable equilibrium with finite R and P

pools (some point on the dashed line in Fig. 3.1). The periodic back-reaction model presented in the

manuscript was solved numerically with the condition:

kd =





0, if sin(a · t) > 0

b, if sin(a · t) < 0

where t is time, a is an arbitrary constant and b is the value of parameter kd as defined in the model.

A.1.2 Two-box model of utilisation and mixing

The model consists of a “surface” box in which the dissolved reactant is converted (at first-order rate

ki , i = light or heavy) into an exported product, and a “deep” box in which the product is completely

remineralised to the reactant. The two boxes are connected by an exchange volume flux, Qex . As in

Section A.1.1, both the light and heavy isotopes of the element are traced by the model. Indeed, the

two models are mathematically essentially identical, as the system of ODEs indicates:

d
dt




M l ight
sur f

M l ight
deep

Mheavy
sur f

Mheavy
deep




=




−
(

Qex
Vsur f

+ kl ight

)
Qex

Vdeep
0 0(

Qex
Vsur f

+ kl ight

)
− Qex

Vdeep
0 0

0 0 −
(

Qex
Vsur f

+ kheavy

)
Qex

Vdeep

0 0
(

Qex
Vsur f

+ kheavy

)
Qex

Vdeep



×




M l ight
sur f

M l ight
deep

Mheavy
sur f

Mheavy
deep




where M i
j is the mass of the isotope i in the box j , Vj is the volume of the box j and kl ight and kheavy

are as defined in Section A.1.1.

For a model with initially homogeneous concentration Csur f = Msur f /Vsur f = Mdeep/Vdeep = Cdeep

and Qex = 0 (i.e. isolated surface box), the surface box evolves according to the Rayleigh equation

as illustrated by the solid line in Fig. 3.2. If the uptake reaction is subsequently stopped (i.e. kl ight =

kheavy = 0) and the two reservoirs allowed to mix (i.e. Qex 6= 0), the surface box evolves along a
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binary mixing curve as represented by the dashed lines in Fig. 3.2. For a given amount of mixing with

the deep box, the degree to which the isotope composition of the reactant in the surface box deviates

from Rayleigh behaviour depends on the degree to which the reactant was depleted in the surface

box prior to mixing, as illustrated in the figure.

A.1.3 Advection–diffusion–reaction model

Model description: Essentially, this model embeds the non-dimensional isotope fractionation model

(“chemistry/biology”) of Section A.1.1 into a spatial framework (“physics”). This spatial framework is

a simplified representation of ocean advection and mixing as a one-dimensional advective–diffusive

transport, such that the concentration of the dissolved reactant at any (Eulerian) point in the model

varies with time as:
∂Ri

∂t
= −w

∂Ri

∂z
+

∂

∂z

(
κz

∂Ri

∂z

)
− ki (z)Ri + kdPi

where z is depth (positive downwards), Ri is the concentration of the isotope i (light or heavy) in the

dissolved (reactant) pool and ki (z) is the depth-dependent reaction rate associated with its uptake

by biology (see Section A.1.1). Advective velocity (up-/downwelling) is given by w , while κz is the

depth-variable vertical turbulent diffusivity. The corresponding equation for the particulate product is:

∂Pi

∂t
= −ws

∂Pi

∂z
+ ki (z)Ri − kdPi

where Pi is the concentration of the isotope i in the particulate (product) pool and ws is the settling

velocity of the particles. The depth-dependency of the uptake rate is simplified as:

ki =





b, if z ≤ MLD

0, if z > MLD

such that uptake is constant in the mixed layer and zero in the water column below. Non-zero minimal

mixed-layer reactant concentrations can be explicitly prescribed in the model by replacing the term

ki (z)Ri by the term ki (z)(Ri − Rcr it
i ), where Rcr it

i is the concentration of the isotope i at which uptake

in the mixed layer ceases.

Boundary conditions: The model is solved numerically for steady-state using a boundary-value

problem solver (the bvp4c routine in MATLAB ver. R2008b). The concentration and isotope compo-

sition of the reactant at the lower boundary are prescribed, while the mixed layer is free to evolve to a

steady state; the upper boundary condition is simply a zero first derivative of concentration and iso-

tope composition. The product pool requires only one boundary condition, which is that the particle
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flux through the top boundary is zero. The particle flux through the bottom boundary is not prescribed,

but in the steady state solution is such that model mass and isotopic balance is maintained.

A.1.4 Influence of remineralisation on subsurface isotopic gradients

We invoke simple mass-balance considerations to show that remineralisation cannot be the driver

of isotopic gradients observed in the near-surface water column (see also Chapter 5). Consider the

case of an element for which the lighter isotope is preferentially incorporated by biology during up-

take. The euphotic zone thus tends towards ‘heavier’ (i.e., enriched in the heavy isotope) isotopic

compositions as the degree of elemental drawdown in the euphotic zone increases. The particulate

matter formed at any point of time is ‘lighter’ (i.e. depleted in the heavy isotope) than the euphotic

zone by an amount that is dictated by the isotopic fractionation factor associated with uptake. If the

uptake is considered to be irreversible in the euphotic zone, the dissolved and particulate pools in the

euphotic zone will evolve according to either the Rayleigh equation (if the euphotic zone is strongly

isolated from the underlying water column) or will evolve to an equilibrium between supply and export

(if the dissolved pool is continually replenished by the physical circulation). In the case of equilibrium

behaviour, no particulates can be produced with isotopic composition that are isotopically heavier

than the isotopic composition of the subsurface source, and in this case it is evident that reminerali-

sation of any particulate export cannot lead to a gradient towards isotopically heavier compositions in

the subsurface. If the isolation of the euphotic zone is sufficiently strong that Rayleigh-type behaviour

results, the dissolved pool may evolve to such extreme isotopic compositions that the particulate mat-

ter produced by uptake is indeed isotopically heavier than the source. This occurs when more than

63% of the initial dissolved pool has been utilised. It is important to note, however, that these extreme

isotopic compositions are the result of the closed mass balance implicit to the Rayleigh model. Thus,

the export of isotopically heavy particulate matter from the euphotic zone is necessarily preceded by

the export of isotopically light particulate matter. Thus, while it is in theory possible for this isotopically

extreme particulate matter to impart some heavy isotopic signature to the subsurface water column,

this would require that isotopically light particulate matter produced at low degrees of drawdown not

remineralise in the subsurface, while the isotopically heavy particulate matter produced at high de-

grees of drawdown in the surface does. Such a fortuitous constellation cannot be invoked to explain

the near-surface isotopic gradients towards the ‘residual’ signal of utilisation in the euphotic zone that

are essentially a universal feature of the near-surface ocean for numerous biogeochemically cycled

elements.
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A.2 Appendix to Chapter 4

A.2.1 Complete [Si] and δ30Si depth profiles

Depth profiles for all stations included in Chapter 4 are shown below, arranged into four groups (Figs.

A.1, A.2, A.3 and A.4).
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Figure A.1: High northern latitude Atlantic stations (expedition 64PE319).
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Figure A.2: Labrador Sea and temperate eastern (ANT XXIII/1) and western (64PE319) Atlantic stations.
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Figure A.3: Eastern Atlantic stations from expedition ANTXXIII/1, with Drake Passage profile for comparison (note different
δ30Si scale from previous figures).
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Figure A.4: Eastern (Sta 13) and western (Sta 3) South Atlantic stations (expedition KN192-5).
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A.2.2 Endmember contribution calculations & PO∗
4 correction

Endmember contributions: Calculations of fNA were carried out for samples with σ2 ≥ 36.95

(∼2000 m) following Gruber (1998) by first computing the value of the quasi-conservative tracer

PO∗4 for each sample:

PO∗
4 = PO4 +

O2

170
− 1.95 [µmol/kg]

Note that this PO∗4 definition incorporates the revised Redfield rP:O ratio of Anderson and Sarmiento

(1994), as implemented by Gruber (1998) and Sarmiento et al. (2007). We then utilized the endmem-

ber PO∗4 concentrations defined by Gruber (1998) to calculate fNA as:

fNA =
PO∗

4 ,SO − PO∗
4 ,sample

PO∗
4 ,SO − PO∗

4 ,NA

Calculation of PO∗4 for samples from cruise ANT-XXIII/1 was not possible using in situ data, due to

the strong drift in the oxygen sensor (Rutgers van der Loeff , ed.). We were thus obliged to draw [O2]

data from the nearest gridpoint of World Ocean Atlas (WOA09; Garcia et al., 2010a). For consistency,

we also used WOA09 phosphate data for these calculations (Garcia et al., 2010b). Calculations for

samples from KN192-05 and 64PE319 utilized cruise CTD (O2) and bottle (PO4) data. The amplitude

of systematic errors resulting from the use of WOA09 data is difficult to assess, but the similarity of

PO∗4 values at 4500m depth for ANT-XXIII/1 Sta 21 (PO∗4 = 0.98 µmol/kg) and KN192-05 station 13

(PO∗4 = 0.94 µmol/kg), which are within 2° of each other in the Angola Basin, seems to indicate the

these are small, <0.05 in fNA, which translates to a difference of 0.005‰–0.05‰ in δ30Simix values,

being at the lower end of this range for the South Atlantic.

We additionally found that PO∗4 data from cruise 64PE319 were systematically shifted to lower values

than those at the closest stations from the TTO-NAS program, which was the basis for the analysis of

Gruber (1998). Although this difference is generally only ∼0.05 µmol/kg, the calculation of δ30Simix

values is highly sensitive to small PO∗4 variations in close proximity to the low-Si North Atlantic end-

member; furthermore, the offset is such that most samples have an apparent PO∗4 value lower than

that of the North Atlantic endmember value of 0.76 µmol/kg as defined by Gruber (1998), leading

to physically meaningless results. The differences in PO∗4 appear to derive from a discrepancy in

measured oxygen concentrations between the two expeditions. It is currently unclear whether this in-

consistency is due to analytical biases between the two expeditions or a true change in oxygenation

of the northern North Atlantic over the last three decades; regardless of its cause, however, this dis-

crepancy introduces a systematic error into the δ30Simix values calculated for the 64PE319 samples.

Thus, as detailed below, we corrected the 64PE319 PO∗4 values to establish consistency with the

TTO-NAS dataset (and thus the endmember definitions of Gruber (1998)). Samples that possessed
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PO∗4 values below that of the North Atlantic endmember after this correction were arbitrarily corrected

to a value of 0.76 µmol/kg to enable a rough estimation of δ30Simix ; these samples are highlighted in

Fig. 4.4 and Table 4.2.

Silicon concentrations of the endmembers were estimated from the PO∗4–[Si] relationship using the

eWOCE database (Schlitzer, 2000). The estimated values of 10.7±2.1 µM for [Si]NA and 122.6±4.9

µM for [Si]SA are very similar to the concentrations observed in the northern North Atlantic (ISOW)

and Southern Ocean (CDW) samples, respectively. These samples were used to characterize the

endmember δ30Si values (+1.7‰ and +1.2‰ respectively; see Table 4.2).

Errors associated with the calculation of δ30Simix values were estimated by Monte Carlo simulation

using 104 datasets perturbed by a normally-distributed random variable with variance equal to the

uncertainty on endmember values. Average uncertainty on δ30Simix associated with the endmember

[Si] concentration uncertainty is ±0.02‰, while that related to endmember δ30Si values is ±0.06‰.

The uncertainty on δ30Simix values considering both these sources of random error is±0.07‰ (2σSD).

PO∗4 correction: The North Atlantic data basis for Gruber’s (1998) analysis stems from the Transient

Tracers in the Ocean (TTO) program (Brewer et al., 1986). Since we calculated PO∗4 values for

64PE319 samples that were more extreme (i.e. lower) than the North Atlantic endmember value of

0.76 µmol/kg stipulated by Gruber (1998), we attempted to make a direct data comparison. TTO-

NAS stations were selected from the eWOCE database (Schlitzer, 2000) based on their geographical

proximity to 64PE319 stations (Table A.1).

Table A.1: Locations of TTO stations used for comparison to 64PE319 stations.

TTO-NAS Station Coordinates 64PE319 Station Coordinates
Sta 171 63.7°N 33°W Sta 2 64°N 34.3°W
14 August 1981 2 May 2010
Sta 179 59.3°N 40°W Sta 5 60.4°N 37.9°W
26 August 1981
Sta 203 56°N 46°W Sta 8 54°N 45.8°W
09 September 1981
Sta 226 46.7°N 40°W Sta 11 47.8°N 39.4°W
26 September 1981 11 May 2010

Comparison of T–S curves (Fig. A.5) and potential density profiles (Fig. A.6) shows that the water

mass structure at these stations, although not identical, is very similar, especially for the water masses

below 2000 m with which we are concerned.

When comparing PO∗4 profiles, however, discrepancies become clearly apparent. Figures A.7 and

A.8 display these discrepancies in depth as well as potential density profiles. Especially in the plots

against potential density in Fig. A.8, the similarity in the structure of the profiles, especially above σθ =

27.75 (i.e. ∼2000 m), is striking, as is the offset of around 0.05 µmol/kg. It appears that this difference

in PO∗4 stems from an offset in the measured oxygen concentrations between the two expeditions (not
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Figure A.5: Temperature–salinity comparisons of the TTO-NAS and 64PE319 stations used to correct PO∗4 values.

shown). Whether this is an analytical reproducibility issue or reflects real changes in the North Atlantic

is unclear; the largest discrepancies of ∼0.1 µmol/kg are observed at the northernmost station.

In order to create a consistent data framework in which to perform the unmixing analysis of Gruber

(1998), we attempt to apply the simplest possible correction to the data to establish consistency

with the TTO dataset. Based on the average observed offset, the simplest correction is to add

0.05 µmol/kg to the PO∗4 values calculated for the 64PE319 samples. This correction is sufficient

to increase all but three PO∗4 values above the value of 0.76 µmol/kg defined for the North Atlantic

endmember by Gruber (1998), and results in corrected PO∗4 profiles that match the TTO data very

well, as shown in Fig. A.9. We thus do not apply any further correction to the data. The two PO∗4
values that lie below 0.76 µmol/kg are arbitrarily increased to this value to obtain a rough handle on

their mixing-predicted values, but since this “correction” has no robust justification, the points thus

modified for the endmember contribution calculation are highlighted in Chapter 4.
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Figure A.6: Comparison of potential density (σθ) profiles for the TTO-NAS and 64PE319 stations.
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Figure A.7: Comparison of depth profiles of PO∗4 from TTO-NAS and 64PE319 stations.
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Figure A.8: Comparison of PO4∗–potential density relationships between TTO-NAS and 64PE319 stations.
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Figure A.9: PO∗4 values for samples corrected by addition of 0.05 µmol/kg to calculated values for 64PE319 samples
(≥2000 m water depth), in comparison to TTO data. Note that PO∗4 values from Sta 2, from which the raw data show the
strongest offset to TTO data, continue to exhibit a discrepancy to TTO data even after correction, while the other stations
show good consistency. 64PE319 Sta 3 is also shown in upper right panel for comparison, although no TTO-NAS station
is sufficiently close to it to provide good control.
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A.2.3 Box model

The 8-box model of the ocean applied in this study draws on the architecture of the 7-box model of

Toggweiler (1999) and its adaptation to the Si cycle by Reynolds (2009). We separate the “Atlantic”

box a of Toggweiler (1999) into two boxes, a “North Atlantic” box and a “deep low-latitude” box, in

order to more clearly separate the two δ30Si endmembers that are the focus of our analysis, the

subpolar North Atlantic and the deep Southern Ocean. This has the added advantage of removing

the confounding effect of low-latitude remineralisation on box a of Toggweiler’s (1999) model. Since

the ocean is modeled as a closed system, the entire particulate flux exported from surface ocean

boxes dissolves in the underlying deep boxes. The model is solved numerically in MATLAB using

the stiff ordinary differential equation solver ode15s. Low numerical error tolerances ensure accurate

mass conservation (relative mass deviation ∼ 1 × 10−14). Initial conditions are an homogeneous

ocean in Si concentration and isotope concentration, corresponding to a global oceanic Si inventory

of 97 Pmol (Tréguer et al., 1995)and a oceanic mean δ30Si value of +1.2‰(Reynolds, 2009). The

model reaches steady state for concentration and isotopic composition within ∼1500 model years;

solution requires ∼2 sec of CPU time as documented by MATLAB’s profile function.

Unlike the model of Reynolds (2009), our model traces two isotopes of Si, “30Si” and “28Si”. Values of

δ30Si are calculated using the standard δ-definition, and isotope fractionation during Si-uptake in the

surface ocean is modeled by applying different first-order rates to this reaction for the two isotopes,

such that:

k30 = α · k28

where ki is the first-order reaction rate associated with the isotope iSi and α is the fractionation

factor associated with the reaction (α = 0.9989; De La Rocha et al., 1997). For simplicity, isotopic

fractionation during opal dissolution is not included in the model.

Parameters used in the model, and the source of their numerical values, are given in Table A.2.

Modeled total particulate export across the base of the surface boxes (250 m at high latitudes, 100

m at low latitudes; Toggweiler, 1999) is 85 Tmol Si yr−1, corresponding to 0.24 mol Si m−2 yr−1,

with the Southern Ocean (Polar and Subantarctic) contributing 46% of this flux. These values are

consistent with numerous estimates (e.g. Nelson et al., 1995; Dunne et al., 2007; Sarmiento et al.,

2007).
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Table A.2: Parameters of the 8-box model used in Chapter 4.

Parameter Value Unit Reference
Volume
Whole ocean 1292 1015 m3 Toggweiler (1999); Levitus (1982)
Surface North Atlantic 8.7 1015 m3 Toggweiler (1999)
Surface low-latitude 26.2 1015 m3 Toggweiler (1999)
Surface Subantarctic 8.7 1015 m3 Toggweiler (1999)
Surface Polar Southern Ocean 4.4 1015 m3 Toggweiler (1999)
Intermediate water 297 1015 m3 Toggweiler (1999)
Deep North Atlantic 100 1015 m3 modified from Toggweiler (1999)
Deep low-latitude 201 1015 m3 modified from Toggweiler (1999)
Deep “Southern” Ocean 646 1015 m3 Toggweiler (1999)
Water fluxes
Overturning flux 20 Sv Toggweiler (1999)
Southern Ocean exchange flux (deepsurface) 60 Sv modern solution, Toggweiler (1999)
Low-latitude exchange flux (intermediatesurface) 40 Sv Toggweiler (1999)
Productivity rates
Surface low-latitude 1.5 yr−1 constraint: low-latitude [Si] ∼1 µM
Other surface boxes 0.04 yr−1 Reynolds (2009)
Fraction of LL productivity dissolving in intermediate box f 0.36 - Reynolds (2009)

A.3 Appendix to Chapter 5

A.3.1 Scale analysis

To assess the relevance of vertical diffusive processes relative to lateral advection, the relevant Péclet

number Pe = UD2/κv L can be utilized. Here U is lateral (isopycnal) velocity, L is the lateral length

scale, κv is the vertical (diapycnal) diffusivity and D is the vertical length scale. For the relevant length

scales of D = 500 m (approximate depth of the σθ = 27 isopycnal) and L = 5000 km (distance from

Subtropical Front to equator), we obtain a Pe value of 50 for a diapycnal diffusivity of 10−5m2/s (e.g.

Ledwell et al., 1998) and horizontal velocities of 1 cm/s (e.g. Tomczak and Godfrey, 2003).

The timescales of ventilation versus dissolution in the thermocline can be compared using the non-

dimensional number UC/LJdiss (parameters explained in main text, Section 5.4.1). Estimates of

ventilation timescales for the density range σθ = 25–27 indicate that L/U increases by a factor of 2–5

(Sabine et al., 2005; Karstensen et al., 2008), approximately from 5 to 20 years. The concentration

of preformed Si increases by a factor of 3–10 over this same density range, from 1–3 µM to ∼10

µM. Opal export fluxes in the Atlantic are estimated at 0.04–0.12 mol/m2/yr (Ragueneau et al., 2002);

how this flux changes with depth is uncertain (Ragueneau et al., 2002; Sarmiento et al., 2007), but

we can use the approximation of Sarmiento and Gruber (2006):

φOpal (z) = POpal · pe · z0.858
0 · z−0.448

(where z0 = 100m, z is depth, pe is the export fraction, and ProdOpal is the production of opal in

the euphotic zone) to estimate that the flux at 400 m water depth (the approximate depth of the
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σθ = 27 isopycnal) is ∼50% lower than at 100 m. The depth derivative of the above equation gives

the dissolution flux, such that, assuming an opal export flux of 0.1 mol/m2/yr, we can calculate values

of Jdiss of 0.4 mmol/m3/yr at 100 m and 0.06 mmol/m3/yr at 400 m depth. With these values, we

arrive at a dissolution timescale C/Jdiss of 5 yr at 100 m and 200 yr at 400 m. This results in the fact

that the timescale ratio UC/LJdiss increases from values of ∼1 near the base of the mixed layer to a

value of 10 at σθ = 27, indicating the decreasing influence of dissolution compared to the ventilation

supply of the preformed component.

A.3.2 Supplementary figures

Supplementary figures to chapter 5 are provided below (Figs. A.10, A.11 and A.12).
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Figure A.10: As in Fig 5.5, but with symbols colored according to their Si* values. The SAMW signature of low Si* values
is apparent at the intersection between the two linear δ30Si–1/[Si] sections.
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Figure A.12: Isopycnal distribution of nitrate (dashed lines) and Si (solid lines) across the South Atlantic thermocline
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remineralized nitrate; these sloping nitrate isopleths cut across Si isopleths that remain essentially horizontal across the
Atlantic except in the least dense portion of the thermocline (see also Fig. 5.4). Data are from the eWOCE database
(Schlitzer, 2000).
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A.4 Appendix to Chapter 6

A.4.1 Monte Carlo t-test

A Monte Carlo method was adopted to compare deepwater δ30Si values in the South Pacific, since

variability is small compared to the analytical uncertainty on the data. All δ30Si datapoints from two

datasets being compared were perturbed 104 times by a normally-distributed random variable with

a variance corresponding to the analytical uncertainty on the datapoints. After each perturbation,

a two-sided unequal variance t-test (Welch’s t-test) was performed on these dataset pairs and the

p-value corresponding to the test statistic recorded. The probabilities reported in Chapter 6 refer to

the relative proportion of p-values that were smaller than α = 0.05.

Figure A.13: A Hovmöller (latitude–time) plot of chlorophyll a concentrations (mg/m3; colourbar) in the Subantarctic and
Antarctic Zones at ∼103° W, from November 2007 to February 2008. The expedition 33RO20071215 of R/V Ronald H.
Brown reached these high latitudes in February 2008. From satellite data (MODIS Aqua), accessed using the Giovanni
online data system (http://reason.gsfc.nasa.gov/Giovanni/), developed and maintained by the NASA Goddard
Earth Sciences (GES) Data and Information Services Center (DISC).
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Figure A.14: A comparison of the surface Southern Ocean δ30Si data from 62° S 103° W (red circles) with published data
(grey squares: Varela et al. (2004), open circles: Cardinal et al. (2005), crosses: Cavagna et al. (2011), open diamonds:
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